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Glaciers and ice sheets are experiencing dramatic changes in response to recent climate change. This is true in both mountain and polar regions, where the extreme sensitivity of the cryosphere to warming temperatures may be exacerbated by amplification of global climate change. For glaciers and ice sheets, this sensitivity is due to a number of non-linear and threshold processes within glacier mass balance and glacier dynamics. Some of this is simply tied to the freezing point of water; snow and ice are no longer viable above 0°C, so a gradual warming that crosses this threshold triggers the onset of melting or gives rise to an abrupt regime shift between snowfall and rainfall. Other non-linear, temperature-dependent processes are more subtle, such as the evolution from polythermal to temperate ice, which supports faster ice flow, a shift from meltwater retention to runoff in temperate or ice-rich (i.e., heavily melt-affected) firn, and transitions from sublimation to melting under warmer and more humid atmospheric conditions. As melt seasons lengthen, there is also a longer snow-free season and an expansion of glacier ablation area, with the increased exposure of low-albedo ice non-linearly increasing melt rates and meltwater runoff. This can be accentuated by increased concentration of particulate matter associated with algal activity, dust loading from adjacent deglaciated terrain, and deposition of impurities from industrial and wildfire activity. The loss of ice and darkening of glaciers represent an effective transition from white to grey in the world's mountain regions. This article discusses these transitions and regime shifts in the context of challenges to model and project glacier and ice sheet response to climate change.
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INTRODUCTION

The IPCC (2019) special report on oceans and the cryosphere in a changing climate draws attention to a number of non-linear changes to the cryosphere that are under way as the climate warms (Collins et al., 2019). Sea ice loss and melting of the Greenland Ice Sheet have sometimes been described as “tipping elements,” vulnerable to irreversible decline beyond a particular climate threshold (e.g., Lenton et al., 2008; Ridley et al., 2010; King et al., 2020). Permafrost and mountain glaciers also have climatic thresholds for their long-term viability, while snow could be described as the definitive threshold feature of the climate system, existing below 0°C but in liquid phase above this value. Ecological and human systems have some degree of adaptive capacity and resilience to warming temperatures, but for snow and ice, the dependence on temperature is abrupt and non-negotiable.

The concept of irreversible climatic thresholds or tipping points is nonetheless uncertain in application to the global cryosphere. Snow and ice are present across a continuum of temporal and spatial scales, which smooths the cryospheric response to climate change. As a specific example, different sectors of the Greenland Ice Sheet have different climate sensitivities, so there can be large-scale decline of the ice sheet without a complete loss of ice. The survival of the central dome of the ice sheet in the last interglacial period is testament to this, as the core of the ice sheet proved resilient to temperatures 6 ± 2°C warmer than present, sustained for several millennia (NEEM Community Members, 2013; Yau et al., 2016). That is not to say that the Greenland Ice Sheet was insensitive to this warming; Yau et al. (2016) estimate that the ice sheet lost about 70% of its current volume, the equivalent of ~5 m of global sea level, before the ice sheet fully re-established itself during the early stages of the last glaciation. Hence, the Greenland Ice Sheet was greatly impacted by the Eemian warming, but ice sheet retreat was neither inexorable nor irreversible.

Most elements of the cryosphere are immediately responsive to climate fluctuations, inclusive of changes that drive either the accumulation or the loss of snow and ice (e.g., Armour et al., 2011). The Greenland Ice Sheet is projected to reach a condition of negative surface mass balance this century (e.g., van den Broeke et al., 2016; Muntjewerf et al., 2020), which will accelerate ice sheet thinning and decline. However, the complete demise of the ice sheet requires many centuries to millennia (e.g., Huybrechts and De Wolde, 1999; Aschwanden et al., 2019), and could be stabilised or reversed under cooler climate conditions in future centuries. Mountain glacier melt, sea ice decline, and permafrost thaw are all reversible as well, although there may be a lag of years to decades after the climate first stabilises, due to the current state of disequilibrium. Hysteresis in the system can also make it more difficult to recover from the decline or loss of some elements of the cryosphere (e.g., Ridley et al., 2010; Levermann and Winkelmann, 2016).

While cryospheric changes are reversible in principle and tipping points are not well-defined, there is no question that snow and ice lack resilience to a continually warming climate. Most parts of the cryosphere have responded dramatically to recent climate change (IPCC, 2019), and will continue to do so if subject to ongoing warming. There are also many non-linearities and “local” thresholds associated with the loss of snow and ice, associated with feedbacks and regime changes in the cryosphere-climate system. This article outlines several such processes associated with glacier and ice sheet melt. Improved monitoring and modelling of these regime changes will increase confidence in projections of glacier and ice sheet response to climate change and the associated consequences for sea level rise, water resources, and mountain hazards.



FIELD SITES AND METHODS


Field Sites

Examples of regime shifts in glacier and ice sheet response to climate change presented in this article are assessed from recent literature, involving established but incompletely-understood processes. I also draw from field studies of glacier-climate processes carried out at Haig and Kwadacha Glaciers in the Canadian Rocky Mountains, Kaskawulsh Glacier in the St. Elias Mountains, and DYE-2, Greenland, on the southwestern flank of the Greenland Ice Sheet (Figure 1, Table 1).
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FIGURE 1. (A) Glacier locations for data used in this study and photographs depicting the general environment of each setting: (B) Kaskawulsh Glacier, St. Elias Mountains, (C) Kwadacha Glacier, Canadian Rocky Mountains, (D) DYE-2, Greenland Ice Sheet, and (E,F) Haig Glacier, Canadian Rocky Mountains, with (F) depicting the automatic weather station on the upper glacier. Photograph (C) is courtesy of David Roberts, photograph (E) is by Chris Szymiec, and all others by the author.



Table 1. Field sites drawn from in the analyses of glacier-climate regime changes.
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Glaciological and meteorological studies at Haig and Kwadacha Glaciers in the Canadian Rocky Mountains include measurement and modelling of surface energy and mass balance, climate downscaling studies, glacier flow modelling, and glacio-hydrological process studies (Marshall, 2014; Ebrahimi and Marshall, 2015). Automatic weather stations (AWSs) were installed in the glacier forefield and in the upper ablation zone of each glacier for several years, providing insight into high-elevation off- and on-glacier meteorological conditions as well as information concerning the lapse rates (elevation dependence) of different meteorological fields. Both sites have mixed continental and maritime influences, with precipitation sources dominated by Pacific air masses that transport moisture to the Canadian Rocky Mountains.

Additional data discussed within this paper are drawn from field studies at Kaskawulsh Glacier, Yukon Territory, Canada and DYE-2, Greenland over the period 2016–2018. These studies focus on firn processes, based on shallow firn coring (up to 35 m depth), field measurements of meltwater infiltration and refreezing, and numerical modelling of the coupled decadal-scale evolution of firn temperature, hydrology, density, and ice content in response to climate change.

Firn cores and firn modelling on Kaskawulsh Glacier are described in Ochwat et al. (2021). Kaskawulsh is a large (1,095 km2) glacier system within the St. Elias Mountains, and the field site for the firn cores is at an elevation of 2,640 m, in the upper accumulation area of the glacier. The site receives high amounts of precipitation delivered by Pacific storm tracks, ~1.8 m w.e. yr−1, and has mean annual and mean summer (JJA) temperatures of about −11 and −2°C, respectively (Ochwat et al., 2021). The ablation zone of Kaskawulsh Glacier is temperate (ice is at the pressure melting point), but it is unknown whether conditions are polythermal or temperate in the upper accumulation area. The extent to which meltwater is refrozen and retained on the upper glacier is also uncertain.

DYE-2, Greenland is a very different glaciological setting, in the upper percolation zone of the southwestern Greenland Ice Sheet. A GC-Net automatic weather station (AWS) has been operational at this site since 1997 (Steffen and Box, 2001), and this location has been the subject of several firn studies in recent years (Machguth et al., 2016; Heilig et al., 2018; MacFerrin et al., 2019; Samimi et al., 2020; Vandecrux et al., 2020b). DYE-2 is located near the Arctic circle, at an elevation with relatively cold, dry conditions. Mean annual accumulation is ~0.36 m w.e. yr−1 (Mosley-Thompson et al., 2001), with mean annual and mean summer temperatures of about −18 and −5°C. The site is in the accumulation area of the ice sheet, with low summer melt totals and sufficient pore space and cold content to refreeze and retain 100% of meltwater (Machguth et al., 2016; Vandecrux et al., 2020b). Firn cores and modelling at this site augur its likely 21st-century transition from the accumulation area to the ablation area of the ice sheet, which would be accompanied by a transition from meltwater retention to runoff.



Methods

Meteorological, surface mass balance, snow/firn hydrology, and firn-core data collected from these field sites. These data are used to constrain models of surface energy balance, snow and ice melt, and the coupled evolution of snow/firn thermodynamics and hydrology at each site. Details on the model physics and parameterizations are presented in Ebrahimi and Marshall (2016), Samimi et al. (2020), and Ochwat et al. (2021), and are summarised here to support the results and analysis in this study.

AWS data include incoming and outgoing longwave radiation, QL↓ and QL↑, incoming and reflected shortwave radiation, QS↓ and QS↑, air temperature, relative humidity, wind speed, barometric pressure, and snow surface height. Variables were typically measured at 10-s intervals, with 30-min averages saved to Campbell Scientific dataloggers. In addition to these measurements, vertical arrays of thermistors, and time-domain reflectometer (TDR) probes were installed in the supraglacial snow firn during field experiments at Haig Glacier and DYE-2, Greenland, to study the subsurface thermal and hydrological evolution through the melt season (Samimi and Marshall, 2017; Samimi et al., 2020). TDR probes measure dielectric permittivity, which is a proxy for liquid water content in the snow and firn. These data were also recorded continuously and saved to Campbell Scientific dataloggers.

For reconstructions of the long-term evolution of these glacier systems we use hourly meteorological data from ERA5 surface-level climate reanalyses for the period 1950–2020 (Hersbach et al., 2020), based on the ERA5 grid cell over the point of interest. ERA5 has a resolution of 0.25° (~28 km), so this is regionally and not locally representative. We therefore bias-adjust the ERA5 meteorological forcing using AWS data from each glacier. Where the AWS or ERA5 meteorological data are distributed over the glacier (horizontal distances of up to a few km), additional elevation adjustments are made using lapse rates for temperature and incoming longwave radiation, based on the elevation gradients measured on Haig and Kwadacha Glaciers: dT/dz = −6°C km−1, dQL↓/dz = −15 W m−2 km−1. Air pressure is adjusted following dP/dz = – ρa g, for gravitational acceleration g and air density ρa = P/RT. The gas law constant R = 287 J kg−1 K−1. In the absence of systematic observed variations, incoming shortwave radiation, wind speed, and relative humidity (RH) are assumed to be constant. Specific humidity is estimated from RH and from local air temperature and pressure.

Where upper-air analyses are included in this study, these are based on monthly mean ERA5 pressure-level data from 1950 to 2020. For the purpose of plotting the pressure-level data, altitude zk is estimated from the pressure level, Pk, using ERA5 monthly temperature at each level, Tk. Temperature is used to calculate air density, ρk = Pk/RTk, for the gas law constant R. The hydrostatic equation is then applied to estimate the elevation difference between pressure levels, dz = –dPk/ρkg.

Meteorological and radiation data are used in the calculation of the surface energy balance,
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where QN is the net energy and QH, QE, and QC are the sensible, latent, and conductive heat fluxes, respectively, and energy fluxes are defined to be positive when they are directed toward the glacier surface. The surface energy balance model is coupled with a multi-layer subsurface model that simulates the snow, firn, and glacier temperature. Temperatures in the upper three layers are used in the calculation of the conductive heat flux, QC = –kt dT/dz, for thermal conductivity kt. The temperature of the surface layer is also used for the surface temperature and specific humidity in the sensible and latent heat flux calculations (Ebrahimi and Marshall, 2016).

When AWS data are available from the glacier, outgoing longwave, and shortwave radiation fluxes are directly available. When using climate reanalyses to drive Equation (1), these fluxes are parameterized. Outgoing longwave radiation follows Stefan-Boltzmann's equation, QL↑= EsσTs4, for surface emissivity Es = 0.98, Stefan-Boltzmann's constant σ, and absolute temperature of the surface layer, Ts. Reflected shortwave radiation QS↑ = QS↓ (1 – αs), for surface albedo αs. The albedo is modelled to decline through the melt season as a function of cumulative positive degree days, PDD,
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where αs0 is the initial (spring) albedo and kα is a decay constant used in the modelling, which is calibrated from observed albedo data at each study site. This parameterization is meant to represent observed reductions in snow albedo that occur through the melt season due to several effects, including increases in snow grain size, rounding of grains, liquid water content, and the progressive concentration of impurities in melting snow (Brock et al., 2000). Fresh-snow events can temporarily reset the surface albedo to the dry-snow value, αs0, during the summer melt season. I treat this as a stochastic process, simulating random summer snowfall events as described in Marshall and Miller (2020). Once the fresh snow has melted, the surface albedo is restored to its pre-snow value.

When the surface layer is at 0°C and QN > 0, net energy in Equation (1) goes to melting, following
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where ṁ is the melt rate (m s−1), and Lf is the latent heat of fusion. If net energy is negative and the surface layer is 0°C, any liquid water that is present will refreeze, releasing latent heat, and the surface layer can then cool once all liquid water is refrozen. When surface layer temperatures are below the melting point, and surplus or deficit of energy drives warming or cooling, based on the energy balance solution within a one-dimensional model of subsurface temperature evolution:
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Here ρb, cb, and kt are the bulk density, specific heat capacity, and thermal conductivity of the snow or firn, ρw and cw are the density and specific heat capacity of water, and qw is the vertical rate of water percolation (m s−1), with water temperature Tw. The right-hand terms in Equation (4) represent heat conduction, latent heat release from meltwater refreezing, and heat transport from advection of meltwater or rainwater, respectively. The thermal conductivity of the snow and firn is calculated after Calonne et al. (2019). The refreezing term in Equation (4) has units W m−3 and is calculated from
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where ṙ is the refreezing rate (m s−1) and this heat is spread across the layer thickness, Δz.

The subsurface temperature model is coupled with a simple treatment of meltwater percolation. For a snow or firn layer with thickness Δz and the volume fraction of liquid water θw, the amount of water in the layer (m) is equal to θwΔz. Conservation of mass in each subsurface layer gives the expression for local water balance,
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Water that refreezes is assumed to be distributed over the layer Δz. Refreezing in Equation (6) is calculated within the subsurface thermal model, as a function of cold content in the layer. The water balance is forced at the upper boundary, where qw is equal to the melt rate. Below this, meltwater fluxes are calculated from Darcy's law,
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where ∇ϕ is the hydraulic gradient and the hydraulic conductivity kh is a function of the porosity, θ, liquid water content, θw, and snow/firn grain size dg. The parameterization of hydraulic conductivity for unsaturated snow and firn follows that of Meyer and Hewitt (2017). Liquid water can also be retained within the pore space due to capillary forces, calculated after Coléou and Lesaffre (1998). Only excess water, beyond the irreducible water that is retained by capillary tension, is subject to vertical infiltration following Equation (7). Within this study, I assume purely vertical (gravitational) flow, such that the divergence and gradient terms in Equations (6) and (7) are replaced by vertical derivatives.

Ice layers in snow and firn can serve as impermeable barriers to meltwater infiltration, although this is not well-understood. Meltwater infiltration has been measured through continuous ice layers up to ~0.12 m in thickness (Samimi et al., 2020). Infiltration through such layers may depend on fractures or discontinuities (Humphrey et al., 2021), which could develop in association with diurnal cycles of thermal expansion and contraction in near-surface environments. Meltwater could also potentially erode such layers. In contrast, ice slabs with thicknesses of ~0.5 m or more may be impenetrable (Gascon et al., 2013; MacFerrin et al., 2019). In modelling presented here, I assume that ice layers <0.1 m thick are transmissive and ice layers more than 0.5 m thick act as impermeable barriers (kh = 0). For ice layers with thickness ti between 0.1 and 0.5 m, I prescribe a non-linear decrease in permeability by a factor κi = 10−γ(ti−0.1), with a reference value γ = 10. This reduces kh by four orders of magnitude as ice-layer thickness increases from 0.1 to 0.5 m. Sensitivity experiments presented in section From Meltwater Retention to Runoff explore the effects of permeable vs. impermeable ice layers.




REGIME SHIFTS IN GLACIERS AND ICE SHEET RESPONSE TO CLIMATE CHANGE


From Polythermal to Temperate Firn and Ice

The thermal regime of a glacier mass is a fundamental distinction in glaciology. Outside of the tropics, the upper several metres of ice, firn, and snow on a glacier typically experiences seasonal freezing through heat loss to the atmosphere. Through thermal diffusion, this results in a winter temperature wave that propagates to depths of up to ~10 m (Cuffey and Paterson, 2010). Below this, temperate glaciers are at the pressure-melting point throughout, while polythermal glaciers have a range of temperatures (Blatter, 1987; Blatter and Hutter, 1991). Ice temperatures in polythermal glaciers are generally warmer near the bed, due to the combined effects of geothermal heat fluxes and heat dissipation from creep deformation of the ice, which is concentrated in the lower glacier (Cuffey and Paterson, 2010). Heat can also be generated at the bed from frictional heat dissipation, where the glacier is sliding over the substrate.

In some cases, polythermal ice is warm-based (at the pressure-melting point), enabling the presence of liquid water in thermal equilibrium and supporting basal flow through either sliding or subglacial sediment deformation (Clarke, 1987). In other cases, polythermal ice masses can be frozen to the bed, a condition known as cold-based ice. Freezing conditions can be maintained if heat conducted upwards through the ice exceeds inputs of energy from geothermal heat flux, creep deformation, and frictional heat dissipation. Polar glaciers, icefields, and ice sheets are typically polythermal and have a mixture of warm- and cold-based ice. Basal ice temperatures do not follow a simple relationship with mean annual air temperature, so it is difficult to predict whether high-latitude or high-altitude glaciers and ice sheets will be warm- or cold-based. For instance, much of the plateau of the East Antarctic Ice Sheet, the coldest region in the world, is underlain by warm ice (e.g., Bell et al., 2007), because the ice is thick enough (~4 km) to insulate the base from cold surface temperatures. In contrast, the interior of the Greenland Ice Sheet is frozen to the bed (Huybrechts, 1996; Marshall, 2005) because it is thinner (~3 km) and snow accumulation rates are higher than in Antarctica. This results in effective downward advection of cold surface ice in Greenland, increasing the temperature gradient (hence, conductive energy loss) in the lower part of the ice sheet. On the flanks and in the marginal areas of Greenland, most of the ice sheet is believed to be warm-based, due to the combined influences of warmer air temperatures and strain heating in areas of active vertical shear deformation. Latent heat release from refreezing meltwater in the surface snow and firn also plays a significant thermodynamic role in parts of the Greenland Ice Sheet, as discussed in this study.

The thermal regime of glaciers is important for several reasons. Warm-based ice can flow more quickly via basal flow or ice surging (e.g., Clarke, 1987; Sevestre et al., 2015), and also enables a range of subglacial hydrological processes that differ from cold-based ice (e.g., exchanges with the groundwater system; chemical weathering, erosion, and mobilisation of sediments in well-developed drainage systems; subglacial water storage). Warmer ice has a lower effective viscosity (Glen, 1955), with variations by a factor of ~1,000 from temperatures of −50 to 0°C (Marshall, 2005); hence, deformational velocities in temperate ice are much higher (e.g., Phillips et al., 2010; Bell et al., 2014). Meltwater also cannot refreeze in temperate ice and firn, limiting the extent of meltwater retention through refreezing (Pfeffer et al., 1991), although meltwater can be retained as liquid water in temperate firn where there is adequate infiltration and pore space (e.g., Koenig et al., 2014; Christianson et al., 2015). Processes of meltwater refreezing and retention are important to glacier and ice sheet mass balance (section From Meltwater Retention to Runoff).

The transition from polythermal to temperate ice is expected in some glacier environments as a consequence of climate warming (e.g., Hoelzle et al., 2011). Sub-polar glaciers are good candidates to experience this transition in the coming decades, as these systems often lie close to the climatic threshold between polythermal and temperate conditions. Firn temperature observations on Lomonosovfonna, Svalbard (Marchenko et al., 2021) indicate that temperatures at ~12-m depth may have shifted from sub-freezing to temperate conditions over the past two decades. Such a transition may also be close at high elevations in the European Alps, where warming of cold firn has been measured over the last two decades (e.g., Hoelzle et al., 2011; Mattea et al., 2021; Colle Gnifetti on Monte Rosa). Climate change trends are strong at high latitudes (e.g., Zhang et al., 2019) and high elevations (Pepin et al., 2015; Williamson S. et al., 2020), which is likely to accelerate regime changes from polythermal to temperate ice.

Ochwat et al. (2021) report on a possible transition from polythermal to temperate conditions that was discovered during ice-coring work in May 2018 on the upper Kaskawulsh Glacier in the St. Elias Mountains. The drilling team was surprised to encounter temperate firn conditions with liquid water (i.e., a firn aquifer) at ~34 m depth. Based on density measurements in the firn core, this is near the base of the firn; the aquifer appears to be a few metres thick, representing a water table that is perched on the glacier ice. It is unclear whether or not the firn aquifer is new. Previous radar studies and ice-coring efforts in the region (Zdanowicz et al., 2014) provide no prior indication of the presence of perennial firn aquifers. It is possible that temperate conditions have existed for many decades at this site, but Ochwat et al. (2021) argue that the presence of deep, temperate, and water-saturated firn is a new development on Kaskawulsh Glacier.

Firn modelling at the drill site supports this hypothesis. Extending the results reported by Ochwat et al. (2021), Figure 2 plots simulated firn temperature evolution on upper Kaskawulsh Glacier for the period 1950–2020, using the coupled thermodynamic and hydrological model described in section Methods for the upper 35 m of firn. ERA5 meteorological fields are bias-adjusted using data from a nearby automatic weather station (Ochwat et al., 2021), and initial firn temperature and stratigraphy are based on a 30-year spin-up using the ERA5 climatology from 1950 to 1979. Based on these initial conditions, the climate forcing was restarted at 1950 for the 71-year simulation plotted in Figure 2.
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FIGURE 2. Modelled temperate firn development at Kaskawulsh Glacier, Yukon Territory over the period 1950–2020. (A) Mean summer air temperature in the ERA5 climate forcing. (B) Annual melt, refreezing, and runoff. Runoff is calculated from the annual melt minus refreezing. (C) Firn temperatures to 35 m depth. (D) Firn temperatures in the upper 25 m, 1990–2020 (E) Firn temperature envelope in the upper 25 m for the periods 1950–1980 (dashed) and 1990–2020 (solid lines). “Negative” runoff in (B) occurs when meltwater drainage to the deep firn from the prior summer refreezes in the subsequent calendar year.


Mean annual air temperature at the site over the period 1950–2020 was −11.2°C, increasing to an average of −10.3°C for the last decade (2010–2020), while mean summer (JJA) temperatures shifted from a long-term mean of −2.8 to −1.8°C for the last decade (Figure 2A). This decadal-scale warming was accompanied by increases in atmospheric humidity and incoming longwave radiation, as reported by Williamson S. et al. (2020), with overall increases in net energy driving an increase in surface melting at a rate of +0.03 m w.e. per decade (Figure 2B). The resulting intensification of meltwater infiltration and refreezing drove decadal-scale firn warming (Figures 2C–E), culminating in a transition from polythermal to temperate conditions in 2013–2014. Meltwater refreezing since this time provides sufficient latent heat release to maintain temperate firn, despite a mean annual air temperature of about −10°C. The climate conditions and firn processes governing this abrupt regime change are discussed in section Processes Governing Nonlinear Glacier and Ice Sheet Response to Climate Change.

This is a marked regime change for the glacier, as the glacier ice that forms from the firn will now develop into temperate ice. Glacier ice advecting downwards and downslope from the accumulation area will be more deformable than ice from earlier decades, when the firn column was cold. The importance of englacial and subglacial temperatures for ice dynamics is discussed in section Englacial and Subglacial Warming.



From Meltwater Retention to Runoff

Prior to 2013 at Kaskawulsh Glacier, all surface melt refroze within the firn (100% meltwater retention; Figure 2B). In summers with deep meltwater infiltration, liquid meltwater that is stored in the firn may not refreeze until the subsequent calendar year, as this requires penetration of the following winter's cold wave into the firn. Melting, refreezing, and runoff are calculated for the calendar year, with runoff calculated from melting minus refreezing. The lag in refreezing can give years with small amounts of positive runoff followed by years with “negative” runoff in Figure 2B; this is not a violation of conservation of mass, but an artefact of calculating this for calendar years.

Following the intensive melt season of 2013, which triggered the transition to temperate firn on Kaskawulsh Glacier, meltwater has begun to run off from this site (Figure 2B). Some summer meltwater still refreezes within the winter cold layer, which extends to about 8 m depth (Figures 2D,E), but for an average melt rate of 0.47 m w.e. yr−1 from 2010 to 2020, 0.18 m w.e. yr−1 (39%) is modelled to have drained to the deep firn. About half of this meltwater was retained within the firn aquifer (Ochwat et al., 2021), while the remainder is expected to have drained laterally, either as Darcian flow in the firn aquifer or at the firn-ice interface, where the glacier ice presents an impermeable barrier. This transition therefore impacts meltwater retention and surface mass balance on the upper Kaskawulsh Glacier.

This is an example of a wide-spread trend in the world's glaciers, ice caps, and ice sheets. Meltwater retention capacity is declining in response to loss of firn (e.g., Pelto, 2006) and increases in firn temperature, density, and ice content, all of which reduce the available cold content and pore space that is available for meltwater refreezing (e.g., van Angelen et al., 2013; Vandecrux et al., 2020a). Pfeffer et al. (1991) and Harper et al. (2012) describe the importance of meltwater refreezing and retention in the Greenland Ice Sheet. The firn layer acts as a buffer to sea level rise, as a large amount of meltwater stays within the ice sheet rather than running off to the ocean. Temperate snow, firn, and ice have limited capacity for meltwater retention, since liquid water cannot refreeze. Meltwater can be stored in the pore space of temperate snow and firn, but this generally drains effectively through gravitational percolation or Darcian flow in firn aquifers (e.g., Christianson et al., 2015), and water will run off once the available pore space is filled. Increases in meltwater runoff also result from reduced permeability in firn, through densification, and the development of thick near-surface ice layers (de la Peña et al., 2015; MacFerrin et al., 2019).

Noël et al. (2017) describe this transition from meltwater retention to runoff as a tipping point for glacier mass balance—from positive to negative—in glaciers and ice caps peripheral to the Greenland Ice Sheet. A similar mass balance regime change may have occurred in Svalbard, where a shift from meltwater retention to runoff has caused a large area of Svalbard's ice caps to transition from net accumulation to net ablation (Noël et al., 2020). Reductions in capacity for meltwater retention in firn have also been documented on the Barnes and Devon Ice Caps in Arctic Canada (Zdanowicz et al., 2012; Bezeau et al., 2013). This transition may also be occurring in the lower percolation zone of the Greenland Ice Sheet (Charalampidis et al., 2015; de la Peña et al., 2015). High melt rates can produce thick near-surface ice slabs which limit meltwater infiltration and refreezing (Machguth et al., 2016; MacFerrin et al., 2019). The percolation zone in Greenland is expanding to higher elevations of the ice sheet, but there is still sufficient cold content to support meltwater refreezing and retention in the vast interior regions of Greenland (Vandecrux et al., 2020a), as long as the permeability of the near-surface firn continues to permit meltwater infiltration. There is concern that strong episodic melt seasons, as observed in 2012 and 2019, may create ice layers that limit infiltration, and model projections suggest that Greenland could experience significant losses of firn meltwater retention capacity by the second half of this century (van Angelen et al., 2013).

Figure 3 plots the modelled increase in melting and meltwater runoff as a function of elevation in a simple future warming scenario on the southwestern flank of the Greenland Ice Sheet. This scenario is based on ERA5 climatology for the period 2000–2020 (Hersbach et al., 2020), followed by a linear warming rate of 0.5°C per decade from 2020 to 2100, superimposed on the climatology of the base period 2000 to 2020. This is a simplistic scenario, intended to examine the sensitivity of melting and meltwater retention processes to a hypothetical warming of 4°C in Greenland by the end of the century. The climate forcing drives a surface energy balance and firn model that have been calibrated for DYE-2 in southwest Greenland (Samimi et al., 2020), and the elevation range in Figure 3 is representative of the present-day percolation zone in southwest Greenland.
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FIGURE 3. Mean annual surface melt rates as a function of elevation for a transect at 66.5°N in southwest Greenland for (A) 2000–2030 and (B) 2070–2100. The red shading indicates the surface runoff and the blue shading indicates the meltwater retained by refreezing.


For the period 2000–2030, the average melt rate from 1660 to 2640 m elevation in Figure 3A is 0.23 m w.e. yr−1. This increases to 0.72 m w.e. yr−1 for the period 2070–2100 (Figure 3B). The shading in Figure 3 indicates the fraction of meltwater runoff relative to the total meltwater production. Under a 4°C warming by end of the century, there is a transition from meltwater retention to runoff in the elevation range from ~1,800 to 2,100 m. The equilibrium line and percolation zone climb to higher elevations, and under the 4°C warming there is no longer a dry snow zone in southern Greenland. Above ~2,440 m, however, almost 100% of meltwater is still retained in 2,100. For the total elevation range represented in Figure 3, average runoff for the period 2000–2030 equals 0.08 m w.e. yr−1 (33% of total melt). This increases to 0.45 m w.e. yr−1 (62% of total melt) for 2070–2100 (Figure 3B). Melt rates in the present-day percolation zone of southwestern Greenland increase by a factor of ~3 under this warming scenario, but runoff increases by a factor of ~6.

This is a non-linear but continual change for Greenland Ice Sheet mass balance and meltwater runoff, rather than a threshold process. However, a given location on the ice sheet may experience a regime change such as the transition from the accumulation area to the ablation area of the ice sheet, or from meltwater retention to runoff (Charalampidis et al., 2015), similar to what was observed on Kaskawulsh Glacier in Figure 2. The nature of this regime change depends on the climate and firn conditions. As an example, Figure 4 plots the modelled firn temperature evolution at DYE-2, Greenland from 2000 to 2100 under the hypothetical warming scenario discussed in Figure 3. DYE-2 is situated at 2120 m elevation on the southwestern flank of the ice sheet. It is presently in the upper percolation zone, with moderate amounts of annual melt (~0.15 m w.e. yr−1), 100% of meltwater retained as refrozen ice, a mean annual temperature of −17.4°C, and a 10-m firn temperature of about −15.5°C (Samimi et al., 2020; Vandecrux et al., 2020b). Under the imposed gradual warming scenario, the equilibrium line elevation climbs to ~2,050 m by 2100 and DYE-2 remains within the accumulation area of the ice sheet, with mean annual and summer (JJA) temperatures of −14.4 and −2.3°C for the period 2070–2100 (Figures 4A,C). Firn at DYE-2 is projected to remain polythermal through the century (Figure 4E), with 10-m temperatures of about −10°C by 2100 (Figure 4C).


[image: Figure 4]
FIGURE 4. Modelled firn evolution at DYE-2, Greenland, 2000–2100, using ERA5 climate forcing from 2020 to 2020 and with a warming trend of 0.05°C yr−1 for 2020–2100. (A) Mean summer air temperature. (B) Annual surface melt and runoff. (C) Mean annual snow/firn temperatures at the surface and at 5-, 10-, and 20-m depth. (D) Maximum annual thaw and meltwater infiltration depths. (E) Daily mean temperatures in the 20-m firn column from 2000 to 2100.


This projected firn evolution contrasts with that at Kaskawulsh Glacier for several reasons. In part, DYE-2 is colder, with less summer melt. This limits the latent heat release from meltwater refreezing, helping DYE-2 to remain polythermal. More importantly, however, deep meltwater infiltration events become less frequent in the second half of the century (Figure 5D), despite increasing melt rates (Figure 5B). Warming causes increased meltwater production in the 2050s, but much of this meltwater refreezes near the surface, driving the formation of dense firn with thick ice layers which impede meltwater infiltration. This triggers the onset of meltwater runoff from this site (Figure 5B). Hence, the site evolves from a location with 100% meltwater retention from 2000 to 2030 to an average meltwater retention of 58% from 2070 to 2100. Average net mass balance decreases from 0.38 to 0.16 m w.e. yr−1 over these two periods.


[image: Figure 5]
FIGURE 5. Modelled firn evolution at DYE-2, Greenland as per Figure 4 but prescribing a 50% increase in precipitation at DYE-2. (A) Modelled melt and runoff. (B) Mean annual air temperature and firn temperatures at 5-, 10-, and 20-m depth. (C–E) Daily mean temperatures in the 20-m firn column from 2000 to 2100, (D) 2000 to 2030, and (E) 2050 to 2080, showing the transition to deep temperate firn in 2077.


Limitations to meltwater infiltration are partly associated with the lack of near-surface cold content and pore space. As discussed by Kuipers Munneke et al. (2014), deep meltwater infiltration can be supported by high rates of snow accumulation, which increase the available pore space for meltwater refreezing and help to insulate the underlying firn, where liquid meltwater may be present from the previous melt season. As an illustration of this at DYE-2, snow accumulation rates (winter mass balance, bw) were increased by 10% intervals from 100 to 200% of the present-day rate. The prescribed values of bw range from an average of 0.37–0.74 m w.e. yr−1 for the reference period 2000–2030. Combined with the prescribed increase in mean annual precipitation of +5%°C−1 in the future warming scenario, the corresponding range in bw for 2070–2100 is 0.44–0.87 m w.e. yr−1.

The modelled 21st-century firn evolution is strongly dependent on accumulation rates (Figures 5, 6). Present-day firn conditions do not vary much in these numerical experiments, even for a doubling of accumulation, but a ~40% increase in accumulation is sufficient to give a dramatically different outcome by end of century. Figure 5 plots modelled firn temperature from 2000 to 2100 for a 50% increase in accumulation at DYE-2. All other climate and parameter settings in this experiment are identical to the baseline model shown in Figure 4. With the additional accumulation and meltwater refreezing capacity, firn at DYE-2 undergoes an abrupt transition from polythermal to temperate conditions in the late 2070s (Figures 5B,C). The transition is similar to the one observed on Kaskawulsh Glacier (Figure 2). Temperate firn from 10- to 20-m depth first develops in 2077, coinciding with meltwater infiltration through the full firn column. Modelled firn warming at 10-m depth is 1.2°C per decade, 3.4 times the rate of atmospheric warming (Figure 5B), although the firn warming is abrupt rather than linear. The winter cold wave at this site reaches a depth of about 8 m each year (Figure 5C), providing some meltwater refreezing capacity while this site remains in the accumulation area of the ice sheet. Similar to the baseline model in Figure 4, meltwater runoff from the site begins in the 2060s, associated with low-permeability near-surface ice layers.
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FIGURE 6. Effects of snow accumulation rate on modelled 21st-century (A) 10-m firn temperature and (B) meltwater infiltration depth at DYE-2, Greenland. Blue symbols are average values for the period 2000–2030 and red symbols are for 2070–2100. Lines in (A) indicate the mean annual air temperature for each period. Temperatures and infiltration depths are plotted for precipitation rates up to twice the present-day value at DYE-2, giving winter mass balances bw ϵ [1, 2].


Figure 6 plots summary diagnostics for the precipitation sensitivity experiments, showing firn temperatures and meltwater filtrations depths for the reference period, 2000–2030 (blue symbols) and the end of the century, 2070–2100 (red symbols). The onset of deep meltwater corresponds with precipitation increases of ~40% or more, attended by deep firn warming. For 2000–2030, 10-m firn temperatures are 1.3°C warmer than the mean annual air temperature, on average. This differs only slight for 2070–2100 with the present-day accumulation rate, but for bw values from 150 to 200% of present-day values, 10-m firn temperature is 11–14°C warmer than the mean annual air temperature. The transition to temperate conditions in the deep firn is difficult to reverse though (see section Processes Governing Nonlinear Glacier and Ice Sheet Response to Climate Change), such that this regime change leads to long-term reductions in firn meltwater retention capacity.


Meltwater Refreezing on Mountain Glaciers

Meltwater retention through refreezing is not a significant process on most mountain glaciers, due to temperate conditions, but meltwater refreezing still plays an important and more subtle effect in reducing the net energy that is available for melt. Meltwater that is stored in the pore space of near-surface snow/firn or in melt ponds on the glacier surface commonly refreezes overnight or during cold-weather episodes. This is a familiar process to mountaineers, who travel quickly and lightly over the refrozen snow and ice crust in the early morning hours. Energy is used to warm this crust to the melting point the following morning, and some of this energy is then used to “remelt” the refrozen meltwater. A significant amount of melt energy can be consumed by this recycled meltwater over several months of diurnal freeze-thaw cycles.

Samimi and Marshall (2017) estimate this process to reduce meltwater runoff by about 10% at Haig Glacier in the Canadian Rockies. Although the glacier and the supraglacial snowpack are temperate, the thin refreezing layer at the glacier surface consumes energy for the diurnal phase changes. This is consistent with the observed lag of meltwater production on the glacier surface and in the proglacial stream on a typical summer day. Diurnal increases in supraglacial streamflow commonly don't set in until late morning or early afternoon. As the climate warms and the glaciers experience less frequent overnight refreezing, diurnal freeze-thaw cycles will diminish in importance. Glaciers that are losing their firn will also see reductions in meltwater storage capacity. Collectively, these processes will result in “flashier” hydrological systems with reduced meltwater residence times.




Englacial and Subglacial Warming

Meltwater that infiltrates beyond the firn layer can also refreeze in cold glacier ice, with latent heat release directly warming up englacial or basal ice (Jarvis and Clarke, 1974). In Greenland, water that penetrates to depth through crevasses, moulins, and proglacial lake drainage (Das et al., 2008; Catania and Neumann, 2010) has been proposed as a mechanism to soften ice and increase flow rates through a process called cryo-hydrologic warming (Phillips et al., 2010). Latent heat release produces warmer ice, which has a lower effective viscosity, and liquid water content can further soften temperate ice (Cuffey and Paterson, 2010). Cryo-hydrologic warming and temperate ice therefore support greater rates of ice deformation, resulting in glacier thinning. Higher flow rates also increase the advection of ice to low elevations or the ocean, where there is surplus energy for ablation. This creates a more negative glacier mass balance and increases meltwater runoff.

Melting conditions at the glacier or ice sheet bed have the potential to induce higher rates of flow through sliding or sediment deformation, where sufficient meltwater is available to support basal flow through these processes (Iken and Bindschadler, 1986; Clarke, 1987). The transition from cold- to warm-based ice therefore represents a regime change that can fundamentally alter glacier dynamics. Increased ice fluxes through basal flow have a similar impact to low-viscosity ice: thinner ice masses, more negative mass balance, and a shorter response time to climate forcing. A transition from cold- to warm-based ice has been proposed as the trigger for deglaciation in the context of the 100-kyr glacial cycle (Marshall and Clark, 2002). The effects of basal flow have the potential to be dramatic, as observed in glacier surge cycles, since basal flow rates can greatly exceed those from internal ice deformation (e.g., Clarke, 1987; Sevestre et al., 2015).

Surging glaciers and ice streams provide clear examples of thermally-enabled, meltwater-lubricated fast flow in glaciers and ice sheets, but it is difficult to assess whether anthropogenic climate forcing can trigger changes in flow regimes. Subglacial thermal and hydrological conditions would need to evolve over large areas of the bed on annual to decadal timescales. The diffusive and advective timescales for atmospheric temperature changes to reach the subglacial environment are long: centuries for mountain glacier and millennia for ice sheets. Surface meltwater that reaches the bed has the potential to incite rapid change, through both latent heat release and impacts on subglacial hydrology (e.g., Zwally et al., 2002). Subglacial water that does not drain effectively can become pressurised, reducing basal friction (ice-bed coupling), and enabling speedups (Parizek and Alley, 2004; Colgan et al., 2012; Shannon et al., 2013).

These processes are not fully understood. The fate of meltwater that drains through crevasses, moulins, and proglacial lakes in Greenland is uncertain; some may refreeze near the surface and some may drain effectively from the ice sheet, through either englacial or subglacial pathways. To have a major effect on flow rates or on viscous softening, this water needs to penetrate to depth and remain within the ice sheet system, where it can lubricate the ice sheet bed or where refreezing can effectively warm and soften the deep ice. Das et al. (2008) and Catania and Neumann (2010) demonstrate that supraglacial water in Greenland can effectively reach the bed, so these processes have the potential to impact the ice sheet as the ablation area and wet-snow zones expand to higher elevations in Greenland in future decades. Previously frozen or dry parts of the ice sheet bed may become newly exposed to meltwater, with the potential to increase flow rates (Parizek and Alley, 2004; Shannon et al., 2013). On the other hand, efficient subglacial hydrological drainage systems typically develop in settings where large amounts of meltwater reach the bed. This effectively evacuates subglacial water rather than supporting the distributed, high-pressure water systems that support fast flow (e.g., Schoof, 2010; Sundal et al., 2011).

The net impact of climate warming and increasing amounts of meltwater on glaciers and ice sheet dynamics is uncertain. Based on ice sheet modelling, Shannon et al. (2013) conclude that the impacts of changing hydrology on basal flow are likely to be negligible in Greenland this century, in comparison with the direct impacts of climate change on surface mass balance and sea-level rise. Davison et al. (2019) reach a similar conclusion based on a review of recent literature analysing the relation between supraglacial water drainage and seasonal ice acceleration in Greenland. Models of englacial drainage and subglacial hydrology are becoming increasingly sophisticated (Flowers, 2015; Banwell et al., 2016; Hoffman et al., 2016), but challenges of scale, complexity, and the dearth of direct observations in subglacial environments limit understanding and modelling of ice-sheet scale hydrological and basal flow processes. For these reasons, ice sheet dynamical response to changing ice sheet hydrology remains an open question, and the possibility of widespread impacts of increasing meltwater supply to the bed cannot be ruled out.


Thawing at the Ice-Rock Interface

The transition from frozen to thawed conditions at the glacier bed is mirrored by thawing of the mountains themselves: reduced mountain permafrost as temperatures rise and active layers deepen. This interacts with glacier melting, as newly-exposed rock surfaces and circulating meltwater act collectively to increase mountain hazards associated with slope instabilities (Hock et al., 2019). The transition from frozen to thawed conditions can trigger rock and ice detachment processes in high-mountain regions (Gruber and Haeberli, 2007; Gilbert et al., 2015; Hock et al., 2019), through a combination of factors including decreased structural integrity (loss of ice bonding), lubrication from liquid water, and mechanical and thermal stresses from freeze-thaw cycles (Fischer et al., 2012; Haeberli et al., 2017). These processes have been linked with increasing frequency of rockfall and rock avalanches (e.g., Allen et al., 2011; Ravanel and Deline, 2011; Fischer et al., 2012; Allen and Huggel, 2013; Hock et al., 2019), and may play a role in glacier detachments (Fischer et al., 2013; Faillettaz et al., 2015; Gilbert et al., 2015). High-mountain slope failures are often associated with a mixture of ice, rock, and water. Glacier retreat can also directly influence slope stability (e.g., Allen et al., 2011; Hock et al., 2019), as fresh walls and debris become exposed and buttressing of steep slopes is reduced.




From White to Grey

The collection Darkening Peaks: Glacier Retreat, Science, and Society (Orlove et al., 2008) provides a compelling image of the transition from white to grey that is under way in the world's mountain regions. The demise of glaciers is changing the fundamental character of mountain landscapes, with direct impacts on regional weather, climate, hydrology, ecosystems, and tourism. Regional surface albedo also declines due to the loss of snow and ice, which may be contributing to elevation-dependent warming in some of the world's mountain regions (Pepin et al., 2015).

Changes in surface albedo in mountain regions can be subtle, and are less “binary” than the shift observed in polar regions when sea ice is replaced with open water. Highly-reflective seasonal snow still covers mountains for much of the year at high elevations, but there is a strong decline in albedo when seasonal snow on glaciers melts away to expose the underlying glacier ice. This transition is important to the surface energy balance and melt, and a shorter snow season contributes to regional reductions in albedo. Without snow cover, most mountain glaciers can already be described as “grey.” Glacier ice albedo varies from ~0.1 to ~0.6 (Bøggild et al., 2010; Cuffey and Paterson, 2010) but is commonly at the low end of this range on mountain glaciers. Low albedo values are associated with high concentrations of particulate matter on the ice, which can accumulate over many melt seasons. The photograph in Figure 1F illustrates this well, corresponding to an ice albedo of about 0.2.

There are numerous accounts of glaciers darkening in recent years due to increasing concentrations of particulate matter (e.g., Dumont et al., 2014; Ming et al., 2015; Tedesco et al., 2016; Stibal et al., 2017; Williamson et al., 2019). Impurities on glaciers have a variety of sources, some of which are linked to climate change. Mineral dust and aerosols make up the greatest mass fraction of particulate matter in many mountain glacier settings, associated with both local and long-range transport (e.g., Oerlemans et al., 2009; Dumont et al., 2014; Nagorski et al., 2019; Marshall and Miller, 2020). Actively deglaciating terrain typically exposes fresh sediment and rock surfaces at the glacier margins, some of which could be mobilised and deposited on the glacier. Oerlemans et al. (2009) suggest that this process may be causing an increase in dust concentrations and melt rates on the lower section of Morteratsch Glacier, Switzerland.

Organic material also constitutes a significant fraction of particulate matter on some glaciers, much of it associated with in situ algal populations (e.g., Takeuchi et al., 2001, 2006; di Mauro et al., 2020; Williamson, C. J. et al., 2020). There is an interaction between melting, mineral impurities, and biological activity, as algae and cyanobacteria require liquid water and nutrients. Warming temperatures, increase in liquid water, and longer melt seasons may be driving an increase in algal populations on glaciers and ice sheets. Albedo reductions due to algal activity have been reported at several sites (Stibal et al., 2017; Williamson et al., 2019; di Mauro et al., 2020; Williamson, C. J. et al., 2020).

Organic material and black carbon deposits on glaciers are also derived from incomplete combustion of fossil fuels, biomass burning, and forest fires (Ming et al., 2009; Keegan et al., 2014; de Magalhães Neto et al., 2019; Nagorski et al., 2019). Black carbon associated with industrial activity has been implicated in glacier darkening in the Himalayas (Ming et al., 2009, 2015). Albedo reductions have also been associated with the deposition of aerosols from wildfire activity (Keegan et al., 2014; de Magalhães Neto et al., 2019; Marshall and Miller, 2020). Wildfire represents a potential indirect effect of climate change on glaciers. There is a concern that increasing wildfire activity in western North America may be darkening glaciers in the region, contributing to increased glacier melt. Glaciers in the Canadian Rocky Mountains are vulnerable to this as they are situated downwind of wildfire activity in the U.S. Pacific Northwest and British Columbia. Marshall and Miller (2020) report ice-albedo values of as low as 0.07 during the summer of 2017, which was a record wildfire season in British Columbia at the time.

Regardless of its provenance, increased particulate matter is a positive feedback because it enhances melting, which concentrates impurities and further lowers the albedo. Indirect effects of climate change such as increasing wildfire and algal activity or increased dust deposition associated with glacier retreat exacerbate the melt-albedo feedback. While increasing concentrations of particulate matter are more of a gradual process than a regime change, the resulting melt-albedo feedbacks are accelerating the processes of deglaciation and the transition of the world's mountain regions from white to grey.


Seasonal Transition From Snow to Ice

Even in the absence of external darkening agents, climate change directly impacts surface albedo on glaciers. As noted above, the summer melt-season transition from seasonal snow to exposed glacier ice is attended by a sharp drop in surface albedo on most mountain glaciers. Reductions in winter snowpack, an earlier start to the melt season, and higher melt rates all lead to an earlier transition from seasonal snow to exposed glacier ice. In addition, transient increases in albedo from summer snow events has been shown to be important processes in reducing mass loss from the glacier (Marshall and Miller, 2020). These summer “refreshes” of the glacier surface will be less frequent under warmer conditions, as precipitation on the glacier shifts from snow to rain.

Figure 7 plots examples of these influences for the summer 2010 melt season at two different mid-latitude mountains glaciers in the Canadian Rocky Mountains. Automatic weather station (AWS) pairs were established for multi-year periods at each site: one on the glacier, in the upper ablation area, and one in the glacier forefield region (cf. Figure 7C). The off-glacier AWS at each site is situated on bare limestone. Marshall (2014) describes the Haig Glacier AWS records in detail. At Kwadacha Glacier, the forefield AWS was set up at an elevation of 1,670 m in August, 2007 and recorded continuously until August, 2011. The glacier AWS was set up at the same location on the glacier each year from 2008 to 2011, at an elevation of 2,005 m, and was established between mid-May and early June, while the glacier surface was still snow-covered.
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FIGURE 7. Mean daily surface albedo through the summer melt season as measured by paired on- and off-glacier automatic weather stations at (A) Kwadacha and (B) Haig Glaciers in the Canadian Rockies. Both plots show the albedo evolution from June 8 to November 1, 2010 from glacier sites in the upper ablation area (blue) and from proglacial sites in the glacier forefields (brown). (C) Contour map of Kwadacha Glacier, with the stars indicating the AWS locations. Photographs (D,E) are August, 2021 and August, 2006 images of Haig Glacier, providing visual examples of exposed glacier ice with an albedo of ~0.2 on the lower and upper glaciers. The end-of-summer seasonal snowline is visible in (E). Photographs by the author.


The two glaciers are about 1,010 km apart and are not subject to the same weather systems through the summer of 2010, but the melt-season albedo evolution is similar at the two locations (Figure 7). All four AWS sites were snow-covered in the first week of June. Snow at the off-glacier sites melted away by the end of June, exposing bare rock with an albedo of ~0.1. These sites remained mostly snow-free until mid-October. At Kwadacha Glacier the transition from seasonal snow to bare glacier ice took place in the second week of July, with bare ice (albedo of ~0.2) persisting until the first week of September (Figure 7A). Several summer snow events caused abrupt and transient increases in the glacier albedo, persisting for 1–3 days. Snow began to accumulate on the glacier in the second week of September, heralding the start of “winter” (i.e., the beginnings of the 2010–2011 winter snowpack). The Kwadacha forefield site experienced two transient September snow events in 2010, evidenced by short-lived albedo spikes (Figure 7A). These occurred after snow had already begun to accumulate on the glacier, and the main melt-season snow events on the glacier were not registered at the forefield AWS.

Summer albedo evolution at Haig Glacier was similar, with a drop in albedo from ~0.55 to ~0.2 marking the transition to exposed glacier ice in the first week of August (Figure 7B). Similar to Kwadacha Glacier, several summer snow events are evidenced by transient albedo spikes at the glacier AWS through the months of June to August. The bare-ice season was relatively short at Haig Glacier in 2010, with winter snow accumulation at the glacier AWS commencing on August 28. The Haig Glacier forefield AWS did not register any summer snow events in 2010, though there was one transient event in early October, before the off-glacier winter snowpack started to accumulate the following week (Figure 7B). Figures 7D,E provide a visual perspective of a glacier surface with an albedo of ~0.2, for the lower ablation area and the upper accumulation area of Haig Glacier. On the lower glacier, the glacier ice is difficult to discern from the limestone rock and till. On the upper glacier, particulate matter and melt ponds can both contribute to the low-albedo surface. The late-summer snowline is visible at the highest elevations of the glacier, near the top of the image.

This seasonal albedo evolution is typical of mid-latitude mountain glaciers, and illustrates the strong changes that attend both (a) the transition from seasonal snow cover to exposed glacier ice, and (b) transient summer snow events, which temporarily refresh the glacier surface (Oerlemans and Klok, 2003). Each of these conditions strongly affect the glacier energy and mass balance. Figure 8 illustrates this for four different summers on Kwadacha Glacier, 2008 to 2011, plotting the seasonal evolution of mean daily net radiation and albedo on the glacier. Net radiation is the sum of all incoming and outgoing shortwave and longwave radiation fluxes,
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for surface albedo αs, emissivity εs, and Stefan-Boltzmann's constant σ. Net radiation is positive during the summer melt season, and increases ~3-fold during the transition from seasonal snow to low-albedo glacier ice. This is the dominant term in the glacier surface energy balance, accounting for roughly 80% of the net energy available for glacier melt in these environments (e.g., Klok and Oerlemans, 2002; Marshall, 2014).
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FIGURE 8. Mean daily net radiation, Q*, at the glacier forefield AWS and the glacier AWS for the (A) 2008, (B) 2009, (C) 2010, and (D) 2011 melt seasons at Kwadacha Glacier. The rapid decrease in mean daily glacier surface albedo, plotted in blue indicates the transition from seasonal snow to exposed glacier ice each summer.


Net radiation from the Kwadacha forefield AWS site provides an interesting comparison with net radiation on the glacier (Figure 8). The AWS records from 2008 and 2009 start in mid-May (Figures 8A,B), when the glacier forefield site was still snow-covered. At these times, net radiation on and off the glacier is nearly identical. The elevation difference between these sites is 335 m, which has a minor and off-setting influence on incoming radiation fluxes. Differences in net radiation between the sites are therefore associated with the albedo and surface temperature, via Stefan-Boltzmann's relation for outgoing longwave radiation in Equation (1). Net radiation increases strongly at the forefield site once it is snow-free, and greatly exceeds the net radiation available on the glacier while the glacier remains snow-covered. On average over the four summers (± 1 standard deviation), net radiation at the forefield site exceeds that on the glacier by 52 ± 39 Wm−2 when there is snow cover at the glacier AWS (Table 2).


Table 2. Mean daily albedo and net radiation, Q*, recorded at the glacier and off-glacier automatic weather stations on Kwadacha Glacier, 2008–2011.
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The opposite is true when glacier ice is exposed; over bare ice, net radiation on the glacier exceeds that in the forefield by 36 ± 24 Wm−2 (Table 2). Counter-intuitively, this means that there is more net radiative energy available on the glacier than in the proglacial environment. This is partially driven by the increase in absorbed shortwave radiation over bare ice. The ice albedo is higher than that of the proglacial environment, however, so this is not the full storey. Surplus energy on the glacier is also due to the fact that the surface temperature cannot exceed the melting point, 0°C. This limits the outgoing longwave radiation to 315 Wm−2 on the glacier, whereas outgoing longwave radiation in the forefield increases as the rock warms up, averaging 353 Wm−2 over the summer.



Summer Snowfall

The net radiation “inversion” on the glacier prevails in the ablation zone, where surface albedo is not much greater than that of the proglacial rock or sediments. This situation temporarily reverses during summer snow events on the glacier (Figure 8, Table 2). For the August snow events on Kwadacha Glacier from 2008 to 2011 (17 days in total), the average daily net radiation is 33 Wm−2, compared with 104 Wm−2 in the glacier forefield and 130 Wm−2 for bare-ice days in late summer. These summer snow events on the glacier, evident in the albedo records in Figures 7, 8, all registered as rainfall in the glacier forefield.

Marshall and Miller (2020) assess the importance of summer snow events on Haig Glacier to total melt-season surface energy and mass balance. The impact varies from year to year, but on average, summer snow events increase the mean summer (JJA) albedo in the upper ablation area by about 0.07, from an estimated snow-free value of 0.48 to the observed mean value of 0.55. This results in a ~15% reduction in total summer melt and runoff. Summer snow events don't tend to involve much accumulation of mass, but their direct impact on albedo is significant to the glacier mass balance (Oerlemans and Klok, 2003). This effect is threatened by the likelihood that summer precipitation events will increasingly shift from snowfall to rainfall on glaciers. For the August snow events on Kwadacha Glacier from 2008 to 2011, the average daily forefield and glacier temperatures were 4.0 and 1.2°C, respectively. This is near the transition from liquid to solid-phase precipitation, where a slight warming will result in a shift from snow to rain on the glacier.



Multi-Decadal Perspective

The long-term evolution of surface albedo and net radiation can be modelled where AWS data or bias-adjusted climate reanalyses are available to drive a model of surface energy and mass balance. As an example, Figure 9 presents a historical reconstruction of mean summer (JJA) surface albedo and net radiation along the central flowline of Kwadacha Glacier, from the upper accumulation area to the terminus. Results are calculated from a surface energy balance model driven by ERA5 climate reanalyses for the period 1950–2020. Figure 9 illustrates the evolution of albedo and net radiation as a function of distance downglacier for the 1950s, 1980s, and 2010s.
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FIGURE 9. Mean summer (JJA) (A) albedo and (B) net radiation, Q*, along the Kwadacha Glacier central flowline for 1950–1960 (blue), 1980–1990 (orange), and 2010–2020, based on surface energy balance modelling from 1950 to 2020. The top of the flowline (x = 0) extends to Mt. Lloyd George, at an elevation of 2,938 m, and the terminus elevation (x = 10.4 km) is ~1,700 m.


The progressive decrease in surface albedo over these decades is evident, driven by the general trend of longer and warmer melt seasons. Averaged over the glacier, surface albedo has a trend of −0.012 per decade and net radiation has a trend of +3.7 W m−2 per decade from 1950 to 2020, i.e., changes of −0.08 and +26 W m−2 over this period. These changes are significant, relative to mean values (± 1σ) of 0.58 ± 0.05 and 72 ± 14 W m−2 from 1950 to 2020. The linear correlation coefficient between time series of mean glacier albedo and net radiation (1950–2020) equals r = −0.98, indicating that interannual variability in net radiation is primarily governed by the albedo. Increases in net radiation over this 71-year period are therefore dominated by the albedo feedback. The decadal-scale decrease in albedo and increase in melt energy is partially associated with the up-glacier propagation of the ablation area and the relatively recent exposure of bare glacier ice at higher elevations. The flowline data from the 2010s illustrate this effect, with the abrupt step at x = 3.2 km. This aligns with the average elevation of the end-of-summer snowline through this decade.

The model results in Figure 9 do not include the potential effects of increased particulate loading or algal activity on the glacier, as these effects have yet to be interactively coupled in glacier mass balance models. The results are just due to the direct climate change effects of a longer and more spatially-extensive bare-ice season, along with a reduction in summer snow events. These direct albedo feedbacks are driving increased mass loss and accelerated glacier retreat (Ebrahimi and Marshall, 2016). Additional albedo reductions due to increased dust loading, wildfire or industrial activity, and algal development may be further hastening the transition from white to grey in some regions.




From White to Blue

Glacier and ice sheet retreat does not always expose bare rock. In polar regions at the ice-ocean interface, the collapse of floating glacier tongues and ice shelves represents a transition from white to blue. Where this is occurring, the loss of floating ice can have significant ecological impacts for local marine environments (e.g., Vincent and Mueller, 2020) and for oceanographic processes associated with ice-ocean interactions (e.g., mixing, stratification, sea ice and iceberg production, sedimentation). Catania et al. (2020) offer an excellent review of marine-terminating outlet glacier processes in Greenland and their ecological and oceanographic significance. Similar dynamics are impacting large sectors of the Antarctic Ice Sheet (e.g., Jenkins et al., 2018; Meredith et al., 2019).

Outlet glacier fluctuations at the ice sheet-ocean margin are complex and not fully understood (Catania et al., 2020). The inland retreat of tidewater glaciers and floating ice tongues causes short-term acceleration of ice sheet flow and higher rates of sea-level rise, as marginal thinning propagates upstream (Price et al., 2011; Catania et al., 2020; King et al., 2020). Following a transition period, however, outlet glacier margins may retreat to inland positions where they are more stable. In the absence of calving losses and marine melting at the ice-ocean interface, outlet glaciers that have lost touch with the ocean will have a more positive mass balance. This is one of the few negative feedbacks associated with glacier retreat processes, although it will require decades to centuries for some of the major outlets of the Greenland Ice Sheet to retreat to a stable terrestrial terminus position. Such a transition may help to reduce the rate and magnitude of sea-level rise from the Greenland Ice Sheet in the coming centuries, but marine-terminating outlet glaciers that have retreated inland will still be susceptible to ongoing atmospheric warming (Aschwanden et al., 2019).

This process of “self-stabilizing” glacier retreat is in fact common for mountain glaciers, which can retract to higher altitudes with less negative mass balance. This is well-manifest in north-facing cirque glaciers that have retreated to a topo-climatic niche where they are relatively stable. This can be thought of as a regime change from negative to neutral or positive mass balance. Glaciers can weather short-term warming through this process, but as in the polar regions, ongoing warming will make it difficult to reach a new and sustainable equilibrium.

In terrestrial environments, glacier retreat often exposes bedrock basins that have been over-deepened by glacial erosion, creating proglacial lakes in the wake of the retreating ice (e.g., Shugar et al., 2020). Proglacial lakes often pose a hazard, due to the risk of outburst floods (Carrivick and Tweed, 2016; Huggel et al., 2020), but they can also serve to moderate the hydrological impacts of diminished glacier ice, by acting as reservoirs to store water and release it slowly through the summer. Ice-marginal proglacial lakes also increase glacier mass loss through calving (Benn et al., 2007; Sakai et al., 2009; Maurer et al., 2016). This is another positive feedback process that can contribute to accelerated glacier mass loss (e.g., King et al., 2019).



From Sublimation to Melting

Meteorological conditions that are favourable to sublimation of snow and ice (high winds, low humidity, sub-zero temperatures) focus available sensible and radiative energy on sublimation rather than melting (e.g., Wagnon et al., 1999; Kaser, 2001; Mölg et al., 2008; MacDonell et al., 2013). Sublimation can serve as an effective energy sink, consuming significant amounts of net energy with minimal mass loss; compared with melting, it requires 8.5 times more energy to sublimate a molecule of ice (Cuffey and Paterson, 2010). This makes sublimation an ineffective ablation mechanism on glaciers, resulting in a more positive mass balance. This is well-documented for high-altitude glaciers in the Himalaya, the tropical Andes, and East Africa (e.g., Mölg et al., 2008; Ayala et al., 2017), and similar processes are important on the Greenland and Antarctic Ice Sheets.

Tropical glaciers spanning a large elevation range commonly experience a gradation in the dominant ablation regime from melting to sublimation as one moves to altitudes above ~5,000 m (e.g., Ayala et al., 2017). Cold and dry conditions that favour sublimation at high altitudes are sensitive to increases in both temperature and atmospheric moisture that are occurring with climate change (Trenberth et al., 2005; Hartmann et al., 2013; Gao et al., 2018; Ho et al., 2018). These changes increase incoming longwave radiation and latent heat flux in glacial environments, and could precipitate a transition from sublimation to melting at high elevations, non-linearly increasing ablation and mass loss. The partitioning of ablation processes between sublimation and melt is critical to glacier response to climate variability and change in high-elevation tropical environments (e.g., MacDonell et al., 2013), and shifts from sublimation to melt have been identified as a potential driving mechanism for glacier retreat on Mt. Kilimanjaro (Thompson et al., 2009) and in the tropical Andes (Réveillet et al., 2020).

Williamson S. et al. (2020) report positive trends in atmospheric humidity as the main manifestation of elevation-dependent climate change in the St. Elias Mountains of Yukon Territory, Canada. Climate reanalyses indicate marked increases in humidity at high elevations in this region, related to moisture advection from the North Pacific. Figure 10 shows an example of this from the pressure-level specific humidity data in the ERA5 grid cell over the Kaskawulsh Glacier field site (cf. Figure 2). Specific humidity at 700 mb (~2,810 m altitude) increased by about 14% from 1950 to 2020 (Figures 10A,B), with the strongest absolute changes in the summer months (JJA) and at the 700-mb level (Figure 10C). As a percentage, annual and summer changes are similar, with an average increase of 1.9% per decade over the pressure levels from 400 to 800 mb plotted in Figures 10B,C. Increases in atmospheric specific humidity reduce humidity gradients at the glacier surface, lowering sublimation rates and the energy sink association with latent heat flux. Together with influences on incoming longwave radiation, this is an important consideration for analyses of elevation-dependent climate change, with potential for non-linear impacts on glacier mass balance.


[image: Figure 10]
FIGURE 10. Specific humidity evolution from 1950 to 2020 in the ERA5 climate reanalysis in the grid cell over the upper Kaskawulsh Glacier, St. Elias Mountains, Yukon. (A) Mean annual specific humidity at the 700-mb level (~2,810 m). (B) Profiles of mean annual and summer (JJA) specific humidity in the 1950s (dashed lines) and the 2010s (solid lines). (C) Specific humidity trends over the period 1950–2020 as a function of pressure-level (altitude) and month.





DISCUSSION


Processes Governing Non-Linear Glacier and Ice Sheet Response to Climate Change

The transitions discussed above are all under way as part of glacier and ice sheet response to climate change, but they are non-contemporaneous in space. There will not be a globally synchronous switch from polythermal to temperate ice masses or from meltwater retention to runoff, net accumulation to ablation, snow to rain, sublimation to melting, or white to grey. These transitions can nonetheless be rapid at any one point, representing a veritable regime shift.

Because these are non-linear, threshold processes, they can be difficult to predict with confidence in numerical models. As an example, the modelled transition from polythermal to temperate firn at Kaskawulsh Glacier in Figure 2 was an unanticipated model result, which may or may not reflect reality. There is temperate, water-saturated firn at 35 m depth at the site at present, discovered during drilling of a firn core in 2018, but the age of this firn aquifer is unknown. The modelling predicts that this developed over the past decade in response to increasing surface melt at the site, with high amounts of meltwater infiltration in 2013 exceeding the refreezing capacity of the firn. This triggered the rapid transition to temperate conditions. The atmospheric warming signal at this site is gradual and subtle, however. Mean annual air temperatures averaged −11.2°C from 1950 to 2020, with a long-term trend of +0.28°C per decade and a mean value of −10.3°C from 2010 to 2020. Mean summer (JJA) temperatures averaged −2.8°C, with a long-term trend of +0.21°C per decade and a mean value of −1.8°C from 2010 to 2020. Conditions in the last decade were therefore only ~1°C warmer than the long-term average. The coupled surface energy balance, firn thermodynamic, and firn hydrological system translated a gradual, linear atmospheric temperature forcing into the strongly non-linear response shown in Figure 2.

Latent heat release at this site is sufficient to produce temperate firn and ice despite mean annual air temperatures of about −10°C, but it is difficult to determine a threshold temperature which can trigger the transition from polythermal to temperate conditions. The regime change at Kaskawulsh Glacier was sudden, but the preconditioning for this transition developed over a number of years. Similar processes are seen in the modelled development of deep temperate firn at DYE-2, Greenland in Figure 5. Firn warming is gradual through the period 2000–2077, though at about twice the rate of the atmospheric warming, until a warm summer with above-average surface melting in 2077 triggers the transition to deep temperate conditions (Figures 5B,C). The years immediately preceding this pre-conditioned DYE-2 for this transition (Figure 5E). Following the transition to deep temperate conditions, air temperatures and melt rates at DYE-2 are high enough to sustain temperate firn.

This transition to temperate conditions at DYE-2 does not occur with the reference climatology of Figure 4, however; it requires significantly (> 40%) higher snow accumulation rates at DYE-2. It is more likely that this site will transition to an ablation area without developing temperate conditions in response to projected climate warming.

Latent heat of refreezing is the main factor that drives the development of temperate conditions and the magnitude of the difference between 10-m firn temperature and mean annual air temperature. In the simulations presented here, this is governed to first order by the amount of melt, and increasing melt rates provide the trigger for temperate firn development. It can develop abruptly and is difficult to reverse because once meltwater infiltrates to depths of >~8–10 m, it is below the depth of the annual winter cold wave. Wet and temperate conditions develop if deep firn has insufficient cold content to refreeze all of the meltwater. It would require sustained climate cooling over many years to restore sub-freezing conditions, limited by time scales of thermal diffusion from the surface. The latent heat release that drives this transition can be suppressed if the seasonal snowpack and near-surface firn do not have sufficient cold content, pore space, and permeability to support meltwater infiltration and refreezing. In particular, the development of thick, near-surface ice layers can inhibit meltwater infiltration (Bezeau et al., 2013; MacFerrin et al., 2019), potentially diverting meltwater to lateral runoff. There are numerous uncertainties in the firn system, particularly meltwater infiltration processes and the formation and permeability of ice layers (van As et al., 2016; Samimi et al., 2020; Vandecrux et al., 2020b).

Non-linear processes in glacier surface energy and mass balance are similarly hard to predict. Temperature strongly modulates multiple feedback processes that contribute to glacier response to climate change, including shifts from snowfall to rainfall, declines in glacier albedo, the magnitude and sign of latent heat fluxes, and the extent of meltwater refreezing. These interact to increase glacier sensitivity to warming beyond the direct effects of increases in sensible and incoming longwave radiation fluxes, which scale with temperature. These interactions help to explain the strong global glacier response to a warming of about 1°C over the past four decades (Marzeion et al., 2014; Hugonnet et al., 2021). Ebrahimi and Marshall (2016) analysed the sensitivity of glacier mass balance to a warming of 1°C at Haig Glacier with and without mass balance feedbacks, using an energy balance model calibrated to observations of glacier melt. For the period 2002–2012, the average summer (JJA) net energy and summer melt at the glacier AWS site were QN = 97 W m−2 and ṁ = 2.32 m w.e. yr−1. A temperature change of +1°C, with feedbacks suppressed, gives ΔQN = 8.3 W m−2 and a 9% increase in summer melt (ṁ = 2.52 m w.e. yr−1). Including humidity and albedo feedbacks in the surface energy balance, a 1°C-warming gives ΔQN = 27 W m−2 and ṁ = 2.97 m w.e. yr−1, a 28% increase in summer melt.

This is consistent with other studies on mid-latitude mountain glaciers, which report a ~30% reduction in net mass balance for a warming of 1°C (Klok and Oerlemans, 2002; Hirose and Marshall, 2013; Huss and Fischer, 2016). Feedbacks increase glacier mass balance sensitivity to a change in temperature by a factor of ~3. This implicitly includes some albedo feedbacks, such as a longer melt season with a greater duration of exposure of low-albedo glacier ice and more frequent summer rain events rather than snowfall as temperatures warm. This estimate does not include the potential effects of inheritance of impurities over many years, which can increase in concentration as meltwater runoff leaves some of the particulate load behind on the glacier surface. Additional albedo reductions that are not captured include the possible influences of increased glacier algal activity, dust loading from recently-deglaciated terrain, or increases in black carbon deposition. At Haig Glacier, for instance, the average long-term bare-ice albedo at the AWS site is 0.21 ± 0.06, but values of ~0.1 were measured for several weeks in August 2017, associated with intense wildfire activity upwind of the glacier (Marshall and Miller, 2020). Mean measured August albedo at the AWS site was 0.15 in 2017, compared with a long-term average of 0.38 (Ebrahimi and Marshall, 2016). This albedo reduction over the month of August equates to an additional melt of 0.38 m w.e., or a 16% increase in total summer runoff. Any additional darkening from increased particulate matter therefore serves to further increase the climate change sensitivity of ice masses.

Other direct consequences of the transition from white to grey or blue (exposed rock, melt ponds, and proglacial lakes) include sensible and radiative heat fluxes from exposed rock and open water. Glacier calving into marginal lakes can further accelerate glacier retreat (Watson et al., 2020). Observed increases in glacier mass loss over the past two decades testify to the current state of disequilibrium (Hugonnet et al., 2021).



Considerations for Glacier-Climate Modelling

Many of the feedback processes of glacier melt and retreat are not well-captured in glacier-climate models, which typically have one-way climate forcing and do not generally simulate the evolving environment (e.g., changes in proglacial terrain, lake development, ice-ocean conditions, transport, and deposition of impurities). Because many of these processes involve positive feedbacks, current model projections may underestimate glacier and ice sheet response to climate change. Process studies to advance understanding and modelling of some of these non-linear glacier mass balance processes can increase confidence in future projections.

It is important to understand mechanisms of elevation-dependent climate change and how these interact with glacier-climate processes on both mountain glaciers and polar ice sheets. Changes in the phase of precipitation with altitude, lapse rates of temperature, specific humidity, and longwave radiation, and overnight meltwater refreezing processes are all important to glacier surface energy balance, and will evolve in poorly-understood ways in response to ongoing climate warming. Coupled evolution of the glacier-climate system and explicit representation of the surface energy balance (vs. temperature index or degree-day melt models) may better capture many of these processes and feedbacks. An Earth-systems approach is also needed to represent the broader evolution of glacier, lake, ocean, and proglacial alpine/tundra environments as glaciers retreat from the landscape. This is important to regional energy fluxes and climate, as well as ecological and hydrological conditions and emerging hazards in deglaciating terrain.

While these processes are non-linear and can result in abrupt regime changes, it is difficult to identify the glaciological or glacio-climatic tipping points with confidence. The evolution from polythermal to temperate conditions and warming of the ice in glaciers and ice sheets may play a significant role in long-term ice-dynamical response to climate change, but the evolution of firn in Greenland and in parts of Antarctica which likely to experience surface melt this century is uncertain. Firn simulations like that shown in Figures 2–5 can be thought of as physically-plausible scenarios rather than predictions. These results are sensitive to uncertain process representations and parameter settings in the firn model, in particular concerning mechanisms of meltwater infiltration, capillary meltwater retention (irreducible water content in the pore space), and ice-layer formation (Samimi et al., 2020). These processes need to be better understood and represented in models before non-linear thresholds within firn temperature evolution and meltwater retention can be reliably predicted.

Ensemble modelling (multiple realisations) spanning a range of parameter space (e.g., Van Pelt et al., 2021) can arguably offer reasonable projections of how firn may evolve in response to climate change. For instance, firn conditions and meltwater runoff to retention ratios for different parts of the Greenland Ice Sheet could be expressed via probability distributions of conditions for the period 2070–2100 for a given climate scenario. This is a reasonable approach to future projections at this time, although averaging within ensemble modelling artificially smooths the projections and make regime changes appear like gradual system responses, rather than the rapid transitions that are expected in nature. Structural uncertainties within firn hydrological process models (Vandecrux et al., 2020b) may also bias ensemble modelling, giving distributions that don't fully represent the range of future conditions.




CONCLUDING THOUGHTS

This review is not comprehensive in its identification of threshold processes and regime changes which glaciers experience as they respond to gradual climate forcing. In particular, several elements of glacier and ice sheet dynamics are non-linear and can either accelerate or help to stabilise glacier retreat. Marine grounding-line and tidewater glacier instabilities are two well-known examples of this, where an unstable state of retreat can be triggered for thinning ice on a reverse bed slope (e.g., Weertman, 1974; Schoof, 2007; Joughin et al., 2014). Climate-driven thinning at the margin of grounded ice masses also steepens glacier slopes, increasing flow rates and advection of ice to the ablation zone (e.g., Huybrechts and De Wolde, 1999; Schäfer et al., 2015), a positive feedback that accelerates mass loss. In other situations, retreating ice masses can stabilise inland or at higher elevations, if the climate permits a glacier to establish a new equilibrium with a neutral rather than negative mass balance.

The transitions from polythermal to temperate firn and ice, from meltwater retention to runoff, from solid to liquid phases of water (i.e., snow to rain; reduced overnight refreezing of meltwater), from bright snow to low-albedo ice surfaces and deglaciated terrain, and from sublimation to melting-dominated ablation at high altitudes all represent regime shifts within the glacier-climate system. These involve non-linear processes that accelerate glacier and ice sheet response to climate change once external forcing passes a particular threshold. Gradual forcing can translate to an abrupt change in system response or behaviour. These regime changes are not intrinsically irreversible, but hysteresis and inertia in the system mean that the original states can be difficult to restore. Latent heat release from meltwater refreezing immediately warms firn and ice (e.g., Figure 2), but thermal diffusion is the only mechanism for cooling and restoring polythermal conditions, on decadal timescales for deep firn. Similarly, glacier and ice sheet surfaces with high concentrations of particulate matter will remain dark until these advect through the system to the glacier margin. Alternatively, climate cooling could allow these surfaces to more effectively covered by reflective snow for a greater proportion of the melt season.

Stabilisation of climate change is not likely to restore polythermal conditions, refresh glacier surfaces, or halt glacier retreat, due to the current state of disequilibrium. Hence, while glaciers and ice sheets are not past a “tipping point” that guarantees their complete disappearance, it will be difficult to stop or reverse their demise in the face of ongoing climate change (e.g., King et al., 2020; Hugonnet et al., 2021). The non-linear feedbacks identified in this discussion are not fully understood or adequately modelled, but are likely to contribute to accelerated glacier and ice sheet response to climate change in the coming decades. Process studies and model development to better represent these processes in Earth system models will enable improved projections of future change and a better representation of the specific climate thresholds that will accelerate such changes.



SUMMARY

Non-linear processes and feedbacks are contributing to the strong sensitivity of glacier and ice sheets to climate warming. This includes a number of threshold processes that can be triggered by a gradual climate forcing, such as regime shifts from polythermal to temperate glacier states and from snowfall to rainfall, sublimation to melting, and meltwater refreezing to runoff. Additional feedback mechanisms that can accelerate glacier mass loss include surface albedo reductions, increased calving losses, and increased heat flux from surrounding deglaciated terrain. These processes are not strictly irreversible but they create inertia in glacier retreat, such that it will be difficult to reverse the current state of disequilibrium in mountain glaciers and polar icefields. Many of the threshold processes involved in glacier-climate regime shifts are not well-understood and are still under development in modelling efforts. This includes meltwater routing and refreezing in firn and glacier systems, physically-based models of glacier surface albedo, and the evolving ice-atmosphere-land surface interactions in mountain and polar landscapes. This article identifies several regime shifts that are contributing to the extreme sensitivity of glaciers to climate change, which need to be better understood and modelled to permit improved projections of glacier change in the coming decades.
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Mean values ( 1 standard deviation) are shown for all days with available summer (JJA) observations from both stations. N is the number of days with observations within each period
and AQ' is the dilference in et radlation on the glacier, relative to the glacier forefield. “Full summer” shows the values for all days, “seasonal snow” shows the subset of days with
seasonal (winter) snow at the glacier AWS, primarily in June and July, “glacier ice” is the subset of days with exposed glacier ice at the glacier AWS, primarily in August, and “August
snow” is for all days when summer snow events transiently covered exposed glacier ice, as recorded at the glacier AWS.
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For Heig and Kwadacha glaciers, the coordinates refer to locations where automatic
weather stations were established on the glacier for mutti-year periods. At Kaskawuish
and DYE-2 these refer to the locations of fim cores and fim hydrology process studies.
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