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Meltwater refreezing and storage in the supraglacial snowpack can reduce and delay meltwater runoff from glaciers. These are well-established processes in polar environments, but the importance of meltwater refreezing and the efficiency of meltwater drainage are uncertain on temperate alpine glaciers. To examine these processes and quantify their importance on a mid-latitude mountain glacier, we measured the temperature and meltwater content in the upper 50 cm of the supraglacial snowpack of Haig Glacier in the Canadian Rocky Mountains. Thermistors and Time Domain Reflectometry (TDR) probes were installed at 10-cm intervals at two sites in the glacier accumulation area from May to September, 2015. A Denoth meter was used to make point measurements for comparison with the TDR inferences of snowpack dielectric properties. These data are supplemented by automatic weather station data, used to calculate surface melt rates and drive a model of subsurface temperature, refreezing, and drainage. We observed a strong diurnal cycle in snow water content throughout the summer melt season, but subsurface refreezing was only significant in May; after this, overnight refreezing was restricted to a thin surface layer of the snowpack. Overnight decreases in water content after May are associated with meltwater percolation and drainage. There was negligible meltwater retention in the snow on a daily basis, but the refrozen water does represent an “energy sink,” with 10–15% of the available melt energy diverted to melting refrozen meltwater. This reduces the total meltwater runoff from the site, even though no meltwater is retained in the system.

Keywords: meltwater retention, TDR, temperate glacier, hydraulic conductivity, snow water content, glacier hydrology, canadian rockies, refreezing

INTRODUCTION

Glacier meltwater represents a significant water resource in many of the world's mountain regions (e.g., Huss, 2011; Jost et al., 2012; Mark et al., 2015; Soruco et al., 2015). Mountain glaciers act as short- and long-term water reservoirs, retaining snow cover throughout the year and storing this as firn and ice on timescales of decades to centuries. This storage reservoir can be tapped in warm, dry periods, when the seasonal snowpack is depleted and water supplied by rainfall and snow melt may not be available to provide a vital source of water for mountain rivers, maintaining minimum flows (Fountain and Tangborn, 1985; Jansson et al., 2003) and regulating stream temperatures (Moore et al., 2009).

Estimates of glacier contributions to streamflow commonly assume that 100% of surface melt runs off of the glacier, contributing to river flows with minimal delays (e.g., Huss, 2011; Marshall et al., 2011). In some situations, it may be valid to assume that glacier melt contributes to downstream flow with negligible storage or losses, such that total monthly melt can be compared with the monthly runoff. However, meltwater runoff is subject to delays and storage within the subglacial, englacial, and supraglacial systems, particularly during the early melt season (Willis et al., 2002) when meltwater is stored in the pore space of seasonal snow and firn (Fountain, 1996; Fountain and Walder, 1998; Schneider, 2000). Meltwater can also be stored as a layer of slush on top of the impermeable ice (e.g., Koenig et al., 2014).

The importance of these processes in temperate mountain glaciers is uncertain. Temperate mountain glaciers are commonly steep and are efficiently drained from mid- to late-summer, with well-developed channel systems that deliver meltwater to proglacial streams in a matter of hours (e.g., Shea et al., 2005).

The winter snowpack and firn aquifer can store large quantities of water (Östling and Hooke, 1986; Fountain and Walder, 1998; Schneider, 2000; Koenig et al., 2014). For instance, 10 meters of snow and firn with a 5% water content by volume equates to 500 mm of water, which is a significant fraction of summer melt in the accumulation area of most temperate mountain glaciers. If this aquifer is recharged each summer, this can represent a delay in meltwater runoff from the glacier system with a timescale of weeks to months. Hydrological models of glaciers need to include these processes of meltwater refreezing and storage in the snow and firn, to better represent the timing of glacier contributions to streamflow.

With the acknowledged importance of meltwater percolation, storage, and refreezing in glacier mass and energy balance (e.g., Pfeffer et al., 1991; Schneider and Jansson, 2004; Reijmer et al., 2012), extensive recent effort has gone into methods to measure and model these processes in snow and firn. Direct measurements of snow liquid water content are rare in glacier studies, but point measurements have been made using capacitance plates (Denoth, 1994) or other means to infer water content from the dielectric permittivity, such as snow forks (e.g., Pfeffer and Humphrey, 1998), and these methods appear sensitive enough to infer volumetric water content changes of ~1% in snow (Techel and Pielmeier, 2011). Upward-looking radar systems are now being used to continuously monitor meltwater percolation, after successful introduction of this technology in snow avalanche and snow hydrology applications (e.g., Heilig et al., 2009, 2015; Mitterer et al., 2011b; Schmid et al., 2014).

Models of meltwater percolation processes, including preferential flow, are also improving rapidly, particularly within SNOWPACK (Hirashima et al., 2010; Mitterer et al., 2011a,b; Wever et al., 2015). For glacier and ice sheet applications, coupled energy balance and snow/firn hydrology models have also been developed to quantify the effects of meltwater refreezing and retention on glacier mass balance (e.g., Van Pelt et al., 2012; Reijmer et al., 2012). In situ data are still needed to calibrate and evaluate these models, and to address the complexities of preferential flow paths in layered and cold snowpacks (e.g., piping, sills). Drainage and refreezing processes are probably simpler in the case of temperate mountain glaciers, but this has not been thoroughly considered. Our main objective here is to quantify the potential importance of meltwater refreezing and retention for a mid-latitude mountain glacier.

Meltwater refreezing can also be important to the glacier energy and mass balance, with the potential for overnight refreezing to reduce seasonal runoff. When meltwater that is in the surface snow or is pooled on the glacier surface refreezes overnight or due to a cold-weather system, it consumes energy to re-warm and re-melt this ice once the surface energy balance returns to a positive state. Where this happens every night, this can lead to “recycling” of meltwater, with energy being used to melt the same water several times, and projected glacier meltwater production will exceed the actual runoff. This process has been posited to be significant for mountains glaciers (Marshall, 2014), but it is unknown whether it is important to total summer runoff and mass balance.

Here we report on measurements of meltwater percolation, storage, and refreezing in the supraglacial snowpack of Haig Glacier in the Canadian Rocky Mountains. We used Time Domain Reflectometry (TDR) and thermistor probes to measure water content of the upper 50 cm of the surface snowpack at two sites on the upper glacier from May through September, 2015. In conjunction with automatic weather station (AWS) data and a model of surface energy balance and melt, we examine meltwater storage, refreezing and drainage within the snowpack, and the implications for the surface energy balance and glacier runoff.

The paper is organized as follows: Section Methods provides details of the field site, instrumentation, measurement protocols, and a brief review of TDR applications to measure soil and snow water content. We provide some detail because, to our knowledge, automatically-recording TDR probes have not previously been used to monitor snow or firn hydrology on glaciers. Section Results presents our results and Section Discussion discusses the broader implication of our measurements, methods, and findings.

METHODS

Field Site

Haig Glacier (50°43′'N, 115°18′'W) is a small mountain glacier located approximately 100 km southwest of Calgary, Alberta in the Canadian Rocky Mountains (Figure 1). It is the main outlet of a small icefield that lies on the continental divide. The central flowline is 2.7 km in length, with an elevation range from 2435 to 2840 m, and the median elevation of the glacier is 2662 m. Glaciological and meteorological studies on Haig Glacier were established in August 2000 and more details on the energy and mass balance regime are given in Marshall (2014).
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FIGURE 1. Map of Haig Glacier, Canadian Rocky Mountains, indicating the weather station (AWS), forefield weather station (FFAWS), and TDR sites used in this study. TDR1 is at an elevation of 2700 m and TDR2 is at 2820 m.



The glacier is influenced by a mixture of continental and Pacific climates. The melt season at this site usually runs from May until September, with intermittent snow and freeze-up events throughout the summer. Average winter snow accumulation on the upper glacier was 1700 mm water equivalent (w.e.) from 2002 to 2013, and the average glacier accumulation over this period was 1360 mm w.e. (Marshall, 2014). Summer mass balance averaged −2350 mm w.e. from 2002 to 2013. Of the summer runoff, an average of 42% was derived from firn and ice and 58% comes from seasonal snow melt. Glacier mass balance data reported by Marshall (2014) show net mass balance has been negative every year since the Haig Glacier study was initiated in 2000, with an average value of −960 mm w.e. per year from 2002 to 2013. The glacier accumulation area is shrinking, with complete loss of the winter snowpack on six summers since 2000, but some firn still remains above an elevation of about 2720 m.

TDR Methods

To monitor meltwater retention and refreezing in the supraglacial snowpack, we installed TDR probes on the upper glacier in summer 2015. TDR is a method of measuring water content and electrical conductivity based on relative permittivity (dielectric constant) of water, and is a well-established tool in soil hydrology studies. This method was applied to measure soil water content by Topp et al. (1980). Here we applied TDR to snow with only two modifications: we change the window for collecting the waveforms in the datalogger program, and equations specific to snow are needed to relate dielectric to snow water content.

With TDR probes, electromagnetic charges (EM waves) are sent along a conductive rod with length L. The probe contains three parallel metal rods that are inserted in the snow. The two-way travel time, t, is measured to determine how long it takes for the wave to reflect back from the end of the rod, a distance 2L. Propagation velocity v = 2L/t. Snow is a dielectric medium, which allows no net flow of electric charge but experiences a displacement of charges in response to the imposed electric field. This affects the propagation velocity of the wave in the snow, particularly in the presence of liquid water. Wave speed decreases in proportion to the relative permittivity of the snow surrounding the probe, εs, following v = c/ εs 1/2 (e.g., Topp and Davis, 1985). Here c = 3 × 108 m s−1 is the speed of light, the propagation velocity of electro-magnetic waves in a vacuum.

Snow is a porous medium that is made up of a mixture of ice, air, and liquid water. The dielectric properties of snow vary because the dielectric permittivity of air, ice, and water differ markedly: εa = 1, εi = 3.2, and εw = 80. Hence, the dielectric permittivity of snow increases strongly with liquid water content, making εs a sensitive indicator of snow moisture. For porosity q and volumetric liquid water fraction θw, the bulk density of the snow is
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Where ρi is the density of ice crystals in the snow matrix and ρa and ρw are the densities of air and water. The dry density, ρd, is calculated from Equation (1) when θw = 0. When the snow is dry (e.g., on our first field visit in May), ρs = ρd and this can be measured directly. When the snow is wet, an estimate of θw is needed to calculate dry density from field measurements of ρs. Snow density and water content both influence dielectric permittivity because solid and liquid water molecules are polarized in the presence of an electric field, and a greater mass of these molecules creates more polarization and a higher relative permittivity.

Measured dielectric permittivity needs to be converted to water content based on a dielectric mixing model. There are different approaches for this. Empirical equations that relate TDR-derived dielectric permittivity to liquid water content have been developed for soils (e.g., Topp et al., 1980; Ledieu et al., 1986), but these are not appropriate for snow or firn. Tiuri et al. (1984) introduce empirical equations that relate the dielectric permittivity to dry snow density and snow water content. Stein et al. (1997) and Schneebeli et al. (1998) discuss the application of TDR probes in snow. Several studies employ the Looyenga mixing model (Looyenga, 1965) to relate dielectric permittivity to water content in firn and ice (e.g., Macheret et al., 1993; Murray et al., 2000; Van Pelt et al., 2014; Christianson et al., 2015). The Looyenga mixing model estimates water content as a function of the dry density, following:

[image: image]

and
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To apply Equation (3), es is measured by the TDR and ed is calculated from Equation (2), using the dry density based on snow density measurements and Equation (1). This requires an estimate of water content in Equation (1); we base this on the coincident field measurements of snow density and the TDR-inferred θw, so the calculation is iterative, but dry density estimates are not strongly sensitive to small variations in θw. Variables εw, εi and ρi are constants.

As an alternative to the Looyenga model, we also consider a linear mixing model that is based on the volume-averaged index of refraction (Birchak et al., 1974), following
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Recent snow radar studies (e.g., Heilig et al., 2015) also apply an exponent of 0.5 in the dielectric mixing model. This relation more directly relates to the volume-averaged wave velocity that is measured by the TDR, which is a function of εs 1/2 (Birchak et al., 1974). To evaluate which model works better, we compare the estimates of θw from Equation (3, 4) with measurements from a Denoth meter (Denoth, 1994), a capacitance sensor that is commonly used for snow moisture measurements. This is an analog sensor, so comparisons are limited to point measurements that were done on two site visits in summer 2015. Data from the Denoth meter were collected every 2 h in snow layers beside the TDR sensors.

Field Experiment Design

Four TDR probes were installed in the upper 50 cm of the seasonal snowpack in the accumulation area of the Haig glacier, 10 cm vertically apart from each other to monitor the vertical movement of percolated melt water. Beside each probe we installed a thermistor to monitor the temperature in the snowpack. The study sites are indicated in Figures 1, 2 shows an example of the field setup. TDR pits were filled up with snow once the probes were installed. The data logger recorded the data every 30 min and it was collected every 3–4 weeks. Site visits and details of the TDR installation are given in Table 1. Our first visit was in mid-May, prior to the onset of meltwater runoff. Snow pits were dug to the previous summer surface at sites TDR1 and TDR2 and sampled every 10 cm for density with a 100-cc box-cutter snow sampler. The snowpack was isothermal. Snow depths at sites TDR1 and TDR2 were 302 and 356 cm, respectively, with snow-water equivalents of 1270 and 1450 mm. The average snow density at TDR1 was 420 kg m−3 in May, and 450 kg m−3 in the upper 50 cm. Corresponding May values at site TDR2 were 410 and 460 kg m−3.
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FIGURE 2. Photograph of the TDR field setup. TDR sensors and thermistors were installed with 10-cm spacing in the upper 50 cm of the snowpack. A Denoth meter was used to make point measurements for comparison with the TDR.




Table 1. Field visits and TDR setup, summer 2015.

[image: image]



The TDR probes and thermistors melted out over a few days after each installation, so the data are only valid for 2–8 days after we left the field, depending on the melt rates. On each visit we dug a new pit, reinstalled the probes, and measured the snow densities in each 10-cm layer. Haig Glacier experienced an extreme melt year in 2015 and lost all of its winter snowpack by the second week of August. The snow at our initial study site, TDR1, was gone on July 21, so in our late-July visit we relocated to site TDR2, where about 60 cm of snow remained. Firn was exposed at site TDR2 at the time of our August visit. We could not dig into the firn, so probes were inserted vertically, all sampling the upper 30-cm of the firn. There were 20 cm of fresh snow at the time of instrument takedown and removal on Sept 21.

An automatic weather station (AWS) was installed at site TDR1 from May 12-September 21. Table 2 lists the instruments mounted on the AWS and in the TDR pits. AWS data are used to monitor the snow-surface height, which indicates the time of melt-out for the sensors, and also as input to a model of surface energy balance. The net energy at the glacier surface is a function of the energy fluxes at the surface-atmosphere interface,
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Where QS is the incoming shortwave radiation, α is the surface albedo, [image: image] and [image: image] are the incoming and outgoing longwave radiation, QH and QE are the sensible and latent heat fluxes, Qc is the conductive heat flux from the snow/ice to the surface. All energy fluxes have units W m−2. Radiation fluxes are measured directly. The turbulent fluxes are modeled using a bulk aerodynamic approach that uses AWS temperature, humidity, and wind speed (Marshall 2014), and the conductive heat flux is modeled using a multi-layered subsurface snow/firn/ice model to 10-m depth (Ebrahimi and Marshall, 2016). This is the approximate depth of penetration of the annual temperature wave (Cuffey and Paterson, 2010).


Table 2. Sensors installed on the automatic weather station (AWS) and in the TDR pits in summer 2015.
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When QN is positive and the surface temperature is below 0°C, net energy goes to heating the surface layer of the snow/ice, a 10-cm layer within the subsurface model. If the surface is at 0°C, positive net energy goes to melting, following
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Where m is the melt rate (m s−1), and Lf is the latent heat of fusion. If net energy is negative, any liquid water that is present will refreeze and then the surface layer will cool.

The surface energy balance is a boundary condition for the subsurface model, which describes the coupled snow thermodynamics and hydrology. Subsurface temperatures are modeled as a function of heat conduction and meltwater refreezing, following
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Where ρs, cs, and kt are the density, heat capacity, and thermal conductivity of the subsurface snow, firn, or ice and φt(z) is a local source term that accounts for latent heat of refreezing,
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The refreezing rate ṙ has units m s−1, φt has units W m−3, and Δz is the thickness of the layer in which the meltwater refreezes.

Refreezing is calculated within the subsurface thermal model. We track the volumetric liquid water fraction, θw, in the snow/firn pore space, and if conductive energy loss occurs in a subsurface layer where liquid water is present, this energy is diverted to latent enthalpy of freezing, rather than cooling the snow. Temperatures cannot drop below 0°C until θw = 0. Liquid water is converted to ice in the subsurface layer.

The surface energy balance in Equation (5) also gives melt totals every 30 min, which are used in conjunction with the TDR data to examine meltwater drainage and storage in the upper 50 cm of the snowpack. To calculate the meltwater drainage fluxes at each depth, z, we use a simple model of water balance based on the change in measured water content, assuming that the surface meltwater percolates locally. We did not account for rainfall, although this is a potentially important contribution to the snow water content at times. There were no rain events during the data intervals that we analyse here.

For snow layers with thickness Δz and with θw expressed as the fractional water content, the amount of water in a given layer is equal to θw Δz. In our study Δz = 0.1 m and the water content θw Δz can be expressed in meters. Define the meltwater percolation rate to be qw and a local ϑw refreezing rate ṙ, as above, each with units m s−1. The local water balance in each subsurface layer is then:
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where, and qwu and qwl refer to the meltwater flux into (upper boundary) and out of (lower boundary) the layer and any water that refreezes is distributed over the layer Δz. We assume that all meltwater flow is vertical (gravitational drainage with no horizontal advection), such that the flux divergence in Equation (9) can be calculated from the vertical derivative.

Meltwater fluxes are estimated by solving Equation (9), given independent estimates of the snow water content (from the TDR measurements) and internal refreezing. The flux into the top layer is equal to the melt rate, modeled from Equation (6). At all layer boundaries below this, qw is calculated from Equation (9), using measured value of dθw/dt and model estimates of ϑw in each layer. Refreezing is calculated within the subsurface model; if there is an energy deficit in a layer, available liquid water will freeze before the subsurface layer can cool below 0°C. This drainage model is used to characterize percolation timescales and the effective hydraulic conductivity of the snowpack.

RESULTS

AWS data for the summer are plotted in Figure 3, to give a quantitative sense of the summer weather. Air temperatures fluctuated around 0°C during mid-May, but mostly stayed above the melting point, even overnight, from June through August (JJA) (Figure 3A). The average JJA temperature was 6.0°C, compared to a normal of 4.7°C at this altitude on the glacier (2002–2014). All JJA days, and 122 out of 131 days for the whole period, had maximum temperatures above 0°C. In contrast, only 20 out of 92 JJA days saw minimum temperatures below 0°C.
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FIGURE 3. Meteorological observations at the Haig Glacier AWS site, May 13-Sept 21, 2015. (A) Air temperature, 30-min (dark blue) and daily mean (light blue). (B) Net shortwave radiation (orange) and daily mean albedo (green). (C) modeled melt, hourly (dark blue), and daily total (brown). (D) SR50 snow/ice surface height. Negative values indicate glacier ice ablation.



The warm temperatures and sunny conditions (Figure 3B) drove high melt rates, with a positive feedback from a below-normal surface albedo (green line in Figure 3B). Albedo was low due to the early exposure of glacier ice as well as a heavy layer of impurities from forest-fire fallout; the warm, dry weather also made for a strong fire season in British Columbia, upwind of Haig Glacier, and this darkened the glacier surface. The average JJA albedo at site TDR1 was 0.46, and the bare-ice value through late July and August was 0.11. Albedo was temporarily refreshed by intermittent summer snow events through this period, which effectively shut down the melt for 1–2 days (Figure 3C).

The melt season on the upper glacier ended abruptly around August 31, with new snow arriving and persisting in the upper accumulation area. Small amounts of melting continued during warm intervals in September, but restricted to the new snow at the AWS site. Despite this relatively early onset of winter, cumulative ablation at the AWS site was about 5 m (Figure 3D), or 2700 mm w.e. Net mass balance at the site was −1470 mm w.e. and the glacier-wide value for 2014–2015 was about −2200 mm w.e.

The complete loss of snow and the warm conditions in the accumulation area made for an interesting summer, if not ideal for examining meltwater refreezing and storage in the snow. Analysis of our TDR data therefore concentrates on the spring and early summer. On the positive side, the warm summer and high melt rates provide a good example of meltwater drainage and refreezing processes under these conditions.

Denoth-meter data collected on the June and July visits confirms that the TDR is reliably measuring water content, but with uncertainty in the relation between dielectric permittivity and snow water content. Figure 4A plots θw values at 10-cm depth from the Denoth meter and the two TDR mixing models that we apply, Equations (3, 4), for a series of bi-hourly measurements from July 7 to 9. The three methods show the same diurnal cycle, but Equation (4) gives us a closer match to the Denoth meter. The Looyenga mixing model give a 4% higher volumetric water content than the other two methods. The full set of TDR vs. Denoth data is plotted in Figure 4B. There is considerable scatter but the Birchak mixing model, Equation (4), is generally closer to the Denoth-meter readings and gives lower values of θw, more in accord with values reported elsewhere for melting snow (e.g., Kawashima et al., 1993; Niang et al., 2006). Based on this comparison, we use the linear mixing model to estimate θw from the TDR data for our analyses.
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FIGURE 4. Comparison of volumetric water content, θw, derived from a Denoth meter vs. the TDR probes. Water volume with the TDR probes is calculated from the measured dielectric coefficient using a linear (blue) and Layoonga (red) mixing models. (A) Temporal evolution of snow water content at 10-cm depth below the surface. (B) Available Denoth-meter data vs. TDR-derived θw values from site visits on July 7–8 and July 30–31.



TDR Results

There are strong diurnal cycles in temperature during the early melt season, with overnight temperatures dropping below 0°C (Figure 3A). Figure 5 gives a detailed view of air temperature, net energy (Equation 5), and the subsurface thermistor and TDR data for the period May 16–23. Melt rates were relatively low during this period, up to 20 mm w.e. d−1 (Figure 3C), and sensors were installed from 20 to 50 cm depth, so data remain valid for more than a week before the top sensor melted out. There were clear-sky conditions from May 18 to 23, evident in the shortwave radiation record (Figure 5B), and this drove strong overnight cooling (Figure 5A). Net energy was negative overnight during this period (Figure 5B) and the snowpack refroze to between 30 and 40 cm depth (Figure 5C). The top two thermistors recorded minimum temperatures of about −5 and −3°C overnight, and later in this week the lower two thermistors also registered sub-freezing temperatures. By this point, after May 21, more than 10 cm of ablation had occurred and these two sensors were within 40 cm of the surface.
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FIGURE 5. Meteorological and snowpack conditions from May 15-22, 2015. (A) Air temperature, °C. (B) Net shortwave radiation (orange) and net energy (gray), W m−2. (C) Snow temperatures (°C) and (D) TDR-derived water content (%) at 20, 30, 40, and 50 cm depth.



The TDR data (Figure 5D) show diurnal cycles, in good accord with the temperature data and net energy, with water content between 1 and 5%. There are overnight minima and daytime maxima in snow water content, but with some lags relative to the shortwave radiation and net energy. The lowest values of θw are recorded in the early morning, ca. 06:00–09:00, followed by a rapid rise and mid-afternoon peak in θw around 15:00–16:00. This is consistent with overnight refreezing, as indicated by the thermistors, followed by shortwave-driven thawing and surface melting during the day. The overnight phase change in the snowpack has some inertia. Delays in the freezing-front migration to depth are also clear in the thermistor data. The deepest thermistor/TDR pair, at 50 cm, have different behavior through this period, remaining at 0°C for most of this time with only small diurnal cycles in θw. Water content remains near 4%, and only starts to drop below this as the sensor depth shoals over the last 2 days.

TDR-inferred water content does not drop to 0 as should be the case with deep overnight refreezing. We attribute this to errors in the TDR measurements and in our equations that relate water content to the measured dielectric permittivity. Results indicate an uncertainty of ~2% in the measurements, with a positive bias; this bias is about two times higher with the Looyenga mixing model. Similar results are reported by Pfeffer and Humphrey (1998) with snow-fork based snow water content measurements in Greenland: liquid water contents of 2–3% at sub-freezing temperatures. This implies a potential positive bias in the sensor, at least at low water contents. In soil studies, Jones et al. (2002) report an uncertainty of 1–2% in TDR-based water content estimates. In contrast, Schneebeli et al. (1998) document no evidence of a systematic bias in comparisons of TDR results with Denoth meter measurements in snow.

Figure 6 plots comparable data for the full study period, illustrating the seasonal evolution of the net energy, melt rates, and snow water content. The time scale is not continuous, as we have only 2–8 days of valid data following each site visit/station reset. Thermistor data indicate that they rarely drop below 0°C following the May visit; the snowpack remained at the melting point subsequent to May, although a thin refrozen surface crust set up overnight during all of our site visits.
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FIGURE 6. (A) TDR-derived snow water content in the upper 50 cm of the seasonal snow and firn and (B–E) weather conditions over the five study periods, summer 2015. (B) Air (dark blue) and snow temperatures, °C. Thermistor depths and colors are the same as in (A). (C) Net shortwave radiation (orange) and net energy (gray), W m−2. (D) Modelled melt rates, mm h−1. (E) Snow surface height (m). Negative values indicate ice ablation.



Snow water content varies from 0 to 10% in the main summer melt season, June through August, with strong diurnal cycles throughout the record, at all depths. Daytime values are typically in the range of 5–7%. Based on the thermistor data and shallow snow pits that we excavated during our visits, there is no evidence of overnight refreezing through this period. The diurnal cycles are driven instead by strong daytime melting and overnight drainage, once the meltwater is reduced or shut off for the night. The lowest water content tends to be near the surface, with θw increasing with depth, although this is not always the case. The deepest sensor in the August data (40 cm; red line in Figure 6A) records less water content than the sensors at 20–30 cm, but this is an exception in our data. Overnight water content in summer is around 4%. This probably corresponds to irreducible water content being held by capillary forces in snow pack.

During the July visit, only about 50 cm of snow remained at site TDR1 and there was a 10-cm thick layer of water at the base of the snowpack, visible in Figure 2. This water ponded at the ice-snow interface as a result of the impermeable glacier ice and a low slope at our study site, ca. 3°, which limits down glacier supraglacial drainage when there is still snow present. This layer of pure water and the overlying slush caused problems for our lowest TDR sensor, at 40 cm; it reported off-scale and no data are available from this sensor, so it is not plotted in Figure 6A. Our program for the TDR time window and waveform probably did not extend to high enough water contents to allow for useful data. Sensor 3, at 30 cm, also gave off-scale readings after two days. Sensor 1, at 10 cm, drops to 0 on July 12, at which time it has melted out and is lying on the snow surface. Sensor 2 follows suit the next day. The same behavior is seen in the August data.

While the sensors are in place, discharge at each level can be modeled through the local water balance, following Equation (9). Results of this simple drainage calculation are shown in Figure 7 for the periods where all four sensors were operational. Drainage is calculated every 30 min and expressed in units of mm h−1. The plots show both total melt (Equation 6) and the drainage (melt minus refreezing).
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FIGURE 7. Modelled meltwater production and measured drainage for the TDR study periods in summer 2015.



In May there is a lag between the melt and drainage and drainage is always less than the total melt. This is consistent with the observed refreezing during the night and the partitioning of positive net energy between warming the snowpack and generating meltwater at the surface. When net energy becomes positive in the morning, it takes several hours to warm up and thaw the near-surface ice layers in the snowpack. Drainage peaks several hours after the peak melt, and continues overnight after the surface meltwater shuts off. By mid-summer all the meltwater is draining with little lag, which indicates negligible storage. Drainage in May is about 2 mm h−1, increasing to 10–12 mm h−1 in July and August.

To better quantify the delays in drainage, we calculate the lagged correlation between melt and drainage at each depth. Figure 8 plots the correlation results for lags of up to 8 h in May, June, and August, the time periods shown in Figure 7. In the top two layers (upper 20 cm), the maximum correlation is at a lag of 1 h in each case, which indicates that the meltwater is flushing through quickly. At depths of 30 to 50 cm, the maximum correlation increases to 3–4 h in May. Lags also increase with depth in June and August, but the correlations are stronger and the lag is reduced to 1 h in August. This indicates more rapid drainage and a tight coupling between the melt rates and drainage in the upper 40 cm of the snowpack. Unlike in May, there is negligible storage on hourly time scales.
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FIGURE 8. Lag in surface meltwater production vs. drainage at different depths.



DISCUSSION

Uncertainties

There are several sources of uncertainty in the data and the model applied to infer water content from the measured dielectric. The TDR probes need to be well-coupled with the snow for a clean signal, and this may not always be the case, particularly as the snow becomes very wet. Snow density measurements and the associated porosity inferences have some uncertainty, as do all of the meteorological data that drive the melt model. The surface energy balance calculations require assumptions about the turbulent heat transfer (e.g., stability, surface roughness values). We neglect rainfall in this study, but we were at the site during the observation periods (e.g., Figure 6), and are confident that there was no rainfall during these periods. However, a more complete model should include liquid precipitation along with meltwater as a water source at the upper boundary in Equation (9).

The largest source of uncertainty is associated with conversion of the measured dielectric permittivity to θw. The Birchak et al. (1974) mixing model gives better estimates of θw than the Looyenga (1965) model with our data, but we still see θw values of ~2% when the near-surface snow was clearly refrozen, with temperatures of −5°C. This implies an uncertainty of about 2%, but also a potential positive bias in the measurements and/or mixing model. We are not certain about why the Looyenga model gives such high numbers. It has been successfully applied to saturated firn and ice (e.g., Macheret et al., 1993; Murray et al., 2000; Christianson et al., 2015) and snow (Niang et al., 2006). It may be that the geometry of water in the unsaturated pore space is inconsistent with the assumption of spherically-packed inclusions in the Looyenga mixing model.

Our comparisons with the Denoth meter assume no horizontal variations in snow-water content, such that we can compare adjacent measurements. The snow was highly homogeneous during our field work, so this may not be problematic.

Perhaps more critical is the implicit assumption that the TDR measurements are not impacted by excavating the snow pit. The snow pits were filled in after the sensors were installed, but this is still a disrupted environment, potentially favorable to surface water infiltration. The TDR probes are 30 cm long and they were inserted in the shaded wall, so they are sampling undisturbed snow. The overlying snow was also left undisturbed. Because slopes are low at this site, we assume purely vertical percolation of the meltwater (i.e., no horizontal advection), and we also did not witness any surface water flow at the two TDR sites. Meltwater drainage was through local gravitational percolation, with no visible piping, channeling, or preferential pathways. For these reasons, we don't believe that the snow being sampled by the TDR probes was influenced by the snow pit or aberrant hydrological behavior.

Implications for Supraglacial Hydrology and Glacier Mass Balance

The TDR data give an insightful representation of meltwater percolation and drainage in the supraglacial snowpack and its evolution through the summer melt season. Infiltration and drainage through the isothermal snow pack are fast processes, with percolation speeds of order 1–10 mm h−1 (Figure 7). The time lag for the meltwater wave to propagate through the upper 50 cm of the snowpack is up to a 4 h in the early melt season and 1–2 h in July and August (Figure 8). The higher lags in May are associated with overnight refreezing of the meltwater in the upper 40 cm of the snowpack. Over a 24-h timescale, all of the meltwater drains, even in the early melt season. Within the uncertainty of our measurements, we see no evidence of meltwater storage in the upper 50 cm of the snowpack on daily to seasonal timescales, after initial wetting of the snowpack.

We model the meltwater drainage as Darcian flow, with hydraulic conductivity kh and hydraulic head h = z. For gravitational drainage in this case, kh = qw. Our measured drainage rates give effective hydraulic conductivities of 3 × 10−7 m s−1 in May and 3 × 10−6 m s−1 July. The snowpack is unsaturated and these are not necessarily limiting values; they are set by the melt rates, and flow rates higher than this could possibly be accommodated. These values are low relative to firn estimates of 1–5 × 10−5 m s−1 in the review of Fountain and Walder (1998). However, our values are consistent with the saturated permeability value of κS ~2 × 10−9 m2 reported by Colbeck and Anderson (1982) for snow with a density of 500 kg m −3. This corresponds to a saturated hydraulic conductivity of kS ~10−2 m s−1. Applying the equations of Hirashima et al. (2010) for unsaturated water flow in snow, the corresponding unsaturated hydraulic conductivity is kh ~ 3 × 10−6 m s−1, in accord with our summer data.

Continuous measurements of snow water content and meltwater percolation in mountain snowpacks over the spring melt season are available from impedance sensors (Mitterer et al., 2011a) and upward-looking radar (Heilig et al., 2015; Wever et al., 2015), supplemented by lysimeter measurements of drainage at the base of the snowpack. These studies offer additional insight into wetting front propagation and drainage timescales, although hydraulic conductivities are not reported. Drainage rates reported by Mitterer et al. (2011a) reach 40 mm d−1 in late May, through a 1–1.5 m snowpack, corresponding to an effective hydraulic conductivity of 5 × 10−7 m s−1. Similarly, snowpack drainage rates of ~4 mm h−1 in Wever et al. (2015) and up to 60 mm d−1 in Heilig et al. (2015) equate to snowpack-integrated hydraulic conductivities of 10−6 and 7 × 10−7 m s−1, respectively. These values are consistent with our data and may also be minimum values, reflecting the ability of the ripened summer snowpack to transport all of the meltwater that is generated at the surface.

Our diurnal cycles of snow water content are similar to those in Mitterer et al. (2011a), who record daily θw variations between 4 to 8%. This suggests an irreducible water content of 4%, with daytime increases in pore water and drainage on a timescale of hours, giving complete overnight drainage. In contrast, Heilig et al. (2015) report lower values of θw (typically 2–4%) and more muted diurnal cycles, with an amplitude of 1–2%. Modeling of water drainage with SNOWPACK within these studies considering different formulations for meltwater percolation in mountain snowpacks, such that hydraulic conductivity is a function of numerous variables such as snow grain size and density, with no single value reported. Our results appear to be in accord with these previous observational and modeling studies of isothermal alpine snowpacks.

If we assume the snowpack to be homogeneous, such that percolation processes and the effective hydraulic conductivity are uniform with depth, these values imply that meltwater drains through the full summer snowpack to the firn or ice interface in less than a day. While we do not have deep sensors to confirm this, the summer snowpack, once temperate, has uniform density (constant within measurement uncertainty), with coarse, rounded grains and no layered structure, akin to the summer snowpack conditions reported by Wever et al. (2015). Hence, the upper 50 cm of the snowpack is likely representative. This is untrue in the early melt season, when the snowpack is still cold and there is strong overnight refreezing, but after mid-May during our study the snowpack was wetted, and there was negligible meltwater retention at our site. Meltwater can still be delayed and stored in the firn or in the englacial and subglacial systems, so we cannot make conclusions about meltwater retention in the full glacier hydrological system.

Figure 9 plots the predictions of a meltwater drainage model through the full melt season at the AWS site, based on Darcian drainage with a hydraulic conductivity of 10−6 m s−1. The model includes a subsurface temperature solution and a calculation of meltwater refreezing. During the first ~2 weeks of the study period (Figure 9), the near-surface snow cooled down overnight (Figure 5), much of the daily meltwater refroze, and it took several hours to warm up and thaw the surface layer the following morning. Local drainage did not commence until the afternoon and in the model, the meltwater did not reach the base of the snowpack and begin to drain until May 21 (Figure 9). Following this, drainage kept pace with melting for the rest of the summer. Overnight refreezing took place through most of the summer, until the snowpack was gone in August (Figure 9), but after mid-May the overnight refreezing was primarily associated with the irreducible water content of the snowpack in the near-surface, i.e. the water that is retained by capillary pressure. We assume the irreducible water content to be 3–4% by volume (7% of available pore space, after Colbeck, 1974 and Coléou and Lesaffre, 1998). This water refreezes at night or during cold periods if net energy is negative, but the associated latent heat release keeps the snowpack isothermal in mid-summer.
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FIGURE 9. Daily total melt (blue), refreezing (marine), and runoff (orange) calculated from the subsurface drainage model at the Haig Glacier AWS site, summer 2015.



Total summer melt in Figure 9 is equal to 2960 mm w.e., with 2700 mm w.e. of drainage and 260 mm w.e. of refreezing. The deficit in drainage relative to melt is because some of this melt (about 260 mm w.e., or 9%) is “recycled” meltwater. In contrast to polar environments, little or no refrozen water is retained, since this thaws during the day and drains. Some meltwater may be retained in the system in September or October, within the fresh autumn snow that starts to accumulate on the glacier.

Our results depend on the assumed irreducible water content. If this is taken to be 6%, total summer melt, drainage, and refreezing are equal to 2940, 2620, and 320 mm w.e., respectively. For a value of 2%, the corresponding values are 3000, 2820, and 180 mm w.e. Within this range, this amounts to a drainage deficit of 6–11% relative to total summer melt. Drainage increases when there is less refreezing, since more of the available melt energy is committed to fresh surface melt rather than re-melting of the water that has refrozen. Total summer melt also increases slightly because the transition from snow to lower-albedo glacier ice occurs sooner.

Our results imply that meltwater refreezing has a significant (order 10%) impact on the summer surface mass balance on this glacier, even though there is negligible meltwater retention or internal accumulation in the seasonal snow. The refreezing process may be even more important for mountains glaciers at higher altitudes and latitudes. Temperatures and melt rates were also unusually high at our site in summer 2015; it was one of the most negative mass balance years on record in the Canadian Rocky Mountains. Caution is therefore needed in extending our refreezing observations to other summers.

When refreezing did occur at our site, it delayed the meltwater drainage by a few hours and it also consumed some of the available melt energy the subsequent day, reducing the daily drainage. This latter effect is the one that is of greatest interest for mountain glacier mass and energy balance. As an example, we calculate that 51 mm w.e. of meltwater refroze in the period May 16–23. The latent energy required to re-thaw this refrozen meltwater amounts to 17.0 MJ m−2, relative to a total positive net energy of 27.4 MJ m−2 that was available for melt over that period. An additional 8.2 MJ m−2 of the available net energy was consumed to warm up the snowpack to the melting point, leaving only 2.2 MJ m−2 available for “new” surface melt.

Internal snowpack refreezing releases latent heat, so this energy is available and contributes to the net snowpack energy (adding to the surface energy flux in Equation 5). Some of this serves to warm the snowpack, and some of it is dissipated to the atmosphere through conductive heat fluxes to the surface and subsequent radiative and convective cooling. When this occurs at night, under conditions of negative net energy, this energy is essentially lost to the system. The latent energy added to the near-surface snowpack during refreezing often keeps the snow close to or at the melting point, which indirectly adds to the melting the subsequent day.

The numbers from May 16 to 23 are not representative of the entire summer. At this time, the average air and surface snow temperatures were 1.7 and -2.6°C, respectively, conducive to refreezing. The corresponding numbers over the full study period, May 13–Sept 21, were 4.6 and −0.8°C, and the subsurface snowpack was isothermal for most of the summer. The total energy committed to thawing refrozen meltwater over the full period was 99 MJ m−2, 9% of the total available positive energy of 1141 MJ m−2. For the full melt season, the modeled runoff of 2880 mm w.e. corresponds to a latent energy of 965 MJ m−2, or 85% of available positive energy. The remaining 15% of available energy was used to warm the snowpack and thaw “recycled” meltwater. This enthalpy sink is a potentially important effect during cool summers and in colder environments.

Recommendations for Application of TDR in Glacier Hydrology

Conventional TDR probes are able to measure snow water content at the levels seen in the supraglacial snowpack (a few %). As these are easily deployed in combination with a data logger, continuous monitoring is possible, providing insight into diurnal and seasonal cycles of meltwater storage and drainage in the snowpack. Deployment in vertical networks, similar to what is conventionally done in thermistor arrays, allows water fluxes to be estimated, including both vertical drainage and local “source/sink” effects associated with internal refreezing.

To our knowledge, this is the first application of TDR to track meltwater percolation and drainage in the supraglacial snowpack. Continuous measurements have been made in seasonal snowpacks using upward-looking radar (e.g., Heilig et al., 2009, 2015; Mitterer et al., 2011b; Schmid et al., 2014) and impedance cables (Mitterer et al., 2011a), and numerous studies have used point-sampling methods to infer dielectric permittivity, such as Denoth meters or snow forks (e.g., Pfeffer and Humphrey, 1998; Techel and Pielmeier, 2011). TDR offers the possibility to record continuously at multiple levels in the snowpack, but TDR has not been thoroughly explored in snow or glacier hydrology. Schneebeli et al. (1998) note the potential of TDR probes for quantification of snow liquid water content, but the difficulty in calibrating against known water content in the field. This is a challenge, given the sensitivity and uncertainty in the mixing models, but there is a high sensitivity to temporal and spatial variations in snow water content, which should be possible to exploit.

This method holds promise for further study in different glacial environments, but several improvements are possible from our exploratory work at Haig Glacier. Melt-out of the sensors makes it difficult to get continuous data on temperate glaciers, but this will be less of a problem in colder environments, such as polar regions. For work on temperate glaciers, with high summer melt rates, we recommend additional sensors that go deeper into the snowpack, to permit a longer study window for each deployment. The Campbell Scientific setup permits 8 TDR probes per multiplexer, so 8 or 16 probes could be installed at a site. A spacing of 20 cm would be reasonable, to track the meltwater to a depth up of to 3 m. It would be insightful to excavate into the underlying firn, to instrument across the snow-firn transition.

We also suggest that a second pit be instrumented proximal to the first, e.g., 10 m away, to provide a replicate under similar snowpack and meteorological conditions. Horizontal snowpack and hydrological variability are known to be high in polar environments (e.g., Rennermalm et al., 2013), and are also documented in temperate alpine snowpacks (e.g., Techel and Pielmeier, 2011; Heilig et al., 2015). The supraglacial snow at our site is homogeneous in density and grain size in the summer months, with no evidence of preferential flow paths, but it is not clear how representative a single point is with respect to water content and wetting front propagation. Detailed spatial studies such as those of Techel and Pielmeier (2011) would be insightful, and might reveal a seasonal evolution of the spatial structure.

We also recommend a comparison of TDR-derived dielectric permittivity with inferences from high-frequency radar, particularly with upward-looking radar studies (Mitterer et al., 2011b; Schmid et al., 2014; Heilig et al., 2015). The two techniques appear complementary for tracking the wetting front propagation in space and time. This may also help to elucidate the most appropriate mixing model to convert dielectric permittivity to snow water content, which is something that remains unclear. The Looyenga (1965) mixing model is based on the geometry of spherically-packed water inclusions, and the expected bulk dielectric properties vary strongly with the shape of inclusions (Sihvola et al., 1985). The TDR field setup is intrinsically two-dimensional, with axially symmetric (i.e., cylindrical) electromagnetic fields operating over a vertical cross-section of the snow. For spherical water droplets of radius r in cross-section, the response can be expected to vary as 1/r2 rather than 1/r3, which may explain why we find better results with the mixing model of Birchak et al. (1974). The Birchak model can also be thought of as a volumetric average of the complex index of refraction, which relates to the wave speed (proportional to εs −1/2), so this approach seems logical. Nonetheless, the Looyenga mixing model is commonly applied in firn hydrology (e.g., Christianson et al., 2015), and has been recommended over the Birchak model on theoretical grounds (Sihvola et al., 1985) and in previous snow research (Niang et al., 2006). Results are very sensitive to the choice of mixing model, so further study is needed here.

CONCLUSIONS

We demonstrate that data-logging TDR instrumentation is able to monitor the temporal evolution of water content in a supraglacial snowpack. This has the potential to be a valuable tool to contribute to the growing interest in understanding and quantifying meltwater retention in glaciers and ice sheets. Vertical TDR arrays provide information about percolation velocities in snow, hydraulic conductivity, and internal refreezing. They can be deployed at multiple verticals, together with thermistor arrays, in a way that mimics numerical models of snow thermal and hydrological evolution (e.g., with 10 or 20-cm layers), providing direct data on snow temperature, water content, and water balance for model calibration and evaluation.

The diurnal cycle, water content, and drainage rates in our data affirm the ability of TDR measurements to capture small amounts of liquid water in snow, but more work is needed with in situ snow or firn sampled to find the best mixing model to convert measured dielectric permittivity to snow water content. Based on our estimates of overnight liquid water content in frozen and well-drained snowpacks, we estimate an uncertainty of about 2% in our estimates of water content, with a positive bias at low values of θw. This is based on the Birchak et al. (1974) mixing model; the Looyenga (1965) mixing model overestimates θw by ~4% in our data, and may not be well-suited to unsaturated snow.

Bearing these caveats on the mixing model in mind, we record liquid water contents from 0 to 12% in the supraglacial snowpack over the course of the summer, increasing from typical values of ~4% in the early melt season to ~10% in July and August. Meltwater refreezing in May occurred to a depth of about 35 cm, but we see no evidence of internal refreezing from June to August. The snowpack remained isothermal, but a thin refrozen surface crust developed on most nights. Liquid water retained in the pore spaces through capillary pressure may have refrozen over night near the snow surface, with the associated latent heat release keeping the snow at 0°C.

There are strong diurnal cycles in snow liquid water content throughout the summer, which we attribute to refreezing in May and efficient overnight drainage for the rest of the melt season. There is negligible meltwater storage on daily timescales; after initial wetting of the snowpack, all meltwater drains to depth. Drainage lags of 3–4 h are evident in the May snowpack over the upper 50 cm, decreasing to ~1 h in July. The effective hydraulic conductivity for the meltwater percolation is of order 10−6 m s−1.

The measurements over five different periods in summer 2015 inform a model of subsurface temperature evolution and meltwater drainage for the full summer. This provides initial estimates of meltwater retention and the importance of internal refreezing for this temperate alpine glacier. We conclude that meltwater retention in the seasonal snow is a negligible process when it comes to the glacier mass balance—no meltwater is retained in the supraglacial system. However, refreezing dose have a significant impact on meltwater runoff and summer mass balance by creating an effective “energy sink”; meltwater that refreezes overnight needs to thaw, such that energy is consumed to melt the same snow/ice more than once. We estimate that 85% of available melt energy was used to generate meltwater runoff (i.e., an efficiency of 85%). The remaining 15% is diverted to warming the snow/ice and thawing the refrozen meltwater. Re-melting accounts for about 9% of the positive net energy and snowpack warming consumes 6%. Models that neglect these processes will overestimate glacier runoff.

Future work is needed on several fronts. Spatial variability, deeper vertical structure, and firn layers need to be examined on mountain glaciers. The same processes need to be examined for colder alpine environments and in cold snow and firn in polar ice masses. The methods that we introduce should work well in these settings, but the importance of refreezing for glacier mass and energy balance can be expected to be much more significant.
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