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Subduction zones are essential drivers of plate tectonics. However, the processes causing subduction zone initiation (SZI), involving the formation of a new plate boundary, and the forces required remain disputed. Here, we focus on horizontally forced SZI at passive margins and quantify the horizontal force required for SZI with two-dimensional petrological-thermomechanical numerical models. The initial configuration, involving two passive margins bounding a 400 km wide basin with exhumed mantle, is calculated by a numerical rifting simulation to guarantee thermomechanical feasibility and isostatic equilibrium. SZI occurs at one passive margin during convergence of the basin-margin system. SZI is caused by thermal softening due to local shear heating. A local temperature increase of only ca. 50°C is sufficient to cause SZI. Corresponding simulations without shear heating do not show SZI, showing unequivocally that thermal softening controls SZI. We systematically limit the lithospheric deviatoric stress to determine the minimum force required for SZI. A minimum force (per unit length) of ca. 14 TN m−1 is required for SZI; a force magnitude that agrees with independent estimates from mantle convection models. However, for the associated stress limit of 200 MPa the lithosphere is so weak that slab detachment (SD) already occurs at the onset of basin closure in the horizontal, non-subducted region of the subducting plate. Only for stress limits [image: image]300 MPa (yielding a force of ca. 15 TN m−1) subduction of continental crust occurs and SD occurs in the subducted slab. The force required for SZI is a proxy for the effective compressive lithospheric strength. This strength also controls subsequent SD due to tensile slab pull, which increases during subduction, also since our models include the olivine–wadsleyite phase change. Our simulations show a causal link betweeen SZI and subsequent SD: If forces required for SZI are smaller, then the lithosphere is weaker and then SD occurs at shallower levels and corresponding slabs are shorter. Concerning the European Alps, our results imply that if there was no SD since the Europe–Adria collision some 30 Myr ago (as proposed by some studies), then the subducted lithosphere must be considerably strong.
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1 INTRODUCTION
Earth is the only planet in our Solar System known to have currently active plate tectonics. Subduction zones, where old lithosphere is recycled back into the mantle, are major drivers of plate motion. However, the mechanisms that form convergent plate boundaries and create new subduction zones remain elusive (Stern, 2004; Stern and Gerya, 2018; Crameri et al., 2020). Two conceptual endmember scenarios for subduction zone initiation (SZI) have been proposed in the past decades: spontaneous, or vertically-forced, and induced, or horizontally-forced SZI (Stern, 2004; Stern and Gerya, 2018; Crameri et al., 2020). Vertically-forced SZI is supposedly driven by the increasing density, and therefore buoyancy, contrast between cooling oceanic lithosphere moving away from mid-ocean ridges and the underlying mantle. The feasibility of this scenario is disputed (e.g., Mueller and Phillips, 1991), particularly for SZI at passive margins. Cloetingh et al. (1989) already estimated that if SZI is not successful by ca. 20 Myr after continental break-up, the body force arising from density contrasts is likely insufficient to break the oceanic lithosphere. In fact, old ages of ocean floor (e.g., Müller et al., 2008) and various data collected from recent and ancient subduction zones (Crameri et al., 2020; Lallemand and Arcay, 2021) indicate that vertically-forced SZI was unlikely the dominant scenario during the last ca. 100 Myr. Instead, an additional horizontal compressive force, i.e., horizontally-forced SZI (McKenzie, 1977; Crameri et al., 2020), is required to overcome the increasing strength of cooling oceanic lithosphere. Recent geophysical observations of the Puysegur plate boundary south of New Zealand suggest that horizontal forces initially dominate at the site of SZI, but with time, vertical forces can accelerate, propagate along strike and facilitate the development of self-sustaining subduction (Shuck et al., 2022). However, both the horizontal force required for SZI as well as the processes causing strain localization and creating a new plate boundary remain poorly constrained.
Due to the large time and spatial scales, the complex petrological-thermomechanical feedbacks and the sparsity of geological evidence for SZI on present-day Earth (e.g., Crameri et al., 2020), a suitable method to study SZI is numerical geodynamic modelling. Published numerical models of SZI can be classified in two categories: 1) Models that investigate SZI at already existing, weak plate boundaries, which are prescribed as weak zones in the initial model configuration. These studies focus on the onset of sinking of a lithospheric plate and sometimes on the subduction of one plate below another plate (e.g., Malatesta et al., 2013; Zhong and Li, 2020; Zhou et al., 2020; Zhou and Wada, 2021). These studies do not investigate the formation of a new convergent plate boundary associated with SZI. 2) Models that investigate both SZI and the associated formation of a new convergent plate boundary, without a priori prescribing an already existing weak plate boundary in the initial model configuration (e.g., Thielmann and Kaus, 2012; Auzemery et al., 2020; Kiss et al., 2020; Candioti et al., 2021). The plate boundary formation must be numerically simulated in these models and, hence, these models can be used to determine the horizontal force required for SZI at, for example, passive margins. SZI involving the formation of a new plate boundary at a passive margin, so-called newly destructive SZI after Crameri et al. (2020), requires most likely a mechanism that mechanically softens, or weakens, the lithosphere while compressive horizontal forces build up. Several softening mechanisms have been proposed that can facilitate strain localisation of a compressed lithosphere during SZI, such as reaction-induced softening (e.g., White and Knipe, 1978), fluid-induced softening (e.g., Regenauer-Lieb et al., 2001; Dymkova and Gerya, 2013), evolution of fabric and anisotropy (e.g., Montési, 2013) or grain damage (e.g., Bercovici and Ricard, 2012; Mulyukova and Bercovici, 2018). All these mechanisms require knowledge of microscale (i.e., mineral grain scale) or two-phase (solid-fluid) pore-scale processes, which remain poorly constrained and are challenging to upscale for lithosphere models having typically numerical resolutions in the order of a kilometer. A softening mechanism that does not require assumptions of microscale and two-phase processes and that results only from the fundamental law of conservation of energy and the well established temperature dependence of viscous creep of rocks is thermal softening (e.g., Yuen et al., 1978; Regenauer-Lieb and Yuen, 1998). The conversion of dissipative work into heat, so called shear or strain heating, is inherent in all inelastic deformation such as viscous, or rate-dependent, and plastic, or rate-independent deformation. Hence, since viscous creep is thermally activated (e.g., Turcotte and Schubert, 2014), thermal softening may effectively reduce the strength of the viscously deforming regions of the lithosphere and yield to spontaneous formation of shear zones (e.g., Yuen et al., 1978; Regenauer-Lieb and Yuen, 1998; Leloup et al., 1999; Takeuchi and Fialko, 2012; Kiss et al., 2019). Furthermore, all physical processes proposed to explain high-velocity weakening of frictional faults are essentially related to shear heating (e.g., Aharonov and Scholz, 2018). Therefore, we consider here shear heating and associated thermal softening of viscous creep as main softening mechanism during SZI on the lithospheric scale, as has been done in several previous studies (Thielmann and Kaus, 2012; Jaquet and Schmalholz, 2018; Kiss et al., 2020; Auzemery et al., 2020, 2021).
Models for SZI at passive margins consider frequently an initial model configuration with an idealized, ad hoc designed passive margin geometry and associated temperature field (e.g., Auzemery et al., 2020; Kiss et al., 2020). At an idealized passive margin with homogeneous crustal and mantle material properties, Kiss et al. (2020) reported a required horizontal force per unit length of ca. 37 TN m−1, indicating that high driving forces are required for shear heating to cause SZI. Such large driving forces, and associated locally high deviatoric stresses, have been used as argument against thermal softening being a feasible mechanism for shear localization (e.g., Platt, 2015). An important step to reduce the driving force necessary for SZI by thermal softening is to consider more realistic passive margin architectures. Including mechanical heterogeneities and numerically modelling the architecture of passive margins prior to convergence, instead of designing these margins ad hoc, Candioti et al. (2020) and Candioti et al. (2021) report significantly smaller force magnitudes between 15 and 18 TN m−1 for thermal softening induced SZI. Although the plate driving force magnitudes in these models are significantly reduced, a minimum value for horizontal forces required for SZI via thermal softening has not been quantified yet in a systematic way. Here, we generate the passive margin architecture with a numerical lithosphere rifting simulation and apply this architecture as initial configuration for convergence simulations to investigate SZI at passive margins (see also Candioti et al., 2020, 2021, for detailed discussion). Advantages of using a numerically calculated passive margin architecture as initial configuration are that 1) such architecture is thermomechanically feasible and consistent with the applied convergence model, 2) it is isostatically stable and 3) the initial temperature field, including thermal convection in the upper mantle, is consistent with the architecture and applied thermal parameters.
Here, we present two-dimensional (2D) petrological–thermomechanical numerical models that predict SZI at hyperextended passive continental margins. We aim to quantify the minimum horizontal force required for SZI at a passive continental margin via thermal softening. Hence, we quantify the resistance to failure of the lithosphere around passive margins under compressive forces during SZI. After SZI we continue modelling convergence and progressive subduction until slab detachment (SD) occurs. Therefore, we also quantify tensile forces, arising due to increasing slab pull, required to fail the lithosphere by SD. With our model we want to test the following hypothesis: The magnitude of the horizontal force required for SZI also controls the force required for detachment of the slab generated by SZI. Therefore, the smaller the force required for SZI, the shorter the slab for which SD occurs. In other words, if the force required for SZI is small, then the initiated subduction zone cannot generate a slab of significant length. To this end, we systematically limit the stresses in the load-bearing layers of the lithosphere (lower crust and mantle lithosphere), because the strength of these layers is a key parameter for successful SZI. Unfortunately, the strength of the lithosphere is difficult to constrain (e.g., Burov and Watts, 2006; Baumann et al., 2014) and often determined by laboratory experiments on olivine, an abundant mineral in the upper mantle, conducted under accelerated deformation conditions and then extrapolated over many orders of magnitude to geological time and deformation scales. In consequence, the actual strength of olivine deforming under geological conditions is currently actively debated (e.g., Demouchy et al., 2013; Idrissi et al., 2016; Hansen et al., 2019; Furstoss et al., 2021). Many recent rock deformation experiments suggest that the strength of olivine is mainly controlled by dislocation glide, or low-temperature plasticity, and is significantly lower than determined in previous laboratory experiments (e.g., Demouchy et al., 2013; Idrissi et al., 2016). However, other studies recently showed that although olivine might be initially weaker than previously thought, strain hardening during increasing rate-dependent plastic deformation might increase its overall strength significantly (e.g., Hansen et al., 2019). Knowledge of the strength of the lithosphere is important because it controls essentially all deformation processes of the lithosphere, such as lithosphere flexure at subduction zones or around seamounts, and of course SZI and SD as studied here. One aim of our modelling study is, therefore, also to evaluate whether our combined SZI and SD simulations can help in assessing the effective strength of the lithosphere.
Furthermore, we discuss potential implications of our results for the closure and subduction of the Piemonte–Liguria ocean during the formation of the European Alps and potential slab detachment associated with the Alpine continental collision (Figure 1). For the Western Alpine orogeny, a wealth of data exists that allowed constraining the tectonic and petrological evolution from SZI at the Adriatic margin, through the closure of the Piemont-Liguria ocean to the Alpine continental collision potentially involving slab detachment. Thus, the configuration of our numerical models is motivated by tectonic reconstructions for the Alpine orogeny.
[image: Figure 1]FIGURE 1 | Simplified conceptual geodynamic sketch of the Alpine orogeny. (A) Passive margin geometry and embryonic oceans after the rifting stage. (B) Horizontally-forced SZI at the Adriatic passive margin and subduction of the Sesia–Dent Blanche unit. (C) Possible scenarios for the collisional stage of the Alpine orogeny with a continuously subducting slab (left) or detached slab (right). Geological units are simplified and taken from Schmid et al. (2017) and McCarthy et al. (2020).
2 MODEL
2.1 The Alpine Orogeny as Motivation for Our Model Configuration
Here we focus on SZI at magma-poor passive margins that bound embryonic oceans. We define embryonic oceans as marine basins that are small in extent (ca. ≤ 600 km) and mainly floored by exhumed mantle and hyperextended continental crust rather than mature oceanic crust (Chenin et al., 2017). Ancient and recent examples of embryonic oceans are, for example, the Piemonte–Liguria ocean (e.g., McCarthy et al., 2020), the present day Ligurian Basin (e.g., Dannowski et al., 2020) and Red Sea (e.g., Chenin et al., 2017). These ocean basins result from slow-to-ultra-slow spreading rift systems, and the architecture and extent of these oceans is similar (Chenin et al., 2017). Mesozoic rifting separated Europe from Adria and terminated at ca. 145 Ma (e.g., Le Breton et al., 2021). This rifting generated the Piemonte-Liguria ocean basin and the two magma-poor passive margins of Europe and Adria (e.g., Handy et al., 2010; McCarthy et al., 2020; Le Breton et al., 2021). The European and Adriatic passive margins were likely hyperextended and bounded the embryonic Piemonte–Liguria ocean (see Figure 1A). At ca. 85–80 Ma subduction was presumably initiated within the Adriatic continental margin leading to subduction of the Sesia–Dent Blanche unit (e.g., Manzotti et al., 2014, see Figure 1B). Remnants of the Piemonte–Liguria ocean have been incorpated in the Alpine orogenic wedge (e.g., Schmid et al., 2017, see Figure 1C). Whether the European slab is detached or still attached to the European plate is currently disputed (e.g., Kästle et al., 2019).
2.2 Modelling Approach Involving Geodynamic Cycles
In this study we build upon our previous work presented in Candioti et al. (2021). Candioti et al. (2021) presented two-dimensional (2D) petrological-thermomechanical numerical models that simulate several, subsequent geodynamic processes in a single and continuous simulation, including thermal convection in the upper mantle. They modelled 1) the formation of hyperextended passive continental margins bounding an embryonic ocean, 2) SZI via thermal softening during convergence of the ocean-margin system, 3) subduction and closure of an embryonic ocean, 4) formation of a collisional orogen and 5) SD of subducted lithosphere. This Wilson-type cycle of embryonic ocean basins comprised 1) a 50 Myr extension period, 2) a 60 Myr cooling period between the extension and convergence phase and 3) a ca. 70 Myr convergence period. Candioti et al. (2021) applied this cycle to the opening and closure of the Piemonte–Liguria ocean and the subsequent formation of the European western Alps (e.g., McCarthy et al., 2020). They mainly focused on the competition between buoyancy and shear forces during the collisional stage of the orogen. When shear forces dominate the collisional stage of the orogen, wedge formation without deep subduction of continental crustal material occured. When buoyancy forces were equally important as shear forces, Candioti et al. (2021) observed deep subduction and exhumation of continental units. The mechanical boundary velocities and the duration of the deformation periods they applied were motivated by plate motion reconstructions from the European and Adriatic plate during the past ca. 180 Myr (e.g., Le Breton et al., 2021). Complementary to their results, we here focus on the subduction stage. Especially, we aim at quantifying the minimum force required for SZI and the role of lithospheric strength in the kind of models presented by Candioti et al. (2021). Note, that we refer to time as the simulated physical time and its unit is Myr. Whenever we refer to actual geological time, we use the unit Ma. Figures 2A-D shows the initial configuration used by Candioti et al. (2021) to model this type of Wilson cycle. A detailed justification of the initial conditions, a full description of the entire model evolution as well as in depth information on the implementation of boundary conditions, petrological-thermomechanical coupling and surface processes (i.e., sedimentation and erosion) is given in the open-access article of Candioti et al. (2021). The models we present here start from the configuration predicted at 110 Myr (end of cooling period) in model history by the reference model of Candioti et al. (2021) (see Figures 2E-H). Similar to the study of Candioti et al. (2021), we parameterize a serpentinisation front propagating across the top 3 km of exhumed mantle material in the embryonic oceanic basin before the onset of convergence. Because of ultra-slow spreading rates, no significant mid-ocean ridge with active magmatism is formed. Therefore, embryonic oceans often lack a mature Penrose-type oceanic crust (e.g., McCarthy et al., 2020). Instead, the subcontinental mantle is exhumed to the surface and in contact with the sea-water. Thus, serpentinisation is likely significant in embryonic ocean basins and presumably plays an important role during subduction of embryonic oceans (e.g., McCarthy et al., 2020). In our models, convergence is induced by applying a constant absolute boundary horizontal velocity of 1.5 cm yr−1. To quantify the minimum driving force and assess the strength of embryonic oceanic lithosphere, we employ a parameterized stress limiter in the mantle lithosphere and the lower crust. In addition to the applied pressure-sensitive Drucker-Prager plastic stress limiter function, this stress limiter is independent on pressure and is used here as a controlling parameter for the plate strength. We systematically tested stress limits of 10, 50, 100, 150, 200, 300, 500 MPa, and 500 GPa. Employing a value of 500 GPa deactivates the stress limiter in the reference model, named NOSLIM hereafter. In addition to the reference model, we here report results for models employing stress limits of 100, 200 and 300 MPa, named SLIM100, SLIM200 and SLIM300 hereafter. These models predict end-member dynamics for subduction initiation and the evolving subduction zone. To test the impact of shear heating and associated thermal softening on SZI we also performed the two simulations SLIM300 and NOSLIM without shear heating.
[image: Figure 2]FIGURE 2 | Initial model configuration. Numerical resolution is 1 km by 1 km everywhere in the domain. (A–D) From the onset of rifting as modelled in detail by Candioti et al. (2021) and (E–H) from the onset of convergence as investigated in this study. (A,E): vertical profile of horizontal boundary velocity applied along the left boundary. (D,H): vertical profile of horizontal velocity applied along the right model boundary. (B,F) show the entire model domain. White to red indicates the effective viscosity calculated by numerical algorithm, black solid line is the initial temperature profile, light to dark orange are upper crustal lithologies of the right plate, light to dark blue are the lithologies of the left plate, green is the lower crust of both plates and magenta is a serpentinite layer, initially 3 km thin. (C): enlargement of the domain center and (G) shows an enlargement of the right margin. Glyphs in (F) show the velocity field calculated by the numerical algorithm.
2.3 Governing Equations
We consider incompressible materials that slowly creep (no inertia) under gravity and boundary tractions. The applied numerical algorithm solves the continuity equation, the equation for the conservation of momentum and the heat transfer equation in a two-dimensional Cartesian coordinate system, which are given by:
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where i and j are spatial indices and repeated indices are summed, v is velocity and x is the spatial coordinate, σ is the total stress tensor, ρ is density and g = [0; −9.81] is a vector including the gravitational acceleration. The density is a function of temperature, T, pressure, P, and a given bulk rock composition, C, which is precomputed using a thermodynamic software package (Perple_X Connolly, 2005, 2009). We, thus, include large density variations resulting from mineral phase transitions. For example, at a lithostatic pressure and a temperature corresponding to a depth of ca. 410 km, the olivine–wadsleyite phase transition results in a density increase of ca. 150 kg m−3 (see Candioti et al., 2020, Figures 2B,E). Such an increase might significantly impact on the subduction dynamics. A detailed description of the implementation of petrological-thermomechanically coupled processes and the applied chemical composition of the model units is given in the two open-access publications Candioti et al. (2020) and Candioti et al. (2021). In Eq. 3, cP is heat capacity at constant P, [image: image] is the material time derivative, k is thermal conductivity and HR comprise source terms resulting from radiogenic heat production. We include source terms resulting from adiabatic processes (Extended Boussinesq Approximation, e.g., Candioti et al., 2020, for detailed justification), HA = Tαvygρ, where α is the coefficient of thermal expansion and vy is the vertical component of velocity. Further, we consider contributions from the conversion of rate-dependent and rate-independent mechanical processes into heat, [image: image], where [image: image] is the total deviatoric strain rate tensor and [image: image] denotes the strain rate resulting from elastic deformation. The total stress tensor is decomposed into a pressure and a deviatoric part as
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where δij is the Kronecker-Delta, ηeff is the effective viscosity, [image: image] is the effective deviatoric strain rate tensor,
[image: image]
where G is shear modulus, Δt is the time step, τo are the deviatoric stress tensor components of the preceding time step. We consider visco-elasto-plastic deformation and additively decompose (so-called Maxwell model) the total deviatoric strain rate tensor into contributions from rate-dependent plastic deformation (i.e., effectively viscous behaviour by dislocation, diffusion and Peierls creep), elastic and rate-independent (brittle) plastic deformation as
[image: image]
The viscosity for dislocation, diffusion and Peierls creep are a function of the respective second strain rate tensor invariant, [image: image]. The dislocation and diffusion creep viscosity are computed as
[image: image]
where d is grain size and the ratio in front of the prefactor A results from the conversion of experimentally derived flow laws into a tensor formulation of these flow laws (e.g., Schmalholz and Fletcher, 2011). The quantities A, n, m, Q, V, [image: image] and r are experimentally determined material parameters which are characteristic for each creep law (see Table 1). To increase the readability we have omitted the superscripts “dif/dis” for these parameters. Note that for diffusion creep the n = 1 and for dislocation creep m = 0. Hence, dislocation and diffusion creep are essentially insensitive to grain size and strain rate, respectively. We further include the experimentally derived Peierls flow law by Goetze and Evans (1979) expressed in the regularized form of Kameyama et al. (1999) and calculate the Peierls viscosity as
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employing an effective stress exponent
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[image: image] in Eq. 9 is calculated as
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where APei, γ and σPei are material parameters. We control rate-independent (brittle) plastic deformation by a deviatoric stress limiter function
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where, [image: image] is the second invariant of the deviatoric stress tensor, φ is the internal angle of friction, C is the cohesion and S is a stress limiter which is a parameter that is not experimentally derived but a variable used to control the material strength. The plastic viscosity at the equivalent deviatoric stress, τeq, is computed as
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where [image: image]. In Eq. 4, the effective viscosity is either the quasi-harmonic average of the visco-elastic contributions
[image: image]
or is equal to ηvep. Advection of material is performed using a marker-and-cell technique (Gerya and Yuen, 2003) and we compute rigid body rotation of stresses analytically (see also Candioti et al., 2021, for a more detailed description of the algorithm). A marker chain and a stabilisation algorithm (Duretz et al., 2011b, 2016) is employed to allow for dynamic evolution of topography. Surface processes, namely erosion and sedimentation, are parameterized in the model. In case, the newly computed topography falls below a sedimentation level of z = −5 km it is corrected back to the sedimentation level. The resulting gap between the newly computed topographic level and the sedimentation level is filled instantaneously with markers describing a calcite or a mica rheology. The rheology of the sediment markers alternates every 2 Myr. In case the newly computed topography rises above an erosion level of z = 2 km, the topographic level is corrected downward. The distance of correction is calculated by multiplying the current time increment, Δt, by a constant erosion velocity of 0.5 mm yr−1. All material parameters used in the models presented here are listed in Table 1.
TABLE 1 | Physical parameters used in the numerical simulations.
[image: Table 1]2.4 Calculation of Plate Driving Forces and Slab-Pull-Force Estimate
Here, [image: image] is used as a representative value for the horizontal driving force per unit length. Close to the lateral model boundaries, where FD is calculated, the smallest principal stress is vertical and is close to the lithostatic pressure, and the maximal principal stress is approximately horizontal. Therefore, FD is a representative estimate for the plate driving force (e.g., Schmalholz et al., 2014, 2019). First, the vertical integral of τII(x, y) is calculated at the different horizontal positions of the numerical grid as
[image: image]
where a is the topographic level at each horizontal grid point and b = −660 km is the bottom coordinate of the model domain. The values of [image: image] are then averaged horizontally inside two regions of 100 km width located at the two lateral model sides. This horizontally averaged, vertically integrated stress is termed [image: image]. The reader is referred to Candioti et al. (2020) for further detail.
We further estimate the slab-pull force per unit length by calculating the effective body force of the subducting slab. This body force, FSP, is computed as the difference between densities of all material that is 1) enclosed horizontally within −700 ≤ x ≤ 700 km of the domain, 2) colder than T ≤ 1,300°C and 3) subducted below y = −160 km and a vertical reference density profile. This reference profile is obtained from the last time step of the cooling period of model NOSLIM by averaging horizontally all material densities at each vertical grid level below y = −160 km over the entire horizontal domain. This reference density is also used to compute the density difference, Δρ, induced by a phase transition. The body force is then calculated as follows:
[image: image]
where Δρ is the aforementioned density difference integrated over the area Ω covered by material matching the three criteria defined above. This is a maximum estimate for the slab-pull force, because the surrounding mantle material exerts shear stresses on the slab surface which resist subduction. Assuming shear stress magnitudes of 1–10 MPa along the bottom and top of a ca. 500 km long slab results in force magnitudes between 1 and 10 TN m−1, respectively, acting against the slab pull force due to buoyancy only. Therefore, the natural, effective slab pull force magnitudes including the shear resistance from the surrounding mantle are likely lower than the ones reported here (see also Turcotte and Schubert, 2014). However, the relative evolution of FSP likely remains as reported here.
3 RESULTS
In this section we first report the results of the reference model without stress limiter, termed NOSLIM, and compare them to the models with different stress limits afterwards. We compare the stage of SZI, the evolution of plate driving and approximated slab pull forces as well as the dynamics of SD. We refer to the model passive margins on the left and right side of the model as left and right margin from here onward.
3.1 Geodynamic Evolution of the Reference Model NOSLIM
Convergence is started at 110 Myr in model history. Subduction initiates at ca. 113 Myr at the transition zone between the proximal and the necking domain within the mantle lithosphere of the right margin (Figures 3A,E). SZI occurs at a region where no serpentinite is present which indicates that the initially horizontal serpentinite layer is not important for SZI. This conclusion is also supported by the findings of Candioti et al. (2021), who report successful SZI with and without a serpentinite layer in similar numerical models. Maximal bending stresses within the lithosphere of the subducting and overriding plate are ca. 500–700 MPa and limited to a 10–25 km thin layer (Figure 3E). Until ca. 129 Myr, large portions of the serpentinite are sheared off the subducting slab (Figure 3B). The values for stresses decrease below ca. 100 MPa within the overriding plate and remain at ca. 250–400 MPa where the subducting plate is bent below the overriding plate (Figures 3F,G). This stage marks the successful SZI in this simulation. The embryonic ocean basin is closed at ca. 140 Myr in model history. At this stage, the serpentinite material has largely been sheared off the subducting plate and reorganized along the plate interface (Figure 3C). A thrust wedge has formed at ca. 160 Myr and a large part of the subducting slab has been detached from the subducting plate (Figure 3D). The values of deviatoric stresses within the thrust wedge remain between ca. 100–250 MPa (e.g., − 200 ≤ x ≤ −100 km and y > − 30 km in Figure 3H).
[image: Figure 3]FIGURE 3 | Geodynamic evolution of the reference model NOSLIM (no additional applied stress limit). (A–D): Entire domain. White to red is the effective viscosity calculated by the numerical algorithm. Colouring of lithologies as indicated in the legend. (E–H): White to blue is the second invariant of the deviatoric stress tensor as calculated by the numerical algorithm. Glyphs in all panels show the velocity field and grey solid lines are several isotherms predicted by the numerical algorithm.
3.2 Subduction Initiation at Hyperextended Continental Margins
Figure 4 shows the stage of SZI in the different models. In the reference model, NOSLIM, and in SLIM300 a shear zone forms below the right margin (blue region in right column of Figures 4A,B). Values for dissipative heating inside the shear zone are above 10−5 W m−3 (red contour line in Figures 4A,B) and the temperature inside the evolving shear zone increases compared to the surrounding ambient mantle temperature. This temperature increase is indicated by the geometry of the isotherms which are in shallower depth inside the shear zone compared to the corresponding isotherms to the left and right side of the shear zone. By comparing the vertical position of the grey isotherms in Figures 4A,B, one can estimate the temperature rise inside the shear zone assuming that before shear zone formation the isotherms were approximately horizontal, like in the corresponding left margins. For example, at the right margin of model NOSLIM, the isotherm for 727°C inside the shear zone is in approximately the same depth as the horizontal isotherm for 637°C to the left of the shear zone. Therefore, in NOSLIM the temperature rises by ca. 90°C and in SLIM300 by ca. 50°C, using the same estimate based on isotherm geometries. Kiss et al. (2019) showed that a small temperature increase of only ca. 50°C already can cause strain localization by thermal softening. Compared to models NOSLIM and SLIM300, less dissipative heat is generated by the shear zone forming in model SLIM200. The temperature rise inside the shear zone of model SLIM200 is still ca. 50°C, which is comparable to model SLIM300. In SLIM100 the heat generated by the conversion of mechanical work into heat is insignificant and the temperature inside the shear zone rises by less than 10°C (compare Figures 4A,B to Figures 4C,D). Figure 5 shows which regions in the model exhibit only rate–independent plastic, or brittle, deformation (highlighted in blue) and which regions exhibit elastic or rate–dependent plastic, or ductile, deformation (highlighted in white, see Section 2.3 for calculation). In contrast to the ductile (white regions in Figures 5A,B) shear zones formed in NOSLIM and SLIM300, the shear zones in SLIM200 and SLIM100 are mainly formed due to brittle deformation (blue regions in Figures 5C,D). The reason is that in SLIM200 and SLIM100 the stress limits are lower and, hence, the regions in which stresses exceed the stress limit (i.e., here the brittle region) become larger. Further, brittle shear zones also form below the left margin in SLIM100 (Figure 4D and Figure 5D). In consequence, the subduction zone in SLIM100 evolves completely different compared to the subduction zone in SLIM300. Subduction in SLIM100 is initiated below the opposite margin (Figures 6A,B) and the slab is subducted much slower (compare depth of slab tip in the left and right column of Figure 6C). The detachment of the slab occurs approximately at the same depth in SLIM100 and SLIM300, but much later in SLIM100 compared to SLIM300 (156 and 150 Myr, respectively, Figure 6D). We consider the slab as detached when the distance between the 1,300°C isotherms bounding the slab is less than 10 km. The slab in model SLIM300 is much longer than it is thick, thus resembling the typical rectangular cross-sectional shape of a slab. In contrast, the shape of the slab in SLIM100 resembles more the cross-sectional shape of a lithospheric droplet rather than a subducting slab (compare left and right panel Figure 6D). The deformation behaviour observed in SLIM100 is very similar to the so-called drip-off mode described in the numerical simulations of Thielmann and Kaus (2012). This deformation behaviour does not correspond to the subduction of a coherent plate-like slab.
[image: Figure 4]FIGURE 4 | Subduction initiation via thermal softening for models with different applied stress limits: (A) no stress limit, (B) 300 MPa, (C) 200 MPa and (D) 100 MPa. White to dark blue is the second invariant of the deviatoric strain rate tensor, solid grey lines are several isotherms used to estimate the temperature rise inside the shear zone based on their vertical position, the red contour indicates the dissipation and black solid lines are material phase boundaries. The left column shows the left margin and the right column shows the right margin. For decreasing stress limits, the dissipation inside the evolving shear zone is significantly reduced and the TSH (an analytically predicted temperature; see text for details) isotherm is less deflected upward indicating that thermal softening (shear heating) becomes less important for shear localization and, thus, for subduction initiation at the passive margin.
[image: Figure 5]FIGURE 5 | Subduction initiation via thermal softening for models with different applied stress limits: (A) no stress limit, (B) 300 MPa, (C) 200 MPa and (D) 100 MPa. White to dark blue mark the model region that undergo rate-dependent (viscoelastic, white) or rate-independent (brittle, blue) plastic deformation. Solid grey lines are several isotherms used to estimate the temperature rise inside the shear zone based on their vertical position, the red contour indicates the dissipation and black lines are material phase boundaries. The left column shows the left margin and the right column shows the right margin. When no stress limit is applied (NOSLIM) the emerging shear zone and large parts of the plate deform ductilly. With decreasing stress limit, large portions of the plate deform brittle-plastically.
[image: Figure 6]FIGURE 6 | Comparing the evolution of the subduction zone in SLIM100 (left column) and SLIM300 (right column). Black solid lines are phase boundaries and grey solid lines are several isotherms. White to blue colors are the second invariant of the deviatoric stress tensor and glyphs indicate the velocity field calculated by the numerical algorithm at various stages:(A) Subduction initiation, (B) embryonic subduction zone, (C) mature subduction zone and (D) slab detachment. Note that subduction is initiated below the opposite margin in SLIM100.
As shown above, the maximum temperature increase associated with the formation of shear zones is less than 100°C. It is, therefore, difficult to isolate the temperature increase exclusively caused by shear heating because of the simultaneously ongoing temperature advection and conduction. To clearly show that the shear zones, causing SZI in our models, are due to shear heating and associated thermal softening, we have performed two additional simulations of NOSLIM and SLIM300 in which we have deactivated the shear heating (Figure 7). This deactivation was done by setting the term HD in Eq. 3 to zero. When shear heating is deactivated (see right column in Figure 7) SZI is not successful. Instead, buckling and thickening in the regions of the two margins is the dominant deformation behaviour of the lithosphere. Therefore, the four simulations NOSLIM and SLIM300 with and without shear heating clearly show that shear heating is causing SZI in our models. Consequently, other model features such as the mechanical heterogeneities, mimicked by initial elliptical heterogeneities, or the serpentinite layer are not able to cause SZI.
[image: Figure 7]FIGURE 7 | Comparison of NOSLIM (A) and SLIM300 (B) with activated (left column) and deactivated shear heating (right column). While SZI at the right passive margin evolves into a mature subduction zone when shear heating is activated, buckling and thickening dominates the lithospheric deformation at both passive margins when shear heating is deactivated. Subduction is not initiated in models without shear heating. Colours as indicated in the legend.
3.3 Evolution of Horizontal Driving Force and Approximate Slab Pull Force
In Figure 8 we report the evolution of the plate driving forces per unit length, FD, and an approximate estimate for the slab pull force per unit length, FSP, over time. The magnitude of FD increases to ca. 18 TN m−1 in NOSLIM, ca. 15 TN m−1 in SLIM300 and ca. 12 TN m−1 in SLIM200 between the onset of convergence and ca. 113 Myr (Figure 8A). A maximum FD = 14 TN m−1 is reached at ca. 122 Myr in SLIM200. Between ca. 113 and 114 Myr, values for FD decrease in NOSLIM and SLIM300 and remain relatively constant in SLIM200. In NOSLIM, SLIM300 and SLIM200, the values for FD overall decrease to ca. 10 TN m−1 between ca. 130 Myr and ca. 135 Myr. In SLIM100 the magnitude of FD continuously increases to ca. 10 TN m−1 until ca. 122 Myr in model history (blue solid line in Figure 8A).
[image: Figure 8]FIGURE 8 | Evolution of (A) horizontal driving forces, FD, and (B) the slab pull force, FSP. Panel (C) shows the depth of the slab tip over time and panels (D–F) show the difference between the local mantle density and an average vertical mantle density profile, Δρ, at the onset of necking in the subducting slab for three different stress limiters. Grey rectangles in panels (A–C) mark the period from necking of the subducting slab to its detachment. Compared to a strong plate [no stress limit, (D)], necking is induced soon after the slab tip transects the 410-discontinuity [see panel (C)] for a weak plate [low stress limit, (F)].
The density within the subducting slab increases by up to 150 kg m−3 compared to the ambient mantle density structure when it transects y = −410 km (Figures 8D–F). The reason for this increase in density is the olivine–wadsleyite phase transition. Due to a positive Clapeyron slope (i.e., the change in temperature–pressure space), this phase transition occurs at shallower depths for cold material than for hot material. Therefore, the phase transition is deflected upward inside the cold subducting slabs (see Figures 8D–F) and induces an additional pull force. A gradual increase in FSP until the onset of necking in the subducting slab (left edge of grey rectangles in Figure 8B, see also stages in Figures 8D–F) is observed in all models. This stage is reached after ca. 141 Myr in SLIM200, ca. 150 Myr in SLIM300 and ca. 158 Myr in NOSLIM. The corresponding magnitudes are FSP ≈ 15 TN m−1 in SLIM200, FSP ≈ 25 TN m−1 in SLIM300 and FSP ≈ 35 TN m−1 in NOSLIM. When the slab detaches and sinks into the mantle, magnitudes of FSP increase rapidly to ca. 40 TN m−1 in SLIM200, ca. 42 TN m−1 in SLIM300 and again ca. 40 TN m−1 in NOSLIM. This rapid increase of FSP occurs ca. 4, 13 and 21 Myr after the slab has transected y = −410 km in SLIM200, SLIM300 and NOSLIM, respectively. The depths of slab detachment also vary from y ≈ − 200 km in NOSLIM, y ≈ − 150 km in SLIM300 to y ≈ − 30 km in SLIM200 (Figure 9). In SLIM100 the magnitude of FSP increases slowly to ca. 30 TN m−1 until ca. 156 Myr. At this stage, drip-off of the lithosphere occurs in this model (Figure 6D).
[image: Figure 9]FIGURE 9 | Depth of slab detachments for models with different applied stress limits. White to dark blue is the second invariant of deviatoric stress tensor, solid grey lines are several isotherms, glyphs show the velocity field calculated by the numerical algorithm, solid black lines indicate the crustal phase boundary and the solid magenta line marks the approximate depth of slab detachment. For a weak plate [low stress limit, (B,C)], the slab detachment occurs earlier in model history and at shallower depth compared to a strong plate [no stress limit, (A)].
4 DISCUSSION
4.1 Subduction Initiation via Thermal Softening
In combination with temperature-dependent rheologies, shear heating is potentially a feasible mechanism to form a shear zone transecting the lithosphere (Yuen et al., 1978; Thielmann and Kaus, 2012; Jaquet and Schmalholz, 2018) and initiate subduction at a hyperextended continental margin (Candioti et al., 2021). Kiss et al. (2019) derived an equation to predict the maximum temperature rise inside a shear zone, TSH (Eq. 22 in Kiss et al., 2019), that is formed via shear heating. This prediction relies only on material parameters and the applied absolute horizontal velocity difference, and has already been applied to SZI at homogeneous hyperextended continental margins (Kiss et al., 2020). According to their prediction, a temperature rise by 50°C is sufficient for spontaneous shear localisation via shear heating and the associated thermal softening. In our models, the dissipation created by the conversion of mechanical work into heat is ca. 10−5 W m−3. Consequently, the temperature increases by 50–90°C in models SLIM200, SLIM300 and NOSLIM. Due to thermal diffusion such a moderate temperature increase is likely not detectable in natural shear zones having a thickness in the order of a few kilometers (e.g., Kiss et al., 2019). The temperature inside the evolving shear zone can be predicted by the equation of Kiss et al. (2019) (deflection of grey solid lines in Figures 4A,B). Therefore, shear heating is efficient for stresses inside the lithospheric mantle that are as low as ca. 200 MPa in our models. This stress magnitude represents the maximum stress during the onset of the formation of a shear zone and stresses are decreasing during progressive shear zone formation (Kiss et al., 2019). This observation is crucial as shear heating is often critized for requiring too high stresses to be an efficient mechanism for ductile shear zone localization (e.g., Platt, 2015). Furthermore, Kiss et al. (2019) reported that shear heating is already efficient for stresses as low as 200 MPa. The predicted temperature inside the shear zone forming in SLIM200 is still accurate, although the deformation inside and around the shear zone is mainly occurring in the brittle-plastic field due to the low stress limit (Figure 5C). Although the generated dissipation is relatively lower compared to higher stress limiters, the temperature increase in SLIM200 and SLIM300 are comparable (compare isotherms in Figures 4B,C). The estimated temperature increase of ca. 50°C in SLIM200 is the limit for shear heating causing spontaneous shear localisation predicted by Kiss et al. (2019). This indicates that likely ductile and brittle-plastic processes are equally important for shear zone localization in model SLIM200. In case stresses are lower than 200 MPa, brittle-plastic processes dominate the deformation inside the lithospheric mantle and shear heating is likely inefficient (flat grey isotherm in Figure 5D). Thielmann and Kaus (2012), Jaquet and Schmalholz (2018) and Kiss et al. (2020) already showed that in absence of other softening mechanisms, thermal softening is required for convergent plate boundary formation and successful SZI in lithospheric-scale geodynamic models. We here confirm these results. In the models we present, thermal softening is indeed the responsible mechanism that causes SZI (see Figure 7).
4.2 Horizontal and Slab-Pull Forces
We report a minimum magnitude of ca. 14–15 TN m−1 for horizontal plate driving forces required for SZI via shear heating (SLIM200 and SLIM300, Figure 8A). While a magnitude of ca. 30–37 TN m−1 for plate driving forces was required to initiate subduction at a homogeneous continental margin in the models of Kiss et al. (2020) and Auzemery et al. (2021), we here report a maximum value of ca. 18 TN m−1 for a continental margin that includes elliptical mechanical heterogeneities. Subduction initiation at ca. 10 TN m−1 is observed in SLIM100. However, subduction initiation in this model is controlled by brittle-plastic deformation rather than by shear heating. In our model SLIM100, the lithospheric deformation style changes from a subduction (Figure 6C) into a delamination, or drip-off, style with ongoing convergence (Figure 6D). Such drip-off deformation behaviour is consistent with earlier studies on subduction initiation within mechanically weak lithospheric plates (e.g., Thielmann and Kaus, 2012). We therefore propose that the minimum driving force magnitude predicted by SLIM200 and SLIM300 of 14–15 TN m−1 are likely more meaningful estimates for SZI at natural geodynamic settings than the magnitude predicted by SLIM100. This magnitude could likely be further reduced by modulating, for example, the olivine dislocation and Peierls flow law parameters.
The density difference between the slab and the surrounding mantle due to the uplift of the olivine–wadsleyite phase transition (at y = −410 km) in our models is between ca. 150–200 kg m−3. This petrological-thermomechanically coupled density prediction is slightly lower but overall in good agreement with previous estimates (275 kg m−3, Turcotte and Schubert, 2014). This increase in density causes an increase in slab pull force magnitude of ca. 16 TN m−1 (Turcotte and Schubert, 2014). Although this estimate is based on buoyancy only and does not consider shear forces along the subducting slab, it is meaningful as these shear forces already act on the slab before the phase change. Our model SLIM200 confirms this estimate. A sharp increase in slab pull force occurs when a magnitude of ca. 17 TN m−1 is reached at ca. 141 Myr (Figure 8B). In SLIM200, SD begins immediately after the slab has transited a depth of 410 km (Figures 8C,F). This observation indicates that slabs must at least be strong enough to support the additional pull force induced by the phase transition in order to penetrate further into the mantle without detaching immediately after the olivine–wadsleyite phase transition occurs within the slab.
In our models we observe the following correlation between the slab strength and the timing of slab detachment: The weaker the slab, the earlier it detaches after transiting the olivine–wadsleyite phase transition. We further observe a correlation between the strength of the slab and the depth of the detachment: weak slabs detach already in the horizontal region of the subducting plate, whereas strong slabs detach in ca. 100–200 km depth (Figure 10). In all models, the slab detaches within ca. 1 Myr from the onset of necking. These observations are consistent with earlier studies of slab detachment (e.g., Andrews and Billen, 2009; Baumann et al., 2010; Duretz et al., 2011a; Schmalholz, 2011; van Hunen and Allen, 2011; Thielmann and Schmalholz, 2020). The estimates for slab pull forces we report here are between ca. 18 and 35 TN m−1. These magnitudes are lower than previous calculations (e.g., Forsyth and Uyeda, 1975). However, these magnitudes only consider forces arising from buoyancy contrasts between the subducting slab and the surrounding mantle and do not include viscous tractions along the slab. Such tractions reduce the effective slab pull force (e.g., Schellart, 2004).
[image: Figure 10]FIGURE 10 | Simplified sketch illustrating the causal link between plate strength, forces required for subduction zone initiation (SZI) and slab detachment (SD) depth. Pink colours indicate the crust, olive green colours the mantle, the red colour in the strength profiles represents a schematic yield strength envelope of the crust and the mantle for a given depth and the black solid lines represent shear zones. Compared to a weak plate, a strong plate requires higher forces for SZI, yields a longer slab and slab detachments at larger depth.
4.3 Implications for Natural Subduction Zone Initiation and Slab Detachment
Natural orogens like the Variscides, the Pyrenees or the European Alps may have resulted from the closure of narrow oceanic basins (e.g., Chenin et al., 2019). These immature extensional systems are characterized by insignificant production of new, mature oceanic lithosphere and subduction of these embryonic oceans produce insignificant amounts of volcanic arc–basalts (e.g., McCarthy et al., 2020). In absence of a significant active mid–ocean ridge, such embryonic basin–margin system is likely more laterally homogeneous (due to lack of a ridge) compared to an ocean basin including a significant spreading ridge. Consequently, embryonic ocean basins likely lack significant lateral variation in temperature and, therefore, strength. Hence, the closure of such basins from SZI to SD may be considered as, respectively, natural compressive and tensile failure tests of the lithosphere. The models we present have significant implications for these natural systems. For example, subduction in the Western Alpine-Tethys presumably initiated below the hyperextended continental margin of the Adriatic plate at ca. 85 Ma (e.g., Manzotti et al., 2014) and lead to closure of the embryonic Piemonte–Liguria ocean (e.g., McCarthy et al., 2020). Our models predict that, compared to a weak subducting lithosphere, a strong lithosphere requires higher forces to fail under compression and yield SZI and plate boundary formation. However, under tension, which develops due to increasing pull forces induced by the subducting slab, the same strong lithosphere may be able to hold a continuous subducting slab down to 660 km depth over more than 20 Myr after basin closure. In contrast, a weak lithosphere fails immediately under tension and exhibits shallow SD early after closure of the embryonic ocean basin. This result may help explaining the strong east–west variability of slab geometries observed in tomographic images from the present-day European Alps (e.g., Lippitsch et al., 2003; Hua et al., 2017; Kästle et al., 2019).
Our models NOSLIM and SLIM300 (Figures 9A,B) suggest that the embryonic Piemonte–Liguria ocean might have been weaker in the east compared to the centre which lead to early and shallow slab break-off in the eastern Alps (slab gap, Lippitsch et al., 2003) whereas the slab remained more or less intact in the central region (Zhao et al., 2016). The resulting asthenospheric window in the slab (see glyphs in Figure 9B) below the eastern Alps might have induced a heat pulse in the crustal units (e.g., Davies and von Blanckenburg, 1995). For example, in simulation SLIM300 the 1,300°C isotherm is uplifted towards shallower depth in the region of SD (Figure 9B). The 1,300°C isotherm is uplifted to approximately the same depth as that of the horizontal 800°C isotherm to the left and right side of the region with SD. Therefore, the temperature can be locally increased by ca. 500°C with respect to temperatures in an undeformed lithosphere. Such local temperature increase due to SD might contribute to magmatism associated with the Bergell intrusion, which has been explained by SD (e.g., Davies and von Blanckenburg, 1995). Certainly, the Alps have a distinct 3D architecture and our models are only two-dimensional. Previous three-dimensional modelling studies have studied the impact of along-strike variations on the process of slab detachment (van Hunen and Allen, 2011; von Tscharner et al., 2014; Duretz et al., 2014). Because of their two-dimensional nature, our models do not capture along-strike propagation of slab detachment. Nevertheless, they successfully account for the physics of necking which is the underlying physical process governing slab detachment (e.g., Schmalholz, 2011; Duretz et al., 2012). Moreover, lateral propagation of slab detachment is triggered by asymmetries in the lateral structure of collision zones (van Hunen and Allen, 2011), which remain difficult to constrain through the course of the Alpine history. We hence suggest that our models remain applicable, at first order, to the study of slab detachment in the Alps.
Slab detachment is a short-lived process and we just mention also briefly two regions in which SD is presumably occurring at present day. In the Vrancea area (e.g., Wenzel et al., 1998) a nearly vertically hanging slab which is still attached to the overlying plate induces earthquakes at an intermediate depth between 70 and 180 km. However, the maximum depth of the slab might be much deeper (Sperner et al., 2001; Ferrand and Manea, 2021). Also, recent seismic data from the Hindu Kush indicates a potential onset of slab detachment or delamination at depths of ca. 200 km (e.g., Kufner et al., 2021). Such detachment depths are well predicted by our models (Figures 8D–F).
4.4 Constraining the Lithospheric Strength With Numerical Models
Three-dimensional numerical models of global mantle convection have been used to constrain the effective strength of the lithosphere. Mallard et al. (2016), for example, applied a constant von-Mises stress limiter function in their models (similar to this study) and showed that stress magnitudes between 150 and 200 MPa in the lithosphere result in the most realistic plate-like behaviour. The model results of SLIM200 confirm the results reported by Mallard et al. (2016). However, our models predict plate-like behaviour also for stresses higher than 200 MPa in the lithosphere (see for example model NOSLIM), likely because of the higher numerical resolution. In our models, high stresses in the lithosphere are limited to a 10–25 km thin, load-bearing layer (see f.e. Figures 3E–H). Such thin layers cannot be resolved numerically in most global mantle convection models. In comparison, dividing, for example, FD = 18 TN m−1, which was necessary to overcome the plate strength in NOSLIM and initiate subduction, by a ca. 50 km thick lithosphere yields an average deviatoric stress of ca. 180 MPa which agrees with the equivalent von-Mises shear stress between 150 and 200 MPa of Mallard et al. (2016), which is required to generate a plate size–frequency distribution observed for Earth. Therefore, the magnitude of the horizontal driving forces in our numerical simulations agree with horizontal forces predicted by recent global mantle convection models.
Because of the high numerical resolution, our models can test first the resistance of plates to failure under variable applied compressive stresses (during SZI) and subsequently under variable tensile stresses (during SD). Therefore, models as presented here may represent a complementary method to classical laboratory experiments, inversion from geophysical data and global mantle convection models and help to better constrain the effective strength of the lithosphere.
5 CONCLUSION
We presented 2D petrological-thermomechanical models for the convergence of embryonic ocean basins bounded by passive margins to quantify the minimum horizontal force required for subduction zone initiation (SZI) at passive margins. Although we also include an initially horizontal weak serpentinite layer in the ocean basin, our results show that this layer has no impact on SZI. In our models, plate boundary formation and SZI is controlled by thermal softening caused by shear heating. Simulations in which shear heating only is deactivated do not show SZI which clearly shows that shear heating and associated thermal softening controls SZI in our models. A temperature increase due to shear heating inside a shear zone of only ca. 50°C is sufficient for successful SZI. The minimum horizontal force (per unit length) required for such SZI is between 14 and 15 TN m−1. Dividing 15 TN m−1 by a lithosphere thickness of 50 km (representing the region with significant strength) yields a shear stress of 150 MPa. Such shear stress magnitude is consistent with average lithospheric yield stress estimates based on 3D spherical models of mantle convection in order to self-consistently produce the plate size–frequency distribution observed for Earth. Consequently, we conclude that 1) shear heating and associated thermal softening is a feasible mechanism for horizontally-forced SZI at passive margins and 2) the required horizontal force magnitudes for such SZI are realistic and in agreement with independent estimates from global mantle convection models.
The convergence and closure of ocean basins bounded by passive margins involves two geodynamic processes that are controlled by the effective strength of the lithosphere: SZI, controlled by the compressive strength of the lithosphere, and subsequent slab detachment (SD), controlled by the tensile strength. Therefore, the compressive force magnitude required to “break” the lithosphere during horizontally forced SZI is linked to the tensile force required to “break” the lithosphere during SD. Our results show that the smaller the horizontal force required for SZI, the earlier and shallower SD occurs during basin closure and the shorter is the length of the slab. We presented one simulation with a stress limit in the lithosphere of 200 MPa (corresponding to a horizontal force during SZI of 14 TN m−1) which showed a successful SZI. However, the lithosphere was so weak that the subducting lithosphere detached already in the horizontal, non-subducted region of the lithospheric plate shortly before basin closure. Such horizontal slab detachment is most likely unrealistic for most natural settings such as for the closure of the Piemonte-Liguria ocean during Alpine orogeny. In the Alps, the slab geometries are still contentious with some studies proposing slab detachment linked to the Europe-Adria collision some 30 Myrs ago while other studies argue that there was no slab detachment. Our results imply that if there was no slab detachment since the Europe-Asia collision, as suggested by some studies, then the corresponding slab must have a large effective strength to prohibit SD.
We propose that the closure of ocean basins involving both SZI and SD can be considered as a natural “experiment” that tests both the effective compressive and tensile strength of the lithosphere. Consequently, we propose that numerical studies on horizontally-forced SZI also should test whether their models can generate a significant slab which can support realistic slab pull forces in order to avoid that SZI is studied for an unrealistically weak lithosphere.
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