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The hallmark of lower Aptian sediments is commonly organic-rich black shales related to widespread oxygen deficient conditions known as ocean anoxic event 1a (OAE1a). The La Frontera section, located in the Subbetic Basin, southern Spain, documents the response to OAE1a within a ∼28 m interval divided into 3 units: U1 (before), U2 (during OAE1a), and U3 (after) to assess the local changes related to the global event. Analytical results include TIC, TOC, major elements (Al, Si, and Ti), biolimiting elements (Fe and P), redox sensitive trace elements (RSTEs; V, Cr, Cu, Mo, and U), clay minerals, bulk mineralogy, and biomarkers. Biomarker data from C27 hopane Ts/(Ts + Tm) ratios and C31 22S/(22S + 22R) homohopane ratios indicate that OM from this site are thermally immature. Unit 1 contains the highest TIC values with limestone layers that were deposited under well oxygenated conditions with minimal detrital input and low TOC. Recurrent marlstone layers within U1 show higher TOC related to heightened terrestrial input which provided increased biolimiting elements that sustained enhanced primary productivity. Elevated RSTE values associated with marlstone layers suggest low oxygen conditions, however without reaching full anoxia. The onset of OAE1a in U2 is marked by diminished TIC and dark shales with the highest TOC and RSTE values. Increased Al content, the presence of longer chain n-alkanes, plus increased quartz and feldspars during this interval are attributed to enhanced hydrological cycles providing more nutrients to the basin. Concurrently biolimiting elements were remobilized by reducing conditions as indicated by coeval increases in the RSTEs. U3 contains recurring peaks of TIC coincident with low TOC values and is characterized by decreases in relative abundances of quartz and feldspars, lower Al content and a shift back to only marine OM. Concurrence of these factors imply a decline in fluvial input. RSTEs in this unit are decoupled from TOC and correlate with Al, indicating a common provenance and that the bottom waters were likely oxygenated. Thus, the results of this study reveal that enhanced hydrologic cycles was the main driving mechanism for enhanced accumulation and preservation of OM during OAE1a in the Subbetic Basin.
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1 INTRODUCTION
The Barremian-Aptian interval was a period of profound environmental and climatic change, marked by extensive volcanic activity, ocean deoxygenation, and global carbon cycle perturbations. This time interval is marked by the development of widespread Oceanic Anoxic Events (OAEs), or episodes of enhanced organic carbon burial under oxygen-deficient conditions, that are linked to periods of extreme warmth and elevated atmospheric CO2 levels (Schlanger and Jenkyns, 1976; Arthur and Schlanger, 1979; Jenkyns, 1980; Erbacher et al., 1996; Hu et al., 2020). Among the most significant of these events was OAE1a (Selli Event, ∼120 Ma), which is recorded globally in marine sedimentary deposits and deep-sea drilling sites and represents a key interval for understanding Early Cretaceous paleoceanographic evolution.
The Barremian-Aptian transition is characterized by significant climatic shifts, largely driven by increased volcanogenic CO2 emissions from both Large Igneous Province (LIP) eruptions and enhanced seafloor spreading at active mid-ocean ridges (Arthur et al., 1985; Barron et al., 1995; Huber et al., 1995; Tejada et al., 2009; Hu et al., 2020). The rapid influx of greenhouse gases led to a reduction in latitudinal temperature gradients, resulting in weakened ocean circulation and prolonged ocean stratification (Barron et al., 1989; Larson, 1991; Tatsumi et al., 1998; Jenkyns, 2003; Fletcher et al., 2008). Additionally, heightened hydrological cycling intensified continental weathering and nutrient delivery to marine basins (Blättler et al., 2011). These responses resulted in increased primary productivity and organic matter (OM) accumulation, fostering eutrophic and dysoxic to anoxic conditions (Leckie et al., 2002).
A key marker for OAE1a is a major negative carbon isotope excursion (CIE) in both organic carbon and carbonate δ13C records, reflecting the injection of isotopically light carbon (12C) into the ocean-atmosphere system (Scholle and Arthur, 1980; Weissert, 1989; Menegatti et al., 1998). Eruptions from LIPs, particularly from the Ontong Java-Manihiki-Hikurangi Plateau in the central Pacific (Tarduno et al., 1991; Larson, 1991; Tatsumi et al., 1998; Tejada et al., 2009; Percival et al., 2021) and the dissociation of methane hydrate (Jahren et al., 2001) have been credited as the main sources influx of 12C.
This isotopic signal has been well-documented across multiple Tethyan basins and globally. Most notably these include: the Cismon Core and Gorgo a Cerbara section of the Umbria-Marche Basin (Italy) (Erba et al., 1999; Weissert et al., 1998), the Vocontian Basin (France) (Weissert et al., 1998), the Ionian and Pindos Basins (Greece) (Tsikos et al., 2004), the Exmouth Plateau (Indian Ocean, DSDP Site 766): This deep-sea site offers a crucial record of Southern Hemisphere ocean chemistry and anoxia during OAE1a (Gradstein et al., 1992; Weissert et al., 1998), among others. These global records indicate that OAE1a represents a major perturbation in the Earth’s carbon cycle, that spanned multiple depositional environments and latitudes. OAE1a is conventionally defined by a series of carbon isotope segments (C1–C8), with the anoxic interval corresponding to C3–C6, first identified in the Cismon (Italy) and Rotter Sattel (Switzerland) sections (Menegatti et al., 1998). The widespread documentation of these δ13C trends clearly reflects the geochemical state of the global carbon reservoir, therefore, it is valuable global correlation tool, applicable across marine and terrestrial stratigraphic records (Scholle and Arthur, 1980; Weissert et al., 1998; Kuhnt et al., 1998; Bellanca et al., 2002; Li et al., 2008; de Gea et al., 2003; de Gea et al., 2008; Yilmaz et al., 2004; Millán et al., 2009; Huck et al., 2010; Najarro et al., 2011; Hu et al., 2012; Godet et al., 2014; Aguado et al., 2014a; Aguado et al., 2014b; Sanchez-Hernandez and Maurrasse, 2014; Sanchez-Hernandez and Maurrasse, 2016; Sanchez-Hernandez et al., 2014; Giraud et al., 2018; Socorro and Maurrasse, 2019; Socorro and Maurrasse, 2020; Socorro and Maurrasse, 2022; Zhang et al., 2021; Herdocia and Maurrasse, 2022, and others).
The La Frontera section in the Betic Cordillera, southern Spain, is part of the Subbetic Basin (Figure 1) and includes OM-rich sediments deposited in the upper bathyal zone of the Iberian margin coeval with OAE1a, under conditions of water column deoxygenation linked to deficient circulation and increased organic productivity with increased sedimentation rates (de Gea et al., 2008; Aguado et al., 2014a; Aguado et al., 2014b). Initial biomarker (n-alkanes) results from two samples suggest that sediments in the La Frontera section were thermally immature (Quijano et al., 2012). The degree of terrigenous influence, the sources of OM and the controlling factors of redox conditions in the OAE1a interval of this distinct setting remain to be clarified. Such understanding is valuable because it can offer insight into changing conditions of modern analogs amid a warming climate.
[image: Figure 1]FIGURE 1 | (A) Geologic map of the Betic Cordillera modified after Guerrera et al. (2014). The pink star marks the location of the studied site. (B) Aerial view of the La Frontera section, the red line indicates the ∼28 m interval that was sampled.
In this study we revisit ∼28 m of the La Frontera section with main purpose to provide the fundamental geochemical data needed to further assess the specific response of this upwelling environment during the global forcing mechanisms associated with OAE1a. We use a multi-proxy study to better characterize the local factors that led to the deposition of OM-rich deposits. The results provide new data regarding total inorganic carbon (TIC), the relationships between input of carbonate biomineralizers and siliciclastic fluxes, and total organic carbon (TOC) for OM preservation. The carbon isotope data permit chemostratigraphic correlation for chronology, while major elements are used to assess terrigenous supplies, biolimiting elements for their possible influence on productivity, and redox sensitive trace elements (RSTEs) provide the oxygenation conditions in the basin and its impact on OM preservation. Additionally, biomarkers shed light on OM provenance and thermal maturity of the preserved organic matter, whereas clay and bulk mineral content further characterize the climatic conditions influencing weathering and terrigenous supplies to the Subbetic Basin during OAE1a. The integration of these results highlights the environmental conditions that favored enhanced carbon sequestration during the OAE 1a within the Barremian-Aptian interval in the Subbetic Basin.
2 LOCATION AND GEOLOGIC SETTING
The study site is located about 30 km south of Jaen on the west side of Highway A44 (E−902: Autovia Sierra Nevada – Costa Tropical Figure 1), across from the truck stop “Hostal Restaurante Frontera” (lat: 37°35′36.88′ N; long: 3°36′06.88′ W), (XF1 in Aguado et al., 2014a; Aguado et al., 2014b). The ∼28 m interval of interest contains a pelagic deposit consisting of limestone, marly limestone, marlstone, as well as dark calcareous shale of Barremian-Aptian age which include OAE1a (Molina, 1987; Sandoval et al., 2012; Aguado et al., 2014a; Aguado et al., 2014b). The succession is subdivided into two formations separated by a hiatus: the Carretero Fm (Barremian) and the Carbonero Fm (Aptian) where the biochronology was determined based on calcareous nannofossils, planktonic foraminifera, and radiolarians (Aguado et al., 2014a; Aguado et al., 2014b). Carbon isotope chemostratigraphy further permit to identify carbon isotope segments C2 to C7, thus corroborating the age and presence of OAE1a within the section (Aguado et al., 2014a; 2014b). Organic-rich sediments of the Carbonero Formation provide an excellent record of the response of the Subbetic Basin during OAE1a.
As reported in the literature, the Betic Basin developed in response to extensional tectonism which began in the Triassic Period (García-Hernández et al., 1980; Ziegler, 1988; Reicherter et al., 1994). During the Jurassic Period offshore pelagic and hemipelagic troughs and swells formed within the Southern Iberian Continental Margin (SICM) in response to the rifting of the Betic shelf (Gibbons and Moreno, 2002). The breakup of the platform led to the formation of two main paleogeographic domains, the Prebetic zone, a platform setting in the north, and the Subbetic zone, a pelagic setting in the south (García-Hernández et al., 1980; Martin-Chivelet et al., 2002). Within the Subbetic zone, 3 sedimentary realms are identified from north to south: the External Subbetic, the Median Subbetic, and the Internal Subbetic; where both the External and Internal zones are characterized by sedimentary deposits that accumulated on the swells, and the Median zone is characterized by sedimentary deposits that accumulated in the trough (García-Hernández et al., 1980). The opening of the North Atlantic Ocean in the earliest Cretaceous led to a reduction in the counterclockwise rotation of the Iberian plate relative to the African plate, followed by an acceleration of the rotation as the Bay of Biscay began to open during late Aptian to Campanian times (Ziegler, 1988; Olivet, 1996; Martin-Chivelet et al., 2002). Rapid rise of mid-ocean ridges initiated by active seafloor spreading associated with the opening of the North Atlantic Ocean at that time led to eustatic sea-level rise which flooded most of the Iberian continent except the Iberian and Erbo Variscan massifs (Martin-Chivelet et al., 2002). Sedimentation in the Subbetic Basin during Aptian times was largely controlled by this extensional regime and by changing paleoclimatic conditions as well as eustatic sea-level rise. During the Early Cretaceous Iberia had a paleolatitude of ∼25°–30° N with a subtropical, semi-arid to arid climate which favored carbonate sedimentation (Dercourt et al., 2000).
In the present geologic context, the La Frontera section is part of the Subbetic zone of the Betic Cordillera (Figure 1A). The succession was deposited on the External to Median Subbetic transition area (de Gea et al., 2012; Aguado et al., 2014a; 2014b). The studied ∼28 m (Figure 1B) includes 2 formations (Fm): the upper 10.78 m of the Carretero Fm at the base which consists of Barremian age limestones and marly limestones (Molina, 1987; Aguado et al., 1993); and 17.15 m of the overlying Carbonero Fm composed of dark marls, radiolarian-rich claystones and green marls corresponding to the Aptian which contain OAE1a (Aguado et al., 2014a; Aguado et al., 2014b).
Biostratigraphic works completed by Aguado et al. (2014a); Aguado et al. (2014b) documented biozones for radiolarians, planktonic foraminifera, and calcareous nannofossils, which are summarized on Figure 2. The biozones for radiolarians include of “Hiscocapsa” asseni and Turbocapsula zones. Planktonic foraminifera assemblages recognized Globigerinelloides blowi, Leupoldina cabri and Globigerinelloides ferreolensis zones. For calcareous nannofossil subzones NC5E, NC6A, and NC7A were identified, however the NC6B subzone is not present. This absence is interpreted to represent a stratigraphic hiatus that separates the Carretero Fm and the Carbonero Fm (Aguado et al., 1997; Aguado et al., 1999; de Gea et al., 2008; Aguado et al., 2014a; Aguado et al., 2014b). Here we rely on these Biostratigraphic works for age constraints of the studied section.
[image: Figure 2]FIGURE 2 | (A) Simplified lithologic column of the ∼28 m studied interval of the La Frontera section. (B) Biostratigraphy completed by Aguado et al. (2014a); Aguado et al. (2014b).
3 METHODS
3.1 Field sampling
A total of sixty-five (65) samples were collected over 27.93 m of the succession, yielding a sampling resolution of 1 sample every ∼43 cm, during a field campaign conducted in 2019. The sampling procedure targeted all variations in the bedding along the studied interval. All washover alluvium was removed to expose the outcrop in some areas and any weathered surfaces were either carefully removed or avoided to obtain unweathered rock sample. The dry rock colors were determined using the Rock Color chart after Goddard et al. (1963), which was modified after a 1912 Munsell color scheme.
3.2 Carbon geochemistry: TIC, TOC, and carbon isotope
Total inorganic carbon (TIC) and total organic carbon (TOC) content were measured for all 65 samples using ∼0.3 g of homogenized powdered sample. The analysis was conducted at Florida International University (FIU) using a LECO CR-412 elemental analyzer with the furnace set to 1,450°C, following the procedures detailed in Sanchez-Hernandez and Maurrasse (2014) as well as in Socorro and Maurrasse (2022). Calibration of the instrument was performed using a Fisher Scientific C64-500 pure calcite standard to generate a 15-point linear calibration curve and then corroborated using a NIST 88 b dolomite standard. The analytical precision of the analysis based on replicate runs is ±0.1%. Results for TIC are expressed in %CaCO3 and for TOC as %C. The lithologic nomenclature used follows the descriptions after Sanchez-Hernandez and Maurrasse (2014) in which: limestone >65% TIC; marly-limestone 60%–65% TIC; marlstone 30%–60% TIC; calcareous shale 10%–30% TIC; and shale 0%–10% TIC.
The stable carbon isotope on the bulk organic carbon (δ13COrg) was measured for all 65 samples. Prior to the analysis powdered samples were decarbonated using 10% HCl and then rinsed with deionized water to raise the pH, following the procedures described in Herdocia and Maurrasse (2022). Once dry, the samples were sent to be analyzed at the Stable Isotope Laboratory (SIL) of the Rosenstiel School of Marine, Atmospheric, and Earth Science (RSMEAS), University of Miami. The δ13COrg values were obtained using a Costech elemental combustion system coupled with a Thermo Scientific Delta V Advantage continuous flow isotope ratio mass spectrometer in the same manner described in Swart et al. (2019). The results are expressed as per mil (‰) deviations (δ) relative to the Vienna Pee Dee Belemnite (Belemnitella americana) standard (VPDB). The reproducibility of the analysis is ±0.1‰ based on glycine and secondary standards that were run every 10 samples.
3.3 Elemental analyses: major, biolimiting, and redox sensitive trace elements (RSTEs)
Thirty (30) samples representative of the different lithologies were selected for major elements (Al, Si, and Ti), biolimiting elements (Fe and P), manganese content, and redox sensitive trace elements (RSTEs, V, Cr, Cu, Mo, and U) analysis. The elemental concentrations were determined at FIU’s Trace Evidence Analysis Facility (TEAF). The analysis was carried out using the methodology after Arroyo et al. (2009) and further detailed in Herdocia and Maurrasse (2022). Two internal standard solutions, 300 μL indium metal (1,000 ppm in 3% HNO3) and 350 μL scandium oxide (1,000 ppm in 3% HNO3), were added to 1.000 g of powdered samples which were subsequently dried and homogenized before being pressed into pellets.
The analysis was conducted using an ELAN DRC II (Perkin Elmer LAS) inductively coupled plasma mass spectrometer (ICP/MS). Samples were introduced to the mass spectrometer via laser ablations from an Applied Spectra J200 equipped with a 266 nm Nd:YAG laser and a spot size of 200 μm at 10 Hz. Three standard reference materials (NIST2710, PACS-2, and NIST2704) were used to check the performance of the instrument and were run at the beginning of the analytical procedure, then every 10 samples, and at the end of the analysis. Results were averaged for each sample and the standard material after receiving five ablations. The overall average precision for the analysis was 0.2% relative standard deviation, with a 5.5% average error based on replicate standards. Major elements and biolimiting elements are reported as milligram per gram (mg/g) and the RSTEs are reported in parts per million (ppm).
All trace element data are interpreted using non-normalized data because, given the elemental distribution in these sediments, processing the analytical results reveals that normalization may cause “spurious correlations” or false correlations if the divisor being used to normalize (usually Al) the data contains a high coefficient of variance (standard deviation divided by the mean) (Pearson, 1896; Van der Weijden, 2002). These false correlations are further enhanced if the coefficient of variance of the divisor (Al) is higher than the numerator (trace elements). Nevertheless, in cases where these parameters are not met, normalization to Al may be useful when its coefficient of variance is low or much lower than other trace element data. The trace element data obtained at La Frontera yield a high coefficient of variance for Al (v = 0.56), therefore the data is not normalized to Al to avoid potential false correlations. Instead, here we use cross-plots between all trace elements and Al to distinguish between the possible authigenic or detrital sources of the trace elements.
3.4 Bulk and clay mineralogy
Relative abundances for bulk minerals (calcite, dolomite, siderite, pyrite/marcasite, clays, quartz, k-feldspar, and p-feldspar) and specific clay minerals (illite, smectite, chlorite, and kaolinite) were measured using X-ray diffraction (XRD) on the <2 µm fraction for thirteen (13) samples. Preparation of samples followed the methodology detailed after Moore and Reynolds (1989). The analysis was carried out at the Illinois State Geological Survey, Geochemistry Section, Prairie Research Institute, University of Illinois. The clay content was measured using a Scintag® XDS2000 diffractometer. The samples were oriented on to glass slides and step-scanned from 2° to 60° 2θ with a fixed time of 5 s per 0.05° 2θ for bulk minerals and from 2° to 34° 2θ with a fixed rate of 2° per min with a step size of 0.05°2θ for clay minerals. Instrument calibration is verified using Si XRD NBS standards #640 and #640a, and NIST standard reference materials. The results were analyzed using the semi-quantitative data reduction software from Materials Data Inc. (MDI) known as Jade+®.
3.5 Biomarkers
Preparation of the lipid extracts followed the procedures carried out by Socorro et al. (2017), and Herdocia and Maurrasse (2022) which were modified after methods used on board research vessels of the Ocean Drilling Program (e.g., Marlow et al., 2001; Bastow et al., 2007). Lipids were extracted from powdered rocks using a sonic bath for 30 min in a 10 mL solution of 1:9 methanol/dichloromethane (MeOH/DCM). Sulfur was removed by adding activated copper to the total lipid extracts as the lipid extracts were concentrated by evaporation. The nonpolar compounds, containing the n-alkanes, acyclic isoprenoids, hopanes, and steranes, were separated from the total lipid extract via column chromatography using silica gel as a stationary phase and 5 mL of hexane as the elutant.
All biomarker analyses were conducted at FIU’s Advanced Mass Spectrometry Facility. The n-alkanes were measured using gas chromatography mass spectrometry (GC/MS) on an Agilent 6,890/Agilent 5973 GC/MS. The GC used a temperature program that was set to hold at 65°C for 2 min, then ramped up to 300°C at a rate of 4°C/min and then held at 300°C for 8 min. Detection for the single-quadrupole MS was set to scan mode to monitor 42–500 m/z.
Hopane and steranes were analyzed using a Bruker EvoQ GC triple-quadrupole MS in metastable reaction monitoring mode (MRM-GC/MS/MS). The oven was programed to hold at 65°C for 2 min, then ramped up to 310°C at a rate of 4°C/min and then held isothermally for 10 min. MRM transitions include m/z 370 → 191, 384 → 191, 398 → 191, 412 → 191, 426 → 191, 440 → 191, 454 → 91, 468 → 191, and 482 → 191 for the C27 to C35 hopanes. The C27 to C30 steranes and diasteranes used m/z 372 → 217, 386 → 217, 400 → 217, and 414 → 217 MR M transitions.
The thermal maturity of the section was assessed using two hopane parameters which utilize the C27 hopane and the C31 hopane. For the C27 hopane thermal maturity assessment the Ts/(Ts + Tm) or Ts/Tm ratio was calculated as follows:
[image: image]
The C31 hopane thermal maturity parameter uses the C31 22S/(22S + 22R) homohopane isomerization ratio as follows: 
[image: image]
3.6 Correlations
The majority of correlations used in this study are calculated using Microsoft Excel 2016 which utilizes Pearson correlations (r): [image: image]; where xi and yi are the corresponding sample values, and x̄, ȳ are the sample averages. The calculated r-values vary from −1 to 1, where −1 is a perfect negative correlation, 0 refers to no correlation, and 1 is equivalent to a perfect positive correlation.
Linear cross-plots with R2 values generated by Microsoft Excel 2016 are also employed to determine correlations between Al and the other trace elements.
4 RESULTS
4.1 TIC and TOC
Figure 3 is a compendium of the lithostratigraphy together with the results for TIC, TOC, and δ13Corg, also shown in Table 1. Overall TIC content fluctuates between 0% and 89.6% (Figure 3B), and the temporal distribution of these values permits to distinguish 3 distinct units defined below.
[image: Figure 3]FIGURE 3 | (A) Simplified lithologic column of the ∼28 m studied interval of the La Frontera section. Carbon geochemistry plots: (B) total inorganic carbon (TIC) in %CaCO3; (C) total organic carbon (TOC) in %C; (D) carbon isotope curve on the organic carbon (δ13Corg) plotted in per mil (‰) relative to the Vienna Pee Dee Belemnite standard (VPDB).
TABLE 1 | Carbon geochemistry (TIC, TOC and δ13Corg) values for the ∼28 m of the La Frontera section with their respective sample ID and stratigraphic height.
[image: Table 1]Unit 1 (U1) consists of the lowermost 13.13 m of the studied section and constitutes the interval in the succession with the highest TIC values (average 73.1%), ranging from 38.2% to 89.6% TIC. U1 includes 15 individual layers that comprise the Carretero Fm in the lower 11.05 m (zigzag line in Figure 3A) and the lowest portion of the Carbonero Fm in the upper ∼2.37 m. The lower 11.05 m of the section consists of 5 light gray (N7) pelagic limestone layers with 4 medium dark gray (N4) marlstone interbeds (TIC 38.2%–59.1%). A medium dark gray (N4) marly limestone (63.5%) occurs at 1.25 m (Figures 3A, B). The upper portion of U1 that includes the base of the Carbonero Fm is characterized by an abrupt change in the color of the layers to a dark greenish hue up to 13.42 m and that interval contains 3 greenish gray (5GY) marlstone layers separated by 2 olive gray (5Y 4/1) limestone layers.
Unit 2 (U2, from 3.42 m to 18.25 m) is characterized by its sharp decrease in TIC that remains at 0 throughout that interval, except at 17.65 m (TIC 13.7%) and in its upper limit at 18.25 m where there is a slight increase to 4.5% (Figure 3B; Table 1). U2 consists of 3 layers that are mostly of dark gray (N3) shales, with one dark greenish gray (5GY 4/1) calcareous shale layer at 17.65 m.
Finally, unit 3 (U3, from 18.77 m to 27.93 m) is marked by increased TIC values, that vary from 14.9% to 68.8 wt%, with an average of 32.5% (Figure 3B). It is composed of 6 layers: an initial olive gray (5Y 4/1) limestone layer followed by alternating greenish gray (5GY) marlstones and dark greenish gray (5GY 4/1) calcareous shales extending between 18.25 and 27.93 m.
TOC content fluctuates throughout the studied section and varies from 0.02% to a maximum of 3.4% (Figure 3C). The values are characteristically low in U1 where they remain mostly below 1% with an average of 0.25%, except at 6.41 m with a peak of 1.2%. The overlying shale interval (U2) contains the highest TOC values (average 1.1% TOC) and has 3 distinct peaks with progressively decreasing values at 14.08 m (3.4%), 16.05 m (1.5%), and 18.25 m (0.89%). TOC decreases again in U3 where the values stay above 0, but not surpassing 0.37%, with an average 0.24%.
4.2 δ13Corg
The studied section yields δ13Corg values that vary within a range of ∼6.3‰, from −27.8‰ to −21.5‰ (Figure 3D). Regarding the three lithologic units identified in the section (Figure 3A), isotopic values within U1 are relatively stable (−26.4‰ to −24.3‰) averaging −25.1‰. The greatest variability in the carbon isotope values develops in U2, the shale interval. The most negative value, −27.8‰, occurs at the base of U2 (13.42 m), followed by a 3.7‰ positive shift up to −24.1 at 15.43 m. This high is followed by a negative swing to −25.5‰ at 16.05 m before an increase to −22.6‰ at 17.17 m. Another negative inflection to −24.1‰ ensues at 18.25 m, which is about the topmost limit of U2. Subsequently, the carbon isotope increases to its most positive value of −21.5‰ at 19.65 m in the transition to U3. Finally, the carbon isotope values drop slightly to −22.9‰ at 21.29 m and remain relatively stable between −23.5‰ and −21.9‰ up to the end of the studied interval with an average of −22.8‰.
4.3 Elemental concentrations: major, biolimiting, and redox sensitive trace elements
Results for 30 samples analyzed for major elements (Al, Si, Ti), biolimiting elements (Fe, P), Mn, and RSTEs (V, Cr, Cu, U, Mo) are listed in Table 2 and shown on Figures 3, 4.
TABLE 2 | Absolute values of the major elements (Al, Si and Ti), biolimiting elements (Fe and P), redox-sensitive trace elements (RSTEs) (V, Cr, Cu, Mo, and U), and manganese of the La Frontera section. Concentrations for major elements are reported in milligrams per Gram (mg/g) and concentrations for all other trace metals are reported as parts per million (ppm).
[image: Table 2][image: Figure 4]FIGURE 4 | (A) Simplified lithologic column of the ∼28 m studied interval of the La Frontera section with vertical distribution of the major elements, (B) Al, (C) Si, (D) Ti and the biolimiting elements, (E) P, and (F) Fe. Values are in milligram per gram (mg/g).
The highest values for all the major elements occur within the shale layers, especially within U2, while the lowest values occur in the limestone layers, namely, within U1 (Figure 4). Major elements fluctuate with lithology and increase inversely with TIC, sharing a strong negative correlation with TIC (r = Al, −0.97; Si, −0.95; Ti, −0.97). By comparison Al, Si, and Ti share a positive correlation with TOC (r = Al, 0.56; Si, 0.70; Ti, 0.63).
Biolimiting elements Fe and P vary independently of each other (Figures 4E, F). Fe varies from 12.9 mg/g to 72.4 mg/g with an average of 42.7 mg/g, and P fluctuates from 0.33 mg/g to 0.84 mg/g with an average of 0.52 mg/g. Generally, Fe follows the lithology with higher values occurring mostly where TIC is lower (r = −0.77) but follows a similar trend with Al (r = 0.77), especially within U1 and U3. In U1 Fe has a strong correlation with both Al (r = 0.99) and TOC (r = 0.84), although in U2 it becomes mostly decoupled from Al (r = 0.26) and TOC (r = −0.49). Subsequently, during U3 Fe is strongly correlated to Al (r = 0.96) and moderately to TOC (r = 0.49). Overall, P neither shares particular trends with TIC (r = −0.03), Al (r = 0.10), nor TOC (r = −0.10). However, within U1 P covaries with Al (r = 0.83) and TOC (r = 0.56), decreases in U2 and varies independently of both Al (r = −0.03) and TOC (r = −0.04). P remains partly decoupled from Al (r = 0.05) and TOC (r = 0) in the succeeding U3.
Most of the RSTEs follow an apparent trend correlative with Al, namely, V (r = 0.92), Cr (r = 0.97), Cu (r = 0.84), and U (r = 0.74) and relates to lithology, whereby their highest values occur within the shale interval U2 (Figures 5A-H). Unlike the other RSTEs Mo remains substantially below 1 ppm throughout the studied section but reaches peaks at 3 levels: 14.08 m (12.3 ppm), 14.65 m (2.1 ppm), and 16.05 m (2.5 ppm) which coincide with the 2 highest TOC values (14.08 m and 16.05 m), moreover, Mo shares a strong positive correlation with TOC (r = 0.91; Figure 5G). Manganese concentration varies from 80.0 to 2,490.3 ppm with the highest average value (x̄ = 1,145.6 ppm) in U1. Sustained Mn lowest values occur in U2, remaining below 209 ppm (80.0–208.0 ppm, x̄ = 124.9 ppm), and increases in U3, varying from 338.3 to 2,490.3 but with an average of x̄ = 797.6 ppm, below that attained in U1.
[image: Figure 5]FIGURE 5 | (A) Simplified lithologic column of the ∼28 m studied interval of the La Frontera section. Vertical trends of trace metals plotted with TOC (B). (C–G) RSTEs: V, Cr, Cu, U, and Mo. (H) Mn. TOC values are in %C and all trace metals are reported in parts per million (ppm).
4.4 Clay and bulk mineralogy
Figures 6A-E; Table 3 show the clay and bulk mineralogy results for 13 representative samples of the various lithologies. The dominant clay mineral throughout the section is illite with values between 47% and 72%, and an overall average of 63%. The lowest illite value occurs within U2 at 15.02 m where smectite is highest. Smectite is the next most abundant clay mineral present with values ranging from 20% to 51%, and an average of 29%. Chlorite content varies from 0% to 9%, with an average of 5% while kaolinite is the least abundant clay in the section with values from 0% to 6% and an average of 3%. Lithology does not seem to be a factor for illite content as it shows a weak correlation with TIC (r = 0.42), whereas smectite content decreases with increasing TIC (r = −0.75) both chlorite and kaolinite vary strongly with TIC (r = 0.88 and r = 0.82, respectively).
[image: Figure 6]FIGURE 6 | (A) Simplified lithologic column of the ∼28 m studied interval of the La Frontera section. (B) Vertical distribution of the relative abundances for the clay minerals (<2 µm fraction): illite, smectite, chlorite, and kaolinite. (C) Average bulk mineral abundance for unit 3. (D) Average bulk mineral abundance for unit 2. (E) Average bulk mineral abundance for unit 1.
TABLE 3 | Relative abundance values for bulk mineralogical content and clay mineralogy for the La Frontera Section.
[image: Table 3]Bulk mineralogy (Figures 6C–E) shows calcite as the most abundant mineral with fluctuating values from 1% to 75% (average = 41%). Quartz is second (7%–72%, average = 30%) and is predominant in U2 (average = 63%). Clay minerals are third in abundance with an average of 11% (8%–12%). Accessory minerals include plagioclase feldspar (1%–13%), potassium feldspar (2%–8%), siderite (3%–7%), pyrite/marcasite (1%–3%), and dolomite (1%–2%). The pie charts (Figures 6C–E) illustrate the bulk minerals averaged for each of the 3 units where differences become more apparent. U1 stands in sharp contrast to U2 due the predominance of calcite while U2 shows the most abundant quartz. Remarkably, during U2 calcite becomes supplanted by quartz, P-feldspar, and K-feldspar (5% each; Figure 6D). Then in the uppermost unit (U3) calcite increases again reaching an average of 46%, followed by quartz, clays, P-feldspar, siderite, K-feldspar, Pyrite, and then dolomite (Figure 6C).
4.5 Biomarkers
Biomarker analysis from the aliphatic portion of the lipid extracts was carried out on 25 samples and focuses primarily on the n-alkanes. The total ion chromatogram shows that the aliphatic fraction is predominantly comprised of n-alkanes, the acyclic isoprenoids pristane (2,6,10,14-tetramethylpentadecane, or Pr) and phytane (2,6,10,14-tetramethylhexadecane, or Ph) with essentially no unresolved complex mixture (UCM; Figure 7). Figure 8 shows that the n-alkanes range from nC12 to nC25 and have a unimodal distribution with a positive skew. Short-chain n-alkanes (<nC19) are found throughout the length of the studied section while longer chains (>nC20) are only found within the shale interval (U2) and in one sample in U1 (6.41 m, sample LF-19-16, Figure 3C).
[image: Figure 7]FIGURE 7 | Total ion chromatograms for the aliphatic fraction from select samples: LF-19-5, 1.53 m, U1; LF-19-37, 14.08 m, U2; LF-19-41, 16.05, U2; LF-19-53, 22.22 m, U3.
[image: Figure 8]FIGURE 8 | n-alkane distribution for all analyzed samples. Yellow colored bar graphs represent n-alkane distributions for samples in Unit 1, gray colored bar graphs represent n-alkane distributions for samples in Unit 2, and green colored bar graphs represent n-alkane distributions for samples in Unit 3.
Hopanes (m/z 191) and steranes (m/z 217, m/z 218, and m/z 259) were measured on 9 of the 25 analyzed samples, but only 2 had results from which reliable interpretations could be drawn (samples: LF-19–37 (14.08 m) and LF-19–41 (16.05 m), both from U2 at levels with highest TOC values (Figure 3C). Observed hopanes in these samples include 18α-22,29,30-trisnorneo-hopane (Ts), 17α-22,29,30-trisnorhopane (Tm), and C31 homohopane (Figure 9). The Ts/(Ts + Tm) ratio was only determined at these levels because Ts was not detected in the other analyzed samples which all had very low TOC (<0.81%). Gammacerane was not detected at any level within the studied interval. Regular steranes and diasteranes were identified at most analyzed levels except at levels with <0.33% TOC.
[image: Figure 9]FIGURE 9 | Metastable reaction monitoring (MRM) transition profiles from 2 samples (LF-19–37, 14.08 m and LF-19–41, 16.05 m), showing the distribution of various hopanes. (A) C27 hopane MRM for LF-19-37. (B) C31 hopane MRM for LF-19-37. (C) C27 hopane MRM for LF-19-41. (D) C31 hopane MRM for LF-19-41.
5 DISCUSSION
5.1 Thermal maturity assessment: reliability of organic geochemical proxies
The organic geochemical archive that permits reliable interpretation of useful criteria such as the stable-carbon isotope and the origin of the organic matter in the sedimentary record becomes altered with increasing thermal maturity (Philippi, 1965; Seifert and Moldowan, 1980; Mackenzie et al., 1980; Clayton, 1991; Clayton and Bjorøy, 1994; Peters et al., 2005; Peters et al., 2007). Hence, it is necessary to consider the extent of thermal degradation to better understand the information provided by these proxies. Common molecular maturity parameters include ratios of certain stereoisomerization reactions of hopanes and steranes (e.g., Mackenzie et al., 1980; Farrimond et al., 1998; Socorro and Maurrasse, 2020; Socorro and Maurrasse, 2022; Londoño and Collins, 2022). These proxies rely on the basis that the relative abundance of the non-biogenic stereoisomer increases relative to its biogenic counterpart as the degree of thermal maturity increases, because the non-biogenic stereoisomer is more stable at higher temperatures (Curiale et al., 1989; Peters et al., 2007).
Here we rely on the C27 hopane and the C31 homohopane isomerization reactions as thermal maturity indices. The biologically produced C31 homohopane contains a 22R configuration at the C-22 position and converts to 22S isomer as thermal maturity increases (Peters et al., 2007). Rising temperatures cause the C31 homohopane 22S/(22S + 22R) ratio to increase from 0 up to equilibrium (0.57–0.62) during the main phase of oil generation (Peters et al., 2007). Similarly, the C27 hopane 18α-22,29,30-trisnorneohopane (Ts) remains more stable at higher temperatures while the C27 17α-22,29,30-trisnorhopane (Tm) becomes less stable as temperature increases (equilibrium values: 0.52–0.55) (Seifert and Moldowan, 1978). Thus, the Ts/(Ts + Tm) ratio can similarly be used to estimate thermal maturity.
The samples analyzed at La Frontera have C31 homohopane 22S/(22S + 22R) ratios from 0.05 to 0.38 (Figure 9) which are below the equilibrium values. Likewise, the ratios for Ts/(Ts + Tm) range from 0.06 to 0.09, again lower than equilibrium values. Accordingly, low Ts/(Ts + Tm) values along with C31 22S/(22S + 22R) values below equilibrium indicate that the samples are thermally immature, therefore their geochemical signals have experienced little to no alteration related to thermal modification. Our results agree with previous findings on 2 samples within OAE1a in La Frontera indicating thermally immature OM based on 22S/(22S + 22R) homohopane ratios, C30 βα/(βα+αβ) hopane ratios, ββ/(ββ+αα) sterane ratios, and 20S/(20S + 20R) sterane ratios (Quijano et al., 2012). A further biomarker study (Aguado et al., 2014a) reiterated the earlier results of the La Frontera section based on the C31 22S/(22S + 22R) 17a , 21b-homohopane ratio, C30 βα/(βα + αβ) hopane ratios, and the odd-over-even carbon number predominance (OEP) of the long chain n-alkanes (>nC24).
Moreover, fluctuations in the clay mineralogy can allude to the degree of thermal diagenetic alteration of sedimentary rocks, as secondary illite may form due to thermal diagenesis of smectite- or kaolinite-illitization with increasing depth (Cuadros and Linares, 1996; Sangüesa et al., 2000). Both types of illitization reactions occur at increasing burial temperatures. Smectite illitization begins as temperatures rise above 50°C (Cuadros and Linares, 1996; Du et al., 2019; Hower et al., 1976; Deer et al., 1977; McIntosh et al., 2021) and kaolinite illitization occurs in the temperature range of 130°C–150°C (Bjørkum and Gjelsvik, 1988; Bjørlykke and Aagaard, 1992). The relative abundance of illite content (Figure 6B) does not increase with depth, thus corroborating with the biomarker thermal maturity proxies, supporting that the sample are thermally immature, By contrast, another study of OM on the equivalent lithologic succession, the Carbonero section, approximately 18 km west of the La Frontera section revealed different results (Castro et al., 2019). The study used 22S/(22S + 22R) homohopane ratios, C29 20S/(20S + 20R) steranes ratio, C29 (C29ββ/ββ+αα) steranes ratio, C30 hopanes (βα/βα + αβ) ratio and the n-alkane CPI ratio which revealed a thermal maturity hovering within the peak oil window to slightly over mature (Castro et al., 2019). These contradicting results indicating high thermal maturity were presumed to be OM recycled from weathering ancient rocks at the time of deposition, which may underscore lateral variability in the continental margin topography that controlled the delivery of terrigenous supply to the Subbetic Basin.
5.2 Chemostratigraphic correlation
The La Frontera section has been dated using δ13Corg calibrated to calcareous nannofossils, foraminifera, and radiolarian biochronology (Aguado et al., 1992; de Gea et al., 2012; Aguado et al., 2014a; Aguado et al., 2014b). Aguado et al. (2014a) identified carbon isotope segments C1 to C8 in their study of the La Frontera section. In this work, carbon isotope segments C1 to C7 have been recognized and correlated to Roter Sattel section in Switzerland, the Cismon section in northern Italy (Menegatti et al., 1998), the El Pui and the El Pujal sections in northeastern Spain (Sanchez-Hernandez and Maurrasse, 2016; Socorro and Maurrasse, 2022), the Cuchía section in northern Spain (Herdocia and Maurrasse, 2023), the Calabianca section in southern Italy (Bellanca et al., 2002), and the Cau section in southeastern Spain (de Gea et al., 2003; Figure 10).
[image: Figure 10]FIGURE 10 | Chemostratigraphic correlation determined by the δ13Corg of the La Frontera section (G) with the (A) Roter Sattel section (Menegatti et al., 1998), (B) Cismon section (Menegatti et al., 1998), (C) El Pui (black; Socorro and Maurrasse, 2022) and the El Pujal sections (Gold, Socorro and Maurrasse, 2022), (D) the Cuchía section (Herdocia and Maurrasse, submitted), (E) the Calabianca section (Bellanca et al., 2002), and (F) the Cau section (de Gea et al., 2003). The green star indicates a positive peak found in segment C5 at all sites.
Thus, in this study we use the carbon isotope segments C1 to C8 described by Menegatti et al. (1998) to confirm the stratigraphic position of our study interval. In the original description of the carbon isotope segments C3 is characterized by a strong negative inflection, or the carbon isotope excursion (CIE), followed by a positive shift (C4) indicative of OAE1a (Menegatti et al., 1998). This process for the identification of OAE1a using the carbon isotope curve has been established to be a robust method for chemostratigraphic correlations of coeval sites as the carbon isotope expression in both the organic carbon (δ13Corg) and carbonate (δ13Ccarb) isotopes are recognized globally (e.g., Menegatti et al., 1998; Kuhnt et al., 1998; Leckie et al., 2002; Yilmaz et al., 2004; Forster et al., 2004; Godet et al., 2006; Michalík et al., 2008; Sanchez-Hernandez and Maurrasse, 2016; Socorro and Maurrasse, 2022). Indeed, some variability is expected from site to site as local factors specific to each basin such as OM source, diagenesis, or species-specific fractionation of organic carbon may affect the carbon isotopic values (Ravelo and Fairbanks, 1995; Feakins et al., 2007; Godet et al., 2014).
The lower part of U1 (0–11.05 m, Carretero Fm) correlates with carbon isotope segment C1 as the isotopic values (δ13Corg) range from −26.4‰ to −24.3‰ and average −25.1‰ (Figure 10G; Table 1). These δ13Corg values are consistent with those obtained for the Roter Sattel section in which the values are close to −25.4‰ (Figure 10A; Menegatti et al., 1998). Biostratigraphic studies conducted at coeval sites containing the Carretero Fm and the Carbonero Fm within the Subbetic basin identified a hiatus between the two formations (Aguado et al., 1997; Aguado et al., 1999; de Gea et al., 2008; Aguado et al., 2014a; Aguado et al., 2014b). The stratigraphic break is based on coccolithophores indicating the presence of Flabellites oblongus without H. irregularis in the upper part of the Carretero Fm, placing it in the uppermost part of the Micrantholithus hoschulzii nannofossil zone (Aguado et al., 1997; Aguado et al., 1999). The presence of Hayesites irregularis, Nannoconus truittii, and Braarudosphaera africana in the overlying Carbonero Fm, places this interval in the upper H. irregularis nannofossil zone which is equivalent to the upper part of the Deshayesites weissi ammonite zone (Aguado et al., 1997; Aguado et al., 1999). The hiatus should include a gap which spans through the upper Colchidites sarasini ammonite zone, the whole Deshayesites tuarkyricus ammonite zone, and the lower D. weissi ammonite zone, which has been attributed to a period where subsidence was at a minimum (de Gea et al., 2008). Therefore, the upper portion of U1 (11.05–13.16 m, base of the Carbonero Fm) corresponds to carbon isotope segment C2 with values averaging −25.4‰ during this interval (Figure 10G; Table 1).
The most negative carbon isotope values reach −27.8‰ at the start of U2 (13.42 m) with a pronounced 2.7‰ negative shift from segment C2 (Figures 3D, 10G; Table 1), consistent with the maximum negative carbon isotope value correlative with segment C3, as observed in the Roter Sattel section which has a ∼4.4‰ negative shift (Menegatti et al., 1998; see Figure 10A). This characteristic negative CIE characterizes the base of OAE1a at the La Frontera section, thus comparable to similar sharp shifts recorded in deposits of the Tethyan domain such as ∼2.4‰ for segment C3 at Cismon, ∼3.0‰ at El Pui, 1.8‰ at Cuchía, ∼2.3‰ (δ13Ccarb) at Calabianca, and ∼2.3‰ (δ13Ccarb) at Cau (Figure 10). Likewise, at La Frontera, a rapid positive shift of 3.7‰ occurs from 14.08 to 15.43 m indicative of carbon isotope segment C4, which agrees with the isotopic shift of ∼3.4‰ at Roter Sattel, ∼2.5‰ at Cismon, ∼3.7‰ at El Pui, ∼1.0‰ at Cuchía, ∼2.3‰ (δ13Ccarb) at Calabianca, and ∼3.3‰ (δ13Ccarb) at Cau. Segment C5 at La Frontera extends from 15.43 to 18.25 m where the isotope values dip from −24.1‰ (15.02 m) to −25.5‰ (16.05 m) then increases to −22.6‰ (17.17 m), followed by a decline to −24.1‰ (18.25 m). In extended sections, segment C5 is typically described as a plateau where isotopic values are centered on ∼25.2‰ analogous to Roter Sattel. In different sections segment C5 also includes a characteristic slight positive peak (Figure 10; marked with a green star). This minor peak precedes the decline that follows reaching a minimum of −24.1‰ at its termination. This short-lived positive excursion in C5 can be observed at Cismon (∼263.3 m; Figure 10B; Menegatti et al., 1998), at Calabianca (∼2.1 m depth; Figure 10E; Bellanca et al., 2002) and particularly in the extended El Pui section abutting with the El Pujal section (Figure 10C) (Sanchez-Hernandez and Maurrasse, 2016; Socorro and Maurrasse, 2019).
A sudden positive shift corresponds to segment C6 which begins at 18.25 m and continues through 19.65 m, crossing into U3 (Figure 3D) where values increase by 2.6‰, up to −21.5‰, consistent with similar increase of ∼2.4‰ at Roter Sattel, ∼3.2‰ at Cismon, 2.9‰ at Cuchía, ∼1.0‰ at Calabianca, and ∼0.5‰ at Cau (Figure 10). Finally, the upper portion of La Frontera, from 19.65 m to 27.93 m, is assigned to segment C7 where values are centered on ∼ −22.8‰, comparable to the values at Roter Sattel (−23.2‰), Cismon (−22.9‰), Calabianca (∼3.5‰, δ13Ccarb), and Cau (∼3.7‰, δ13Ccarb) (Figure 10).
5.3 Assessment of sediment accumulation rate
The sediment accumulation rate may play an important role in the preservation of OM because increased burial of OM prevents its oxidation, although it could also lead to an apparent lower TOC values due to a dilution effect (Tyson, 2001). Therefore, assessing the bulk sediment accumulation rate can shed light on potential factors that influence OM preservation and intrinsic TOC values.
Most recent values of estimated sedimentation rates associated with OAE1a at different sections (e.g., Kuhnt et al., 2011; Lorenzen et al., 2013; Castro et al., 2021; Socorro and Maurrasse, 2022) followed the chronology of the carbon isotopic segments determined by Li et al. (2008) using orbital tuning at the Santa Rosa section, NE Mexico. Hence, the integrated durations for carbon isotope segments C3, C4, C5, and C6 were quantified from the Cismon APTICORE (Italy) being ∼1.27 Ma and the Santa Rosa section (NE Mexico) ∼ 1.28 Ma. More precisely, the duration for each of the carbon isotope segments was estimated as follows: C3 = 27–44 kyr; C4 = 330 kyr; C5 = 570 kyr, and C6 = 310–330 kyr (Li et al., 2008). However, because there is evidence that the Cismon APTICORE experienced some dissolution or an unconformity at the onset of OAE1a within the C3 interval the proposed duration for C3 was regarded as an underestimation (Li et al., 2008; Kuhnt et al., 2011; Castro et al., 2021; Leandro et al., 2022). Given this uncertainty with the Cismon APTICORE standard, other studies initiated elsewhere have determined the duration of C3 with some large variability between sites. For instance, Kuhnt et al. (2011) estimated the duration of segment C3 at La Bédoule (SE France) to be greater than 100 kyr, whereas Lorenzen et al. (2013) estimated a duration of 280–350 kyr for C3 from a core (LU1) drilled at La Bédoule. In addition, more recently Leandro et al. (2022), determined that the Selli Event (C3 to C6) had a duration of 920 kyr using orbital tuning of the Poggio le Guaine core from the Umbria-Marche Basin in Italy. Combining the estimates of these previous studies we use the durations of the bulk sediment accumulation rates for La Frontera as follows: C3 ∼100–350 kyr; C4 ∼ 330 kyr: C5 ∼ 570 kyr, and C6 ∼310–330 kyr, or 920 kyr from the Poggio le Guanie core (Leandro et al., 2022).
Thus, the dry bulk sediment accumulation rates for the studied section yield the following values: segment C3 is 0.92 m (13.16–14.08 m), using a range of 100–350 kyr as the duration of C3, it may range between 0.3 and 0.9 cm/kyr; C4 is 1.35 m (14.08–15.43 m), it is 0.4 cm/kyr; C5 is 2.82 m (15.43–18.25 m) it is 0.5 cm/kyr; and C6 is 1.4 m thick (18.25–19.65 m) it is 0.4–0.5 cm/kyr. By comparison, based on 1.3 Ma duration for OAE1a, the average sediment accumulation rate at La Frontera with a thickness of 6.49 m is ∼0.5 cm/kyr, or 0.7 cm/kyr using 920 kyr (Leandro et al., 2022), whereas at La Bédoule the average sediment accumulation rate is 1.6–2 cm/kyr (Lorenzen et al., 2013). An even greater difference is observed for the coeval Carbonero section from the External zone of the Subbetic Basin located ∼18 km west of La Frontera which has an average sediment accumulation rate of 3 cm/kyr (Castro et al., 2006) or ∼4 times the rate observed at La Frontera. These differences can likely be attributed to variable subsidence rates between the two sites as indicated in the paleogeographic reconstruction in Figure 11 of (Aguado et al., 2014b).
[image: Figure 11]FIGURE 11 | Linear cross plots of all measured trace elements versus Al, showing the correlation coefficient (R2). (A) Silicon; (B) titanium; (C) phosphorous; (D) iron; (E) vanadium; (F) chromium; (G) copper; (H) molybdenum (I) uranium. Yellow colored dots represent samples in Unit 1, gray colored dots represent samples in Unit 2, and green colored dots represent samples in Unit 3.
Hence, despite the differences in the estimated duration of the isotopic segments, the average accumulation rate being 0.3 to a maximum of 0.9 cm/kyr indicates that on the overall this part of the Subbetic Basin did not experience appreciable changes in the sediment accumulation rate that would lead to dilution effects or increased OM preservation observed at the onset of OAE1a in the U2 interval (Figure 3C). However, the lack of carbonate in U2 (carbon isotope segments C3–C5) may reflect an underestimation for the bulk sedimentation rates discussed above.
5.4 Sources of organic matter
Marine sedimentary deposits are typically composed of a mixture of land-derived material, minerals that precipitated from the ocean water, biogenic tests, and residual organic matter of marine organisms (Seibold and Berger, 2017). Thus, the OM may be supplied by autochthonous and allochthonous sources. For instance, overland flow may introduce OM sourced from higher plants or soils with characteristic carbon compounds different from those of the marine algae and bacteria produced in situ. Most OM is remineralized (>90%) as it sinks through the water column and consequently only a small fraction is preserved in the geologic record (Eadie, 1984; Hedges, 1987; Goldberg et al., 2009). The organic molecules that reach the seafloor are susceptible to further diagenetic alteration and the molecules preserved in ancient rocks or sediments are the stabilized end products characteristic of their parent compound (biomarkers), therefore they are representative of the original organic molecule (Meyers, 2003; Peters et al., 2005). Although these compounds are capable of being biodegraded as bacteria consume hydrocarbons, typically beginning with the low molecular weight n-alkanes followed by the acyclic isoprenoids (Pr and Ph) and then continuing with the higher molecular weight components (Peters et al., 2005). As this process of degradation continues, the major resolved compounds are removed, leaving behind other complex molecules that cannot be resolved by GC/MS. This fragmentation results in the formation of an unresolved complex mixture (UCM) hump in the chromatograms (Meyers, 2003; Peters et al., 2005). However, aliphatic hydrocarbons are regarded as robust biomarkers that can be used for characterization of the OM sources because of their relatively strong resistance to microbial degradation (Eglinton and Eglinton, 2008).
In the samples from La Frontera, chromatograms show no evidence of any UCM (Figure 7), therefore they can be regarded as unaltered by biodegradation. Biomarker signatures can also be affected by elevated temperatures as these conditions can alter organic molecules by breaking the covalent C-C bonds (Seifert and Moldowan, 1980; Mackenzie et al., 1980; Peters et al., 2005; Eglinton and Eglinton, 2008). However as discussed in the Thermal Maturity Assessment (Section 5.1), the samples collected are thermally immature. Thus, the distribution of the n-alkanes is representative of the original OM deposited at La Frontera. Generally, short chain n-alkanes, up to nC19, are a distinctive of products generated from marine phytoplankton (Cranwell, 1973; Cranwell et al., 1987; Forster et al., 2004; Peters et al., 2005), whereas OM derived from aquatic macrophytes tend to have carbon chains between nC20 and nC25 (Cranwell, 1984; Ficken et al., 2000). Land plants generate long chain n-alkanes (>nC25) that come from their epicuticular wax coating and have strong odd-over-even carbon preference, where nC27, nC29, and nC31 are typically have the highest relative abundances with respect to the other high molecular weight n-alkanes (Eglinton and Hamilton, 1967; Peters et al., 2005; Eglinton and Eglinton, 2008).
The measured biomarkers from La Frontera revealed an n-alkane distribution with chain lengths from nC12 to nC25 with a positive skew centered on nC14 for all analyzed samples. However, the stratigraphic distribution of the n-alkanes varies for each of the units in La Frontera. For example, the lower unit (U1) is dominated by short-chain n-alkanes, mostly not exceeding nC20 except at 6.41 m (sample LF-19-16) where the chain-length reaches up to nC25 with low relative abundances in the longer chain n-alkanes (Figure 8). By contrast, within the overlying unit (U2), chain-lengths above nC20 are observed in 6 of the 7 samples analyzed for that interval, although low molecular weight n-alkanes are still predominant. In U3 the n-alkanes mostly do not surpass nC20, except for LF-19–53; 22.22 m (Figure 8).
In all 25 analyzed samples the low molecular weight n-alkanes were the most abundant biomarkers observed, suggesting that the OM is mostly being produced by microbial phytoplankton communities. Presumably, periods of enhanced terrestrial fluxes supplied the longer chain n-alkanes (nC20 to nC25), derived from aquatic macrophytes (Cranwell, 1984; Ficken et al., 2000). This is supported by increased concentrations in the major elements which occur concurrently with periods of higher molecular weight n-alkanes at 6.41 m (Figures 2, 3, 7; LF19-16) as well as within U2. Given that OAE1a has been reported to coincide with enhanced hydrological cycles (Barron et al., 1981; Jenkyns, 2003; Fletcher et al., 2008; Blättler et al., 2011; Sanchez-Hernandez and Maurasse, 2016; Socorro and Maurasse, 2022; Herdocia and Maurasse, 2022, and others), the data obtained here further exemplifies the degree of continental influence that occurred globally at that time. Overall, the highest TOC content occurs within U2, or during OAE1a, where long chain n-alkanes are increasingly prevalent (Figure 8, LF19-36–45). Since higher molecular weight n-alkanes are more recalcitrant to degradation and are more readily preserved (Cranwell, 1981; Kawamura et al., 1987; Meyers and Eadie, 1993) their presence is likely a contributing factor to increased TOC values observed at these levels.
Isoprenoids are found abundantly in organic geochemical studies of ancient rocks and sediments (e.g., Schouten et al., 2000; Meyers, 2003; Sinninghe Damsté et al., 2008; Sanchez-Hernandez et al., 2014; Sanchez-Hernandez and Maurrasse, 2014; Sanchez-Hernandez and Maurrasse, 2016; French et al., 2014; Ando et al., 2017; Socorro and Maurrasse, 2019; Socorro and Maurrasse, 2020; Socorro and Maurrasse, 2022; Londoño and Collins, 2022; Herdocia and Maurrasse, 2022). The main source of the acyclic isoprenoids, Pr and Ph, is from the phytyl side chain of chlorophyll a and from bacteriochlorophyll a and b (Brooks et al., 1969; Powell and McKirdy, 1973). As chlorophyll degrades, the phytyl side chain is cleaved from the molecule and forms phytol, the precursor molecule for both Pr and Ph. These isoprenoids develop under contrasting environmental conditions. For example, Pr is produced in oxic environments where phytol is oxidized to phytenic acid and later decarboxylated to Pr. Conversely, under a reducing conditions phytol reduces to dihydrophytol and further reduction creates Ph (Brooks et al., 1969; Peters et al., 2007; Rontani and Bonin, 2011). In this manner, Pr/Ph ratios have been used to estimate paleoredox conditions using rock and oil samples within the oil window, where Pr/Ph < 1 are indicative of anoxic deposition and Pr/Ph > 1 suggest oxic deposition (Didyk et al., 1978). Nonetheless, Pr/Ph ratios can also be affected by the type of archaea present at the time of deposition. For instance, halophilic archaea contain lipids with phytanyl which can degrade to either Pr or Ph (Rontani and Bonin, 2011), whereas methanogenic bacteria tend to degrade to Ph (Goossens et al., 1984; Risatti et al., 1984; Rowland, 1990), consequently low Pr/Ph ratios can be indicative of anoxic environments (ten Haven et al., 1987). Furthermore, it has been shown that these biochemical signals may become altered via biodegradation and/or thermodegradation (Goossens et al., 1984; Peters et al., 2007), yet the samples obtained from the studied section are thermally immature and do not show evidence of significant biological degradation as none of the chromatograms show any UCM (Figure 7). Ratios for Pr/Ph from these analyzed samples range from 0.89 to 10.2 (Figure 8), but Pr and Ph are absent in U3 at 23.97 m (LF-19–57) and 26.5 m (LF-19–62), thus these results suggest that OM throughout the studied section is mostly land derived and deposited under oxic conditions except for LF-19–56 (23.56 m: Pr/Ph = 0.89) (Didyk et al., 1978; Peters et al., 2007). However, the high Pr/Ph ratios observed in the marlstones of U1 and in the whole of U2 (U1: 3.07–10.2; U2:3.4–6.7; Figure 8) that are indicative of oxic deposition with terrigenous OM are at variance with the observed RSTE (Figure 5) values and n-alkane distribution (Figure 8) at these same levels. By contrast, RSTEs and biomarkers indicate low oxygen levels with OM from mostly marine organisms with some aquatic macrophytes. A possible explanation for this discrepancy is that there are multiple sources for Pr and Ph. Other proposed sources for these molecules include archaeal cell membranes, specifically from methanogenic bacteria (Ten Haven et al., 1987), tocopherols (Goossens et al., 1984; Rontani et al., 2010), methyltrimethlytrideclychromans (MTTCs) (Li et al., 1995), as well as certain species of zooplankton (Blumer et al., 1963; 1964; Avigan and Blumer, 1968). However, experimental results on tocopherols which originate only from photosynthetic organisms suggest they are possibly precursors for pristane but much less likely for phytane due to antagonistic α-cleavage next to the aromatic functional group. Moreover, in some cases, zooplankton only produce Pr and not Ph which would further increase Pr/Ph ratios. For instance, the microscopic and abundant calanoid copepods contain high concentrations of only Pr which they produce in much higher amounts when compared to other similar zooplankton. These crustaceans use Pr for buoyancy to maintain certain depths in the water column because it is less dense than water. Since these organisms are herbivores, the main source of phytol that eventually generates Pr is chlorophyll a from their diet (Blumer et al., 1963; Blumer et al., 1964; Kleppel, 1993; Kuczynska et al., 2015). Thus, without the possibility to rule out other sources for the measured acyclic isoprenoids it is best not to use Pr/Ph ratios for paleoenvironmental interpretations here.
Other characteristics of U2, during OAE1a, is the unusually high abundance of Pr which is higher than all n-alkanes recorded within this interval. These peak abundances occur at 3 levels: 14.08 m (LF-19–37), 14.65 m (LF-19–38) and 16.05 m (LF-19–41) (Figure 8). Archeal lipids or tocopherols, mentioned above, may have been responsible for these extraordinary increases in Pr within this interval that coincides with higher TOC. Here the Pr/Ph ratios range from 3.4 to 4.67 no matter the relative abundance of Pr, except at 13.42 m where it reaches 6.71. These values suggest that these molecules were being produced in a constant relative proportion from their original sources. They also suggest that methanogenic bacteria, which produce both isoprenoids (Ten Haven et al., 1987), may have been active during these periods. This is indicated by the Pr/Ph ratios coinciding with OAE1a. During that time, the Internal/External transition zone of the Subbetic Basin experienced low oxygen conditions, as indicated by the increased RSTE values during this interval (Figure 5), which was favorable to methanogenic bacteria activity. However, the exceedingly high Pr/Ph values found in the section, except at 23.56 m (Figure 8), suggest preferential accumulation of Pr. Elevated Pr at that time could be associated with periodic blooms of the Calanoid crustaceans (Blumer et al., 1963; Blumer et al., 1964) or some similar species, triggered by periods of enhanced primary productivity during OAE1a. These recorded increases in the abundances of Pr and Ph within U2 (OAE1a) associated with increased primary productivity (Ten Haven et al., 1987) most likely derived from upwelling, as further corroborated by the increased abundance in radiolarians (Aguado et al., 2014a).
5.5 Controlling mechanisms of episodic primary productivity and preservation of OM recorded in U1, U2, and U3
The temporal variability in the major, biolimiting, and trace elements can be used to infer changes in terrigenous contributions, primary productivity, and the redox conditions of the bottom waters or within the sediment (Calvert and Pedersen, 1993; Tribovillard et al., 2004; Brumsack, 2006). Below, a discussion is provided for how such elements are used to determine the conditions during the deposition of the sediments followed by the observed patterns at La Frontera during U1, U2, and U3.
The three major lithophile elements Al, Ti, Si, being fundamental components of rock-forming minerals of the lithosphere are commonly used as indicators of detrital influences (e.g., Murphy et al., 2000 Sanchez-Hernandez and Maurrasse, 2014; Sanchez-Hernandez and Maurrasse, 2016; Socorro and Maurrasse, 2019; Socorro and Maurrasse, 2020; Socorro and Maurrasse, 2022; Zhang et al., 2019; Herdocia and Maurrasse, 2022). These elements mostly occur as aluminosilicates which are generally from the terrestrial realm (Calvert and Pedersen, 1993; Rimmer, 2004; Brumsack, 2006). However, Si may also originate from significant biogenic contributions, therefore its true terrestrial signal can be altered (Brumsack, 2006), while Al and Ti are not involved in biomineralization processes, they are mostly derived from aluminosilicates of the crystalline terranes of adjacent continental crust (Brumsack, 2006). Thus, Al and Ti are more dependable and tend to show the true detrital signature, consequently, here we rely mostly on the variation of Al to assess the terrestrial contribution and its potential role in relation to productivity and OM preservation in the Subbetic zone of the Betic Cordillera. As shown in Figures 11A, B, both Ti and Si have positive covariation with Al (R2 = 0.98 and R2 = 0.89, respectively) indicating that they share a common provenance, although the lower R2 value from the Si content (Figure 11A) may be related to biogenic influence, because radiolarians are present throughout the studied interval (Aguado et al., 2014a; Aguado et al., 2014b).
As widely recognized in coeval sites elsewhere, determining the important contribution of terrigenous supply to the Subbetic zone of the Betic Cordillera highlights its role in the controlling mechanisms for the preservation of OM in the basin. Indeed, this kind of carbon sequestration requires not only a continuous OM supply through primary productivity and/or the input of land-derived OM together with oxygen deficient conditions, but also rapid burial (Hedges and Keil, 1995; Calvert et al., 1996; Hedges et al., 1997). Similarly, the availability of nutrients is necessary for enhanced biological productivity and supply of the critical bioelements which may also be related to terrigenous input. Iron and phosphorous are commonly used as proxies for enhanced productivity because they are essential for primary producers (Filippelli, 2008; Chappell et al., 2012; Sanchez-Hernandez et al., 2014; Sanchez-Hernandez and Maurrasse, 2014; Sanchez-Hernandez and Maurrasse, 2016; Socorro and Maurrasse, 2019; Socorro and Maurrasse, 2020; Socorro and Maurrasse, 2022; Londoño and Collins, 2022; Herdocia and Maurrasse, 2022). Iron is found abundantly in many rock-forming minerals and clays, thus one of the main sources of Fe is from the erosion of continental rocks (Prietzel et al., 2007; Muñoz et al., 2013). In the ocean most dissolved Fe is bound to organic ligands, making it a good proxy for determining changes in productivity (Chappell et al., 2012). Similarly, P can also be introduced to the basin through erosion of continental P-bearing rocks, or from organic matters either as dissolved P or particulate P (Filippelli, 2008). In the water column P is a bioactive element as it is fundamental for the synthesis of critical components of life in both autotrophs and heterotrophs (DNA, RNA, ADP, ATP, and proteins, phospholipids), thus it has non-conservative properties and dissolved organic P is readily taken up by living organisms whereas inorganic P is less commonly incorporated in the biosphere (Paytan and McLaughlin, 2007; Filippelli, 2008). Consequently, P can be preserved in the sediment within the OM, or it can be preserved as inorganic phases such as phosphate minerals or can be adsorbed to Fe-oxides (Golterman, 1995; 2001). However, under anoxic conditions when free H2S is present, the P from the Fe-oxides and the P associated with OM can be released back into the water column (De Groot, 1991; Golterman, 1995).
In addition to elevated productivity, low oxygen levels favor the preservation of OM and the degree of oxygen deficiency, or the redox conditions can be inferred from variations in RSTE concentrations (e.g., Hatch and Leventhal, 1992; Sanchez-Hernandez and Maurrasse, 2014; Sanchez-Hernandez and Maurrasse, 2016; Castro et al., 2019; Socorro and Maurrasse, 2022; Londoño and Collins, 2022; Herdocia and Maurrasse, 2022). Under normal oxygenated conditions RSTEs exist mostly as dissolved ions in the water column, however under sub-oxic to completely anoxic environmental conditions RSTEs precipitate as minerals or complex with organic matter and are removed from the water column and preserved in the sediment (Calvert and Pedersen, 1993; Morford and Emerson, 1999; Tribovillard et al., 2004; Brumsack, 2006). Authigenic Mo tends to only be preserved in the sediment under strong reducing, or sulfidic conditions (Crusius et al., 1996; Calvert and Pederson, 1993). Thus, increased concentrations in Mo here are interpreted as more strongly anoxic conditions. On the other hand, Mn behaves opposite to the RSTEs and can be used as a proxy to infer oxygenated conditions. In oxygenated waters Mn occurs as insoluble oxides and accumulates in the sediment, however, Mn becomes mobile in its reduced state and is leached from the sediment and back into the water column (Calvert and Perdersen, 1993; Brumsack, 2006). Therefore, decreases in Mn content are used to infer oxygen deficiency in combination with increases in the RSTE concentrations.
Based on the elemental results the following discussion provides the distinct environmental responses archived in U1, U2, and U3 of the sedimentary succession of this part of the Subbetic Basin during the global forcing mechanisms associated with OAE1a.
5.5.1 Unit 1
During U1 the lithology displays the most variability (TIC = 38.3–89%; limestones, marly limestones, and marlstones; Figure 3B), indicative of alternating paleoenvironmental conditions archived in the sediments with calcite as the dominant mineral (63%) and with land-derived minerals remaining relatively low (quartz 13%, clay minerals 10%, P-feldspar 4%, and K-feldspar 3%; Figure 6E). Increased Al concentrations occur in the 4 marlstone layers of the Carretero Fm (Figure 4B), and generally in lithologies with lower TIC (r = −0.99), implying enhanced terrigenous runoff during the deposition of these marlstones (Vine and Tourtelot, 1970; Brumsack, 2006). Additionally, the biolimiting element concentrations rise with Al content (r = P, 0.83; r = Fe, 0.99), and the most prominent peaks in the biolimiting elements occur in the marlstone layers of U1 (Figures 4E, F), suggesting that increased runoff supplied bioessential nutrients to the basin at those times. These increases in the biolimiting elements coincide with elevated TOC values (r = Fe, 0.84; P, 0.56) implying that periods of elevated primary productivity took place during periods of heightened terrestrial runoff. The lower 3 marlstone layers (1.53 m, 6.41 m, and 7.82 m), with the highest TOC values (Figure 3C) of U1 also correspond to increases in the RSTEs (Figure 5) inferring decreased oxygen content during the marlstone intervals. At the same time Mn content decreases, supporting low oxygen conditions, because Mn becomes increasingly soluble under low oxygen conditions (Calvert and Pedersen, 1996; Brumsack, 2006). Presumably, some of the P is tied to the OM fraction and was supplied through terrigenous fluxes since TOC and P are also positively correlated in U1 (r = 0.56). The preservation of P in the OM phase suggests that during this period there was not sufficient H2S in the water column to remobilize the P (Parsons et al., 2017). Thus, this period may have experienced episodes of oxygen deficiency without reaching full anoxia. During this interval, biomarker data suggest that most of the OM is marine in origin, however at 6.41 m (LF-19–16) there is evidence for OM from aquatic macrophytes (Figure 8: Yellow colored bar graphs representing n-alkane distributions in U1) corresponding to the level of highest TOC (Figure 3C), indicative of the wettest period during U1, and further corroborating episodes of enhanced terrestrial runoff. By comparison, the limestone and marly limestone intervals have the lowest major element, biolimiting element, and RSTE values of U1 and the highest Mn content of U1 (Figures 3, 4), thus these intervals are indicative of intermittent decreased nutrient availability and normal oxic conditions.
The results for U1 suggest that periodic increases in terrigenous runoff supplied more nutrients to the basin and that the marlstone layers represent intervals with enhanced nutrient supply via increased runoff. Periodic increased runoff leading up to OAE1a is also recorded elsewhere in the Tethyan realm within the Paris Basin where increased kaolinite content suggests enhanced chemical weathering (Deconinck et al., 2021). Additionally, the Shatsky Rise (ODP Leg 198) recorded episodes of enhanced productivity due to increased hydrologic cycles >2 Ma before the onset of OAE1a (Robinson et al., 2004). Correspondingly, the marlstone layers in U1 at La Frontera are indicative of increased primary productivity that the increased supply of oxidizable organic matter causing oxygen deficient conditions in the bottom water and/or in the sediment. By contrast, the limestone layers within this unit indicate stages with less fluvial influence and well oxygenated bottom waters.
These intermitted low oxygen intervals prior to OAE1a may represent a gradual shift into more pronounced deoxygenation. The Gorgo a Cebara section recorded similar deposits that alternated between oligotrophic conditions with oxygenated water and temporary anoxic conditions prior to OAE1a (Li et al., 2016). Similarly, in the Paris Basin elevated organic matter preservation before the onset of OAE 1a are reported which may be related to periodic decreases in bottom-water oxygen at that time (Deconinck et al., 2021). In contrast the Gucuo II of Eastern Tethys (Southern Tibet) maintained oxic to suboxic conditions leading up to OAE1a, indicative of regional variability in redox conditions (Nie et al., 2023).
5.5.2 Unit 2 (OAE1a)
The overlying unit (U2) coincides with OAE1a and marks a sudden shift in the lithology to dark shales coeval with a sudden decrease in TIC to 0% for most of the duration of the unit (from 13.42 m to 17.17 m), excluding the top two measured levels (17.65 m, LF-19–44, TIC = 13.7% and 18.25 m, LF-19–45, TIC = 4.5%; Figure 3B). In this transition, from predominantly carbonate rocks to siliciclastics, quartz becomes dominant (63%) followed by clays (10%), P-feldspar (9%), and K-feldspar (7%) (Figure 6D). This shift occurs simultaneously with the highest overall values in the major elements (Figures 4B–D), together suggesting a strong increase in terrestrial discharge, consistent with reports of enhanced precipitation recorded elsewhere during OAE1a (Barron et al., 1989; Jenkyns, 2003). Similar lithological changes have been documented in the Vocontian Basin (France), where OAE1a is characterized by an abrupt shift from carbonate-rich sediments to organic-rich shales, associated with intensified continental weathering (Weissert et al., 1998; Herrle et al., 2004). Likewise, at Cismon (Italy), OAE1a corresponds to a distinctive marl- and shale-dominated interval with depleted carbonate content, reflecting increased siliciclastic input during this interval (Menegatti et al., 1998; Malinverno et al., 2010). The changes seen in La Frontera align closely with these trends, suggesting a synchronous climatic and oceanographic shift affecting multiple basins within the Tethyan realm at this time.
Additionally, smectite abundance increases significantly during this interval (Figure 6B). Smectites develop mainly in soils with poorly drained alkaline substrates, which are often found in areas with heavy seasonal precipitation (Borchardt, 1989) most typically in subtropical climates (Thiry, 2000). They can also form because of submarine weathering of basaltic lava (Chamley, 1989; Ruffell et al., 2002), and most commonly montmorillonite and beidellite are usually derived from the alteration of volcanic material under low pH in seawater or freshwater (Biscaye, 1965; Haldar, 2020). Several igneous bodies exist within the nearby Variscan massif and during the lower Cretaceous there was active submarine volcanism occurring in the Betic Cordillera (Martín-Chivelet et al., 2002), thus the increased smectite and feldspar content together support enhanced erosion of these adjacent terranes. The shift from low smectite abundance (x̄ = 23.5%) in U1, to higher abundance of smectite (x̄ = 44.7%) during OAE1a (U2) along with the drop in kaolinite and chlorite reflects a change in provenance related to erosion initiated with increased precipitation during this period (Barron et al., 1989; Tatsumi, et al., 1998; Larson, 1991; Jenkyns, 2003; Tejada et al., 2009). Although typical kaolinite formation occurs under warm humid conditions (Biscaye, 1965; Curtis, 1983; Sangüesa et al., 2000; Sheldon and Tabor, 2009), kaolinite content is lowest during this U2 interval (0%–1%; Figure 6B). The discrepancy in kaolinite content is likely due to either a more proximal erosional source or accelerated degradation of proximal land masses and aluminum silicates were not weathered significantly enough to form kaolinite that may be related to shifting physiography (Martín-Chivelet et al., 2002). The increased abundance of smectite within U2 is likely related to a change in the source of weathering (i.e., from metamorphic rocks to igneous rocks). In contrast, other areas report increased kaolinite content during this period due to the warm humid conditions representative of the Early Aptian period especially during OAE1a (Jenkyns, 1980; Blättler et al., 2011). For example, the Danish Central Graben, in the North Sea, recorded elevated kaolinite during OAE1a (Blok et al., 2022). Likewise the Paris basin, showed an abundance of kaolinite and the absence of smectite (Deconinck et al., 2021). This underscores regional variability in weathering intensity and source rock composition across different basins during this period.
The biomarkers data indicate increased abundance in OM from aquatic macrophytes (Figure 8 Black colored bar graphs representing n-alkanes distribution in U2) as well as increased quartz and feldspar content during this interval, which, further maintains heightened terrestrial runoff during this time (Figure 6D). This dark shale layer also includes the highest TOC values (0.55%–3.39%; Figure 3C) and Aguado et al. (2014b) reported an increase in the radiolarian abundances at this level which they attributed to expanded primary production. However, P content decreases during this interval and correlates poorly with TOC and Al (r = −0.04 and r = −0.03, respectively), in contrast to what is expected during periods of improved primary production. Similarly, Fe is decoupled from TOC (r = −0.49) and TIC (r = 0.26) (Figure 4F). This discrepancy in the biolimiting elements can be explained because as oxygen content drops, P and Fe are reduced and are remobilized back into the water column and as such will not be preserved in the sediment (Brumsack, 2006; Parsons et al., 2017). Correspondingly, RSTE content and TOC are also highest during this period and correlate strongly with each other (r = V, 0.87; r = Cr, 0.57; r = Cu, 0.72; r = Mo, 0.96; r = U, 0.95; Figures 3C, 5) supporting sustained low oxygen conditions with periodic anoxia. In addition, the RSTEs are poorly correlated with Al content (r = V, −0.42; r = Cr, −0.68; r = Cu, 0.28; r = Mo, −0.06; r = U, −0.25; Figures 3B, 4), implying that they are not detrital in origin (Brumsack, 2006). Similarly, this is shown in the cross plots between Al and the RSTEs (Black dots in Figures 11C–I), as the measured samples for this interval show the most deviation from Al. The two largest peaks in TOC coincide with the most notable peaks in Mo (14.08 m, TOC = 3.4% and 16.05 m, TOC = 1.5%). As such, these two intervals represent the most oxygen deficient condition recorded in the section (Crusius et al., 1996; Calvert and Pedersen, 1993). Manganese content also drops in U2, consistent with low oxygen levels as it is also removed from the sediment under such conditions (Brumsack, 2006).
The likely explanation for oxygen deficient conditions is the expansion of the oxygen minimum zone or oxygen deficient conditions in the sediment due to excess oxidizable OM. This is supported by the high TOC occurring with heightened concentrations in the RSTEs, the decrease in Mn concentration, and the lack of gammacerane (indicative of water stratification) in this study or in others (Aguado et al., 2014b). Additionally, increased abundances in radiolarians have been reported during OAE1a in the La Frontera section (Aguado et al., 2014b) further indicating enhanced primary productivity at that time. Radiolarian blooms have been also observed elsewhere within this interval such as in the Briançonnais domain (Charbonnier et al., 2018) and more broadly across the Tethyan domain (Weissert et al., 1998), further indicating enhanced productivity due to excess nutrient availability globally during OAE1a. Although, radiolarians are scare in other areas such as the Calabianca section (Italy, Bellanca et al., 2002), once again highlighting how local factors led to variability from basin to basin.
Radiolarians are typically preserved in upwelling zones, where there is constant recycling of dissolved silica, and the water column is saturated with respect to Si. This is because surface ocean waters are depleted with respect to Si, therefore the opaline Si tests of organisms are usually dissolved rapidly as they settle through the water column (Berger, 1970). Since upwelling involves constant mixing of the water column, therefore stratification is not a plausible mechanism at La Frontera for enhanced preservation of OM in this setting.
Thus, the results from U2 permit to infer that prolonged runoff from the continents for the duration of OAE1a combined with regional upwelling provided enhanced nutrient supply which favored high primary production. The excess OM being deposited into the basin led to low oxygen conditions with periodic anoxia occurring at the levels with enhanced Mo concentration, favoring the removal of P and Mn.
5.5.3 Unit 3
The final Unit (U3) consists of a limestone layer overlain by alternating marlstone and calcareous shales with increased TIC values (from 14.9% to 68.8%; Figure 3B). A change that is also reflected in the bulk mineralogy as calcite content rises (46%) and the siliciclastic minerals decrease in abundance (quartz 25%; P-feldspar 5%, K-feldspar 5%), suggesting decreasing continental input and the return to conditions prior to OAE1a (Figure 6C). All the major elements decrease compared to values in the previous unit (Figures 4B–D) but remain higher than values from U1 and the quartz and feldspar content decrease (quartz 25%; P-feldspar 5%, K-feldspar 5%, Figure 6C), implying decreased runoff as compared to U2. Accordingly, biomarker data indicate a predominance of marine derived OM with no terrestrial OM contribution (Figure 8 Green colored bar graphs representing n-alkanes distribution in U3), corroborating a decline in fluvial discharge. TOC values decrease to below 0.4% (0.04%–0.37%; x̄ = 0.24%; Figure 3C) like those prior to OAE1a. The biolimiting elements, however, are decoupled from the TOC (r = P, 0.00; r = Fe, 0.49; Figures 4E, F) implying that they are not tied to the OM fraction. Iron is mostly being supplied by terrestrial erosion, as it follows a similar trend to Al (r = 0.96). During U3 the RSTEs correlate with TOC (r = V, 0.77; r = Cr, 0.72; r = Cu, 0.53 r = Mo, 0.81; r = U, 0.67) and the RSTEs covary strongly with Al (r = V, 0.97; r = Cr, 0.95; r = Cu, 0.66 r = Mo, 0.75; r = U, 0.66; Figures 3B, 4) suggesting that they may have a detrital origin during this interval.
Increased carbonate content in the final unit (U3; TIC = 14.9–68.8%) and a shift to alternating marlstone and calcareous shales with one limestone (LF-19–46, 18.77 m) indicate a change in environmental conditions towards conditions like those prior to the onset of OAE1a. Although conditions were probably wetter as Al content is higher during this interval compared to U1, but they were drier conditions as compared to U2.
5.6 Plausible cause of the absence of carbonate within U2 coeval with OAE1a
Most marine sequences deposited during OAE1a are often referred to as black shales although they may contain variable amount of carbonate throughout the duration of the event (e.g., Bellanca et al., 2002; Heldt et al., 2012; Lorenzen et al., 2013; Sanchez-Hernandez and Maurrasse, 2014; Sanchez-Hernandez and Maurrasse, 2016, and others). In the La Frontera section, however, carbonate content drops to 0% at the onset of U2 coeval with OAE1a and remains absent for most of the duration of the interval, except for minimum values at the top (17.65 m, LF-19–44, TIC = 13.7% and 18.25 m, LF-19–45, TIC = 4.5%: Figure 3B). The sudden lack of carbonate during OAE1a at the studied site has been considered to be due to dissolution related to productivity (Aguado et al., 2014a) which involves a large supply of oxidizable OM that would cause the pH to decrease in the bottom waters, leading to carbonate dissolution. In analog oceanic environments such as off the Peruvian upwelling area where the oxygen minimum zone may reach the shelf leading to hypoxic to anoxic conditions, Ca ions precipitate in the form of authigenic fluorapatite (Scholz et al., 2011; Lomnitz et al., 2016), but such compound was not detected in the mineralogical results. Furthermore, upwelling affects DIC values and the pH of the water column in the OMZ area with aragonite saturation values <1.2, implying that conditions may be corrosive with large spacial variability along the upwelling zone, shallowing of the carbonate saturation horizon may occur but without total dissolution of the calcium carbonate (Hernandez-Ayon et al., 2019).
An alternative mechanism recently documented the lack of carbonate involves the activity of cable bacteria (Desulfobulbaceae, Deltaproteobacteria), a type of filamentous sulfur-oxidizing bacteria that thrive in anoxic to euxinic conditions (Nielsen et al., 2010; Malkin et al., 2014; Pfeffer et al., 2012; Lusk et al., 2024). These bacteria position themselves in the upper centimeters of the sediment and create electrogenic sulfur oxidation, which generates sulfuric acid in pore waters, leading to carbonate dissolution (Malkin et al., 2014).
In the studied section a plausible similar mechanism is supported by elevated concentrations in the RSTEs, especially Mo, along with the lack of P within the U2 interval suggesting anoxic to euxinic conditions which likely occurred at the sediment-water interface (Tyson and Pearson, 1991; Calvert and Pedersen, 1993; Brumsack, 2006). The highest TOC and Mo concentration occurs at the onset of OAE1a indicative of the most anoxic conditions, followed by an upward decrease in TOC and Mo concentrations suggesting less anoxic conditions towards the end of the event (Figures 3C, 5G), potentially reflecting increasing cable bacteria activity, which has been shown to buffer euxinic conditions (Seitaj et al., 2015). Additionally, pyrite content is low in the whole section and varies from 1% to 3% in the U2 interval, consistent with cable bacteria activity, as these organisms promote hydrogen sulfide oxidation rather than pyrite precipitation (Malkin et al., 2014; Seitaj et al., 2015).
The absence of calcareous fossils in U2 further supports a potential link to cable bacteria activity, as similar observations have been made in modern marine basins experiencing seasonal anoxia. If verified, this mechanism would provide a novel explanation for carbonate loss during OAE1a in the Subbetic Basin. Future research should focus on identifying biochemical markers of cable bacteria in ancient sediments, potentially leading to new proxies for recognizing electrogenic sulfur oxidation in the rock record.
6 CONCLUSION
This study further sheds light on the environmental conditions related to the deposition of OAE1a at the La Frontera section in the Subbetic Basin, Spain. Biomarker data from hopanes and steranes indicate that the succession contains thermally immature OM and therefore indicates that the OM recorded at the studied site is unaltered. The carbon isotope curve documents a major perturbation in the global carbon isotopic record as identified worldwide in Aptian deposits and confirmed the presence of segments C1 to C7 identified in previous studies of the section.
Integration of the lithologic and geochemical results reveal environmental changes before, during and after OAE1a here described as Units 1, 2, and 3 as follows:
1. Unit 1 (0–13.16 m) contains limestones with intermittent marlstone layers and few marly limestones. The limestone and marly limestone layers represent periods of well oxygenated bottom waters with minimal terrestrial input as TOC, the major elements and the RSTE values are low while Mn concentrations are high. The intervals of marlstones represent periods of increased terrestrial runoff as signified by increased Al content. These terrestrial fluxes supplied biolimiting nutrients to the basin which fueled primary productivity. Elevated TOC and RSTE content together with a decrease in Mn within the marlstone infer lower oxygen conditions, however, without reaching full anoxia as Mo is not significantly increased. The n-alkanes suggest predominantly marine OM in the marlstone, except at 6.41 m, where longer chain n-alkanes are present signaling a short episode of land-derived flux OM in the Subbetic Basin.
2. Unit 2 (13.16–18.25 m) shows a sharp drop in carbonate content and contains dark shales coeval with OAE1a. High Al content, increased silicate mineral abundances, and the presence of longer chain n-alkanes (up to nC25) together suggest sustained terrigenous input for the duration of the event archived in sediments of the segment. Covariation of these conjoint parameters indicate increased hydrological cycles at that time. RSTE values are high, and Mn values are low for the duration of the unit implying low oxygen conditions. Strong fluvial discharge coupled with upwelling probably fueled high primary productivity and increased the supply of oxidizable OM leading to oxygen deficiency in the bottom waters. The two highest TOC values (3.4% at 14.08 m and 1.5% at 16.05 m) correspond to the highest values in Mo and the removal of P suggest very low oxygen in the bottom waters or sediment at those times. Based on recent discovery of the effects of cable bacteria in pore water associated with carbonate dissolution processes, the lack of carbonate in the section may be related to active cable bacteria as they have been shown to be active in modern anoxic lakes and they induce a drop in pH (Seitaj et al., 2015) due to the production of acid capable of actively dissolving in situ carbonate.
3. Unit 3 (18.25–27.93 m) contains alternating marlstone and marly shales with low TOC and increased carbonate content. The Al values together with aluminosilicate mineral content decrease compared to U2 but are higher than values in U1, thus indicating a decrease in fluvial input posterior to OAE1a, albeit higher than U1. Additionally, RSTE values decrease following a pattern like Al, and the RSTEs are decoupled from TOC implying that they are detrital and that the bottom waters were not anoxic following OAE1a.
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LF- 2222 139.96 391.85 6.18 0.70 68.19 169.6 190.7 143.1 0.6 4.1 445.7825
19-53
LF- 20.88 7047 207.31 277 0.60 4523 842 95.0 403 02 15 1,606.598
19-50
LF- 2025 99.39 316.33 436 0.46 5255 171 139.2 694 03 18 464.92
19-49
LE- 18.77 38.17 132.54 153 0.56 3513 48.7 53.1 694 0.2 20 2,490.288
19-46
LF- 1825 173.70 471.67 791 0.63 7244 2455 252.6 179.0 05 43 208.0375
19-45
LF- 1717 169.82 535.94 773 0.56 68.71 225.0 2495 136.0 08 36 183.005
19-43
LF- 16.05 150.82 542.14 744 0.40 3722 347.7 306.3 149.0 25 83 79.995
19-41
LF- 1543 169.17 572.70 8.08 033 4373 220.6 260.5 949 09 46 97.3525
19-40
LF- 14.65 165.39 591.31 7.60 0.36 41.78 2873 260.0 125.1 21 7.1 98.2575
19-38
LE- 14.08 173.07 850.38 9.36 044 38.85 365.9 280.8 2480 123 121 85.6925
19-37
LF- 1342 192.01 715.04 889 034 47.13 250.0 253.6 1704 05 52 121.93
19-36
LF- 12,66 49.69 190.48 2.00 0.66 2885 67.9 68.1 458 0.5 23 1,339.93
19-34
LF- 11.64 11053 295.62 445 0.74 50.89 139.0 146.2 103.0 0.7 36 671.875
19-31
LF- 11.05 23.68 64.29 0.86 0.41 14.01 279 312 302 02 09 1,268.29
19-29
LF- 9.81 16.73 535 0.61 035 13.14 221 230 18.7 0.1 09 1,188.578
19-25
LF- 826 22.38 66.59 0.88 0.46 1290 273 299 18.7 02 09 1837.365
19-20
LF- 7.82 101.40 253.71 412 0.84 46.31 147.6 144.1 909 08 s 1,433.335
19-19
LF- 6.94 5231 137.20 205 0.64 2526 66.4 69.5 428 03 24 1,375.075
19-17
LF- 6.41 111.96 281.51 542 0.63 5538 165.5 163.4 1119 1.0 a7 864.4075
19-16
LE- 5.04 22.08 65.97 087 037 15.11 334 309 266 02 09 1,204.183
19-13
LF-19-9 292 R2 91.29 127 047 17.43 434 45.1 295 02 12 1,078.018
LF-19-5 153 139.62 349.35 5.60 0.68 59.42 179.8 199.8 161.9 08 4.1 407.295
LF-19-3 0.88 2243 72.10 0.90 0.36 13.65 254 308 207 0.1 09 1,145.648
LF-19-1 0 31.39 89.33 124 039 17.37 47.8 43.6 359 04 11 1,078.25
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LF-19-65 27.93 34.10 028 -228
LF-19-64 27.52 4211 020 -225
LF-19-63 27.01 2289 034 -23.1
LF-19-62 26.5 1822 037 -235
LF-19-61 26,03 1693 034 -224
LF-19-60 25.41 2959 027 -21.9
LF-19-59 24.96 3598 0.18 =229
LF-19-58 245 36.11 007 -228
LF-19-57 23.97 2527 033 -227
LF-19-56 23.56 1487 0.14 -225
LF-19-55 23.03 1805 015 -229
LF-19-54 226 19.63 022 -23.4
LF-19-53 222 2053 035 -227
LF-19-52 21.87 3574 025 -23.1
LF-19-51 21.29 3218 029 -229
LF-19-50 20.88 5255 020 -224
LF-19-49 2025 37.11 022 -220
LF-19-48 19.65 46.50 037 ~2L5
LF-19-47 1921 4230 029 -223
LF-19-46 1877 68.76 0.04 -222
LF-19-45 1825 450 089 -24.1
LF-19-44 17.65 1366 063 -229
LF-19-43 1717 0.00 055 -226
LF-19-42 16.46 0.00 093 -25.0
LF-19-41 16.05 0.00 153 -25.5
LF-19-40 1543 0.00 063 -24.1
LF-19-39 15.02 0.00 078 241
LF-19-38 14.65 0.00 147 -249
LF-19-37 14.08 0.00 339 =271
LF-19-36 13.42 0.00 036 =278
LF-19-35 13.16 38.82 033 -252
LF-19-34 12.66 66.38 0.14 -25.0
LF-19-33 1224 6272 022 -258
LF-19-32 12.02 65.55 022 -258
LF-19-31 1164 47.78 030 -259
LF-19-30 1126 4331 039 -248
LF-19-29 1105 8351 018 -245
LF-19-28 1078 87.07 0.04 -24.4
LF-19-27 1038 8171 036 -264
LF-19-26 1017 8845 007 -248
LF-19-25 9.81 89.58 011 -25.3
LF-19-24 9.64 85.69 007 -243
LF-19-23 943 89.07 0.02 -245
LF-19-22 9.06 87.45 007 -24.6
LF-19-21 871 61.00 039 -254
LF-19-20 826 86.56 0.10 ~25.0
LF-19-19 7.82 53.60 052 -26.1
LF-19-18 743 65.94 052 -26.2
LF-19-17 6.94 7271 031 -25.5
LF-19-16 641 4742 119 -26.3
LF-19-15 5.89 8538 020 w381,
LF-19-14 555 8575 012 -252
LF-19-13 5.04 87.43 0.09 -245
LF-19-12 432 8477 0.06 -252
LF-19-11 39 77.58 018 -25.3
LF-19-10 325 8223 0.03 -243
LF-19-9 292 81.52 020 -248
LF-19-8 264 80.59 0.09 -25.0
LF-19-7 227 7374 024 -24.4
LF-19-6 1.87 59.06 059 -253
LF-19-5 1.53 38.18 081 -25.5
LF-19-4 125 63.49 032 -24.7
LF-19-3 0.88 8647 0.05 -5
LF-19-2 038 86.67 0.14 -254
LF-19-1 0 8236 017 -243
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