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Editorial on the Research Topic 
Geochemical Signals in Dynamic Sedimentary Systems Along Continental Margins

For decades, the mud depositing at the bottom of our oceans has been used by scientists as an archive of past environmental conditions, informing about the Earth’s climate and helping to put current environmental and climate change into a long-term context. One fundamental condition in successful paleo-environmental reconstructions is the accurate “translation” of measurable chemical parameters in the sedimentary record (proxies) into relatable and relevant information about the ocean, which is most straightforward if sediments are accumulating in a regular pattern—a so-called steady state scenario. Of key interest are sedimentary records of when, why, and how the state of the ocean and Earth’s climate changed in the past, and often it is this very environmental change that impacts the way marine sediments record environmental signals. Changes in sedimentation rates, the delivery of organic matter to the seafloor, the redox state of the overlying water column and the availability of certain dissolved chemicals in seawater can create a non-steady state situation where the continuity of the seafloor archive is not guaranteed, and diagenetic effects overprint the sedimentary succession (Thomson et al., 1984; Zabel and Schulz, 2001; März et al., 2008; Henkel et al., 2012). Such non-steady state diagenetic conditions are particularly prevalent in marginal marine environments, as these tend to be disproportionately affected by changes in, e.g., sea level, ocean currents, primary productivity, redox conditions, or riverine input (Aller, 2014; Wehrmann and Riedinger, 2016). In this Research Topic, the imprint of early diagenetic processes on sedimentary records on different spatial and temporal scales is illustrated and means of carefully and holistically assessing sedimentary archives to extract useful environmental information are presented.
Starting at the most marginal of marine environments, i.e., the coastline, Zhu et al. test a novel approach to track mm-scale iron and sulfide dynamics in modern salt marshes along the US east coast using two-dimensional sensors—not only showing how inter-annual (seasonal) changes in organic matter input, but also plant roots, can impact the chemistry of the sediments. Moving further offshore into a brackish, semi-enclosed ocean basin, Hardisty et al. study the response of diagenetic processes to changes in redox conditions in the southern Baltic Sea. The authors highlight that periods of restriction and bottom water anoxia impacted diagenetic processes in different parts of the basin in different ways, adding both a wider spatial (i.e., individual sub-basins within the Baltic Sea) and longer temporal (i.e., Holocene) perspective on geochemical proxy reconstructions. Staying with the intimate link between bottom water redox conditions and diagenetic processes at/below the seafloor, Chen et al. investigate how diagenesis in deposits underlying oxygen deficient zones along the eastern Pacific margin impacts the isotopic composition of sedimentary cadmium (Cd). This study shows that generally light Cd isotopes in these sediments could be a result of biogeochemical processes in the water column, and/or of diagenetic dissolution-precipitation reactions below the seafloor, calling into question the uncritical application of Cd isotopes as paleoenvironmental proxy. Even further offshore and back in time, Giresse et al. make use of glauconite grains in a sediment core from Demerara Rise reaching back ∼60,000 years, to postulate that authigenic glauconite records the neodymium (Nd) isotope composition of contemporaneous seawater and thus offers a new archive for water mass distribution that rivals foraminiferal calcite or Fe/Mn (oxyhydr)oxides. The oldest record presented in this Research Topic by Dunn et al. deals with Ordovician (∼460 million-year-old) ironstones deposited on an upwelling-affected shelf margin of the now subducted Rheic Ocean. This record appears to reflect not only the impact of variable upwelling and primary productivity on sediment composition (and potentially on biological diversification), but also the occasional reworking by storms—so a non-steady state depositional system forced by interacting physical and chemical drivers.
The generation of biogenic methane in marine sediments is fundamentally controlled by the input of organic matter. There are rather specific diagenetic processes associated with the methanic zone which has an upper boundary that can be found anywhere from a few mm to several tens of meters within the sediment of continental margins (Egger et al., 2018). Studying sediment cores from eutrophic locations off the southern tip of Finland, Jilbert et al. show how the dynamics of diagenetic processes can be shaped by human activity, in this case, commercial forestry: The input of terrestrial organic matter from wood logging and processing activities increased the diagenetic activity, specifically methanogenesis, in the deposits receiving this additional organic carbon loading. The potential issue of sedimentary methane emission to the ocean-atmosphere system is also highlighted by Zhang et al. but in a system offshore Japan where natural methane emissions from both cold seeps and hydrothermal vents are an order of magnitude higher than the global average, illustrating the poorly constrained spatial variability of methane emissions along continental margins worldwide. At locations where methane does not reach the sediment-water interface, this is often due to its anaerobic oxidation by sulfate (at the sulfate-methane transition, SMT), a process studied in detail by Bradbury et al. using sediment cores along a shelf to basin transect on the southwest Iberian margin. Combining chemical analyses with reaction-transport modeling, they propose a revised scheme of how to use the isotopic compositions of pore water sulfate-sulfur and dissolved inorganic carbon in combination to estimate which diagenetic processes (e.g., sulfate reduction, anaerobic methane oxidation, authigenic carbonate formation) are shaping the pore water composition. A similar modeling approach is used by Meister et al. to unravel the contribution of yet another diagenetic process, i.e., the transformation of silicate minerals to quartz and kaolinite (submarine weathering), to the diagenetic dynamics in several hundred meter deep sediments off the Peru margin. Specifically, silicate weathering produces additional alkalinity that can lead to the fixation of formerly organic carbon in the sediment as authigenic carbonates, preventing its recycling to the ocean-atmosphere system. This broad collection of articles enhances our knowledge of the complex interplay of processes at continental margins, which will enable more reliable interpretation of proxy records and diagenetic signals.
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Widespread seepage of methane from seafloor sediments on continental margins are released into seawater, a portion of which may escape to the atmosphere. To assess the water column distribution characteristics of methane and its input to the atmosphere, we investigated methane emissions from the shelf and west slope of the back-arc Okinawa Trough (OT), East China Sea. Our results showed a heterogeneity distribution of methane within the water column. The highest value, which was more than 10 times of the background concentration, occurred near a cold seep in the north of the study area which was discovered by a remotely operated underwater vehicle (ROV). Other sources of methane to the water column of the OT, besides cold seepage input, probably also include in situ aerobic methane production, advective transport from the continental shelf, and/or hydrothermal venting. Furthermore, the sea-to-air flux of methane throughout the study area was up to 116 μmol m–2d–1, noticeably higher than that in many other continental shelf waters and seep sites globally, indicating that this region is an active CH4 emission area. Our findings demonstrate that methane discharged from both cold seeps and hydrothermal vents have a significant influence on the methane cycle in the OT, providing a new insight for the methane budget of back-arc basins.

Keywords: methane, distribution, discharge, middle Okinawa trough, cold seepage


INTRODUCTION

Methane (CH4), a significant greenhouse gas, has a global warming potential about 20–40 times higher than that of CO2 on average over a century timescale (St. Louis et al., 2000; IPCC, 2013). Although CH4 emissions from the oceans account for only a small portion (2%) of the global CH4 budget (Reeburgh, 2007), it still plays an important role in the atmospheric chemistry, air-sea interaction, and distribution of chemosynthetic communities. Previous studies estimated that marine CH4 flux to the atmosphere ranges from 0.4 to 1.8 Tg yr –1 in the open ocean (Rhee et al., 2009), while it reaches 13 Tg yr –1 for continental shelves (Bange et al., 1994). This observation suggested that the continental shelf would be the dominant place for the oceanic CH4 emissions.

The major sources of dissolved CH4 in the ocean are terrestrial inputs, sediment emission (including geological sources), and biological metabolism (Fleischer et al., 2001; Jayakumar et al., 2001; Skarke et al., 2014; Mau et al., 2017). Most of this CH4 gas could be dissolved in seawater (McGinnis et al., 2006), generating patches of high CH4 concentration (Leifer et al., 2000), but only a small amount of them can reach the atmosphere (Reeburgh, 2007). In this case, the amount of CH4 estimated based on sea-air gas flux is markedly lower than that discharged from sediment (Milkov and Sassen, 2003). Nevertheless, due to high variability in hydrochemical properties and release rate of CH4 from sediment, the oceanic CH4 budget is poorly documented up to date. Therefore, it is highly essential to carry out more measurements of CH4 production, dissolution, migration, and emissions from the seabed in order to better understand the oceanic CH4 budget and potential influence on climate change.

The first studies on the characteristics of dissolved CH4 in the East China Sea (ECS) have been conducted since the early 1990s (Tsurushima et al., 1996). Previous research demonstrated that terrestrial input and hydrographic circulation systems [Kuroshio, the Taiwan Warm Current Water (TWCW), as well as the East China Sea Coastal Current (ESCC)] were the main controlling factors on CH4 concentration and distribution patterns (Lee et al., 2000; Rehder and Suess, 2001; Liu et al., 2003; Zhang et al., 2004, 2008). However, given that a variety of mud volcanoes, pockmarks, and cold seeps have been discovered in recent decades in the OT (Yin et al., 2003; Li et al., 2015; Sun et al., 2015; Xu et al., 2018), it is reasonable to infer that they may contribute a substantial amount of CH4 to seawater. In addition, as a universal extreme system within the OT, modern hydrothermal activity is pervasive and vigorous from north to south, which can also discharge a large amount of CH4 along with hydrothermal fluids (Sakai et al., 1990; Ishibashi et al., 1995, 2014; Inagaki et al., 2006; Miyazaki et al., 2017). Previous studies found that the distance between the site of the newly discovered cold seeps (Li et al., 2015; Xu et al., 2018) and the hydrothermal vents found in the past (Inagaki et al., 2006; Ishibashi et al., 2014) are less than several tens of kilometers apart. The proximity of the cold seeps to the hydrothermal fluid complicates the material circulation in the OT (Sun et al., 2019). Recently conducted research has confirmed that both hydrothermal and cold seep fluids could contribute a considerable amount of carbon to the seawater (Sun et al., 2019; Zhang et al., 2019). In such situations, due to the complicated supply of methane-rich fluids derived from cold seeps and hydrothermal vents, the aforementioned region has been an important target to explore the characteristics and sources of CH4 in the OT.

In this study, we measured dissolved CH4 concentrations and related physical oceanographic parameters from the full-depth water, and then estimated CH4 fluxes at the sea-air interface in the OT (Figure 1). Our study aimed to determine the fate of the discharged methane and evaluated the regional contribution to atmospheric methane, it would shed light on better understanding the methane budget and the biogeochemical carbon cycle in the OT.


[image: image]

FIGURE 1. (a) Observational regions and sampling stations in the OT, ECS during the integrated environmental and geological and ROV cruises during 2016 and 2017. The main stream of the Kuroshio Current is shown in solid curves; rose red solid circles represent seawater sampling locations; the green square represents cold seep (Li et al., 2015; Xu et al., 2018); red stars represent hydrothermal vent sites. The identified hydrothermal fields are cited from the InterRidge database (http://interridge.org/) and are listed as follows: (1) Site ES2, (2) Higashi-Ensei, (3) Minami-Ensei Knoll, (4) North Knoll, (5) Iheya Ridge, (6) Natsushima 84-1 Knoll, (7) Yoron Hole, (8) Izena Cauldron, and (9) Higa. (b) Location of sampling site with P1–P6, six transects; (c) acoustic flare representing seafloor methane bubble plume near the CTD10 site on the west slope of the OT. (d) ROV observations of in situ Giant clam beds made during the ROV cruises in 2017.




GEOLOGICAL SETTING

The OT is an active semi-depth back-arc basin formed behind the Ryukyu arc-trench system in the West Pacific (Sibuet and Olu, 1998; Shinjo et al., 1999). It is approximately 1200 km in length with the average width of approximately 104 km and characterized by active rifting structures and magmatism along the depression. In this trough, a large section of the seawater is deeper than 1000 m, and the maximum depth is about 2300 m. The thickness of sediments in the northern section of the OT is up to 8 km, due to a huge supply of terrigenous matter from the ESC continental shelf (Sibuet et al., 1987). A topographical study showed that the OT has a typical U-shape, and submarine canyons, fans, and turbidite deposits have extensively developed on the western slope. Modern hydrothermal activities are pervasive and vigorous in the middle and southern sections of the OT (Glasby and Notsu, 2003). In addition, seafloor cold seeps have been discovered in the northern and central OT recently (Li et al., 2015; Sun et al., 2015; Xu et al., 2018).

The hydrological and circulation systems in the OT are complex, and are mainly controlled by the force from the Kuroshio Current and coastal current (Yu et al., 2009). Amongst, the Kuroshio Current, carrying oligotrophic waters northward with low concentrations of nutrients and high temperature and salinity, is the most important factor controlling the environment and hydrological characteristics. It flows above the OT as a water mass up to 100 km wide and 800–1,000 m deep and at a velocity ranging from 45 to 150 cm/s (Qin, 1987). It is the only source of heat and ocean material on the shelf of ECS.



MATERIALS AND METHODS


Sampling and Regional Survey

Forty sites of full-depth water column samples were selected in this study from the western slope of the middle OT and continental shelf during the integrated environmental and geological expedition of R/V Zhang Jian from June to September 2016 (Figure 1). Seawater samples from different sites and depths were collected with cleaned Go-Flo bottles (20-L) mounted on a Seabird 911 plus CTD/rosette. Surface waters were collected at a depth of ∼3 m and near-bottom waters were at ∼50 m above the seafloor. Once on board, water was collected into 40 mL glass serum vials using a silicone tube. The vials were thrice overfilled without introducing any air bubbles in the sample. Then, those were sealed with a butyl rubber stopper and aluminum cap. After that, methane analyses of these samples were conducted in the laboratory immediately. Temperature, salinity, and oxygen data were obtained from the CTD profiles.

A high-quality in situ giant clam beds map was obtained by a remotely operated underwater vehicle (ROV) Beaver (Shanghai Jiao Tong University) in the cruise of R/V Zhang Jian in 2017 (Figure 1). The dive sites were characterized by several acoustically detected flares in the water column, which were first discovered by the Kongsberg EM302 multi-beam echo-sounder on-board.



Dissolved CH4 Concentration

Headspace gas chromatography was applied for on-board measurements of dissolved gases, as well as high resolution mapping of CH4 concentrations. Briefly, a 40 mL glass vial with half a sample of seawater was immersed into a 25°C constant temperature water bath to balance the CH4 distribution between headspace and seawater. After that, 0.5 mL of headspace gas was injected into a gas chromatograph (GC910 produced by Ke Chuang Company, Shanghai) with a flame-ionization detector. High-purity helium (99.999%) was used as the carrier gas at a flow rate of 30 mL/min. The precision of the analytical method was ± 2.5%.



Calculations of Saturation and Sea-Air Flux

Saturation values R, expressed in%, were calculated as the ratio of the concentration of dissolved gas to the expected equilibrium water concentration. The saturation and sea–air CH4 fluxes (F, μmol⋅m−2⋅d–1) were calculated as follows:
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Where Cobs is the observed dissolved CH4 concentration (mol L–1); Ceq is the CH4 concentration in the seawater equilibrated with air, which can be calculated using in situ temperature, salinity, and the solubility equation of Wiesenburg and Guinasso (1979). However, atmospheric CH4 concentration was not determined in the present study. Therefore, a global mean atmospheric CH4 mixing ratio of 1831.16 ppb of 2013, taken from the NOAA/ESRL Global Monitoring Division in situ program1, was used for calculations. k (cm h–1) is the gas transfer velocity, which is a function of wind speed and the Schmidt number (Sc). In the current research, the formula presented by Wanninkhof (1992, 2014) was used to calculate the gas transfer coefficient k. The average wind speed during the cruises is 8.3 m s–1.




RESULTS AND DISCUSSION


Horizontal Distribution of CH4

We collected the methane data from the shelf and west slope of the OT, which ranged from 2.7 to 24.7 nM, with an average of 6.5 nM. The horizontal distributions of CH4 in water are shown in Figure 2, presenting a great variation both in the surface and bottom, from 2.0 to 19.9 nM and 2.0 to 24.7 nM, respectively. Careful study found that the CH4 concentrations in the bottom at about 60% of the sites are approximately 10–270% higher than that in the shallower and surface water (Figure 2 and Supplementary Figure S2). This finding suggests there may be an important benthic CH4 originating from the underlying sediment, which can be identified through sediment core incubations (Chronopoulou et al., 2017). However, the high CH4 concentration anomalies are observed on the lower slope of the north study area, with the maximum concentration of 24.7 nM, which is approximately more than 10 times the background concentrations of 2–3 nM in the OT (Tsurushima et al., 1996) and the typical open ocean (Bates et al., 1996; Kock et al., 2008; Tseng et al., 2017). This irregular distribution of CH4 is possibly pointing to seafloor methane seep from sediment.
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FIGURE 2. Horizontal distributions of CH4 in (A) surface and (B) bottom water of the OT. Red stars represent hydrothermal vent sites in the middle and northern OT, also in Figure 1. The plots were generated using Ocean Data View (ODV) Version 5.1.0 (Schlitzer, 2018).




Distribution of CH4 Across the Shelf and Slope

We divided our data into six transects. Transects P1–P5 were conducted across the shelf and slope while P6 followed the contour line of the middle slope (Figure 1). Along the P1 transect (Figure 3), CH4 concentrations changed in a wide range, from 2.0 to 20.3 nM. The most conspicuous feature observed in the majority of our sites for the P1 transect was that CH4 concentrations noticeably elevated from the surface to the bottom water. This was particularly pronounced at CTD4 and CTD5, where CH4 concentrations decreased from the surface to 600 m, then increased from 600 m to the seabed (Figure 3). Finally, they reached the maximum value of 20.3 nM for CTD4 and 10.1 nM for CTD5 at the bottom water, which are far more than that in the typical open ocean (Tilbrook and Karl, 1995; Watanabe et al., 1995).
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FIGURE 3. The six transects distribution of CH4 in the OT. The plots were generated using ODV Version 5.1.0 (Schlitzer, 2018). The “gray spaces” in P1 represent areas where there is too little information for ODV to interpolate.


The CH4 concentrations of the P2 and P3 transects unveiled a noticeable shelf-to-slope trend, which increased and then decreased with distance from the shelf. On the continental shelf with shallow water depth, all sites were characterized by relatively high CH4 concentration, with the value > 10 nM, especially in surface waters, which may be influenced by shelf mixed water (Ye et al., 2016; Sun et al., 2018). However, the maximum values in both transects appeared on the slope. In the P3 transect, the highest concentration was 12 times higher than the background value, which appeared at a water depth of approximately 900 m at the site of CTD10. Whereas, the maximum value of P2 appeared at a depth of 1,100 m (near bottom water) at the site of CTD21, with a concentration of 18.4 nM.

Moreover, the characteristics of CH4 concentration in the P4 and P5 transects showed relatively high value in the shelf area and on the lower slope, while it was relatively low on middle slope. This scene can be observed at the CTD26 site with a water depth of 165 m on the shelf area, where CH4 concentration in the whole water depth profile was relatively high, with the range from 8.6 to 10.8 nM. That might be associated with the input of high concentration CH4 from land sources or the production and diffusion from sediment (Ye et al., 2016). However, in the P5 transect located at the canyon in the southern part of the OT, CH4 concentration was lower than that in other sections and was close to the background value, which may be due to the complex geological structure or hydrography (Nakamura et al., 2013). Previous study showed that the internal waves and tides, combined with the Kuroshio current, enhanced the disturbance and mixing of sea water in submarine canyons (Gao, 1996), that resulted in a rapidly dilution of emitted CH4 by surrounding waters. Thus, it was one of the important reasons for the relatively low CH4 concentration in this area.

In the present research, we summarized the distribution characteristic of CH4 in the P6 transect along the contour line on the west middle slope of the OT. Our results showed that the CH4 concentration ranged from 1.9 to 24.7 nM, and the maximum and minimum values were at CTD10 in the middle OT and at CTD37 in the southern area (Figure 3), respectively. However, at the CTD10 site, a high concentration of CH4 was noted throughout the water column, which may be attributed to methane seepage and methane bubble plumes (Figure 1). Similarly, an abnormally high concentration of CH4 was found at the depth water of the CTD4 site, with a distance of only 16 km from the CTD10 site. Moreover, the CH4 concentrations in the near-surface waters of the CTD16 and CTD17 sites were relatively high, with the values of 12.5 and 14.5 nM, respectively.

According to the analysis results of the above-mentioned six transects, it was disclosed that higher CH4 concentration was observed on the shelf and lower slope area within the depth range of 900–1000 m. In order to identify the CH4 influence factors of the main water masses and currents, we presented the CTD profile data of all sites in Figure 4 and Supplementary Figure S1. Most data points indicated that the shelf mixed water (SMW) and Kuroshio (salinity > 34‰, with gradual reduction of temperature with depth) played substantial roles in regulating the distribution of CH4 concentration. The SMW distributed in the shelf edge zone included Changjiang Diluted Water (CDW), TWCW, and Kuroshio Surface Water (KSW) (Zhang et al., 2007; Ye et al., 2016). Previous studies reported that a small number of large rivers in East Asia (Sieburth, 1987) were transporting huge amounts of freshwater along with high concentrations of dissolved CH4 to the ECS, e.g., about 70.6 × 106 mol yr–1 CH4, were imported from the Changjiang (112–190 nM in the surface water in spring) to the ECS (Tsurushima et al., 1996; Zhang et al., 2004; Ye et al., 2016; Sun et al., 2018). It is noteworthy that dissolved CH4 in the river water is almost 2 orders of magnitude higher than that found in the continental shelf edge (Sun et al., 2018), and in summer, this river water mass extends further to the continental shelf, which may justify the relatively high CH4 concentration in this area. However, the main stream of the Kuroshio flowing northeastward along the 200 m isoline (Qin, 1987), is the most important factor that affects the study area (Figure 4), with a relatively low CH4 concentration (Rehder and Suess, 2001; Zhang et al., 2004). This is coupled with our finding in the slope area, and pronounced in the southern area. However, the CH4 concentration is abnormally high at the sites of the lower slope (e.g., CTD4, 10) even though it is affected by the Kuroshio Intermediate Water (KIW) or Kuroshio Deep Water (KDW) (Figure 4). This may be attributed to the observed methane cold seepage (Figure 1).
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FIGURE 4. (A) Temperature-salinity diagrams and CH4 concentrations in the OT. (B) A larger version of the Kuroshio Water masses. The dominant water masses are classified according to a previous study (Tang et al., 1997; Li et al., 2012; Qi et al., 2014) and indicated by rectangular outlines. SMW, Shelf Mixed Water; KSW, Kuroshio Surface Water; KSSW, Kuroshio Subsurface Water; KIW, Kuroshio Intermediate Water; KDW, Kuroshio Deep Water. Black dots: non-CH4 sampling point; Colored dots: CH4 sampling points, with concentrations indicated by color scale. The plots were generated using ODV Version 5.1.0 (Schlitzer, 2018).


However, CH4 concentration at the CTD10 and CTD4 sites was found anomalously high in the full depth water column, which was pronounced at a depth of 800–1,100 m near the seafloor. These irregular phenomena are closely related to the cold seepage with methane bubble plumes (Figure 1). CH4 produced in sediments is consumed as it is pushed upward by anaerobic oxidation of methane (AOM) or aerobic CH4 oxidation (Barnes and Goldberg, 1976). However, if the upward CH4 is not fully exhausted by these processes, the extra CH4 is emitted to the ocean, and generates patches of high CH4 concentration (Leifer et al., 2000; Mau et al., 2017). Furthermore, the presence of gas hydrates is inferred from the bottom-simulating reflections (BSRs) in the OT (Fan and Yang, 2004; Xiwu et al., 2008). Geological models calculated that the water depth of the gas hydrate stability zone of the OT was approximately 500 m (Fan and Yang, 2004). Fittingly, the water depth of the CTD10 and CTD4 sites is about 900 m located in the gas hydrate stability zone. In addition, other evidence of pore-water geochemical anomalies (Li et al., 2015; Xu et al., 2018) and geochemical characteristics of authigenic pyrite associated with AOM (Wang et al., 2015) have been documented with cold seepages activities appearing near our study sites. Although CH4 concentration is significantly lower than that in the samples collected by a ROV at the cold seepage sites here, previous studies still supported our augment that anomalously high CH4 concentrations are attributed to the existence of cold seepage. However, the low concentration of CH4 in our samples compared with that in the samples collected by a ROV was attributed to the greater distance above the seafloor during sampling. After emission from the seafloor, CH4 concentration may be noticeably reduced due to continuous oxidation, dissolution, diffusion, and dilution of a large amount of seawater (Leifer et al., 2000; McGinnis et al., 2006; Konn et al., 2009; Faure et al., 2010). Not only that, when the CTD seawater was retrieved, CH4 was partly lost due to a decrease of pressure (Konno et al., 2006). Furthermore, near-surface waters at the CTD16 and CTD17 sites showed high CH4 concentrations, which were more than six times of the background value of the lower slope area, suggesting that there may be methane seepage. Nevertheless, compared with other areas, e.g., west Spitsbergen (up to 524 nM; Gentz et al., 2014), the Gulf of Mexico (∼600 nM; Solomon et al., 2009), and the Hikurangi Margin of New Zealand (up to 3,500 nM; Faure et al., 2010), it seemed that CH4 concentration in this study was lower, and the CH4 seepage was not considerably active in our study area. It is possible that CH4 seepage is episodic, or the seepage is on a small scale or only very close (decimeters) to the seafloor at active seep sites (in the current study, sampled bottom water depth was about 50 m above seafloor). Therefore, it is difficult to catch the abnormality of methane with CTD sampling. Generally, cold seep in a finer scale is spatially associated with canyons, which incision downward into older strata and landward into the upper slope could physically disrupt gas hydrate or free gas deposits. On the contrary, no abnormal CH4 concentration in P5 was detected in the canyon of the study area in spite of the existence of pore water anomalies associated with cold seep (Zhang et al., 2004; Xu et al., 2018). It is also possibly attributed to the episodic characteristic of CH4 seepage or that emitted CH4 is diluted swiftly, distributed by surrounding waters, or is actively consumed in oxygenated seawater.

Notably, our sampling site was relatively close to the hydrothermal vents of the OT (Figures 1, 2), thus, the hydrothermal activity may be an influence factor on the CH4 distribution.



Vertical Distribution of CH4

The vertical concentration profiles of CH4 were irregular due to the complex geography and hydrography of the ECS (Zhang et al., 2004; Figures 3, 5). Nonetheless, CH4 concentrations at nearly half of our study sites exhibited obvious peaks in surface or subsurface water. The largest maximum generally occurred at 50-100 m and coincided with the pycnocline. It was likely the result of in situ aerobic CH4 production caused by microbial biogeochemistry (Reeburgh, 2007). At depths > 200 m, CH4 peaks were present at some sites; for example, at sites CTD5, 13, and 25 (Figure 5), one broad CH4 peak was present at the depth of ∼400 m, which might be associated with the advection and sinking of shelf water across the shelf break (Patra et al., 1998; Ye et al., 2016). Below the depth of ∼ 400 m, CH4 concentration in the majority of profiles decreased with increasing depth and with a concurrent decrease in salinity, indicating the influence of the KIW (Figure 4). Finally, CH4 concentrations increased again when approaching the sea bottom (Figure 5). For instance, CH4 concentrations in the water columns of CTD4, 5, 8, 10, 11, 12, 15, 16, 17, 20, 24, and 28 showed a steady increase to the seafloor, with the maximum value of higher than 10 nM. This may be attributed to CH4 emissions from the underlying sediments discussed above. According to previous studies, biological production of CH4 is expected to be widespread on the shelf due to a copious supply of terrestrial organic matter (Floodgate and Judd, 1992; Lin et al., 1992; Judd and Hovland, 2009). As this organic matter accumulates faster than the supply rate of oxidizing agents, methanogenesis sets in and causes organic carbon concentrations to be partly oxidized to CO2 and partly reduced to CH4 which supports the argument that CH4 in bottom water is maintained by emission from the underlying organic-rich sediments. The water column increase in CH4 concentration when approaching the seafloor was particularly pronounced at the CTD4 and CTD10 sites, with the maximum value of higher than 20 nM at the depth of several meters above the seafloor. This can be attributed to CH4 seepage already reported in this area (Li et al., 2015; Xu et al., 2018).
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FIGURE 5. Depth profiles for temperature (°C), salinity (‰), and CH4 (nM) at representative stations of the OT.


Contrary to other sites, the CTD9 site showed positive CH4 anomalies in the entire water column. The CTD10 site showed relatively high CH4 concentration in the depths ranging from ∼450 to 1,000 m, while at CTD4, elevated CH4 concentrations were observed in the depth range from ∼ 850 to 1,000 m. This may indicate that the depth range affected by the seabed CH4 seepage, or the rising height of the methane plume (Figure 1). This is also consistent with the observations of the CH4 bubble plume analyzed through multi-beam data (Sun et al., unpublished data), which revealed that the maximum height of the methane plume can reach 578 m above the seafloor near the CTD10 site where the water depth is about 1,000 m. In general, CH4 can be transported in the form of dissolved or free gas in water (Faure et al., 2010). Bubble dissolution models tell us that a 9 mm diameter pure CH4 bubble released into the water column from a depth of 1,000 m will be dissolved completely when it reaches a depth of 495 m, while a bubble of 15 mm will fully dissipate at 366 m (Greinert and McGinnis, 2009; McGinnis et al., 2006). Assuming that methane bubbles from cold seeps rise from 1,000 to 400 m depth and the bubble dissolution model is applicable to our study, we infer that the diameter of the CH4 bubbles released into the water column must be between 9 and 15 mm.



Methane Lost to the Atmosphere

In this study, we calculated CH4 saturations in the surface seawater (Table 1), which showed obvious spatial variation and was supersaturated throughout the study areas (Supplementary Figure S3), ranged from 108 to 1078%, with the high CH4 saturation mainly noted at lower slope sites surrounding CTD10 and CTD4. This indicated that surface seawater is a net source of atmosphere CH4. Spatially, CH4 saturation ranged from 465 to 975% in the shelf edge area, with an average of 676%. Whereas, in the upper slope area (water depth < 800 m), the saturation varied in a comparatively large range, from 110 to 606%. Different from the shelf and upper slope areas, saturation remarkably changed on the lower slope (108–1078%). Spatial variability among different sites was associated with the characteristics of their geological and physical environment, e.g., seep intensity, water depth, and currents.


TABLE 1. Surface concentrations, surface saturations, and sea-to-air fluxes of CH4 reported in different oceanic areas.

[image: Table 1]
To quantify the CH4 lost to the atmosphere in this area, we estimated the sea-air flux. Overall, the sea-air flux of CH4 throughout the study area presented heterogeneity in space (Figure 6), which ranged from 0.74 to 116 μmol m–2d–1, with an average of 26.2 μmol m–2d–1. Compared with the CH4 sea-air flux reported by Tsurushima et al. (1996) and Sun et al. (2018) in the shelf, our estimation showed a higher value, which may be due to different sampling and detection methods. In this study, we conducted CH4 analyses immediately after sampling in a laboratory on-board, which made our detection closer to the actual value than measurements taken after months of store time. Furthermore, the range of the sea-air CH4 flux on the continental shelf is from 34.8 to 104 μmol m–2d–1, with an average of 61.7 μmol m–2d–1, obviously higher than that on the global continental shelf (22–37 μ mol m–2 d–1) (Bange et al., 1994). Compared with other continental shelves worldwide, the sea-air flux was also higher than that in other continental shelf areas of the Western Pacific, such as the South China Sea (Tseng et al., 2017). However, an irregular wide range from 0.74 to 116 μmol m–2d–1 on the slope was noted, with the maximum sea-air CH4 flux value presented around CTD10, which may result from the direct influence of seafloor cold seepage studied previously. Globally, CH4 spillovers on the lower slope are significantly higher than those in the Gulf of Cádiz (Ferrón et al., 2009), the Beihai (Bange et al., 1994), the Philippine Sea (Tseng et al., 2017), and the Gulf of Mexico (Yvon-Lewis et al., 2011; Table 1). In summary, our study area is an active area of CH4 emissions.
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FIGURE 6. Sea-to-air fluxe of CH4 [(A) Kw was estimated by the W2014 equation; (B) Kw was estimated by the W92 equation].




Possible Effects of Hydrothermal Activities

In addition to the contribution from cold seepage to CH4 in the water of the OT, hydrothermal fluid was noted as an efficient carrier of CH4. Previous studies demonstrated that approximately more than 20 hydrothermal vents have been discovered since the 1980s in the OT (Halbach et al., 1989; Miyazaki et al., 2017). Significant enrichment of hydrothermal fluids of the OT in gas species is one of the geochemical features compared with those in the typical sediment-starved Mid Ocean Ridge (Sakai et al., 1990; Konno et al., 2006; Kawagucci et al., 2011; Ishibashi et al., 2014). Furthermore, anomalously high CH4 concentrations were reported in the venting fluid of Iheya North (up to 7.6 mM; Kawagucci et al., 2011) in the middle OT, and documented CH4 concentration in hydrothermal fluids of the Minami Ensei nearest to our study sites was approximately 2.1 mM (Kawagucci et al., 2013). These fluids, with CH4 concentrations generally a thousand times more than the background value, are a significant contributor to the seawater CH4 (Glasby and Notsu, 2003).

In the current research, CH4 concentration at different sites was anomalously high in the deep-water of the study area. As shown in Figures 1, 2, distribution of high CH4 concentrations in the depth water partly appeared near known hydrothermal sites (Inagaki et al., 2006). For instance, in depth of 1050 mbsl (not the bottom water), the data from CTD12 showed a CH4 concentration of 15.2 nM, and this high concentration may originate from the nearest seep site of CTD10 as discussed earlier. However, it was found to be very close to the Minami Ensei Knoll hydrothermal vent with the high temperature fluid enriched in CH4. The distance measured between them is approximately only 19 km. Although Cowen et al. (2002) reported that CH4 in hydrothermal plumes can be dramatically decayed with dispersed distances by the microbial oxidation process along with dilution of the plume with background waters; CH4 evidence in the hydrothermal plume occurred in a distal station 15 km off the hydrothermal vents of the Juan de Fuca Ridge with a CH4 concentration of 600 nM. However, CH4 concentration in the Minami Ensei Knoll (∼2.1 mM) and the velocity of the current in the OT were significantly higher than that in the Juan de Fuca Ridge (Cowen et al., 2002; Nakamura et al., 2008; Kawagucci et al., 2013), thus, CH4 in the hydrothermal plume could be further transferred. Therefore, we speculate that the CH4 concentration in the CTD12 site may be influenced by the Minami Ensei Knoll hydrothermal fluid. In addition, CTD17 showed a high concentration of CH4 in deep rather than bottom water, with the maximum value of higher than 10 nM, which may be due to the horizontal extra input by non-buoyant plumes (German and Syefried, 2014). Similar to CTD12, a hydrothermal vent was found near the site named Iheya Ridge (Figure 1) with an extremely high CH4 concentration of 7.6 mM (Ishibashi et al., 1995; Kawagucci et al., 2011, 2013). In this case, this might effect the CH4 concentration of CTD17.



Significance of Methane Seepage for the CH4 Budget

Methane seepage from seafloor sediments remains poorly quantified, although it is widespread on continental margins (Judd and Hovland, 2009; Boetius and Wenzhöfer, 2013). Most previous studies demonstrated that the contribution of the oceans to the global atmospheric CH4 budget is minor (Schmale et al., 2005; Yvon-Lewis et al., 2011), with inputs originating from surface seawater, only occurring in regions of supersaturation. In contrast, new sites of seafloor CH4 seepage are being discovered continually (Skarke et al., 2014), and recent studies on CH4 fluxes at sites of seepage have been conducted. However, previous results based on traditional indirect sampling techniques and modeling suggested that bubble plumes emitted from cold seepages at depths greater than 200 m do not reach the surface mixed layer due to bubble dissolution and CH4 oxidation (Valentine et al., 2001). This case is present in deep-water hydrocarbon seepages in offshore Svalbard (Graves et al., 2015) and the northern Gulf of Mexico (Hu et al., 2012), where seafloor makes an insignificant local contribution to the atmosphere due to CH4 oxidation. Similar to these areas, the sea-air flux that we estimated from the west slope of the OT was relatively small. Based on the mean flux, the preliminarily estimated emission rate of CH4 from our study area in the ECS was 2.9 × 10–3 Tg yr–1. This indicated that although the study area only accounted for 2.47% of the surface area in the ESC (∼7.7 × 105 km2), it accounted for about 4.5% of CH4 emissions in the ESC (6.4 × 10–2 Tg yr–1) (Ye et al., 2016). Nevertheless, as a unique back-arc basin, the characteristic of CH4 can be influenced by both the cold seepage and the pervasive hydrothermal fluids as discussed above. Our study area only represented 2.47% of the ESC and was away from the majority of hydrothermal sites; thus, the contribution of emitted CH4 from sediment to atmosphere in the ESC was remarkably larger than that estimated previously (Ye et al., 2016).

Additionally, these CH4 emissions from the seafloor extreme systems may have a significant influence on the carbon cycle. Methane seepage allows buried old or deep sourced carbon to be transported to the seafloor (Boetius and Wenzhöfer, 2013), which contributes allochthonous forms of methane carbon to water (Pohlman et al., 2011; Zhang et al., 2019). At the same time, part of the methane carbon is bio-absorbed and then redeposited in carbonate (Sun et al., 2015), which became the methane sink. On the other hand, Zachos et al. (2004) reported that large releases of methane could have contributed to ocean acidification and with that resulting in the dissolution of large amounts of sedimentary carbonate in historic events. In this case, that would speed up the circulation of methane carbon in the ocean.




CONCLUSION

CH4 concentrations in the seawaters on the west slope of the OT were in the range of 2.7–24.7 nM, with an average of 6.5 nM. The special distributions revealed that CH4 concentration in the majority of the transections showed a high to low trend from the shelf to the slope. However, CH4 concentration in the P1 and P2 transections was subjected to high variability, showing high values in the bottom water of the CTD4 and CTD10 sites. The vertical distributions indicated that dissolved CH4 can be influenced by in situ aerobic CH4 production caused by microbial biogeochemistry or physical advective supply from the shallower depth water of the continental shelf.

CH4 in the surface water was, in all cases, supersaturated with respect to the atmosphere. Besides, the sea-air flux of CH4 throughout the study area showed high spatial variations, which ranged from 0.74 to 116 μmol m–2d–1, demonstrating that surface seawater is a net source of CH4 to the atmosphere. Based on the mean CH4 flux, the preliminary estimated rate of CH4 from our study area in the ECS was 2.9 × 10–3 Tg yr–1, which was higher than the value speculated previously. Therefore, the previously estimated CH4 emission rate in the ESC may be underestimated according to our findings. The coexisted contributions of the cold seepage and hydrothermal vents expand our view of the CH4 budget of the back-arc basin worldwide.
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Cadmium is a trace metal of interest in the ocean partly because its concentration mimics that of phosphate. However, deviations from the global mean dissolved Cd/PO4 relationship are present in oxygen deficient zones, where Cd is depleted relative to phosphate. This decoupling has been suggested to result from cadmium sulphide (CdS) precipitation in reducing microenvironments within sinking organic matter. We present Cd concentrations and Cd isotope compositions in organic-rich sediments deposited at several upwelling sites along the northeast Pacific continental margin. These sediments all have enriched Cd concentrations relative to crustal material. We calculate a net accumulation rate of Cd in margin settings of between 2.6 to 12.0 × 107 mol/yr, higher than previous estimates, but at the low end of a recently published estimate for the magnitude of the marine sink due to water column CdS precipitation. Cadmium in organic-rich sediments is isotopically light (δ114/110CdNIST-3108 = +0.02 ± 0.14‰, n = 26; 2 SD) compared to deep seawater (+0.3 ± 0.1‰). However, isotope fractionation during diagenesis in continental margin settings appears to be small. Therefore, the light Cd isotope composition of organic-rich sediments is likely to reflect an isotopically light source of Cd. Non-quantitative biological uptake of light Cd by phytoplankton is one possible means of supplying light Cd to the sediment, which would imply that Cd isotopes could be used as a tracer of past ocean productivity. However, water column CdS precipitation is also predicted to preferentially sequester light Cd isotopes from the water column, which could obfuscate Cd as a tracer. We also observe notably light Cd isotope compositions associated with elevated solid phase Fe concentrations, suggesting that scavenging of Cd by Fe oxide phases may contribute to the light Cd isotope composition of sediments. These multiple possible sources of isotopically light Cd to sediments, along with evidence for complex particle cycling of Cd in the water column, bring into question the straightforward application of Cd isotopes as a paleoproductivity proxy.
Keywords: CdS precipitation, oxygen deficient zones, continental margin, isotope fractionation, cadmium
INTRODUCTION
Dissolved cadmium (Cd) displays typical nutrient-type behavior in the oceans (e.g., Bruland et al., 2014), despite its known toxicity (e.g., Brand et al., 1986; Waldron and Robinson, 2009). The reason for its nutrient-type behavior is not fully understood; to date, only one biological function of Cd has been identified, in which it replaces Zn in the enzyme carbonic anhydrase (Price and Morel, 1990; Lane et al., 2005; Xu et al., 2008). Nevertheless, dissolved Cd has a spatial distribution akin to the macronutrient phosphate (PO4) (e.g., Boyle et al., 1976; Bruland, 1980), and Cd/Ca ratios in calcareous microfossils have been utilized as a proxy for past oceanic P distributions (e.g., Marchitto and Broecker, 2006).
Cadmium isotopes in marine carbonates and organic-rich sediments are emerging as a potential tracer of past ocean productivity (Georgiev et al., 2015; John et al., 2017; Hohl et al., 2017, 2019), contingent on the observation that biological uptake of Cd in the surface ocean is associated with preferential uptake of the light isotope (e.g., Lacan et al., 2006; Ripperger et al., 2007). However, deviations from the global ocean Cd/PO4 relationship are observed in oxygen deficient zones (ODZ) of the modern ocean (e.g., van Geen et al., 1995; Janssen et al., 2014; Middag et al., 2018), deviations that are in some cases associated with Cd isotope fractionation (e.g., Conway and John 2015a). Thus, further work is required to constrain the cycling of Cd and its isotopes in the ocean.
Stable isotopes are a useful tool to constrain the whole oceanic mass balance of an element. The Cd isotope composition of seawater, denoted here as δ114/110CdNIST SRM 3108 (Eqn. 1), ranges from 0 to +5‰ at the surface, with a uniform deep water average of about +0.3‰ (Ripperger et al., 2007; Xue et al., 2013; Conway and John, 2015a, 2015b; Xie et al., 2017, 2019a, 2019b; John et al., 2018; Sieber et al., 2019a, 2019b; George et al., 2019; Guinoiseau et al., 2019). The isotopic composition of Cd inputs to the ocean are not well constrained, but two studies find aerosol-borne Cd and dissolved riverine Cd to have an isotopic composition similar to lithogenic material at 0.0‰ and +0.2 ± 0.1‰ respectively (Lambelet et al., 2013; Bridgestock et al., 2017). The deep oceans are isotopically heavier than lithogenic Cd; therefore, mass balance requires an isotopically light sink for Cd in sediments.
To date only Fe-Mn crusts—the chemical signatures of which are often used as a proxy for removal to Fe-Mn oxide phases in oxygenated deep-sea settings—have been analysed for their δ114Cd values. Fe-Mn crusts have Cd isotope compositions similar to the deep ocean δ114Cd value, at about +0.3‰ (Schmitt et al., 2009; Horner et al., 2010), and therefore cannot be the isotopically light output flux required to balance the Cd budget.
Organic-rich sedimentary settings along productive continental margins are considered a second important sink for Cd (e.g., van Geen et al., 1995; Morford and Emerson, 1999; Little et al., 2015). Organic matter derived from biological primary productivity in the upper water column is one important source of Cd to margin sediments (Elderfield et al., 1981; Rosenthal et al., 1995). In culture, biological uptake is associated with a preference for isotopically light Cd, consistent with the observed isotopically heavy residual dissolved pool in surface seawater (e.g., Ripperger et al., 2007). Organic matter is thus one isotopically light source of Cd to margin sediments (e.g., Yang et al., 2015, 2018; John et al., 2018; Janssen et al., 2019). A second possible source is the precipitation of CdS, either in reducing microenvironments within sinking organic material (e.g., Janssen et al., 2014; Bianchi et al., 2018; Guinoiseau et al., 2019), or in bottom waters proximal to an anoxic sediment-water interface (Xie et al., 2019b; Plass et al., 2020). Consistent with an isotopically light particulate source of Cd to sediments, Janssen et al. (2019) observed isotopically light particles (size range: 0.8–51 μm), ranging from −0.5 to −0.2‰, at water depths of 200–800 m in the northeast Pacific. They propose that the export and burial of these light particulate phases in organic-rich shelf sediments may balance the oceanic Cd budget (Janssen et al., 2019).
As yet, no Cd isotope compositions from modern organic-rich sediments have been reported. Here, we present data for sediments from the northeast Pacific margin. Our dataset supports the suggestion of an isotopically light sink for Cd in margin settings, and places improved constraints on the Cd mass balance and Cd isotope budget of the oceans. Finally, we consider the implications of our data for the utility of Cd isotopes as a tracer of past ocean productivity.
MATERIALS AND METHODS
Sites and Sampling
Samples were selected from the northeast Pacific margin (Table 1; Figure 1), specifically, from four of the California Borderland Basins (Santa Barbara, Santa Monica, San Nicolas and Tanner Basin), and three sites along the Mexican margin (Pescadero slope, Soledad Basin and Magdalena margin). Sediment cores were collected using a multicorer, as described by McManus et al. (2006). The sites are situated in regions of elevated productivity resulting from coastal upwelling, with water column oxygen depletion at intermediate depth as a consequence of organic matter remineralization. The seven sites span a range of water column oxygen conditions and resultant sedimentary diagenetic regimes (Table 1). They also vary in depositional setting, from restricted basins to open continental margin. The sites and samples have been extensively described previously (see: McManus et al., 2006; Poulson-Brucker et al., 2009; Chong et al., 2012; Little et al., 2016; Little et al., 2017) and are thus only briefly introduced here.
TABLE 1 | Site descriptions, after Little et al. (2016).
[image: Table 1][image: Figure 1]FIGURE 1 | Locations of the sites studied on the northeastern Pacific margin of North America. Enlarged map shows the California Borderland Basins (Barb—Santa Barbara, Mon—Santa Monica, Nic—San Nicolas, Tan—Tanner Basin) and the Mexican Margin sites (Sol - Soledad Basin, Pesc—Pescadero slope, Mag—Magdalena margin). Maps made using Ocean Data View (odv.awi.de; Schlitzer, 2017).
California Borderland Basins
The southern California Borderland Basins are separated from one another by their silled topography, thus they exhibit lower oxygen concentrations at intermediate depth and in bottom waters compared to equivalent depths along the open margin (Emery, 1960). The enhanced upwelling generates an ODZ between the depths of 200 and 1,000 m. The basins are situated at a range of water depths and distances offshore, resulting in a range of low oxygen conditions in the region (Table 1).
Santa Barbara and Santa Monica are nearshore basins. They are both within the Californian ODZ, thus display low bottom oxygen water conditions of <10 µM, with the Santa Barbara Basin being the most reducing. Both core sites have ferruginous shallow porewaters, which indicate that iron and sulphate reduction are likely to be the dominant electron transfer pathways (McManus et al., 1997; 1998). Santa Barbara has a high sediment accumulation rate (∼90 mg/cm2/yr) compared to the other Borderland Basins (10–20 mg/cm2/yr), which can be attributed to a higher lithogenic input due to its location close to the continent (Thunell et al., 1995).
By comparison, the offshore basins, San Nicolas and Tanner, provide examples of lower carbon fluxes and higher oxygen concentrations. The San Nicolas and Tanner basins have sill depths below the depth of the ODZ. They have higher bottom water oxygen contents than the nearshore basins, of between 15 and 35 µM, and are diagenetically similar, displaying Mn-Fe rich porewaters, although the Tanner Basin displays lower Fe and Mn than San Nicolas (Shaw et al., 1990; McManus et al., 1997; 1998). At these sites, organic matter is oxidized through a combination of terminal electron acceptors including oxygen, nitrate, Mn, Fe and sulphate.
Mexican Margin
Along the Mexican margin, the sites examined (Pescadero slope, Soledad Basin and Magdalena margin) have considerably lower bottom water oxygen concentrations (<1 µM) than the Californian Borderland Basins. The ODZ extends more than 1,500 km off the coast of Mexico at depths of 500–1,000 m. The sediment coring depths in this study are all within the ODZ. Therefore, there is likely to be limited bioturbation and excellent preservation of laminated sediments in the cores.
The Pescadero slope is an open margin site on the eastern edge of the mouth of the Gulf of California (Figure 1) and receives extensive continental input from the Sierra Madre Occidental Mountains (e.g., Berelson et al., 2005; Chong et al., 2012). The core was collected at a depth of 616 m within the ODZ. The porewaters have high concentrations of dissolved Fe, rapidly increasing from 3 µM at the surface and to a maximum of ∼400 µM at a depth of 8 cm (Chong et al., 2012).
Soledad Basin and the Magdalena margin are on the western open ocean margin side of Baja California (Figure 1). The core in the Soledad Basin was collected at a water depth of 544 m, close to the deepest point of the basin. This basin is isolated from the open ocean by a sill at approximately 250 m depth (Silverberg et al., 2004). A prior report noted that the sediments are laminated with coccolith laminae (van Geen et al., 2003). By contrast, the Magdalena margin site represents an open, unrestricted continental margin setting. It has a core depth of 692 m and the upper 1–2 cm of sediment is bioturbated. Both locations have dissolved sulphide in the porewaters, increasing from ∼10 and 2 µM at the surface to >40 and >20 µM below 8 and 20 cm depth in the Soledad Basin and Magdalena margin respectively (Chong et al., 2012). Unlike the Pescadero slope, these two locations receive very little lithogenic input. Nevertheless, Soledad Basin also has a high sediment accumulation rate of 50–90 mg/cm2/yr (Silverberg et al., 2004). This high sediment accumulation rate at Soledad Basin indicates elevated productivity, which is supported by a high organic carbon burial flux of 3.7 mg/cm2/yr at this site (Bralower and Thierstein, 1987).
Analytical Methods
Porewater Analyses
Porewater samples were collected and sampled from sediments as described in prior publications (McManus et al., 1997, 1998, 2006; Severmann et al., 2006; Chong et al., 2012) and porewater Fe and Mn were reported previously for most of the sites discussed here (see references in Table 1). However, Santa Barbara and San Nicholas porewater results were not published previously. For these sites porewater Fe and Mn were prepared for analysis by a 20-fold dilution and standard additions of a surface sample from each core. Samples were measured on an Agilent 7500ce quadrupole inductively coupled plasma mass spectrometer (ICP-MS) equipped with a collision cell (using hydrogen gas) at the University of California, Riverside. Analytical precision was ∼7% (2 standard deviation) for both Fe and Mn.
Sample Preparation for Cd Isotope Analysis
All sample preparation was conducted in laminar flow hoods (ISO-4). Sediment samples were digested at ETH Zürich (Little et al., 2016). All further sample preparation work for the Cd isotope analysis was conducted in the MAGIC clean room laboratories at Imperial College London. Concentrated HCl, HNO3 and HF were purified in Teflon DST-1000 Acid Purification Systems from Savillex and diluted to the required concentration with MilliQ water (18.2 MΩ) from a Milli-Q Advantage dispensing system. ∼500 mg of each sample were digested, as previously described by Little et al. (2016). In summary, each sample powder was pre-digested with dilute nitric acid at room temperature to dissolve carbonate. The sample and supernatant were then dried down, before complete digestion on a hotplate with a 3:1 mix of concentrated HF and HNO3. Once digested and dried, samples were treated with concentrated HNO3 three times to redissolve fluoride salts, before final dissolution in 25 ml 7M HCl. Elemental analysis on an aliquot of these solutions was conducted at ETH Zürich on a Thermo Scientific ELEMENT XR ICP-MS (Little et al., 2016).
An aliquot containing ∼100 ng of Cd was then sub-sampled at Imperial College London and spiked with a 111Cd–113Cd double spike to obtain a spike to sample-derived (S/N) Cd ratio of ∼1 (Xue et al., 2012). In addition to the samples, two procedural blanks, a column blank, and three aliquots of a USGS basalt reference material (BCR-2) were prepared for Cd isotope analysis. Procedural blanks were ∼46 pg Cd, up to a maximum of 0.6% of the Cd content in the smallest sample.
A three-stage column chemistry procedure following Ripperger and Rehkämper (2007) and Xue et al. (2012) was used to separate Cd from the matrix. Briefly, anion-exchange chromatography was performed for the first two stages using AG1-X8 anion-exchange resin. The first two stages differ in column size (2 ml quartz glass columns and 150 µL shrink fit Teflon columns) and resin grain size (100–200 and 200–400 mesh). The last stage of the separation chemistry utilized the same small Teflon columns as during the second-stage procedure, but Biorad Eichrom TRU resin was used to separate Sn and traces of Nb, Zr, Mo in the sample.
Finally, liquid-liquid extraction with n-heptane was employed to remove any organic compounds that could be released from the resin (Murphy et al., 2016). The n-heptane was pre-cleaned through liquid–liquid extraction with 6M HCl, following the detailed procedure outlined in Murphy et al. (2016). Afterward, the samples were dried twice and re-dissolved with a few drops of concentrated HNO3 and taken up in 1 ml 2% HNO3 for mass spectrometry.
Cadmium Isotope Compositions
Cadmium isotope ratio analyses were conducted on the Nu Plasma high resolution multi collector ICP-MS (HR MC-ICP-MS) equipped with a DSN-100 desolvation system and a MicroMist glass nebulizer, with an uptake rate of ∼120 µL/min. The ion masses of 114 (Cd), 113 (Cd), 112 (Cd), 111 (Cd) along with 117 (Sn) and 115 (In) were measured simultaneously in low-resolution mode with Faraday cups. The instrumental sensitivity for Cd ranged from 240–310 V/ppm. The S/N ratio and total Cd concentration of the samples matched those of simultaneously measured spiked standard reference solutions NIST SRM 3108 (NIST) and BAM I012 (BAM) to within ±10%.
Instrumental mass bias was corrected using the double-spike technique described by Xue et al. (2012). Data reduction was carried out offline utilizing the iterative approach of Siebert et al. (2001). The Cd isotope ratios were then reported relative to the bracketing NIST Cd standards in delta notation:
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Uncertainties reported in Table 2 are either internal 2σ errors, which represent the within-run uncertainty on each individual Cd isotope analysis, or for duplicate analyses uncertainties are the 2SD of those values. The long-term external reproducibility is calculated based on multiple measurements of the secondary standard BAM (−1.37 ± 0.05‰ 2SD, n = 12) and the BCR-2 reference material (0.02 ± 0.03‰, n = 3).
TABLE 2 | Summary of results, including bulk sediment Cd isotope compositions and Cd, Al and Fe concentrations.
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Sediment Core Data
Cadmium concentrations presented here are normalized to Al in order to account for the presence of Cd from detrital silicates (Figure 2). All samples from all sites display elevated Cd/Al ratios compared to the upper continental crust (Cd/AlUCC = 0.011 × 10−4, Rudnick and Gao, 2003; Figure 2), indicating significant bioauthigenic enrichment (see also section 4.1). We define ‘bioauthigenic’ Cd here to include both chemically precipitated and biological Cd sources (i.e., non-lithogenic Cd). Sediment Cd/Al ratios range from 0.1 to 1.3 × 10−4. The Magdalena margin and Soledad Basin sediment cores are distinctly more enriched in Cd than the cores from the other sites with the average downcore Cd/Al of 1.05 × 10−4 and 0.52 × 10−4 respectively. The Cd/Al ratio of the surface-most sample from Santa Monica is also notably elevated (0.53 × 10−4) compared to samples deeper in the sediment core (at ∼ 0.15 × 10−4) and other California Borderland Basin sites (≤0.3 × 10−4). This surface anomaly could reflect a recent anthropogenic source of metals, as previously reported for this site (Finney and Huh, 1989; Bruland et al., 1994).
[image: Figure 2]FIGURE 2 | Downcore variability in bulk Cd/Al (A) and δ114Cd (B) for seven sites from the two continental margin locations (California Borderland Basins—dashed lines, triangles; Mexican Margin—solid lines, squares). The orange bar represents the Cd/Al ratio of the upper continental crust (Rudnick and Gao, 2003). The blue bar represents average deep seawater δ114Cd (+0.25–0.3‰—see text for references). Error bars are the external 2 SD on sample replicates or of a secondary standard (BAM, ± 0.05‰), or the internal 2σ on an individual Cd isotope ratio measurement, whichever is larger.
Sediment Cd isotope compositions range from −0.19 to +0.11‰, with limited δ114Cd variability between sites (Table 2; Figure 2). This range of values is isotopically lighter than global deep seawater, which has an average δ114Cd value of about +0.3‰ (Ripperger et al., 2007; Xue et al., 2013; Abouchami et al., 2014; Conway and John, 2015a, 2015b; Xie et al., 2017, 2019a, 2019b; John et al., 2018; Sieber et al., 2019a, 2019b; George et al., 2019; Guinoiseau et al., 2019). The most reducing site of the California Borderland Basins, Santa Barbara, has an average δ114Cd of 0.00 ± 0.04‰ (errors reported here are 1 standard deviation variation over the entire sediment core), which is similar to the least reducing site, San Nicolas (+0.02 ± 0.05‰), and within analytical uncertainty of the Tanner Basin (+0.06 ± 0.04‰). The isotopic compositions of the Mexican margin sites are similar to the Borderland Basins, with average δ114Cd values of +0.07 ± 0.03‰ at both the Magdalena margin and Soledad Basin, and 0.00 ± 0.06‰ at the Pescadero slope. With the exception of Santa Monica, there are no analytically significant differences or discernible trends in δ114Cd values with sediment depth. Santa Monica has a higher δ114Cd value (+0.08‰) at the surface and lower values, to a minimum of −0.19‰, at depth. Excluding the surface-most sample, Santa Monica has the lowest average downcore δ114Cd>1.5cm value of −0.11 ± 0.07‰.
Porewater Data
Porewater data and references for previously published sites are presented in Figure 3 and Supplementary Table 2. Data for previously unpublished sites, Santa Barbara and San Nicolas Basin will be briefly described here. Santa Barbara exhibits Fe-rich porewaters at the surface and reaches a peak of 185.2 µM in the top 2 cm of the sediment core. Dissolved Fe concentrations then decrease rapidly reaching ∼30 µM at 10 cm depth. Ammonia porewater concentrations steadily increase from 46 to 230 µM with depth, however there is a peak of 220 µM at a depth of 5.5 cm. San Nicolas has Fe–Mn rich porewaters and a porewater profile is presented in Figure 3C. Surface dissolved Mn and Fe concentrations increase rapidly from near zero at the surface to a peak of 134.6 and ∼12 µM in the top 5 cm. Dissolved ammonia steadily increases from ∼0 µM at the surface to a maximum ∼70 µM at a depth of 20 cm. Sulphide porewater concentrations were below detection in both cores.
[image: Figure 3]FIGURE 3 | Porewater Fe (blue dash-dot lines), Mn (red dashed lines) and HS‐ (black dashed lines) concentrations for seven sites from the two continental margin locations, the California Borderland Basins (A–Santa Barbara, B–Santa Monica, C—San Nicolas, D—Tanner Basin) and the Mexican margin (E—Soledad Basin, F—Pescadero slope, G–Magdalena margin). Values and references are shown in Supplementary Table 2.
DISCUSSION
Minor Lithogenic Cd in Organic-Rich Sediments
The lithogenic Cd (Cdlith) and bioauthigenic Cd concentrations (Cdauth) can be estimated by using sample Al concentrations (Albulk) as a proxy for the detrital alumino-silicate fraction, as follows:
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Assuming a lithogenic endmember similar to upper continental crust (UCC), with Cd/AlUCC = 0.011 × 10−4 (Rudnick and Gao, 2003), lithogenic Cd accounts for a maximum of 10% of the total sample Cd in our samples (Supplementary Table 1). We can then correct bulk δ114Cd values (δ114Cdbulk) for this lithogenic contribution by assuming a δ114Cdlith value of ∼0‰ (Schmitt et al., 2009; Lambelet et al., 2013), as follows:
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n doing so, all calculated δ114Cdauth values (i.e., bioauthigenic Cd isotope compositions) are identical to or within analytical uncertainty of δ114Cdbulk values (Supplementary Table 1). Thus, we conclude that the influence of lithogenic Cd on our measured Cd isotope compositions is negligible, and bulk sedimentary δ114Cd values are considered to represent the bioauthigenic Cd isotope composition (as reported in Table 2).
The key finding of this study is that bioauthigenic Cd in organic-rich continental margin sediments has a light isotopic composition, of 0 to +0.1‰, compared to global deep seawater, at about +0.3‰ (Figure 2; Table 2). Though we lack dissolved phase Cd isotope compositions for the local overlying water column at each site, deep water below the sill depth in the San Pedro Basin, which is an adjacent basin to Santa Monica, has an isotopic composition of +0.3‰, similar to the global deep water average of about +0.3‰ (Conway and John, 2015b); we assume that the deep water Cd isotope composition at our sites is similar.
The observed light Cd isotope composition of organic-rich sediments could reflect either (a) isotope fractionation during diagenesis or (b) an isotopically light particulate source of bioauthigenic Cd.
Limited Cd Isotope Fractionation During Diagenesis in Continental Margin Settings
During oxic diagenesis, it is well-documented that Cd is released to porewaters during remineralization of organic matter (e.g., Klinkhammer et al., 1982; Gobeil et al., 1987; McCorkle and Klinkhammer, 1991; Audry et al., 2006). In suboxic settings, where porewaters contain negligible dissolved oxygen and sulphide, near surface porewater Cd maxima are followed by strong depletion to low Cd concentrations (∼0.1 nM) below, reflecting Cd release from organic matter followed by its near quantitative removal to an insoluble authigenic phase (Gobeil et al., 1987; McCorkle and Klinkhammer, 1991). Solid phase authigenic Cd enrichment is subsequently observed at the oxic/suboxic boundary (Rosenthal et al., 1995). Precipitation of authigenic CdS has been invoked to explain the observed Cd removal in suboxic settings; due to its low sulphide solubility, Cd has a strong tendency to form insoluble sulphides in the presence of trace H2S (e.g., Elderfield et al., 1981; Westerlund et al., 1986; Jacobs et al., 1987; Rosenthal et al., 1995; Morse and Luther, 1999).
In the anoxic and sulphidic porewaters of Narragansett Bay, Elderfield et al. (1981) found no detectable Cd (<0.5 nM), and also argued for precipitation of CdS (Elderfield, 1981; Elderfield et al., 1981). However, elevated porewater Cd (up to 2 nM) have been observed in strongly sulphidic porewaters of the Peru margin (up to several hundred µM H2S; Plass et al., 2020). Similarly, porewater Cd concentrations in sediments from the Laurentian Trough decreased to near zero in the suboxic zone, but increased again at depth in the anoxic zone (Gobeil et al., 1987). These observations suggest redissolution of authigenic CdS phases in highly sulphidic environments through the formation of bisulphide or polysulphide complexes (Gobeil et al., 1987; Plass et al., 2020).
In the absence of porewater Cd concentration data, we cannot conclusively evaluate the depth and degree of Cd removal to the solid phase. We note, however, that only one site (Soledad Basin) is strongly sulphidic at depths that overlap those of our sampling (Figures 2, 3), with resultant possible remobilization of CdS as bisulphide or polysulphide complexes. We also observe only muted variations in solid phase δ114Cd and Cd concentrations with depth at all sites, including the Soledad Basin. Further studies coupling porewater and solid phase Cd isotope analysis are required to fully investigate the potential for Cd isotope fractionation during diagenesis. However, our dataset suggests very limited fractionation in reducing continental margin settings, with sedimentary isotopic compositions instead reflecting those of the Cd source(s).
Sources of Isotopically Light Bioauthigenic Cd
In the likely absence of diagenetic isotope fractionation, the relatively light Cd isotope composition of continental margin sediments must reflect an isotopically light water column source (or sources). We consider the following possible sources of bioauthigenic Cd to continental margin sediments: (1) organic matter (Elderfield et al., 1981; Rosenthal et al., 1995; Little et al., 2015), (2) CdS particulates (e.g., Janssen et al., 2014; Conway and John, 2015a; Bianchi et al., 2018; Xie et al., 2019a; Plass et al., 2020), and (3) Fe–oxyhydroxides (Klevenz et al., 2011; Conway and John, 2015a; Lee et al., 2018).
Organic Matter
Phytoplankton take up Cd in culture, and they take up more Cd when it is present at higher concentrations in the media (e.g. Sunda and Huntsman, 1998; Sunda and Huntsman, 2000). Increased uptake of Cd also occurs when stressed by low levels of other bioactive metals like Fe and Zn (Sunda and Huntsman, 2000; Cullen et al., 2003; Xu et al., 2007). Therefore, organic matter is likely to be an important vector transporting Cd to sediments, an assertion that is supported by the positive correlation observed between organic C and Cd/Al ratios in the sediments from this study (Figure 4A).
[image: Figure 4]FIGURE 4 | (A) Positive covariation of sedimentary Cd/Al with organic carbon concentrations. (B) Bioauthigenic Cdauth concentrations (Eq. 3) versus organic carbon concentrations for sediment samples in this study (triangles and squares) to sediments from the Peruvian ODZ (+) and the euxinic Cariaco Basin (x) (data: Little et al., 2015). For comparison, the dashed line gives the average Cd:C ratio from euphotic zone particles in the Santa Barbara Basin (1: Bourne et al., 2018), the dotted line shows Cd:C ratio in ‘average’ phytoplankton (2: Ho et al., 2003), the dot-dashed line shows the Cd:C ratio estimated for the North Pacific from an analysis of dissolved Cd and P concentration data (3: Quay et al., 2015), and the solid line shows the Cd:C ratio in euphotic zone particles from the Peru margin (4: 7.66 × 10−6; Bourne et al., 2018). Schematic vertical black arrows represent the proposed impact of CdS precipitation on sedimentary Cdauth concentrations.
Plass et al. (2020) estimate the proportion of Cd delivered to sediment by organic matter for sites above, within and below the Peruvian ODZ by multiplying organic carbon accumulation rates by the Cd:C ratio in ‘average’ phytoplankton (i.e., Cd:P ratio of 0.21 mmol/mol, converted to Cd:C assuming a Redfield C:P ratio of 124:1; Ho et al., 2003; Moore et al., 2013). However, cellular Cd quotas vary widely, with Cd:P ratios in bulk particles from open and coastal ocean sites ranging from 0.04 to 2.3 mmol/mol (Martin and Knauer, 1973; Martin et al., 1976; Collier and Edmond, 1984; Kuss and Kremling, 1999; Ohnemus et al., 2016; Bourne et al., 2018; Lee et al., 2018; Black et al., 2019).
Bourne et al. (2018) present the most comprehensive dataset of directly measured particulate Cd:P ratios to date. They find distinct biogeographic and seasonal differences, and higher ratios in HNLC (high nutrient low chlorophyll) zones compared to oligotrophic gyres (Bourne et al., 2018). Although the sites in this study are not open ocean HNLC regions, they are locations of coastal upwelling in the northeast Pacific, and may therefore be expected to exhibit higher than ‘average’ euphotic zone phytoplankton Cd:P ratios (i.e., 0.21 mmol/mol; Ho et al., 2003). The only water column Cd:P data (dissolved or particulate, to our knowledge) from any one of our study sites supports this prediction: the mean euphotic zone particulate Cd:P ratio from the Santa Barbara Basin is 0.67 mmol/mol (1.13 mmol/mol in the <51 µm size fraction, 0.26 mmol/mol in the >51 µm size fraction; Bourne et al., 2018). Elevated Cd:P at this site is consistent with the high particulate Cd:P measured in the eastern tropical south Pacific (Peru margin) and other HNLC regions (0.49 ± 0.23; Bourne et al., 2018). Therefore, we estimate the proportion of Cd delivered by organic matter to sediments at our sites for a range of Cd:P ratios of 0.21–0.67 mmol/mol (Table 3; Figure 4B). The lower end of this range (i.e., average phytoplankton; Ho et al., 2003) predicts that organic matter can account for ∼50% or more of the Cd at all sites, and for 100% of the Cd in the San Nicolas and Tanner basins, while the upper end of the range allows that all of the Cd at all sites can be delivered by organic matter. In summary, organic matter is likely the primary vector transporting Cd to the sediment in margin settings. But is this Cd isotopically light?
TABLE 3 | Calculated authigenic Cd (Eq. 3) and organic C mass accumulation rates, and estimated delivery of sedimentary Cd supplied by organic matter.
[image: Table 3]In culture, phytoplankton preferentially take up light Cd, with calculated ∆114Cdbiomass-medium = −0.3 to −1.3‰ (where ∆114Cdbiomass-medium = δ114Cdbiomass − δ114Cdmedium) (Lacan et al., 2006; Gault-Ringold, 2011; Horner et al., 2013; John and Conway, 2014). Biological uptake of isotopically light Cd is consistent with observations of isotopically heavy surface seawater (e.g., Lacan et al., 2006; Ripperger et al., 2007; Conway and John, 2015a; 2015b) and studies of suspended particulate matter from the surface ocean, which have also found particulate Cd isotope compositions that are generally isotopically lighter than the contemporaneous dissolved phase (Yang et al., 2015, 2018; Janssen et al., 2019). However, particulate δ114Cd (pδ114Cd) values in the surface ocean vary widely in different locations (Yang et al., 2015, 2018; Janssen et al., 2019). The northwest Pacific and the South China Sea exhibit a large range of measured pδ114Cd from −1.5 to +0.5‰ (>0.2 µm size fraction) and −0.9 to +0.7‰ (10 to >150 µm) respectively. Meanwhile, in the Northeast Pacific, small size fraction (0.8–51 µm) particulates from the euphotic zone are more comparable to deep-water dissolved δ114Cd values, in the range +0.34 to +0.54‰ (Jansssen et al., 2019).
Sinking particles (>0.45 mm) from the South China Sea are isotopically heavier than suspended particles, at +0.8 to +2.8‰, and increase with increasing water depth (30–160 m; Yang et al., 2015). However, pδ114Cd values were not measured at water depths >160 m, and it is uncertain whether these elevated sinking pδ114Cd values are preserved deeper in the water column. Nevertheless, the authors hypothesize that the processes of microbial degradation/zooplankton repackaging preferentially decompose isotopically light Cd. In contrast, in the northeast Pacific, small size fraction (0.8–51 µm) pδ114Cd values become more negative with depth (from 150 to 800 m), reaching a minimum of -0.5‰ (Janssen et al., 2019). In this case, the authors attribute the generation of a light signature either to isotope fractionation during remineralization of organic matter (but with the opposite sense to that proposed by Yang et al., 2015, i.e., preferential release of isotopically heavy Cd), or to the presence of multiple particulate Cd phases with variable remineralization labilities (Janssen et al., 2019). It is possible that the light Cd isotope composition of these small size fraction particles is counterbalanced by an isotopically heavy Cd pool in large sinking particles, as observed in the South China Sea (Yang et al., 2015). Large size fraction particles were not analyzed in the northeast Pacific to test this hypothesis. Indeed, though the northeast Pacific small size fraction particles are isotopically lighter than the margin sediments reported herein – suggesting that they may contribute light Cd to the sediment – fast sinking, >50 µm particles are thought to be predominant in terms of mass flux to sediment (e.g., Clegg and Whitfield, 1990).
We conclude that organic matter is certainly a significant source of Cd to margin sediments, and may very well be isotopically light. However, further research is required to (a) better constrain the Cd isotope composition of diverse particulate phases in the water column and (b) determine the extent to which the Cd isotope composition of organic-rich particles exported from the photic zone is preserved in sediments.
Cadmium Sulphide Precipitation
As discussed above, CdS phases sequester Cd in anoxic and suboxic sediments (e.g., Elderfield et al., 1981; Rosenthal et al., 1995) and precipitate within the water column of euxinic basins (e.g., Jacobs et al., 1985; Tankéré et al., 2001). It has also been hypothesized that CdS precipitation may occur in the open ocean, either in ODZs in reducing microenvironments within decomposing organic matter (Janssen et al., 2014; Conway and John, 2015a; Bianchi et al., 2018) and/or in bottom waters near the sediment-water interface along reducing continental margins (Xie et al., 2019b; Plass et al., 2020). This hitherto unrecognized water column sulphide sink of Cd may be an important flux in the global oceanic Cd budget (e.g., Janssen et al., 2014; Guinoiseau et al., 2019).
Mass balance calculations show evidence for an additional source of particulate Cd to sediments (beyond that supplied by organic matter) for the functionally anoxic Peru margin (Little et al., 2015; Plass et al., 2020) and the modern euxinic Cariaco Basin, where euxinic refers to the presence of free sulphide in the bottom water (Little et al., 2015). Indeed, dissolved Cd is quantitatively removed below the redoxcline in the Cariaco Basin (Jacobs et al., 1987). Authigenic Cd concentrations in Cariaco Basin and Peru margin sediments are significantly elevated above what is likely to be supplied by organic matter (Figure 4B). This enrichment is consistent with supply via CdS precipitation, and can be observed as a pseudo-vertical trend in organic C versus Cdauth space (arrows, Figure 4B). Of the sites investigated in this study, the Soledad Basin and the Magdalena margin are the most reducing, with sulphidic porewaters (Chong et al., 2012), and these two sites are also the most enriched in Cd (Figure 4). Sediment samples from the Soledad Basin also show a near-vertical trend in organic C versus Cdauth space (Figure 4B), albeit at much lower levels of overall Cd enrichment than, for example, the Peru margin (Figure 4B). It is therefore plausible that a small part of the Cd budget in the Soledad Basin and Magdalena margin sediments was supplied by CdS precipitation, if we assume a Cd:C ratio similar to average phytoplankton (Table 2; Ho et al., 2003).
Cadmium isotopes may facilitate the identification of a CdS source, because non-quantitative CdS precipitation is accompanied by light Cd isotope fractionation. In experiments, Guinoiseau et al. (2018) observed an isotope fractionation factor for CdS precipitation of ∆114CdCdS-medium ≈ −0.3‰ (Guinoiseau et al., 2018), consistent with the light isotope composition of hydrothermal CdS precipitates (Schmitt et al., 2009). Dissolved Cd in the Mauritanian ODZ and the Angola Basin is depleted relative to P and is isotopically heavy (up to 1.3‰; Janssen et al., 2014; Conway and John, 2015a; Guinoiseau et al., 2019), supporting the hypothesized precipitation of CdS within degrading organic matter in ODZs. Furthermore, the complementary particulate Cd pool from the Mauritanian ODZ is enriched relative to phosphate and is isotopically light (−0.01 to +0.35‰; Janssen et al., 2014) compared to average deep seawater. However, such evidence for CdS precipitation is not observed in all ODZs, including the North Pacific ODZ (Conway and John, 2015b; Janssen et al., 2017) and the open Peru margin ODZ (John et al., 2018; Xie et al., 2019b). The extent to which CdS precipitation occurs in ODZs, and the longevity of these particles as they sink through the water column to the sediment remain topics of ongoing research (Guinoiseau et al., 2019; de Souza et al., in review).
While organic-matter associated CdS precipitation in ODZs and potential burial in sediments remains a topic of contention, CdS precipitation in bottom waters overlying sulphidic continental margin sediments is supported by in situ benthic chamber incubations and water column Cd isotope analyses (Xie et al., 2019b; Plass et al., 2020). At sites within the Peruvian ODZ, Plass et al. (2020) report in-situ benthic chamber Cd fluxes into the sediment 25–40 times higher than calculated diffusive fluxes of dissolved Cd into the sediments (Plass et al., 2020). The authors suggest that leakage of trace H2S into bottom waters from sediment porewaters leads to near seafloor CdS precipitation, thus explaining their observed high sedimentary Cd fluxes (Plass et al., 2020). We emphasize that this mechanism is distinct from the organic matter associated-CdS precipitation in the water column (e.g., Janssen et al., 2014; Bianchi et al., 2018). Consistent with near-seafloor CdS precipitation, Xie et al. (2019b) report strong dissolved Cd depletion and Cd isotope fractionation (dissolved δ114Cd up to +1.30‰) associated with a sulphidic plume that covered much of the Peruvian continental shelf during January 2009 (Schunck et al., 2013). Their data suggest an isotope effect on CdS precipitation of ∆114CdCdS-seawater = –0.29‰, comparable to the experimental estimate of Guinoiseau et al. (2018).
Iron Oxyhydroxides
The Santa Monica Basin samples have variable and generally lower δ114Cd values (+0.08 to –0.19‰) compared to the other sites (Figure 2), although only the sample from 6 – 9 cm depth is analytically distinct (–0.19‰). Compared to the other sites Santa Monica Basin sediments have elevated solid phase Fe/Al ratios, which may be linked to the observed low δ114Cd values (Figure 5). Iron enrichment in this setting is likely to originate from a form of open-marine Fe ‘shuttle’ (e.g., Scholz et al., 2014), whereby dissolved Fe (II) is released from reducing shelf sediments and then reprecipitated as Fe (III) oxyhydroxides coupled to microbial nitrate reduction in the ODZ (Scholz et al., 2016; Heller et al., 2017). Though Santa Monica porewaters are strongly ferruginous (McManus et al., 1997; 1998)—a diagenetic regime that would typically be reflected as a source of Fe(II) to the water column rather than a sink—solid phase Fe enrichment presumably reflects the basinal geography (e.g., Severmann et al., 2010), which traps Fe supplied to the deep basin via the redox shuttle. Given that there is evidence of deep sulphate reduction in porewaters, the absence of porewater sulphide in the upper sediment package is consistent with its rapid titration by the high concentrations of Fe (McManus et al., 1997; 1998). We note that sediments from the Pescadero slope, which also has strongly ferruginous porewaters (Chong et al., 2012), exhibits solid-phase Fe depletion (Figure 5), consistent with a benthic flux of Fe(II) into bottom waters in this unrestricted hydrographic setting.
[image: Figure 5]FIGURE 5 | Site-averaged bulk sediment Fe/Al vs. δ114Cd values, except for Santa Monica where all data points are shown (white triangles). Shaded gray bar represents the Fe/Al ratio of the upper continental crust (UCC; Rudnick and Gao, 2003). Note that Fe/Al ratios are enriched at Santa Monica (and depleted at the Pescadero slope) compared to UCC. Error bars for site average are 1 standard deviation of the entire sediment column and error bars for Santa Monica are external 2 SD on sample replicates or of a secondary standard (BAM, ± 0.05‰), or the internal 2σ on an individual Cd isotope ratio measurement, whichever is larger.
Scavenging of Cd by Fe oxyhydroxides has been hypothesized previously; for example, it has been suggested that particulate Cd enrichment in the lower Peru margin ODZ is associated with Fe-oxyhydroxide phases (Lee et al., 2018). Such scavenging of Cd by Fe oxyhydroxides may enhance the supply of isotopically light Cd to the Santa Monica Basin.
To our knowledge, there has been no experimental work investigating Cd isotope fractionation during sorption to Fe oxyhydroxides, although it has been suggested that Fe oxyhydroxides may scavenge Cd as a CdS phase (Klevenz et al., 2011; Conway and John, 2015a), which, as discussed, would likely be isotopically light. Experimental sorption of Cd on Mn-oxides initially shows preference for light isotopes, though the magnitude of fractionation (∆114CdMnO2-aqueous = δ114CdMnO2 − δ114Cdaqueous) declines from −0.8 to −0.2‰ over time (Wasylenki et al., 2014). In natural settings, Fe-Mn crusts record the Cd isotope composition of ambient seawater without fractionation (Schmitt et al., 2009; Horner et al., 2010). A thorough evaluation of the potential for an Fe redox shuttle influence on the Cd isotope composition of sediments awaits future studies investigating Cd isotope fractionation on sorption to Fe-oxyhydroxide phase, and data from other ferruginous sites like the Santa Monica Basin.
Implications for Cd Oceanic Mass Balance
The sedimentary Cd concentration and δ114Cd data in this study allow us to place new constraints on the outputs of Cd from the ocean and evaluate a recent estimate of the Cd sink driven by water column sulphide formation in the global oceanic Cd budget. Previous estimates of the major input and output fluxes are presented in Table 4, along with new estimates from this study.
TABLE 4 | Oceanic Mass Balance of Cd from published data and data presented in this study.
[image: Table 4]The main Cd source to the oceans is the dissolved riverine flux, estimated at 0.4–2.7 × 107 mol/yr (van Geen et al., 1995; Gaillardet et al., 2003). The best estimate given in Table 4 is the higher value from Gaillardet et al. (2003), because this study considers a larger compilation of rivers. Estimates of the natural mineral dust flux by van Geen et al. (1995) were made by reducing the total estimated aerosol flux by a factor of 10 to take the increase in anthropogenic emissions into account (Nriagu, 1980). The best estimate for the natural dust flux is thus 0.3 × 107 mol/yr (Table 4). The best guess isotopic compositions of the mineral dust and dissolved riverine sources of Cd are 0.0‰ and +0.2 ± 0.1‰ respectively (Lambelet et al., 2013; Bridgestock et al., 2017). We note that this riverine isotopic composition is based on a single study reporting the Cd isotope composition of samples spanning the salinity gradient on the Siberian Shelf, and thus represents an average δ114Cd value of the discharge of four Siberian rivers only.
We estimate the flux of Cd to continental margins delivered in association with organic matter by multiplying the estimated global organic carbon deposition on continental margins, of 15.6 × 1012 mol/yr (Jahnke, 2010), with a range of estimated Cd:C ratios in phytoplankton (discussed in “Organic Matter” section). For Cd:C ratios ranging from ‘average phytoplankton’, at 1.69 × 10−6 (Ho et al., 2003), to that of Peruvian euphotic zone particulates, at 7.66 × 10−6 (Bourne et al., 2018), we calculate an organic matter associated Cd flux to continental margin sediments of 2.6–12.0 × 107 mol/yr. The minimum end of this range likely underestimates the Cd flux in upwelling regions, while the maximum estimate is probably too high, because such high Cd:C ratios are not observed on a global scale (section “Organic Matter”; Quay et al., 2015; Bourne et al., 2018). Instead, we suggest the export-flux-weighted phytoplankton Cd:C ratio (i.e., the average Cd:C ratio of organic matter that is exported from the photic zone globally) is likely to be close to the average upwelling (HNLC) Cd:C ratio of 3.95 × 10−6 (or a Cd:P ratio of 0.49 mmol/mol; Bourne et al., 2018). This is because upwelling regions have high sinking particulate fluxes. Hence, we make a best estimate for global organic matter associated Cd flux of 6.2 × 107 mol/yr.
We suggest that CdS precipitation is likely a rather minor contributor to sedimentary Cd fluxes globally, albeit locally significant (e.g., in the core of the Peruvian ODZ; Little et al., 2015; Plass et al., 2020). This conclusion contrasts with a recent estimation of the global water column CdS sink, at 0.87–104 × 107 mol/yr (Guinoseau et al., 2019), based on the optimized particle cycling model of Bianchi et al. (2018). The large range derived by these authors is due to the uncertainty in the dissolution rate of CdS particles in seawater. The maximum estimate is two orders of magnitude greater than the total known inputs to the ocean, and eight times our maximum estimated continental margin sink (12.0 × 107 mol/yr; Table 4). Thus, we conclude that the global Cd sink resulting from water-column CdS formation is likely to be at the lower end of the model-based estimate of Guinoseau et al. (2019).
The concentration-weighted average δ114Cd of the organic-rich sediments analyzed in this study is +0.04‰. This value is similar to the estimated Cd isotope compositions of the mineral dust and riverine input fluxes (∼0 and ∼0.2‰ respectively) (Lambelet et al., 2013; Bridgestock et al., 2017), suggesting that the isotope compositions of the Cd input and output fluxes are approximately balanced. However, our current best estimate of the Cd output flux to sediments is two times larger than the known input fluxes.
To account for this mass imbalance, either the known inputs are underestimated or there remain unrecognized sources of Cd to the ocean. One possible additional input of Cd to the oceans is partial mobilization from riverine particulates in estuaries (as recently suggested for several trace elements: e.g., Jones et al., 2014; Little et al., 2017). Several studies indicate that Cd can behave non-conservatively in estuarine systems (e.g., Elbaz-Poulichet et al., 1987; Comans and Vandijk, 1988; Elbaz-Poulichet et al., 1996; Waeles et al., 2004; Waeles et al., 2005; Lambelet et al., 2013). The mixing of freshwater and saltwater alters the speciation of Cd through the formation of soluble chloro complexes, which can drive the dissolution of particulate Cd (e.g., Elbaz-Poulichet et al., 1987). Particulate riverine Cd fluxes, estimated at 2.05 × 108 mol/yr, are an order of magnitude higher than dissolved fluxes (Gaillardet et al., 2003). Therefore, partial dissolution of riverine particulates, likely with a lithogenic Cd isotope composition (∼0‰), could account for the existing flux imbalance.
Conclusion and Outlook for Cd Isotopes as a Proxy
It has been suggested that Cd isotopes may be a useful tracer of past ocean productivity (e.g., Georgiev et al., 2015). Conceptually, an isotopic tracer of productivity (or, more accurately, of nutrient utilization) requires three ingredients:
(1) Isotopic fractionation on biological uptake, which is quantifiable and consistent, e.g., through culturing studies (e.g., Lacan et al., 2006).
(2) Translation of this biological uptake-driven isotope fractionation into observations in the ‘real world’, i.e., the degree of surface ocean isotopic fractionation should be proportional to the extent of Cd removal into particles (e.g., Ripperger et al., 2007).
(3) Sedimentary archive(s) of either (a) the residual, fractionated surface ocean (e.g., carbonates; Hohl et al., 2017) and/or (b) the cumulative solid phase, i.e., organic matter (e.g., Georgiev et al., 2015). In addition, an archive of the contemporaneous nutrient ‘source’ (often assumed to be the deep ocean) is required to make quantitative estimates of nutrient utilization (e.g., Fe-Mn crusts; Schmitt et al., 2009; Horner et al., 2010).
In this study, we consider the question: do organic-rich sediments record the isotopic composition of the organic matter exported from the surface ocean? We find that, in sites without the build-up of HS− in porewaters close to the sediment-water interface, organic matter is the primary source of Cd to margin sediments. In addition, bioauthigenic Cd in organic-rich sediments is isotopically light, consistent with preferential uptake of light isotopes by primary producers. These two first-order findings suggest that Cd isotope compositions in organic-rich sediments do hold promise as a tracer of nutrient utilisation.
However, there are several caveats to this simple interpretation of Cd and Cd isotopes in organic-rich sediments. First, we find that water column CdS precipitation provides a second possible isotopically light source of Cd to sediments, which in the most reducing settings may account for a significant fraction of the Cd budget (e.g., Plass et al., 2020). Scavenging by Fe oxyhydroxides may provide a third isotopically light flux of Cd to sediments. There is no straightforward means to differentiate isotopically light Cd sourced from organic matter and that from water column CdS precipitation (or scavenged by Fe oxyhydroxides).
Second, it is classically assumed that biological uptake in the surface ocean follows a closed-system Rayleigh fractionation model. This model describes Cd isotope systematics quite well in nutrient-rich regions (e.g., Abouchami et al., 2011; Xue et al., 2013; Abouchami et al., 2014; Janssen et al., 2017; Yang et al., 2018), but not in Cd-poor regions, with explanations for non-Rayleigh behavior including open system steady-state, buffering by organic ligands, external Cd sources, or species-specific Cd isotope fractionation factors (Gault-Ringold et al., 2012; Xie et al., 2017; 2019a; Janssen et al., 2017; George et al., 2019; Sieber et al., 2019a; 2019b). This complexity in the dissolved phase is matched by the variable particulate Cd isotope compositions measured to date, which also preclude straightforward interpretation (Organic matter; Janssen et al., 2014; 2019; Yang et al., 2015; 2018).
Third, our studied sites have substantially different organic carbon burial rates (Table 1) yet similar Cd isotope compositions, suggesting that sedimentary δ114Cd values may not correlate directly with overlying productivity. Only a tiny fraction (<1%) of the organic matter produced in the surface ocean is ultimately preserved in continental margin sediments (e.g., Hedges and Keil, 1995) and the links between export production and sedimentary metal concentrations and isotopic compositions remains an area of active research. Remineralization, for example, is suggested to preferentially release heavy Cd in the modern northeast Pacific, providing another pathway to the generation of isotopically light Cd in sediments (Janssen et al., 2019). We note that the opposite sense of fractionation on remineralization (i.e., preferential release of light Cd) has been proposed based on particulate Cd isotope compositions from the South China Sea (Yang et al., 2015).
To conclude, the degree to which δ114Cd values in underlying organic-rich sediments truly reflect surface ocean nutrient utilization remains uncertain, due to the complex processes that govern Cd isotope fractionation in the water column and the possibility of a water column CdS flux. A recent study of Cd isotope compositions in organic-rich sediments spanning from the Upper Cretaceous (including Oceanic Anoxic Event 2) places similar emphasis on the role of local redox rather than productivity changes in controlling the range of observed sedimentary δ114Cd values (Sweere et al., 2020). In agreement with that study, we recommend that researchers exercise considerable caution if interpreting Cd isotope compositions in ancient organic-rich sediments as solely reflecting changes in past ocean productivity.
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Contourite sediment accumulations at continental margins are related to strong bottom water circulation, where intense winnowing can result in neoformation of authigenic grains of glauconite at the seafloor. In this study, we investigated whether such glauconite grains could faithfully record ambient bottom-water neodymium (Nd) isotopic compositions, and hence be used as paleoceanographic archives. To this purpose, we measured Nd isotopic compositions (εNd) in a series of glauconitic grains, foraminiferal assemblages, leached Fe-Mn oxyhydroxide phases, and detrital clays separated from a contourite sediment record at the Demerara slope off French Guiana (IG-KSF-11; 2370 m water depth), at a location where the present-day εNd distribution along the water column is well characterised. We show that the εNd composition of core-top glauconite grains (−12.0 ± 0.5) agrees with the expected NADW-like seawater signature at the same location and water depth (−11.6 ± 0.3), while departing from measured εNd values for corresponding detrital clays (−11.3 ± 0.2), foraminiferal (−10.9 ± 0.2), and Fe-Mn oxyhydroxide fractions (−9.2 ± 0.2). This finding indicates that glauconitic grains at this particular location are probably best suited for paleoceanographic reconstructions than foraminifera and leached Fe-oxyhydroxide fractions, which appear to be influenced by sediment redistribution and the presence of terrestrial continental Fe-oxides, respectively. Using rare earth elements (REE), we tentatively propose that the acquisition of seawater Nd isotopic signatures by glauconite is controlled by the presence of authigenic REE-bearing phosphate-rich phases intertwined within clay mineral sheets, while confirming previous findings that the process of glauconitisation results in the progressive loss of REE within glauconitic grains. Preliminary paleoceanographic implications suggest strengthened bottom-water circulation of the glacial analogue of NADW at this particular location and water depth, with a εNd signature (between −10.8 and −11.5) similar to that of modern NADW.
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INTRODUCTION

Since at least the beginning of the Neogene, the sedimentation at the Guianese margin of the Demerara Plateau has been controlled by large contour currents (Loncke et al., 2016; Tallobre et al., 2016; Fanget et al., 2020). At this location, slope bottom deposits are subject to recurrent winnowing that favours the appearance and mineralogical maturation of green glauconitic grains at the seawater–sediment interface (Tallobre et al., 2019). Each contourite sequence is characterised by high abundance of glauconitic grains (especially in the moat area), but also in a moderately to strongly discontinuous sediment accumulation associated with relatively low sedimentation rates. In contrast with nearby shallower settings along the French Guiana margin that have experienced continuous fine-grained hemipelagic sedimentation during the Late Quaternary (Häggi et al., 2017; Zhang et al., 2017; Crivellari et al., 2018), the Demerara contourite system, as other contourite deposits (e.g., Giresse and Wiewióra, 2001; Giresse, 2008), is characterised by deposition of discontinuous sediment records, which prevents their use for paleoceanographic reconstructions. Additionally, intense bottom current activity at Demerara and other contourite settings at continental margins can also result in substantial sediment redistribution, with potential effect on the reliability of commonly used paleoceanographic archives in marine sediment records.

The purpose of this study is to show the potential interest of using glauconitic grains in such discontinuous sedimentary records for paleoceanographic reconstructions based on radiogenic neodymium isotopes. Neodymium (Nd) isotopic ratios are commonly measured in biogenic material, such as fish teeth or foraminifer shells, or in the associated Fe-Mn oxyhydroxide fractions of the sediment, as tracers of bottom water circulation (e.g., Frank, 2002; Goldstein and Hemming, 2003). In the ocean, each water mass is tagged with a distinctive Nd isotopic composition (typically expressed using the epsilon notation εNd), which reflects, to a large extent, that of the continental masses surrounding their source region (e.g., Tachikawa et al., 2017; Robinson et al., 2021). While Nd isotopes have proven particularly helpful for reconstructing past ocean circulation patterns over various geological timescales, their application to contourite sediment accumulations at ocean margins, such as the Demerara Rise, can be skewed by sedimentary processes related to strong bottom current activity, such as winnowing and reworking.

In oceanic environments, glauconitic grains are the result of transformation and neoformation processes taking place at the water–sediment interface. Various granular supports (mudclasts, faecal pellets, and foraminifera infillings) include inherited 1:1 interstratified clays (or Te-Oc; i.e., clay minerals consisting of one tetrahedral sheet and one octahedral sheet, such as kaolinite) that become gradually replaced by 2:1 clays (Te-Oc-Te) dominated first by smectite, and then glauconite. These processes are accompanied by aluminium and silicium depletion in inherited minerals, together with significant enrichment of iron and potassium in neoformed minerals (e.g., Odin and Matter, 1981). While K in neoformed clays is supplied by ambient seawater, the source of Fe is most likely derived from reactive phases of the terrigenous sediment, such as Fe-oxide and oxyhydroxide phases (Odin and Matter, 1981; Odin and Fullagar, 1988; Giresse and Wiewióra, 2001; Wiewióra et al., 2001; Giresse, 2008; Banerjee et al., 2016). In all cases, these thermodynamic reactions operate at slow kinetic rates, especially regarding the acquisition of seawater-derived K, thereby requiring prolonged residence time at the water–sediment interface, presumably over thousands of years (e.g., Giresse, 1975), and thus reduced sedimentation rates. Earlier studies suggested that such conditions were mostly met at continental platforms, in particular at their outer edges, far from any continental source of terrigenous material. More recently, however, several investigations of contouritic deposits along continental margins revealed important glauconitic accumulations at water depths between ∼2000 and 3000 m (Giresse et al., 1998; Giresse and Wiewióra, 2001; Giresse, 2008; Stow and Faugères, 2008; Faugères and Mulder, 2011). Similar to continental shelf analogues, the occurrence of abundant glauconitic grains in contouritic systems indicates prolonged exposure at the water–sediment interface, reflecting here recurring sediment reworking related to the winnowing action of contouritic currents. Due to Fe incorporation, glauconite grains typically display higher specific gravity (between ∼2.4 and 2.9 g/cm3; Yadav and Sharma, 1992) than the average surrounding sediment (∼1.7 g/cm3; Tenzer and Gladkikh, 2014). As a consequence, authigenic grains of glauconite are less likely to be remobilised and dispersed by currents, compared to empty foraminiferal tests. Additionally, because glauconite formation occurs over relatively long timescales at the seawater–sediment interface, unlike other archives of bottom water chemistry (e.g., fish teeth and sedimentary Fe-Mn oxyhydroxide phases), glauconite grains could possibly integrate the signature of bottom water masses over prolonged periods of time (Giresse and Wiewióra, 2001; Giresse, 2008), which, while preventing their use in high-resolution studies, would provide an effective means for yielding reliable average estimates on past εNd signatures of bottom water masses. To date, however, this hypothesis has never been tested.

To address this issue, we have investigated the Nd isotopic composition of glauconite grains recovered from contourite sediment deposits at Demerara Rise; at a location where εNd signatures of modern water masses are already well characterised (Huang et al., 2014). This εNd comparison extends to more conventional paleoceanographic archives (uncleaned foraminifers and leached sedimentary Fe-oxyhydroxide phases), being also complemented by the additional use of rare earth elements (REE) and major element ratios, such as K2O/Al2O3 and Fe2O/Al2O3. Since the different phases of glauconitisation include the transformation and neoformation of phyllosilicate minerals, a careful investigation is also required to assess the degree to which Nd isotopes in glauconite grains may reflect the detrital εNd signature of inherited clay minerals within the sediment. Following proxy calibration using core-top sediments, preliminary interpretations will be made of a set of Nd isotopic data for buried glauconitic grains, in the light of the changing paleoceanographic context since the last glacial period.



MODERN AND PAST OCEANOGRAPHIC SETTING

This study focuses on an area of contourite accumulation located at Demerara Rise, along a regional slope failure headscarp, where the bottom current influence is the strongest, with flow velocity up to ∼30 cm/s (Tallobre et al., 2016; Figure 1). At this location (∼2400 m water depth), sedimentary dynamics is controlled by uneven accelerations of contour currents that define condensed intervals of deposits, or even lead to significant stratigraphic gaps in the sediment record (Loncke et al., 2016; Tallobre et al., 2016, 2019). Under such conditions, the application of both oxygen isotopes and radiocarbon chronostratigraphic methods has proven generally unreliable (Tallobre et al., 2019), yielding δ18O depth profiles that cannot be directly tuned to nearby continuous records of hemipelagic sediments (Huang et al., 2014; Häggi et al., 2017).
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FIGURE 1. Bathymetric map of the Demerara Plateau and location of studied core IG-KSF-11. The arrows represent surface (red), intermediate (blue), and deep (black) ocean circulation patterns. Also shown for comparison are the location of reference core 46CDH (Huang et al., 2014) and hydrocast station 3CTD (Huang et al., 2014).


The present-day distribution of radiogenic Nd isotopes along the water column at Demerara Rise identifies the presence of distinct water masses (Figure 2), including the West North Atlantic Central waters (WNACW; εNd ∼−13), from surface to ∼500 m water depth, the Antarctic Intermediate Water (AAIW; εNd ∼−10.5), between ∼ 500 and 1200 m depth, the North Atlantic Deep Water (NADW; εNd from ∼−12 to −11.5), from ∼ 1200 and 4000 m depth, and finally, the Antarctic Bottom Water (AABW; εNd ∼−10.5) below 4000 m depth (Huang et al., 2014). In previous investigations, the application of Nd isotope measurements to various paleoceanographic archives retrieved from Demerara Rise (Huang et al., 2014) and other locations in the Atlantic have proven particularly useful to reconstruct past ocean circulation patterns, indicating prominent changes in the Atlantic Meridional Overturning Circulation (AMOC) over glacial–interglacial timescales, with impact on heat transport and carbon storage in the surface and deep ocean, respectively (e.g., Rutberg et al., 2000; Piotrowski et al., 2004, 2005; Pahnke et al., 2008; Böhm et al., 2015; Howe et al., 2016; Lippold et al., 2016; Pöppelmeier et al., 2020). A survey of the spatial distribution of Nd isotopes in the Atlantic during both the recent Holocene and the last glacial periods indicated relatively unradiogenic NADW-like εNd values (∼−13) below 1500 m water depth at Demerara Rise (Howe et al., 2016). Further south in the Atlantic Ocean, the Nd isotopic composition of NADW becomes progressively more radiogenic, reflecting gradual dilution of northern-sourced waters with overlying and underlying Antarctic water masses (Howe et al., 2016). As a consequence, the unradiogenic “tongue” of NADW can be traced as the water mass flows southward in the South Atlantic at water depths between ∼2000 and 4000 m (e.g., von Blanckenburg, 1999; Howe et al., 2016). During the Last Glacial Maximum (LGM), the deep Atlantic water column displayed a greater influence of southern-sourced waters consistent with a reduced flux of NADW to the Southern Atlantic (Rutberg et al., 2000; Howe et al., 2016; Pöppelmeier et al., 2020). At the Demerara margin, Nd isotopic measurements were previously acquired on uncleaned foraminifera from a nearby sediment core collected at 947 m depth, bathed at present-day by AAIW (Huang et al., 2014; see core 46CDH on Figure 1). The obtained εNd record for the past 25,000 years indicated similar Nd isotopic compositions during the Holocene and the LGM (εNd ∼−10), while revealing pronounced εNd excursions towards unradiogenic values (between −11 and −12) during the short-lived North Atlantic cold periods of the Heinrich Stadial 1 (HS1) and the Younger Dryas (YD), interpreted as reflecting strong reduction of the AMOC leading to reduced influence of northward flowing AAIW in the equatorial Atlantic (Huang et al., 2014).
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FIGURE 2. The distribution of water masses and associated Nd isotope profile (εNd) along the water column at the Demerara Rise (after Huang et al., 2014). Comparative εNd values for core-top foraminifers, glauconitic grains, terrigenous clays, and Fe-Mn oxyhydroxide phases in core IG-KSF-11 are shown for comparison.




MATERIALS AND METHODS

This study was conducted on sediment core IG-KSF-11 (07°51.85N, 052°29.25W; 2370 m water depth), recovered off French Guiana during the IGUANES cruise (R/V L’Atalante; Loncke L., 20131). The sedimentary records retrieved from this dynamic sedimentary environment are characterised by the occurrence of abundant glauconite grains (Tallobre et al., 2019). The sediment is dominated by homogeneous grey-green silty mud with alternation of discrete sand layers (Tallobre et al., 2016, 2019). Core IG-KSF-11 was specifically chosen for this study because foraminifera δ18O measurements suggest a continuous and coherent stratigraphy for the upper 0–80 cm sediment interval that is considered in this study (Figure 3A), which covers approximately the last 60,000 years BP (Tallobre et al., 2019). However, similar to the other sediment records retrieved from the Demerara contourite system, IG-KSF-11 suffers from inherent chronostratigraphic uncertainties due to the presence of recurrent winnowing and other erosional processes, resulting in hiatuses and frequent radiocarbon age inversions in the lower part of the core (from ∼2.5 to 6 m depth; Tallobre et al., 2019). As a consequence, in this study, the analysed sediment layers were only assigned a period of deposition (i.e., marine isotope stage 1, MIS 2…), rather than a precise stratigraphic age (Tables 1, 2).
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FIGURE 3. (A) Planktonic foraminifer δ18O depth profile (Tallobre et al., 2019) and (B) relative abundance distribution of glauconitic grains in core IG-KSF-11 (Tallobre et al., 2019). The beige, light green, and dark green boxes correspond to increasing degrees of glauconitic maturity based on visual colour and number of cracks. (C) Bulk Fe2O3/Al2O3 and K2O/Al2O3 ratios of studied glauconite grains (this study), reflecting the degree of glauconitisation. (D) Nd isotopic composition (εNd) of bulk glauconite grains. The dotted line and associated grey band indicates the present-day εNd value of ambient bottom-waters at the same water depth (Huang et al., 2014). Note that the uncertainty on measured εNd values (±0.15; 2 SD) is smaller than symbol size, unless reported (sample 0_1 cm).



TABLE 1. Major (wt %), rare earth elements (μg/g), and Nd isotopic composition of glauconitic grains.
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TABLE 2. Nd isotopic composition of unclean foraminifers, leached Fe-Mn oxyhydroxide phases, and detrital clays.

[image: Table 2]For this study, a series of glauconite grains and planktonic foraminifers were collected from six distinct sediment layers (0, 8, 20, 29, 40, and 70 cm) representative of specific time intervals (Holocene, MIS 2, MIS 3) in core IG-KSF-11. Evidence for continuous stratigraphy in this section of core IG-KSF-11 suggests that collected glauconite grains were formed in situ. There is no evidence for gravity-induced sediment deposition in this part of the margin. At the Demerara margin, glauconite grains mostly occur as internal fillings of foraminifera. The grains were isolated under the microscope and were then classified into three main colour categories: (1) beige/grey, (2) light green/green, and (3) dark green (Figure 4). Representative samples of each category were selected for SEM observation, using a SEM HITACHI S-4500 (University of Perpignan). Microprobe chemical microanalyses were performed on hemispherical sections obtained after grains were broken. Scanning was performed on both 100 and 2 μm2 areas in order to obtain representative semi-quantitative analyses of bulk grains and newly formed nano-crystallites.
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FIGURE 4. Photograph showing the various degrees of glauconitic maturity inferred from colour and characteristic cracks. (1) Beige grains; (2) light green grains; (3) light green grains with cracks; and (4) dark green grains with cracks.


For geochemical and Nd isotope analyses of glauconite grains, a few grains of ∼300–400 μm size were used. Between 30 and 90 mg of powdered sample were digested on hotplate (120°C; 1 day) with distilled 6 M HCl, following a procedure adapted from Yadav and Sharma (1992). This method achieves efficient preferential dissolution of glauconite, yielding almost quantitative recovery of K, while leaving behind more resistant Al- and Si-rich silicate minerals. This implies that major element abundances and ratios (e.g., K2O/Al2O3 and Fe2O3/Al2O3; see section “Discussion”) reported here for glauconitic grains may slightly differ from values that would otherwise be obtained for bulk glauconite digested using HF-based mineralisation methods. For the analyses of foraminiferal tests, about 10–15 mg of mixed planktonic foraminifera assemblages was prepared using the methodology described in Tachikawa et al. (2014), being dissolved using dropwise addition of ultrapure 1 M acetic acid in order to reduce any potential leaching of associated silicate detritus.

In addition, a total of nine bulk sediment samples from the same core interval were processed for isolating Fe-Mn oxyhydroxide phases and detrital clays. Bulk sediments were first treated using a sequential leaching procedure (Bayon et al., 2002) that successively removes biogenic carbonates (with 5% v/v acetic acid), Fe-Mn oxyhydroxide phases (with a mixed 15% acetic acid—0.5 M hydroxylamine hydrochloride solution) and organic matter (with 15% v/v hydrogen peroxide). For Fe-Mn oxyhydroxide phases, the resulting leachates were filtered through 0.45 μm PTFE Nalgene filters, evaporated to dryness, and finally redissolved using ultrapure HNO3 prior to subsequent elemental analyses. Clay-rich detrital fractions (<4 μm) were separated from the residual detrital material using low-speed centrifugation (Bayon et al., 2015) and further digested by alkaline fusion (Bayon et al., 2009).

Major and trace element analyses for 6 M HCl digests of glauconite grains were determined at the Pôle Spectrométrie Océan (PSO, Brest) with a Thermo Scientific Element XR sector field ICP-MS, using the following masses (24Mg, 27Al, 31P, 39K, 44Ca, 55Mn, and 57Fe) acquired in medium mass resolution. Yttrium and REE concentrations were also measured in low resolution mode. Elemental abundances were calculated using the Tm addition method, following the procedures described in Barrat et al. (1996, 2012). The internal precision for all measurements was better than 2%. The precision and accuracy of our data were assessed by analysing a series of silicate rock certified reference materials (CRM) having various chemical compositions (AN-G, AGV-1, BCR-1, DNC-1, DR-N, G-2, and WS-E), digested using conventional HF-HCl-HNO3 method. The results obtained for these reference materials were in full agreement with reference values from the literature (typically < 8%), with precisions generally better than 10% (RSD; n = 3 for all of the CRMs). Neodymium was isolated using conventional ion chromatography, and isotopic measurements were performed at the PSO-Brest, using a Thermo Scientific Neptune multi-collector ICPMS. Nd isotopic compositions were determined using sample-standard bracketing, by analysing an in-house standard solution (SPEX-Nd) every two samples, yielding a mean value of 0.511687 ± 0.000007 (2 SD, n = 14). Mass bias corrections were made with the exponential law, using 146Nd/144Nd = 0.7219. Analyses of the JNdi-1 standard solution during the course of this study gave 143Nd/144Nd of 0.512114 ± 0.000010 (2 SD, n = 8), in full agreement with the reference value of 0.512115 (Tanaka et al., 2000), and corresponding to an external reproducibility of ∼ ± 0.2 ε (2 SD). Note that epsilon Nd values [εNd = (143Nd/144Nd SAMPLE/143Nd/144NdCHUR − 1) × 104] were calculated using the chondritic (CHUR) 143Nd/144Nd value of 0.512638 (Jacobsen and Wasserburg, 1980).



RESULTS


Microscopic Observations and SEM Microanalyses

As a general rule, the maturity process of glauconitisation is indicated by darker colour and deeper cracks at the grain surface (Giresse and Wiewióra, 2001; Giresse, 2008). Therefore, to a first approximation, both the grain colour and its facies can be used to infer the successive stages of glauconitisation in sedimentary records (Figure 4). This descriptive approach was already used by Tallobre et al. (2019), indicating that maximum abundance of mature dark green grains in core IG-KSF-11 generally occurred during MIS 2 (between ca. 19–29 kyr BP) and in MIS 4 (∼60–70 kyr BP), in sediment layers also characterised by high contents of glauconitic grains indicative of enhanced winnowing conditions (Figure 3B). Another layer containing relatively high abundance of dark green mature grains is also encountered near the top of the core of Early Holocene age, where the series is extremely condensed (Figure 3B). The geochemical results obtained from newly acquired SEM/EDS microanalyses of glauconite grains are listed in Supplementary Table 1 (Al2O3, K2O, Fe2O3, and MgO) and illustrated in Figures 5, 6. These data indicate that at the microscopic scale neoformed microcrystals of dark green grains can yield K2O and Fe2O3 concentrations of up to 8 and 42%, respectively (Figure 5 and Supplementary Table 1). The average Al2O3 concentrations in studied glauconitic grains progressively decrease with the degree of maturity of the grains, from 10.1 ± 2.4% (light-coloured grains; n = 17), 6.4 ± 1.6% (green grains; n = 39), and 5.1 ± 2.3% (dark green grains; n = 11). By contrast, both K2O abundances increase from 2.7 ± 0.7% (light-coloured) to 3.7 ± 0.8% (green) and 5.7 ± 1.1%, similar to Fe2O3: 29.1 ± 4.0% (light-coloured) to 32.1 ± 3.7% (green) and 35.9 ± 4.2% (Supplementary Table 1). Finally, measured MgO contents remain near constant in beige and light green grains (2.4–4.3%), but decrease in dark green grains (1.1–2.6%; Supplementary Table 1) due to progressive replacement of 2:1 (Te-Oc-Te) layers of montmorillonite by glauconite.
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FIGURE 5. Structural, microstructural, and chemical compositions of the successive glauconitic sequence in core IG-KSF-11. (A) Beige grain exhibiting high porosity (left side), showing microstructural evidence of neoformed glauconitic microcrystals (right side). (B) Light green grain with minor cracks (left side), exhibiting honeycomb development of newly formed microcrystals (right side). (C) Hummocky dark green grain with marked cracks (left side), showing high density of newly formed microcrystals (right side). Note that the white squares indicate microscanned SEM/EDS areas, with corresponding chemical compositions.
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FIGURE 6. Relationship between Fe2O3/Al2O3 and K2O/Al2O3 in glauconitic grains of core IG-KSF-11, based on SEM/EDS microanalyses. Values for Amazon detrital clay are from Bayon et al. (2015).




Major and Trace Elements and Nd Isotopic Compositions of Glauconitic Grains

The major and trace element concentrations obtained for HCl digests of glauconitic grains are listed in Table 1, together with corresponding Nd isotopic compositions. Measured concentrations are reported relative to the initial mass of bulk glauconite grain prior to 6 M HCl digestion. The HCl digests display Fe2O3 and Al2O3 concentrations ranging from 16.1 to 15.0% and 5.9 to 13.2 wt%, respectively. Potassium (K2O) concentrations vary from 1.7 to 3.2 wt%, while CaO and P2O5 range from 1.5 to 9.1% and 0.1 to 0.9 wt%, respectively. The major element data are also expressed using K2O/Al2O3 and Fe2O3/Al2O3 ratios (Figure 3C). The REE display abundances significantly lower than those for typical detrital sediments, with Nd ranging between ∼6 and 15 μg/g. Measured REE concentrations are also reported as shale-normalised patterns using values for World River Average Silt (WRAS; Bayon et al., 2015), displaying marked light-REE enrichments relative to mid- and heavy-REE (Figure 7). The Nd isotopic compositions vary from εNd −12.0 (at 0–1 and 40–41 cm depth) to −11.0 (at 20–21 cm) (Figure 3D). In comparison, the εNd values determined in corresponding uncleaned foraminifers (between −10.9 and −10.2) and leached sedimentary Fe-Mn oxyhydroxide phases (between −9.3 and −8.6) are significantly more radiogenic (Table 2). Finally, the Nd isotopic composition of the detrital clay-rich fraction is relatively homogenous along core IG-KSF-11 (between −11.6 and −11.0), with a mean εNd signature of −11.4 ± 0.2 (1SD).
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FIGURE 7. (A) Relationship between Fe2O3/Al2O3 and K2O/Al2O3 for bulk glauconitic grains from core IG-KSF-11 (diamonds), compared to microscale results obtained by SEM/EDS analyses (crosses). (B) Shale-normalised REE patterns of bulk glauconitic grains. WRAS refers to World River Average Silt (Bayon et al., 2015). Note that # refers the sample depth (cm). Values for Amazon detrital clay are from Bayon et al. (2015).




DISCUSSION


Glauconitisation at the Demerara Margin

As already shown in Tallobre et al. (2019), the new SEM-EDS data reported in this study indicate that the glauconitic grains formed at site IG-KSF-11 progressively evolve towards darker green shades as they incorporate higher amounts of Fe and K (Figures 5, 6). Successive glauconite neoformation steps are also accompanied by a gradual decrease in Al contents, generally reflecting the gradual disappearance of inherited terrigenous 1:1 minerals, such as kaolinite. By contrast, the corresponding increase in K2O and Fe2O3 is largely independent of the presence of inherited minerals. The source of K in glauconite is directly derived from ambient bottom water, being sequestered between newly formed and/or transformed micaceous sheets. The abundance of K2O thus directly reflects the process of glauconitogenesis (Odin and Fullagar, 1988; Wiewióra et al., 2001). In the case of core IG-KSF-11, the increase in K2O contents, and by inference K2O/Al2O3 ratios (Figure 5), most likely corresponds to the presence of neoformed sheets of 2:1 clay minerals, such as K-bearing montmorillonite and illite.

In core IG-KSF-11, the abundance of the different types of glauconite grains displays clear correlation with corresponding δ18O records for both planktonic and benthic foraminifers over the last three isotopic stages (Figure 3; Tallobre et al., 2019). The maximum abundance of glauconite grains in the 15–60 and 90–100 cm core intervals of IG-KSF-11 (expressed by the relative weight glauconitic green grains within the sandy fraction; Tallobre et al., 2019) coincides with the glacial periods of MIS 2 and MIS 4, respectively (Figure 3). These enriched glauconitic layers were interpreted as reflecting periods characterised by intense winnowing effect, which prevented the burial of the glauconitic grains at that time, favouring their mineralogical evolution at the water–sediment interface. Overall, the occurrence of both higher concentrations of glauconitic grains, higher relative abundances of dark green grains, and higher K2O/Al2O3 and Fe2O3/Al2O3 ratios (Figure 3) collectively point towards a higher dynamics of contouritic currents during MIS 2 and MIS 4, in agreement with what had been proposed by Tallobre et al. (2019).



Core-Top Evidence for a Seawater-Derived Nd Isotopic Signature in Glauconite

A striking feature is the evidence that core-top glauconitic grains at site IG-KSF-11 display a similar Nd isotopic composition (−12.0 ± 0.5) than that of the corresponding water mass at the Demerara margin (−11.6 ± 0.3; Huang et al., 2014; Figure 2). This finding suggests that in highly dynamic depositional environments, characterised by high bottom current velocity, glauconite grains may capture the Nd isotopic composition of ambient bottom water masses. While radiocarbon dating of planktonic foraminifera assemblages suggested possible loss of the surficial sediment layer upon core recovery, the upper 10 cm of core IG-KSF-11 is still assumed to correspond to the Holocene period, hence covering a period of time during which bottom water εNd signatures are expected to have remained near present-day values. In marked contrast, both uncleaned foraminifera (−10.9 ± 0.1; 0–1 cm depth) and leached sedimentary Fe-Mn oxyhydroxide (−9.2 ± 0.2; 4–5 cm depth) fractions from the same upper sediment layer depart significantly from the expected NADW-like Holocene seawater signature. Neodymium isotopic measurements on uncleaned foraminifera are usually assumed to reflect the signature of associated Fe-Mn oxyhydroxide coatings that precipitate onto and within the foraminifera tests at the seawater–sediment interface (e.g., Elmore et al., 2011; Tachikawa et al., 2014), hence acquiring the εNd composition of ambient bottom waters. The fact that core-top foraminifera at site IG-KSF-11 do not match similar Nd isotopic composition than the overlying water mass suggests that they were initially derived from another depositional environment, before being transported to site IG-KSF-11 by erosion and subsequent bottom current transport. Considering the εNd distribution along the water column at the Demerara Rise (Huang et al., 2014; Figure 2), we infer that the foraminifera assemblages encountered in the contourite moat at site IG-KSF-11 may be possibly derived from shallower depositional environments, at water depths between 600 m and 800 m bathed by AAIW.

While Fe-Mn oxyhydroxide phases leached from bulk marine sediments are commonly used as paleoceanographic archives (e.g., Rutberg et al., 2000; Piotrowski et al., 2005; Gutjahr et al., 2008), the Fe-oxide fractions extracted from continental margin sediment records can also include pre-formed continental oxides associated with terrigenous material (e.g., Bayon et al., 2004; Kraft et al., 2013; Jang et al., 2020), hence complicating their use for reconstructing past ocean circulation. In this study, the evidence that leached Fe-oxyhydroxide phases significantly depart from NADW-like εNd values clearly point towards the presence of such pre-formed continental oxides. In fact, recent investigations have shown that river-borne Fe oxides are almost systematically characterised by more radiogenic Nd isotopic compositions relative to the associated detrital material (Hindshaw et al., 2018; Bayon et al., 2020; Jang et al., 2020). This Nd isotope decoupling between paired Fe oxide and detrital silicate fractions has been attributed to the preferential erosion and/or weathering of sedimentary rocks on continents (e.g., Bayon et al., 2020). For instance, recent sediments deposited near the mouth of the Amazon River display εNd values of −8 and −10.7 for leached Fe oxides and detrital fractions, respectively (Bayon et al., 2020). At the Demerara Rise, the main potential sources of sediment include suspended particulate material from the large South American tropical rivers (Amazon, Orinoco, and Maroni) that are subsequently transported by ocean currents. These different sources display pronounced εNd compositional variability, which can be used to trace the origin of the lithogenic material deposited on adjacent ocean margins (Rousseau et al., 2019). For instance, over the hydrological year, the Amazon River exhibits particulate εNd values ranging from −9.8 to −11.4 (mean −10.6 ± 0.6) while the suspended loads of the Orinoco and the Maroni yield −14.1 ± 0.3 and −23.7 ± 1.2, respectively. By analogy and in agreement with previous studies (Häggi et al., 2017; Zhang et al., 2017; Crivellari et al., 2018), we infer that measured Nd isotopic compositions for both detrital (−11.4 ± 0.2) and Fe-oxide (−9.1 ± 0.2) fractions in core IG-KSF-11 possibly reflect the dominant presence of Amazon sediments at the studied site.

Taken together, the above findings hence suggest that in highly dynamic environments at continental margins, such as the Demerara Rise, glauconitic grains may be best suited than foraminifera and leached sedimentary Fe-oxides for reconstructing the Nd isotopic composition of ambient bottom water masses.



Mode of Acquisition of Ambient Seawater εNd Signatures by Glauconitic Grains

In contrast with Nd isotopes, which suggest a seawater origin for the core-top glauconitic grains at site IG-KSF-11, the distribution of REE in studied grains is far more equivocal, suggesting a complex mode of acquisition of ambient bottom water εNd signatures. For instance, Y/Ho, i.e., a proxy for the relative contribution of seawater versus terrestrial signatures in marine sediments (Nozaki et al., 1997) displays values (27.9 ± 0.5; Table 1) indistinguishable from detrital river sediments worldwide (WRAS; 28.7 ± 1.3; Bayon et al., 2015), far from the range of seawater values (Y/Ho > ∼40–70; Bau, 1996). To some extent, this finding could indicate that the initial acquisition of REE by glauconitic grains is set by the dissolution of clay minerals, being modified subsequently by sustained isotopic exchange with seawater. Albeit different, such a process would echo with previous investigations that already suggested that fine-grained particles settling in the ocean could interact with seawater through intense dissolved-particle exchange, resulting in no significant Nd enrichment but overall leading to the acquisition of seawater Nd isotopic signatures (e.g., Jeandel et al., 1995; Tachikawa et al., 1997). In marine environments, glauconitisation involves successive dissolutions of dominant 1:1 and subsequent 2:1 clay minerals (smectite), followed by neoformation of other 2:1 micaceous sheets of glauconite. As mentioned above, the process of glauconitisation is accompanied by the loss of several cations (Al and even Si) and the enrichment of other major elements such as Fe and K. Dissolution can also occur when the starting clay phase is mainly composed of 1:1 clay minerals, such as kaolinite. For example, in the case of Fe-bearing montmorillonite green grains from the Ivory Coast-Ghana marginal ridge (ODP Site 359), kaolinite was shown to dissolve slowly with remnants of d (001) and d (060) peaks of kaolinite being still present in the pristine light coloured grains (Wiewióra et al., 2001). At the Demerara Rise, this process can also be illustrated using Fe2O3/Al2O3 versus K2O/Al2O3 ratios determined in bulk glauconite grains (Figure 7), where the observed positive relationship (which perfectly matches with the correlation defined by SEM/EDS data; Figure 6) indicates increasing glauconitisation and seawater influence as both Fe2O3/Al2O3 and K2O/Al2O3 ratios increase. In core IG-KSF-11, the highest Fe and K concentrations are encountered in grains formed during MIS 2 (at 20 and 28 cm depth), in full agreement with the preferential abundance of dark green grains in the corresponding sediment interval, indicative of greater degree of glauconitisation and a longer residence time due to strengthened bottom current activity.

Interestingly, the shale-normalised REE patterns of the green glauconite grains extracted from our Demerara contourite sediments indicate that increasing degrees of glauconitisation is accompanied by a net loss in REE (Figure 7). This finding echoes with previous works conducted on glauconitic grains of both Recent (Stille and Clauer, 1994) and Cenozoic (Tóth et al., 2010) ages, which reported similar observations that the REE contents of glauconite grains gradually decrease during glauconitisation. These latter authors proposed that the progressive REE loss during glauconitisation directly resulted from the crystallographic transformation of the phyllosilicate layers, leading to the combined depletion of both Ca and REE (Tóth et al., 2010). Additionally, one striking feature of the studied glauconitic grains from core IG-KSF-11 is that they display apparent LREE enrichment relative to MREE and HREE, resulting in shale-normalised patterns that depart significantly from both the typical seawater and detrital distribution patterns (Figure 7). As previously proposed, this particular REE signature could possibly relate to the presence of discrete authigenic REE-rich phosphate phases, such as cryptocrystalline apatite, which are typically found in close association with green glauconite grains in the sedimentary record (Stille and Clauer, 1994; Wigley and Compton, 2007; Tóth et al., 2010; Huggett et al., 2017). Present as inclusions within glauconitic grains, these authigenic REE-rich phosphate phases are thought to play an important role in controlling the REE budget of glauconitic grains (Stille and Clauer, 1994; Tóth et al., 2010). At the Demerara margin, studied grains display no direct correlation between both P2O5 and REE contents (Table 2), possibly suggesting that the REE composition of accessory phosphate phases may vary substantially amongst glauconitic grains. Nevertheless, based on the above consideration, we propose that the presence of such discrete authigenic phosphate minerals most likely explain why glauconitic grains at the Demerara margin can faithfully record the Nd isotopic composition of ambient bottom waters. In any case, our results suggest that increasing glauconite maturity results in progressive loss of the εNd signature of inherited clay minerals, most likely accompanied by a gradual shift towards seawater Nd isotope composition. To some extent, this finding would also be in agreement with the evidence that other authigenic phosphate mineral phases (hydroxyfluorapatite), which control the REE budget of fish teeth following their deposition at seafloor, also act as reliable recorders of the Nd isotopic composition of bottom waters (e.g., Martin and Haley, 2000; Martin and Scher, 2004).



Preliminary Paleoceanographic Implications

As mentioned above, the occurrence of both higher concentrations of glauconitic grains and increasing relative abundances of more evolved dark green grains during MIS 2 has been interpreted as reflecting a strengthening of bottom water circulation along the Demerara margin during glacial times (Tallobre et al., 2019). Since the studied site is located in the core interval of the modern NADW, at a water depth of ∼2400 m, this finding was taken as evidence for an intensification of the glacial AMOC. This hypothesis was in agreement with recent εNd-based paleoceanographic reconstructions, which suggested sustained production of glacial NADW during the last glacial period (Howe et al., 2016; Pöppelmeier et al., 2020). Our newly acquired data also provide additional support for a vigorous flow of the glacial analogue of NADW at the Demerara margin. First, our major element data for bulk glauconite grains further indicate that glauconitisation was enhanced at that time as inferred from significant enrichments in Fe and K in neoformed glauconitic minerals, hence also pointing towards intensifying winnowing during glacial periods (Figure 3C). Second, our Nd isotope data for the glauconitic grains formed during MIS 2 (Figure 3D) indicate no major change in the εNd signature of ambient bottom water masses during glacials (between −11.0 and −11.7) relative to their present-day composition (−11.6 ± 0.3; Huang et al., 2014). The evidence that the glacial NADW flowing along the Demerara margin was slightly more radiogenic compared to the modern NADW εNd signature could be explained by the fact that northern-sourced waters may have acquired a distinctive Nd isotopic composition at that time (−10.4 ± 1.0), reflecting the impact of ice sheets on nearby continents on the release of dissolved Nd to the North Atlantic (Zhao et al., 2019). This finding is in agreement with the results obtained by Huang et al. (2014) on uncleaned foraminifera extracted from a nearby shallower sediment core (∼950 m), which also indicated similar εNd composition for the overlying AAIW during the Holocene and the LGM. Taken together, these two εNd records hence collectively suggest that the structure of the water column at the Demerara margin during glacial times was probably similar to its modern oceanographic configuration.



CONCLUSION AND PERSPECTIVES

Our geochemical investigation of glauconitic grains recovered from a contourite sediment sequence at the Demerara margin suggests that authigenic glauconite can faithfully record the Nd isotopic composition of ambient bottom water masses. The acquisition of εNd seawater signatures in glauconitic grains appears to be controlled by the presence of LREE-enriched phases, possibly corresponding to dispersed authigenic phosphate phases intertwined within the neoformed clay mineral sheets. The absence of a strong detrital control on measured Nd isotopic compositions in glauconite grains is further inferred from the evidence for a progressive loss of REE with increasing degrees of glauconitisation; a process that also results in gradual enrichments in Fe and K. Overall, our new results suggest that the application of Nd isotopes to glauconite grains could serve as useful proxies for paleoceanographic reconstructions at continental margins, wherever intense winnowing and/or erosional processes may prevent the use of other more conventional archives of past seawater εNd compositions, such as uncleaned foraminifera or leached Fe-Mn oxyhydroxide fractions. In particular, the combined use of Nd isotopes (as tracers of water mass) and various elemental ratios, such as Fe2O3/Al2O3 and K2O/Al2O3 (as tracers for the degree of glauconitisation), could provide complementary information of both the source and strength of past bottom water circulation. An important requisite prior to establishing Nd isotopes in glauconite grains as robust paleoceanographic archives will be to further demonstrate the preliminary findings reported in this study, by investigating additional sites from the Demerara Rise or from any other contourite systems where bottom water masses and local detrital sediment may display contrasted Nd isotopic compositions.
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Loss of tidal wetlands is a world-wide phenomenon. Many factors may contribute to such loss, but among them are geochemical stressors such as exposure of the marsh plants to elevated levels on hydrogen sulfide in the pore water of the marsh peat. Here we report the results of a study of the geochemistry of iron and sulfide at different seasons in unrestored (JoCo) and partially restored (Big Egg) salt marshes in Jamaica Bay, a highly urbanized estuary in New York City where the loss of salt marsh area has accelerated in recent years. The spatial and temporal 2-dimensional distribution patterns of dissolved Fe2+ and H2S in salt marshes were in situ mapped with high resolution planar sensors for the first time. The vertical profiles of Fe2+ and hydrogen sulfide, as well as related solutes and redox potentials in marsh were also evaluated by sampling the pore water at discrete depths. Sediment cores were collected at various seasons and the solid phase Fe, S, N, C, and chromium reducible sulfide in marsh peat at discrete depths were further investigated in order to study Fe and S cycles, and their relationship to the organic matter cycling at different seasons. Our results revealed that the redox sensitive elements Fe2+ and S2– showed significantly heterogeneous and complex three dimensional distribution patterns in salt marsh, over mm to cm scales, directly associated with the plant roots due to the oxygen leakage from roots and redox diagenetic reactions. We hypothesize that the oxic layers with low/undetected H2S and Fe2+ formed around roots help marsh plants to survive in the high levels of H2S by reducing sulfide absorption. The overall concentrations of Fe2+ and H2S and distribution patterns also seasonally varied with temperature change. H2S level in JoCo sampling site could change from <0.02 mM in spring to >5 mM in fall season, reflecting significantly seasonal variation in the rates of bacterial oxidation of organic matter at this marsh site. Solid phase Fe and S showed that very high fractions of the diagenetically reactive iron at JoCo and Big Egg were associated with pyrite that can persist for long periods in anoxic sediments. This implies that there is insufficient diagenetically reactive iron to buffer the pore water hydrogen sulfide through formation of iron sulfides at JoCo and Big Egg.

Keywords: salt marsh geochemistry, planar optical sensors, Jamaica Bay, 2-D distributions, Fe2+ and H2S


INTRODUCTION

The worldwide loss of salt marsh wetlands has been linked to many factors, including sea level rise, coastal development, coastal eutrophication and geochemical stressors. Salt marshes need to accrete to keep pace as sea level rises. Marsh accretion is affected by growth of the plants, accumulation of organic matter and lithogenic particles and formation of authigenic phases (e.g., Fe2S) in marsh peat. Cycling of iron compounds, hydrogen sulfide (H2S) and nutrients N and P could provide stress on salt marsh plants. Hydrogen sulfide is known as a toxin to marsh plants (Kolker, 2005; Lamers et al., 2013; Alldred et al., 2020), and addition of nutrients and organic matter to marshes may enhance hydrogen sulfide production (Kolker, 2005). The input of iron particles on marsh may increase marsh accretion by reducing dissolved H2S and forming the mineral pyrite in the marsh. But previous results also imply that the marsh biomass could be degraded if iron in marsh is too high and causes removal of the nutrient phosphorus (Cochran et al., 2018). Therefore, understanding the distribution patterns and seasonal variations of iron and sulfide in salt marshes, as well as possible geochemical constraints on salt marsh loss, is critical for the study of marsh health and resiliency.

Iron (Fe) and sulfur (S) are two important redox-sensitive elements in salt marshes, their distribution patterns with depth reflect multiple biogeochemical reactions and processes in the deposits, for example, organic matter decomposition, sulfate reduction/sulfide oxidation, availability of reactive Fe, and accumulation rate of authigenic pyrite minerals (Berner, 1984; Canfield et al., 1992; Goldhaber, 2003; Jørgensen and Nelson, 2004; Jørgensen and Kasten, 2006; Aller et al., 2010; Luther et al., 2011). All these biogeochemical processes are closely coupled to the environment and ecosystem of salt marshes, including marsh peat degradation, accretion, biomass growth/decline, and species diversities (Luther and Church, 1988; Kostka and Luther, 1995; Sundby et al., 2003; Luo et al., 2017).

Particulate Fe is typically input to coastal marshes through wind-blown dust, river run-off, and tidal flooding. The oxidized Fe-containing mineral particles directly deposit on the marsh surface, and subsequently become involved in early diagenetic reactions in marsh peat. One important pathway for Fe cycling in marsh is microbial iron reduction, a common pathway of Fe3+-oxides reduction to Fe2+ by organic matters mediated by Fe3+-reducing microorganisms (Weiss et al., 2005; Luo et al., 2015, 2016, 2017). In sulfidic zones, Fe3+-oxide minerals can also abiotically react with sulfide to produce dissolved Fe2+, which subsequently react with sulfide, generating the authigenic minerals FeS and pyrite (FeS2) (Berner, 1970; Canfield, 1989; Kostka and Luther, 1995). Hydrogen sulfide in marsh pore water is generally produced from the reduction of sulfate by bacteria as organic matter is oxidized. Because of the large amount of labile organic matter in marshes (e.g., from marsh plants or combined sewer overflows), the active electron acceptors O2, nitrate/nitrite, Mn/Fe-oxide could be completely consumed by organic matter within a very thin surficial layer of the marsh peat, resulting in an anoxic sulfidic environment in most salt marshes. Under anoxic conditions, sulfate-reducing bacteria use SO42– as an electron acceptor for organic matter remineralization, generating H2S as one of the end products (Goldhaber, 2003; Jørgensen and Nelson, 2004). This anaerobic respiration process often dominates in organic matter-rich salt marshes, resulting in high concentrations of dissolved sulfide at millimolar (mM) levels (Bagarinao, 1992). H2S, one specie of the total dissolved sulfide (ΣH2S = [H2S] + [HS–] + [S2–]), is harmful to marsh plants such as Spartina alterniflora. Long-term exposures to levels greater than ∼4 mM H2S in marsh pore water can cause plant die-off, and subsequent peat degradation and subsidence (Kolker, 2005; Cochran et al., 2013; Lamers et al., 2013).

Typically, the intense redox reactions and precipitation/dissolution reactions in the surficial marsh peat generate sharp gradients of Fe2+ and H2S in marsh pore water. The H2S concentrations can increase from 0 to several mM over depths of millimeters to centimeters, with the concentrations of Fe2+ changing by several hundred micromolar (μM). The compositional changes with depth in deposits are usually assumed steady and to occur in an overall average vertical progression. However, the growth of marsh plants and the activities of dwelling fauna can generate significant heterogeneity and complex three dimensional reaction patterns of Fe and S over millimeter to meter scales due to plant rhizosphere development, oxygen transport through roots, burrow construction, and bioirrigation (Aller, 1982, 2001; Sundby et al., 2003; Weiss et al., 2005). The seasonal cycling of Fe and S in salt marsh sediments have been reported (Luther et al., 1986; Kostka and Luther, 1995; Luo et al., 2017), and 2-D distributions of dissolved Fe2+ and H2S in coastal marine sediments have also been discussed elsewhere (Zhu and Aller, 2012, 2013; Yin et al., 2017). However, the small scale 2-D distribution patterns of dissolved Fe2+ and H2S associated with the plant rhizosphere in salt marshes have not been investigated so far. In situ measurements of real-time, high-resolution 2-D distributions of H2S and Fe2+ around plant roots may provide insight into the nature of interactions between the oxygen, iron, and sulfur cycles in marsh plant rhizosphere.

Jamaica Bay, New York has suffered considerable loss of salt marsh acreage over the past ∼50 years. A large unrestored marsh island JoCo and a partially restored marsh island Big Egg were selected as study sites in this work. We noted that the H2S levels at JoCo marsh could be elevated to >6 mM in summer and fall, but marsh plants grow well and it’s still considered as a “healthy” marsh. On the other hand, marsh in the unrestored part of Big Egg seems to be worse, even the H2S level is lower than JoCo. We hypothesize: (1) a complicated and time-dependent 3-D distribution pattern of low level dissolved H2S and Fe2+ (cold-spots) around individual plant roots can be generated by oxygen transport/leakage from roots, and (2) the cold-spots/oxic layers formed around roots help marsh plants to survive in the high levels of H2S by reducing sulfide absorption. Accordingly, we collected pore water samples with “sippers”– short tubes that are emplaced to various depths in the peat and through which pore water is drawn into an evacuated syringe, complemented this approach with chemical sensors that provide in situ high-resolution mapping linking the structure of marsh peat with spatial and temporal patterns of H2S and Fe2+ concentrations, and collected marsh peat cores to study the distributions of Fe, S, N, C, and chromium reducible sulfur (CRS) in marsh peat solid phase. Our goal is to characterize the significant geochemical heterogeneities of Fe and S in marsh pore water and peat, seasonal variation and the interactions of these solutes in marsh pore water, the characterization of elevated pore water levels of the phytotoxin H2S, and the effects of the redox cycles of Fe and S on the solid phase reservoirs of these elements.



MATERIALS AND METHODS


Sample Sites

Jamaica Bay is a heavily urbanized estuary (∼80 km2) located primarily between the New York City boroughs of Brooklyn and Queens, with a connection to the Atlantic Ocean through Rockaway Inlet (Figure 1). The Bay, consisting of over a dozen isolated marsh islands and a labyrinth of waterways, has been characterized as a eutrophic estuary with water salinity in the range of 20–26 PSU, temperature 1–26°C, and pH 6.8–9, respectively [USFWS (U.S. Fish and Wildlife Service), 1997]. Some of the marsh islands are natural, but many of them have been restored through engineering efforts. The dominant plant species in the low salt marsh is saltmarsh cordgrass, S. alterniflora, and in the high salt marsh is salt meadow cordgrass, Spartina patens. These salt marshes provide critical ecological services, including habitat and food sources for wildlife, shoreline erosion control, and water column filtration, as well as serve as a buffer against storm tides and waves (New York City Department of Environmental Protection, 2007a, b; Marsooli et al., 2017). However, Jamaica Bay’s salt marsh losses have been severe; about 60% of the Bay’s salt marsh has converted into mudflats since 1951, with smaller islands losing up to 78% of their vegetation cover, due to a combination of factors including sediment load reduction, dredging, boat traffic, sea level rise, nutrient enrichment and H2S concentration increase (Rafferty et al., 2010; Campbell et al., 2017). The nutrient load of the Bay from sewage treatment plant effluent and combined sewer overflows is thought to be an important factor that may contribute to this high rate of marsh loss in recent years (Deegan et al., 2012).
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FIGURE 1. Location of Jamaica Bay and the sampling sites at Big Egg (BE) and JoCo (JC). The GPS coordinates of sampling sites are BE1 (40.59604N, 73.82637W; restored in 2003), BE2 (40.59586N, 40.59586W), BE3 (40.59607N, 73.82812W), JC1 (40.61241N, 73.78779W), JC2 (40.61212N, 73.78724W), and JC3 (40.61173N, 73.78591W), respectively. Modified from Tamborski et al. (2017). Service Layer Credits: Source: Esri, DigitalGlobe, GeoEye, Earthstar Geographics, CNES/Airbus DS, USDA, USGS, AeroGRID, IGN, and the GIS User Community.


Jamaica Bay has a mean semi-diurnal tidal range of approximately 1.5 m, the investigated marsh sites are all inundated during high tide. Two marsh sites were studied in the present work: one is a natural salt marsh, JoCo (JC), which is considered a “healthy” marsh, and the other is a partially restored salt marsh, Big Egg (BE). Three sampling sites were established in each marsh. One of the three sites at Big Egg (BE1) was previously restored by spraying sandy sediment from the adjacent channel onto the marsh surface as part of a restoration effort in 2003 (Frame et al., 2006), but the remaining two sites (BE2 and BE3) have not yet been restored. The two marshes are dominated by S. alterniflora, while JoCo has a mixture of marsh grasses that includes Spartina patens, a high marsh species. JoCo experienced a marsh loss of approximately 7% between 1974 and 1999, while losses at Big Egg were up to 38% (NYSDEC, 2006).

Pore water samples, solid marsh cores, and sensor deployment in JoCo were taken on October 10, 2014, May 1, 2015 and September 9, 2015 and April 22, 2016, respectively. In Big Egg sites, they were taken on October 8, 2014, April 13, 2015, September 25, 2015, and April 15, 2016, respectively.



Discrete Pore Water Sampling and Measurements

Discrete pore water samples were taken using pore water “sippers” at depths of 5, 10, 15, and 25 cm in the marsh peat. The sippers are hollow acrylic rods that end in a small opening. Each sipper is connected to Tygon tubing which can be connected to a 50 ml plastic syringe. A valve connected to the Tygon tubing between the syringe and the sipper facilitates purging of the syringe. Pore water samples of ∼50 ml were slowly drawn into the syringe through the sipper, and immediately filtered in the field through 0.45 μm filters. Aliquots for dissolved sulfide, nutrients, and trace elements were collected. The sulfide aliquots were fixed in the field by adding 0.5 ml of 0.05 M Zn(C2H3O2)2.2H2O to each sample, the Fe2+ aliquots were stabilized by acidification. The concentrations of dissolved sulfide, nutrients (NH4+ and HPO42–) and dissolved Fe2+ in these discrete pore water samples were subsequently measured in lab.

Total dissolved sulfide (as ΣH2S = [H2S] + [HS–] + [S2–]) and ammonium were measured using techniques described by Kolker (2005) and Cochran et al. (2013). Briefly, total sulfide was measured by spectrometric method (Cline, 1969; Reese et al., 2011) with relative standard deviation (RSD) < 5%. Ammonium and phosphate were measured using a Lachat Nutrient Autoanalyzer with RSD ± 5%, and dissolved Fe2+ was determined by spectrometric method described by Stookey (1970). Pore water pH and Eh (ORP; Oxidation-Reduction Potential) were measured in the field with a YSI 1009-1 09C multi-parameter probe that measured pH on the total H+ scale and used a Pt electrode for Eh. Salinity values were determined in the laboratory through measurement of chloride or with a refractometer.



In situ Measurements of 2-D Pore Water H2S and Fe2+ Using Optical Planar Sensors

2-D distributions of dissolved Fe2+ in pore water were measured in situ by deploying optical planar Fe2+ sensors in salt marsh. The irreversible planar sensor of dissolved Fe2+ was fabricated with ferrizone as the optical indicator that was immobilized in polyurethane hydrogel (D4) membrane, modified from our previous publication (Zhu and Aller, 2012). The blank Fe2+ sensor film was colorless and transparent, and it rapidly converted to a violet-red color with maximum absorption wavelength at 562 nm after the sensor film was exposed to dissolved Fe2+ solution. The sensor response range depends on the sensor deployment time in Fe2+ solution, and the sensor showed a good linear response in the range of 0–200 μmol/L of Fe2+ with the limit of detection of 5 μmol/L when a 10 min deployment time was applied. A short sensor deployment time was used when Fe2+ concentration was higher than 200 μmol/L, and the sensor could respond to dissolved Fe2+ as high as 1 mmol/L when it was deployed in the sample for 1 min. In this work, 1–10 min Fe2+ sensor deployment time in salt marsh was used, depending on the Fe2+ concentration in the marsh pore water.

The sensor film sheet (14 cm × 20 cm) was cut into five sensor film stripes with dimension of 2.8 cm × 20 cm, four strips were used for in situ deployment and one for calibration. The sensor film strip was mounted on a 5 cm × 40 cm × 1 cm (width × length × thickness) polycarbonate plastic sheet with a beveled end. In situ measurements were performed at low tide by inserting/punching the plastic sheet with attached sensor strip vertically into the salt marsh peat (Figure 2) and allowing it to react with dissolved Fe2+ in pore water for 1–10 min. After the reaction, the sensor film was pulled out of the marsh and rinsed with seawater. The color-developed Fe2+ sensing film was then wrapped with a paper towel and brought back to the laboratory for imaging. In situ measurements were duplicated at each marsh sample site. After return to the laboratory, the sensor films were calibrated with identical response time by using Fe2+ standards prepared in seawater which was collected from the same sample site. The colored Fe2+ sensor strips were imaged by a flat scanner (Canon), and all color images were analyzed with Maxim DL image processing software version 2.0X (Diffraction Limited) and Image-Pro plus version 4.1 for Windows (Media Cybernetics). The isolated green bands of the color images were used to calculate the absorbance within individual pixels. In situ measurements of 2-D Fe2+ distributions in pore water were conducted at October 2014, April 2015, and September 2015.
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FIGURE 2. (A) In situ deployment of planar optical sensors of Fe2+ and H2S in salt marshes. The sensor sheet strip was mounted on a polycarbonate plastic sheet with a beveled end and inserted into the marsh for a certain time. (B) The 2-dimensional sensing image associated with calibration strips was recorded with a flat scanner (Canon). Reprinted from Encyclopedia of Ocean Sciences, 3rd edition, vol. 4. Zhu Q., In situ Planar Optical Sensors for Sediment Diagenesis Study, pp. 147–156, Copyright 2019, with permission from Elsevier.


2-D distributions of dissolved H2S in salt marshes were measured by two different optical planar H2S sensors. The 2-D H2S distributions in the October 2014 samples were measured by a fluorescence planar sensor in box cores which were collected from each site and incubated/re-equilibrated with seawater (collected from the same site) in the laboratory for 24 h at room temperature (22°C) with constant aeration of overlying water. The fluorescence H2S planar sensor sheet was prepared by non-covalently immobilizing H2S fluorescence indicator pyronin in an ethyl cellulose polymer membrane on a transparent polyester sheet, and coating with a layer of gas permeable silicone (Zhu and Aller, 2013). The fluorescence sensor responded well to dissolved H2S in the range of non-detectable to 3.15 mmol/L with detection limit 40 μmol/L dissolved H2S. The sensor response time was about 60 s, and it was very suitable for H2S quantification in highly sulfidic salt marshes. However, it was only a moderately reversible fluorescence sensor, losing its response after 5–6 measurement cycles (Zhu and Aller, 2013). The sensor film was cut into the strips of 3 cm × 15 cm for the following 2-D measurement: an H2S sensor strip was installed on the inside of the front face of the box corer and sensing membrane contacted to the marsh sediment. The bottom of the box core was tightly sealed. After 24 h incubation, the fluorescence image of the H2S sensor strip was taken at 577 nm (±10 nm) with excitation wavelength at 554 nm by using our home-made imaging system (Zhu and Aller, 2013). Image analysis and data calculations were performed with Maxim DL image processing software version 2.0X (Diffraction Limited) and Image-Pro plus version 4.1 for Windows (Media Cybernetics). Images were split into blue, green and red bands and the red band was used to calculate the intensities of individual pixels.

2-D H2S distributions in other seasons, April 2015 (spring) and September 2015 (late summer), were obtained by in situ deployments using an irreversible H2S colorimetric planar sensor that was prepared from diphenylcarbazone-Zn2+ complex in polyurethane hydrogel (D4) on a transparent polyester sheet, covered by a gas permeable silicone membrane to eliminate possible interfering hydrated ions. The blank sensor film showed a dark purple color with a maximum absorbance at 530 nm, and the sensor absorbance was inversely correlated with dissolved H2S concentration in the range of 5–4,000 μmol/L (Yin et al., 2017). A 3.5 cm × 20 cm H2S sensor film was mounted on one side of a 5 cm × 40 cm × 1 cm (width × length × thickness) polycarbonate plastic sheet with a beveled end, and the deployment method was the same as 2-D Fe2+ in situ measurement as described above. Response time of the H2S sensor in marsh was 1–10 min (depend on the H2S concentration in the marsh). After the reaction, the sensor film was pulled out of the sediment and rinsed with seawater. The color-changed sensing film was scanned within 20 min in the field by using a flat scanner (Canon). After return to the lab, the H2S sensor responses were calibrated for identical response times by using H2S standard solutions prepared from sodium sulfide in pH < 4 solutions. All color images, including sample sensing images, were analyzed with Maxim DL image processing software version 2.0X (Diffraction Limited) and Image-Pro plus version 4.1 for Windows (Media Cybernetics). The isolated green bands of the color images were used to calculate the absorbance within individual pixels.



Solid Phase Geochemistry

Cores for solid phase geochemistry (sulfur and iron) were taken by carefully inserting an aluminum tube (i.d., 7 cm) into the marsh peat. After the tube was positioned on the marsh surface, vertical cuts were made around the perimeter to minimize compaction as the core was inserted. Immediately after return to the laboratory, the cores were frozen. They were later defrosted only enough to permit the sediment to be extruded and then were sectioned into 1–2 cm intervals. The JoCo sediment cores had more peat and roots whereas the Big Egg sediment cores had fewer large roots and more mud. Small aliquots of sediment were removed from each section for solid phase geochemistry and the remainder was weighed, dried, weighed again to determine water content and then ground to a powder. Solid phase reactive iron was measured by leaching ∼50 mg of dried sediment in 1 N HCl for 24 h at room temperature. Total Fe in the leach solution was measured colorimetrically using the ferrozine method (Stookey, 1970). Sulfur was measured in two pools—chromium reducible sulfides (CRS, dominantly pyrite, and FeS2) and total sulfur, as described in Kolker (2005) and Cochran et al. (2013).



RESULTS

The high resolution 2-D Fe2+ and 2-D H2S distribution patterns revealed by optical sensors in the six sampling sites in Big Egg (BE) and JoCo (JC) are shown in Figures 3–8. Vertical profiles of dissolved H2S and Fe2+ at each site were calculated by averaging the data across each horizontal pixel layer.
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FIGURE 3. H2S and dissolved Fe2+ distribution patterns in the pore water of Big Egg (BE) marsh peats in fall 2014. (A) 2-D H2S distribution patterns in the sediments, which were incubated 1 day in lab before H2S imaging. The green panels are physical image of sediments and the color panels (pseudo color) are corresponding 2-D H2S distributions. (B) Vertical H2S profiles averaged from each 2-D H2S distribution in panel (A). (C) 2-D Fe2+ distribution patterns which were obtained by in situ deployments; dotted line marks the peat surface. (D) Vertical Fe2+ profiles averaged from each 2-D Fe2+ distributions in panel (C).
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FIGURE 4. H2S and dissolved Fe2+ distribution patterns in the pore water of JoCo (JC) marsh peats in fall 2014. (A) 2-D H2S distribution patterns in the sediments which were incubated for 24 h in lab before H2S imaging. The green panels are physical image of sediments and the color panels (pseudo color) are corresponding 2-D H2S distributions. (B) Vertical H2S profiles averaged from each 2-D H2S distribution in panel (A). (C) In situ 2-D Fe2+ distribution patterns which were obtained by in situ deployments; white line marks the peat surface. (D) Vertical Fe2+ profiles averaged from each 2-D Fe2+ distributions in panel (C).
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FIGURE 5. H2S and dissolved Fe2+ distribution patterns in the pore water of JoCo (JC) marsh peats in spring 2015. (A) 2-D H2S distribution patterns (pseudo color) obtained by in situ measurements in sediments; white line marks the peat surface. (B) Vertical H2S profiles averaged from each 2-D H2S distribution in the panel (A). (C) 2-D Fe2+ distribution patterns obtained by in situ deployments; white line marks the peat surface. (D) Vertical Fe2+ profiles averaged from each 2-D Fe2+ distributions in the panel (C).
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FIGURE 6. H2S and dissolved Fe2+ distribution patterns in the pore water of Big Egg (BE) marsh peats in spring 2015. (A) 2-D H2S distribution patterns (pseudo color) obtained by in situ measurements in sediments; white line marks the peat surface. (B) Vertical H2S profiles averaged from each 2-D H2S distribution in the panel (A). (C) 2-D Fe2+ distribution patterns obtained by in situ deployments, white line marks the peat surface. (D) Vertical Fe2+ profiles averaged from each 2-D Fe2+ distributions in the panel (C).
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FIGURE 7. H2S and dissolved Fe2+ distribution patterns in the pore water of JoCo (JC) marsh peats in summer 2015. (A) 2-D H2S distribution patterns (pseudo color) obtained by in situ measurements in sediments; white line marks the peat surface. (B) Vertical H2S profiles averaged from each 2-D H2S distribution in the panel (A). (C) 2-D Fe2+ distribution patterns obtained by in situ deployments; white line marks the peat surface. (D) Vertical Fe2+ profiles averaged from each 2-D Fe2+ distributions in the panel (C).
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FIGURE 8. H2S and dissolved Fe2+ distribution patterns in the pore water of Big Egg (BE) marsh peats in summer 2015. (A) 2-D H2S distribution patterns (pseudo color) obtained by in situ measurements in sediments; white line marks the peat surface. (B) Vertical H2S profiles averaged from each 2-D H2S distribution in the panel (A). (C) 2-D Fe2+ distribution patterns obtained by in situ deployments; white line marks the peat surface. (D) Vertical Fe2+ profiles averaged from each 2-D Fe2+ distributions in the panel (C).


The results of H2S and Fe2+ distributions in the early fall sampling (October 2014) obtained by optical sensors are given in Figures 3, 4. The green panels in Figures 3A, 4A are visible images of the side views of marsh cores from Big Egg and JoCo, respectively. The root interweaving patterns can be clearly seen and are directly associated with the 2-D H2S distribution patterns. The H2S in all sampling sites showed a gradient in the top 10 cm depth. H2S level in the surficial sediment of BE1 increased with depth and formed a maximum concentration band from 2 to 5 cm depth, with H2S 0.5 mM, then sharply decreased to almost 0 below 6 cm. H2S in BE2 also increased with depth but reached a maximum concentration ∼1 mM H2S below 12 cm. Higher H2S concentration was observed in BE3 where H2S sharply increase from 0 to 2 mM in top 2 cm marsh and then reached maximum H2S concentration below this depth. The 2-D H2S distribution patterns in the BE sites showed significant lateral and vertical heterogeneities even though site BE2 was very close to BE3. Many “hot spots” of H2S in the marsh were also elevated. However, the dissolved Fe2+ in the three sites BE1-3 showed a similar distribution pattern (Figures 3C,D). Fe2+ concentration sharply increased just below the water-sediment interface and reached Fe2+ maximum zone at 1–2 cm deep and then quickly dropped to non-detectable level. The maximum Fe2+ concretions in all BE sites were between comparable, with values of 20–30 μM Fe2+ in pore water (Figure 3D).

Figure 4 shows the H2S and Fe2+ distributions in JoCo in the early fall season. Compared with their distributions in Big Egg, H2S concentrations in JoCo, 3–6 mM, are much higher than those in Big Egg. H2S concentration in JC1 immediately reached a maximum of 6 mM just below the sediment surface and gradually decreased to 1 mM at 12 cm (Figures 4A,B). Accordingly, no Fe2+ was found in JC1 and JC2 sites except some Fe2+ hot spots due to the high and constant level of H2S. The 2-D Fe2+ distribution pattern in JC3 is similar to that in the BE sites, but reached the maximum zone at 4 cm with Fe2+ concentration around 40 μM. It should be emphasized that the 2-D H2S distributions in the fall 2014 season were measured in the laboratory with a box core incubation for 24 h at room temperature, using a fluorescence H2S sensor (see section “Materials and Methods,” Zhu and Aller, 2013). 2-D H2S distributions in all other seasons were measured in situ with optical sensor sheets, as done for the 2-D Fe2+ distribution patterns.

2-D H2S and Fe2+ distributions in the spring season at the site of JoCo and Big Egg were measured in situ on 05/01/2015 and 04/13/2015 (Figures 5, 6), respectively. The concentrations of H2S were generally <20 μM or non-detectable in the top 15 cm of marsh in JoCo (Figure 5), however, higher levels of H2S (1–3 mM) were found at the sites of BE1-3 associated with root distribution patterns (Figure 6). Dissolved Fe2+ concentrations were non-detectable at JC1 in the top 15 cm, meanwhile dissolved Fe2+ was high (20–30 μM) in a very thin 0.5–2 cm layer at JC2, BE2, and BE3. Relatively higher Fe2+ levels were observed at JC2 and BE1, particularly at BE1, where dissolved Fe2+ was present from the sediment surface to 15 cm deep (Fe2+ was not measured deeper than 15 cm in any sampling) with a maximum concentration of 100 μM at 2 cm. The results showed that both dissolved H2S and Fe2+ concentrations in Big Egg site were higher than those at JoCo in the spring season.

2-D distribution patterns of H2S and Fe2+ in marsh pore water were mapped in a late summer sampling in September 2015, and the results from are summarized in Figures 7, 8, respectively. H2S concentrations were almost non-detectable in the top 2 cm of marsh but started to significantly increase below this depth and reached maximum concentrations of 2–3 mM at about 10 cm at the JC1 and JC2 sites. H2S concentrations at sites of JC3, BE1, and BE2 were in the range of 1–1.5 mM below 8 cm which was smaller than that in JC1 and JC2, and no H2S was observed in the top 8 cm. At BE3, H2S was immediately elevated under marsh surface and increased to >2 mM H2S below 4 cm depth. Similarly to the 2-D H2S distributions obtained in the lab (Figures 3A, 4A), complicated and heterogeneous H2S distributions in the marsh can be seen associated with rhizospheres structures (Figures 7A, 8A). 2-D Fe2+ vertical distributions in all JoCo sites in summer showed very large variations and many “hot spots” and “cold spots” from the marsh surface down to 14 cm depth. Fe2+ concentrations at the hot spots may have reached as high as >200 μM (Figure 7C), but may have sharply dropped to non-detectable levels in cold spots. In general, the average Fe2+ concentrations in JoCo were smaller than those at the Big Egg sites, where Fe2+ showed a maximum zone from 0 to 4 cm, with concentrations of 50–200 μM, and sharp decreases to <50 μM or non-detectable below 4 cm (Figure 8C).

The pH, redox potentials (Eh) and salinity of the discrete pore water samples collected at 5, 10, 15, and 25 cm depth at the marsh sites during different seasons are summarized in Table 1. The pH values of all sites and seasons were mostly <7, and the vertical pH data showed slight increases with depth below 5 cm. No obvious pH seasonal variation was observed at all depths. However, the pH at JoCo was likely lower than pH of Big Egg at the same depth in the same season.


TABLE 1. Pore water pH, redox potential and salinity data obtained in situ in Big Egg and JoCo marshes, Jamaica Bay, NY.

[image: Table 1]Redox potential (Eh) obtained from each marsh site below 5 cm was negative. It decreased with depth at most sites and also showed a significant seasonal and spatial variation for both Big Egg and JoCo marsh sites. At JoCo, the Eh of summer and fall ranged from ∼−200 to ∼−350 mV, and it increased to −40 ∼−170 mV in spring. The Eh values at Big Egg were in the range of −12 to about −380 mV in summer and fall, but showed high spatial and temporal variance. In the spring season, the Eh values of Big Egg were in the range of −200 ∼−250 mV at all depth, but this was consistent with the high H2S values found in spring in this marsh (Figures 6A,B). The salinities of all sampling sites did not show obvious changes either with depth or season, ranging from 27 to 30.

The concentrations of Fe2+, total hydrogen sulfide (ΣH2S), phosphate and ammonium in pore water were also determined by traditional methods via “sipper” sample collection method at discrete depths of 5, 10, 15, and 25 cm. The results are summarized in Table 2. Fe2+ in pore water of JoCo and Big Egg were generally very low (<10 μM) and no obvious changes with depth except the spring data of JC2 which increased from 77 to 141 μM from 5 to 16 cm. The relative high Fe2+ concentration of JC2 in spring was also observed by the optical sensor (Figure 5C), but no spatial and seasonal variances of Fe2+ concentrations were observed by the traditional lab methods. ΣH2S measured in the fall and summer seasons was typically higher than in the spring season, and the average ΣH2S concentrations at the JoCo sites were higher than those at Big Egg. However, the BE sites showed much higher ΣH2S than JC in the spring season, which was consistent with the dissolved H2S level obtained by in situ sensing (Figures 5A, 6A). Ammonium concentrations also varied with season and location in Jamaica Bay. The NH4+ concentrations at sites in BE were as high as 100–900 μM in spring and summer, but decreased to <158 μM in fall. The NH4+ concentrations of JC in spring and summer were much lower than those of BE, but they were higher than BE in fall. Similar to ammonium, phosphate also showed relative higher concentrations at the site of BE, and the phosphate concentration sequence at different seasons were summer > spring > fall in both BE and JC sites.


TABLE 2. Pore water solute data obtained from Big Egg and JoCo marshes, Jamaica Bay, NY.

[image: Table 2]The solid phase organic carbon, total sulfur (S), CRS acid leaching Fe and degree of pyritization (DOP) at different sites and seasons are summarized in Table 3. Total sulfur concentrations in JC were slightly higher in fall season, but its distribution at BE2 was different from other sites and higher sulfur was observed in spring at BE2. CRS showed higher concentrations at each depth in the spring than that in summer. It was typically increased with depth but a decreasing pattern was found at site BE2. The distribution patterns of acid-leachable iron in JC and BE were also different– all three JoCo sites showed higher solid phase Fe in summer than in spring, but in contrast, Big Egg marsh had much higher solid phase Fe in spring than summer. CRS and acid leachable Fe in the fall season were not analyzed.


TABLE 3. Solid phase organic carbon, total sulfur, chromium reducible sulfide (CRS), acid leachable iron and degree of pyritization (DOP) in the marsh sediments of JoCo and Big Egg, Jamaica Bay, NY.
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DISCUSSION


Heterogeneities of Fe2+ and H2S Distributions in Salt Marsh Pore Water

Salt marshes are sites of intense biogeochemical reactions involving anoxic organic matter remineralization, which typically result in dramatic changes in the concentration of H+, Fe2+, H2S, and other pore water species in the upper layer of marsh sediments (Morse et al., 1987; Canfield et al., 1992; Brendel and Luther, 1995; Bull and Taillefert, 2001; Zhu and Aller, 2013; Yin et al., 2017; Koop-Jakobsen et al., 2018). Compositional changes of Fe2+ and H2S with depth in sediment pore water are usually assumed to occur in an overall average vertical progression. Significant heterogeneity and complex three dimensional reaction patterns over mm to cm scales can result, however, from bioturbation activity (Zhu and Aller, 2013; Yin et al., 2017). In salt marshes, the growth of wetland plants and oxygen transport through the aerenchyma lacunae of plants from aboveground sources to rhizosphere can also create a complicated thin layer of aerobic environment around roots through the radial oxygen loss (ROL) from roots (Armstrong, 1979; Howes and Teal, 1994; Colmer, 2003; Han et al., 2016; Koop-Jakobsen et al., 2018). Most of the selected study sites in Jamaica Bay are dominated by saltmarsh cordgrass S. alterniflora, in which the roots extensively intergrow into a dense network over at least the top 30 cm of the peat. Thus, it is expected that the 2-D distribution patterns of Fe2+ and H2S in marsh peat are influenced by the plant root growth patterns. We hypothesize that the oxygen transport through plant rhizosphere and the radial oxygen loss can generate a time-dependent 3-D distribution pattern of low level dissolved H2S and Fe2+ (cold-spots) associated with individual plant roots in marsh peat.

In order to test this hypothesis and study Fe2+ and H2S distributions and the associated biogeochemical processes in marsh peat with a high density of living plants, box cores made of clear acrylic plastic were collected from each site in October 2014 and the H2S sensor deployments were conducted in the laboratory so that the plant root features and sensor foil deployment position can be directly seen from side of the core. The 2-D H2S distribution measured by a reversible H2S fluorescence planar sensor was compared to the visible image of peat core (side view). The green color of the visual images (Figures 3A, 4A) was from the visual light source (white is not available in the image system used). The corresponding 2-D H2S images in Figures 3A, 4A (shown as pseudo-color, reflecting concentrations) revealed that the concentration distribution patterns were directly associated with the plant root structures in marsh peat. The H2S concentrations around the roots were <1 mM which was five times less than in the surrounding peat. The results in Figures 3A, 4A were measured in the laboratory in incubated box cores with aeration of overlying seawater for 24 h at room temperature without drainage, the changes of environmental conditions could alter oxygen transport and radial oxygen loss in marsh (Howes and Teal, 1994; Colmer, 2003), as well as H2S and Fe2+ distributions around the roots. In order to avoid these possible artifacts, the real-time 2-D H2S and Fe2+ distribution patterns in salt marshes were studied by deploying the irreversible H2S (Yin et al., 2017) and dissolved Fe2+ (Zhu and Aller, 2012) colorimetric planar sensors in situ at different seasons. The real-time data in Figures 5–8A,C showed that the distribution patterns of H2S and Fe2+ in sulfidic marsh pore water were significantly complicated by belowground radial oxygen loss from roots into the surrounding marsh peat. The oxygen leaked from the roots formed a thin oxic layer in which the dissolved H2S and Fe2+ were oxidized to sulfate and Fe-oxide (e.g., iron plaque), resulting in a thin zone of low levels of H2S and Fe2+ surrounding the roots in the sulfidic peat. Furthermore, oxygen and/or nitrate, rather than sulfate, served as the electron acceptors for organic matter remineralization in the thin oxic layers. Such an interface of oxic-anoxic sediment around the roots can be seen in both visible peat images and 2-D H2S images, indicating heterogeneous remineralization patterns. The low and/or undetectable spots/tracks (cold spots) of H2S and Fe2+ associated with root structures in Figures 3–8A,C was a direct evidence for our hypothesis, and the cold spots of H2S and Fe2+ surrounding individual roots became more pronounced (Figures 7, 8) when more oxygen transport and high oxygen leakage occurred in the summer season (Colmer, 2003; Soana and Bartoli, 2013).

H2S is a phytotoxin to marsh plants, with a the threshold that can be harmful to S. alterniflora of about 2 mM [see Kolker (2005) and references therein]. Long-term exposure of the marsh plants to high levels of H2S can cause plant die-off and marsh peat collapse. We noted that the average H2S levels at JoCo marsh could be >4 mM just below the marsh surface (Figures 4A,B) or in deep peat (Figure 7A, JC1) in the fall and summer seasons, but JoCo is considered as a “healthy” marsh and plants grow well. We hypothesize that the oxic layers formed around roots of S. alterniflora help the plants survive in the high levels of H2S by reducing sulfide absorption. We tested this hypothesis at the National Synchrotron Light Source-II (Brookhaven National Laboratory; Feng et al., 2018). We used the Hard X-ray Nanoprobe Beamline to obtain nanometer-scale measurements of trace elements in S. alterniflora root tissue. The results showed that when iron concentrations in pore water and root epidermis were high, the root epidermis showed lower concentrations of S and P even though sulfide and phosphate in the pore water were high in late summer (Feng et al., 2018). At the same time, pore water Fe was lower than in the spring sampling, but Fe in the root epidermis was high. This pattern is consistent with the roots producing an oxic microenvironment with oxygen transported into the peat through the roots, such that Fe2+ in the pore water is oxidized, producing iron “plaque” (i.e. FeOOH) on the root epidermis. This plaque prevents sulfide from entering the root tissue. Phosphate may also be excluded via adsorption onto the FeOOH or formation of an iron phosphate phase.

There are also many “hot spots” on the 2-D Fe2+ and H2S images, reflecting the heterogeneous distributions of labile organic matter and the microniches of exoenzymes and microbes on sediment particles (Cao et al., 2013). We also noted that large variation of H2S and/or Fe2+ distributions may occur in same site in duplicate in situ measurements over distances of <1 m between two deployed sensor sheets.

In addition to the microscale heterogeneities of Fe2+ and H2S distributions around plant roots, the 2-D H2S and Fe2+ images also showed clear vertically and laterally heterogeneous distribution patterns. Note that no infaunal burrows were found in the measurements, suggesting that bioturbation is not a factor in these sediments. H2S concentrations near the surface of the Big Egg sediment were relatively low but sharply increased below the water-sediment interface and reached maxima at ∼2 cm in the fall sampling at BE1 and BE3. The H2S levels at JoCo marsh were elevated to 4–6 mM just below the marsh surface (Figures 4A,B). It should be pointed out that the 2-D H2S distributions in the fall 2014 season (Figures 3A, 4A) were incubated and measured in laboratory with the box core incubation without water drainage, but in all other sampling seasons, the H2S measurements were performed in situ in the field. The real-time 2-D H2S distributions (Figures 5A, 6A, 7A, 8A) showed that H2S levels in top 4 cm were low even in the summer season, and gradually increased to higher concentrations at depth. The high H2S levels elevated just below the water-peat interface in Figure 3A (BE3) and Figure 4A (JC) were not found in the 2-D in situ measurements in the field. This phenomenon is likely caused by the pore water drainage in the marshes. The marshes of Jamaica Bay are periodically (tidally) submerged by seawater. An important pathway by which this water drains from marsh islands such as Big Egg and JoCo is vertically, and the two sites have distinctly different drainage velocities of 7.9 and 25.9 cm/d, respectively, as determined by Ra isotopes (Tamborski et al., 2017). Thus the concentrations of H2S (and other solutes) in marsh peat pore water result from a balance between the rates of biogeochemical processes that produce or consume them and drainage. In summer and fall seasons, higher H2S concentrations in JC marsh were produced due to the high sulfate-reduction bacteria activities and the relative high organic carbon concentration in this site (Table 3), but the more rapid drainage there produced high flow-through fluxes of H2S through the marsh peat (Tamborski et al., 2017). As well, the effects of roots on the 2-D H2S distribution patterns, are especially evident at JC in the summer, a time when marsh plant growth is dense and bacterial activity is high (Figure 7A).

2-D Fe2+ distributions were measured only by in situ sensor deployments, so visible images of the sensing marsh peat were not available. The spatially heterogeneous 2-D Fe2+ distributions also showed sharp vertical gradients that were closely correlated to the H2S vertical distributions, especially in the low drainage BE marsh peats. Fe2+ concentration sharply increased just below the water-sediment interface and reached Fe2+ maximum zone at 1–2 cm deep. At depths below which the reactive particulate Fe-oxide had been depleted, sulfate reduction dominated the metabolism, producing dissolved sulfide species (H2S, HS–, and S2–), and an increase of H2S with depth in pore water below the Fe2+ maximum zone (Bull and Taillefert, 2001; Jørgensen and Kasten, 2006; Johnston, 2011). The free sulfide subsequently scavenged the dissolved Fe2+ to form the reactive solid phase FeS, resulting in a Fe2+ maximum above the H2S maximum zone in pore water (Bull and Taillefert, 2001). FeS is unstable and converts to the more stable form pyrite (FeS2) by a variety of pathways (Howarth, 1979; Berner, 1984).

The in situ zonations of 2-D Fe2+ and H2S distributions in Figures 3–8 clearly showed this sequence: the maximum zones of Fe2+ were generally produced at 2–4 cm, and the H2S levels increased to maxima below 4 cm. The in situ heterogeneous 2-D Fe2+ and H2S distributions are useful for determining redox zonation and understanding the dominant biogeochemical processes occurring within the marsh peat. Both dissolved Fe2+ and H2S can be efficiently removed by FeS2 precipitation from pore water. When millimolar levels of H2S occurred in marsh pore water, the dissolved Fe2+ concentrations were generally <20 μM at the same depths. On the other hand, the high pore water concentrations of Fe2+ were linked to low H2S levels in all seasons. There were some Fe2+ “cold spots” co-distributed with low levels of H2S, as seen in Figures 7A,C. As noted above, these cold spots are likely produced in the oxic and suboxic layers around roots and caused by O2 transport down to the deep sediment through the rhizosphere. Unfortunately, H2S and Fe2+ concentrations could not be simultaneously measured by optical sensor in the present study. Fe2+ concentrations at JC and BE were in the range of 10–100 μM, which is typical of coastal marsh pore water. High levels of Fe2+ in pore water may be harmful to plants because it may co-precipitate or adsorb the nutrients ammonium and phosphate in the marsh, preventing their uptake by the roots.



Seasonal Variation of H2S and Fe2+ Distributions in Marsh Pore Water

H2S distributions in marsh pore water at all sites varied seasonally, generally with higher H2S levels in summer and fall, and lower or undetectable levels in spring (Table 2 and Figures 3–8). At the JoCo marsh sites, dissolved H2S in pore water was <0.02 mM found by sensors in the spring sensor deployments but it was elevated to as high as 3–6 mM in summer and fall at the same sampling sites. Thus was likely due to loadings of labile organic matter on the marshes produced in the summer in the eutrophic Bay, coupled with the temperature-dependent variation of the rate of microbial decomposition of organic matter. The discrete pore water samples showed the redox potential at JoCo from 5 to 15 cm was in the range of −41 to −200 mV in spring while it was lower, −180 to −350 mV, in summer and fall seasons, indicating less “reducing” environments in the marsh peat in the spring (Table 1). Our previous study showed that the exoenzymes and microbes in marine sediments have high activities in the summer and fall, but very low in winter and early spring (Cao et al., 2013). Thus, the temperature dependence of H2S distributions was a direct reflection of the change in sulfate-reduction microbial activity with temperature. However, data in Table 1 also showed a clear spatial heterogeneity of the redox potential at different marsh sites in the spring season. Relative lower redox potentials were found at Big Egg marsh sites in the spring compared to fall, the reason for this unusual phenomenon was not clear, but the stronger “reducing” conditions at BE resulted in high H2S levels in the late spring (April-May) (Figure 6A), and as a consequence, likely caused more plant die-off and marsh loss. H2S distributions at BE sites in winter and early spring were not measured.

Typically, the high concentration of H2S (or ΣH2S) in anaerobic salt marshes comes from the reduction of sulfate during organic matter decomposition, generating a decreasing redox potential with depth (Hambrick III, DeLaune and Patrick, 1980), and a complicated 3-D pattern associated with the roots of plants due to oxygen transport and radial oxygen loss through roots. The redox potential can be used as an indicator of the degree of oxidation of marsh peat. The results in Table 1 showed that the redox potentials of all sites generally decreased from 5 to 25 cm depth, but exhibited a clear seasonal variation. The redox potential in spring was much higher than that in summer and fall in JC, indicating the lower organic matter oxidation rate by sulfate in spring. The pH values of all sites and depths in summer and fall seasons are in the range of pH 6–7 with vague seasonal variations, implying that the intense oxidation of organic matter by various electron acceptors at warm temperature tend to buffer sediment pore water close to 6–7. Interestingly, the pH values of pore water at JC in spring are in the range of 5–6.5 which are lower than the pH values in other seasons. By integrating other geochemical parameters found at this site in spring, for example the high redox potentials (Table 1), extreme low total sulfide (Table 2) and non-detectable (<0.02 mM) dissolved H2S (Figure 5A), we conclude that the rate of organic matter decomposition in JC in late spring (April–May) is still high, but oxidants with high redox potentials (such as O2, nitrate, and Mn/Fe-oxides), rather than sulfate, dominate the redox reactions with organic matter at JC. This might be attributed to the healthy and high-density biomass of S. alterniflora and fast pore water drainage velocity in JC. The intertidal nature and fast drainage of the JC salt marsh could result in surface gas exchange playing a more important role in the sediment oxygen transports than in low drainage marshes like BE, resulting in a relatively higher redox potential in JC than BE in the spring season.

Fe2+ concentrations in marsh pore water also show seasonal changes (Table 2 and Figures 3C–8C), but the seasonal changes are not very significant compared to the H2S distribution variations, partially due to the low Fe2+ concentrations in the marsh pore water. But, the distribution patterns of Fe2+ are closely associated with H2S distribution patterns in marsh pore water, as discussed above. It seems that Fe2+ concentrations in pore water at most sites of JoCo and Big Egg were relatively high in summer than in spring and fall.

The seasonal variation of H2S and Fe2+ in marsh pore water should also be tightly linked to the plant life cycle. The previous studies have shown that the temporal changes in belowground biogeochemical processes, such as oxygen leakages from roots, sulfate reduction, sulfide oxidation, Fe2+ oxidation and precipitation etc., were well correlated with the changes in plant physiology (Hines et al., 1989; Soana and Bartoli, 2013; LaFond-Hudson et al., 2018). We did not measure directly the oxygen leakage from roots in this study, but the microscale “cold spots” of H2S and Fe2+ in the 2-D distribution patterns associated with individual roots (Figures 3–8A,C) clearly indicated radial oxygen loss from roots. In the spring season, low temperatures decreased oxygen consumption in plant rhizosphere by slowing respiration in roots (Armstrong, 1979), resulting in more “excess” oxygen leakage into surrounding marsh peat and the increase of redox potential in sediment. This could be another possible explanation as to why the redox potential in JC marsh is higher in spring than other seasons (Table 1). In the summer season, dissolved organic matter could be released from the roots during active growth of S. alterniflora and rapidly enhance the sulfate reduction rate (Hines et al., 1989). We believe that any additional dissolved organic matter released from roots would also fuel the rate of Fe-oxide reduction, resulting in a relative high dissolved Fe2+ in marsh pore water (Figures 7C, 8C). As a consequence, more active FeS was formed and accumulated in summer season in JC (Table 3).



Interaction of H2S and Fe2+ as Seen in the Solid Phase: Degree of Pyritization

The precipitation of the solid phases FeS and FeS2 (pyrite) as a result of elevated concentrations of H2S and Fe2+ in the pore water effectively removes H2S from solution, and is thus a geochemical means of controlling H2S concentrations (Howarth, 1979; Berner, 1984). The pore water data described in sections “Heterogeneities of Fe2+ and H2S Distributions in Salt Marsh Pore Water” and “Seasonal Variation of H2S and Fe2+ Distributions in Marsh Pore Water” are essentially snapshots of conditions at the time of sampling. The composition of the solid phase can integrate the redox reactions occurring in the sediments over longer periods. We measured fractions of the solid phase S and Fe pools in the peat at all the sites (Table 3). For sulfur, the important pools include Acid Volatile Sulfide (AVS), CRS, and Total Sulfur. AVS is a measure of FeS-associated sulfur, CRS of the pyrite-associated sulfur and total S of the AVS, CRS, and all other forms, including organosulfur compounds. For iron, we measured a fraction termed “reactive” Fe, i.e. that obtained by a 1 N HCl cold leach of the dried sediment. This procedure extracts the portion of Fe that is diagenetically mobile and readily able to react with sulfide to produce the iron sulfide phases. Our prior experience in JoCo (Cochran et al., 2013) suggests that AVS < CRS ≤ Total S. The AVS pool is labile and converts to pyrite, which is a longer term sink for Fe and especially S in the marsh peat. In effect, the formation of pyrite removes dissolved sulfide from the pore water and stores it, lowering the exposure of the plants to this phytotoxin. The solid phase measurements enable calculation of a parameter termed the “Degree of Pyritization” (DOP), that is, the degree to which reactive Fe in the solid phase is associated with pyrite and is thus unable to further remove dissolved sulfide from pore water. DOP is defined as:
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where Fepyrite is calculated as CRS/2 (i.e. one mole of Fe per two moles of S in FeS2), and Fereactive is the acid leachable Fe. Table 3 gives the solid phase DOP results.

The results in Table 3 show that the total sulfur at JoCo is generally higher than that at Big Egg, but the CRS-sulfur concentrations are comparable at these two sites and the fraction of CRS in the total sulfur pool is much smaller in JoCo. To the extent that total sulfur includes diagenetically produced organosulfur compounds and sulfur associated with the marsh plants, this difference can be explainable by the higher organic content of the marsh sediments at JoCo. Both total sulfur and CRS-sulfur show vertical variations at different depths from surface to deep marsh peat, but the pattern at each site is not consistent even in the same season, implying significant heterogeneities of both organosulfur and pyrite-associated sulfur in the solid marsh peat, probably caused by the plant growth. Similar to dissolved H2S and Fe2+ in pore water, the total sulfur, CRS-sulfur and acid leachable Fe in the peat also show seasonal differences between the summer 2015 and spring 2016 samplings. These reflect the redox cycling of the various pools of Fe and S over the year.

The DOP at JoCo is higher than that at Big Egg. Indeed, the DOP values at JoCo can approach 1, indicating that 100% of the reactive iron is associated with pyrite. These high values suggest that the biogeochemical control of pore water H2S via FeS2 precipitation is close to a limit and that high sulfide but low Fe2+ concentrations in the pore water can be expected, as observed.



Time Series of ΣH2S in JoCo and Big Egg Marshes: 2014–2016

Our group has studied Jamaica Bay marshes since 2004 (Cochran et al., 2013, 2018). In particular, we have pore water ΣH2S concentrations measured by “sipper” at the two marshes studied here. All samples were taken in the upper 25–30 cm and analyzed for ΣH2S as described above. Analytical techniques were the same throughout and thus the values are comparable within and between the marshes. However, although sampling sites were in the same general area of each marsh, they were not identical over time. In addition, not all marsh sites were sampled in each year. The record of sampling includes: Big Egg- 2004/05, 2014-2016; JoCo- 2005-2007, 2014-2016. These time series of samples permit us to examine changes in the average concentration of ΣH2S in pore water of the marsh peat in a depth zone in which root density is high and the plants can be considered susceptible to exposure to elevated levels of his phytotoxin. To do this, we calculated the average ΣH2S value of the pore water analyses from sippers deployed from ∼5 to 30 cm. Generally, 4–5 sample depths were involved (e.g., 5, 10, 15, and 25 cm). All sites sampled in each marsh at a given time were averaged to produce a single ΣH2S value, presumed to be representative of that marsh at that time. The results are shown in Figure 9, and the patterns in each marsh are as follows:


[image: image]

FIGURE 9. Temporal variation of average total dissolved inorganic sulfide (ΣH2S) in pore water of JoCo and Big Egg salt marsh at Jamaica Bay. BE1 is the restored marsh, BE2 and BE3 are the unrestored marsh. Data were averaged from ΣH2S concentrations measured on samples taken at 4–5 discrete depths from 5 to 30 cm. Vertical lines demote 1σ uncertainties of the mean of several sites sampled in each marsh from 2014 to 2016.


Big Egg: a portion of this marsh (BE1) was restored in 2003 by spraying sandy sediment from the adjacent subtidal bottom onto the marsh surface (Frame et al., 2006). The unrestored portion of the marsh was sampled in 2004/05 and again in our recent sampling. We also sampled the restored portion of the marsh in the present study (BE1). The effects of the sediment spray are well documented in the 210Pb profile in the core taken in this area of the marsh (Cochran et al., 2018; data not shown). Concentrations of ΣH2S in the unrestored portion of the marsh are as high as 3.5–4 mM in the summer and are quite similar between 2004/05 and 2014-16, with comparable values in comparable seasons (Figure 9). Samples from the restored portion of the marsh appear to have lower ΣH2S in the pore water, and the offset is especially clear in the fall 2014, and spring 2015 and 2016 samplings.

JoCo: JoCo presents a conundrum in that it is considered a “healthy” marsh in Jamaica Bay, yet over the period 2005–2016, average ΣH2S levels were >2 mM in summer and fall, 2006 and summer, 2015 and exceeded 4 mM in fall, 2005 and 2014. Offsetting these high concentrations is the fact that levels of ΣH2S were low (<0.5 mM) at other sampling times, including in the spring, summer and fall, 2007, and were exceptionally low (∼0 mM) in spring, 2015 and 2016. Several factors controlling ΣH2S are likely in play at JoCo. The large variations in ΣH2S from sampling to sampling may in part be due to the fact that most of the reactive iron in the JoCo peat is associated with FeS2 and is thus not able to readily react with H2S produced via sulfate reduction. Secondly, although temperature is a strong control on bacterial activity and hence the production of H2S, there is no clear relationship between mean air temperature during the month or week of sampling and mean pore water ΣH2S (data not shown). As noted above, drainage rates in JoCo are the fastest seen of the marshes examined in this study (Tamborski et al., 2017). These rates may vary with time as a function of tides (neap vs. spring) and season (warm vs. cold; variation in precipitation). It is possible that at least the portion of JoCo studied is at or near a “tripping point” for degradation.



CONCLUSION

Pore water H2S and Fe2+ distributions were measured at Big Egg and JoCo marshes in Jamaica Bay using in situ optical sensors that produced 2-D images of concentrations. Both H2S and Fe2+ distributions showed significant vertical and horizontal heterogeneities, as well as seasonal variations. The complicated 2-D distribution patterns associated with the effects of roots (e.g., oxygen transport) were also revealed. The sensor measurements were generally in good agreement with the dissolved H2S values obtained from discrete pore water samples (calculated from ΣH2S and pH). However, the dissolved Fe2+ data obtained from the discrete pore water samples were somewhat less than those from in situ sensor measurements. In particular, the traditional discrete method missed the Fe2+ maximum zones and spatial resolution of Fe2+ in the marsh pore water. The H2S concentrations measured by in situ sensors at JoCo and Big Egg were elevated (2–6 mM) in late summer and early fall, but show a clear seasonal difference. The elevated H2S levels were higher than the threshold at which adverse effects on marsh plants may occur (∼2 mM). On the other hand, oxic zones formed around roots likely protect the plants from absorbing H2S in an extreme sulfidic environment. Dissolved Fe2+ concentrations in pore water measured with sensors at Big Egg and JoCo are generally low, largely due to the removal by pyrizitation. The data of solid phase S and Fe at Big Egg and JoCo showed that significant amounts (>50%) of diagenetically reactive Fe were associated with the pyrite and thus not readily able to react as pore water H2S increases. Indeed, at JoCo, virtually all of the reactive Fe was associated with pyrite in the spring, 2016 sampling, suggesting that the negative feedback on pore water H2S concentrations associated with the coupled Fe and S redox cycles is weak and that the ability of Fe to control pore water sulfide through pyrite formation is limited there.

The present study, together with those conducted by our group since 2004, has permitted us to document the pore water geochemistry of the Big Egg and JoCo. The large change is seen in the significant reduction of the phytotoxin H2S in the pore water in the restored portion of Big Egg marsh, while the unrestored portions there continue to display high pore water H2S, especially in summer samplings. At JoCo, sampling in fall, 2005, and summer and fall, 2006 showed high (2–4 mM) average values of H2S in the pore water. In contrast values in spring, summer and fall, 2007 were <0.5 mM. The recent sampling in 2014-16 shows strong seasonality, with high values in fall, 2014 (>4 mM) and summer, 2015, but low values (<0.2 mM) in the two spring samplings (2015, 2016). Although the marsh plants at JoCo are exposed to occasional high levels of H2S that might be considered toxic, the marsh is relatively elevated compared with mean sea level, and drainage through the marsh peat is more rapid at JoCo than at Big Egg. This may help explain why JoCo continues to be a “healthy” marsh. Relatively healthy marshes such as JoCo should especially be the subject of continued monitoring, for both geochemical and biological parameters.
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Here we present the carbon isotopic composition of dissolved inorganic carbon (DIC) and the sulfur isotopic composition of sulfate, along with changes in sulfate concentrations, of the pore fluid collected from a series of sediment cores located along a depth transect on the Iberian Margin. We use these data to explore the coupling of microbial sulfate reduction (MSR) to organic carbon oxidation in the uppermost (up to nine meters) sediment. We argue that the combined use of the carbon and sulfur isotopic composition, of DIC and sulfate respectively, in sedimentary pore fluids, viewed through a δ13CDIC vs. δ34SSO4 cross plot, reveals significant insight into the nature of carbon-sulfur coupling in marine sedimentary pore fluids on continental margins. Our data show systemic changes in the carbon and sulfur isotopic composition of DIC and sulfate (respectively) where, at all sites, the carbon isotopic composition of the DIC decreases before the sulfur isotopic composition of sulfate increases. We compare our results to global data and show that this behavior persists over a range of sediment types, locations and water depths. We use a reactive-transport model to show how changes in the amount of DIC in seawater, the carbon isotopic composition of organic matter, the amount of organic carbon oxidation by early diagenetic reactions, and the presence and source of methane influence the carbon and sulfur isotopic composition of sedimentary pore fluids and the shape of the δ13CDIC vs. δ34SSO4 cross plot. The δ13C of the DIC released during sulfate reduction and sulfate-driven anaerobic oxidation of methane is a major control on the minimum δ13CDIC value in the δ13CDIC vs. δ34SSO4 cross plot, with the δ13C of the organic carbon being important during both MSR and combined sulfate reduction, sulfate-driven AOM and methanogenesis.
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INTRODUCTION

Organic carbon oxidation in marine sediments is a key process in the global carbon and oxygen cycles as it mitigates the burial of reduced forms of carbon (Froelich et al., 1979; Berner, 1989; Kump and Arthur, 1999; Diester-Haass et al., 2009; Kump et al., 2011). When oxygen is present, this organic carbon remineralization is dominated by aerobic respiration. However, the depth of penetration of oxygen in marine sediments is limited, particularly on the continental shelf where the delivery of organic carbon is high (Froelich et al., 1979; Tromp et al., 1995; D’Hondt et al., 2015). In the absence of oxygen, anaerobic remineralization of organic carbon continues for many hundreds of meters below the sediment-water interface provided there are suitable alternative electron acceptors present (Froelich et al., 1979; Kasten et al., 2003). This anaerobic remineralization of organic carbon is important because when these electron acceptors are depleted, any remaining organically-derived material may be converted into methane through methanogenesis (Claypool and Kaplan, 1974; Whiticar and Faber, 1986; Whiticar, 1999; Sivan et al., 2007). Thus, exploring the controls on the remineralization of organic carbon is vital to resolving the carbon budget in dynamic sedimentary systems along continental margins.

The study of the subsurface anaerobic oxidation of organic carbon, which in the modern ocean is dominated by microbial sulfate reduction (MSR), is often achieved through the analysis of the chemistry of pore fluids, the fluids trapped between the grains of sediment on the ocean floor (Froelich et al., 1979; Berner, 1980; Kasten et al., 2003). These pore fluids chemically evolve from seawater as a function of the chemical reactions occurring below the seafloor and the rate of transport via diffusion of solutes and advection of fluids through the sediments (Berner, 1978; Froelich et al., 1979; Boudreau, 1997). Many studies have attempted to quantify the rate of anaerobic remineralization of organic carbon through numerical modeling of the concentration gradients within pore fluids using the diffusion coefficient of an ion of interest, the sediment porosity and the rate at which the concentration changes with depth (Berner, 1980; Boudreau, 1997; Sivan et al., 2007; Arndt et al., 2009; Wehrmann et al., 2011). One of the challenges of this approach is that the majority of the existing pore fluid data comes from the International Ocean Drilling Programs where the top meter of sediment is disturbed or not sampled. This top meter, sometimes called the sedimentary boundary layer, is often the most dynamic part of the sediment column and is the portion of sediment that is in direct contact with the overlying ocean (Sayles, 1979, 1981; Sun et al., 2016). Far fewer studies have been able to analyze the geochemistry of both the boundary layer and the underlying sediment to understand how processes that are happening in the uppermost sediment may—or may not—link to the better-studied processes occurring deeper within the sediment pile. Previous studies into carbonate recrystallization at ODP Sites, for example, have often failed to capture a significant proportion of the change in the calcium isotope ratio of pore fluids due to the lack of sampling resolution in the uppermost part of the sediment (Fantle and DePaolo, 2007; Fantle, 2015).

An important class of geochemical measurements that offers insight into the subsurface remineralization of organic carbon is the light stable isotope ratios in various dissolved ions in the sediment pore fluid. Organic carbon that reaches the sediment-water interface is enriched in the lighter 12C isotope relative to seawater DIC and when this organic carbon is oxidized, the carbon isotopic composition of the dissolved inorganic carbon (DIC) in the pore fluid is lowered, reflecting the addition of 12C-enriched DIC to the pore fluid (McCorkle et al., 1985; Meister et al., 2019). When organic carbon is converted into methane, the lighter 12C isotope preferentially ends up in the methane, producing methane with a very low δ13C and leaving the residual DIC enriched in the heavier 13C isotope. In the case of MSR, 32S is preferentially reduced, leaving the 34S behind; therefore, as sulfate concentrations are depleted in sedimentary pore fluids, the sulfur isotopic composition of the remaining sulfate increases (Berner, 1989; Canfield et al., 1993; Kasten and Jørgensen, 2000). Ultimately, the 32S ends up in the product sulfide, and, when iron is present, possibly in the mineralized form, pyrite (Berner, 1989; Algeo et al., 2015). Oxygen isotopes in sulfate are also fractionated in a similar fashion to sulfur isotopes, where the lighter 16O is preferentially reduced leaving the heavy 18O behind (Brunner et al., 2005; Turchyn et al., 2006). Oxygen isotopes in sulfate are affected by an additional isotope equilibrium process with water, which may lead to the oxygen isotopic composition of the sulfate increasing faster than would be predicted for a unidirectional, kinetic isotope effect alone (Wortmann et al., 2007). The relative increase in the sulfur and oxygen isotopic composition of sulfate during MSR has been shown to relate to the rate of MSR (Wortmann et al., 2007; Antler et al., 2013, 2014). In this case, a fast increase in δ18O of sulfate relative to its δ34S suggests there is a high rate of back-reaction and equilibration of oxygen isotopes in intermediate-valence-state-sulfur species with water, and thus a slower overall rate of MSR (Antler et al., 2013, 2014). Two other processes impact the sulfur isotope fractionation observed in sediments, the disproportionation of external sulfur intermediates and microbial sulfide oxidation, and the observed sulfur isotopic composition of sulfate may be due to a combination of all three processes (Jørgensen et al., 2019b; Pellerin et al., 2019). It is, in general, not possible to differentiate between sulfate reduction and sulfur disproportionation with only 34S and 32S measurements, although the measurement of other sulfur isotopes (such as 33S) provides greater insight into the oxidative sulfur cycle (Johnston et al., 2005; Bradley et al., 2016; Jørgensen et al., 2019b).

Both the carbon and sulfur isotopic composition of sedimentary pore fluid DIC and sulfate, respectively, have been used, independently, to resolve questions in the deep biosphere and with the sedimentary oxidation or mineralization of carbon. In particular, the carbon isotopic composition of pore fluid DIC has been utilized to investigate the depth distribution of methane production (methanogenesis) and methane oxidation (methanotrophy) in sediments (Sivan et al., 2007; Meister et al., 2019). Similarly, the sulfur isotopic composition of pore fluid sulfate measured in sedimentary pore fluids has been used to explore the depth distribution of MSR and its coupling to methane oxidation (Jørgensen and Kasten, 2006; Wortmann et al., 2007; Sela-Adler et al., 2017; Jørgensen et al., 2019a). These studies have helped elucidate the redox changes to carbon and sulfur within sedimentary systems, but many questions remain. For example, there is still uncertainty about the proportion of sulfate that is consumed through anaerobic oxidation of methane (AOM) vs. through organic-matter driven MSR when both processes are occurring (Sivan et al., 2007; Egger et al., 2018). Understanding precisely how carbon and sulfur are coupled within marine sediments may be better achieved by directly comparing measurements of δ13CDIC and δ34SSO4. This would have implications for our understanding of the cycling of carbon, particularly in the uppermost part of the sediment. MSR generates more DIC per mole of electron acceptor reduced than the microbial metal reduction processes such as iron and manganese reduction which should dominate in the uppermost sediment as they are energetically more favorable electron acceptors (Froelich et al., 1979). When MSR does occur in the uppermost sediment, this influences our understanding of the sources and sinks of alkalinity and DIC (Sayles, 1979, 1981).

In 2013, a site survey cruise (JC089) aboard the RRS James Cook took a series of surface multicores and longer piston cores along a depth transect on the southwestern Iberian Margin (Hodell et al., 2014). A Megacorer was used to collect multi-cores for pore fluid chemical analyses at each site, with emphasis on high-resolution (cm-scale) pore fluid geochemistry in the upper meter of sediment. Station JC089-06 is at the same location as IODP Site U1385 where deeper cores were recovered to 155.9 mbsf during IODP Leg 339 in December 2011–January 2012.

In this paper we present high resolution pore fluid geochemical and isotopic composition from the cores recovered on Cruise JC089 (Table 1). Specifically, we use the sulfur and oxygen isotopic composition of sulfate, along with changes in the concentration of sulfate, and the carbon isotopic composition of DIC to explore the oxidation of organic carbon along the Iberian continental margin, from shallow water depths (628 mbsl) to the abyssal plain (4,672 mbsl). The data are evaluated using a reactive transport model to constrain the underlying processes governing the oxidation of organic carbon and how they manifest as changes in shallow pore fluids. We propose that using δ13CDIC vs. δ34SSO4 cross plot reveals significant information about the nature of carbon-sulfur coupling in marine sedimentary pore fluids on continental margins.


TABLE 1. Sampling locations, method of coring and water depth.
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MATERIALS AND METHODS


Analytical Methods

Interstitial waters were extracted from up to three multi-cores at each station, using Rhizon samplers spaced at 1 cm intervals through sealed ports in the multicores. Rhizons and syringes were acid cleaned using 3 M HCl followed by 1.5 M HNO3 and an overnight soak in high purity deionized water. Pore fluids were extracted from sub-cores of box cores at three sites and from piston cores collected at six sites on board ship. Piston cores were sampled using Rhizon samplers spaced at 20 cm intervals, while the sub-cores of box cores were sampled using Rhizon samplers spaced at 1 cm intervals. In situ micro-sensor oxygen concentration measurements were performed shipboard and calibrated using oxygen solubilities at the measured salinities and temperature according to the Unisense Gas tables (Garcia and Gordon, 1992; Skinner et al., 2019). A two-point calibration was performed using oxygen concentrations from the overlying water and in the anoxic part of the sediment. Alkalinity was measured on board (not presented here).

One milliliter aliquots of the pore fluid collected during cruise JC089 were separated from samples taken at five mega core sites (Sites 4, 5, 6, 9, and 11) and two of the piston cores (Sites 5 and 11). To the pore fluid aliquot, 1 mL of barium chloride solution was added to precipitate the aqueous sulfate as barite (BaSO4). This barite was subsequently cleaned with 6 N HCl and three times with deionized water before being dried down to be weighed for isotope analysis. Sulfur isotope ratios in this barite were analyzed through combustion in a Flash Element Analyzer (Flash EA) coupled by continuous flow to a Delta Advantage mass spectrometer at the University of Cambridge in the Godwin Laboratory for Paleoclimate Research. Samples were run in sets of ∼20 bracketed by NBS 127 (δ34S = 21.1‰) and are reported relative to the international standard VCDT. The 1σ standard deviation of the bracketing standards is used as the standard deviation for the samples in a particular run, although blind duplicates were also run at the end of each column to check the measured δ34S value. The analytical precision on these runs was 0.2‰.

Oxygen isotope ratios in sulfate were analyzed through pyrolysis in a Temperature Conversion Element Analyzer (TC/EA) coupled by continuous helium flow to a Delta Advantage mass spectrometer. Barite for oxygen isotope analysis was run in triplicate and the average and standard deviation of the triplicate analyses are presented. Samples were bracketed by NBS 127 (δ18OSO4 = 8.6‰) and an internal standard to correct for measurement drift and analytical error. The analytical precision on these runs was usually better than 0.5‰.

Carbon isotope ratios in the DIC were analyzed using a ThermoScientific GasBench II equipped with a CTC Analytics CombiPAL autosampler coupled to a Thermo Finnigan Delta V Mass Spectrometer. Three or four drops of orthophosphoric acid (100%) were preloaded into a reaction vial, which was capped, sealed and the headspace flushed with Helium gas. Approximately 1.5 ml of sample water was injected into the vial through the butyl rubber septa using a syringe and left to react for 1 h. The sample tubes were transferred to the GasBench and CTC CombiPal Autosampler and the resulting CO2 in the head space analyzed using a Thermo Delta V Mass Spectrometer. A series of standards and reference samples distributed throughout the run were used to calibrate to the international standard VPDB. Results have a reproducibility of better than ± 0.1‰.

Sulfate concentrations were measured using ion chromatography on a Thermo Scientific Dionex ICS 5000+ HPIC, with an IonPac AS18 column using potassium hydroxide (31 mM KOH) as the eluent. Samples were diluted 10-fold in ultrapure MilliQ water and calibrated using 2.5–15% IAPSO standard seawater also diluted in ultrapure MilliQ water. Standard calibrations were run at the beginning and end of each measurement run, as well as a smaller subset of standards that were measured every 20 samples to calculate reproducibility and assess any drift in the measured concentrations. The error on repeated measurements of the standard was <2% for all ions.



Modeling Methods


Sulfate Reduction in CrunchTope

To explore the relative changes in pore fluid δ13CDIC and δ34SSO4, we utilize the multi-component numerical reactive transport software CrunchTope (Druhan et al., 2013, 2014; Steefel et al., 2015). We use CrunchTope to simulate contemporaneous advection, diffusion and chemical reactions over a 10 m pore fluid column with a coexisting solid phase with a seawater Dirichlet upper boundary condition, and a Neumann or dC/dx = 0 lower boundary condition. The porosity is fixed at 0.8, with a constant sediment burial modeled using equal burial and fluid flow rate terms of 11 cm/year, approximately equal to the average burial rate at Site 6—IODP Site U1385 (Hodell et al., 2013). The diffusivity was calculated from a molecular diffusion coefficient of 9.19 × 10–6 cm2/s and the porosity of the sediment column (Huber et al., 2017) and was the same for all species. The system is run from the initial conditions listed in Supplementary Table 1 and allowed to run until the fluid concentrations and isotopic composition are no longer changing with time, which is assumed to be steady state. CrunchTope is open-source software, and the input and database files for our model can be found within the Supplementary Material, along with the initial conditions (Supplementary Table 1) and equilibrium constants used (Supplementary Table 2). The goal is to use this isotope-enabled reactive transport model to explore the contemporaneous evolution of δ13CDIC and δ34SSO4 in surface sediments undergoing MSR.

Microbial sulfate reduction is modeled with formaldehyde (CH2O) representing the bulk composition of organic matter (Meister, 2013, 2014; Meister et al., 2019):

[image: image]

Microbial sulfate reduction is modeled as a catabolic Monod Biomass reaction, using a dual-Monod equation relating the growth rate (r; mol/kg H2O/year) to the abundance of electron donor/acceptor (Hubbard et al., 2014), which in this case are formaldehyde (CH2O) and sulfate (SO42–):
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Where μ (mol/kg H2O/year) is the maximum specific growth rate of the microorganism, [eX] is the concentration of the electron donor/acceptor and K (mol/kg H2O) is the half-saturation constant of the electron donor/acceptor. In order to track two isotope systems (carbon and sulfur) during sulfate reduction, each isotopologue is written as a separate aqueous kinetic reaction (Table 2), with the relative difference in the rate constants (μ) controlling the isotopic fractionation. The sulfur isotope fractionation during sulfate reduction is varied within the different model runs discussed below, while there is assumed to be no partitioning of carbon isotopes during sulfate reduction following experimental work (Londry and Des Marais, 2003).


TABLE 2. The isotopologue-specific aqueous reactions required to track the carbon and sulfur isotopic composition of DIC and sulfate (respectively) during sulfate reduction.
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The modeling of a second isotope system (δ13C) exerts a minor effect on the relative isotope fractionation displayed by the first isotope system (δ34S), as the rate of each of the aqueous reactions is controlled by a Monod biomass equation which is sensitive to the limiting concentrations of both organic carbon and sulfate. This is verified by modeling just the sulfur isotopic composition, without tracking the carbon isotope composition in the pore fluid, then both the sulfur and carbon isotopic composition with the same initial concentrations of organic carbon and sulfate (Figure 1A). This shows that by modeling just one isotope system vs. two isotope systems, the impact on the resulting relative isotope fractionation for both carbon and sulfur isotope ratios in the pore fluid is nearly identical. As the rate for each of the individual aqueous reactions is controlled by the concentrations of the isotopologues of organic carbon and sulfate within the pore fluid, the minor-minor isotope reaction (Table 2, D) will proceed exceptionally slowly. However, our modeling shows that it is essential this reaction is included (Figure 1B) as without the minor-minor reaction the modeled pore fluids differ in their isotopic evolution. Additionally, if the minor-minor reaction were not included two reactions would consume 12C, whereas only one reaction would consume 13C. In order to model no carbon isotope fractionation during sulfate reduction, as detailed above, we must therefore include all of the isotopologue reactions. It is possible that adding a third or fourth isotope system following the same approach would eventually remove the need for tracking the most minor-minor isotope reactions, as their impact on the modeled isotope composition decreases significantly with each additional isotope system.
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FIGURE 1. Panel (A) shows the minimal impact that simultaneously modeling the carbon and sulfur isotope systems in CrunchTope has on the sulfur isotopic composition of sulfate during microbial sulfate reduction. Panel (B) displays the importance of modeling all combinations of the isotope specific aqueous reactions including the minor-minor isotopologue reaction.




Aerobic Respiration in CrunchTope

The aerobic respiration of formaldehyde is also modeled using the dual Monod equation described above with the following stoichiometry:

[image: image]



Methanogenesis and Methanotrophy in CrunchTope

In order to investigate the impact that methanogenesis and methanotrophy can have on the cross plot of δ13CDIC vs. δ34SSO4, we add both reactions into the CrunchTope model described above. The controls on the δ13C of the DIC during methanogenesis and methanotrophy have recently been comprehensively reviewed by Meister et al. (2019). Methane production can be modeled with an initial breakdown of complex organic molecules generating hydrogen (Equation 4), which is then consumed during hydrogenotrophic methanogenesis (Equation 5; Claypool and Kaplan, 1974).
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Here, the formation of methane enriched in 12C from CO2 (Equation 5) drives the residual DIC pool to become enriched in 13C. Hydrogenotrophic methanogenesis has been suggested to account for the majority of microbial methanogenesis in marine sediments, with acetoclastic methanogenesis dominating in freshwater environments (Claypool and Kaplan, 1974; Martens and Berner, 1974; Barnes and Goldberg, 1976; Whiticar and Faber, 1986; Whiticar, 1999; Sivan et al., 2007). The two stages of methanogenesis (Equations 4, 5) are also modeled using Monod equations, with the initial stage of methanogenesis requiring a single Monod equation and the final stage of methanogenesis a dual Monod equation.

The carbon isotope fractionation associated with hydrogenotrophic methanogenesis is >55‰ (Whiticar, 1999), and is significantly larger than the carbon isotope fractionation during the initial oxidation of organic matter, which is thought to be relatively insignificant (Meister et al., 2019). As CO2_(aq) is found as both a product and a reactant in hydrogenotrophic methanogenesis (Equation 5), it is important to consider the effect that carbon isotope equilibrium during carbonate speciation can have on the carbon isotope composition of the various DIC species (Zhang et al., 1995). Carbon isotope equilibrium among the DIC species has recently been demonstrated in CrunchTope (Druhan et al., 2020) and we take the same modeling approach in this study.

Methanotrophy is modeled as sulfate-driven anaerobic oxidation of methane (AOM; Equation 6):
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Previous studies have shown that during the anaerobic oxidation of methane there is a substantial carbon isotope fractionation between −38 and −12% (Holler et al., 2009), where the residual methane is enriched in 13C. In the natural environment, this increase in δ13C of methane during methane oxidation hasn’t been readily observed, which has been suggested to be due to carbon isotope exchange between methane and CO2_(aq) during AOM (Horita, 2001; Yoshinaga et al., 2014; Meister et al., 2019). This is implemented into CrunchTope as an equilibrium exchange reaction with an equilibrium fractionation factor of αeq = 0.93 (Equation 7; Horita, 2001; Meister et al., 2019).
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The reaction scheme stoichiometry and rate constants of the model are given in Table 3.


TABLE 3. The isotopologue-specific aqueous reactions required to track the carbon and sulfur isotopic composition of DIC and sulfate (respectively) during AOM and methanogenesis.
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RESULTS

At all five studied sites, the pore fluid sulfate concentrations decrease with depth while the pore fluid sulfate δ34S and δ18O values increase with depth (Figure 2). We note that pore fluid δ34SSO4 and δ18OSO4 increase fastest with sediment depth at Site 9 (2,323 mbsl) and slowest at the deepest water site, Site 5 (4,672 mbsl). However, the change in the sulfur and oxygen isotopic composition of sulfate as a function of the change in the sulfate concentrations is nearly identical at all sites (Figure 3). Over the five sites there is a similar increase in δ34SSO4 vs. δ18OSO4; as mentioned above this slope has been linked to the overall cell-specific rate of MSR, suggesting a similar rate in sediments across the Iberian margin. It appears that the oxygen isotopic composition of sulfate may increase slightly faster than the sulfur isotopic composition of sulfate at Site 11 (Figure 4A). At one of the sites with piston core data (Site 9; 2,323 mbsl) we note that the cross plot of δ34SSO4 vs. δ18OSO4 (Figure 4A) comes out of the apparent linear phase, where the sulfur and oxygen isotopic compositions covary, and into the equilibration phase, where δ18OSO4 has reset through oxygen isotope equilibrium with water intracellularly and does not change further as the δ34SSO4 values continue to increase (Antler et al., 2014; Antler and Pellerin, 2018; Fotherby et al., 2021).
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FIGURE 2. The sulfate concentrations from two piston and three multi cores (A,B), sulfur and oxygen isotopic composition of sulfate (C–F) and carbon isotopic composition of the DIC (G,H). Panels (A,C,E,G) display measurements over the entire depth range of the piston cores, whereas panels (B,D,F,H) display the same measurements over 40 cm below seafloor (cmbsf).
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FIGURE 3. The increase in the sulfur (A) and oxygen (B) isotopic composition of sulfate as a function of the decrease in pore fluid sulfate concentrations.
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FIGURE 4. Panel (A) displays the relative change in the sulfur and oxygen isotopic composition of pore fluid sulfate at all five sites. The change in the sulfur (B) and oxygen (C) isotopic composition of sulfate vs. the change in the carbon isotopic composition of dissolved inorganic carbon.


The carbon isotope composition of the DIC decreases with depth as expected from the oxidation of organic carbon and the return of 12C-rich carbon to the DIC pool (Figures 2G,H). It has recently been shown that outgassing of CO2-enriched pore fluids during Rhizon sampling can have a minor impact on measured δ13CDIC, so measured δ13CDIC may be slightly enriched in 13C relative to the original pore fluid values (Steiner et al., 2018). We note that when we plot δ13CDIC vs. δ34SSO4 that δ13CDIC decreases to −6‰ at all sites before there is an increase in δ34SSO4, and there is a similar trend displayed in δ13CDIC vs. δ18OSO4 (Figures 4B,C).



DISCUSSION

Our data show a systematic correlation between the carbon isotopic composition of DIC and sulfur and oxygen isotopic composition in sulfate (Figure 4). We suggest that much of this relationship may be intrinsically linked to pore fluid MSR, as this is the major process which oxidizes organic carbon in modern marine sediment (Jørgensen et al., 2019b). The δ13C value of organic matter deposited in sediment varies between −20 and −30‰, enriched in the 12C isotope due to carbon isotope fractionation during photosynthesis (Hollander and McKenzie, 1991; Lehmann et al., 2002). During oxidation of organic matter, there is little carbon isotope fractionation (0–2‰; Londry and Des Marais, 2003). Therefore, during organic carbon oxidation δ13CDIC will decrease toward that of the organic matter independent of the electron acceptor used during the microbial reaction. During MSR as δ13CDIC trends toward the carbon isotopic composition of organic matter, δ34S value of the residual sulfate will increase due to the distillation of the 32S into the product sulfide. We initially hypothesize that the initial decrease in δ13CDIC with a relatively small change in the sulfur isotopic composition of pore fluids sulfate could be due to the oxidation of organic carbon using electron acceptors other than sulfate, before the onset of MSR and the anticipated covariation between δ13CDIC and δ34SSO4. Although there is a range of depositional conditions across the Iberian Margin, including varying sedimentary organic carbon content, the similarity of the correlation between δ13CDIC and δ34SSO4 is remarkably consistent apart from at Site 5 (Figure 4B), demonstrating that the cross plot of δ13CDIC vs. δ34SSO4 allows resolution of fundamental processes without much of the added complications of length-scales.


Rayleigh Fractionation Subject to Transport

The two long piston cores, Site 5 and Site 9, have a large difference in the apparent sulfur isotope fractionation as evidenced by the change in δ34SSO4; often when using the change in the isotopic composition of pore fluid to resolve the sulfur isotope fractionation factor during MSR, Rayleigh distillation is used (Rudnicki et al., 2001; Breukelen and Prommer, 2008). When the apparent sulfur isotope fractionation is calculated using this simple closed-system Rayleigh fractionation approach, significantly different sulfur isotope fractionation factors are calculated for Site 5 and Site 9 (Figure 5A; Site 5 at −44.5‰ and Site 9 at −32‰). We compare this calculation using Rayleigh distillation with the sulfur isotope fractionation factors calculated using CrunchTope. The modeling approach described above is used, and the forward model of sulfate reduction as well as sediment burial and fluid transport accurately reproduce the measured sulfur isotope variations in both cores when the sulfate reduction rates are matched by controlling the sulfate reduction rate constant (μSR; mol/mol-CH2O/year) and all other parameters are held constant. In order to fit the sulfate concentration profiles, the sulfate reduction rate constant (μSR) is lower at Site 5 (μSR = 4,200) than at Site 9 (μSR = 10,200). As Site 5 is located in much deeper water than Site 9 (4,672 mbsl relative to 2,323 mbsl), the difference in sulfate reduction rates is most likely due to the lower flux of organic carbon to the sediment in deeper water. The sulfur isotope fractionation (34ε) is kept consistent for each model run (–45‰). With the higher sulfate reduction rate at Site 9, diffusion of seawater from the top of the column has a more significant impact on the apparent or observed sulfur isotope fractionation, whereas the lower rate of sulfate reduction at Site 5 lowers the impact that diffusion has on the apparent evolution of the sulfur isotopic composition of the pore fluid. Similarly, increasing the diffusion coefficient, or increasing the porosity of the system, will have the same directional impact as decreasing the rate of sulfate reduction, as the slope of the sulfate concentration-sulfur isotope plot is related to the balance of sulfate reduction and diffusion of sulfate within the pore fluid. Isotope-specific diffusion effects are not included for the different isotopologues during sulfate reduction as it has been previously shown that the impact of isotope-specific diffusion coefficients during microbially mediated sulfate reduction is considerably smaller than the error associated with the determination of the fractionation factor (Wortmann and Chernyavsky, 2011). The assumption of a consistent diffusion coefficient for 12C and 13C for both HCO3– and CO32– has been previously used given the hydration of the molecules by a significant number of water molecules, which means the impact of 13C on the effective size of the molecule is very small (Zeebe et al., 1999).
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FIGURE 5. Panel (A) displays the change in sulfur isotopic composition of sulfate for modeled Rayleigh fractionation lines for 34ε of –44.5 and –32‰ (dashed lines) compared to the measured data. Panels (B,C) display the change in sulfur isotopic composition of sulfate relative to the sulfate concentration and the sulfate concentrations relative to sediment depth, respectively using CrunchTope, with a constant 34ε of –45‰.


The key finding is that the same sulfur isotope fractionation factor can explain the pore fluid sulfur isotope data when a full reactive transport model is used (Figure 5B). This demonstrates the limitations of modeling pore fluid data assuming closed-system Rayleigh fractionation, and highlights the importance of using reactive transport modeling, especially in the upper part of the sediment column where diffusive exchange with the overlying seawater is critically important. We also note that the sulfate concentration mismatch between the model and the data in the upper part of the sediment column (Figure 5C) suggests that the site may not be in steady state, which has previously been observed nearby at Site U1385 (Turchyn et al., 2016). However, when the sulfate concentration and δ34SSO4 profiles are compared in Figure 5B it can be seen that the sulfur isotope fractionation is similar throughout the sediment column.



Aerobic Respiration vs. Microbial Sulfate Reduction

Aerobic respiration, the breakdown of organic matter using dissolved oxygen as the electron acceptor, produces the largest free energy change of all of the oxidation reactions (Equation 3; Froelich et al., 1979). Aerobic respiration will persist in the water column and sediment as deep as oxygen can diffuse before it is fully depleted; therefore, in most continental margins, aerobic respiration will continue to, at, and below the sediment-water interface. As aerobic respiration involves release of the 12C-enriched organic carbon, but does not impact δ34SSO4, the relative evolution of the sulfur and carbon cross plot (Figure 4B) may be flagging the dynamics of aerobic respiration before the onset of MSR. To evaluate this effect, we compare a model of sulfate reduction (with no aerobic respiration—black line) to a model with both sulfate reduction and aerobic respiration (colored lines—viewed in a cross plot of δ13CDIC vs. δ34SSO4; Figure 6). Our results suggest that the addition of aerobic respiration to a sediment column should cause a small, but noticeable, shift in the carbon isotopic composition of the DIC before the change in δ34SSO4 at the onset of MSR (Figure 6A). Changing the rate of aerobic respiration to reproduce the differences in the dissolved oxygen concentration profiles observed at these five sites (Figure 6B) has no significant impact on the evolution in the cross plot of δ13CDIC vs. δ34SSO4, with all five colored lines appearing identical (Figure 6A). We note that δ13CDIC varies before δ34SSO4 even when there is no aerobic respiration, only MSR, due to the low initial concentration of DIC in seawater (∼2.5 mM) relative to the initial concentration of sulfate in seawater (28 mM). This means that small additions of DIC with a lower δ13C value (–20‰ vs. ∼0‰ in seawater) have a larger immediate observed geochemical effect than the removal of sulfate through MSR even with the large sulfur isotope fractionation. Furthermore, during MSR there is the release of two mole of DIC during the reduction of one mole of sulfate (Equation 1). The combination of these two factors causes a rapid decrease in δ13CDIC relative to the slower increase in δ34SSO4, the shape of which can be further augmented by the release of 12C-enriched DIC during aerobic respiration.
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FIGURE 6. Panel (A) displays the change in sulfur isotopic composition of sulfate vs. the change in carbon isotopic composition of the DIC, while panel (B) displays the measured dissolved oxygen concentrations over the upper 20 cm of the five sites. In both panels the lines represent model runs for varying rates of aerobic respiration, with a constant rate of sulfate reduction, ranging from no aerobic respiration (black solid line) to aerobic respiration depleting the oxygen in the upper 5 cmbsf (green dashed line).


In some of the sites studied, however, there is a slightly larger initial decrease in δ13CDIC relative to the increase in δ34SSO4 than predicted by the model that just includes aerobic respiration and MSR (Figure 6A). This hints that the cross plot of δ13CDIC vs. δ34SSO4 may contain additional information, allowing us to explore other chemical reactions such as iron or manganese reduction that in theory should occur before MSR. We explore the deviation from the model (Figure 6A) by performing a sensitivity analysis, varying δ13COrgC, initial (DIC), and the sulfur isotope fractionation factor to investigate how these variables cause deviations in the cross plot of δ13CDIC vs. δ34SSO4 in a sedimentary system where aerobic respiration and MSR are occurring (Figure 7). Our model suggests that changes in all three variables alter the sulfur/carbon isotope cross plot in similar, but slightly different, ways. Increasing the sulfur isotope fractionation factor or the boundary layer concentration of DIC produces a slower change in δ13CDIC relative to δ34SSO4 (Figures 7C–F). However, this does not imply that our data suggest that there are different sulfur isotope fractionation factors among these sites, as a higher or lower sulfur isotope fractionation factor needs to also be consistent with the change in the pore fluid sulfate concentration (Figure 7F). We note that a change in the δ13C value of the organic carbon impacts the minimum carbon isotope composition of the pore fluid DIC as δ13CDIC approaches the δ13C value of the organic carbon.
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FIGURE 7. The sulfur and carbon isotopic composition for the model with varying carbon isotope composition of the organic carbon [δ13COrgC; (A,B)], initial dissolved inorganic carbon concentrations [(DIC); (C,D)] and sulfur isotope fractionation during sulfate reduction [34ε; (E,F)] compared with the measured pore fluid values for the five sites. In panels (B,D) all five simulations are plotted; the lines are identical.




The Impact of Anaerobic Oxidation of Methane and Methanogenesis on the Sulfur/Carbon Cross Plot

We combine data from a wider compilation of sediment cores where both sulfur and carbon isotope compositions for pore fluids have been reported (Figure 8; Sivan et al., 2007; Antler et al., 2013, 2014, 2015; Rubin-Blum et al., 2014). Consistent with the sites from JC089, this global compilation shows rapidly decreasing δ13CDIC before a significant increase in δ34SSO4 is seen. The range in the minimum δ13CDIC value observed in the cross plot of δ13CDIC vs. δ34SSO4 can be matched by modeling a range of δ13COrgC values from −60 to −5‰. The site with the least-negative minimum in δ13CDIC is ODP Site 1086, which is located off the coast of South Africa (Diester-Haass et al., 2004). The sediment at ODP Site 1086 is carbonate-rich with low organic carbon content, which causes a very low rate of sulfate reduction, with sulfate concentration reaching zero around 180 mbsf (Bradbury and Turchyn, 2018). The recrystallization of carbonate minerals, which is occurring at this site (Bradbury and Turchyn, 2018), releases carbon from the calcium carbonate with a δ13C value of approximately 0‰, which also will raise the minimum δ13CDIC value. The overprinting of the isotopic signature of the microbial oxidation of organic carbon with carbonate recrystallization is only apparent in locations with very low rates of organic carbon burial and MSR such as ODP Site 1086 and Site 5 from the JC089 cruise.
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FIGURE 8. The sulfur and carbon isotopic composition for the sites in this paper with a wider range of sites from the literature (Sivan et al., 2007; Antler et al., 2013, 2014, 2015; Rubin-Blum et al., 2014).


While the carbon isotope composition of organic carbon may vary between −20‰ and −30‰ depending on the type of organic carbon being respired, it is exceptionally unlikely to become as low as −60‰ as needed to explain some of the lowest data in Figure 8 (Meyers, 1994; Galimov, 2006). In order to explain the lowest δ13CDIC values, methane oxidation needs to be invoked. Here we consider the impact on the cross plot of δ13CDIC vs. δ34SSO4 of the presence of methane at some depth within the sediment column. At several of the sites shown in Figure 8, there is methane below the sampled section—for example at IODP Site U1385, which drilled deeper into these sediments at Site 6, there is an upward flux of methane (Turchyn et al., 2016). Below these shallowmost sediments, sulfate concentrations in the pore fluid could be decreasing to a sulfate-methane transition zone, a sharp interval where sulfate concentrations go to zero and methane, supplied by diffusion from sediments below, is oxidized via the anaerobic oxidation of methane coupled to MSR (sulfate-driven AOM). Sulfate-driven AOM will have a similar impact on δ34SSO4 as organic-matter driven MSR, but dramatically change δ13CDIC. When methane is oxidized in the sulfate-methane transition zone through sulfate-driven AOM, it returns its 12C-enriched CO2_(aq) back to the pore fluid (Whiticar and Faber, 1986; Whiticar, 1999; Sivan et al., 2007; Meister et al., 2019). A pore fluid profile of δ13CDIC where methanogenesis and methanotrophy are both occurring will contain a rapid decrease from the sediment-water interface to the depth of methanotrophy where δ13CDIC can be as low as −35‰ (Bradbury and Turchyn, 2019; Meister et al., 2019). Below the zone of methanotrophy, in the zone of methanogenesis, δ13CDIC increases rapidly and can reach as high as +10 to +20‰ (Bradbury and Turchyn, 2019; Meister et al., 2019).

When MSR, sulfate-driven AOM and methanogenesis are combined, our model shows that the net effect of all three processes causes the minimum δ13CDIC value to approach δ13COrgC, similar to previous studies (Meister et al., 2019). When the sulfate-methane transition zone (SMTZ) gets close to the sediment-water interface, however, the minimum δ13CDIC value is no longer as negative, due to the diffusion of 13C-enriched DIC from the zone of methanogenesis and the overlying seawater and the loss of the 12C-enriched methane into seawater. In order for δ13CDIC to be significantly lower than δ13COrgC, the methane must be diffusing from a deeper zone, or a different source, which leads to the release of 12C-enriched DIC into the pore fluid without the local effects of methanogenesis on δ13CDIC. This effect is displayed by creating a simulation with methane being pumped in from the base of the column with a δ13C value of −75‰. In order to minimize the impact of pumping methane-enriched fluid in at the base of the column on fluid flow during sediment burial, a fluid containing 10 mM of methane was pumped in. Two different rates were tested (3E-6 and 6E-6 kg H2O/s) and we verified that such low values had no impact on the velocity profile of fluid flow given sediment burial rates but allowed methane to diffuse up through the column. We can visualize the impact that the flux of methane from the base of the column has compared to higher rates of methanogenesis in Figure 9. When there is no methanogenesis and the highest flux of methane, the minimum in δ13CDIC reaches −55‰, with a corresponding δ34SSO4 of around 42‰. If there is no methanogenesis or methane flux, the δ34SSO4 value increases to the maximum δ34SSO4 possible during sulfate reduction, as the minimum in δ13CDIC will occur at the base of the sulfate reduction zone. Finally, if there is both methanogenesis and a flux of methane from below, the minimum δ13CDIC value becomes less negative with an increasing rate of methanogenesis while the corresponding δ34SSO4 value becomes less positive (Figure 9).
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FIGURE 9. Contour plots displaying the impact of the rate of methanogenesis and methane flux on the minimum δ13C value (A) and the associated δ34S value (B).




Summary—How to Interpret a Sulfur/Carbon Isotope Cross Plot

We propose that the cross plot of δ13CDIC vs. δ34SSO4 holds significant information about the nature of carbon-sulfur coupling in marine sedimentary pore fluids on continental margins. The major controls on the initial decrease in δ13CDIC relative to δ34S are related to the early microbial diagenetic reactions as well as to the amount and δ13C of seawater DIC, which can be visualized in the upper left of the sulfur/carbon isotope cross plot, with lower DIC and greater intensity or number of early diagenetic reactions causing a larger decrease in δ13CDIC before δ34SSO4 increases. The carbon isotopic composition of the DIC released from the oxidation of organic matter is a major control on the minimum δ13CDIC value in the sulfur/carbon isotope cross plot, with δ13C of the organic carbon being important during both MSR and combined sulfate reduction, sulfate-driven AOM and methanogenesis. When MSR, sulfate-driven AOM and methanogenesis are occurring in the sediment column the minimum δ13CDIC value is variable, but the overall trend will generally fit within the shaded area in Figure 10. In order for the minimum δ13CDIC value to be below the shaded area, sulfate-driven AOM must occur with a source of methane external to the measured sedimentary pore fluids, with the relative amount of methane coming from in situ methanogenesis vs. an external flux of methane (as well as δ13CCH4) controlling the absolute minimum δ13CDIC value and associated δ34SSO4. Finally, in order for the minimum δ13CDIC value to be significantly higher than the δ13COrgC there must be the release of carbon within the sedimentary system which is not enriched in 12C. We suggest this is occurring at Site 5 and ODP Site 1086, where carbon released during carbonate recrystallization causes the minimum δ13CDIC value to be around −5‰ (Figure 10).
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FIGURE 10. The sulfur and carbon isotopic composition of sulfate and DIC, respectively, for the sites in this paper and a range of literature sites (Sivan et al., 2007; Antler et al., 2013, 2014, 2015; Rubin-Blum et al., 2014). The isotopic compositions of the sites are overlaid by a schematic of the main controls on the sulfur/carbon isotope cross plot and the inset axis contains a schematic for the major controls on the upper left part of the profiles.
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Low oxygen conditions in the modern Baltic Sea are exacerbated by human activities; however, anoxic conditions also prevailed naturally over the Holocene. Few studies have characterized the specific paleoredox conditions (manganous, ferruginous, euxinic) and their frequency in southern Baltic sub-basins during these ancient events. Here, we apply a suite of isotope systems (Fe, Mo, S) and associated elemental proxies (e.g., Fe speciation, Mn) to specifically define water column redox regimes through the Baltic Holocene in a sill-proximal to sill-distal transect (Lille Belt, Bornholm Basin, Landsort Deep) using samples collected during the Integrated Ocean Drilling Program Expedition 347. At the sill-proximal Lille Belt, there is evidence for anoxic manganous/ferruginous conditions for most of the cored interval following the transition from the Ancylus Lake to Littorina Sea but with no clear excursion to more reducing or euxinic conditions associated with the Holocene Thermal Maximum (HTM) or Medieval Climate Anomaly (MCA) events. At the sill-distal southern sub-basin, Bornholm Basin, a combination of Fe speciation, pore water Fe, and solid phase Mo concentration and isotope data point to manganous/ferruginous conditions during the Ancylus Lake-to-Littorina Sea transition and HTM but with only brief excursions to intermittently or weakly euxinic conditions during this interval. At the western Baltic Proper sub-basin, Landsort Deep, new Fe and S isotope data bolster previous Mo isotope records and Fe speciation evidence for two distinct anoxic periods but also suggest that sulfide accumulation beyond transient levels was largely restricted to the sediment-water interface. Ultimately, the combined data from all three locations indicate that Fe enrichments typically indicative of euxinia may be best explained by Fe deposition as oxides following events likely analogous to the periodic incursions of oxygenated North Sea waters observed today, with subsequent pyrite formation in sulfidic pore waters. Additionally, the Mo isotope data from multiple Baltic Sea southern basins argue against restricted and widespread euxinic conditions, as has been demonstrated in the Baltic Proper and Bothnian Sea during the HTM or MCA. Instead, similar to today, each past Baltic anoxic event is characterized by redox conditions that become progressively more reducing with increasing distance from the sill.

Keywords: Baltic Sea, paleoredox, diagenesis, molybdenum isotopes, iron isotopes, sulfur isotopes, IODP Expedition 347


INTRODUCTION

Bottom water oxygen availability in the Baltic Sea is regulated by a combination of warming temperature, eutrophication, salinity stratification, and controls related to basin morphology (Carstensen et al., 2014). Among these, increased nutrient input from land and associated cyanobacterial blooms are most prominently responsible for the tenfold increase in the seafloor area of Baltic low oxygen/anoxic bottom waters observed over the last century, while it has only been over the last 20 years that increased respiration resulting from anthropogenic warming is observable (Carstensen et al., 2014). Importantly, however, even in the absence of anthropogenic factors, salinity gradients and temporal variation from combined natural climate change, unique circulation patterns, and hydrography prime the Baltic Sea for the development of low oxygen bottom waters (Mohrholz et al., 2015). The Baltic Sea is silled at the Danish straits (Figures 1A,B), forcing freshwater output from runoff and saline input from the North Sea through the same location. This restriction supports the development of a strong halocline—limiting physical mixing between surface and bottom waters and thus limiting bottom water renewal to lateral advection. Such restricted and stratified conditions are particularly prone to the development of oxygen-depleted bottom waters (Figures 1C–E red lines), as is observed in other silled basins including the Black Sea, Cariaco Basin, Framvaren Fjord, and Saanich Inlet. Like these other restricted basins, the modern Baltic water column is reducing enough within some sub-basins to permit the accumulation of hydrogen sulfide—a water column redox state referred to as euxinia (Carstensen et al., 2014; Noordmann et al., 2014). Euxinia precludes the presence of animals and results in strong sequestration of a suite of redox-sensitive metals (for example, Mo and Fe) (Algeo and Lyons, 2006; Lyons and Severmann, 2006; Scott and Lyons, 2012).
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FIGURE 1. (A) Map showing relevant drilling localities from IODP Expedition 347 and other locations discussed in the text. (B) Bathymetry from transect shown in panel (A) (dashed line). Panels (C–E) represent the mean monthly (1980–2010) bottom water salinity and oxygen concentrations at Lille Belt, Bornholm Basin, Landsort Deep, respectively, from the Baltic Environmental Database of the Baltic Nest Institute, Stockholm University, specifically from stations 450, BY5, and BY31. The red and blue lines represent dissolved oxygen and salinity, respectively.


The Baltic is unique relative to other modern anoxic settings such as the Black Sea, as the halocline is highly dynamic, with gradients in the spatial ranges, timescales, and depths of salinity fluctuation along transects moving away from the sill (Figures 1C–E blue lines). Baltic Sea salinity gradients and short-term oscillations are largely a function of isolated climatic events known as Major Baltic Inflows (MBIs). During these events, saline and oxygen-rich marine waters from the North Sea are introduced into the Baltic beneath the halocline (Carstensen et al., 2014). The MBIs are both barotropic and baroclinic events in which wind and air pressure cause a sea level difference between the Kattegat and Arkona Basin on opposing sides of the sill (Figure 1), forcing temporary net inflow of North Sea saline and oxygenated water into the Baltic (Franck et al., 1987; Matthäus, 2006; Mohrholz et al., 2015). Depending on the spatial scale of the MBI and the season of occurrence, most of Baltic Sea can become temporarily oxygenated. This extreme can lead to the oxidation of redox-sensitive chemical species accumulated in the formerly anoxic bottom waters (e.g., Mn(II), Fe(II), H2S), while simultaneously introducing saline water that maintains the halocline and resulting stratification responsible for the return to and long-term maintenance of anoxic bottom waters (Huckriede and Meischner, 1996; Dellwig et al., 2010, 2018; Scholz et al., 2018; Hermans et al., 2019; Ni et al., 2020; van de Velde et al., 2020). Ultimately, halocline stability and frequency of bottom water renewal act to regulate the maximum reducing potential of bottom waters within individual Baltic sub-basins, resulting in an increased spatial gradient in the occurrence of euxinia and stable anoxic conditions more generally with increasing distance from the sill (Figures 1C–E red lines).

The Baltic Basin has undergone a complex evolution since the last glacial maximum, resulting in multiple transitions between freshwater and brackish and naturally occurring ancient anoxic events. Immediately following the last glacial maximum (∼22 ka), melting from the Scandinavian ice sheet formed an ice lake in the Baltic Basin, which eventually underwent a permanent switch to a brackish basin following global sea level rise and resulting connection to the open ocean—the Ancylus Lake-to-Littorina Sea transition—at approximately 8.5 ka (Andrén et al., 2011). Following this transition and associated halocline formation, two major pre-anthropogenic Baltic anoxic periods are known through sedimentary laminations and geochemical signatures (Manheim, 1961; Suess, 1979; Sohlenius, 1996; Sohlenius et al., 1996, 2001; Sternbeck and Sohlenius, 1997; Lepland and Stevens, 1998; Sohlenius and Westman, 1998; Zillén et al., 2008; Mort et al., 2010; Jilbert and Slomp, 2013; Jilbert et al., 2015; Lenz et al., 2015b; Hardisty et al., 2016; Dijkstra et al., 2018a, b; Groeneveld et al., 2018; van Helmond et al., 2018). These events roughly overlap with the Holocene Thermal Maximum (HTM) (8–4 ka) and Medieval Climate Anomaly (MCA) (1.2–0.8 ka) and co-occur with the widespread enhanced deposition of organic matter in many sub-basins (Zillén et al., 2008).

Recent studies of paleoredox conditions for individual sub-basins during these intervals stress that, like today, specific paleoredox regimes have differed among the sub-basins during penecontemporaneous low oxygen events. Further, paleoredox regimes differed among temporally distinct anoxic events within the same sub-basin. For instance, in the currently well-oxygenated Bothnian Sea, paleoredox records provide evidence for relatively stable euxinia during the HTM, while indicating well-oxygenated water column conditions during the MCA (Jilbert et al., 2015; Dijkstra et al., 2018b). In the Landsort Deep, a currently semi-permanently euxinic basin, paleoredox records provide evidence for euxinic conditions during the MCA and HTM (Dijkstra et al., 2016; Hardisty et al., 2016). Paleo-proxy data specific to well-defined paleoredox regimes and anoxic timescales relevant to the modern redox states are relatively sparse from southern Baltic sub-basins, which elevates the importance of this study.

The redox conditions of modern and ancient basins can be quantified by determining the accumulation of reduced products indicative of the main metabolic processes within a specific zone (e.g., Mn, Fe, or S reduction) (Froelich et al., 1979; Canfield and Thamdrup, 2009). Here, we apply Mo, Mn, Fe, and S geochemistry to define the degree to which reduced Mn (manganous) versus Fe (ferruginous) versus S (euxinic) acted as primary redox buffers in the water column—a sequence representing progressively more reducing conditions. We specifically focus on the ancient water columns of southern Baltic sub-basins Lille Belt, Bornholm Basin, and Landsort Deep. These sub-basins form a sill-proximal to sill-distal transect (Figure 1). We use cores from Integrated Ocean Drilling Program (IODP) Expedition 347 and combined sedimentology; trace element concentrations and Fe speciation; Mo, S, and Fe isotopes; and pore water geochemistry to constrain the specific paleoredox regimes. Our records are combined with previously published data from the Baltic and Bothnian Seas to reconstruct spatiotemporal redox conditions across the Baltic Holocene.



BACKGROUND


Paleoredox Proxy Geochemistry

Ratios of total Fe-to-aluminum (FeT/Al) and “highly reactive” Fe-to-total Fe (FeHR/FeT) are related proxies for determining paleo-water column redox, highlighting oxic, ferruginous (Fe-rich), and euxinic conditions (Raiswell et al., 2018). “Highly reactive” Fe represents operationally defined Fe-bearing minerals that are reactive toward hydrogen sulfide on short diagenetic timescales to form Fe sulfides, as well as any Fe sulfides that have formed (Canfield and Berner, 1987; Canfield, 1989; Canfield et al., 1992, 1996; Raiswell and Canfield, 1998; Poulton and Canfield, 2005). Comparisons of FeT/Al and FeHR/FeT ratios among sediments from the stable euxinic Black Sea and other similar settings relative to oxic continental margin and deep ocean sediments indicate that “highly reactive” Fe is enriched relative to typical detrital fluxes under anoxic conditions through a process coined the “Fe shuttle” (Canfield et al., 1996; Raiswell and Canfield, 1998; Lyons et al., 2003; Lyons and Severmann, 2006). Detrital values for FeHR/FeT are typically <0.38 in oxic settings (Raiswell and Canfield, 1998). The detrital FeT/Al in the Baltic has been specifically calibrated as <0.65 (Fehr et al., 2008). Values clearly above these thresholds represent paleo-anoxic water columns. Pyrite-to-“highly reactive” ratios (Fepy/FeHR) greater than ∼0.7 in settings with independent indications of anoxia indicate that the majority of the “highly reactive” Fe has formed pyrite, which often results from syngenetic pyrite formation in the water column under euxinic conditions (Canfield et al., 1996; Lyons, 1997; Wijsman et al., 2001b; Lyons and Severmann, 2006; Poulton and Canfield, 2011). Importantly, when FeT/Al and FeHR/FeT are not enriched, ratios of Fepy/FeHR are a proxy for sulfide accumulation in ancient pore waters (Sperling et al., 2015; Hardisty et al., 2018).

Molybdenum cycling can be applied to fingerprint ancient euxinic conditions—but also Fe and Mn cycling. Molybdate is the dominant dissolved Mo species in oxic seawater and is largely sourced from rivers, with a typical concentration near 104 nM in normal oxic marine waters (Miller et al., 2011; Neubert et al., 2011), but with values near ∼20 nM in the brackish Baltic Sea (Noordmann et al., 2014). The largest Mo sink in modern seawater is sorption to Mn and Fe oxides, which deliver molybdate to the sediments until burial and dissolution of the oxides during anoxic diagenesis (Bertine and Turekian, 1973; Krishnaswami, 1976; Kashiwabara et al., 2009). If sulfide is present at appreciable levels, molybdate will convert to tetrathiomolybdate and other polysulfide species (Erickson and Helz, 2000; Dahl et al., 2013; Azrieli-Tal et al., 2014), which are efficiently buried in association with organic matter and sulfides (Erickson and Helz, 2000; Algeo and Lyons, 2006; Dahl et al., 2013, 2017; Azrieli-Tal et al., 2014; Wagner et al., 2017; Vorlicek et al., 2018; Ardakani et al., 2020). This process is favored by relatively high levels of dissolved sulfide. Sediments underlying euxinic waters have elevated Mo concentrations, typically >25 ppm if not much larger (Scott and Lyons, 2012). Lower sedimentary Mo concentrations, but elevated relative to average continental crust of <2 ppm can occur under conditions where sulfide accumulates in pore waters (Taylor and McLennan, 1995; Neubert et al., 2008; Nägler et al., 2011; Scott and Lyons, 2012; Hardisty et al., 2018). Muted enrichments are also a signature of elevated sedimentation rates even under euxinic conditions (Lyons and Kashgarian, 2005; Morford et al., 2009; Hardisty et al., 2018) and in restricted euxinic basins where the sedimentary Mo removal flux outpaces the marine supply (Algeo and Lyons, 2006).

The modern Gotland and Landsort Deep water columns have Mo isotope values of 2.22–2.49‰ (Noordmann et al., 2014), which is similar to that of open ocean seawater (∼2.3‰; Siebert et al., 2003). In stable and restricted euxinic settings with total sulfide concentrations beyond ∼100 μM (e.g., the Black Sea) near-quantitative scavenging of water column Mo in the presence of this ample free sulfide results in sedimentary Mo isotope signatures that mirror that of seawater (Barling et al., 2001; Siebert et al., 2003; Arnold et al., 2004; Neubert et al., 2008; Nägler et al., 2011; Noordmann et al., 2014). Under conditions with unstable euxinia and/or total sulfide concentrations <100 μM, such as the modern Landsort and Gotland Deeps, Mo concentrations are often still elevated relative to oxic settings, but a negative Mo isotope fractionation linked to incomplete conversion of molybdate to tetrathiomolybdate of up to ∼3‰ is captured in the sediments (Tossell, 2005; Neubert et al., 2008; Nägler et al., 2011; Azrieli-Tal et al., 2014; Noordmann et al., 2014). Importantly, however, sorption of Mo to Mn and Fe oxides also exerts negative Mo isotope fractionation relative to seawater as large as 2.9‰ (Barling et al., 2001; Wasylenki et al., 2008) and 2.2‰ (Goldberg et al., 2009), respectively. Smaller negative Mo isotope fractionations near −1.0‰ have also been demonstrated during assimilation and adsorption to organic matter (Zerkle et al., 2011; Kowalski et al., 2013).




MATERIALS AND METHODS


Sample Collection

Coring details, sedimentological, and paleontological descriptions for each site have been summarized previously (Andrén et al., 2015a, b, c). Samples from M0059C,E and M0065C (locations and water depth shown in Figure 1) were collected and sealed in N2-flushed bags onboard the ship immediately following core recovery and stored frozen prior to analysis—minimizing oxidation of redox sensitive Fe minerals important for this study. Cores from M0059A,B,D and M0065A,B were capped and sealed immediately following retrieval and stored at 4°C prior to sample collection, which occurred 4–5 months later at MARUM in Bremen, Germany. Sediments were analyzed at the University of California, Riverside and Yale University. As described below, we used exclusively fresh material for analysis, scraping and discarding any oxidized sediments.

At M0065, due to potential mustard gas contamination, the upper 2 m of the sediments were not collected and hence the cores from the Bornholm Basin do not clearly capture the MCA. In the absence of age constraints, the broad peak and associated sub-peaks in total organic carbon (TOC) at this site are interpreted to reflect the HTM.



Geochemical Methods


Lille Belt and Bornholm Basin Sediments

Splits of freshly thawed sample were used for the sequential extraction of iron monosulfide phases or acid volatile sulfide (AVS) (mainly iron monosulfides, FeS) (Berner et al., 1979; Chanton and Martens, 1985; Morse and Cornwell, 1987; Lyons, 1997; Hurtgen et al., 1999) and chromium reducible sulfur (CRS) (mainly pyrite, FeS2) (Canfield and Berner, 1987). The CRS and AVS concentrations were measured via the methylene blue method using a spectrophotometer at wavelength of 660 nm (Cline, 1969). The AVS and CRS fractions were not determined in sequence, thus the pyritic sulfur was determined by subtracting the AVS from CRS, which was then used to calculate the associated Fe concentrations (FeAVS and Fepy) using the stoichiometries FeS and FeS2, respectively.

A modified chemical extraction method was applied for characterization of distinctive operationally defined “highly reactive” Fe pools: ascorbate (Feasc), dithionite (Fedith), oxalate (Feox), and Na-acetate (FeNaAc)—representing labile Fe-oxides, crystalline Fe-oxides, magnetite, and Fe-carbonate, respectively (Kostka and Luther, 1994; Raiswell et al., 1994, 2010; Poulton and Canfield, 2005). Using the same procedure as Hardisty et al. (2016), care was taken during the extractions to prevent artificial inflation of Fe-oxide phases via oxidation of Fe-sulfides or modifications associated with powdering (Raiswell et al., 1994, 2010). Specifically, (1) samples were collected, sealed in bags with N2 headspace, and immediately frozen onboard IODP 347; (2) only fresh and frozen samples were used for the Fe extractions; (2) samples were not powdered; (3) sample exposure time to the atmosphere was limited to minutes during initial weighing and subsequent reagent additions; (4) all chemical reagents were deoxygenated with N2 for at least 15 min prior to addition to the sample; (5) the headspace of each centrifuge tube was replaced with N2 prior to shaking during the extractions. All Fe extracts were quantified via an Agilent 7500ce quadrupole inductively coupled plasma-mass spectrometer (ICP-MS) at UC Riverside following dilution with 0.3 M nitric acid. Separate sub-sample duplicates and triplicates assessed for precision revealed relative whole analysis standard deviations in most cases <0.01 weight % but in a few cases <0.05 weight %; we point out, however, that heterogeneities are expected, as bulk samples were not homogenized prior to taking a sub-sample for the sequential Fe-extraction procedure.

Total carbon and total inorganic carbon (TIC) were determined using an Eltra CS-500 carbon-sulfur analyzer at UC Riverside. TOC was calculated by subtracting TIC from total carbon. The standard reference material (SRM) AR4007 was analyzed routinely, with values within the reported range of 7.32 ± 0.12 wt. %.

Trace metal contents of bulk sediment were determined through a multi-acid digest procedure using dried samples which were powdered and ashed at 450°C for site M0065 and 650°C for site M0059 samples and then digested using trace metal grade HF, HNO3, and HCl acids, with the residue solubilized as the final step in 0.3 M nitric acid. The ashing temperature was increased for site M0059 samples due to an insoluble residue only observed when ashed at lower temperatures. Each batch of total digests included an SRM for quality control. Total digests were measured for major elements and trace elements via an Agilent 7900 quadrupole ICP-MS at UC Riverside using a multi-element standard solution in a 0.3 M nitric acid matrix. SRMs NIST 2702, USGS SCO-1, and USGS SGR-1 were digested and analyzed in parallel with each batch of samples with all elements analyzed falling within reported ranges.

Molybdenum isotope measurements were performed at the Metal Geochemistry Center at Yale University, New Haven, Connecticut, using the Neptune Thermo Scientific multicollector ICP-MS (Asael et al., 2013, 2018). The 0.3 M nitric acid total digest solution was evaporated and re-constituted in 7 M HCl. An aliquot of the acid split was spiked with a 97Mo–100Mo double spike solution—prepared gravimetrically from Oak Ridge Laboratory metal powders as previously described (Asael et al., 2013, 2018)—according to the Mo concentration determined previously via ICP-MS in order to maintain a constant sample-to-spike ratio. This aliquot was also used for chromatographic separation. A two-stage column procedure was applied for Mo purification: the sample was run through an anion resin (AG-MP-1M) to separate Mo and Fe from the matrix followed by purification through a cation resin (AG50W-X8) to separate Mo from any remaining Fe. Molybdenum isotope compositions are reported using the δ notation, where:
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where δ98Mo is calculated relative to NIST 3134 (Lot 130418) with a value of −0.25‰ (Nägler et al., 2014). A calibration of the NIST standard relative to Rochester (Lot 862309E) gave:
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Duplicates (n = 6) of reference standard NOD-1 yielded an average δ98Mo value of −0.63‰ and 1σ of 0.18‰, similar to previously reported values (Asael et al., 2013). Values for Mo isotope measurements and associated error can be found in Supplementary Tables 1, 2. Measured errors for individual samples were <0.07‰ but largely <0.04‰.



Landsort Deep Sediments

The Fe extractions, elemental abundances, and Mo isotope compositions from Landsort Deep were previously characterized and reported in Hardisty et al. (2016) according to the same methods described above for Lille Belt and Bornholm Basin. For the current study, we used splits from specific eluents from the Mo isotope chromatographic separation procedure in Hardisty et al. (2016) to measure the Fe isotope composition of bulk sediments. These procedures are described below. In the current study, we also used the TRS and AVS fractions from Hardisty et al. (2016) to determine and report the S isotope composition of reduced sulfides.

Iron isotopes were analyzed for Landsort Deep bulk sediments at the Metal Geochemistry Center at Yale University using the Neptune Thermo Scientific multicollector ICP-MS. Total digests and chromatographic separation for the measurement of Mo isotopes (but not Fe isotopes) were already performed for Hardisty et al. (2016) according to the same procedures described in section “Lille Belt and Bornholm Basin Sediments” for Bornholm Basin and Lille Belt sediments. For the present study, we diluted the Fe fraction—separated during the Mo purification procedure with AG-MP-1M resin during Hardisty et al. (2016)—for measurement of Fe isotopes. Corrections for instrumental mass discrimination were performed using conventional sample—standard bracketing (Busigny et al., 2014), and 56Fe/54Fe ratios are expressed in the standard delta notation in per mil (‰) relative to IRMM-014 (Taylor et al., 1992):

[image: image]

We processed a FeCl2 standard alongside the samples, which has a reported value of −0.71 ± 0.18‰ (Teutsch et al., 2009), and report a mean value −0.62 ± 0.12‰ (2SD), which overlaps within error.

Sulfur isotopes of total reduced S (TRS) and AVS fractions from Landsort Deep were measured at the University of California Riverside. TRS and AVS concentrations, but not S isotope compositions, were reported in Hardisty et al. (2016) using the same technique of converting to ZnS described in section “Lille Belt and Bornholm Basin Sediments” for sediments at Lille Belt and Bornholm Basin. For the current study, we used a chromium reduction to convert the ZnS from both AVS and TRS [used for concentration determinations in Hardisty et al. (2016)] to Ag2S using the same technique described in section “Lille Belt and Bornholm Basin Sediments” for CRS but by replacing the ZnAc trap with AgNO3. The Ag2S precipitates were then filtered, dried, and homogenized before weighing into tin capsules with excess V2O5. The 34S/32S ratio for samples were measured using a Thermo Delta V gas-source isotope-ratio mass spectrometer coupled to a Costech 4010 elemental combustion system via a ConFlo III interface for on-line sample combustion and analysis. All sulfur isotope compositions are reported in standard delta notation as permil (‰) deviation relative to Vienna Canyon Diablo Troilite and were corrected using replicate analyses of International Atomic Energy Agency (IAEA) standards IAEA-S1 (−0.3‰), IAEA-S2 (+22.65‰), and IAEA-S3 (−32.5‰). Corrected values for IAEA standards are all within reported ranges with IAEA-S1 of −0.3 ± 0.47‰ (n = 16), IAEA-S2 of +22.7 ± 0.47‰ (n = 15), and IAEA-S3 of −32.45 ± 0.33‰ (n = 15). A total of 21 samples were analyzed in duplicate or replicate for TRS and AVS, with the majority having standard deviations <1.0‰; however, a few samples, particularly those from the upper sapropel, had significantly larger standard deviations. Given the robust observations between replicates generally and the IAEA standards, we recommend that these variations reflect real heterogeneities, as samples for AVS, TRS, and Fe speciation were drawn directly from wet sediment that was not pre-homogenized in order to limit pyrite and AVS oxidation (Hardisty et al., 2016).





RESULTS

At Lille Belt (Figure 2), TOC is <1 wt. % from the bottom of the core up to ∼52 mcd, where TOC increases to 3.75 wt. % and gradually increases up the remainder of the core (Figure 2B). Superimposed on this increasing TOC trend are two sapropel units at 51.2–44.6 and 7.7–5.9 mcd, with peak values of ∼6.2 and 7.8 wt. %, respectively. Manganese concentrations show a broad peak from 47.5 to 11 mcd, with values oscillating but peaking as high as 1.5 wt. % (Figure 3C). “Highly reactive” Fe is reported as the sum of FeAVS, Fepy, Feasc, Fedith, Feox, and FeNaAc. Because of the presence of significant FeAVS at Lille Belt, we amend the typically reported Fepy/FeHR to include FeAVS, thus (Fepy+FeAVS)/FeHR. The FeT/Al ratios generally fall around the Baltic detrital baseline of 0.65, and FeHR/FeT ratios are near established thresholds for anoxic conditions but are generally <0.5 (Figures 3D,E). The (Fepy+FeAVS)/FeHR values oscillate but remain <0.7 (Figure 3F). The Mo contents are <25 ppm, with the exception of one sample with a concentration of 30.9 ppm (Figure 3G). Molybdenum isotope values are between +0.18 to +1.47‰ throughout the sediment column (Figure 3H). We note that trends and values in Mo concentration and Fe speciation are similar to those of a previous study of the same core that evaluated a separate sample set (van Helmond et al., 2017). All Lille Belt data are available in Supplementary Table 1.
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FIGURE 2. Lille Belt (M0059). (A) The abundance of freshwater versus salinity tolerant diatoms [Andrén et al., 2015a; also see Kotthoff et al. (2017) and Warnock et al. (2020) for more detailed reconstructions], (B) total organic carbon, (C) manganese, (D) iron-to-aluminum, (E,F) Fe speciation, (G) molybdenum concentrations, and (H) molybdenum isotopes. The Medieval Climate Anomaly and Holocene Thermal Maximum are highlighted with the horizontal gray bars based on the geochronology from van Helmond et al. (2017) for M0059. Vertical dashed lines for FeT/Al, FeHR/FeT, and (Fepy+FeAVS)/FeHR note thresholds for anoxia, euxinic and ferruginous conditions discussed in the main text.



[image: image]

FIGURE 3. Bornholm Basin (M0065). (A) The abundance of freshwater versus salinity tolerant diatoms (Andrén et al., 2015b), (B) total organic carbon, (C) manganese, (D) iron-to-aluminum, (E,F) Fe speciation, (G) molybdenum concentrations, and (H) molybdenum isotopes. The Medieval Climate Anomaly and Holocene Thermal Maximum is highlighted with the horizontal gray bar but is shaded upward to highlight uncertainty in locating the end of the HTM due to a lack of chronological constraints. Vertical dashed lines for FeT/Al, FeHR/FeT, and (Fepy+FeAVS)/FeHR note thresholds for anoxia, euxinic and ferruginous conditions discussed in the main text. Note that the axis label in part F includes FeAVS in the numerator for simplicity and uniformity when comparing results between sites in the text, but that—as discussed in the results—FeAVS was negligible in a sample survey from site M0065 and was therefore was not measured in all samples.


At Bornholm Basin (Figure 3), TOC values are below 0.7 wt. % from the bottom of the profile up to 12.75 mcd followed by a steady increase up core throughout the remaining sediment column (Figure 3B). There are two peaks between 12.3 and 8.3 mcd and 5.17 and 3.34 mcd to values of ∼4.2 and 6.6 wt. %, respectively. At Bornholm Basin, multiple anoxic indicators fluctuate in association with the two sapropels with elevated TOC (Figure 4). Manganese concentrations increase up core exclusively from 9.8 to 6.6 mcd (Figure 3C). The FeT/Al ratios are generally at or below a baseline of <0.65 other than within the two intervals where TOC peaks (Figure 3D). Within these upper and lower sapropels, the FeT/Al values increase to 0.69 and 0.90, respectively. Other than within the sapropels, the FeHR/FeT ratio generally stays below 0.38 (Figure 3E). FeAVS was not found to be a significant component (<0.01 wt. %) at Bornholm Basin and was not measured for all samples, but we still maintain the (Fepy+FeAVS)/FeHR nomenclature for simplicity when comparing between the other cores. The FeHR/FeT values increase to 0.62 and 0.43 in the lower and upper sapropel, respectively. Notably, there is a muted FeHR/FeT peak up to 0.43 at 8.1 mcd that is outside of the two main increases in TOC but that overlaps with distinct minima in each (Fepy+FeAVS)/FeHR and Mo concentration and the main peak in Mn concentrations. Values for (Fepy+FeAVS)/FeHR are below 0.2 from the bottom of the profile to 10.3 mcd, where values begin to increase to >0.7 for most of the overlying sequence (Figure 3F). Molybdenum concentrations are generally <2 ppm from the bottom of the profile to near 9.8 mcd (Figure 3G). Above 9.8 mcd, Mo concentrations increase but stay below 27 ppm. Molybdenum isotope values range from −0.29 to +1.04‰ but are distinctly more positive from 6.54 to 3.85 mcd (Figure 3H). All Bornholm Basin data are available in Supplementary Table 2.
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FIGURE 4. Landsort Deep (M0063). (A) The abundance of freshwater versus salinity tolerant diatoms [Andrén et al., 2015c; also see van Wirdum et al. (2019) for more detailed reconstructions], (B) total organic carbon, (C) manganese, (D) iron-to-aluminum, (E,F) Fe speciation, (G) molybdenum concentrations, (H) molybdenum isotopes, (I) iron isotopes, and (J) sulfur isotopes. The Medieval Climate Anomaly and Holocene Thermal Maximum are highlighted with the horizontal gray bars based on the geochronology from van Wirdum et al. (2019) for M0063. Vertical dashed lines for FeT/Al, FeHR/FeT, and (Fepy + FeAVS)/FeHR note thresholds for anoxia, euxinic and ferruginous conditions discussed in the main text. Geochemical data other than Fe and S isotopes come from Hardisty et al. (2016).


A previously published study from the Landsort Deep includes the Fe speciation and Mo concentration and isotope data shown in Figures 4A–H (Hardisty et al., 2016), which are included here for comparison to data discussed in sections “Lille Belt Paleoredox” and “Bornholm Basin Paleoredox” for the southern Baltic sub-basins. The new Fe and S isotope data are shown in Figures 4I,J. Iron isotope data from bulk sediments range from −0.12 to +0.46‰ and show distinct negative excursions within the sapropel units, along with corresponding increases in FeT/Al, FeHR/FeT, and (Fepy+FeAVS)/FeHR and other redox-sensitive indicators. The S isotope data from TRS and AVS fractions are displayed together in Figure 4I and show overlapping trends. All new Fe and S isotope data from Landsort Deep are available in Supplementary Tables 3, 4, respectively.

The pore water dissolved Fe profiles are shown from Lille Belt, Bornholm Basin, and Landsort Deep in Figure 5. These data are also reported in the IODP Expedition 347 Reports (Andrén et al., 2015a, b, c) and used as part of detailed diagenetic models in Egger et al. (2017) and Dijkstra et al. (2018a).
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FIGURE 5. The pore water Fe concentrations from each (A) Lille Belt, (B) Bornholm Basin, and (C) Landsort Deep. Data come from the IODP 347 Expedition Report (Andrén et al., 2015a, b, c; Egger et al., 2017). The dashed line from each site marks the horizon in the profile with the first indications of pore water sulfide accumulation, as constrained from Mo concentrations and (Fepy+FeAVS)/FeHR. In each case this occurs near the transition from the Ancylus Lake (AL) to the Littorina Sea (LS) noted from salinity-tolerant diatoms. Note the variations in the scale of the x-axis between these figures.




DISCUSSION

Our data reveal multiple geochemical transitions in each core consistent with spatiotemporal redox variations associated with increases in organic carbon content. The previous studies discussed and cited in the next section have noted similar changes in organic carbon content at these sites and even in the same IODP cores. In combination with changes in diatom assemblages and other proxies, these past studies provide some context for the relative timing of each of these transitions and hence a more comprehensive reconstruction of spatiotemporal redox variations in the Baltic Sea. These previous studies are discussed below as context for our new results.


Salinity Transitions and Correlations Between Sub-Basins

The combination of carbon and diatom records from this and past studies indicates periods of variable salinity and organic matter preservation, which were already well known from the Baltic. These intervals and horizons are markers that can be used to correlate syndepositional periods and events among the sub-basins. The Lille Belt, Bornholm Basin, and Landsort Deep show a systematic shift in diatom assemblage marking the transition from lacustrine to brackish/marine water column conditions—that is, the Ancylus Lake to Littorina Sea transition (Figures 2A, 3A, 4A; Sohlenius et al., 2001; van Wirdum et al., 2019; Warnock et al., 2020). The Initial Littorina Stage, the transition period between the lacustrine Ancylus Lake and brackish Littorina Sea, lasted from ∼9.8 to 8.5 ka and is characterized by pulses of saline waters input into the Baltic Basin (Sohlenius et al., 2001; Björck et al., 2008; Andrén et al., 2011). The shift to sedimentary Mo concentrations >2 ppm (detrital values) alongside the increases in (Fepy+FeAVS)/FeHR at each site at this transition in phase with the increases in TOC reflects accumulation of sulfide in the pore water (Figures 2F,G, 3F,G, 4F,G). Sulfide build up, in turn, was related to input of saline water and associated sulfate into the basin during the Initial Littorina Sea. The overlying interval where salinity-tolerant diatoms become relatively more abundant marks the onset of the Littorina Sea and the brackish conditions that still exist today (Sohlenius et al., 2001; van Wirdum et al., 2019; Warnock et al., 2020). This transition occurred 7500-7150 BP at Lille Belt (Kotthoff et al., 2017; Warnock et al., 2020).

Notably, there are peaks in TOC observed in each of the three cores. The lowermost peak can be linked to the HTM (Figures 2B, 3B, 4B), lasting from 8 to 4 ka (Jilbert and Slomp, 2013; Dijkstra et al., 2016; Hardisty et al., 2016; van Helmond et al., 2017). The HTM was marked by relatively higher temperatures and higher sea level and reduced freshwater input relative to today, likely representing the most saline period in the Baltic Sea since the LGM (Gustafsson and Westman, 2002; van Wirdum et al., 2019; Ni et al., 2020; Warnock et al., 2020). These factors likely contributed to the onset of anoxia observed during this interval (Papadomanolaki et al., 2018). Importantly, the HTM in the Bothnian Sea has been linked to more restricted conditions and widespread euxinia leading to the drawdown of Mo from the water column (Jilbert et al., 2015; Dijkstra et al., 2018b) thus, our Mo isotope data can be used to assess the potential of a syndepositional phenomenon in the southern Baltic sub-basins.

A secondary peak in TOC observed at Lille Belt (Figure 2B) and Landsort Deep (Figure 4B; Dijkstra et al., 2016, 2018a; Hardisty et al., 2016) is contemporaneous with the MCA (1.2–0.8 ka) and has been observed previously in both Fårö and Gotland Deeps (Jilbert and Slomp, 2013). Enhanced productivity and organic carbon burial during this interval occurred with warmer sea surface temperatures (Kabel et al., 2012; van Wirdum et al., 2019), all of which likely contributed to de-oxygenation during the MCA (Papadomanolaki et al., 2018).



Lille Belt Paleoredox

Individually, the paleoredox proxies at Lille Belt are not particularly diagnostic but together provide support for at least episodically manganous/ferruginous conditions with sulfide likely limited to the pore fluids. For example, intermittent laminations are observed, which are consistent with low oxygen conditions that persisted at least seasonally and largely excluded benthic fauna (Andrén et al., 2015a), a condition similar to that observed today (Figure 1). It is possible that low oxygen conditions excluded infaunal habitation outside of the laminated regions, but either seasonal or episodic returns to oxygenated conditions (e.g., MBIs) permitted burrowing and overprinting of laminations in these zones.

Geochemical evidence for at least intermittent anoxia comes from FeT/Al and FeHR/FeT values near or at thresholds associated with anoxia. We note that elevated FeT/Al and FeHR/FeT ratios are a robust indicator of anoxic water columns supporting dissolved iron or hydrogen sulfide accumulation. Low water column oxygen levels but lacking sulfide and/or elevated dissolved Fe have not been shown to support increases in Fe proxy values (Hardisty et al., 2018). Our (Fepy+FeAVS)/FeHR ratios are below the threshold interpreted for euxinia (Raiswell and Canfield, 1998), suggesting ferruginous conditions. Indeed, the persistence of significant non-subsidized “highly reactive” Fe, relatively high FeAVS (indicating incomplete conversion to pyrite; Berner et al., 1979; Hurtgen et al., 1999), and elevated pore water Fe up to 250 μM throughout the Holocene profile are all consistent with a sulfide-limited system and episodically ferruginous waters. However, while sulfide accumulation in the water column was transient, if present at all, one factor likely contributing to incomplete diagenetic pyrite formation in sediments, even if sulfide was accumulating in pore waters, is the particularly elevated sedimentation rates at Lille Belt (0.66 cm/year; van Helmond et al., 2017). Specifically, elevated sedimentation rates can limit the residence time of “highly reactive” Fe minerals such as magnetite and other Fe-oxides in the sulfidic zone relative to the timescales that these minerals react with sulfide to form pyrite (Boesen and Postma, 1988; Canfield et al., 1992; Hurtgen et al., 1999; Riedinger et al., 2017).

The Mo concentrations and isotope data support the potential for anoxia with sulfide accumulation limited to sedimentary pore fluids. The Mo concentrations are elevated above detrital levels. These concentrations and the Mo isotope range of +0.18 to +1.47‰ are comparable to values observed in low oxygen basins where sulfide is restricted to sedimentary pore fluids. For example, the California Borderland Basins, which exhibit variable degrees of low oxygen conditions, have low Mo enrichments and are characterized by Mo isotope values >0.5‰ but less than seawater (Poulson Brucker et al., 2009). However, the geochemical signature most diagnostic of episodic transitions between oxygenated and likely manganous conditions is the elevated Mn observed throughout the majority of the post-ILS profile. Manganous conditions are documented in the modern Baltic Sea (up to 40 μM Mn in some studies; Dellwig et al., 2018). The water column dissolved Mn is oxidized and returned to sediments during oxygenation events related to seasonal activities or MBIs (Dellwig et al., 2010, 2018; Hermans et al., 2019). The 1.5 wt. % Mn observed in Lille Belt sediments is not as high as concentrations found in some Baltic-proper deeps (e.g., Landsort Deep, Figure 5), but Lille Belt Mn levels are elevated relative to sediments without episodic oscillations between manganous and oxygenated conditions (Calvert and Pedersen, 1996).

Importantly, our dataset indicates that conditions more reducing than those present today, specifically euxinia, did not exist throughout the Holocene at Lille Belt, even during the MCA and HTM. Specifically, the Fe speciation and Mo concentration proxies do not show excursions significantly above the thresholds clearly associated with euxinic conditions during any specific intervals. Further, the Mo isotope signatures remain well below that of Baltic seawater and hence provide strong evidence for Fe-Mn oxides as the main source of Mo to the sediments and hence evidence against any widespread and persistent euxinic conditions, which might otherwise have drawn down water column Mo and limited its accumulation in sediments—as has been interpreted in the Bothnian Sea during the HTM (Jilbert et al., 2015; Dijkstra et al., 2018b).



Bornholm Basin Paleoredox

The Fe and Mo sedimentary geochemical records at Bornholm Basin provide evidence for multiple paleoredox shifts associated with the Initial Littorina Sea and HTM. We first propose that the observed Fe and Mo data from the ILS at Bornholm Basin (Mo < 25 ppm, δ98Mo∼−0.5‰, FeT/Al > 0.65, FeHR/FeT > 0.38, and (Fepy+FeAVS)/FeHR > 0.7) reflect anoxia but with hydrogen sulfide largely restricted to pore waters with only transient water column sulfide accumulation (Figure 3). The observed negative Mo isotope values and minor sedimentary Mo enrichments are most consistent with either: (1) molybdate to thiomolybdate transformation under conditions with low or intermittent water column sulfide or (2) sedimentary delivery of Mo via Fe and Mn—oxides and sequestration in sulfidic pore fluids—or both. Both processes yield Mo isotope fractionations up to −3‰ (Barling et al., 2001; Wasylenki et al., 2008; Goldberg et al., 2009), which could explain why our values are fractionated by nearly 2.9‰ relative to seawater. Importantly, both euxinic conditions and Fe-oxide deposition could cause enrichments in FeHR/FeT and FeT/Al relative to detrital inputs. Although the combination of (Fepy+FeAVS)/FeHR > 0.7 and elevated FeHR/FeT and FeT/Al is typically diagnostic of euxinia, the exceptional delivery of “extra” “highly reactive” Fe as Fe-oxides to the sediment could react with pore water sulfide to form pyrite and other Fe sulfides, post-depositionally elevating (Fepy+FeAVS)/FeHR. Such conditions would reflect periodic or episodic oxidation of an Fe-rich water column with delivery of oxides to organic-rich and sulfidic sediments. While post-depositional increases in FeT/Al and FeHR/FeT have not been documented in modern sediments, post-depositional formation of pyrite and associated increases in (Fepy+FeAVS)/FeHR have been observed in sediments underlying oxic water columns from many localities, including the FOAM site in Long Island Sound (Canfield et al., 1992; Hardisty et al., 2018) and oxic portions of the Black Sea Shelf (Wijsman et al., 2001a), providing precedence for this possibility. While it is difficult to distinguish between these interpretations, anoxic and weakly or intermittently euxinic settings commonly overlap, thus making a single environmental assignment difficult. Indeed, the modern Bornholm Basin water column is characterized by intermittent anoxia and sulfide accumulation (Figure 1).

An important additional consideration for the increases in FeT/Al and FeHR/FeT specifically at the ILS-Littorina Sea Boundary at Bornholm Basin and other sub-basins is the potential for pore water Fe migration from adjacent sediments layers (Berner, 1969; Boesen and Postma, 1988). The latter is often associated with juxtapositions of organic-lean and organic-rich sediment layers, such as sapropels, and can also reflect sulfate-poor and sulfate-rich pore waters marking a transition from non-marine to marine deposition. Indeed, secondary Fe enrichments may be important at Bornholm Basin (as well as other Baltic sub-basins; e.g., Landsort Deep and Lille Belt), which contains elevated pore water dissolved Fe concentrations in Ancylus Lake sediments that sharply decrease at the ILS boundary when the basin becomes brackish (Figure 5). Specifically, it is possible that the diffusion of underlying Ancylus Lake pore water Fe to the overlying sulfidic Littorina pore waters caused post-depositional Fe enrichments which are independent of water column redox conditions (Boesen and Postma, 1988; Dijkstra et al., 2018a). In order to account for upward Fe diffusing into sulfidic sediments and its potential authigenic Fe contribution to FeT/Al, we use Fick’s first law of diffusion, as applied to sediments (Berner, 1980), to calculate Feauth at the AL-ILS transition at Bornholm Basin, Lille Belt, and Landsort Deep (Eqs 4, 5).
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where φ is the porosity, Ds is the diffusion coefficient for Fe2+ (Li and Gregory, 1974), ΔC is the change in pore water concentration across the sulfide interface, ΔZ is the depth interval from which ΔC is measured (yielding the gradient), ω is the sedimentation rate, and ρ is the sediment density. In our calculation, we model the mass flux (J) of Fe across the redox front from the Ancylus Lake to overlying sulfidic pore fluids, assuming complete precipitation of pore water dissolved Fe as Fe sulfides. The mass flux can then be used, in combination with the sediment density (ρ), porosity (φ), sedimentation rate (ω), and the minimum Al concentration among samples with observed elevated FeT/Al (which amplifies our calculated FeT/Al to the maximum extent) to estimate a potential range of authigenic FeT/Al enrichments. All values are given in Table 1.


TABLE 1. Values and associated sources for calculations shown in Figure 6.
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In all cases considered, calculations suggest that the observed FeT/Al cannot be entirely explained by upward Fe migration into sulfidic sediments (Figure 6). Specifically, the calculations show the potential for similar post-depositional enrichments in FeT/Al at all three basins. Importantly, however, upward Fe migration cannot account for the full observed FeT/Al enrichments at the ILS-Littorina Sea Boundary at Bornholm Basin or Landsort Deep. We also highlight that we chose conservative values for variables in our calculations which would most likely overestimate any authigenic contributions to FeT/Al. The conservative nature of our estimates is highlighted by the calculated Feauth flux increases in FeT/Al by ∼0.11 at Lille Belt, a location where no significant increases in FeT/Al are observed through the whole profile. This conclusion ultimately implies that a substantial portion, if not the majority, of the observed FeT/Al enrichments at both Bornholm Basin and Landsort Deep in the period following Ancylus Lake deposition likely result from primary water column redox dynamics and the associated Fe shuttle, thus permitting interpretation related to water column redox variations.
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FIGURE 6. Comparison of observed (filled) and calculated authigenic (open) FeT/Al enrichments at Lille Belt (LB), Bornholm Basin (BB), and Landsort Deep (LD). Observed FeT/Al enrichments represent the maximum from the interval directly overlying the Ancylus Lake-Littorina Sea transition relative to a detrital baseline of 0.65 (Fehr et al., 2008). Maximum pore water Fe concentrations come from the highest values generally observed in the Ancylus Lake (AL) sediments and represent ΔC in Eq. 5.


Further up in the profile beyond the ILS boundary, a sharp increase in TOC concurrent with an increase in FeT/Al, FeHR/FeT, Fepy/FeHR, and Mo within the sapropel at Bornholm Basin at ∼5 mcd (Figure 3) indicates a brief interval of likely intermittent euxinic conditions. The Mo concentration approaches the 36 ppm Mo found in modern Bornholm Basin sediments, which underlie an episodically euxinic water column (Mort et al., 2010) and is similar to that of some other localities with episodic euxinia (Scott and Lyons, 2012; Hardisty et al., 2018; Scholz et al., 2018). Lastly, we note that Mo isotope values for this interval—which gradually increase from the ILS within the HTM—are the most positive recorded in the entire profile (approaching +1.6‰; Figure 3H). These relationships and heavier Mo isotope signatures are opposite the trend expected for an interval with a prominent oxide-delivered Mo flux to the sediments, as both Mn and Fe oxides fractionate Mo isotopes to more negative values by up to 2.9‰ (Barling et al., 2001; Wasylenki et al., 2008) and 2.2‰ (Goldberg et al., 2009), respectively. A non-oxide origin for the sedimentary Mo from this interval is also supported by a lack of Mn enrichments (Figure 4C). Instead, the Mo isotope values are in a range consistent with sulfide concentrations <100 μM and/or sulfide accumulation for only short timescales, both which exert a fractionation factor during only partial conversion of molybdate to tetrathiomolybdate (Azrieli-Tal et al., 2014), a condition observed in euxinic portions of the Landsort Deep today and in the recent past (Neubert et al., 2008; Noordmann et al., 2014; Hardisty et al., 2016). Alternatively, the Mo isotope values also approach the +1.6‰ that is often observed in continental margin settings with low oxygen bottom waters and sulfidic pore waters (Poulson Brucker et al., 2009). Although these independent elemental and isotopic data sets yield multiple interpretations, the combined proxies point to a system that was at least episodically anoxic with likely intermittent accumulation of water column sulfide at low levels.



Landsort Deep Paleoredox

Previously published Fe and Mo data from Landsort Deep data are distinct from those of Lille Belt and Bornholm Basin and have been interpreted to support variable degrees of euxinic conditions associated with both the HTM and MCA (Figures 4, 6; Dijkstra et al., 2016; Hardisty et al., 2016; Zhou et al., 2017). Similar conditions have also been interpreted for other Baltic Proper sub-basins, albeit in the absence of Mo isotope data (e.g., Gotland Deep and Fårö Deep). Importantly, however, the Landsort Deep Mo isotope signatures are highly fractionated from seawater (Figure 4H), indicating some combination of two sources of Mo to the sediments: (1) low or intermittent water column sulfide accumulation inducing large Mo isotope fractionation factors during the formation of thiomolybdate species and (2) sedimentary Mo deposition with Mn- and Fe-oxides. While overlapping isotope fractionations limit our ability to isolate a specific mechanism for Mo deposition, the combined proxies point to cycles of intermittent/weak euxinia interrupted by MBIs driving dissolved Fe-Mn oxidation and oxide deposition, as is observed at Landsort Deep other Baltic-proper deeps today (Dellwig et al., 2018). Our new Fe isotope data from bulk sediment from Landsort Deep support previous indications of anoxic water column conditions as a source for the observed Fe enrichments, while new S isotope data (δ34STRS) for total reducible S (CRS and AVS) indicate that water column sulfide accumulation beyond transient levels may have been more limited.

The Fe isotope data range from −0.12 to +0.46‰ (Figure 4I), with excursions to the most negative values in intervals with elevated FeT/Al, FeHR/FeT, (FeAVS+Fepy)/FeHR, and Mo indicative of euxinia during the MCA and HTM (Figure 4). A previous study evaluating Fe isotope data from Gotland Deep determined an average value for sediments associated with the Baltic Ice Lake of +0.08 ± 0.13‰, which provides a baseline for the detrital flux (Fehr et al., 2008). Sedimentary Fe enrichments are attributed to shelf-to-basin transport of Fe following repeated cycles of Fe-oxide formation, dissolution in anoxic sediments, benthic fluxes from the shelf, and sequestration in anoxic environments as pyrite—i.e., the Fe shuttle (Lyons and Severmann, 2006; Severmann et al., 2008, 2010; Dellwig et al., 2010; Scholz et al., 2014b, c). The reductive dissolution of Fe oxides favors the light isotopes and results in progressive enrichment of lighter isotope signatures in benthic fluxes along shelf-to-basin transects (Severmann et al., 2010). Under euxinic conditions or events supporting large-scale oxidation of isotopically light reduced Fe (e.g., MBIs), these light Fe isotope signatures are sequestered into the sediments. While our study evaluated bulk rather than mineral-specific iron, the (FeAVS+Fepy)/FeHR ratios support that pyrite is the largest Fe fraction during sapropel deposition. Consistent with the Fe shuttle model, the most negative Fe isotope values relative to detrital baselines are within the sapropels, which provides support—alongside that of elevated FeHR/FeT and FeT/Al—for anoxic conditions at Landsort Deep maintaining elevated Fe fluxes to the sediments. Iron isotope values for Gotland Deep show similar negative excursions during intervals with FeT/Al and Mo enrichments typically indicative of euxinia (Fehr et al., 2008, 2010). Importantly, the Fe isotope signatures alone cannot discern the degree to which the Fe flux at Landsort Deep was associated with syngenetic pyrite formation versus pyritization of Fe-oxide fluxes associated with either MBIs or Fe oxidation at the chemocline. Both of these processes could explain the elevated FeHR/FeT, (FeAVS + Fepy)/FeHR, and Mo concentrations and the highly fractionated Mo isotope values during the HTM and MCA.

We note that the most positive Fe isotope values at Landsort Deep near 0.4‰ exceed that of the Baltic detrital baseline presented by Fehr et al. (2008) of 0.08 ± 0.13‰ and are higher than the most positive values found in Littorina Sea sediments from the same study. Importantly, with the exception of one value of 0.39 ± 0.1‰ at 21.3 mcd, the most positive Fe isotope values at Landsort Deep are generally found outside of sapropel deposition. While trapping of isotopically light dissolved Fe as pyrite provides an explanation for the relatively negative Fe isotope values within the sapropels, we note that the downcore trends may be exacerbated by diagenetic trends in Fe-mineral dissolution resulting in more positive values in the intervening intervals. Specifically, the intervals outside of the sapropels have substantial pore water Fe accumulation (up to ∼250 μM; Figure 5C) and Fe speciation evidence most consistent with sulfide limitation in the pore waters (Fepy+FeAVS/FeHR < 0.7; Figure 4J). The dissolution of Fe oxides and accumulation of dissolved Fe in sulfide-limited pore waters represents the most likely explanation for these trends. This implies the preferential release of isotopically light Fe to the pore waters, which would have the impact of distilling the remaining sedimentary Fe isotopes, such as that measured in this study, to more positive values. Ultimately, these downcore shifts between higher and lower Fe isotope values may be best explained by the combination of trapping of isotopically light dissolved Fe as sulfides during periods of euxinia or elevated pore water sulfide accumulation which are then juxtaposed against adjacent Fe-dominated intervals favoring release of isotopically light Fe to the pore waters and water column.

The S isotope data support the likelihood that much of the elevated Fe flux to the sediments during anoxic intervals was pyritized in the sediments and not the water column. The δ34STRS, ranging from −4.3 to +16.7‰, with an excursion to the most positive values during the HTM and MCA (Figure 4J), are more negative than that of sulfate in the modern Baltic Sea (+20.5‰; Böttcher and Huckriede, 1997). This relationship is consistent with negative S isotope fractionations during microbial sulfate reduction to sulfide (Goldhaber and Kaplan, 1974; Habicht and Canfield, 2001); however, the observed δ34STRS range is generally more positive than that found in euxinic basins (e.g., Black Sea; Lyons, 1997) and relative to the range observed for total reduced sulfur from a sediment core capturing the Holocene in the shallower (∼250 m), Eastern Landsort Deep (−27 to −40‰; Böttcher and Lepland, 2000). Sulfur isotope fractionations during sulfate reduction in pure cultures typically range up to 46‰ (Chambers and Trudinger, 1979) but can be as high as 70‰ (Rudnicki et al., 2001; Wortmann et al., 2001; Sim et al., 2011). The generally more positive δ34S values found at Site M0063 compared to other portions of the basin and the excursion to more positive δ34STRS values specifically during sapropel deposition point to non-steady steady diagenetic conditions or sulfate limitation in sedimentary pore fluids rather than changes in the δ34S of Baltic Sea sulfate. This ultimately implies that the elevated (Fpy+FeAVS)/FeHR ratios likely reflect processes at or below the sediment-water interface.

An increased flux of syngenetic relative to diagenetic pyrite under euxinic conditions is unlikely to explain the observed heavier pyrite δ34S values during the HTM and MCA at Landsort Deep. While no sulfur isotope data exist for dissolved sulfide or reduced S fractions in the modern Landsort Deep water column, a large isotope fractionation is expected for pyrite formed in an open system (up to −60‰ in the modern Black Sea; Fry et al., 1991; Lyons, 1997). Relatively positive S isotope values are instead typically observed in diffusion-dominated pore waters where a reservoir effect (Rayleigh fractionation) allows for pore water sulfate S isotope values and associated sulfide and thus pyrite to become enriched in 34S relative to seawater during sulfate reduction as sulfate concentrations become limiting at depth (Hartmann and Nielsen, 2012). Frequently these trends are associated with subsurface peaks in rates of microbial sulfate reduction at sulfate-methane transition zones at depth, with the resulting sulfide from pore water sulfate reduction, and hence pyrite, becoming relatively enriched in 34S (Jørgensen et al., 2004; Borowski et al., 2013; Lin et al., 2016; Riedinger et al., 2017). At M0063, methane was detected in the uppermost sediments sampled (∼1.6 mcd), and sulfate was below detection throughout the Holocene sediments outside of samples with indications of likely seawater contamination during drilling (Egger et al., 2017). Given the shallow sulfate-methane transition zone observed today, this SMT location was likely similar or even shallower during the MCA and HTM when TOC values were as high as 8 wt. %. Under such conditions, depletions in pore water sulfate concentration coupled with increases in the S isotope signature of the sulfate and sulfide may have occurred near or at the sediment-water interface, reacting with high concentrations of “highly reactive” Fe supplied during the MCA and HTM. This would result in elevated FeHR/FeT and post-depositional increases in (Fepy+FeAVS)/FeHR. Alternatively, other unconstrained factors, such as an increase in sedimentation rate or an increase in sulfate reduction rate related to increased organic carbon availability are also known to decrease S isotope fractionations and hence the δ34STRS compositions in sediments relative to overlying seawater (Maynard, 1980; Leavitt et al., 2013; Pasquier et al., 2017). However, if applicable, these processes still point to diagenetic origins for the variations in δ34STRS in the Holocene sediments. In addition to the previously observed Mo isotope fractionations and Fe-Mn data, these new δ34S data further indicate that sulfide was mostly restricted to the pore water at or below the sediment-water interface, resulting in diagenetic pyrite formation. This likelihood suggests that the MBIs and resulting oxidation of previously reduced Fe-Mn might have been the main source of Fe, Mn, and perhaps even Mo to the sediments.



Baltic Paleoredox Summary

The occurrence of ancient intervals of anoxia in the Baltic have long been known (Manheim, 1961; Suess, 1979; Sohlenius, 1996; Sohlenius et al., 1996, 2001; Sternbeck and Sohlenius, 1997, Lepland and Stevens, 1998; Sohlenius and Westman, 1998; Zillén et al., 2008), and recent studies have together constructed an increasingly detailed and quantitative understanding of the spatiotemporal variations and drivers of ancient anoxia (Mort et al., 2010; Jilbert and Slomp, 2013; Lenz et al., 2015a,b; Jilbert et al., 2015; Hardisty et al., 2016; Dijkstra et al., 2018a, b; Groeneveld et al., 2018; van Helmond et al., 2018). Our study builds on this established context by providing constraints on the specific paleoredox conditions of individual sub-basins during the Holocene. While each of the investigated sub-basins in this study show already well-known and similar changes from lacustrine to brackish—as indicated by increases in TRS/TOC ratios (Berner and Raiswell, 1984; Figure 7A)—and increases in TOC associated with previously established Baltic anoxic events during the HTM and MCA, our new data contribute to growing evidence that redox conditions among the sub-basins as well as between events within a given sub-basin were distinctly different. Specifically, we emphasize that, in contrast to that found in the Baltic Proper and Bothnian Sea, there is little-to-no clear evidence for ancient euxinia beyond transient events in the Lille Belt and Bornholm Basin sub-basins of the southern Baltic. This assertion is supported by comparison of (Fepy+FeAVS)/FeHR versus FeHR/FeT and Mo versus TOC for these sub-basins relative to Landsort Deep (Figures 7B,C), which show a clear contrast.
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FIGURE 7. Data comparisons between Lille Belt (LB), Bornholm Basin (BB), and Landsort Deep (LD). (A) Comparison of total inorganic sulfur and total organic carbon. The dashed line is the typical ratio found for marine and estuarine systems (Berner and Raiswell, 1984). (B) Comparison of Fe speciation. The red and purple shaded field represent that previously established for ferruginous and euxinic conditions (Raiswell et al., 2018). (C) Comparison of Mo and total organic carbon, with a comparison of slopes observed at modern localities with known Mo-TOC relationships (Böning et al., 2004; Algeo and Lyons, 2006; Scholz et al., 2014a). (D) Comparison of ranges in Mo isotope compositions for each site. The blue vertical line shows the median Mo isotope value for Baltic seawater (Noordmann et al., 2014). The modern Gotland Deep (GD) and Landsort Deep sediment Mo isotope data come from Noordmann et al. (2014) and Neubert et al. (2008).


Additionally, our study provides strong evidence against widespread euxinic conditions with stable sulfide concentrations >100 μM within even the central sub-basin, Landsort Deep—in contrast to the Bothnian Sea during the HTM. Instead, there is specific evidence that euxinia at Landsort Deep was likely isolated and limited to low and intermittent sulfide concentrations: (1) the combined Mo and Fe speciation data indicate the likelihood that water column Mo concentrations did not become depleted due to large-scale transfer to the sediment during intervals where sulfide accumulated in individual sub-basins; (2) the Mo isotope data from the Landsort Deep are all highly fractionated from seawater, which is inconsistent with conditions that were stably euxinic (Figure 7D); (3) S isotope evidence that diagenetic pyrite may be an important contribution to the (Fepy+FeAVS)/FeHR trends at Landsort Deep. We note that minor seawater Mo drawdown is observed in the modern Baltic related to a combination of burial under euxinic conditions and in association with Fe-Mn-oxides (Noordmann et al., 2014), and similar conditions may have occurred previously but cannot be resolved with our proxies. Still, a recent study used the slope of Mo and TOC correlations from Landsort Deep sediments to suggest Mo drawdown in the Landsort Deep water column during each anoxic event (the modern, MCA, and the HTM event) (van Helmond et al., 2018), and Mo isotope comparisons between the HTM and MCA sediments suggest potentially higher sulfide and a more muted impact of Fe-Mn oxides on Mo deposition during the HTM relative to the MCA (Figure 4H; Hardisty et al., 2016). We note that the Mo-TOC slopes at Landsort Deep are similar to those observed in less-restricted euxinic basins (e.g., Saanich Inlet) or the Peru Margin oxygen minimum zone, where Mo deposition to sediments is largely a function of a “particulate shuttle” associated with Fe-oxide deposition as well as diffusion from seawater into underlying sediments, rather than widespread and persistent euxinic conditions (Algeo and Lyons, 2006; Algeo and Tribovillard, 2009; Hancock et al., 2019; Eroglu et al., 2020). This observation is analogous to our multi-proxy indications of Fe-Mn oxides as an important pathway for Mo deposition at Landsort Deep. Given that Mo-TOC relationships used for recognizing Mo reservoir effects are based on comparison of modern localities without major oxide-related Mo contributions to the sediments (Algeo and Lyons, 2006), the Mo-TOC slopes at Landsort Deep may not best fingerprint ancient Mo drawdown associated with euxinia.

A simplified summary of the paleoredox states established for relevant Baltic sub-basins is shown in Figure 8. We also note that evidence for low oxygen conditions extends beyond the MCA and HTM at both the Baltic Proper and Southern sub-basins and that redox states also appear to have been dynamic within sapropel units. Specifically, Lille Belt is characterized by anoxia with ferruginous and manganous conditions and sulfide limited to pore waters following the transition to the Littorina Sea, with no clear excursions to more reducing conditions during either the MCA or HTM. Only the HTM was studied for the Bornholm Basin, but evidence for low oxygen conditions for this interval are specific to two distinct periods of anoxia and perhaps transient euxinic conditions during the ILS and again later during the HTM or Littorina Sea stage. These conditions can be further contrasted with Landsort Deep where evidence for low oxygen exists via multiple proxies throughout the Holocene, but there is additional evidence for widespread water column Fe-Mn oxide deposition and euxinia limited to low sulfide levels or transient events during both the HTM and MCA. Molybdenum and FeT/Al data similar to those of the Landsort Deep and typical of euxinic conditions have been observed elsewhere in the Baltic Proper (e.g., Fårö Deep and Gotland Deep), but combinations of proxies that specifically track manganous, ferruginous, and euxinic water column conditions and that differentiate pore water redox states have not been applied at those locations. While the paleoredox conditions in each sub-basin are complex, the general interpretations are consistent with the modern relationship of progressively more reducing conditions moving away from the sill and the dynamic redox conditions observed in these basins today (Figure 1).
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FIGURE 8. Simplified representations of the generalized water column redox conditions during the (A) modern, (B) Medieval Climate Anomaly, and (C) Initial Littorina Sea and Holocene Thermal Maximum. The illustration includes interpretations from this (bold) and previous studies from Landsort Deep (Dijkstra et al., 2016), Lille Belt (van Helmond et al., 2017), Gotland Deep (van Helmond et al., 2018), Fårö Deep (van Helmond et al., 2018), and the Bothnian Sea (Jilbert et al., 2015; Dijkstra et al., 2018b). Conditions from the modern derived from multiple sources (Dellwig et al., 2012, 2018, 2019; Carstensen et al., 2014; Noordmann et al., 2014). The transect corresponds to the transect in Figure 1, but also includes the Bothnian Sea for comparison, with the break in the transect shown by the vertical dashed line. Paleoredox proxies discussed in the text are used to infer the specific paleoredox conditions, including: low oxygen (sediment laminations), manganous (Mn geochemistry), ferruginous (Fe geochemistry), euxinic (Fe, Mo, S geochemistry), and episodic oxygenation events (Mn and Mo geochemistry). Question marks represent basins where low oxygen conditions are recorded today, but bioturbation has been recorded in ancient sediments (Zillén et al., 2008) and insufficient or a lack of geochemical data are available to assess specific paleoredox conditions. The bathymetry matches that of today in each scenario shown, though we acknowledge that both glacio-isostatic rebound of the Baltic seafloor and different sea level would have caused this to vary from today during the ILS-LS transition and HTM.




Implications for Proxy Applications to Geologic Record

Our study highlights the need for proxies that constrain a range of pore water and water column redox states (manganous, ferruginous, and euxinic) in dynamic depositional and diagenetic regimes such as the Baltic Sea. This has particular importance for the recognition of diagenetic impacts on Fe speciation and the deposition of Mo, which are both widely used as paleoredox proxies. For example, recognition of diagenetic impacts on Fe speciation may be particularly important for the Precambrian and Paleozoic, when ferruginous conditions were more widespread (Sperling et al., 2015). During such intervals, caution must be taken to assure that Fe speciation indications of euxinia do not reflect ferruginous water columns overlying sediments with sulfidic pore fluids. Specifically, our combined proxies suggest that large Fe, Mn, and Mo enrichments, which today are represented by a combination of sulfides and carbonates, likely originated from deposition as Fe and Mn-oxides, perhaps via events analogous to modern MBIs. Even in Landsort Deep where euxinic conditions are observed today (Dellwig et al., 2010, 2019; Noordmann et al., 2014), we suggest that sedimentary Fe and Mo proxy values typical of euxinia likely indicate a combination of syngenetic and diagenetic origins, with MBIs oxidizing dissolved Fe and Mn that are subsequently deposited as oxides (and associated sorbed Mo). These phases are then converted to sulfides at or near the sediment-water interface. These interpretations from ancient sediments parallel direct modern observations and similar inferences for the oxidation of dissolved Mn and Fe and associated delivery of Mn and Fe-oxides and Mo to the sediments at Gotland Deep (Huckriede and Meischner, 1996; Dellwig et al., 2010, 2018; Scholz et al., 2013; Hermans et al., 2019). This Baltic model clearly differs from the controls on Fe and Mo enrichment in more restricted basins such as the Black Sea but can be distinguished through a combination of Mn enrichments and Mo and S isotope signatures tracking oxide deposition and the relative proportion of syngenetic and diagenetic pyrite formation (e.g., Planavsky et al., 2018).




CONCLUSION

We use a combination of Fe speciation and isotopes, Mo concentration and isotope data, and S isotopes to constrain paleoredox conditions in multiple sub-basins of the Baltic Sea Holocene. The records come from IODP 347 drill cores from Lille Belt, Bornholm Basin, and Landsort Deep, which together form a sill-proximal to sill-distal transect. Our goal was to assess spatiotemporal redox variations in the Baltic. The geochemical proxies provide evidence for redox heterogeneity among the locations during syndepositional events but also temporally at each individual sub-basin. Specifically, proxy evidence at Lille Belt points to sustained manganous/ferruginous conditions since the transition to the brackish Baltic Sea but with no clear excursions to more reducing conditions during the HTM or MCA, which are well-known intervals of enhanced organic carbon burial in the Baltic. Our Bornholm Basin core (which does not include the MCA) provides evidence for episodes of both ferruginous and euxinic conditions during enhanced organic carbon burial associated with HTM, but Mo isotope data limit euxinic conditions to low or transient sulfide concentrations. Lastly, euxinic conditions have already been recognized at Landsort Deep for both the MCA and HTM, but our new S isotope data are most consistent with sulfide beyond low or transient levels having been largely restricted to at or below the sediment-water interface. The Mo isotope data from all three sub-basins are highly fractionated from seawater, suggesting that particulate shuttling via Mn-Fe oxides plays a major role in the delivery of Fe, Mn, and Mo to the sediments. We also provide evidence that pyritization of these Fe-oxide fluxes during early diagenesis may be primarily responsible for increases in pyrite in some anoxic intervals. Together, paleoredox data for syndepositional events indicate more reducing conditions with increasing distance from the sill, as is observed today. Ultimately, the combination of approaches taken gives us a template for identifying specific paleoredox regimes in a highly dynamic sedimentary and diagenetic system and demonstrates the potential to identify large-scale spatial redox heterogeneity among sub-basins within a single silled basinal complex.



DATA AVAILABILITY STATEMENT

The original contributions presented in the study are included in the article/Supplementary Material, further inquiries can be directed to the corresponding author/s.



AUTHOR CONTRIBUTIONS

DH, NR, and TL designed the study. DH, SB, DA, and NP contributed to analytical results. DH wrote the manuscript. All authors provided feedback on the manuscript.



FUNDING

DH acknowledges funding from NSF-OCE #1923218 and a Schlanger Ocean Drilling Fellowship. DH and NR acknowledge support by the Consortium for Ocean Leadership–U.S. Science Support Program. TL acknowledges support through NASA Astrobiology Institute under Cooperative Agreement No. NNA15BB03A issued through the Science Mission Directorate.



ACKNOWLEDGMENTS

We thank the captain and crew of the Greatship Manisha and the European Consortium of Ocean Drilling.



SUPPLEMENTARY MATERIAL

The Supplementary Material for this article can be found online at: https://www.frontiersin.org/articles/10.3389/feart.2021.671401/full#supplementary-material



REFERENCES

Algeo, T. J., and Lyons, T. W. (2006). Mo–total organic carbon covariation in modern anoxic marine environments: implications for analysis of paleoredox and paleohydrographic conditions. Paleoceanography 21. doi: 10.1029/2004PA001112

Algeo, T. J., and Tribovillard, N. (2009). Environmental analysis of paleoceanographic systems based on molybdenum–uranium covariation. Chem. Geol. 268, 211–225. doi: 10.1016/j.chemgeo.2009.09.001

Andrén, T., Björck, S., Andrén, E., Conley, D., Zillén, L., and Anjar, J. (2011). The Development of the Baltic Sea Basin during the last 130 ka, The Baltic Sea Basin. Berlin: Springer, 75–97.

Andrén, T., Jørgensen, B. B., Cotterill, C., Green, S., Andrén, E., Ash, J., et al. (2015a). “Site M0059,” in The Expedition 347 Scientists, Proc. IODP, eds T. Andrén, B. B. Jørgensen, C. Cotterill, and S. Green (College Station, TX: Integrated Ocean Drilling Program).

Andrén, T., Jørgensen, B. B., Cotterill, C., Green, S., Andrén, E., Ash, J., et al. (2015b). “Site M0063,” in The Expedition 347 Scientists, Proc. IODP, 347, eds T. Andrén, B. B. Jørgensen, C. Cotterill, and S. Green (College Station, TX: Integrated Ocean Drilling Program).

Andrén, T., Jørgensen, B. B., Cotterill, C., Green, S., Andrén, E., Ash, J., et al. (2015c). “Site M0065,” in The Expedition 347 Scientists, Proc. IODP, 347, eds T. Andrén, B. B. Jørgensen, C. Cotterill, and S. Green (College Station, TX: Integrated Ocean Drilling Program).

Ardakani, O. H., Hlohowskyj, S. R., Chappaz, A., Sanei, H., Liseroudi, M. H., and Wood, J. M. (2020). Molybdenum speciation tracking hydrocarbon migration in fine-grained sedimentary rocks. Geochim. Cosmochim. Acta 283, 136–148. doi: 10.1016/j.gca.2020.06.006

Arnold, G. L., Anbar, A., Barling, J., and Lyons, T. (2004). Molybdenum isotope evidence for widespread anoxia in mid-Proterozoic oceans. Science 304, 87–90. doi: 10.1126/science.1091785

Asael, D., Rouxel, O., Poulton, S. W., Lyons, T. W., and Bekker, A. (2018). Molybdenum record from black shales indicates oscillating atmospheric oxygen levels in the early Paleoproterozoic. Am. J. Sci. 318, 275–299. doi: 10.2475/03.2018.01

Asael, D., Tissot, F. L., Reinhard, C. T., Rouxel, O., Dauphas, N., Lyons, T. W., et al. (2013). Coupled molybdenum, iron and uranium stable isotopes as oceanic paleoredox proxies during the Paleoproterozoic Shunga Event. Chem. Geol. 362, 193–210. doi: 10.1016/j.chemgeo.2013.08.003

Azrieli-Tal, I., Matthews, A., Bar-Matthews, M., Almogi-Labin, A., Vance, D., Archer, C., et al. (2014). Evidence from molybdenum and iron isotopes and molybdenum uranium covariation for sulphidic bottom waters during Eastern Mediterranean sapropel S1 formation. Earth Planet. Sci. Lett. 393, 231–242. doi: 10.1016/j.epsl.2014.02.054

Barling, J., Arnold, G. L., and Anbar, A. (2001). Natural mass-dependent variations in the isotopic composition of molybdenum. Earth Planet. Sci. Lett. 193, 447–457. doi: 10.1016/s0012-821x(01)00514-3

Berner, R. A. (1969). Migration of iron and sulfur within anaerobic sediments during early diagenesis. Am. J. Sci. 267, 19–42. doi: 10.2475/ajs.267.1.19

Berner, R. A. (1980). Early Diagenesis: A Theoretical Approach. Princeton, NJ: Princeton University Press.

Berner, R. A., Baldwin, T., and Holdren, G. R. Jr. (1979). Authigenic iron sulfides as paleosalinit indicators. J. Sediment. Res. 49, 1345–1350.

Berner, R. A., and Raiswell, R. (1984). C/S method for distinguishing freshwater from marine sedimentary rocks. Geology 12, 365–368. doi: 10.1130/0091-7613(1984)12<365:cmfdff>2.0.co;2

Bertine, K. K., and Turekian, K. K. (1973). Molybdenum in marine deposits. Geochim. Cosmochim. Acta 37, 1415–1434. doi: 10.1016/0016-7037(73)90080-x

Björck, S., Andrén, T., and Jensen, J. B. (2008). An attempt to resolve the partly conflicting data and ideas on the Ancylus-Littorina transition. Polish Geol. Institute Special Papers 23, 21–26.

Boesen, C., and Postma, D. (1988). Pyrite formation in anoxic environments of the Baltic. Am. J. Sci. 288, 575–603. doi: 10.2475/ajs.288.6.575

Böning, P., Brumsack, H.-J., Böttcher, M. E., Schnetger, B., Kriete, C., Kallmeyer, J., et al. (2004). Geochemistry of Peruvian near-surface sediments. Geochim. Cosmochim. Acta 68, 4429–4451. doi: 10.1016/j.gca.2004.04.027

Borowski, W. S., Rodriguez, N. M., Paull, C. K., and Ussler, W. (2013). Are S-34-enriched authigenic sulfide minerals a proxy for elevated methane flux and gas hydrates in the geologic record? Mar. Petroleum Geol. 43, 381–395. doi: 10.1016/j.marpetgeo.2012.12.009

Böttcher, M. E., and Huckriede, H. (1997). First occurrence and stable isotope composition of authigenic gamma-MnS in the central Gotland Deep (Baltic Sea). Mar. Geol. 137, 201–205. doi: 10.1016/s0025-3227(96)00115-6

Böttcher, M. E., and Lepland, A. (2000). Biogeochemistry of sulfur in a sediment core from the west-central Baltic Sea: evidence from stable isotopes and pyrite textures. J. Mar. Syst. 25, 299–312. doi: 10.1016/s0924-7963(00)00023-3

Busigny, V., Planavsky, N. J., Jezequel, D., Crowe, S., Louvat, P., Moureau, J., et al. (2014). Iron isotopes in an Archean ocean analogue. Geochim. Cosmochim. Acta 133, 443–462. doi: 10.1016/j.gca.2014.03.004

Calvert, S., and Pedersen, T. (1996). Sedimentary geochemistry of manganese; implications for the environment of formation of manganiferous black shales. Econ. Geol. 91, 36–47.

Canfield, D., and Thamdrup, B. (2009). Towards a consistent classification scheme for geochemical environments, or, why we wish the term ‘suboxic’would go away. Geobiology 7, 385–392. doi: 10.1111/j.1472-4669.2009.00214.x

Canfield, D. E. (1989). Reactive iron in marine sediments. Geochim. Cosmochim. Acta 53, 619–632. doi: 10.1016/0016-7037(89)90005-7

Canfield, D. E., and Berner, R. A. (1987). Dissolution and pyritization of magnetite in anoxie marine sediments. Geochim. Cosmochim. Acta 51, 645–659. doi: 10.1016/0016-7037(87)90076-7

Canfield, D. E., Lyons, T. W., and Raiswell, R. (1996). A model for iron deposition to euxinic Black Sea sediments. Am. J. Sci. 296, 818–834. doi: 10.2475/ajs.296.7.818

Canfield, D. E., Raiswell, R., and Bottrell, S. H. (1992). The reactivity of sedimentary iron minerals toward sulfide. Am. J. Sci. 292, 659–683. doi: 10.2475/ajs.292.9.659

Carstensen, J., Andersen, J. H., Gustafsson, B. G., and Conley, D. J. (2014). Deoxygenation of the Baltic Sea during the last century. Proc. Natl. Acad. Sci. U.S.A. 111, 5628–5633. doi: 10.1073/pnas.1323156111

Chambers, L. A., and Trudinger, P. A. (1979). Microbiological fractionation of stable sulfur isotopes: a review and critique. Geomicrobiol. J. 1, 249–293. doi: 10.1080/01490457909377735

Chanton, J. P., and Martens, C. S. (1985). The effects of heat and stannous chloride addition on the active distillation of acid volatile sulfide from pyrite-rich marine sediment samples. Biogeochemistry 1, 375–382. doi: 10.1007/bf02187379

Cline, J. D. (1969). Spectrophotometric determination of hydrogen sulfide in natural waters. Limnol. Oceanogr. 14, 454–458. doi: 10.4319/lo.1969.14.3.0454

Dahl, T., Chappaz, A., Hoek, J., McKenzie, C. J., Svane, S., and Canfield, D. (2017). Evidence of molybdenum association with particulate organic matter under sulfidic conditions. Geobiology 15, 311–323. doi: 10.1111/gbi.12220

Dahl, T. W., Chappaz, A., Fitts, J. P., and Lyons, T. W. (2013). Molybdenum reduction in a sulfidic lake: evidence from X-ray absorption fine-structure spectroscopy and implications for the Mo paleoproxy. Geochim. Cosmochim. Acta 103, 213–231. doi: 10.1016/j.gca.2012.10.058

Dellwig, O., Leipe, T., März, C., Glockzin, M., Pollehne, F., Schnetger, B., et al. (2010). A new particulate Mn–Fe–P-shuttle at the redoxcline of anoxic basins. Geochim. Cosmochim. Acta 74, 7100–7115. doi: 10.1016/j.gca.2010.09.017

Dellwig, O., Schnetger, B., Brumsack, H.-J., Grossart, H.-P., and Umlauf, L. (2012). Dissolved reactive manganese at pelagic redoxclines (part II): hydrodynamic conditions for accumulation. J. Mar. Syst. 90, 31–41. doi: 10.1016/j.jmarsys.2011.08.007

Dellwig, O., Schnetger, B., Meyer, D., Pollehne, F., Hausler, K., and Arz, H. W. (2018). Impact of the major baltic inflow in 2014 on manganese cycling in the gotland deep (Baltic Sea). Front. Mar. Sci. 5:248.

Dellwig, O., Wegwerth, A., Schnetger, B., Schulz, H., and Arz, H. W. (2019). Dissimilar behaviors of the geochemical twins W and Mo in hypoxic-euxinic marine basins. Earth Sci. Rev. 193, 1–23. doi: 10.1016/j.earscirev.2019.03.017

Dijkstra, N., Hagens, M., Egger, M., and Slomp, C. P. (2018a). Post-depositional formation of vivianite-type minerals alters sediment phosphorus records. Biogeosciences 15, 861–883. doi: 10.5194/bg-15-861-2018

Dijkstra, N., Krupinski, N. B. Q., Yamane, M., Obrochta, S. P., Miyairi, Y., Yokoyama, Y., et al. (2018b). Holocene refreshening and reoxygenation of a bothnian sea estuary led to enhanced phosphorus burial. Estuaries Coasts 41, 139–157. doi: 10.1007/s12237-017-0262-x

Dijkstra, N., Slomp, C. P., Behrends, T., and Expedition, S. (2016). Vivianite is a key sink for phosphorus in sediments of the Landsort Deep, an intermittently anoxic deep basin in the Baltic Sea. Chem. Geol. 438, 58–72. doi: 10.1016/j.chemgeo.2016.05.025

Egger, M., Hagens, M., Sapart, C. J., Dijkstra, N., van Helmond, N. A., Mogollón, J. M., et al. (2017). Iron oxide reduction in methane-rich deep Baltic Sea sediments. Geochim. Cosmochim. Acta 207, 256–276. doi: 10.1016/j.gca.2017.03.019

Erickson, B. E., and Helz, G. R. (2000). Molybdenum (VI) speciation in sulfidic waters:: stability and lability of thiomolybdates. Geochim. Cosmochim. Acta 64, 1149–1158. doi: 10.1016/s0016-7037(99)00423-8

Eroglu, S., Scholz, F., Frank, M., and Siebert, C. (2020). Influence of particulate versus diffusive molybdenum supply mechanisms on the molybdenum isotope composition of continental margin sediments. Geochim. Cosmochim. Acta 273, 51–69. doi: 10.1016/j.gca.2020.01.009

Fehr, M. A., Andersson, P. S., Halenius, U., Gustafsson, O., and Mörth, C.-M. (2010). Iron enrichments and Fe isotopic compositions of surface sediments from the Gotland Deep, Baltic Sea. Chem. Geol. 277, 310–322. doi: 10.1016/j.chemgeo.2010.08.014

Fehr, M. A., Andersson, P. S., Hålenius, U., and Mörth, C.-M. (2008). Iron isotope variations in Holocene sediments of the Gotland Deep, Baltic Sea. Geochim. Cosmochim. Acta 72, 807–826. doi: 10.1016/j.gca.2007.11.033

Franck, H., Matthäus, W., and Sammler, R. (1987). Major inflows of saline water into the Baltic Sea during the present century. Gerlands Beiträge Geophys. 96, 517–531.

Froelich, P. N., Klinkhammer, G., Bender, M., Luedtke, N., Heath, G. R., Cullen, D., et al. (1979). Early oxidation of organic matter in pelagic sediments of the eastern equatorial Atlantic: suboxic diagenesis. Geochim. Cosmochim. Acta 43, 1075–1090. doi: 10.1016/0016-7037(79)90095-4

Fry, B., Jannasch, H. W., Molyneaux, S. J., Wirsen, C. O., Muramoto, J. A., and King, S. (1991). Stable isotope studies of the carbon, nitrogen and sulfur cycles in the Black Sea and the Cariaco Trench. Oceanogr. Res. Pap. 38, S1003– S1019.

Goldberg, T., Archer, C., Vance, D., and Poulton, S. W. (2009). Mo isotope fractionation during adsorption to Fe (oxyhydr) oxides. Geochim. Cosmochim. Acta 73, 6502–6516. doi: 10.1016/j.gca.2009.08.004

Goldhaber, M., and Kaplan, I. (1974). “The sulfur cycle,” in The Sea, Vol. 5, ed. E. D. Goldberg (New York, NY: Wiley-Interscience), 569–655.

Groeneveld, J., Filipsson, H. L., Austin, W. E. N., Darling, K., McCarthy, D., Krupinski, N. B. Q., et al. (2018). Assessing proxy signatures of temperature, salinity, and hypoxia in the Baltic Sea through foraminifera-based geochemistry and faunal assemblages. J. Micropalaeontol. 37, 403–429. doi: 10.5194/jm-37-403-2018

Gustafsson, B. G., and Westman, P. (2002). On the causes for salinity variations in the Baltic Sea during the last 8500 years. Paleoceanography 17, 12–11. doi: 10.1029/2000pa000572

Habicht, K. S., and Canfield, D. E. (2001). Isotope fractionation by sulfate-reducing natural populations and the isotopic composition of sulfide in marine sediments. Geology 29, 555–558. doi: 10.1130/0091-7613(2001)029<0555:ifbsrn>2.0.co;2

Hancock, L. G., Hardisty, D. S., Behl, R. J., and Lyons, T. W. (2019). A multi-basin redox reconstruction for the Miocene Monterey Formation, California, USA. Palaeogeogr. Palaeoclimatol. Palaeoecol. 520, 114–127. doi: 10.1016/j.palaeo.2019.01.031

Hardisty, D. S., Lyons, T. W., Riedinger, N., Isson, T. T., Owens, J. D., Aller, R. C., et al. (2018). An evaluatin of sedimentary molybdenum and iron as proxies for pore fluid paleoredox conditions. Am. J. Sci. 318, 527–556. doi: 10.2475/05.2018.04

Hardisty, D. S., Riedinger, N., Planavsky, N. J., Asael, D., Andrén, T., Jørgensen, B. B., et al. (2016). A Holocene history of dynamic water column redox conditions in the Landsort Deep, Baltic Sea. Am. J. Sci. 316, 713–745. doi: 10.2475/08.2016.01

Hartmann, M., and Nielsen, H. (2012). δ34S values in recent sea sediments and their significance using several sediment profiles from the western Baltic Sea. Isotopes Environ. Health Stud. 48, 7–32. doi: 10.1080/10256016.2012.660528

Hermans, M., Lenstra, W. K., van Helmond, N., Behrends, T., Egger, M., Seguret, M. J. M., et al. (2019). Impact of natural re-oxygenation on the sediment dynamics of manganese, iron and phosphorus in a euxinic Baltic Sea basin. Geochim. Cosmochim. Acta 246, 174–196. doi: 10.1016/j.gca.2018.11.033

Huckriede, H., and Meischner, D. (1996). Origin and environment of manganese-rich sediments within black-shale basins. Geochim. Cosmochim. Acta 60, 1399–1413. doi: 10.1016/0016-7037(96)00008-7

Hurtgen, M. T., Lyons, T. W., Ingall, E. D., and Cruse, A. M. (1999). Anomalous enrichments of iron monosulfide in euxinic marine sediments and the role of H2S in iron sulfide transformations: examples from Effingham Inlet, Orca Basin, and the Black Sea. Am. J. Sci. 299, 556–588. doi: 10.2475/ajs.299.7-9.556

Jilbert, T., Conley, D. J., Gustafsson, B. G., Funkey, C. P., and Slomp, C. P. (2015). Glacio-isostatic control on hypoxia in a high-latitude shelf basin. Geology 43, 427–430. doi: 10.1130/g36454.1

Jilbert, T., and Slomp, C. P. (2013). Rapid high-amplitude variability in Baltic Sea hypoxia during the Holocene. Geology 41, 1183–1186. doi: 10.1130/g34804.1

Jørgensen, B. B., Böttcher, M. E., Lüschen, H., Neretin, L. N., and Volkov, I. I. (2004). Anaerobic methane oxidation and a deep H2S sink generate isotopically heavy sulfides in Black Sea sediments. Geochim. Cosmochim. Acta 68, 2095–2118. doi: 10.1016/j.gca.2003.07.017

Kabel, K., Moros, M., Porsche, C., Neumann, T., Adolphi, F., Andersen, T. J., et al. (2012). Impact of climate change on the Baltic Sea ecosystem over the past 1,000 years. Nat. Clim. Change 2, 871–874. doi: 10.1038/nclimate1595

Kashiwabara, T., Takahashi, Y., and Tanimizu, M. (2009). A XAFS study on the mechanism of isotopic fractionation of molybdenum during its adsorption on ferromanganese oxides. Geochem. J. 43, e31–e36.

Kostka, J. E., and Luther, G. W. (1994). Partitioning and speciation of solid phase iron in saltmarsh sediments. Geochim. Cosmochim. Acta 58, 1701–1710. doi: 10.1016/0016-7037(94)90531-2

Kotthoff, U., Groeneveld, J., Ash, J. L., Fanget, A.-S., Krupinski, N. Q., Peyron, O., et al. (2017). Reconstructing Holocene temperature and salinity variations in the western Baltic Sea region: a multi-proxy comparison from the Little Belt (IODP Expedition 347, Site M0059). Biogeosciences 14, 5607–5632. doi: 10.5194/bg-14-5607-2017

Kowalski, N., Dellwig, O., Beck, M., Gräwe, U., Neubert, N., Nägler, T. F., et al. (2013). Pelagic molybdenum concentration anomalies and the impact of sediment resuspension on the molybdenum budget in two tidal systems of the North Sea. Geochim. Cosmochim. Acta 119, 198–211. doi: 10.1016/j.gca.2013.05.046

Krishnaswami, S. (1976). Authigenic transition elements in Pacific pelagic clays. Geochim. Cosmochim. Acta 40, 425–434. doi: 10.1016/0016-7037(76)90007-7

Leavitt, W. D., Halevy, I., Bradley, A. S., and Johnston, D. T. (2013). Influence of sulfate reduction rates on the Phanerozoic sulfur isotope record. Proc. Natl. Acad. Sci. U.S.A. 110, 11244–11249. doi: 10.1073/pnas.1218874110

Lenz, C., Jilbert, T., Conley, D. J., and Slomp, C. P. (2015a). Hypoxia-driven variations in iron and manganese shuttling in the Baltic Sea over the past 8 kyr. Geochem. Geophys. Geosyst. 16, 3754–3766. doi: 10.1002/2015gc005960

Lenz, C., Jilbert, T., Conley, D. J., Wolthers, M., and Slomp, C. P. (2015b). Are recent changes in sediment manganese sequestration in the euxinic basins of the Baltic Sea linked to the expansion of hypoxia? Biogeosciences 12, 4875–4894. doi: 10.5194/bg-12-4875-2015

Lepland, A., and Stevens, R. L. (1998). Manganese authigenesis in the landsort deep, Baltic Sea. Mar. Geol. 151, 1–25. doi: 10.1016/s0025-3227(98)00046-2

Li, Y.-H., and Gregory, S. (1974). Diffusion of ions in sea water and in deep-sea sediments. Geochim. Cosmochim. Acta 38, 703–714. doi: 10.1016/0016-7037(74)90145-8

Lin, Z. Y., Sun, X. M., Peckmann, J., Lu, Y., Xu, L., Strauss, H., et al. (2016). How sulfate-driven anaerobic oxidation of methane affects the sulfur isotopic composition of pyrite: a SIMS study from the South China Sea. Chem. Geol. 440, 26–41. doi: 10.1016/j.chemgeo.2016.07.007

Lyons, T. W. (1997). Sulfur isotopic trends and pathways of iron sulfide formation in upper Holocene sediments of the anoxic Black Sea. Geochim. Cosmochim. Acta 61, 3367–3382. doi: 10.1016/s0016-7037(97)00174-9

Lyons, T. W., and Kashgarian, M. (2005). Paradigm lost, paradigm found. Oceanography 18, 86–99. doi: 10.5670/oceanog.2005.44

Lyons, T. W., and Severmann, S. (2006). A critical look at iron paleoredox proxies: new insights from modern euxinic marine basins. Geochim. Cosmochim. Acta 70, 5698–5722. doi: 10.1016/j.gca.2006.08.021

Lyons, T. W., Werne, J. P., Hollander, D. J., and Murray, R. (2003). Contrasting sulfur geochemistry and Fe/Al and Mo/Al ratios across the last oxic-to-anoxic transition in the Cariaco Basin, Venezuela. Chem. Geol. 195, 131–157. doi: 10.1016/s0009-2541(02)00392-3

Manheim, F. T. (1961). A geochemical profile in the Baltic Sea. Geochim. Cosmochim. Acta 25, 52–70. doi: 10.1016/0016-7037(61)90059-x

Matthäus, W. (2006). The History of Investigation of Salt Water Inflows Into the Baltic Sea: From Early Beginning to Recent Results. Rostock: Institut für Meereskunde Warnemhunde.

Maynard, J. B. (1980). Sulfur isotopes of iron sulfides in Devonian-Mississippian shales of the Appalachian Basin – control by rate of sedimentation. Am. J. Sci. 280, 772–786. doi: 10.2475/ajs.280.8.772

Miller, C. A., Peucker-Ehrenbrink, B., Walker, B. D., and Marcantonio, F. (2011). Re-assessing the surface cycling of molybdenum and rhenium. Geochim. Cosmochim. Acta 75, 7146–7179. doi: 10.1016/j.gca.2011.09.005

Mohrholz, V., Naumann, M., Nausch, G., Krüger, S., and Gräwe, U. (2015). Fresh oxygen for the Baltic Sea—an exceptional saline inflow after a decade of stagnation. J. Mar. Syst. 148, 152–166. doi: 10.1016/j.jmarsys.2015.03.005

Morford, J. L., Martin, W. R., François, R., and Carney, C. M. (2009). A model for uranium, rhenium, and molybdenum diagenesis in marine sediments based on results from coastal locations. Geochim. Cosmochim. Acta 73, 2938–2960. doi: 10.1016/j.gca.2009.02.029

Morse, J. W., and Cornwell, J. C. (1987). Analysis and distribution of iron sulfide minerals in recent anoxic marine sediments. Mar. Chem. 22, 55–69. doi: 10.1016/0304-4203(87)90048-x

Mort, H. P., Slomp, C. P., Gustafsson, B. G., and Andersen, T. J. (2010). Phosphorus recycling and burial in Baltic Sea sediments with contrasting redox conditions. Geochim. Cosmochim. Acta 74, 1350–1362. doi: 10.1016/j.gca.2009.11.016

Nägler, T., Neubert, N., Böttcher, M., Dellwig, O., and Schnetger, B. (2011). Molybdenum isotope fractionation in pelagic euxinia: evidence from the modern Black and Baltic Seas. Chem. Geol. 289, 1–11. doi: 10.1016/j.chemgeo.2011.07.001

Nägler, T. F., Anbar, A. D., Archer, C., Goldberg, T., Gordon, G. W., Greber, N. D., et al. (2014). Proposal for an international molybdenum isotope measurement standard and data representation. Geostandards Geoanal. Res. 38, 149–151.

Neubert, N., Heri, A. R., Voegelin, A. R., Nägler, T. F., Schlunegger, F., and Villa, I. M. (2011). The molybdenum isotopic composition in river water: constraints from small catchments. Earth Planet. Sci. Lett. 304, 180–190. doi: 10.1016/j.epsl.2011.02.001

Neubert, N., Nägler, T. F., and Böttcher, M. E. (2008). Sulfidity controls molybdenum isotope fractionation into euxinic sediments: evidence from the modern Black Sea. Geology 36, 775–778. doi: 10.1130/g24959a.1

Ni, S., Krupinski, N. B. Q., Groeneveld, J., Fanget, A. S., Böttcher, M. E., Liu, B., et al. (2020). Holocene hydrographic variations from the baltic-North Sea transitional area (IODP Site M0059). Paleoceanogr. Paleoclimatol. 35, 1–20.

Noordmann, J., Weyer, S., Montoya-Pino, C., Dellwig, O., Neubert, N., Eckert, S., et al. (2014). Uranium and molybdenum isotope systematics in modern euxinic basins: case studies from the central Baltic Sea and the Kyllaren fjord (Norway). Chem. Geol. 396, 182–195. doi: 10.1016/j.chemgeo.2014.12.012

Papadomanolaki, N. M., Dijkstra, N., van Helmond, N. A. G. M., Hagens, M., Bauersachs, T., Kotthoff, U., et al. (2018). Controls on the onset and termination of past hypoxia in the Baltic Sea. Palaeogeogr. Palaeoclimatol. Palaeoecol. 490, 347–354. doi: 10.1016/j.palaeo.2017.11.012

Pasquier, V., Sansjofre, P., Rabineau, M., Revillon, S., Houghton, J., and Fike, D. A. (2017). Pyrite sulfur isotopes reveal glacial-interglacial environmental changes. Proc. Natl. Acad. Sci. U.S.A. 114, 5941–5945. doi: 10.1073/pnas.1618245114

Planavsky, N. J., Slack, J. F., Cannon, W. F., O’Connell, B., Isson, T. T., Asael, D., et al. (2018). Evidence for episodic oxygenation in a weakly redox-buffered deep mid-Proterozoic ocean. Chem. Geol. 483, 581–594. doi: 10.1016/j.chemgeo.2018.03.028

Poulson Brucker, R. L., McManus, J., Severmann, S., and Berelson, W. M. (2009). Molybdenum behavior during early diagenesis: insights from Mo isotopes. Geochem. Geophys. Geosyst. 10:Q06010.

Poulton, S. W., and Canfield, D. E. (2005). Development of a sequential extraction procedure for iron: implications for iron partitioning in continentally derived particulates. Chem. Geol. 214, 209–221. doi: 10.1016/j.chemgeo.2004.09.003

Poulton, S. W., and Canfield, D. E. (2011). Ferruginous conditions: a dominant feature of the ocean through Earth’s history. Elements 7, 107–112. doi: 10.2113/gselements.7.2.107

Raiswell, R., Canfield, D., and Berner, R. (1994). A comparison of iron extraction methods for the determination of degree of pyritisation and the recognition of iron-limited pyrite formation. Chem. Geol. 111, 101–110. doi: 10.1016/0009-2541(94)90084-1

Raiswell, R., and Canfield, D. E. (1998). Sources of iron for pyrite formation in marine sediments. Am. J. Sci. 298, 219–245. doi: 10.2475/ajs.298.3.219

Raiswell, R., Hardisty, D., Lyons, T., Canfield, D., Owens, J., Planavsky, N., et al. (2018). The iron paleoredox proxies: a guide to the pitfalls, problems and proper practice. Am. J. Sci. 318, 491–526. doi: 10.2475/05.2018.03

Raiswell, R., Vu, H. P., Brinza, L., and Benning, L. G. (2010). The determination of labile Fe in ferrihydrite by ascorbic acid extraction: methodology, dissolution kinetics and loss of solubility with age and de-watering. Chem. Geol. 278, 70–79. doi: 10.1016/j.chemgeo.2010.09.002

Riedinger, N., Brunner, B., Krastel, S., Arnold, G. L., Wehrmann, L. M., Formolo, M. J., et al. (2017). Sulfur cycling in an iron oxide-dominated, dynamic marine depositional system: the Argentine continental margin. Front. Earth Sci. 5:33. doi: 10.3389/feart.2017.00033

Rudnicki, M. D., Elderfield, H., and Spiro, B. (2001). Fractionation of sulfur isotopes during bacterial sulfate reduction in deep ocean sediments at elevated temperatures. Geochim. Cosmochim. Acta 65, 777–789. doi: 10.1016/s0016-7037(00)00579-2

Scholz, F., Baum, M., Siebert, C., Eroglu, S., Dale, A. W., Naumann, M., et al. (2018). Sedimentary molybdenum cycling in the aftermath of seawater inflow to the intermittently euxinic Gotland Deep, Central Baltic Sea. Chem. Geol. 491, 27–38. doi: 10.1016/j.chemgeo.2018.04.031

Scholz, F., McManus, J., Mix, A. C., Hensen, C., and Schneider, R. R. (2014a). The impact of ocean deoxygenation on iron release from continental margin sediments. Nat. Geosci. 7, 433–437. doi: 10.1038/ngeo2162

Scholz, F., McManus, J., and Sommer, S. (2013). The manganese and iron shuttle in a modern euxinic basin and implications for molybdenum cycling at euxinic ocean margins. Chem. Geol. 355, 56–68. doi: 10.1016/j.chemgeo.2013.07.006

Scholz, F., Severmann, S., McManus, J., and Hensen, C. (2014b). Beyond the Black Sea paradigm: the sedimentary fingerprint of an open-marine iron shuttle. Geochim. Cosmochim. Acta 127, 368–380. doi: 10.1016/j.gca.2013.11.041

Scholz, F., Severmann, S., McManus, J., Noffke, A., Lomnitz, U., and Hensen, C. (2014c). On the isotope composition of reactive iron in marine sediments: redox shuttle versus early diagenesis. Chem. Geol. 389, 48–59. doi: 10.1016/j.chemgeo.2014.09.009

Scott, C., and Lyons, T. W. (2012). Contrasting molybdenum cycling and isotopic properties in euxinic versus non-euxinic sediments and sedimentary rocks: refining the paleoproxies. Chem. Geol. 324, 19–27. doi: 10.1016/j.chemgeo.2012.05.012

Severmann, S., Lyons, T. W., Anbar, A., McManus, J., and Gordon, G. (2008). Modern iron isotope perspective on the benthic iron shuttle and the redox evolution of ancient oceans. Geology 36, 487–490. doi: 10.1130/g24670a.1

Severmann, S., McManus, J., Berelson, W. M., and Hammond, D. E. (2010). The continental shelf benthic iron flux and its isotope composition. Geochim. Cosmochim. Acta 74, 3984–4004. doi: 10.1016/j.gca.2010.04.022

Siebert, C., Nägler, T. F., von Blanckenburg, F., and Kramers, J. D. (2003). Molybdenum isotope records as a potential new proxy for paleoceanography. Earth Planet. Sci. Lett. 211, 159–171. doi: 10.1016/s0012-821x(03)00189-4

Sim, M. S., Bosak, T., and Ono, S. (2011). Large sulfur isotope fractionation does not require disproportionation. Science 333, 74–77. doi: 10.1126/science.1205103

Sohlenius, G. (1996). Mineral magnetic properties of Late Weichselian−Holocene sediments from the northwestern Baltic Proper. Boreas 25, 79–88. doi: 10.1111/j.1502-3885.1996.tb00837.x

Sohlenius, G., Emeis, K.-C., Andrén, E., Andrén, T., and Kohly, A. (2001). Development of anoxia during the Holocene fresh–brackish water transition in the Baltic Sea. Mar. Geol. 177, 221–242. doi: 10.1016/s0025-3227(01)00174-8

Sohlenius, G., Sternbeck, J., Andrén, E., and Westman, P. (1996). Holocene history of the Baltic Sea as recorded in a sediment core from the Gotland Deep. Mar. Geol. 134, 183–201. doi: 10.1016/0025-3227(96)00047-3

Sohlenius, G., and Westman, P. (1998). Salinity and redox alternations in the northwestern Baltic proper during the late Holocene. Boreas 27, 101–114. doi: 10.1111/j.1502-3885.1998.tb00871.x

Sperling, E. A., Wolock, C. J., Morgan, A. S., Gill, B. C., Kunzmann, M., Halverson, G. P., et al. (2015). Statistical analysis of iron geochemical data suggests limited late Proterozoic oxygenation. Nature 523, 451–454. doi: 10.1038/nature14589

Sternbeck, J., and Sohlenius, G. (1997). Authigenic sulfide and carbonate mineral formation in Holocene sediments of the Baltic Sea. Chem. Geol. 135, 55–73. doi: 10.1016/s0009-2541(96)00104-0

Suess, E. (1979). Mineral phases formed in anoxic sediments by microbial decomposition of organic matter. Geochim. Cosmochim. Acta 43, 339–352. doi: 10.1016/0016-7037(79)90199-6

Taylor, P. D. P., Maeck, R., and Debievre, P. (1992). Determination of the absolute isotopic composition and atomic-weight of a reference sample of natural iron. Int. J. Mass Spectr. Ion Processes 121, 111–125. doi: 10.1016/0168-1176(92)80075-c

Taylor, S. R., and McLennan, S. M. (1995). The geochemical evolution of the continental crust. Rev. Geophys. 33, 241–265. doi: 10.1029/95rg00262

Teutsch, N., Schmid, M., Muller, B., Halliday, A. N., Burgmann, H., and Wehrli, B. (2009). Large iron isotope fractionation at the oxic-anoxic boundary in Lake Nyos. Earth Planet. Sci. Lett. 285, 52–60. doi: 10.1016/j.epsl.2009.05.044

Tossell, J. (2005). Calculating the partitioning of the isotopes of Mo between oxidic and sulfidic species in aqueous solution. Geochim. Cosmochim. Acta 69, 2981–2993. doi: 10.1016/j.gca.2005.01.016

van de Velde, S. J., Hylen, A., Kononets, M., Marzocchi, U., Leermakers, M., Choumiline, K., et al. (2020). Elevated sedimentary removal of Fe, Mn, and trace elements following a transient oxygenation event in the Eastern Gotland Basin, central Baltic Sea. Geochim. Cosmochim. Acta 271, 16–32. doi: 10.1016/j.gca.2019.11.034

van Helmond, N., Jilbert, T., and Slomp, C. P. (2018). Hypoxia in the Holocene Baltic Sea: comparing modern versus past intervals using sedimentary trace metals. Chem. Geol. 493, 478–490. doi: 10.1016/j.chemgeo.2018.06.028

van Helmond, N., Krupinski, N. B. Q., Lougheed, B. C., Obrochta, S. P., Andren, T., and Slomp, C. P. (2017). Seasonal hypoxia was a natural feature of the coastal zone in the Little Belt, Denmark, during the past 8 ka. Mar. Geol. 387, 45–57. doi: 10.1016/j.margeo.2017.03.008

van Wirdum, F., Andren, E., Wienholz, D., Koffhoff, U., Moros, M., Fanget, A.-S., et al. (2019). Middle to late holocene variations in salinity and primary productivity in the Central Baltic Sea: a multiproxy study from the landsort deep. Front. Mar. Sci. 6:51. doi: 10.3389/fmars.2019.00051

Vorlicek, T. P., Helz, G. R., Chappaz, A., Vue, P., Vezina, A., and Hunter, W. (2018). Molybdenum burial mechanism in sulfidic sediments: iron-sulfide pathway. Acs Earth Space Chem. 2, 565–576. doi: 10.1021/acsearthspacechem.8b00016

Wagner, M., Chappaz, A., and Lyons, T. W. (2017). Molybdenum speciation and burial pathway in weakly sulfidic environments: insights from XAFS. Geochim. Cosmochim. Acta 206, 18–29. doi: 10.1016/j.gca.2017.02.018

Warnock, J., Andren, E., Juggins, S., Lewis, J., Ryves, D. B., Andren, T., et al. (2020). A high-resolution diatom-based Middle and Late Holocene environmental history of the Little Belt region, Baltic Sea. Boreas 49, 1–16. doi: 10.1111/bor.12419

Wasylenki, L. E., Rolfe, B. A., Weeks, C. L., Spiro, T. G., and Anbar, A. D. (2008). Experimental investigation of the effects of temperature and ionic strength on Mo isotope fractionation during adsorption to manganese oxides. Geochim. Cosmochim. Acta 72, 5997–6005. doi: 10.1016/j.gca.2008.08.027

Wijsman, J. W., Middelburg, J. J., and Heip, C. H. (2001a). Reactive iron in Black Sea sediments: implications for iron cycling. Mar. Geol. 172, 167–180. doi: 10.1016/s0025-3227(00)00122-5

Wijsman, J. W., Middelburg, J. J., Herman, P. M., Böttcher, M. E., and Heip, C. H. (2001b). Sulfur and iron speciation in surface sediments along the northwestern margin of the Black Sea. Mar. Chem. 74, 261–278. doi: 10.1016/s0304-4203(01)00019-6

Wortmann, U. G., Bernasconi, S. M., and Böttcher, M. E. (2001). Hypersulfidic deep biosphere indicates extreme sulfur isotope fractionation during single-step microbial sulfate reduction. Geology 29, 647–650. doi: 10.1130/0091-7613(2001)029<0647:hdbies>2.0.co;2

Zerkle, A. L., Scheiderich, K., Maresca, J. A., Liermann, L. J., and Brantley, S. L. (2011). Molybdenum isotope fractionation by cyanobacterial assimilation during nitrate utilization and N2 fixation. Geobiology 9, 94–106. doi: 10.1111/j.1472-4669.2010.00262.x

Zhou, X., Jenkyns, H. C., Lu, W., Hardisty, D. S., Owens, J. D., Lyons, T. W., et al. (2017). Organically bound iodine as a bottom-water redox proxy: preliminary validation and application. Chem. Geol. 457, 95–106. doi: 10.1016/j.chemgeo.2017.03.016

Zillén, L., Conley, D. J., Andrén, T., Andrén, E., and Björck, S. (2008). Past occurrences of hypoxia in the Baltic Sea and the role of climate variability, environmental change and human impact. Earth Sci. Rev. 91, 77–92. doi: 10.1016/j.earscirev.2008.10.001


Conflict of Interest: The authors declare that the research was conducted in the absence of any commercial or financial relationships that could be construed as a potential conflict of interest.

Copyright © 2021 Hardisty, Riedinger, Planavsky, Asael, Bates and Lyons. This is an open-access article distributed under the terms of the Creative Commons Attribution License (CC BY). The use, distribution or reproduction in other forums is permitted, provided the original author(s) and the copyright owner(s) are credited and that the original publication in this journal is cited, in accordance with accepted academic practice. No use, distribution or reproduction is permitted which does not comply with these terms.


		ORIGINAL RESEARCH
published: 18 August 2021
doi: 10.3389/feart.2021.669476


[image: image2]
Middle Ordovician Upwelling-Related Ironstone of North Wales: Coated Grains, Ocean Chemistry, and Biological Evolution
Sarah K. Dunn1, Peir K. Pufahl2,1*, J. Brendan Murphy3 and Stephen W. Lokier4
1Department of Earth and Environmental Science, Acadia University, Wolfville, Nova Scotia
2Department of Geological Sciences and Geological Engineering, Queen’s University, Kingston, ON, Canada
3Department of Earth Sciences, St. Francis Xavier University, Antigonish, Nova Scotia
4School of Ocean Sciences, Bangor University, Bangor, United Kingdom
Edited by:
Natascha Riedinger, Oklahoma State University, United States
Reviewed by:
Maxwell Lechte, McGill University, Canada
Michelle Abshire, Valley City State University, United States
* Correspondence: Peir K. Pufahl, peir.pufahl@queensu.ca
Specialty section: This article was submitted to Biogeoscience, a section of the journal Frontiers in Earth Science
Received: 18 February 2021
Accepted: 03 August 2021
Published: 18 August 2021
Citation: Dunn SK, Pufahl PK, Murphy JB and Lokier SW (2021) Middle Ordovician Upwelling-Related Ironstone of North Wales: Coated Grains, Ocean Chemistry, and Biological Evolution. Front. Earth Sci. 9:669476. doi: 10.3389/feart.2021.669476

Middle Ordovician phosphatic ironstone of the Welsh Basin provides new insight into the paleoenvironmental significance of ironstone and Ordovician ocean chemistry. Deposition occurred in a back-arc basin along the southern margin of Avalonia as the Rheic Ocean opened to the south. Ironstone is interpreted to have accumulated as part of an aggradational parasequence on a storm-dominated shelf with coastal upwelling. This parasequence has a laminated pyritic mudstone base that grades upward into variably bioturbated mudstone and coated grain-rich, intraclastic ironstone, which is overlain in turn by cross-stratified grainstone composed entirely of coated Fe grains. A coarser clastic parasequence composed of more proximal lithofacies rests conformably above and suggests the contact between the two parasequences is a maximum flooding surface marking the onset of highstand conditions. Lithofacies associations suggest that sustained coastal upwelling created a wedge of nutrient-rich, ferruginous seawater on the middle shelf that stimulated high surface ocean productivities. Large, coated Fe grains (granule size) composed of discontinuous and concentric carbonate fluorapatite, hematite, and chamosite cortical layers record fluctuations in pore water Eh that are interpreted to have been related to changes in upwelling intensity and intermittent storm reworking of the seafloor. Results support an emerging model for Ordovician ironstone underpinned by the development of ferruginous bottom water that was periodically tapped by coastal upwelling. Expanding, semi-restricted seaways such as the Rheic Ocean were ideal locations for the ponding of this anoxic, hydrothermally enriched seawater, especially during the early Paleozoic when the deep ocean was variably and inconsistently oxygenated. The coincidence of ironstone depositional episodes with graptolite diversification events suggests that, in addition to Fe, the sustained supply of upwelling-related P may have driven the radiation of some planktonic ecosystems during the Great Ordovician Biodiversification Event. Concomitant minor extinctions of benthic trilobites occurred as these ferruginous waters impinged on the shelf.
Keywords: ironstone, Wales, sedimentology, geochemistry, upwelling, ferruginous seawater, coated grains, biologic evolution
INTRODUCTION
Ironstone is a Phanerozoic marine biochemical sedimentary rock type with an Fe content of greater than 15 wt% (Van Houten and Bhattacharyya, 1982; Van Houten and Arthur, 1989; Young et al., 1989; Pufahl, 2010). Most ironstone is aluminous, phosphate-rich, and contemporaneous with major intervals of phosphorite accumulation (Young, 1992). Phosphorite, an important fertilizer ore, is also a marine biochemical sedimentary rock containing at least 18 wt% P2O5 (Filippelli, 2008; Pufahl, 2010). The two most prominent episodes of coincident ironstone-phosphorite deposition occurred in the Ordovician and the Jurassic (Van Houten and Arthur, 1989; Young, 1992). Both periods generally correspond to intervals of increased tectonic activity, elevated hydrothermal input, globally warm climate, and biologic radiation in the marine realm (Figure 1; Van Houten and Bhattacharyya, 1982; Van Houten and Arthur, 1989; Sturesson et al., 2000; Servais et al., 2010).
[image: Figure 1]FIGURE 1 | Ironstone deposition and related biological and climatic events. Ironstone histogram (Van Houten and Bhattacharyya, 1982), “Sepkoski” marine invertebrate diversity curve (Servais et al., 2009), tropical shelf area (Walker et al., 2002) and global climate (James and Jones, 2016). Teal line indicates temporal occurrence of Welsh Basin ironstone from this study. GOBE = Great Ordovician Biodiversification Event. Shades of purple highlight the correlation between the Paleozoic (dark purple) and Mesozoic-Cenozoic (light purple) pulses of ironstone deposition with faunal diversification.
The interplay of these processes ultimately controls the delivery, cycling, and sedimentation of Fe and P in the ocean (Pufahl, 2010; Föllmi, 2016). Although the deposition of phosphatic sediment is generally well understood (e.g., Föllmi, 1996; Pufahl and Groat, 2017), processes governing ironstone accumulation remain poorly constrained. Phosphatic ironstone of the Welsh Basin (ca. 467 Ma) provides a unique opportunity to investigate these processes and their potential relationship to the Great Ordovician Biodiversification Event (GOBE; ca. 480–445 Ma), which is the largest sustained marine radiation in Earth history (Servais et al., 2009, 2010; Edwards, 2019). A distinguishing characteristic of this ironstone is the occurrence of large coated Fe grains. The size and variable mineralogy of coated grains provide an unparalleled window into water column and seafloor processes that facilitated ironstone precipitation.
The oceanography and depositional environments of phosphatic ironstone in the Welsh Basin are herein constrained by documenting their sedimentology and sequence stratigraphy. The diagenesis and paragenesis of lithofacies are interpreted in this framework to place these ironstones in their paleoenvironmental context, providing the basis for understanding how changes in the benthic cycling of Fe and P produced coated Fe grains. Collectively, these data assist with understanding the relationship between changes in seawater chemistry, Ordovician tectonic events, and the GOBE.
GENERAL GEOLOGY AND STRATIGRAPHY
The Welsh Basin records major tectonic events in the early Paleozoic evolution of Avalonia (Figure 2). Sedimentation began in the Cambrian along a passive margin. By the Floian, the Welsh Basin had evolved into a back-arc basin with the onset of subduction along the southern flank of the Iapetus Ocean (Prigmore et al., 1997; Rushton and Howells. 1998; Brenchley et al., 2006; Howells, 2007; Murphy et al., 2008; van Staal et al., 2012). Such subduction caused rifting of Avalonia from Gondwana and the opening of the Rheic Ocean as a back-arc basin. As Avalonia drifted northward, the widening Rheic Ocean experienced increasing faunal endemism (Cocks and Torsvik, 2002; Fortey and Cocks, 2003; Linnemann et al., 2012; Pothier et al., 2015; Henderson et al., 2016). Arc-related volcanism in the Welsh Basin ceased when Baltica and Avalonia collided during the late Sandbian to earliest Katian (van Staal et al., 1998; Torsvik and Rehnström, 2003; Murphy et al., 2004; Henderson et al., 2016).
[image: Figure 2]FIGURE 2 | Simplified geological map of North Wales, United Kingdom. BG = Betws Garmon; ST = St. Tudwal’s Peninsula; R = Rhiw. From British Geological Survey materials © UKRI [2018].
In the Welsh Basin, Ordovician strata consist of the ironstone-bearing Ogwen Group (Woodcock, 1990), which is bounded by major, basin-wide unconformities. Its basal unconformity records uplift associated with the onset of Iapetan subduction whereas the upper unconformity developed during collision with Baltica (Woodcock, 1990; Rushton and Fortey, 2000; Brenchley et al., 2006; Howells, 2007). The Ogwen Group ranges in thickness from 1 to 2 km and preserves a continuous record of early Floian to middle Katian (Arenig to Caradoc in the United Kingdom) marine sedimentation (Rushton and Howells, 1998; Rushton and Fortey, 2000; Brenchley et al., 2006; Howells, 2007). From base to top, the Ogwen Group consists of the Wig Bach Formation, Llanengan Mudstone Formation, Tygarn Formation, unsubdivided Nant Ffrancon Subgroup, Ty’r Gawen Mudstone Formation, Cwm Eigiau Formation, and Nod Glas Formation (Figure 3; Rushton and Fortey, 2000). Collectively, these units define a fining upward and deepening succession from fan delta and shoreface deposits to deep-water, pyrite-rich, graptolitic mudstone (Howells and Smith, 1997; Rushton and Fortey, 2000; Young et al., 2002). Paleocurrent directions from cross-bedded and rippled sandstones indicate a predominance of east-northeast directed shelf currents on a south-easterly dipping paleoslope (Beckly, 1988; Young et al., 2002; Howells, 2007).
[image: Figure 3]FIGURE 3 | General stratigraphy of Ordovician sedimentary rocks, North Wales (modified from Rushton and Fortey, 2000). Only the ironstone of the Arenig/Llanvirn boundary was investigated in this study. Global (Cohen et al., 2019) and local series names (Cooper et al., 2012) are shown for comparison.
Phosphatic granular ironstone occurs as discrete decimeter-thick horizons in the Wig Bach, Tygarn and Ty’r Gawen Mudstone formations. These horizons are penecontemporaneous with other ironstone beds in eastern North America, southwestern Europe and North Africa (Young, 1989; Young et al., 1989; Woodcock, 1990; Young, 1992; Young et al., 2002; Todd et al., 2019), which also accumulated along the margins of the Rheic Ocean. Research herein focuses on the Darrwilian Hen-dy-Capel Ironstone Member of the Tygarn Formation (Figure 3; Trythall et al., 1987; Young et al., 2002) because it provides the clearest window into ironstone depositional processes. Unlike other ironstone horizons in Wales, the Hen-dy-Capel Ironstone Member is well-exposed in old mining adits and quarries.
METHODS
Three field sites and two drill cores were examined to investigate the lateral and vertical facies variation of the Hen-dy-Capel Ironstone Member (Figure 2). At Betws Garmon eight adits, mined during the 19th century and through World War 1 for steel production (Strahan et al., 1920), allowed lateral correlation of lithofacies along 1 km of depositional strike. Two field sites on St. Tudwal’s Peninsula in small, abandoned open pit mines yielded information on the regional variability of ironstone and associated facies. Drill cores from near the town of Rhiw (Brown and Evans, 1989) provided further insight into the stacking relationships of lithofacies. Stratigraphic sections were described on a bed-by-bed basis to develop a lithofacies nomenclature, define important sequence stratigraphic surfaces, and interpret paleoenvironments of deposition through time. The Folk classification (Folk, 1980) was used to define terrigenous clastic facies, whereas a modified Dunham classification scheme (Dunham, 1962) was employed to characterize ironstone because these chemical sedimentary rocks share similar textural attributes to limestone (Young, 1989; Pufahl, 2010). Bioturbation was categorized using the Droser and Bottjer (1986) ichnofabric index from 1 (no activity) to 6 (complete homogenization by bioturbation).
Seventy-four polished thin sections were examined using a Nikon Optiphot-POL transmitted and reflected light microscope. Modal compositions of minerals and fossils were estimated using a visual percentage chart (Terry and Chilingar, 1955) with an abundance index of rare (<10%), uncommon (11–40%), common (41–70%), and abundant (>70%). Minerals were identified in thin section by their petrographic characteristics and through profile-fitting of X-ray powder diffractograms. Plagioclase compositions were determined under transmitted light using the Michel-Lévy method (Sørensen, 2013).
Twelve whole rock powders were analyzed on a Malvern-Panalytical Empyrean Series 2 X-ray diffractometer with a programmable PIXcel3D area detector across scattering angles from 4° to 80° using a copper X-ray target source. Although a Cu source causes fluorescence of Fe-rich minerals, programming the peak height discrimination setting on the detector to 54% improved peak-to-background ratios on diffractograms for mineral identification in ironstone lithofacies. Mineralogy was interpreted from X-ray powder diffractograms using Malvern-Panalytical’s HighScore Plus software package.
Important paragenetic relationships were further analyzed using a JEOL JSM6400 scanning electron microscope (SEM) equipped with a Genesis Energy Dispersive X-ray Analyzer at the Microscopy and Microanalysis Facility at the University of New Brunswick—Fredericton. Backscattered electron images and energy dispersive X-ray spectra were generated using an accelerating voltage of 15 kV and a working distance of 27 mm. Carbonate-rich samples were also investigated using a Nikon Eclipse E400-POL microscope equipped with a Reliotron III cathodoluminescence system to understand paragenetic relationships not visible under transmitted and reflected light microscopy and SEM imaging.
Whole rock geochemical analysis of 60 samples provides major, minor, and trace element data to further constrain ironstone depositional processes. Analyses were performed at AGAT Laboratories, Mississauga, using a combination of Li borate fusion with an X-ray fluorescence finish and Na peroxide fusion with an inductively coupled plasma optical emission spectrometry (ICP-OES)/inductively coupled plasma mass spectrometry (ICP-MS) finish. Total organic C (TOC) was analyzed using LECO combustion infrared spectroscopy. Replicate analyses indicate a reproducibility for major elemental concentrations using Li borate fusion and an XRF finish of ± 2%. REE + Y and other trace element concentrations determined using a Na peroxide fusion and an ICP-OES/ICP-MS finish have a reproducibility of ±10%. The reproducibility of TOC concentrations using LECO combustion is ±1%. Organic-matter-rich lithofacies contain >0.5 wt% TOC (Trabucho-Alexandre, 2015). The geostandards SY-4 (diorite gneiss), 692 (iron ore), GBM998-10 (multi-metal nickel ore), and Till-2 (till) were used as matrix matching standards for various facies. Whole-rock geochemical data were plotted using GCDkit 5.0 in R 3.4.3 (Janoušek et al., 2016).
Rare earth elements and yttrium (REE + Y) concentrations are normalized with respect to the Post Archean Australian Shale standard (PAAS; McLennan, 1989) to understand redox controlled processes of Fe and P precipitation. Ce and Eu anomalies are calculated as shale normalized (subscript SN) CeSN/CeSN∗ and EuSN/EuSN∗, respectively (Bau et al., 2014), where:
CeSN∗ = 0.5LaSN + 0.5PrSN
EuSN∗ = 0.5SmSN + 0.5GdSN
Geochemical data are interpreted in paragenetic and sequence stratigraphic context to elucidate the source of Fe to the Welsh Basin and to create an oceanographic model for ironstone accumulation.
LITHOFACIES AND PALEOENVIRONMENT
Three terrigenous and four ironstone lithofacies are recognized in the Ogwen Group. Facies 1, 2, and 3 are siliciclastic and Facies 4, 5, 6, and 7 are authigenic and related to ironstone deposition. Lithofacies associations suggest deposition on an unrestricted, storm-dominated shelf.
Facies 1—Wavy Laminated Sandy Siltstone
Facies (F1) is composed of intercalated light and dark grey, wavy laminae that are 1–4 mm thick (Figures 4A,B). Light grey laminae are normally graded and composed of subrounded, very fine-grained and silt-sized quartz grains with rare detrital muscovite in a clay matrix. Dark grey laminae contain organic matter with disseminated silt-sized quartz grains and are locally bioturbated with an ichnofabric index of 2.
[image: Figure 4]FIGURE 4 | (A) F1 wavy laminated sandy siltstone outcrop at Betws Garmon. (B) Photomicrograph of F1 silt and very fine grained sand laminae of quartz and Fe-silicate (PPL). Sample HC-18-15 (C) F2 sharply overlying Fe-grainstone (F7) at Betws Garmon. Note near-vertical cleavage of the F2 slate. Hammer for scale is 30 cm in length; (D) F2 photomicrograph of low grade metamorphically altered shale (phyllite; PPL). Sample BG-18-01 (E) F3 outcrop separated by yellow line above laminated F2. Hammer for scale 30 cm (F) Photomicrograph of F3 Lithic and feldspar-rich grains. Note undulose and uniform extinction in quartz grains (XPL). Sample BG-18-17.
Light grey, sandy laminae are interpreted as distal tempestites that formed near storm wave base because storm-induced combined flow was too weak to produce hummocky cross-stratification (Plint, 2010; Smit et al., 2012). Dark grey laminae reflect suspension rain of sedimentary organic matter and silt-sized quartz grains during fairweather conditions (Parrish, 1982; Ghadeer and Macquaker, 2011). The bioturbated nature of some laminae indicates the seafloor was at times sufficiently oxygenated to permit infaunal colonization between storms (Droser and Bottjer, 1986; Schieber, 2003).
Facies 2—Parallel Laminated Micaceous Shale
Facies 2 (F2) is a densely cleaved, thinly laminated, organic matter-bearing shale (Figures 4C,D) with silt-sized detrital muscovite and quartz grains. The strong cleavage precludes the identification of burrows and other sedimentary structures that exist in some mudstone (Schieber, 2003; Ghadeer and Macquaker, 2011).
The microbial respiration of organic matter accumulating beneath a productive surface ocean is interpreted to have increased the biological oxygen demand at the sediment-water interface and limited the establishment of an infaunal community (Parrish, 1982; Droser and Bottjer, 1986; Dunbar and Barrett, 2005). Although not observed because of the cleavage, cryptoburrows, organo-mineralic aggregates, subtle erosion features, and floc-ripples that likely formed as mud accumulated near storm wave base through a combination of suspension settling, density flow, and traction currents (Schieber, 2003; Ghadeer and Macquaker, 2011).
Facies 3—Hummocky Cross-Stratified Sublitharenite
Facies 3 (F3) is a light grey, hummocky cross-stratified (HCS) sublitharenite (Figures 4E,F). Bedsets are sometimes difficult to discern because of intense localized bioturbation (ichnofabric index 6). Silt and fine sand-sized quartz, plagioclase (An35 - andesine), K-feldspar, and lithic clasts are subrounded and moderately well-sorted in a detrital clay matrix.
This facies is interpreted to have accumulated between fair-weather and storm wave-bases through combined flow (Dott and Bourgeois, 1982; Dumas and Arnott, 2006; Boyd, 2010; Quin, 2011; Mulhern et al., 2019). The intense bioturbation reflects accumulation on a well oxygenated seafloor. The immaturity of grains and occurrence of andesine probably records the delivery of clastic material derived from a proximal igneous source of intermediate to felsic composition (Anthony et al., 2001; Nesse, 2015).
Facies 4—Laminated Black Pyritic Mudstone
Facies 4 (F4) is a blue-black, organic matter-rich mudstone with an ichnofabric index of 1 (Figures 5A,B). Laminae are 1–3 mm thick and, in addition to abundant organic matter, contain common framboidal pyrite (Fe2+S2) and rare coated Fe grains. The most organic matter-rich laminae may also contain granule-sized, in situ carbonate fluorapatite (CFA; Ca10-a-bNaaMgb(PO4)6-x(CO3)x-y-z(CO3·F)x-y-z(SO4)zF2) peloids.
[image: Figure 5]FIGURE 5 | (A) Reflected light (RL) photomicrograph of F4 laminated pyritic mudstone displaying rare pyrite nodule to right of frame. Sample HC-18-08 (B) Bacteriogenic precipitate of CFA (photomicrograph in PPL). Sample HC-18-09 (C) Photomicrograph of F5 massive chamosite mudstone with very fine quartz silt and organics (PPL). Sample BG-18-34B (D) Framboidal pyrite preserved in F5, only occurs as local clusters 100–200 µm diameter (RL photomicrograph). Sample HC-18-04 (E) Transmitted light photomicrograph of burrow preserved in a phosphate intraclast with passive infilling by terrigenous grains in F6. (F) Reflected light photomicrograph showing abundant disseminated framboidal pyrite (bright specs) in organic rich F6. Sample HC-18-16.
The abundance of organic matter in this facies implies deposition beneath a highly productive surface ocean (Froelich et al., 1979; Challands et al., 2009; Piper and Calvert, 2009; Pufahl and Groat, 2017). The thinly laminated character of the facies suggests deposition below storm wave base. The lack of bioturbation and presence of framboidal pyrite are interpreted to record anoxic bottom and pore waters (Glenn and Arthur, 1988; Taylor and Macquaker, 2000; Schieber, 2003. The co-occurrence of framboidal pyrite and in situ authigenic CFA peloids indicate that as sedimentary organic matter was respired by a consortium of microbes, bacterial sulfate reduction not only produced H2S for pyrite precipitation, but also released phosphate to pore water for phosphogenesis (Schieber, 2002; Arning et al., 2009; Taylor and Konhauser, 2011; Hiatt et al., 2015).
Facies 5—Bioturbated Chamositic Mudstone
Facies 5 (F5) is a dark blue-black chamositic mudstone (Figures 5C,D). Bioturbation has destroyed bedding (ichnofabric index of 4–5) to create diffuse layers containing varying proportions of silt-sized quartz grains and rare, granule-to pebble-sized coated Fe grains. Coated grain mineralogy is dependent on whether cortical layers completely or partially envelop the nucleus. Continuous cortical layers are composed primarily of chamosite (Fe2+3Mg1.5AlFe3+0.5Si3AlO12(OH)6) intercalated with CFA and chert (SiO2). Discontinuous cortical layers are typically dominated by goethite (Fe3+O(OH)) or hematite (Fe3+2O3). More organic-rich areas of this facies also contain rare framboidal pyrite and rare pebble-sized CFA nodules (1–3 cm in diameter).
Pervasive bioturbation and the occurrence of chamosite are characteristic of a well oxygenated seafloor and suboxic sediment pile where precipitation near the Fe-redox boundary produced coated grains (Droser and Bottjer, 1986; Glenn and Arthur, 1988; Pufahl and Grimm, 2003). Suboxic in this sense refers to a relative measure of oxygen levels in the sediment and does not refer to specific oxygen concentrations (cf. Canfield and Thamdrup, 2009).
Chamosite characteristically contains both Fe2+ and Fe3+ and thus, is interpreted to have precipitated during suboxic authigenesis in conditions that straddled the Fe-redox boundary (Harder, 1980; Glenn and Arthur, 1988; Pufahl and Grimm, 2003). Fe-redox pumping probably sustained precipitation by maintaining high levels of Fe beneath the seafloor. Fe-redox pumping is a cyclic mechanism that concentrates mobile Fe2+ in pore water through the dissolution of Fe-(oxyhydr)oxide buried below the Fe redox interface (Heggie et al., 1990). Dissolution and liberation of Fe2+ is aided by the microbial reduction of Fe (Konhauser et al., 2011). The escape of Fe out of the sediment is prevented by reprecipitation of Fe-(oxyhydr)oxide above this boundary.
As in coated phosphate grains, intercalated CFA and chert cortical layers in coated chamosite grains are interpreted to record minor fluctuations in the vertical position of the Fe-redox boundary in sediment and changes in the concentrations of pore water phosphate and silica. Phosphate was probably released to pore water through a combination of Fe-redox pumping, which also concentrates pore water P, and microbial degradation of sedimentary organic matter (Heggie et al., 1990; Jarvis et al., 1994; Arning et al., 2009; Hiatt et al., 2015; Pufahl and Groat, 2017). Silicon required for chamosite precipitation was probably derived from silica remobilized through the dissolution of sponge spicules in the sediment.
Coated grains composed of discontinuous hematite and goethite cortical layers preserve micro-unconformities and indicate that F5 is a condensed facies (Todd et al., 2019). These internal cortical erosion surfaces record multiple episodes of precipitation, exhumation, and erosion, followed by reburial and further precipitation near the Fe redox boundary (Pufahl and Grimm, 2003). Such stratigraphic condensation is interpreted to have stabilized this zone of precipitation beneath the seafloor long enough to create pebble-sized coated grains (Pufahl and Grimm, 2003; Raiswell and Canfield, 2012; Föllmi, 2016).
The growth of pebble-sized CFA nodules also reflects the importance of low sedimentation rates on maintaining high pore water phosphate levels (Jarvis et al., 1994; Föllmi, 2016; Pufahl and Groat, 2017). As in F4, the co-occurrence of framboidal pyrite indicates bacterial sulfate reduction was an important source of this phosphate.
Facies 6: Structureless Coated Fe Grain Packstone
Facies 6 (F6) is generally a blue-black, structureless, chamositic packstone composed of coarse-grained to granule-sized coated Fe grains, mudstone intraclasts, and pebble-sized CFA nodules (Figures 5E,F). Locally, HCS and scouring occur where the grainsize is finer. Matrix material is a chamosite-rich siltstone containing sponge spicules and framboidal pyrite. Although bioturbation appears negligible (ichnofabric index of 2), the grain size and dark colour make it difficult to assess.
Large coated Fe grains (ca. 15 mm in diameter) are the most conspicuous characteristic of this facies (Figures 6A,B). Grain cortices are formed of concentric and discontinuous layers of CFA, hematite, and chamosite. Cortical layers nucleated on chamositic mudstone clasts, sponge spicules, and benthic foraminifera.
[image: Figure 6]FIGURE 6 | (A) F6 Field photograph displaying the coarsest coated grains (ca. 15 mm) observed in the Welsh ironstone, Betws Garmon. Yellow dashed ellipse highlights pebble-sized phosphtaic nodule. 15 cm marker for scale. (B) F6 Thin section photomicrograph of a, Fe-silicate rich coated grain preserved within a CFA nodule. Mineralogical variation of laminae is apparent. Sample HC-18-07. (C,D) F6 transmitted light photomicrographs of silicified benthic foraminifera subsequently coated in CFA and chamosite laminae. (E) F7 transmitted and reflected light photomicrograph of magnetitic grainstone with cement oxidizing to goethite (orange). Sample BG -18-06. (F) F7 transmitted light photomicrograph of magnetitic grainstone with chamosite cement (light green). Spastolithic deformation with later compaction fractures from burial pressure after cementation. White arrow indicates spalled cortical layers in coated grain. Sample BG-18-26.
The authigenic processes that produced coated grains, CFA nodules, and framboidal pyrite are similar to those that produced coated grains in F5. The occurrence of coated grains and intraclasts reinforce the interpretation that F6 is also a condensed facies (Pufahl and Grimm, 2003; Föllmi, 2016; Todd et al., 2019), but the HCS and scouring suggests reworking by waves above storm wave base (Dott and Bourgeois, 1982; Dumas and Arnott, 2006; Quin, 2011). The abundance of sponge spicules implies a productive and well-oxygenated middle shelf capable of supporting filter feeders (Botting and Muir, 2013; Kidder and Tomescu, 2016). The nucleation of CFA on spicules indicates authigenic precipitation was rapid, occurring before the spicules dissolved and silica was remobilized through pore water (Behl and Garrison, 1994).
Facies 7—Trough Cross-Stratified Coated Fe Grain Grainstone
Facies 7 (F7) is a blue-black trough cross-stratified grainstone. Trough cross-stratified beds are ca. 10–50 cm thick and composed of well-sorted, fine-grained coated Fe grains (Figures 6C–F). Intraclast lags of reworked and broken CFA nodules occur at the base of some beds. In some beds, intense bioturbation (ichnofabric index of 6) has destroyed foresets and homogenized bedding contacts. Pore spaces are filled with chamosite and goethite (Figure 6E). Coated grains have a detrital quartz nucleus with discontinuous cortical layers composed primarily of chamosite and rare hematite. Where metamorphosed, grain cortices are altered to magnetite (Fe2+Fe3+2O4). Spastolithic deformation indicates grains were soft during early burial, and fracturing occurred after cementation during compaction from burial pressure (Figure 6F).
Small-scale trough cross-stratification generally reflects traction current deposition near fair weather wave base (Shanmugam et al., 1993; Dumas and Arnott, 2006; Plint, 2010). Fair weather waves and unidirectional currents are interpreted to have exhumed coated grains actively precipitating beneath the seafloor, reworking them into subaqueous dunes. Frequent reworking of the seafloor and exhumation of sediment in this proximal environment produced smaller coated grains with numerous cortical erosion surfaces (Todd et al., 2019). Chamosite cementing grains is interpreted to have precipitated where coated grains were buried deep enough to stop their exhumation. Although such reworking was a prerequisite for the genesis of coated grains in this facies, it prevented the authigenic cementation of grains until they were immobilized through burial (Pufahl and Grimm, 2003). Goethite between grains is probably a by-product of the oxidative chemical weathering of chamosite (Masuda et al., 2012; Galmed et al., 2021).
SEQUENCE STRATIGRAPHY
A parasequence is a relatively conformable succession of genetically related beds bounded at the bottom and top by flooding surfaces (Van Wagoner et al., 1988). Parasequences are the primary components of systems tracts, which define a stratigraphic sequence recording deposition through a complete sea level cycle (Catuneanu et al., 2011; Couneanu, 2019). Thus, parasequences record smaller scale fluctuations in relative sea level superimposed on longer wavelengths of sea level oscillation.
Outcrop exposures and lithofacies stacking patterns indicate that two laterally correlative parasequences are preserved in the study area (Figure 7). At Betws Garmon, vertical and lateral facies trends are consistent between mine adits along 0.8 km of depositional strike. With minor variations in facies thickness, these trends are persistent between Betws Garmon, St. Tudwal’s Peninsula and Rhiw.
[image: Figure 7]FIGURE 7 | Composite stratigraphic column showing stacking patterns of Welsh Basin ironstone. A shallowing-upward parasequence of abundant chemical sediments is sharply overlain by coarsening upward siliciclastic facies representing fundamentally different depositional regimes, of the transgressive and highstand system tracks (TST and HST), respectively. Grains size mud = mud, silt = silt, vfg = very fine grained, fg = fine-grained, mg = medium grained, vcg = very coarse grained, gran = granule, pbl = pebble, cbl = cobble.
Parasequence 1 is an aggradational ironstone succession that is at least 8 m thick. This parasequence is interpreted to record a gradual change from distal through middle shelf sedimentation to deposition near fair weather wave base. Basal laminated, organic-rich mudstone (F4) accumulated below storm wave base and grades stratigraphically upward into a bioturbated mudstone (F5) that was the locus of intense authigenesis. These mudstones are rich in chamosite and are, in turn, overlain by an intraclastic, Fe coated grain packstone with locally developed HCS (F6), which records shallowing to just above storm wave base. The top of Parasequence 1 is a trough cross stratified grainstone (F7) reflecting continued aggradation and increased reworking of coated grains near fair weather wave base. Such intense reworking, winnowing, and authigenesis in this chemical sedimentary succession is consistent with stratigraphic condensation in a late transgressive systems tract, suggesting its upper contact is the maximum flooding surface (MFS; Catuneanu et al., 2011; Föllmi, 2016; Catuneanu, 2019).
Parasequence 2 rests sharply on Parasequence 1 and is interpreted to record progradation of clastic middle shelf deposits during early highstand conditions. Unlike Parasequence 1, Parasequence 2 lacks an authigenic overprint and is purely clastic in nature. Parasequence 2 coarsens upward from micaceous shale (F2) and interbedded siltstone (F1), reflecting accumulation below storm wave base, to an HCS sublitharenite (F3) recording deposition between storm and fair weather wave bases. The top of Parasequence 2 is the modern erosion surface.
The link between ironstone deposition and maximum flooding is observed in other Paleozoic ironstones (Young, 1992; Todd et al., 2019; Pufahl et al., 2020). The MFS marks the deepest water facies in a sequence and the change from retrogradational to progradational parasequence stacking (Catuneanu et al., 2011; Catuneanu, 2019). Because the MFS represents the time at which the accommodation is greatest, siliciclastics are trapped in nearshore environments to favour stratigraphic condensation and authigenesis on the distal shelf (Glenn et al., 1994; Taylor and Macquaker, 2000; Pufahl and Groat, 2017). Such low rates of clastic sedimentation stabilize the zone of authigenesis beneath the seafloor (cf. Föllmi, 2016) and permit waves to rework precipitating authigenic muds and coated Fe grains into granular deposits (Todd et al., 2019; Pufahl et al., 2020; Matheson and Frank, 2021).
GEOCHEMISTRY
Authigenic lithofacies (F5, F6, F7) composing Parasequence 1 contains Fe2O3 total, SiO2, and Al2O3 concentrations that total >80 wt% (Table 1), reflecting the abundance of goethite, hematite, chamosite, metamorphic magnetite, and chert. TOC concentrations are highest at the base of Parasequence 1 (F4) with a maximum value of 4.6 wt% (Table 1). P2O5 concentrations are greatest in the middle of Parasequence 1 (F2) with values that range between 0.6 and 8.9 wt% (Table 1). TiO2 and K2O concentrations are low and <1 wt% through the thickness of this parasequence (Table 1). In siliciclastic facies (F1, F2, F3) of Parasequence 2, TiO2 and K2O concentrations are higher than in Parasequence 1 with maximum values of 1.02 wt% and wt. 3.65%, respectively (Table 1).
TABLE 1 | Major element and total organic carbon (TOC) concentrations in lithofacies of the Hen-dy-Capel Ironstone Member, Tygarn Formation.
[image: Table 1]Total REE + Y concentrations in all lithofacies vary between 178 and 560 ppm Table 2). Authigenic facies (F5, F6, F7) of Parasequence 1 are enriched in middle rare earth elements (MREE) and heavy rare earth elements (HREE). Ce/Ce* and Eu/Eu* values in both parasequences range from 0.801 to 1.25 and 0.606 to 1.13, respectively. True negative Ce anomalies characterize the base of Parasequence 1 (Figure 8; Bau and Dulski, 1994; Bau et al., 1996; Planavsky et al., 2010). Ce/Ce* and Pr/Pr* values in bioturbated chamositic mudstone at the base (F5) range between 0.85 and 0.93 and between 1.06 and 1.13, respectively. Negative Eu anomalies occur in terrigenous clastic (F1, F2) lithofacies and samples of authigenic facies (F5, F6) with a significant detrital component. In samples of authigenic facies (F5, F6) devoid of siliciclastics and containing ≥1 wt% of synsedimentary CFA, minor positive Eu anomalies are common (Figure 9).
TABLE 2 | REE + Y concentrations in lithofacies of the Hen-dy-Capel Ironstone Member, Tygarn Formation.
[image: Table 2][image: Figure 8]FIGURE 8 | Plot of Ce and Pr anomalies. Grey areas indicate no true anomaly (Bau and Dulski, 1994; Planavsky et al., 2010). Colours reflect facies: blue = clastic rich F1 and F3, green = F5, brown = F6, red = F7, red crosses = F7 from drill core. ‘True’ Ce anomalies are defined by Ce versus Pr values above and below unity, discriminating between positive La and true negative Ce anomalies as described by Bau and Dulski (1994).
[image: Figure 9]FIGURE 9 | PAAS-normalized REE distribution of P-rich samples (>3 wt%) from Welsh Basin ironstone (Table 2). Colours reflect facies: blue = clastic rich F1 and F3, green = F5, brown = F6, red = F7, red crosses = F7 from drill core.
Average concentrations of the redox elements V, Cr, and Zn in authigenic facies are 393 ppm, 163 ppm, and 156 ppm, respectively, which are significantly higher than shale composite values of 130 ppm, 125 ppm, and 100 pm (Table 3; Morgan et al., 1978; Gromet et al., 1984; Condie, 1993). Other Eh sensitive elements such as Mo, Ni, U are near shale composite values, whereas Pb, Co, and Cu are lower (Figure 10; Morgan et al., 1978; Gromet et al., 1984; Condie 1993).
TABLE 3 | Trace metal concentrations + Fe in lithofacies of the Hen-dy-Capel Ironstone Member, Tygarn Formation.
[image: Table 3][image: Figure 10]FIGURE 10 | Redox sensitive trace metals (ppm) versus Fe concentrations (%; Table 3). Black line denotes shale composite concentrations: Cr = 125 ppm, V = 130 ppm, Zn = 100 ppm, U = 2.7 ppm, Ni = 58 ppm, Cu = 35 ppm, Pb = 20ppm, Mo = 2 ppm; Co = 25 ppm (Composite values from Morgan et al., 1978; Gromet et al., 1984; Condie 1993). Colours reflect facies: blue = clastic rich F1 and F3, green = F5, brown = F6, red = F7, red crosses = F7 from drill core.
Seawater Redox Conditions and Fe Source
The REE + Y composition of authigenic facies provide important insights into the presence of oxygen gradients in the Welsh Basin during ironstone accumulation. Because these elements are thought to be relatively immobile during hydrothermal and metamorphic alteration, they are interpreted as a proxy for seawater Eh at the time of deposition (Elderfield and Greaves, 1982; Bau, 1991). The concentration of REE + Y in pore water can mimic that of seawater just beneath the seafloor but changes systematically with decreasing Eh as the pore water system becomes progressively more isolated beneath the sediment-water interface during burial (Haley et al., 2004). MREE-HREE enrichment and a trend towards negative Ce anomalies through the thickness of Parasequence 1 (F4, F5, F6, F7; Figure 8) support sedimentologic data indicating siliciclastic sediment was trapped in the nearshore, resulting in increased authigenesis in progressively deeper and increasingly anoxic environments away from the coast (Piper et al., 1988; Dubinin, 2004; Bau et al., 2014).
On the middle shelf, oxidative scavenging by synsedimentary Fe-(oxyhydr)oxides removed Ce from seawater producing a negative Ce anomaly in CFA-rich facies (F6, F7; Elderfield and Greaves, 1982; Bau, 1991; Ohta and Kawabe, 2001). Authigenic CFA readily incorporates REEs during precipitation, passively recording the contemporary seawater signature to chemical sediments accumulating away from the direct influence of terrigenous clastic input (Jarvis et al., 1994; Watkins et al., 1995). The enrichment of MREEs and HREEs in CFA-rich facies probably reflects the preferential removal of the other light rare earth elements (LREE), which are scavenged compared to the heavier REEs due to their lower stability in seawater Ce (Jarvis et al., 1994).
Minor positive Eu anomalies in chamosite- and phosphate-rich authigenic facies (F5, F6) suggest ironstone deposition was fueled by the delivery of anoxic seawater enriched in hydrothermally derived Fe (McLennan, 1989; Derry and Jacobsen, 1990; Danielson et al., 1992; Erel and Stolper, 1993; Klein, 2005; Hannigan et al., 2010). At mid-ocean ridges, Eu is reduced during the alteration of basalt resulting in decreased sorption of Eu2+ compared to Eu3+, producing discharging fluids enriched in total Eu (Danielson et al., 1992; Klein, 2005). In oxidizing environments away from the vent, Eu is scavenged by precipitating Fe-(oxyhydr)oxide to produce a positive Eu anomaly in accumulating authigenic Fe deposits. Because Eu anomalies are not produced by other REE + Y sources they are considered a robust indicator of hydrothermal input (Derry and Jacobsen, 1990; Olivarez and Owen, 1991; Danielson et al., 1992; Bau and Dulski, 1999; Bayon et al., 2015). The opening Rheic Ocean was ideal for the production and ponding of hydrothermally derived ferruginous seawater (Figure 11; Todd et al., 2019; Pufahl et al., 2020). Mid-ocean ridges discharged hydrothermal Fe as Avalonia rifted from Gondwana. Areas of early back-arc extension in the Welsh Basin may have locally increased this supply of hydrothermal Fe (Kokelaar et al., 1984; Woodcock, 1990; Brenchley et al., 2006; Howells, 2007). Sluggish seawater exchange in this narrow seaway is thought to have allowed anoxic bottom water to develop and transport Fe away from areas of active spreading.
[image: Figure 11]FIGURE 11 | Paleogeography of the Middle Ordovician. Global dispersal of continents and major oceans with paleo surface currents (modified from Torsvik and Cocks, 2013; Pohl et al., 2016).
The delivery of ferruginous seawater to continental shelves via coastal upwelling is analogous to the Precambrian when widespread anoxia allowed hydrothermal Fe to concentrate in the global ocean (Pufahl et al., 2020; Matheson and Pufahl, 2021). In the Neoarchean and Paleoproterozoic, the combination of a large Fe reservoir that was periodically tapped by upwelling along favourably positioned continents produced aerially extensive iron formations (Gross, 1983; Bekker et al., 2010; Pufahl, 2010; Pufahl et al., 2020). These continental margin iron formations are the largest iron deposits on Earth. More pronounced positive Eu anomalies in continental margin iron formations are generally attributed to the lack of contamination by siliciclastics (Danielson et al., 1992), which is common in less voluminous, Phanerozoic ironstones (Van Houten and Bhattacharyya, 1982; Van Houten and Arthur, 1989; Pufahl, 2010). Fe-redox pumping in sediment (Heggie et al., 1990; Jarvis et al., 1994) may have further muted Eu anomalies. With enough time, the cyclic scavenging and release of REEs adsorbed onto Fe-(oxyhydr)oxides restores pore water REE ratios to near shale values (Derry and Jacobsen, 1990; Planavsky et al., 2010).
Paleozoic Plume-Related Magmatism and Hydrothermal Fe
Geodynamic models predict that plume-related magmatism should preferentially occur along the margins of Gondwana in the aftermath of Late Neoproterozoic Pan-African continental collisions that resulted in its amalgamation (Murphy et al., 2021; Wang et al., 2021). Although Rheic oceanic lithosphere has been largely destroyed by subduction, there are several examples in which independent studies identify plume-related magmatism in Cambrian-Ordovician successions on both flanks of this ocean. Along its northern flank, these examples include mid-to-late Cambrian alkalic basalts (Greenough and Papezik, l985; Murphy et al., 1985) in Avalonian rocks of Atlantic Canada. Such magmatism may have heralded the onset of rifting that led to Rheic Ocean development and input of hydrothermal Fe in this narrow seaway (Figure 11; e.g., Nance et al., 2010). Along its southern flank, examples include late Cambrian–early Ordovician alkalic mafic magmatism in the Ossa Morena Zone of Iberia (Sánchez-García et al., 2003, 2008) and the 495–470 Ma voluminous magmatism of the Ollo de Sapo “formation”. The Ollo de Sapo “formation” is recognized in every major Variscan massif, and palinspastic reconstructions suggest it extended for as much as 2,000 km along the north African margin (Montero et al., 2009; Talavera et al., 2015; Gutiérrez-Alonso et al., 2016; Casas and Murphy 2018; García-Arias et al., 2018). The ca. 530 Ma Blovice complex of the Bohemian Massif is interpreted as a collage of oceanic arcs, with a mantle plume located beneath a spreading ridge in a back-arc basin (Ackerman et al., 2019).
DEPOSITIONAL MODEL
Lithofacies associations in the Hen-dy-Capel Ironstone Member are interpreted to record ironstone accumulation along the northern margin of the Rheic Ocean on a storm-dominated shelf with active coastal upwelling (Figure 12). Organic-rich mudstone, phosphatic nodules, and biogenic silica (F4, F5, F6, F7) are diagnostic of upwelling environments and a productive surface ocean (Jahnke et al., 1983; Behl and Garrison, 1994; Glenn et al., 1994; Sharp, 2007; Föllmi, 1996; Pufahl and Groat, 2017). Modern upwelling systems such as the Humboldt and Benguela current regions along the coasts of Peru and southern Africa, respectively, are characterized by this triad of sedimentary deposits (Suess and Von Huene, 1990; Wefer et al., 2002). Modelling of surface currents in the Rheic Ocean suggest upwelling in this narrow seaway was driven by east-blowing winds and Ekman transport along the southern margin of Avalonia, which formed the northern side of a cyclonic gyre (Figure 11; Pohl et al., 2016; Todd et al., 2019; Pufahl et al., 2020).
[image: Figure 12]FIGURE 12 | Depositional model for Welsh Basin ironstone. Coastal upwelling provides micronutrients Fe and P to the shelf stimulating primary productivity and the food source of filter feeding sponges on the shelf. Fe-redox cycling on the shelf concentrates the nutrients in the sediment, with redox conditions and hydrodynamics as the primary control of facies distributions. A riverine source for terrigenous clastics is inferred. FWWB, fair-weather wave base; SWB, storm wave base. Modified from Todd et al. (2019).
The REE + Y composition of ironstone lithofacies (F4, F5, F6, F7) corroborates sedimentologic data suggesting upwelling delivered a sustained supply of anoxic bottom water enriched in hydrothermal Fe to an otherwise oxygenated shelf. Near the upwelling front, where primary production and deposition of sedimentary organic matter were highest (Beckly, 1988Woodcock, 1990; Brenchley et al., 2006; Howells, 2007), intense bacterial sulfate reduction in the sediment is interpreted to have produced a pyritiferous black shale (F4; Figure 12). Inboard, diminished primary production, advection of ferruginous waters away from the upwelling front, and the cyclic, benthic redox recycling of Fe (Raiswell, 2011) into shallower oxygenated environments are interpreted to have stimulated widespread authigenesis and ironstone accumulation (F5, F6, F7; Petránek, 1991; Todd et al., 2019; Pufahl et al., 2020; Matheson and Pufahl, 2021). The presence of HCS constrains the deposition of ironstone to water depths no deeper than ca. 50 m (Figure 12; Dumas and Arnott, 2006).
Such an interpretation is consistent with other upwelling-related ironstones that accumulated along the margins of the Rheic and Iapetus oceans (Petránek, 1991; Todd et al., 2019; Pufahl et al., 2020; Matheson and Pufahl, 2021). What is different about ironstone from the Welsh Basin is the ubiquity of large, coated Fe grains. An upwelled source of Fe contrasts the more traditional view of ironstone deposition that relies on a greenhouse climate and increased chemical weathering for the delivery of continentally derived Fe to the shelf (Van Houten and Bhattacharyya, 1982; Young, 1989, 1992; Van Houten, 2000; Yilmaz et al., 2015).
Coated Fe Grains
Polymineralic coated grains are the granular equivalent of condensed beds, preserving a high-fidelity record of changing bottom- and pore-water chemistry (Pufahl and Grimm, 2003; Wigley and Compton, 2013; Föllmi, 2016; Diaz and Eberli, 2018). These changes are commonly associated with variations in surface ocean productivity and the export of organic carbon to the seafloor, which, in turn, drives fluctuations in the biological oxygen, pore water Eh, and the precipitation of authigenic minerals forming coated grains (Pufahl and Grimm, 2003). In some environments, bioturbation can periodically flush the sediment with oxygenated seawater to influence pore-water redox potential and authigenesis (Aller, 1982, 1994; Brasier and Callow, 2007). The zone of authigenic precipitation is maintained near the sediment-water interface by intense and prolonged reworking of the seafloor.
Two types of coated grains are the result of the interplay of these processes. Unconformity-bounded grains range in diameter from 200 to 600 µm and contain internal erosion surfaces attributed to multiple episodes of reworking, exhumation, and reburial into the zone of authigenic precipitation (Pufahl and Grimm, 2003; Wigley and Compton, 2013). Redox aggraded grains are larger, up to ca. 15 mm in diameter, and composed of concordant, concentric cortical layers recording minute changes in pore water Eh without wholesale exhumation of grains (Pufahl and Grimm, 2003). Although both grain types occur in the Hen-dy-Capel Ironstone Member (F5, F6, F7), unconformity-bounded grains increase in abundance through Parasequence 1, reflecting aggradation and intensified reworking as the seafloor shallowed to fair weather wave base. Unconformity-bounded grains at the top of Parasequence 1 (F7) are smaller than coated grains near its base (F5; Figure 7) because they are interpreted to have spent less time in the zone of precipitation and there was an abundance of detrital nuclei for cortical layers to form around. Thus, grain type is a sensitive and independent indicator of shelf hydrodynamics through time. With an understanding of cortex mineralogy, oceanographic processes can be related to oxygen gradients in the sediment and across the Welsh Basin.
Redox aggraded grains formed of chamosite and CFA at the base of Parasequence 1 precipitated in sediment (F5) that was accumulating just inboard of the upwelling front. Chamositic cortical laminae record authigenic precipitation in suboxic pores (Glenn and Arthur, 1988; Pufahl and Grimm, 2003). Bioturbation indicates that the irrigation of sediment with oxygenated bottom water was important for maintaining suboxic conditions and focusing the Fe-redox boundary in sediment. Minor productivity-driven changes in pore water Eh are recorded by intercalated CFA cortical layers. Increased deposition and microbial degradation of sedimentary organic matter on the seafloor is interpreted to have sufficiently lowered pore water Eh to periodically stop chamosite precipitation and promote the formation of CFA. Although phosphogenesis is a redox independent process, contingent only on the concentration of dissolved phosphate (Glenn and Arthur, 1988; Pufahl, 2010), intensified organic matter degradation is interpreted to have saturated pore water with phosphate. Precipitation of cortical layers was rapid, preserving sponge spicules that usually dissolve quickly in silica-undersaturated pore water (Won and Below, 1999; Kidder and Tomescu, 2016).
Comparison of this high-fidelity record of distal suboxic authigenesis to the redox conditions that formed hematitic unconformity bounded grains in proximal environments (F7) is consistent with an increase in the ichnofabric index that also indicates oxygen levels rose towards the shore. Hematite is interpreted to have formed during diagenesis from an original authigenic Fe-(oxyhydr)oxide precursor. This precursor was likely ferrihydrite (Fe3+2O3.0.5(H2O), which reflects precipitation under higher Eh conditions than chamosite (Taylor and Konhauser, 2011; Taylor and Macquaker, 2011). Cortical layers were produced where ferrous Fe supplied through benthic redox cycling combined with well-oxygenated pore water. Constant wave reworking of the seafloor and intense bioturbation were undoubtedly important for oxygenating pore water.
PALEOZOIC IRONSTONE, OCEAN CHEMISTRY, AND EVOLUTION
Ventilation of the deep ocean began during the Neoproterozoic Oxygenation Event (800–500 Ma; Och and Shields-Zhou, 2012; Scott & Lyons, 2012; Shields, 2017), but mounting evidence suggests that a persistently oxygenated deep ocean did not develop until the Permian (Elrick et al., 2011; Kah et al., 2016; Edwards et al., 2017; Lu et al., 2018; Edwards, 2019; Todd et al., 2019; Pufahl et al., 2020; Matheson and Pufahl, 2021). Modelling demonstrates that oxygen concentrations in the ocean-atmosphere system were probably lowest in the Middle Ordovician (Edwards et al., 2017). Occurrences of upwelling-related granular ironstone provide critical insights into this history because they capture nuances of ocean redox structure at the interface between shallow- and deep-water masses. Thus, these occurrences link shelf and abyssal processes to further illuminate the relationship between ocean circulation, seawater chemistry, nutrient availability, and biological evolution.
The ubiquity of upwelling-related ironstone in the Paleozoic suggests that bottom-water anoxia and input of hydrothermal Fe were common in many restricted seaways (Pufahl et al., 2020; Matheson and Pufahl, 2021). Pronounced episodes of ironstone accumulation in the Ordovician and Devonian (Van Houten and Arthur, 1989; Young, 1992) likely correspond to periods of plate reorganization and increased hydrothermal activity during mantle plume events (Murphy et al., 2009; Yang et al., 2012; Algeo et al., 2016). During these tectonic episodes, the input of volcanogenic CO2 is thought to have acidified the global ocean (Veron, 2008; Kiessling and Simpson, 2011; Torsvik and Cocks, 2017; McKenzie and Jiang, 2019) and greenhouse warming decreased the solubility of O2 in seawater (Veron, 2008; McKenzie and Jiang, 2019).
Ocean acidification is deleterious to calcareous organisms, causing brittle shells and partial dissolution (Kiessling and Simpson, 2011; Hönisch et al., 2012). In contrast, acidic seawater has a neutral to positive effect on the development of siliceous organisms (Webby, 2002; Kidder and Tomescu, 2016). In upwelling-related ironstone, the absence of a diverse assemblage of carbonate-producing organisms and abundance of sponges with siliceous spicules is consistent with this relationship. In the Welsh Basin, sponges, phosphatic brachiopods, and trilobites (Trythall et al., 1987) apparently flourished in waters too acidic to support a healthy carbonate community. The absence of carbonate skeletons in nutrient-rich environments may also reflect a dysoxic seafloor and dissolution associated with the microbial respiration of accumulating organic matter (James et al., 2005). CFA nodules and cortical layers composed of coated Fe grains record this bacterial process, which also liberates P from degrading organic matter (Jarvis et al., 1994; Pufahl and Groat, 2017). Sponges thrive under such low Eh and Ph conditions and therefore can dominate productive middle and distal shelf environments (Mills et al., 2014; Leys and Kahn, 2018; Matheson and Frank, 2020; Chen et al., 2021).
Under a greenhouse climate and diminished capacity for warmer seawater to retain oxygen, anoxic conditions were probably readily established in the narrow, restricted seaways of the Paleozoic. Such anoxia was a pre-requisite for the concentration of hydrothermal Fe and deposition of ironstone in these volcanically active basins. In addition to Fe, upwelling of these ferruginous waters would have delivered a sustained supply of deleterious trace elements to the shelf (Cd, Cu, As, Zn, Co, Ni, Se, Cr, Ba, Ge, As, Pd, Te, and REEs; Wilde et al., 1990), some of which are elevated in the Hen-dy-Capel Ironstone Member. In conjunction with the impingement of anoxic seawater on the shelf, the availability of these toxic trace elements is interpreted to have triggered regional extinctions that punctuate major biological diversification events such as the GOBE (Vandenbroucke et al., 2015; Pufahl et al., 2020; Matheson and Pufahl, 2021). The accumulation of upwelling-related ironstone in periods of post-extinction recovery suggests that over time ironstone accumulation was also an important sink that lowered the metal toxicity of seawater (Pufahl et al., 2020). The cyclic changes in pore water redox potential required to sequester these trace elements through repeated episodes of scavenging and absorption at the seafloor are preserved in the cortical mineralogy of coated Fe grains. This “kill and cure” mechanism (Pufahl et al., 2020) is interpreted to have contributed to pulses of graptolite diversification in the Welsh Basin (Kokelaar et al., 1985; Brenchley et al., 2006; Howells, 2007) by providing upwelling derived nutrients (Young et al., 2002; Pohl et al., 2016) and lowering metal toxicity (Matheson and Pufahl, 2021). This negative feedback process is thought to have contributed to other post-extinction faunal recoveries that assisted with increasing marine biodiversity through the GOBE (Pufahl et al., 2020). A similar feedback may have also been important in the Devonian when biological turnover was also linked to environmental volatility and periods of shelf anoxia (Bond and Wignall, 2008; Brett et al., 2020). Application of this upwelling model to even younger ironstones and contemporaneous trace element enriched black shales may also provide important new constraints regarding the redox structure and oxygenation history of the Mesozoic oceans.
CONCLUSION

1) Ironstone of the Hen-dy-Capel Ironstone Member of the Tygarn Formation, Ogwen Group, constitutes a single shallowing upward parasequence (Parasequence 1) recording stratigraphic condensation during maximum transgression. Overlying terrigenous clastic facies form a second parasequence (Parasequence 2) interpreted to record the onset of progradation during highstand conditions.
2) Lithofacies associations in Parasequence 1 are consistent with ironstone accumulation on a storm-dominated shelf with active coastal upwelling. Conspicuous coated Fe grains augment this understanding by linking shelf and abyssal processes to capture nuances in ocean chemistry and seawater redox structure.
3) For the first time, the REE + Y and the trace metal composition of Phanerozoic ironstone is used to corroborate sedimentologic data suggesting upwelling delivered a sustained supply of anoxic bottom water enriched in hydrothermal Fe to an otherwise oxygenated shelf. Such an interpretation is consistent with other upwelling-related ironstones that accumulated along the margins of the Rheic and Iapetus oceans. This style of Fe delivery harks back to the Precambrian when upwelling produced giant continental margin iron formations.
4) In addition to Fe, upwelling of this hydrothermally enriched seawater would have delivered a sustained supply of toxic trace elements to the shelf, triggering regional extinctions that punctuate major biological diversification events such as the GOBE. The accumulation of upwelling-related ironstone during periods of post-extinction recovery suggests that with time the accumulation of ironstone titrated these metals and lowered seawater toxicity. This “kill and cure” mechanism is a chemical-ecological feedback process that may have contributed to biological turnover until the deep ocean became fully oxygenated in the late Paleozoic.
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Coastal regions globally have experienced widespread anthropogenic eutrophication in recent decades. Loading of autochthonous carbon to coastal sediments enhances the demand for electron acceptors for microbial remineralization, often leading to rearrangement of the sediment diagenetic zonation and potentially enhancing fluxes of methane and hydrogen sulfide from the seafloor. However, the role of anthropogenic inputs of terrestrial organic matter (OMterr.) in modulating diagenesis in coastal sediments is often overlooked, despite being of potential importance in regions of land-use and industrial change. Here we present a dated 4-m sediment and porewater geochemistry record from a eutrophic coastal location in the northern Baltic Sea, to investigate sources of recent carbon loading and their impact on modern diagenetic processes. Based on an end-member mixing model of sediment N/C ratios, we observe that a significant fraction of the late-20th century carbon loading at this location was contributed by OMterr.. Furthermore, analysis of lignin in this material shows depleted ratios of syringyl/vanillyl (S/V) and cinnamyl/vanillyl (C/V) phenols, indicative of enhanced inputs of woody gymnosperm tissue likely from forest industries. The rapid loading of organic matter from combined terrestrial and autochthonous sources during the late 20th century has stimulated methanogenesis in the sediment column, and shoaled the sulfate-methane transition zone (SMTZ) to a depth of 5–20 cm. Optical parameters of colored dissolved organic matter confirm that OMterr. is actively degrading in the methanogenic layer, implying a role for this material in diagenetic processes. Porewater CH4, SO42− δ13C-DIC, and ∑S2− data suggest that the modern SMTZ is a broad zone in which organoclastic sulfate reduction, methanogenesis and anaerobic oxidation of methane (AOM) co-occur. However, fluxes of CH4 and SO42− show that rates of these processes are similar to other marine locations with a comparably shallow SMTZ. We suggest that the shallow depth of the modern SMTZ is the principal reason for high observed diffusive and ebullitive methane fluxes from sediments in this area. Our results highlight that anthropogenic activities lead to multiple pathways of carbon loading to coastal sediments, and that forest industry impacts on sedimentation in the northern Baltic Sea may be more widespread than previously acknowledged.
Keywords: terrestrial organic matter, forestry, lignin, diagenesis, methane, blue carbon, baltic sea
INTRODUCTION
Anthropogenic impacts on coastal environments have accelerated in parallel with industrialization during the late 20th century (Diaz and Rosenberg, 2008). Among the most widespread and important impacts is eutrophication, defined as an increased supply of organic matter to a coastal ecosystem (Nixon, 1995), and often primarily driven by enhancement of autochthonous productivity due to loading of nutrients such as nitrogen and phosphorus (Bonsdorff et al., 1997; Anderson et al., 2002). Eutrophication increases the amount of fixed organic carbon in coastal ecosystems and alters the primary producer community structure (Heisler et al., 2008), consequently raising the oxygen demand of microbial remineralization of organic matter (OM) (Middelburg and Levin, 2009; Breitburg et al., 2018). In turn, consumption of oxygen leads to further ecosystem impacts associated with benthic hypoxia (Carstensen et al., 2014; Rabalais et al., 2014). Because a significant fraction of OM remineralization in shallow coastal systems takes place in the underlying sediments, eutrophication can severely impact rates of microbial processes in the sediment column. Ultimately, these processes dictate the rate of organic carbon turnover and burial (Arndt et al., 2013) and hence play a critical role in the global carbon cycle.
One of the key consequences of eutrophication for coastal sediment microbial processes is to enhance rates of anaerobic remineralization after the exhaustion of oxygen (Middelburg and Levin, 2009). Organoclastic sulfate reduction is the dominant pathway of anaerobic remineralization in marine sediments (Jorgensen, 1982; Canfield, 1991; Bowles et al., 2014), but in settings with low salinity and high flux of sedimenting OM, sulfate may become completely exhausted within the upper sediment column (e.g., Slomp et al., 2013; Thang et al., 2013). In such cases, a significant fraction of OM remineralization occurs through methanogenesis (Rooze et al., 2016), creating the potential for emissions of this potent greenhouse gas to the water column and ultimately the atmosphere (Bange et al., 1994; Gelesh et al., 2016; Humborg et al., 2019; Myllykangas et al., 2020a). Many studies have demonstrated the presence of methane within the uppermost meter of the sediment column in low-salinity coastal settings (e.g., Albert et al., 1998; Martens et al., 1998; Mogollon et al., 2011; Egger et al., 2015), and human-impacted estuaries are considered hotspots for methane emissions (Borges and Abril, 2011). Because such emissions may offset the climate benefits of carbon burial (Dean et al., 2018), it is essential to understand the controls on methanogenesis in human-impacted coastal sediments.
Associated to changes in vertical zonation of primary anaerobic remineralization pathways, eutrophication can also strongly modify the network of secondary microbial processes in the sediment column. For example, a key consequence of enhanced methanogenesis in human-impacted systems is enhanced rates of anaerobic oxidation of methane (AOM). This process proceeds mainly through coupling to sulfate reduction at the so-called sulfate methane transition zone (SMTZ) (Knittel and Boetius, 2009), but can also be coupled to reduction of nitrate (Ettwig et al., 2010) or metal oxides (Beal et al., 2009; Sivan et al., 2011; Egger et al., 2015). Crucially, AOM strongly reduces the fluxes of methane from the sediments to the water column relative to the amount of methane produced during sedimentary methanogenesis, thus acting as a filter for methane emissions (Dean et al., 2018).
In addition to inputs of autochthonous OM, coastal sediments also receive carbon loading from terrestrial organic matter (OMterr.) (Blair and Aller, 2012). Up to 200 Tg particulate organic carbon (POC) are delivered by rivers to coastal environments annually (Schlunz and Schneider, 2000), while a similar flux has been calculated for dissolved organic carbon (DOC) (Dai et al., 2012). The DOC contribution typically dominates OMterr. inputs in boreal systems (e.g. Mattsson et al., 2005). The importance of DOC inputs for coastal sediment carbon loading in the Baltic Sea is not well constrained, but several studies have suggested that salt-mediated flocculation may transfer carbon from the dissolved to particulate phase at the land-sea transition (Sholkovitz et al., 1978; Asmala et al., 2014; Jilbert et al., 2018). Typically, the reactivity of OMterr. in microbial remineralization is considered lower than that of autochthonous material (Hedges et al., 2000). This is due to a combination of its refractory molecular composition, being dominated by lignin, cellulose and cutin (de Leeuw and Largeau, 1993) and physical association to protective minerogenic material prior to deposition (Mayer, 1994; Hedges and Keil, 1995). However, riverine fluxes, molecular composition and biological reactivity of OMterr have been shown to be sensitive to anthropogenic activities such as deforestation, ditching, agriculture and industry (e.g., Lambert et al., 2017; Asmala et al., 2019; Deininger and Frigstad, 2019; Landsman-Gerjoi et al., 2020). Rapid inputs of such “anthropogenic” OMterr. to coastal sediments may be expected to confer higher reactivity to OMterr. in the sediment column. Yet, few studies have explicitly investigated the impacts of anthropogenic OMterr. inputs on coastal sediment biogeochemistry.
In boreal regions, a key driver of anthropogenic OMterr. inputs to the marine environment over the last century is forestry and the associated paper and pulp industry. Forest industry processes, including debarking, pulping, bleaching and washing (Ali and Sreekrishnan, 2001), have introduced large point-source emissions of raw and processed OMterr. to aquatic systems, in many cases proximal to the coastal environment (Pocklington and McGregor, 1973; Louchouarn et al., 1999; Brandenberger et al., 2011). The molecular composition of solid forest industry wastes in sediments includes the major wood polymers cellulose and lignin (Louchouarn et al., 1997; Dahlberg et al., 2020), together with a wide array of additional compounds from the raw material and its treatment processes, including tannins, resin acids, and polychlorinated biphenyls (PCBs) (Lacorte et al., 2003). Sedimentary contents of such materials have been shown to vary with distance from industrial sources, with the most concentrated deposits (e.g., cellulose-rich fiberbanks) consisting of nearly pure organic material (Dahlberg et al., 2020; Dahlberg et al., 2021).
To date, several studies have used organic biomarkers such as lignin phenols and persistent organic pollutants (POPs) to identify the presence of forest industry-derived anthropogenic OMterr. in boreal coastal sediments, and to quantify its local contribution to total OMterr. or total sedimentary organic matter (e.g., Louchouaran et al., 1997; 1999; Dahlberg et al., 2020). However, few studies have combined these analyses with a porewater biogeochemistry approach to determine the potential role of such inputs on sediment diagenetic processes, including methanogenesis. This is an important gap in knowledge, since OMterr. has been shown to promote methanogenesis in lakes (Tittel el al., 2019) and fiberbank material in particular shows strong methanogenic potential (Kokko et al., 2018). Here, we employ a comprehensive analysis of sediment bulk inorganic and organic chemical parameters, including lignin phenol analysis, coupled to detailed porewater chemical profiling, to determine the impacts of recent anthropogenic OMterr. inputs on diagenesis at a site in the northern Baltic Sea. The site is located tens of kilometers from the nearest forest industry point source, allowing investigation of larger spatial-scale impacts of anthropogenic OMterr. than previous studies focused on fiberbanks close to industrial point sources.
SITE DESCRIPTION
The Baltic Sea is a landlocked brackish marine system in northern Europe with a N-S salinity gradient of 3–15 (Leppäranta and Myrberg, 2009). The whole Baltic Sea was strongly eutrophied by nutrient loading during the 20th century (Gustafsson et al., 2012), leading to the development of widespread deep water hypoxia and anoxia in the central basins (Conley et al., 2009). Many coastal areas have shown localized trends towards oxygen depletion during recent decades, as a consequence of direct nutrient inputs from adjacent land areas leading to coastal eutrophication (Conley et al., 2011). The contribution of OMterr. to Baltic Sea sediments as a whole is estimated as ≤30% of total OM, with a N-S compositional gradient from gymnosperm-to angiosperm-dominated material (Miltner and Emeis, 2001). A recent study demonstrated clearly higher OMterr. contributions to sedimentary carbon in northern areas such as the Gulf of Bothnia and Gulf of Finland (Nilsson et al., 2021).
This study focuses on the Storfjärden site on the Finnish coast of the Gulf of Finland in the northern Baltic Sea (Figure 1). Storfjärden is a shallow coastal basin forming part of the Tvärminne archipelago system at the mouth of the Pojo Bay estuary, draining the Mustionjoki river catchment in southern Finland. Since the most recent deglaciation at 12250 cal year BP, Storfjärden has been successively covered by late- and post-glacial lacustrine clays and most recently by brackish-water muds (Virtasalo et al., 2014; Virtasalo., 2019). The Gulf of Finland coastal areas were affected by eutrophication during the 20th century (Weckström, 2006), and the majority of the OM in the modern sediments is derived from autochthonous production (Jilbert et al., 2018). However, Jokinen et al. (2020) measured elevated contents of OMterr. in nearby sediments during the depositional interval corresponding to the late 20th century, suggesting an anthropogenic influence on OMterr. fluxes from the Mustionjoki catchment during this period. The city of Lohja in the southern part of the catchment has been a major center of the Finnish pulp and paper industry since the early 20th century (Katko et al., 2005).
[image: Figure 1]FIGURE 1 | Location of the study. (A) (inset) Study area in the northern Baltic Sea. (main) Catchment of the Mustionjoki river (black) showing the location of the city of Lohja and adjacent Lake Lohjanjärvi. Blue line shows the Mustionjoki river itself, connecting the catchment to the Pojo Bay estuarine system draining into Storfjärden. (B) (main) location of Storfjärden at the southern end of the estuary. (inset) zoom of the coring location in Storfjärden.
MATERIALS AND METHODS
Sediment Coring
Sediments were collected from the Storfjärden site (33 m water depth, Figure 1) during various sampling campaigns from 2015 to 2020, onboard the vessels R/V Saduria, R/V Electra and R/V Augusta (Table 1). A twin-barrel GEMAX coring device was used to recover the intact sediment surface and approximately the uppermost half meter of the sediment column. A piston corer onboard R/V Electra was used to recover longer sediment cores (max. length 4.5 m in September 2017; 5.5 m in September 2018). Seasonal changes in sediment and porewater chemistry on the decimeter scale are known to be minimal at this site (Myllykangas et al., 2020a), hence the figures in this paper present combined data from multiple sampling campaigns.
TABLE 1 | Sediment cores on which geochemical analyses of porewaters and sediments were performed, along with depth intervals presented in this study. For GEMAX cores from 2015, sediment parameters derive from the April core, while porewater parameters derive from the June core.
[image: Table 1]Porewater Sampling and Treatment
Porewater samples for most parameters were collected with RhizonsTM (pore size 0.15 µm). For each core, a vertical series of holes (diameter 4 mm) was pre-drilled into the liner and taped prior to sampling (resolution 2 cm for GEMAX cores, 10 cm for piston cores). After core recovery, the tape was penetrated and RhizonsTM inserted. Porewater was collected under vacuum in an attached plastic syringe and transferred to vials for subsampling. After transfer from the syringes, subsampling and treatment were performed immediately to minimize oxidation artefacts. Subsamples for analysis of dissolved sulfur (S) by ICP-OES were acidified with 10–20 µl 65% HNO3 per ml. Subsamples for analysis of ammonium were frozen. Subsamples for analysis of δ13C-DIC were injected into helium-flushed glass vials (Labco 12 ml Exetainer, model 738W) pre-loaded with 0.1 ml H3PO4 per ml. Finally, subsamples for analysis of total alkalinity (AlkT), and of optical characteristics of colored and fluorescent dissolved organic matter (CDOM and FDOM), were stored at 4°C. For determination of total dissolved sulfide (∑S2−) in the GEMAX core of June 2015, a series of syringes were pre-loaded with 1 ml 10% w/v zinc acetate solution prior to sampling with RhizonsTM. Samples were stored at room temperature after precipitation of zinc sulfide (ZnS).
Porewater samples for dissolved methane were collected as described in Egger et al. (2015) and Myllykangas et al. (2020a). Briefly, core liners were pre-drilled with a series of holes (diameter 30 mm) and taped prior to sampling (resolution 2.5 cm for GEMAX cores, 10 cm for piston cores). A 10 ml sample of wet sediment was extracted using a cut-off plastic syringe and transferred directly into a 65-ml glass bottle containing supersaturated NaCl solution. The bottles were closed with a butyl rubber stopper and screw cap. A headspace of 10 ml N2 gas (purity 5.0) was injected through the stopper within 24 h of sampling and bottles were stored inverted until analysis.
Porewater Analyses
Dissolved S was determined by ICP-OES after dilution (Thermo iCAP 6000 at University of Helsinki), and is assumed to predominantly represent SO42−. Hydrogen sulfide (H2S) is lost during acidification hence does not contribute to dissolved S in the ICP-OES subsample (Jilbert and Slomp, 2013). We acknowledge that at low SO42− concentrations, such as in deeper layers of the sediments, non-zero dissolved S values may indicate the presence of dissolved organic sulfur (Jilbert et al., 2020). However, the present study focuses on S gradients in the near-surface sediments, where this fraction is considered negligible, hence we assume dissolved S ≈ SO42−. Reproducibility of the ICP-OES analyses is <5% RSD. Dissolved ammonium (NH4+) was determined by the indophenol method (Koroleff, 1976) using an autoanalyzer (Lachat QuikChem 8000, reproducibility <5% RSD). Analysis of δ13C-DIC in headspace gas from the H3PO4-acidified vials was performed on a Thermo Gasbench II coupled to a MAT 253 mass spectrometer at Stockholm University and is reported in conventional delta notation relative to Vienna PeeDee Belemnite (VPDB). Standard deviation was less than 0.1‰. Total alkalinity (AlkT) was determined by HCl titration with a Metrohm Titrando 809 (reproducibility <2% RSD).
Total dissolved sulfide (∑S2−) concentrations in the Zn acetate-treated samples from June 2015 were determined by spectrophotometry (670 nm) after direct addition of an acidic solution of FeCl3 and n,n-dimethyl-p-phenylenediamine (Cline, 1969; Reese et al., 2011) to the sample vials. The procedure dissolves the ZnS precipitate and immediately complexes S as methylene blue for spectrophotometric analysis. Total dissolved sulfide concentrations were calibrated against a series of standard solutions of Na2S·3H2O, fixed in Zn acetate in the same manner as the samples. The exact concentration of S in the Na2S·3H2O stock solution was determined by iodometric titration (Burton et al., 2008).
Dissolved methane (CH4) concentrations were determined by gas chromatography. Subsamples of 1 ml were taken from the headspace of each 65 ml glass bottle with a gas-tight glass syringe and transferred to evacuated 12-ml glass tubes with a butyl rubber septum (LabCo Exetainer™ model 839W). Exetainers were then pressurized with 20 ml N2 (purity 5.0). The mole fraction of methane in headspace of the samples was analyzed with a FID-equipped gas chromatograph (Agilent Technologies 7890B, University of Helsinki) against a standard series of known CH4 concentrations. Porewater concentrations were calculated assuming quantitative evolution of methane into the headspace from the original 10 ml wet sediment sample, using the measured porosity profile from sediment sample processing. Due to use of unpressurized coring apparatus and sampling on deck, partial degassing of CH4 from the cores after recovery cannot be avoided (e.g. Thang et al., 2013; Egger et al., 2016). The saturation concentration range of CH4 at in situ salinity, 1 atm pressure and range of temperatures experienced on deck is therefore given in the plots of dissolved CH4 concentrations to assess the potential impact of degassing.
Absorbance of CDOM was determined using a Shimadzu 2401PC spectrophotometer with 5-cm quartz cuvette (spectral range from 200 to 800 nm with 1 nm resolution). Excitation–emission matrices (EEMs) of FDOM were determined with a Varian Cary Eclipse spectrofluorometer (Agilent). Ultrapure water was used as the blank for all samples, and EEMs were corrected and optical proxies extracted as in Asmala et al. (2018).
Porewater Data Processing
GEMAX and piston core profiles were spliced on the basis of overlaps in the NH4+ and AlkT data. For the purposes of this study, we apply the simplification outlined in Miller et al. (2017) to utilize the AlkT data directly to investigate gradients in dissolved inorganic carbon (DIC) as represented by the bicarbonate ion HCO3−:
[image: image]
In practice, our maximum detected value of HS− (determined from ∑S2− analyses) contributed less than 2% of the AlkT value at the equivalent depth, which is similar to the precision of the titration method. Therefore, we assume AlkT ≈ [HCO3-] ≈ [DIC].
Values of Δ[DIC] and Δ[SO42−], i.e. change in concentration between water column and a given depth in the sediments, are often used to investigate diagenetic process at the SMTZ (e.g. Chatterjee et al., 2011). We estimated these values relative to typical local bottom water [DIC] and [SO42−] of 2.0 mmol/L and 6.0 mmol/L, respectively. Gradients of [DIC], [CH4] and [SO42−] in the vicinity of the SMTZ (all sampled during the September 2018 campaign) were estimated from linear regression lines through a subset of data points from the profiles of each parameter. Fick’s First Law was applied to calculate diffusive fluxes of each species, using the measured porosity profile and assuming a constant temperature of 7.5°C (determined from bottom water during sampling):
[image: image]
[image: image]
in which J = flux (initially calculated in μmol cm−2 s−1; here negative values indicate downwards fluxes towards the SMTZ, and vice versa), D = ion-specific diffusion coefficient, corrected for temperature, taken from Boudreau (1997), φ = porosity and θ =tortuosity, defined as per Boudreau (1997), and [image: image] is the concentration gradient as given by the linear regression line.
Although fluctuation in temperature in the core profile is expected with depth in the sediments due to propagation of seasonal changes in bottom water temperature (e.g., Mogollon et al., 2011; Mueller et al., 2016), the potential error in calculated fluxes is expected to be <20% for absolute values of each species (based on the climatological range of bottom water temperature at the site (Merkouriadi and Leppäranta, 2015) and <3% for the flux ratios, due to the parallel effects of temperature on all species.
For assessing the optical fingerprint of porewater DOM, the magnitude of the C-fluorescence peak (Coble, 1996) and humification index (HIX; Zsolnay et al., 1999) were calculated from the measured and corrected EEMs. Absorbance spectra and EEMs were processed using the cdom and eemR packages for R software (Massicotte and Markager 2016; Massicotte 2019, respectively).
Sediment Sampling, Processing and Analysis
Sediment cores were sliced on deck (GEMAX) or in the laboratory (piston) at intervals of 1 cm (uppermost 10 cm) or 2 cm (>10 cm depth) into plastic bags. Samples were stored frozen until further processing, then freeze-dried and homogenized in an agate mortar. Volumetric porosity was estimated from weight loss on freeze drying, assuming a sediment density of 2.5 g cm−3. Dried subsamples were analyzed for total carbon and nitrogen contents by thermal combustion elemental analysis (LECO TruSpec Micro, University of Helsinki, analytical precision and accuracy <10% RSD). A subsample of 3‒4 mg dried sediment was weighed into tin cups and loaded into an autosampler rosette. Inorganic carbon and nitrogen forms are considered negligible in this setting, hence measured total carbon and nitrogen concentrations are considered equivalent to the concentrations of the organic forms (Corg, Norg).
Dried subsamples were prepared for further bulk elemental analysis by a triple-acid digestion procedure. From 0.1–0.2 g of sediment was extracted over night with 5 ml HF (45%) and 5 ml of mixed HClO4 (70%)/HNO3 (65%) (volumetric ratio 3:2) at 90˚C in closed teflon vials. The acids were then evaporated at 160˚C until samples displayed a gel-like consistency, and 15 ml 1 M HNO3 was added to re-dissolve the material. Where necessary, further dilution was applied prior to analysis. Extracts were analyzed by ICP-OES (Thermo iCAP 6000, Helsinki, analytical precision <5% RSD) for total iron (Fetot), managanese (Mntot) and sulfur (Stot), and by ICP-MS (Thermo Element 2, Utrecht University) for total lead (Pbtot) and stable isotopic ratios of Pb (206Pb/207Pb, analytical precision <5% RSD). Reproducibility of the total extraction procedure determined by replicates was <15% RSD. Absolute accuracy of the entire sample preparation, digestion, and analysis, as determined by comparison with standard reference material ISE-921 (Van der Veer, 2006), was <15% for Fe, Mn and S and <25% for Pb.
Dried subsamples from selected depths were subjected to alkaline CuO oxidation in closed vessels in a furnace for the extraction of lignin phenols (slight modification to Hedges and Ertel, 1982). Briefly, 0.5 g sediment was added to the vessel with 1 g purified CuO and 100 mg Fe(NH4)2(SO4)2·6H2O (to scavenge O2), 7.0 ml of 8% (wt/wt) aqueous NaOH, and a small stainless steel bar agitator. The oxidation procedure was carried out for 3 h at 155°C, after which the mixture was acidified to pH 1 with HCl. Organic oxidation products were then extracted with purified ethyl acetate and then concentrated, first by rotoevaporation and then to near dryness with a flow of N2 over the final ∼1-ml volume, in the presence of anhydrous NaSO4 to remove moisture. The concentrated extract was re-dissolved in pyridine with trans-cinnamic acid as internal standard and N,O-bis(trimethylsilyl)trifluoroacetamide (BSTFA) as derivitizing agent. Samples were analyzed for concentrations of 8 vanillyl, syringyl and cinnamyl lignin phenols (Table 2) by GC-MS at the University of Edinburgh.
TABLE 2 | Lignin phenol oxidation products analyzed in this study. Codes indicate provenance as described by Hedges and Ertel (1982). G = gymnosperms, woody tissue; g = gymnosperms, non-woody tissue; A = angiosperms, woody tissue; a = angiosperms, non-woody tissue.
[image: Table 2]Sediment Data Processing
A simple two end-member mixing model was used to investigate bulk OM sources. The calculation uses only the molar N/C ratio of organic matter, and end-member values, N/CEM, based on the studies of Goñi et al. (2003) and Jilbert et al. (2018):
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where %OCphyt. and %OCterr. are the respective contributions of phytoplankton and terrestrial material to total sedimentary organic carbon (OC), with N/CEM-terr = 0.04, and N/CEM-phyt = 0.13. The mixing model assumes that terrestrial plant matter and phytoplankton are the only sources of organic material, that their N/C values are spatially and temporally fixed at the end-member values, and that these values do not alter significantly during sedimentation and burial of organic matter.
Absolute and relative concentrations of lignin phenol oxidation products were computed according to standard notations. These include: ∑8 = sum of 8 measured phenols reported as µg g−1 sediment; Λ8 = sum of 8 phenols reported as mg/100g C; ΛV = sum of 3 vannilyl phenols reported as mg/100g C (Bianchi and Canuel, 2011). Phenol compositions are expressed through ratios of the summed cinnamyl and syringyl phenols to the summed vannilyl phenols (C/V and S/V, respectively) (Table 2).
Age vs Depth Model
An age vs depth model for the Storfjärden site was produced from the sediment Pbtot data, combining samples from the GEMAX core of June 2015 with the piston core of September 2017 (Figure 2). We used seven tie-points in the combined Pbtot profile, identified as per Brännvall et al. (1999), Zillen et al. (2012) and Jokinen et al. (2018), and assumed to represent known temporal changes in the deposition of anthropogenic Pb over the last two millennia. Age uncertainty of pre-20th century tie-points was set at 25 years, while that of the 1970 tie-point was set at 10 years. Depth uncertainties were set at 4‒8 cm. The model was produced from the tie-points using the Undatable software of Lougheed and Obrochta (2019), applying 105 simulations with an xfactor of 0.1 and 15% bootstrapping. Of these, the xfactor dictates the maximum allowable variation in sediment accumulation rate between all pairs of age-depth constraints, while the bootstrapping percentage determines the number of tie-points that are randomly excluded from the simulations. The approach takes into account uncertainty in both age and depth, with uncertainty allowed to increase with distance from tie-points, and uses a Bayesian approach to estimate a probability-density cloud for the upper 310 cm of the sediment. A subset of tie-points in the Pbtot profile were checked by comparison with 206Pb/207Pb data, but the latter were not used in the construction of the model due to the observed low signal-to-noise ratio in the profile. Linear sedimentation rate (LSR) and mass accumulation rate (MAR) were estimated for each segment between tie-points using the measured porosity profile. Accumulation rate of OCterr. was estimated for each sampled interval from the estimated content of OCterr (Eq. 4) and MAR of the corresponding segment.
[image: Figure 2]FIGURE 2 | Construction of the age vs depth model for the Storfjärden site. Note that Age 0 ka = AD 1950. The figure combines data from the GEMAX core of April 2015 (0–40 cm) and the piston core of September 2017 (40–400 cm). Seven tie-points in the Pbtot profile (red), in addition to the sediment-water interface, were used to constrain the chronology based on temporal changes in anthropogenic Pb deposition (Brännvall et al., 1999; Jokinen et al., 2018). The Undatable software generates a probability-density cloud (grey shaded region, note 1σ and 2σ windows) between the tie-points. Age and depth uncertainty of the tie-points themselves is indicated by the yellow symbols. The 206Pb/207Pb profile is shown for comparison. Note that these data were not used to constrain tie-points due to observed low signal-to-noise ratio.
RESULTS
Sedimentation Rate and Mass Accumulation Rate
The age vs depth model shows that the 4-m studied interval covers at least the last two millennia (Figure 2), with the earliest dating tie-point identified as 1 AD (as per Zillen et al., 2012). Both LSR and MAR have varied over the studied interval, showing ranges of 0.1–0.5 cm/yr and 0.04–0.15 g/cm2/yr, respectively. The most recently deposited interval (1970‒present) is characterized by relatively high values compared to the preceding 500 years (LSR = 0.49 cm/yr, MAR = 0.13 g/cm2/yr), indicating enhanced inputs of sediment at this site in the recent past. One earlier interval of comparably high LSR and MAR values is observed deeper in the sediment column, corresponding to 1200–1350 AD.
Solid-Phase Profiles
Major changes occurred in bulk composition during the deposition of the uppermost meter of the sediments, corresponding to the interval since AD 1600 (Figure 3). Most importantly, this interval is characterized by an increase in organic matter content, as evidenced by elevated Corg values up to 4–6% by weight (relative to <4% deeper in the sediments). Changes in the inputs of both terrestrial and phytoplankton-derived OM are responsible for this general increase, although the evolution of the two components since AD 1600 differs markedly (Supplementary Figure S1). While OCphyt. shows fairly stable contents until ∼AD 1900 and a steady rise thereafter, OCterr. shows a steady rise from AD 1600 to ∼AD 1850, followed by two abrupt increases between the mid-19th century and mid-20th century. Here we note that the absolute ages of events within the interval between the tie-points of AD 1600 and AD 1970 are subject to uncertainty as defined by the age vs depth model (Figure 2). In particular, it is plausible that sedimentation rate began to increase in parallel with changes in sediment composition, whereas the age model assumes linear sedimentation between the two tie-points. This would have the effect of making the estimated dates too old in the interval of most rapid compositional changes.
[image: Figure 3]FIGURE 3 | Solid-phase components of the sediments at the Storfjärden site. The figure combines data from the GEMAX core of April 2015 (0–40 cm) and the piston core of September 2017 (40–400 cm). Fractions of Corg derived from phytoplankton (OCphyt.) and terrestrial organic matter (OCterr.) were calculated from N/C data using Eq. 3 and Eq. 4. Dates on the right-hand margin correspond to tie-points in the Pbtot-based age vs depth model (Figure 2).
When the contributions of OCphyt. and OCterr. are combined, we observe that a significant fraction of total Corg in the late 20th century sediments (up to 30% according to Eq. 3 and Eq. 4) is provided by terrestrial material (Figure 3). This fraction is far higher than in the deeper sediments, indicating a relative increase in OCterr. input over time. Furthermore, the absolute accumulation rate of OMterr. during this interval (up to 0.002 gcm−2yr−1) is unprecedented in the record (Figure 3). The accumulation rate of OMterr. has declined since the late 20th century maximum but the surface-sediment C/N ratio, and thus the calculated contribution of OMterr., remains elevated with respect to the deeper sediments.
Similar profiles to that of OCterr. are observed in the ratios of syringyl to vanillyl (S/V) and cinnamyl to vanillyl (C/V) phenols. Both the S/V and C/V phenol ratios show pronounced minima during the interval of maximum accumulation rate of OMterr. (Figure 3). However, the absolute ranges of S/V (0.1–0.6) and C/V (0.3–1.0) are similar to those observed in previous studies of lignin phenols in Baltic Sea sediments (Miltner and Emeis, 2001). Iron (Fe) and manganese (Mn) contents show a parallel evolution throughout the sediment record. Both elements’ contents show a general increase from the core base upwards, towards maximum values of 6.7% (Fe) and 0.1% (Mn) within the interval of maximum OMterr. accumulation. Contents of Fe and Mn decline from this layer towards the sediment surface but the uppermost sample shows elevated values for both elements. Sulfur (S) displays a distinctly different profile, with higher variability throughout the record, and a pronounced maximum at 11 cm depth, clearly shallower than the maxima in OMterr., Fe and Mn.
Porewater Profiles
Porewater NH4+ and AlkT show increasing concentrations with increasing depth in the sediment column, towards values of approximately 10 mmol/L and 50 mmol/L, respectively at 400 cm depth (Figure 4). The degree of curvature in both profiles is greatest in the uppermost 50 cm of the sediments, while the gradients below this depth are quite linear. Porewater CH4 concentrations show a distinct maximum of >4 mmol/L at approximately 25 cm depth, very close to the 1970 horizon at the center of the layer of enhanced OMterr. deposition (Figure 3). A steep upwards gradient in CH4 concentrations is observed between this layer and the SMTZ, defined as the interval of detectable porewater ∑S2− concentrations and encompassing the depth of equal concentrations of CH4 and S (assumed equivalent to SO42−). Below the porewater CH4 maximum, a reverse gradient is observed towards background concentrations of ∼1 mmol/L below 3 m depth. We cannot rule out that this gradient is an artefact of degassing effects due to the use of non-pressurized coring apparatus, and that true porewater CH4 concentrations at depth are much higher as described in e.g. Egger et al. (2016). The increasing NH4+ and AlkT concentrations below this horizon would support such a hypothesis, since all three species are produced during methanogensis. However, it is also possible that the profile is genuine, and that the linear NH4+ and AlkT gradients reflect upwards diffusion of these species from a deep source. We note that measured CH4 concentrations decline to values well below the saturation concentration range during sampling on deck (1.6–2.0 mmol/L, Figure 3), whereas degassing typically leads to a plateau of values close to this range (Egger et al., 2016). This observation would support the hypothesis of a genuine reverse gradient in porewater CH4. Above the SMTZ, concentrations of dissolved S (assumed equivalent to SO42−) rise steeply towards the bottom water concentration of approximately 6 mmol/L.
[image: Figure 4]FIGURE 4 | Porewater profiles from the Storfjärden site. The figure combines data from multiple GEMAX and piston cores as described in Table 1. In all cases, the uppermost 40–60 cm derive from GEMAX cores preserving the sediment-water interface. Inserts show expanded profiles through the SMTZ. Note that sulfur (S) is considered to represent SO42− (see text). Vertical dashed lines indicate saturation range of CH4 at 1 atm pressure and 7.5‒15⁰C (bottom water temperature and air temperature on deck). Peak C = humic-like DOM fluorescence; HIX = DOM humification index.
Porewater δ13C-DIC values show a minimum of −8.5‰ close to the SMTZ, while the uppermost measured sample at 1 cm depth has a value of −2.8‰. Below the SMTZ, δ13C-DIC values show an asymptotic increase towards a stable value of +18–+19‰ in the deeper sediments. In terms of the CDOM optical properties of the porewaters, the peak C (considered to approximate the concentration of humic-like DOM; Coble, 1996) shows a generally concave profile similar to those of NH4+ and AlkT. In contrast, the humification index (HIX; representing the extent of humification of the CDOM pool, Zsolnay et al., 1999) shows elevated values of up to 14 in the interval of enhanced OMterr. accumulation, superimposed on a trend from lower values at the surface (<6) to a consistent background of 10–12 at depth.
DISCUSSION
Terrestrial Organic Matter Loading to the Sediments During the 20th Century
Many coastal areas of the Baltic Sea show evidence for anthropogenic eutrophication (Conley et al., 2011) which often leads to enhanced carbon loading to sediments (Jokinen et al., 2018; Helmond et al., 2020). At Storfjärden, we observe a steady rise in OCphyt .contents in the period since ∼AD 1900 (Supplementary Figure S1), consistent with eutrophication. However, a novel observation of this study is that a significant proportion of the additional recent carbon at this site is derived from terrestrial sources. The coincident minima in C/V and S/V phenol ratios during the period of maximum OMterr. accumulation rates indicate a shift towards more gymnosperm-dominated material (lower S/V phenol ratio) simultaneously with a shift towards more woody material (lower C/V phenol ratio, see Table 2), implying inputs of material originally derived from the Finnish forests.
Recent changes in C/V and S/V phenol ratios in estuarine settings have previously been interpreted as evidence for inputs of lignin-rich waste products from pulp and paper industries in North America (Louchouarn et al., 1999; Brandenberger et al., 2011). Such an interpretation appears plausible also for Storfjärden. Pulp production at Lohja, in the catchment of the River Mustionjoki (Figure 1), began in 1907 while paper production began in 1938 Heikkinen (2000). By 1957, the site was operating two paper machines with a combined potential output of 70 kt/y. Considering the uncertainty of the age vs depth model in this interval, the abrupt increases in OCterr. observed in Supplementary Figure S1 could well relate to these major changes in industrial activity in the catchment. We also note that sedimentary contents of OCterr. were already increasing for several centuries prior to this time, indicating additional inputs potentially from land use change prior to the onset of industrial activity (e.g. Yang et al., 2021).
Emissions of waste products from forest industries are expected to be a function of the scale of operations, as well as the degree of waste water treatment, both of which may change over time (Katko et al., 2005). Data from the website of Finnish Forest Industries (https://www.forestindustries.fi/statistics/environment/) show that national estimates of total suspended solids (TSS) and 7th-day biological oxygen demand (BOD7; a proxy for organic matter) emissions from forest industries to Finnish aquatic systems peaked in the period 1950‒1980 (Figure 5). The decline in emissions since this period is primarily due to the introduction of on-site water recycling, sedimentation ponds and activated sludge treatment (Luonsi et al., 1988; Saunamäki, 1997; Katko et al., 2005). Such improvements were also enacted at the industrial sites in Lohja, reducing emissions significantly despite ongoing high levels of production until closure of operations in 2015.
[image: Figure 5]FIGURE 5 | Time series of production and emissions from forest industries in Finland since 1950 (https://www.forestindustries.fi/statistics/environment/), compared with the dated sediment record of total vanillyl phenols, reported as mg/100 g C (ΛV). TSS = total suspended solids, BOD7 = 7th day biological oxygen demand.
A comparison of the time series of TSS and BOD7 with the sedimentary content of vanillyl phenol oxidation products (ΛV) at Storfjärden clearly shows the coincidence of maximum late 20th century lignin accumulation with maximum emissions from forest industries in Finland (Figure 5, note that age vs depth uncertainties are lower in this interval due to the tie-point at 1970). Furthermore, Heikkinen (2000) reported high contents of sedimentary resin acids during the same period in the southern part of Lake Lohjanjärvi, adjacent to the industrial site (Figure 1), while high contents of OMterr. in sediments close to Storfjärden were reported by Jokinen et al. (2020). Combined, these studies strongly support the interpretation that emissions from industries in Lohja were the main reason for the high inputs of OMterr. to Storfjärden during the late 20th century. This observation is remarkable, as it implies that significant amounts of waterborne waste materials were transported through Lake Lohjanjärvi, the Mustionjoki river and Pojo Bay as far as the archipelago area where the study site is situated, a linear distance of over 60 km (Figure 1).
An ongoing mapping exercise in the Swedish coastal zone has identified 29 locations of fiberbank deposits close to point source industrial sites (Norrlin and Josefsson, 2017). In terms of surface area at any given location, true fiberbanks (sediments dominated by coarse waste material fibers) typically occupy up to 10 hectares, while fiber-rich sediments (sediments with visible fibers) may extend over up to 1 square kilometer. Our data raises the possibility that the true spatial extent of anthropogenic OMterr. inputs to sediments of the northern Baltic Sea may be larger, due to the transport of finer particulate and dissolved material away from point sources. Using the Swedish coastal area as an example due to the good data coverage, we performed a speculative mass balance calculation to investigate the scale of carbon accumulation in mapped fiberbank locations in relation to total inputs from forest industry sources (Table 3). From the reported sediment carbon concentrations in Dahlberg et al. (2020), we estimate that 0.34 million tonnes of carbon currently reside in the fiberbanks and fiber-rich sediments at the 29 mapped locations of Norrlin and Josefsson (2017). We subsequently derived a first-order estimate for the magnitude of forest industry carbon inputs to the Baltic Sea from Sweden. This estimate is based on an assumed Gaussian distribution of total COD emissions from Swedish forest industries over the period 1930‒2000, fitted to the existing data from the Swedish Forest Industries Federation (Supplementary Figure S2) and corrected downwards assuming that only 5–15% of Swedish forest industry point source emissions enter the Baltic Sea, based on the locations of point sources in the maps of Norrlin and Josefsson (2017). The conversion from COD to total organic carbon (TOC) is based on the regression for high-latitude systems presented by Jiao et al. (2021). This exercise yields a total carbon input of 3.2–9.5 million tonnes, up to an order of magnitude greater than the estimated carbon stock in the 29 mapped locations (Table 4). Approximately half of the expected Swedish coastal point sources to the Baltic Sea have been mapped, thus its seems likely that the total fiberbank and fiber-rich sediment carbon stock in the Swedish coastal zone, once known, will be significantly less than the total input of carbon from anthropogenic OMterr. during 1930–2000. In this context, a diffuse contribution of anthropogenic OMterr. to a larger coastal sediment area is plausible, although part of the difference may be explained by mineralization and other transformations in the coastal environment.
TABLE 3 | Estimate of carbon stored in fiber banks and fiber-rich sediments of 29 mapped locations in the Swedish coastal zone (Norrlin and Josefsson, 2017).
[image: Table 3]TABLE 4 | Estimate of total carbon emissions to the Baltic Sea from forest industry point sources in Finland and Sweden during 1930–2000.
[image: Table 4]Additionally, we estimated the quantitative significance of anthropogenic OMterr. inputs in the context of total terrestrial carbon loading to the Baltic Sea from Finland and Sweden. During the period 1993‒2012, when standardized TOC analysis protocols were routinely used and therefore data are most reliable (Asmala et al., 2019), annual TOC loading to the Baltic Sea from the two countries combined varied from approximately 1.0–2.5 million tonnes per year (Table 4). Using the same Gaussian approach described above to provide a first-order estimate of the historical point source anthropogenic OMterr. inputs from Finland (Supplementary Figure S2) we calculate a total loading during the period 1930‒2000 of approximately 4–13 million tonnes of TOC for the two countries combined. During the loading maximum of the mid-1960s, we estimate approximately 0.18–0.53 million tonnes TOC per year. In conclusion, during the period of maximum emissions, carbon inputs from industrial sources may have been a significant component (up to >10%) of total annual carbon loading from Finland and Sweden, although the contribution likely declined steeply during the last decades of the 20th century.
Overall Impact of Carbon Loading on Sediment Diagenesis
The additional carbon loading from both aquatic primary production and terrestrial sources has contributed to higher LSR and MAR at Storfjärden in the recent past, and driven high rates of remineralization in the upper sediments, as shown by the curvature of the NH4+ and AlkT profiles in the upper 50 cm. The porewater data suggest that enhanced demand for electron acceptors has driven a rearrangement of the diagenetic zones in the upper sediment column (e.g., Middelburg and Levin, 2009). Most notably, carbon loading has enhanced methanogenesis and consequently shoaled both the interval of organoclastic sulfate reduction and the SMTZ. This sequence of eutrophication-driven changes in diagenetic zonation in the northern Baltic Sea has been described in several previous studies (e.g., Slomp et al., 2013; Egger et al., 2015; Rooze et al., 2016; Jilbert et al., 2018). A key piece of evidence for non-steady state conditions ‒ the solid-phase S maximum indicating enhanced formation of sulfide minerals in the modern SMTZ ‒ is observed in our profiles at 11 cm depth (Figure 3). Our data suggests that the methanogenic horizon is focused in the recently deposited sediments, with a gradient towards lower CH4 concentrations observed in deeper layers. Even in the case of degassing impacting on the methane profile, the strong curvature of the NH4+ and AlkT profiles in the upper 50 cm supports the theory that this interval is characterized by enhanced rates of methanogenesis relative to the rest of the sediment column. This confirms that enhanced methane production, and associated effluxes to the water column, are truly a legacy effect of recent carbon loading as postulated by Myllykangas et al. (2020a) from short-core data. Indeed, promotion of methanogenesis through rapid accumulation of organic material in sediments has been described previously in both freshwater and estuarine systems (e.g., Egger et al., 2016; Steinsberger et al., 2017). In the northern Baltic Sea, naturally low sulfate concentrations and modern high sedimentation rates allow degradable organic material to pass through the zone of sulfate reduction within the uppermost decimeters of the sediment column, thereby facilitating high rates of methanogenesis (e.g., Thang et al., 2013; Sawicka and Bruechert, 2017).
Methanogenesis, Organoclastic Sulfate Reduction and Anaerobic Oxidation of Methane
The shoaling of the diagenetic zones has triggered a cascade of secondary redox reactions in the sediment column at Storfjärden. Most importantly, the presence of methane in the shallow porewaters has likely led to the initiation of anaerobic oxidation of methane (AOM). Elevated rates of methane oxidation in the SMTZ at this site have been previously suggested from porewater data (Jilbert et al., 2018) and later confirmed by 14CH4 incubations (Myllykangas et al., 2020b). The present study shows the enrichment of ∑S2− at the SMTZ reported in Jilbert et al. (2018) in the context of the wider porewater data (Figure 4). The enrichment is considered to indicate sulfide production via sulfate-mediated AOM (S-AOM):
[image: image]
To further investigate the dynamics of methanogenesis, organoclastic sulfate reduction and S-AOM at Storfjärden, we determined the δ13C-DIC of porewaters throughout the core profile. Porewater δ13C-DIC is influenced by each of these processes as described by Whiticar (1999) and Meister and Reyes (2019). Namely, organoclastic sulfate reduction depletes δ13C-DIC from the bottom water value of ∼0‰ towards the value of decaying organic matter (∼−20‰). If S-AOM is active at the SMTZ, this process further depletes δ13C-DIC due to consumption of isotopically light methane. In the underlying methanogenic zone, in contrast, δ13C-DIC becomes enriched due to preferential consumption of isotopically light DIC during hydrogenotrophic methanogenesis. The overall shape of the δ13C-DIC profile at Storfjärden is consistent with those reported in other systems, with minimum values at or close to the SMTZ (e.g., Torres and Rugh, 2006; Chatterjee et al., 2011; Wehrmann et al., 2011; Yoshinaga et al., 2014). However we observe minimum δ13C-DIC values of just −8.5‰ at 5 cm depth (Figure 4). Although low sampling resolution may have aliased the magnitude and precise depth of this minimum, the value is strongly enriched relative to those reported in the aforementioned studies. Below the SMTZ, δ13C-DIC increases towards a stable background value of +18–+19‰. We interpret the generally enriched profile to indicate the presence of methanogenesis throughout the SMTZ (e.g., Thang et al., 2013) which dilutes the depletion of δ13C-DIC expected from S-AOM and organoclastic sulfate reduction.
Previous studies have used variations on a crossplot of Δ[DIC] vs Δ[SO42−] (the change in DIC and SO42− concentrations relative to bottom water values) to attempt to quantify the relative importance of S-AOM and organoclastic sulfate reduction at the SMTZ (e.g., Kastner et al., 2008; Hu et al., 2015). The approach is based on the theory that AOM produces DIC and consumes SO42− in a 1:1 ratio (Eq. 5) whereas for dissimilatory reduction the ratio is 2:1. Hence, the closer the value of Δ[DIC]/Δ[SO42−] is to 1, the greater the contribution of AOM. We chose to adopt the variation of Miller et al. (2017) to integrate δ13C-DIC values into this analysis, in order to reduce the uncertainty introduced by unconstrained fluxes of DIC from deeper sediment layers (Chatterjee et al., 2011). Thus we plot Δ[DIC]/Δ[SO42−] against [DIC] * δ13C-DIC (Figure 6, note that significant down-core changes in [Ca2+] are not observed in this system hence corrections to Δ[DIC] to account for carbonate mineral precipitation are neglected).
[image: Figure 6]FIGURE 6 | Crossplot of Δ[DIC]/Δ[SO42−] vs. [DIC] * δ13C-DIC for the upper sediment column, after Miller et al. (2017). Delta notation refers to change in concentration with respect to bottom water values. Numbers adjacent to data points indicate depth in cm. Horizontal red line shows the 1:1 ratio predicted for systems dominated by sulfate-mediated AOM (Eq. 5).
The relationship between Δ[DIC]/Δ[SO42−] and [DIC] * δ13C-DIC strongly varies with depth in the upper sediment column (Figure 6). Samples from the SMTZ plot in the lower-right corner of the diagram, with Δ[DIC]/Δ[SO42−] values <2 coincident with negative [DIC] * δ13C-DIC. Although the [DIC] * δ13C-DIC values are less negative than observed in Miller et al. (2017) due to the diluting effect of methanogenesis in this system, the progression towards Δ[DIC]/Δ[SO42−] values <2 supports the hypothesis that sulfate-AOM occurs in the SMTZ. However, the minimum detected value for Δ[DIC]/Δ[SO42−] at 13 cm depth is 1.65, still significantly elevated with respect to the 1:1 value predicted from sulfate-AOM alone. This result suggests that an important fraction of total sulfate consumption is in the SMTZ is likely contributed by organoclastic sulfate reduction (e.g., Jorgensen et al., 2019). This is further supported by the relative diffusive fluxes of SO42− and CH4 into the SMTZ, which show a ratio of 2.66 (Table 5), clearly in excess of the 1:1 requirement of the reactants of sulfate-AOM (Eq. 5). Combined, the results imply that the SMTZ at our study site should be considered as a broad zone of overlapping diagenetic processes, in which methanogenesis, organoclastic sulfate reduction and S-AOM are all active simultaneously.
TABLE 5 | Comparison of fluxes of methane (JCH4) and sulfate (JSO42−) into the SMTZ at Storfjärden with 40 other locations in the marine realm with SMTZ depth < 1 m (data from Egger et al. (2018). Only sites with data for all parameters were used in the analysis.
[image: Table 5]Consequences of the Shallow Sulfate-Methane Transition Zone at Storfjärden
The SMTZ at Storfjärden, similarly to much of the northern Baltic Sea today, is among the shallowest in the marine realm. Due to the strong correlation observed globally between SMTZ depth and associated diffusive fluxes of SO42− and CH4 (Egger et al., 2018), the values of these fluxes at Storfjärden are also high in global terms. Our calculated values for JCH4 and JSO42−, as well as the flux ratio of 2.66, fall within the ranges of compiled data for 40 marine coring sites with SMTZ depth <1 m (Table 5), suggesting that rates of methane-related processes at this site are typical for similar coastal locations of high carbon loading in the modern ocean.
While consumption of upwards-diffusing methane by AOM in marine sediments is considered near-quantitative on a global scale (Reeburgh, 2007; Saunois et al., 2016), sites with a shallow SMTZ often show inefficient AOM and significant fluxes of CH4 to the water column and hence potentially to the atmosphere (e.g. Thang et al., 2013; Egger et al., 2016). Indeed, the Storfjärden area today is characterized by active fluxes of methane from sediments through both diffusion (Myllykangas et al., 2020a) and ebullition (Humborg et al., 2019). Our data confirms that the ultimate source of these emissions is the methanogenic layer in the late 20th century sediments, and hence that these emissions are a direct consequence of anthropogenic carbon loading through both eutrophication and inputs of OMterr.
Specific Impacts of OMterr. Inputs on Diagenetic Processes
Our data show indications that the additional loading of OMterr. during the 20th century has had specific impacts on diagenetic processes at Storfjärden. Terrestrial OM is traditionally considered to be relatively inert to remineralization in sediments (Hedges et al., 2000; Arndt et al., 2013) due to its refractory macromolecular composition (de Leeuw and Largeau, 1993) as well as protective associations formed with other materials prior to sedimentation (e.g., Hedges and Keil, 1995; Huguet et al., 2009). Indeed, lignin in sediments has been studied extensively as a biomarker for OMterr. largely due to its high preservation potential (Bianchi et al., 2018). However, several studies have reported that sites influenced by large direct inputs from forest industry display evidence for relatively high reactivity of this material in the sediment column. For example, high potential rates of methanogenesis were recently observed in wood fiber-rich sediments from the Finnish Lake Nasijärvi (Kokko et al., 2018). Similarly, fiber-rich sediments in Swedish coastal areas of the Baltic Sea support diffusive fluxes of organic contaminants to overlying waters, implying release from the solid-phase during diagenesis (Dahlberg et al., 2021).
At Storfjärden, we observe a maximum in the humification index (HIX) of porewater CDOM (values up to 14) coincident with the layer of enhanced OMterr. accumulation (Figure 4). This maximum is superimposed onto a trend from lower values at the surface (<6) to a consistent background of 10–12 at depth in the profile. Previous studies of HIX in sediment porewaters have typically interpreted this index as a proxy for CDOM sources in the degrading sedimentary OM, with low values (e.g. <3) indicative of autochthonous or microbial material and high values (e.g >6) indicative of terrestrial humic matter (Chen et al., 2016; Li et al., 2021). Our values are generally higher than those reported in these studies, implying an overall more humic composition of the source material. Furthermore, maximum values are observed in the layer of maximum OMterr. accumulation, suggesting solubilization of lignin and other terrestrial macromolecules, which are important components of humic-like CDOM (Del Vecchio & Blough, 2004). The underlying trend in HIX is also of interest. The observation of low-HIX CDOM in the shallowest layers and a stable background of high-HIX CDOM at depth implies a diagenetic shift in CDOM composition after sedimentation of degrading OM. Specifically, low-HIX CDOM produced during degradation in the shallowest layers appears to be consumed after release into the porewaters, leaving a residual accumulation of high-HIX CDOM at depth. We suggest that such consumption may occur through utilization of low-HIX DOM, which is considered more labile, by the microbial community. We note that the HIX profile contrasts with that of peak C, which shows a concave-down profile throughout the sediment column (Figure 4). This suggests that overall production of humic-like CDOM occurs similarly to that of inorganic degradation products such as NH4+ and AlkT.
The additional flux of OMterr. to the coring location during the 20th century was likely accompanied by other terrestrial materials transported in association with organic matter. As described by Jokinen et al. (2020), metals such as Fe, Mn, Co, Cd, Pb, Sn and Zn are all enriched in the same depth interval as OMterr. in sediment cores from the Storfjärden area. Our long core data confirm that contents of Fe and Mn are higher in this layer than at any other depth in the sediment column (Figure 3). These metals derive from the terrestrial environment (including from anthropogenic sources), and are sedimented both as oxide minerals physically associated with organic matter, and as metal-OM complexes that undergo flocculation and aggregation at the estuarine salinity gradient (Widerlund and Ingri, 1996; Jilbert et al., 2018). Temporal changes in the inputs of oxides and metal-OM complexes may impact on diagenetic processes in several ways. For example, higher inputs of oxides may affect rates of oxide-mediated AOM (Lenstra et al., 2018) and thus the potential for phosphorus retention through vivianite formation (Slomp et al., 2013). Furthermore, complexation between OM and Fe in sediments has been shown to generally protect OM from remineralization and thus promote long-term carbon burial (Lalonde et al., 2012; Shields et al., 2016). Hence, not only the direct OMterr. inputs from forest industry themselves, but also the associated materials, may have altered diagenetic processes at Storfjärden during the 20th century.
CONCLUSION
This study shows that recent carbon loading to coastal sediments of the northern Baltic Sea has occurred not only as a consequence of increased aquatic primary production due to increased nutrient loading, but also of enhanced inputs of terrestrial organic matter from forest industry activities. This additional material has contributed to high sedimentation rates and demand for electron acceptors for organic matter remineralization, leading to a shoaling of the diagenetic zones in the sediment column. At the Storfjärden site, a distinct layer of elevated OMterr. contents in the late 20th century sediments are characterized by lignin phenol signatures typical of woody gymnosperm material, implying inputs from forest industries in the catchment. This layer coincides with high porewater methane concentrations and high curvature in the profiles of NH4+ and AlkT, indicating that the carbon loading has enhanced methanogenesis in the recently deposited sediments. Moreover, optical characteristics of porewater CDOM indicate active degradation of OMterr. in the same layer. The SMTZ is observed directly above the methanogenic layer, and is characterized by sulfate-mediated AOM occurring alongside organoclastic sulfate reduction and methanogenesis. Fluxes of methane and sulfate into the SMTZ are high, but typical for similar eutrophic systems throughout the coastal oceans.
The broader spatial impact of anthropogenic OMterr. inputs on coastal sediment biogeochemistry in the northern Baltic Sea remains to be established. Our data from Storfjärden shows that the signatures of such inputs may be identifiable several tens of kilometers from the industrial sources, confirming previous observations from the St. Lawrence estuary (Louchouarn et al., 1999). Moreover, our estimates of carbon storage in fiberbank locations in the Baltic Sea show that these proximal deposits are unlikely to account for the entire carbon loading from forest industry sources to the Baltic Sea during the 20th century. Determining the wider extent of anthropogenic OMterr.-rich deposits in boreal coastal zones is essential for constraining carbon budgets in these areas, both in terms of carbon burial and greenhouse gas emissions.
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A numerical reaction-transport model was developed to simulate the effects of microbial activity and mineral reactions on the composition of porewater in a 230-m-thick Pleistocene interval drilled in the Peru-Chile Trench (Ocean Drilling Program, Site 1230). This site has porewater profiles similar to those along many continental margins, where intense methanogenesis occurs and alkalinity surpasses 100 mmol/L. Simulations show that microbial sulphate reduction, anaerobic oxidation of methane, and ammonium release from organic matter degradation only account for parts of total alkalinity, and excess CO2 produced during methanogenesis leads to acidification of porewater. Additional alkalinity is produced by slow alteration of primary aluminosilicate minerals to kaolinite and SiO2. Overall, alkalinity production in the methanogenic zone is sufficient to prevent dissolution of carbonate minerals; indeed, it contributes to the formation of cemented carbonate layers at a supersaturation front near the sulphate-methane transition zone. Within the methanogenic zone, carbonate formation is largely inhibited by cation diffusion but occurs rapidly if cations are transported into the zone via fluid conduits, such as faults. The simulation presented here provides fundamental insight into the diagenetic effects of the deep biosphere and may also be applicable for the long-term prediction of the stability and safety of deep CO2 storage reservoirs.
Keywords: alkalinity, microbial activity, methanogenesis, silicate alteration, clay minerals, diagenetic carbonate, Peru margin
INTRODUCTION
Microbial activity below the seafloor (in the deep biosphere) affects global cycling of carbon. In sediments on many continental margins, microbes convert buried organic matter through a series of reactions to methane (CH4) and dissolved inorganic carbon (DIC), both of which can return back to the water column through advection or diffusion (e.g., Dickens, 2003; Krumins et al., 2013). In some areas, high rates of organic carbon decomposition lead to oversaturation of porewater with respect to different carbonate minerals (e.g., Baker and Burns, 1985; Moore et al., 2004; Meister et al., 2006; Meister et al., 2007; Meister, 2015; Wehrmann et al., 2016). Precipitation of diagenetic carbonates can even occur within carbonate-free ocean margin sediment sequences (e.g., Pisciotto and Mahoney, 1981; Kelts and McKenzie, 1984; Baker and Burns, 1985). Importantly, these carbonates add to the total worldwide carbon burial flux, and variations in their accumulation over time may have contributed to past changes in global carbon cycling, such as during times of widespread anoxia (Schrag et al., 2013; Sun and Turchyn, 2014). Nevertheless, gaps remain in the understanding of organic carbon decomposition and diagenetic carbonate formation, particularly in sediment sequences characterized by strong methanogenesis.
While production of DIC drives diagenetic carbonate precipitation, a simultaneous increase in the pH buffering capacity and total alkalinity must happen to increase the activity of dissolved CO32− and, hence, the saturation state with respect to various carbonate phases. The total alkalinity (titration alkalinity) has been defined as “excess of proton acceptors over donors with respect to carbonic acid”: TA = [HCO3−] + 2 [CO32−] + [OH−] + [B(OH)4−] + [HPO42−] + 2 [PO43−] + [H3SiO4−] + [NH3] + [HS−] + 2 [S2−] − [H+] − [HF] − [HSO4−] − [H3PO4] (Dickson, 1981; Middelburg et al., 2020). Several microbially mediated reactions increase alkalinity, including iron-reduction (Raiswell and Fisher, 2000; Wehrmann et al., 2009), organoclastic sulphate reduction (OSR), and anaerobic oxidation of methane (AOM; Moore et al., 2004; Ussler and Paull, 2008; Meister, 2013). In general, these processes progress with depth below the seafloor, according to their redox potential and free energy yield (e.g., Froelich et al., 1979). They also affect alkalinity differently. Notably, OSR produces two moles of DIC and two moles of alkalinity per mole of sulphate consumed, with a 1:1 ratio of TA:DIC (Eq. 1):
[image: image]
By contrast, AOM generates more alkalinity relative to DIC (TA:DIC = 2:1; Eq. 2):
[image: image]
In the absence of any terminal electron acceptor, subseafloor fermentation of organic matter can still occur, releasing CH4, organic acids, and CO2 to porewater. A dominant overall process is “methanogenesis”, which proceeds mainly through autotrophic reduction of CO2 with H2 as an electron donor (Conrad, 1999; Meister and Reyes, 2019):
[image: image]
Crucially, the overall pathway results in excess CO2, but without producing further alkalinity.
A current problem in our collective knowledge of the deep biosphere and the role of methanogenesis for subseafloor biogeochemical processes revolves around the fate of CO2 and extreme porewater alkalinity. Production of CO2 (Eq. 3) should lead to acidification and undersaturation of porewater with respect to carbonate minerals. This is because CO2 dissolves in water and generates protons, but does not change alkalinity (Eq. 4):
[image: image]
However, porewaters along continental margins and within zones of significant methanogenesis consistently exhibit very high alkalinity, often exceeding 50 mmol/L (Figure 1) and sometimes surpassing 160 mmol/L (Wefer et al., 1998). Furthermore, the high alkalinity mostly reflects dissolved HCO3− concentrations (except near depths of HS− production), the pH usually exceeds 7, and early diagenetic carbonate (dolomite) often has positive δ13C values, indicative of precipitation under methanogenenic conditions (Claypool and Kaplan, 1974; Kelts and McKenzie, 1984). As side-stepped in various works (e.g., Chatterjee et al., 2011; Meister et al., 2011), there is a “lost proton problem”. How can sufficient alkalinity, as HCO3−, occur in such sub-seafloor environments to the point of driving significant amounts of carbonate precipitation?
[image: Figure 1]FIGURE 1 | Global map showing representative ODP sites along continental margins with thick methanogenic zones (A) and compilation of their porewater alkalinity profiles with respect to metres below seafloor (mbsf), highlighting greatly elevated alkalinity in the upper few hundreds of metres of sediment (B). Data are from Ingle et al. (1990; Japan Sea, Site 798), Paull et al. (1996; Blake Ridge, Site 997), Wefer et al. (1998; Namibia Margin, Site 1084), D’Hondt et al. (2003; Peru Margin, Site 1230), and Tréhu et al. (2003; Hydrate Ridge, Site 1244).
Several additional sources of alkalinity in marine sediments have been discussed in previous studies (e.g., Chatterjee et al., 2011; Meister et al., 2011). Given a nominal C/N ratio >7:1, organic matter degradation generally produces ammonia in most continental margin sediments (e.g., Arndt et al., 2013). Due to uptake of a proton, each mole of NH4+ (from NH3) also produces one mole of alkalinity:
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While NH4+ accumulates in the porewater, it may adsorb to clay mineral surfaces, in exchange for Ca2+ and Mg2+, which are readily released into the porewater (Von Breymann et al., 1990; Ockert et al., 2014; Mavromatis et al., 2015). Dissolved organic species, which almost certainly form in methanogenic systems, also need consideration (Smith, 2005).
Several authors (e.g., Aloisi et al., 2004; Wallmann et al., 2008; Meister et al., 2011; Archer et al., 2012; Solomon et al., 2014) have suggested that alteration of silicate minerals, particularly clay minerals, occurs within methanogenic zones and may produce sufficient alkalinity to drive diagenetic carbonate precipitation. At low pH and low temperatures, silicates may alter to secondary minerals by loss of oxides of alkali and earth alkali metals, which react to hydroxides upon protonation, thereby buffering acidification of dissolved CO2 (Amiotte Suchet et al., 2003; Colbourn et al., 2015; Eq. 6):
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Often silicate alteration reactions also show a loss of SiO2, which upon water uptake reacts to H4SiO4 and which, hence, does not contribute to total alkalinity production. As a consequence of Eq. 6, alkalinity also can be expressed by the balance of conservative ions. This has been shown by Wolf-Gladrow et al. (2007), who derived an explicit conservative expression of total alkalinity: TAec = [Na+] + 2 [Mg2+] + 2 [Ca2+] + [K+] − [Cl−] − [TNH3] − 2 [TSO4] (here only including the components relevant for the considered system). The advantage of this expression is that all parameters are conservative and can be directly measured. TAec also provides a clearer understanding of how mineral reactions affect the porewater alkalinity.
Both ion exchange with NH4+ and silicate mineral alteration may enrich porewaters in dissolved Mg2+, Na+, and K+ (Von Breymann et al., 1990; Wallmann et al., 2008), while Ca2+ typically becomes depleted due to carbonate precipitation. But which scenario is correct, and why and how extremely high alkalinity arises in zones of high microbial activity, remains unclear. Understanding the production of alkalinity and its effect on carbonate equilibrium is not only essential for understanding diagenetic carbonate formation and the natural carbon cycle, but also links to long-term storage of CO2 in geological rock reservoirs (Bickle et al., 2007; Kasina et al., 2014).
In this study, we examine data from Ocean Drilling Program (ODP) Site 1230 on the Peru Margin (D’Hondt et al., 2003; Donohue et al., 2006). This site was drilled to examine microbiological and porewater expressions in an exemplary modern-day methanogenic system. Although Site 1230 has one of the most complete porewater datasets in ocean drilling history, the available information has yet to be placed into context. We developed a numerical reaction-transport model to simulate alkalinity production and its effect on the carbonate equilibrium as a result of microbial activity and mineral reactions in natural methanogenic zones over millions of years. Rates of microbial metabolic reactions (OSR and methanogenesis) are linked to an overall organic matter degradation rate. The rate of organic matter degradation (RTOC; TOC = total organic carbon) was determined using a presumed decay function and determining the decay parameters by fitting the simulated porewater profiles to the measured porewater data. Also rates of ion exchange on clay mineral surfaces and rates of dissolution/precipitation of the minerals detected by X-ray diffraction analysis were determined in this way. We then assessed how the different processes affect total alkalinity and carbonate saturation. This simulation aims at clarifying the longstanding enigma of how diagenetic carbonates form in deep methanogenic zones below the seafloor.
STUDY SITE AND MEASURED POREWATER PROFILES
Intense coastal upwelling and high primary productivity characterize surface waters along the Peruvian continental margin. In 2002, ODP Leg 201 drilled and cored Site 1230 on the lower slope of the Peru margin (9° 6.7525′ S / 80° 35.0100′ W; Supplementary Figure S1A) at 5,086 m water depth, and within 100 m from ODP Site 685. The site comprises five holes (A-E), from which cores collected sediment to 278 m below seafloor (mbsf). Except for a few short pressure cores to collect gas, sediment recovery over the upper 216 m was accomplished using an advanced hydraulic piston core (APC) tool while recovery below this depth was accomplished mostly using an extended core barrel (XCB) tool.
The overall sequence has two main lithological units, which match those recovered at Site 685 (Supplementary Figure S1B; D’Hondt et al., 2003). The upper 230 m (Unit I) consist of Pleistocene-Holocene diatom ooze with variable mud content, traces of biogenic carbonate (nannofossils and foraminifera) and commonly pyrite. Total organic carbon content ranges between 2 and 3.5 wt%, with a nearly constant C/N ratio of about 9 (Prokopenko et al., 2006). By contrast, total inorganic carbon (TIC) content of bulk sediment mostly lies below 0.2 wt%, but reaches up to 1 wt% in the middle part of the unit (Meister et al., 2005). A 10-m-scale cyclicity in chromaticity (D’Hondt et al., 2003) spans the upper 118 m and reflects alternating domains enriched in diatom-ooze or dark-green clay, presumably linked to glacial and interglacial intervals. A change in chromaticity coincides with an interval of lower diatom content between 118 and 148 mbsf. The clay-rich diatom ooze shows signs of increasing consolidation and fissility towards the base of Unit I (D’Hondt et al., 2003).
A sharp boundary at 216 mbsf delineates Unit I and Unit II, and marks a downward shift to strongly consolidated Miocene sediments. The boundary likely represents a décollement surface within the accretionary prism (D’Hondt et al., 2003; Matmon and Bekins, 2006), as it is characterized by a 20-cm-thick fault breccia cemented by syntectonic dolomite (Meister et al., 2011) and a ∼4 Ma gap in age (Suess 1988).
Porewater profiles show major changes in fluid composition with depth, including a steep and near linear negative sulphate gradient with a thin sulphate-methane transition zone (SMT) at approximately 9 mbsf. Sulphide reaches ca. 10 mmol/L at the SMT and decreases to zero at 20 mbsf. Below the SMT, a methanogenic zone prevails throughout the sequence. Extremely high concentrations of up to 300 mmol/L methane were reconstructed by Spivack et al. (2006), and gas hydrates were detected at 82 and 148 mbsf (D’Hondt et al., 2003). Measured DIC and alkalinity both reach concentrations of more than 150 mmol/L near 150 mbsf (D’Hondt et al., 2003). Below 150 mbsf, alkalinity, ammonia, and Mg2+ concentrations decrease downwards towards the Unit I-II boundary (D’Hondt et al., 2003; Donohue et al., 2006). A sudden change in porewater chemistry occurs at this depth (D’Hondt et al., 2003), as indicated by more radiogenic Sr isotope values; likely this is due to fluid transported along the fault (Kastner et al., 1990; Meister et al., 2011).
MATERIAL AND METHODS
Mineral Analysis
Sediment samples from ODP Site 1230 were selected from undisturbed core sections recovered from 6 to 254 mbsf. For bulk mineralogical analysis, powdered sediment samples were analysed by X-ray diffraction (XRD) using a Panalytical X’Pert PRO diffractometer (Cu-Kα radiation, 40 kV, 40 mA, step size 0.0167, 5 s per step).
For clay mineral separations, six sediment samples were slightly crushed by hand to pieces of approximately 3 mm. Organic matter was removed by oxidation with diluted H2O2, and the samples were further disaggregated with a 400 W ultrasonic probe for 3 min. The <2 μm grain-size fraction was separated from bulk sediment by sedimentation in an Atterberg-cylinder for 24 h and 33 min (Engelhardt et al., 1974; Gaucher et al., 2004) and dried at 50°C. The homogenized samples were then saturated with K+ and Mg2+ ions and oriented samples were prepared by dispersing 10 mg of clay in 1 ml of water, pipetting the suspensions onto glass slides, and drying at room temperature. The oriented, K- and Mg-saturated samples were analysed in air-dried state and after vapour solvation with either ethylene glycol (K-samples) or glycerol (Mg-samples) at 60°C for 24 h to identify expandable clay minerals like smectite and vermiculite. Additional K-saturated samples were heated to 550°C to destroy kaolinite and expandable clay minerals (Eslinger and Pevear, 1988; Jasmund and Lagaly, 1993; Moore and Reynolds, 1997).
Reaction Transport Model
Concentrations of dissolved species were simulated with a one-dimensional reaction-transport model (Figure 2) according to Fick’s second law of diffusion in the form given by Boudreau (1997):
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where C is the concentration of a solute (mmol/L), z is the depth in metres below seafloor (mbsf), dt is the time interval (years), and ϕ is porosity. The first term on the righthand side is a downward advection term, simulating burial with the sedimentation rate ω, whereby a steady-state compaction (dϕ/dt = 0; ϕ⋅ω is constant) was assumed. The downward decreasing porosity was calculated as:
[image: image]
where ϕ0 and ϕ∞ are constant porosities at sediment depth z = 0 and ∞, respectively, and b is the porosity e-folding distance (the distance over which (ϕ0–ϕ∞) decreases by a factor of e).
[image: Figure 2]FIGURE 2 | Flow chart representation of the basic reaction-transport and precipitation model, including feedbacks, data fitting, and output. TOC0 is the initial total organic carbon content (wt%) at the time of sediment deposition. The parameters a and ν describe the function of organic matter degradation according to Boudreau and Ruddick (1991), ω is the sedimentation rate after compaction, and b defines the compaction with depth. AOM = anaerobic oxidation of methane.
The second term on the righthand side of Eq. 7 accounts for diffusion, where D is the diffusion constant (m2/s; see below). The tortuosity τ was calculated from porosity according to Boudreau (1997):
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The third term on the righthand side of Eq. 7 represents any source or sink (or combination thereof), where R is the rate of production or consumption of the solute (mmol L−1 a−1). For dissimilatory metabolic reactions (sulphate reduction and methanogenesis, according to Eqs 1, 3), the source and sink terms are stoichiometrically related to the degradation rate of TOC. The degradation of TOC was calculated using the reactive continuum (RC) model of Boudreau and Ruddick (1991):
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where TOC(t) is the TOC at sediment age t, TOC0 is the initial TOC upon sedimentation, and aRC and ν are fitting parameters in the reactive continuum model. The source/sink sTOC was calculated from the derivative of organic matter decay after time:
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where ρs is the density of the dry sediment and MC is the molecular weight of carbon. Also, TOC degradation is linked stoichiometrically to the release of ammonium via a prescribed C/N ratio.
For sulphate reduction and AOM, a Monod kinetic term was applied (Treude et al., 2003; Arndt et al., 2006; Arndt et al., 2009; Knab et al., 2008):
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where Ks and KAOM are the half saturation constants for sulphate reduction and AOM, respectively, and kAOM is the first-order rate constant for methane. Most sulphide produced by sulphate reduction is consumed by Fe-sulphide formation at the sulphide-iron front below the SMT. To calculate the sink of sulphide, FeS-precipitation was stoichiometrically coupled with reductive dissolution of Fe, with a Monod-term to limit reaction at very small sulphide concentrations. The rate constant was varied to fit the measured sulphide profile.
Due to the high pressure and low temperature at >5,000 m water depth, free gas phase should not reside within the porewater over the upper few hundred metres below the seafloor. However, dissolved CH4 concentrations can surpass those for gas hydrate saturation. The saturation conditions were calculated according to an approach given by Tishchenko et al. (2005), based on Duan et al. (1992). Gas hydrate formation and dissociation was included in the transport model as a source/sink-term, with a rate depending on the oversaturation of dissolved CH4. Burial of the solid phase (given in mmol equivalents per litre of porewater) was calculated using the sedimentation rate.
Cation Exchange on Mineral Surfaces
For the calculation of cation exchange on clay minerals, we assumed that adsorbed ions are in equilibrium with surrounding pore fluids. This is justified, because radiotracer experiments (Ockert et al., 2014) show that Ca2+-NH4+ exchange occurs very rapidly, over a few hours. The conditional exchange coefficients (KEx) were found by solving a partition function with respect to ammonium for each cation (here exemplary for Ca2+):
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and by assuming the sum of all mole fractions (X) equals to one (Boatman and Murray, 1982). The cation concentrations were fitted to the porewater concentrations by varying the exchange coefficients. Rates of adsorption and desorption were calculated from the depth gradients of each adsorbed ion times the burial velocity and were included as source/sink terms in the reaction-transport function.
Speciation and Mineral Reactions
Measured concentrations of dissolved ions in porewater of marine sediment generally do not account for speciation. For example, Mg concentrations determined via inductively coupled plasma atomic emission spectrometry, such as done on ODP Leg 201, inextricably include those from Mg2+, MgCl+, and MgSO4(0) (e.g., Katz and Ben-Yaakov, 1980). For the aqueous speciation and calculation of mineral saturation states the program Phreeqc (Version 3.5.0; Parkhurst and Appelo, 2013) was used. The reaction-transport model was linked to the PhreeqRM module (Parkhurst and Wissmeier, 2015). From the initial ion concentrations (here assumed as seawater concentrations), an initial (hypothetical) solution containing up to 90 species was calculated (Figure 2). The speciation was then renewed at each time step. Charge balance during transport was maintained, using the correction factor for Coulombic effects (Boudreau et al., 2004) and leaving chloride concentration variable. Charge balance also was maintained for reactions. The program determines ion activity product (IAP) and the solubility product (KSP).
The saturation indices (SI = log IAP – log KSP) of calcite, dolomite, and all silicate phases detected by XRD were calculated for in-situ temperature and pressure conditions. Rates of mineral precipitation or dissolution were calculated as k·SI (cf. Lasaga, 1998; Morse et al., 2007), whereby the rate constants k were assumed to exponentially decrease with depth, and the decay parameters were found by fitting the porewater profiles to measured data (Supplementary Material). Sources and sinks of ions were calculated in stoichiometric proportion to the amounts of mineral dissolved or precipitated. Since Al in porewater is extremely depleted, it was not possible with the present model to simulate reaction rates with respect to Al species using a reasonable time step. For this reason, Al was kept constant at a meaningful concentration, i.e., at an intermediate concentration at which kaolinite remains always supersaturated while other silicate minerals remain undersaturated. Mineral dissolution and precipitation were then stoichiometrically coupled so that no Al was added to or removed from the solution.
Activity correction was calculated according to the Brønsted-Guggenheim-Satchard model (also known as specific ion interaction theory, SIT; Brønsted, 1921; Guggenheim and Turgeon, 1955), using the formalism presented by Grenthe and Plyasunov (1997; Eq. 14).
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In Eq. 14 the activity coefficient γi is calculated for ion “i” as a function of ionic charge z, the ion radius r, the ionic strength I of the solution, and the sum of interactions with each ion k in the solution, with the interaction coefficient ϵ between ions “i” and “k” and the molar concentration ck.
Parameterization and Boundary Conditions
The reaction-transport equation was solved using the finite differences method with an explicit-implicit scheme. The non-linear terms, including different source and sink terms, were solved explicitly. The simulations were run until a steady state was reached. All parameters, their symbols, values (or ranges), units, and references are listed in Table 1. The porewater concentration data used for fitting the model are mostly ODP Leg 201 shipboard data (D’Hondt et al., 2003; 2004) supplemented with shore-based measurements of Ca, K, Mg, and Na by Donohue et al. (2006). For the initial solution, major ion concentrations of seawater (Table 1) were used, and the calculated solution was also set at the seafloor as an upper domain boundary condition. Elevated DIC concentrations may occur in deep-sea bottom water due to accumulation of CO2 from aerobic respiratory production (Zeebe, 2007), which accordingly affects the pH of the boundary condition. The lower domain boundary was defined at 230 mbsf, where the concentrations are assumed as constant. This stipulation is necessary because diverse species show a gradient across the lower boundary due to the influence of fluid advection along the fault at 230 mbsf.
TABLE 1 | List of parameters and values used for the reaction transport model.
[image: Table 1]A minimal long-term sedimentation rate of 0.1 m/ka was assumed based on the thickness of the Pleistocene-Holocene interval of 230 m according to the Leg 112 age model (Suess, 1988). The porosity function was fitted to the measured porosity data. Diffusion coefficients were calculated for P, T, and salinity at each depth, using the functions and constants given in Boudreau (1997). No temperature and pressure derivatives of the diffusion coefficients were considered, since these effects were determined to be negligible.
We used the rate constants of AOM given in Arndt et al. (2006) and references therein and the half-saturation constant for organoclastic sulphate reduction as reported by Tarpgaard et al. (2017). Initial TOC content and parameters a and ν were found by fitting the concentration profiles of metabolites, such as sulphate and ammonium to the measured data and by fitting the SMT to 9 mbsf (Supplementary Material). In particular, varying a and ν also affects the curvature of the sulphate profile (Meister et al., 2013). Production of NH4+ was stoichiometrically linked to the rate of TOC-degradation, assuming a C/N ratio of 9 (Prokopenko et al., 2006; also consistent with ratios given in; Burdige and Komada, 2013).
Cation concentrations were fitted to the measured porewater data by varying the adsorption constants, using a CEC of 100 meq/100 g based on Ockert et al. (2014). The conditional exchange coefficients only control the relative proportions in which the ions are adsorbed or desorbed, and they were adjusted to fit the data. Downward decreasing dissolution rate constants for individual clay minerals were found by fitting the data (Supplementary Material), while the precipitation of kaolinite was linked via the transfer of aluminium (see discussion for details).
For speciation and calculation of saturation states we used the parameters in the database for the specific ion interaction theory, given in the Phreeqc package (sit.dat database). The minerals were selected from the database according to the mineral assemblage detected by XRD and according to their stoichiometric composition commonly observed in marine sediments (e.g., Marinoni et al., 2008; Park et al., 2019; Table 2). For thermodynamic calculations in-situ pressure and temperature at each depth were used, with a linear temperature gradient between the mudline-temperature of 1.7 and 11.2°C at 278 mbsf at Site 1230 (D’Hondt et al., 2003).
TABLE 2 | List of minerals and their stoichiometric compositions selected from the sit.dat database.
[image: Table 2]ANALYTICAL RESULTS
Bulk Mineralogy
Bulk XRD-analyses (Figure 3A) show quartz (peak at 3.34 Å; 26.67° 2θ) as the most abundant phase. The second most abundant phase is feldspar, whereby albite/anorthite (3.19 Å; 27.92° 2θ) is more abundant than K-feldspar (3.24 Å, 27.53° 2θ) in all samples. Small amounts of mica or illite (peak-positions at 10 Å, 8.83° 2θ) are present in all samples. Calcite is detected in the samples from 6 mbsf and 57 to 144 mbsf. Two separate carbonate phases, a low-Mg calcite at 3.03 Å (29.4° 2θ) and a Mg calcite at 3.02 Å (29.5° 2θ), occur. A halite (NaCl) peak at 2.82 Å (31.7° 2θ) is usually present as the samples were not washed before analysis.
[image: Figure 3]FIGURE 3 | X-ray pattern of analysed sediment samples from ODP Site 1230. (A) Bulk sediment showing quartz (Qtz), feldspar (Fsp), mica, and calcite (Cal). The spectra are arranged in the sequence as they occur through the drilled core. Halite and gypsum (Gy) usually form due to evaporation during sample storage. (B) X-ray patterns of Mg-glycerol saturated clay fractions, arranged in the same sequence as they occur through the drilled core. The spectra were interpreted to indicate smectite (Sm), vermiculite (Verm), chlorite (Chl), kaolinite (Kao), and illite, based on comparison of spectra from the fractions treated with Mg-ions, K-saturated fractions treated with ethylene glycol, and fractions heated to 550°C (shown for sample 21.8 mbsf; Supplementary Material).
Clay Mineral Analysis
All analysed samples contain different amounts of smectite, vermiculite, chlorite, kaolinite, and illite (Figure 3B). Additionally, the clay fractions contain small amounts of quartz, feldspar, and calcite (only in one sample at 70.3 mbsf). Here, the identification of the clay minerals is explained for the sample from 21.8 mbsf (Supplementary Figure S2). Smectite was identified by a broad peak at 14.1 Å (6.3° 2θ) with Mg saturation which shifted to 11.8 Å (7.5° 2θ) with K saturation and collapsed to 9.9 Å (8.9° 2θ) after heating to 550°C. Saturation of the K-sample with ethylene glycol expanded smectite again to 16.8 Å (5.3° 2θ), the Mg-sample with glycerol to 18 Å (4.9° 2θ). Chlorite was identified by the peaks at 14.1, 7.07, 4.7 and 3.53 Å (6.3°, 12.5°, 18.8°, and 25.1° 2θ), which did not change position during treatments. Illite peaks at 9.9, 4.97 Å, and 3.33 Å (8.9°, 17.8°, and 26.7° 2θ) also kept their positions. Kaolinite peaks at 7.13 Å and 3.57 Å (12.4° and 24.9° 2θ) disappeared after heating to 550°C. Mg-saturated vermiculite was recognized based on a strong peak at 14 Å (6.3° 2θ), which shifted to 10 Å (8.83° 2θ) with K saturation, while saturation with Mg and glycerol (MgGly) did not change the 14 Å peak position (only present in traces in the sample from 21.8 mbsf, but more abundant in the other samples).
Looking at a depth plot of the Mg + glycerol saturated clay fractions (Figure 3B), it is obvious that only the uppermost two samples contain large amounts of smectite (18 Å, 4.9° 2θ). The deeper samples show only small smectite peaks, but additionally contain another expandable clay mineral, vermiculite (14 Å, 6.3° 2θ). Illite, chlorite, and kaolinite are present in samples of all depths.
MODEL RESULTS AND DISCUSSION
Biogeochemical Reactions and Effects on Alkalinity
The basic parameters used for the geochemical simulation, temperature, pressure, sedimentation rate, porosity, TOC content, and C/N ratio were fitted as good as possible to the measured data (Figures 4A–D; Supplementary Figure S3). Modelled porewater profiles, shown in Figure 5, reach a steady state after <1 Ma, even though 2.3 Ma are needed for burial of the gas hydrates below 230 m at a sedimentation rate of 0.1 m/ka. Therefore, the time needed to reach a steady state is well within the time frame of deposition of the Pleistocene interval, throughout which the sediment composition does not fundamentally change. The geochemistry within the underlying Miocene interval is decoupled by fluid flow along the décollement, essentially setting the boundary conditions for the Pleistocene evolution of the porewater profiles.
[image: Figure 4]FIGURE 4 | Sediment properties and organic matter content vs. depth at ODP Site 1230: (A) porewater temperature and hydrostatic pressure; (B) sediment age and porosity (data from D’Hondt et al., 2003); (C) total organic carbon content (data from Meister et al., 2005); (D) measured C/N ratios from Site 1230 (Prokopenko et al., 2006). The solid lines indicate the values assumed for the model.
[image: Figure 5]FIGURE 5 | Measured (solid symbols) and simulated porewater concentration profiles (lines) vs. depth: (A) sulphate and methane; (B) ammonium; (C) inorganic carbon species; (D) pH (dashed line: after equilibration with headspace); (E) dissolved inorganic carbon and total alkalinity; (F) Ca and Mg; (G) K, Na, and Cl; and (H) total Si. All concentrations are reported in mmol/L. Dotted lines: simulation including microbial reactions; solid lines: simulation including microbial and mineral reactions. Measured data are from D’Hondt et al. (2003) and Donohue et al. (2006).
The measured sulphate profile is well reproduced by the model (Figure 5A), with an SMT at 9 mbsf. However, the rather linear gradient of the measured sulphate profile is difficult to reconcile with sulphate reduction rates of more than 1,000 pmol/cm3d typically measured near the surface using radiotracer experiments (e.g., Parkes et al., 2005), which are about three orders of magnitude higher than the ones used in the present simulation (cf. also several magnitudes lower values modelled by Wang et al., 2008). Such high rates of organoclastic sulphate reduction should result in a more curved sulphate profile (Meister et al., 2013) and a lower contribution of methanogenic activity. Our simulation clearly shows that, assuming a C/N ratio of 9.85 and a TOC0 of 3.5 wt% and the organic carbon degradation parameters a = 25,000 a and ν = 0.33, not only the solid phase parameters, but also the distribution of sulphate and methane could be well reproduced (Supplementary Figure S3). Methane falls within the range of concentrations determined with the argon method (Spivack et al., 2006) down to a depth of 60 mbsf (Figure 5A), where gas hydrate saturation is reached. Below this depth, a large scatter in the methane data probably reflects a heterogeneous distribution of gas hydrates, which contrasts with the simulation showing gas hydrate contents increasing continuously with burial and microbial production of methane. Besides sulphate and methane, ammonium concentration provides a reliable indicator for dissimilatory microbial activity (Heini et al., 2015), and the ammonium profile is well reproduced by the model in consistency with the measured C/N ratios (Figure 5B). It is important to notice that the ammonium curve strongly depends on the parameters used for the organic carbon degradation function. Generally, a more reactive organic matter pool, with a smaller value for “a”, leads to a steeper increase of ammonium in the upper part and a lower increase in the lower part of the profile. Hence, ammonium distribution can be used as a further constraint to fine-tune the organic matter degradation function.
As a result of the constrained metabolic activity, bicarbonate shows a steep increase above the SMT, while dissolved CO2 reaches its highest concentrations only below 100 mbsf (Figure 5C). The high CO2 concentrations relate to the pH drop to about 6 in the methanogenic zone (short-dashed line in Figure 5D). The simulated DIC increases with depth to more than 250 mmol/L around 150 mbsf (Figure 5E), which is considerably larger than measured data, which reach only ca. 150 mmol/L. This is expected, since a significant portion of DIC was probably lost during core recovery. In-situ loss of CO2 (e.g., Paull et al., 1996) due to partitioning of CO2 into escaping methane gas bubbles can be excluded, as no gas phase is present at the high pressure at 5,000 m water depth. Sampling loss of CO2 would also explain the offset of the simulated pH from the measured pH. Indeed, the measured pH could be largely restored by re-equilibrating the simulated porewater solutions with 2 L of headspace per litre of porewater at atmospheric pressure (dashed lines in Figures 5D,E). This means that CO2 escape would have mainly occurred by equilibration with a closed headspace during core recovery or sample storage (in the core liner or in a sample container), whereas an equilibration with the open atmosphere did not occur.
The top 10 mbsf are characterized by a strong increase in porewater alkalinity, which is largely the result of sulphate reduction and AOM. However, below the SMT (∼9 mbsf) methanogenesis would only cause a small increase in alkalinity, due to the release of ammonium. Phosphate concentrations only reach up to 0.5 mmol/L (D’Hondt et al., 2003), so that the effect on alkalinity would be small. Assuming microbial activity alone, alkalinity only reaches ∼100 mmol/L between 100 and 150 mbsf (Figure 5E, dotted line), which is lower than in the measured profile. Thus, the model scenario that includes microbial activity without ion exchange or mineral reactions reproduces the concentration profiles of the main metabolites relatively well, but it cannot explain the concentrations of some of the cations (mainly Mg2+ and K+) and the full extent of alkalinity in the porewater.
Mineral Reactions and Their Effect on Porewater Chemistry
In the microbial activity scenario discussed above several conservative ions that count towards total alkalinity are not reproduced correctly (Figures 5F,G; dotted lines). Most prominently, the increase in Mg2+ significantly contributes to total alkalinity (TAec). The increase in Mg2+ may be a result of release in exchange for NH4+ (Von Breymann et al., 1990). It is well known that especially smectites have a high ion exchange capacity due to their large surface area and also due to their ability to expand (e.g., Boatman and Murray, 1982). Therefore, we tested the effect of ion exchange, assuming a relatively high CEC of 100 meq/100 mg, which is typical for smectites (Ockert et al., 2014), and an extremely high content of exchanger of 50% in the sediment (approx. 10% smectite occurs in the uppermost two samples), however this did not show any significant effect on major cations Ca2+, Mg2+, Na+, K+, and NH4+ in the porewater. This may seem surprising, because such a high content of an exchanger provides an ion exchange capacity on the order of hundreds of meq per liter of porewater solution. However, the minimal effect can be explained by the low sedimentation rate of 0.1 m/ka resulting in a very slow exchange of ions. Therefore, another explanation must be found for the discrepancy in simulated and measured alkalinity and conservative ion concentrations.
The alternative effect that could modify the ion content of the porewater would be recrystallization (Wallmann et al., 2008, and further references above). Unlike during ion exchange, the minerals are structurally decomposed and/or modified during this process, as commonly observed during the degradation of sheet silicates by weathering. Under diffusion-limited conditions in sediments and with a high rock/water ratio, concentrations would increase upon dissolution of some minerals until equilibrium is reached. If several different mineral phases are present, as in the modelled case, some minerals dissolve, others precipitate, allowing for larger mass transfer to occur (e.g., Michalopoulos and Aller, 1995). Effectively, the water acts as a medium, and mineral reactions are driven by the thermodynamic stabilities of the minerals under prevailing P/T conditions.
Analysed samples contain various amounts of vermiculite, chlorite, illite, smectite, and kaolinite, but there is no significant change in the peak pattern with depth indicative of ongoing phyllosilicate alteration. Also, the depletion of smectite below 70 mbsf must result from changing sedimentation, because smectite remains supersaturated and would rather form than dissolve throughout the profile. The coexistence of more phases than allowed by the Gibbs phase rule is indicated by the results from XRD (Figures 3A,B), so that equilibrium of the solution with all mineral phases cannot be reached. Instead, they are probably limited by reaction kinetics.
The model results show that increasing acidification leads to a minor decrease in the saturation indices of the silicate phases k-feldspar, albite, smectite, and illite, (Figures 6A,B), while they remain supersaturated at the SMT. In contrast, vermiculite and chlorite are strongly undersaturated below the SMT (Figure 6C). Porewater (Figure 6D) is most supersaturated with respect to kaolinite throughout the section and only slightly undersaturated at the sediment-water interface. Even if the simulated saturation indices are somewhat arbitrary, because the Al concentrations in porewater are assumed, the response to pH and ionic compositions seems reasonable. In particular, the suggested dissolution and precipitation reactions based on the saturation states correspond to known mineral alteration reactions: vermiculite and chlorite commonly weather to illite, and illite weathers to smectite (Chamley, 1989). According to the classical Goldich series, silicate-rich minerals are more resistant to chemical weathering at low temperature (Goldich, 1938; Kowalewski and Rimstidt, 2003). Most insoluble are Al2O3 octahedra, and accordingly the solubility decreases with increasing Al-content (Chamley, 1989). Saturation states in Figure 6 are consistent with this rule, showing Al-poor minerals chlorite and vermiculite to be more undersaturated and more susceptible to acidification of porewater. In contrast, Al-rich minerals, feldspar and kaolinite are supersaturated. Kaolinite precipitation is then limited by Al available from the dissolving clay minerals. As a result of alteration of Al-poor to Al-rich minerals, alkali and Earth alkali metal ions are preferentially released to the solution, along with some silica. During dissolution and precipitation, charge balance is maintained as the cations dissolve from the silicates in oxide form and the oxide is readily protonated upon dissolution, yielding free ions and H2O (Eq. 6), hence, contributing to the excess of conservative cations and increasing TAec.
[image: Figure 6]FIGURE 6 | Saturation indices (SI) of silicate minerals (A) albite and K-feldspar, (B) illite and smectite, (C) vermiculite and chlorite, (D) kaolinite and cristobalite, and (E) calcite and dolomite.
By allowing the undersaturated silicates to dissolve and supersaturated silicates to precipitate, while adjusting the kinetic constants of different mineral phases, it was possible to improve the fit of porewater profiles to the measured data, in particular the increase of Mg2+ and K+ (Figures 5F,G; solid lines). It was found that the simulated porewater profiles best fit to the measured data if the reaction rate decreases exponentially with depth (Supplementary Figure S4). The dissolution of minerals other than chlorite and vermiculite had no significant effect on porewater chemistry, as their departure from equilibrium was minimal (Supplementary Figure S5). While the dissolution of chlorite only delivers Mg2+, K-vermiculite also provides sufficient K+ to reproduce the K+ profile. Also, a minor amount of Na+ may originate from mineral reactions, although albite, the Na-endmember of plagioclase, is not undersaturated and is, thus, unlikely a significant source of Na. After inclusion of additional conservative cations released from silicate alteration, the simulated alkalinity almost entirely matches the measured alkalinity (Figure 5E, solid line).
Alternatively, also volcanic glass may react with porewater and provide in particular K+ and Na+. Volcanic glass in ash layers is fairly reactive and may undergo the generalized reaction (Scholz et al., 2013):
[image: image]
Although this has been suggested as a source of alkalinity for diagenetic carbonate formation elsewhere (e.g., Wehrmann et al., 2016), no major ash layers were reported from the sedimentary record at Site 1230. Interlayers of expandable smectites could furnish a further source of Na+. For example, a strong increase in Na+ with depth, which is decoupled from the chlorinity, occurs at Namibia margin Site 1084 and was interpreted as being derived from clay-rich sediment with up to 30% smectite in the clay fraction (Kastanja et al., 2006). However, as discussed above, ion exchange alone did not significantly affect the porewater chemistry.
Below 150 mbsf, full speciation using the measured concentrations and alkalinity would result in a charge imbalance. Since the model conserves charges, it cannot be forced to adopt this unbalance. Chloride was arbitrarily chosen to compensate the excess of negative charges, so that charge balance is maintained, which results in a decrease in Cl− concentration. Despite this uncertainty near the bottom of the domain, the high alkalinity between 50 and 200 mbsf is real and can only be reached by including silicate alteration.
In addition to these mineral reactions, opal needs discussion as the sediment contains abundant diatoms (D’Hondt et al., 2003), as also indicated by an elevated baseline in the XRD-patterns. The measured concentrations of dissolved silica are clearly below the saturation of opal-A, but the simulations follow the data fairly well with opal-C/T as an equilibrium phase (Figures 5H, 6D). Indeed, it is surprising that the dissolution of opal-A, which is available in large amounts, does not dominate silica concentrations in the porewater. But it is known that opal-A dissolution can be inhibited, as diatoms are covered by organic matter (Van Cappellen, 1996). Opal-C/T as the thermodynamically more stable phase then should form, according to Ostwald’s step rule (e.g., Meister et al., 2014). The curve in the silica concentration profile near the seafloor is due to the fact that silica is strongly undersaturated in seawater. The slight increase with depth is explained by the increasing solubility with temperature.
Overall, alteration of silicate minerals contributes to the very high total alkalinity (∼150 mmol/L) measured at ODP Site 1230. This additional alkalinity effect significantly buffers acidification of the porewater by the production of CO2 during microbial methanogenesis. In contrast, the production of alkalinity by anaerobic metabolisms (organoclastic sulphate reduction and AOM) and the dissimilatory release of ammonium alone would not be sufficient to explain the measured alkalinity. High (>80 mmol/L) alkalinity concentrations characterize porewaters recovered from within the uppermost few hundred metres below the seafloor at many drill sites along continental margins of the world. Away from the Peru Margin, examples include DSDP Site 262 (Timor Sea, Indian Ocean; Cook, 1974), ODP Sites 994, 995, and 997 (Blake Ridge, Atlantic Ocean; Paull et al., 1996), Site 1019 (California Margin, Pacific; Lyle et al., 1997), Site 1082 (Namibian Margin, Atlantic; Murray and Wigley, 1998) and IODP Sites U1426 and U1427 (Sea of Japan, west Pacific; Tada et al., 2015; see also the examples in Figure 1). All these sites have several commonalities: high accumulation rates of clay and organic carbon, a shallow SMT, and within underlying porewaters, high methane, elevated NH4+ and K+, and low Ca2+ concentrations. However, unlike Site 1230, some of them have low Mg2+ concentrations in porewater and lack gas hydrate. We suspect that microbial methane production and consequent mineral reactions are ubiquitous processes on continental margins around the world, but the rates and details vary depending on parameters embedded in our modelling. These would include pressure and temperature, but also the rate and composition of sedimentary inputs, from organic carbon to aluminosilicates. Not all minerals react equally. In particular, the Mg-rich clay minerals, vermiculite and chlorite dominating in areas of physical weathering under cold and temperate conditions (Chamley, 1989), and to some extent probably also volcanic ash, provide a strong capacity to buffer the pH by increasing alkalinity in the porewater. Future modelling efforts at other sites should lead to further testing and refinement of ideas presented here.
Factors Controlling Carbonate Precipitation
Having established the effects of biogeochemical activity and silicate alteration on the alkalinity and DIC content, we can now assess the factors controlling the saturation state of carbonates (Figure 6E). Calcite and dolomite are only slightly supersaturated or undersaturated in the bottom water, which is partially due to high amounts of CO2 produced by aerobic respiration in the water column, below the oxygen minimum zone at a water depth of 5,000 m (e.g., Zeebe, 2007). In the top few metres of the sediment, pH generally converges to values near 7 as a result of sulphate reduction (Soetaert et al., 2007; Meister, 2013; Meister, 2014), whereby additional alkalinity from AOM results in a sharp terrace at the SMT at 9 mbsf (solid line in Figure 5D), and saturation indices of calcite and dolomite reach maxima (Figure 6E). Ca2+ concentration decreases from the surface to the SMT and also Mg2+ shows a kink at this depth, suggesting recent or ongoing precipitation of calcite and dolomite. The kinks can be largely reproduced by the model if dolomite precipitation is included. Indeed, a hard-lithified dolomite from 6.5 mbsf shows δ13C values more negative than −30‰, which is a clear indication of an AOM-induced dolomite (Meister et al., 2007; Meister et al., 2011; Meister et al., 2019a).
In the methanogenic zone below 9 mbsf, DIC increase to 250 mmol/L would cause a pH decrease to <6, but taking into account alkalinity production from mineral reactions more moderate pH values above 6 are reached (Figure 5D). The saturation indices of carbonates remain near saturation, which is due to the buffering effect of the alkalinity reaching 150 mmol/L near 100 mbsf. Hence, alkalinity production due to NH4+ release and silicate alteration largely prevents the dissolution of carbonates in the methanogenic zone, as it would be expected based on CO2 production alone. Carbonates may even become slightly supersaturated due to this effect, but their precipitation would be hampered by the slow supply of Ca2+ due to the long diffusion distances from the seafloor.
Calcite was detected by XRD in the bulk sediments in the top 150 mbsf, with higher amounts between 50 and 150 mbsf (Figure 3A). This carbonate is clearly part of the sediment, whereas an ex-situ precipitation due to degassing during core recovery can be excluded, as from porewater with 4 mmol/L Ca2+ only ca. 1 g CaCO3 per kg sediment could precipitate, which would be far below the detection limit of the XRD analysis. Besides low-Mg calcite also traces of Mg-calcite were detected. While the calcite may be diagenetic, precipitation of significant amounts of carbonate is probably not possible at present core depth, due to lack of Ca supply. Thus, the disseminated calcite detected between 50 and 150 mbsf formed most likely in the past, when the according sediment was located sufficiently near to the sediment surface to allow for a sufficient supply of Ca2+ from seawater, but not as shallow as during the formation of the lithified layer of dolomite at 6.5 mbsf.
The formation of hard lithified diagenetic carbonates vs. fine disseminated carbonate is a longstanding problem (cf. Garrison et al., 1984). At Site 1230 no dolomite layers occur between 6.5 and 220 mbsf throughout the zone of abundant methane production. Having demonstrated that porewaters are not carbonate-undersaturated in the methanogenic zone, it cannot be argued that past dolomite layers have been dissolved in the methanogenic zone. Apparently, they have never formed, despite the intense methane production that should have maintained a pronounced SMT. However, a possible explanation for the lack of dolomite layers could be that initially methane was not available for intense AOM at the SMT (scenario in Figure 7A). Due to the great water depth, a gas hydrate zone established and expanded as the Pleistocene interval increased in thickness. At this stage, disseminated calcite or dolomite could have formed (Figure 7B). Only when the thickness of the methanogenic zone became sufficiently large to induce an SMT at shallow depth, a dolomite layer could have formed at 6.5 mbsf (Figure 7C). The SMT may have migrated a few metres upward and downward, possibly due to variation of bottom water temperature or variation of TOC and sedimentation rate, which are not resolved by the simulation.
[image: Figure 7]FIGURE 7 | Conceptual model to explain the formation of diagenetic carbonates in relation to the evolution of the methanogenic zone: (A) During Pleistocene sedimentation over the Miocene, dissimilatory reactions lead to the onset of a methanogenic zone. (B) Within the expanding methanogenic zone alkalinity builds up, but insignificant carbonates (disseminated calcite or dolomite; blue shaded area) are precipitated as the diffusion distance for Ca2+ and Mg2+ are too long. (C) The methanogenic zone has now further expanded and a gas hydrate zone has established. The gradients near the surface are steep, with a shallow SMT driving carbonate precipitation (lithified dolomites; blue bars). Also at depth, fluid flow along the décollement provides Ca2+, inducing carbonate precipitation. The two types of dolomite show contrasting δ13C values, derived from dissimilatory sulphate reduction and methanogenesis, respectively.
While carbonate formation in relation with AOM has been discussed, it is still not clear how carbonates (in particular dolomite) with a strongly positive carbon isotope signature may form. A 20-cm-thick, hard-lithified dolomite breccia was recovered from 230 mbsf at Site 1230, exhibiting a δ13C of up to 15‰ (Meister et al., 2011). Inorganic carbon in methanogenic zones typically shows positive δ13C values, as DIC becomes enriched and CH4 depleted in 13C as a result of fractionation within the methanogenic pathways (see Meister and Reyes, 2019 for details). At Site 1230, Meister et al. (2011) showed the influence of fluid with more radiogenic 87Sr/86Sr ratios transported along an active fault zone at 230 mbsf, providing Ca2+ and inducing precipitation of a dolomitic fault breccia. As Ca2+ was delivered into the midst of a zone with high alkalinity, large amounts of dolomite could have precipitated (Figure 7C). The formation of a dolomite breccia showing a syntectonic cement structure with compromise boundaries (Meister et al., 2011) also suggests a rapid precipitation. However, these conditions are specific to the tectonic situation in an accretionary prism, where fluid is driven upwards, but they still do not explain how hard lithified dolomite layers form in methanogenic zones elsewhere.
More extensive dolomite layers showing a methanogenic δ13C signature are found, for example, in the Miocene Monterey Fm. of California (e.g., Murata et al., 1969; Burns and Baker, 1987; Mozley and Burns, 1993; Loyd et al., 2012) and in many organic carbon rich marine sediments drilled by ODP (e.g., Kelts and McKenzie, 1984; Thornburg and Suess, 1992; Rodriguez et al., 2000). As these sites are partially located on the shelf, they may often be affected by CH4 loss under dynamic conditions (Arning et al., 2012; Contreras et al., 2013), and gas escape must be taken into account, whereby partitioning of CO2 in methane bubbles could lead to escape of CO2 and thereby inducing carbonate formation via pH increase (Meister and Reyes, 2019; Meister et al., 2019b). However, none of these effects would be expected in the deep sea, where free gas is not present at low temperatures. In order to simulate carbonate diagenesis on the shelf, gas transport will have to be included in future modelling studies.
CONCLUSION
The Neogene sediment sequence at ODP Site 1230 in the Peru-Chile Trench contains porewaters with extreme alkalinity, reaching ∼150 mmol/L at ca. 100 mbsf. Full-speciation reaction-transport modelling shows that these concentrations result from several reactions. Much of the alkalinity is produced by organoclastic sulphate reduction and AOM in the upper part of the profile but also through release of ammonium from organic matter degradation throughout the sequence. The alteration of silicate minerals, in particular vermiculite and chlorite to kaolinite and opal-C/T, contributes substantial amounts of Mg2+ and K+ and further increases alkalinity in the methanogenic zone. In combination, microbial processes and clay mineral alteration produce sufficient alkalinity within the methanogenic zone to buffer acidification caused by increased DIC (up to 250 mmol/L) from dissimilation of organic matter and, thus, to prevent undersaturation and dissolution of carbonates. Within the methanogenic zone, diagenetic carbonate formation is largely calcium-limited, due to the long diffusion distances, but dolomite beds readily form if Ca2+ is supplied, such as at the SMT or along a fault zone. The SMT dolomites generally show a negative δ13C signature, whereas dolomites forming within the methanogenic zone show a positive δ13C signature, but in the absence of a gas phase, a shift of the dolomitization front due to CO2 degassing does not occur within the gas hydrate stability zone.
While our simulation provides insight into carbonate diagenesis in deep methanogenic zones, it also would be applicable to human-made CO2 storage reservoirs. Our study shows that reservoirs rich in specific clay minerals, vermiculite and chlorite, would have an extremely high capacity to trap CO2 as bicarbonate, although the kinetics of these reactions are rather slow. In any case, having a quantitative model at hand that can realistically simulate carbonate diagenesis in marine sediments will be essential to understand the role of sub-surface fluid-microbe-mineral interactions in the global carbon cycle.
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Parameter Symbol Value Unit Reference

Domain and physical constraints

Water depth w 5086 m D'Hondl et al. (2003)
Domain size Zp 230 m Pleistocene; D'Hondt et al (2003)
Depth interval dz 1 m -
Time step dt 100 a -
Total duration T 2.3"10° a To reach steady state
Salinity S 35 %o Sea water
T-gradient Torad 0.0843 “C/m D'Hondt et al. (2003)
Bottom seawater temperature BST 2 c D'Honct et al. (2003)
Density  » 1029 kg/m® Sea water
Initial porosity @y 078 - Fitted to data; D'Hondt et dl. (2003)
Porosity at infinity ® 063 - Fitted to data; D'Hondt et al. (2003)
Porosity decay constant b 60 - Fitted to data; D'Hondt et dl. (2003)
Sedimentation rate at infinity © 0.1 mka Min. for TOG Degradation
TOC degradation
Initial TOC (during sedimentation) TOCo 35 wi% Based on data fitting
Grain density of sediment ps 2.4510° ko/L Average based on data D'Hond et al. (2003)
Initial age of organic matter arc 25000 a Boudreau and Ruddick (1991)
RC-parameter v 033 a Boudreau and Ruddick (1991)
G/N-ratio r 985 - Fitted to data; Prokopenko et al. (2006)
Kinetic constants for metamolic and mineral reactions
Half saturation constant for sulphate reduction K, 1 mm Amt et al. (2006)
For high-affinity sulphate reduction K’ 26'107° mm Tarpgaard et al. (2011)
For AOM K, aom 1 mM Nauhaus et al. (1995)
First order rate constant for AOM Kaom 8107 a’ Fitted to porewater date
Cation exchange capacity CEC 100 (mea/100g)  typical for smeotite; Ockert et al. (2014)
Weight fraction of exchange in solid phase EX 02 - Estimate from XRD
Rate constant for calcite precipitation Keat 0 mmol/(L‘a) Based on diagenetic dolomite
Rate constant for dolomite precipitation Kaor 0.0005 mmol(L'a) Based on diagenetic dolomite precipitation above S| = 1
Rate constant for chlorite precipitation Kot 0 mmol/(L"a) Fitted to pore water chemistry only disolution above 100 mbsf
Rate constant for K-vermicuite precipitation Keam 0.00005 mmol(L*a) Fitted to pore water chemistry only disolution above 100 mbsf
Rate constant for smectite, ilite, K-feldspar and albite were assumed as zero as these minerals are near to saturated
Rate constant for kaolinite precipitation Ko Linked to Al mmol/L'a) Where supersaturated only precipitation
Rate constant for cristobalite precipitation Kop 001 mmol/(L‘a) Fitted to pore water chemistry disolution and Precipitation
Boundary Conditions
Upper BC*
Alkalinity Gone. 23 mmoliL Sea water concentration
cl4) Cone. 24 mmolL Sea water concentration
C(-4) Gone. 0 mmolL Sea water concentration
N(-3) Conc. 1 mmolL. Sea water concentration
Ca Gone. 103 mmoliL Sea water concentration
Mg Cone. 52 mmoliL Sea water concentration
Na Cone. 470 mmollL Sea water concentration
K Gon 102 mmoliL Sea water concentration
a Cone. 550 mmoliL Sea water concentration
S(6) Conc. 28 mmolL Sea water concentration
S(-2) Gone. 0.0001 mmoliL Sea water concentration
si Gon 01 mmoliL Sea water concentration
A Cone. 0.0000005 mmollL Sea water concentration
“also used as initial conditions
Lower BC
Alkalinity Gone. 100 mmoliL Fitted to porewater data
cl4) Gone. 180 mmoliL Fitted to porewater data
G(-4) Gon Ghsol mmoliL Gas hydrated solubility
N(-3) Gone. 32 mmoliL Fitted to porewater data
Ca Gon 103 mmoliL Fitted to porewater data
Mg Gone. 44 mmoliL Fitted to porewater data
Na Gone. 450 mmoliL Fitted to porewater data
K Gone. 14 mmoliL Fitted to porewater data
a Gone. 520 mmoliL Fitted to porewater data
S(6) Gone. 0 mmoliL Fitted to porewater data
S(-2) Gone. 0.0001 mmoliL Fitted to porewater data
si Cone. 095 mmollL Saturation concentration at P/T conditions.

Al Conc. 0.0000005 mmol/L Conc. to keep kaolinite supersaturated
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Storfiirden, Baltic Sea (this study)
40 sites of SMTZ < 1 m depth Egger et al. (2018)
mean
min
max

SMTZ depth (m)

0.12

0.44
0.04
1.00
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0.07
15.93

JSO,2" (mmol/m?/d)
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0.06
13.07

JSO,*":JCH,

266
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Finland Sweden

Forest industry emissions 1930-2000

Modeled integrated BOD® or COD® 1930-2000 (kilotonnes) 9496 69973
Modeled integrated TOC® 1930-2000 (kilotonnes) 24350 63612
Modeled integrated TOC to Baltic Sea 1930-2000 (kilotonnes, 5%)° 1217 3181
Modeled integrated TOC to Baltic Sea 1930-2000 (kilotonnes, 15%)° 3652 9542
Modeled max. annual TOC to Baltic Sea 1965 (kilotonnes, 5%) 49 127
Modeled max. annual TOC to Baltic Sea 1965 (kilotonnes, 15%) 146 380

Total riverine carbon inputs to Baltic Sea

TOC to Baltic Sea 1993-2012 (kiotonnes/yr)'®
High 1148 1399
Low 404 547

Total

4398
13194
176
527

2547
961

“Total emissions in Finland, modeled using data for BOD; from Finnish Forest Industries from 1950 to 2000 (Figure §) with hindcasting to 1930 assuming a Gaussian distribution

(Supplementary Figure S2)

Total emissions in Sweden, modeled using data for COD from Swedish Forest Indlustries Federation from 1978 to 2000 and hindcasted to 1930 assuming a parallel Gaussian distribution

to that observed in Finland (Supplementary Figure S2).
“Estimated using the regressions for BOD and COD vs DOC in high-latitude systems presented in Jiao et al. (2021), assuming DOC = TOC.
%5% of modeled integrated TOC emissions 1930-2000.

°15% of modeled integrated TOC emissions 1930-2000.

Data from Asmala et al. (2019)

Tiaie Buas Taans: by P
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Site Lat
‘N

Santa Barbara Basin  34.3

Santa Monica Basin ~ 33.7
San Nicolas Basin 328
Tanner Basin 33.0
Soledad Basin 252
Pescadero slope 243

Magdalena margin ~ 23.5

*Ferr—Ferruginous; Mn—Manganese rich; Sulf—Sulphidic.

Na—Not applicable.

References: 1. Poulson Brucker et al. (2009); 2. McManus et al. (2006); 3. Chong et al. (2012): 4. Silverberg et al. (2004); 5. Bralower and Thierstein (1987).
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Location site Sample Depth  CoringDepth Cd (ug/g) Al(wi%) Fe(wt%) OrgC* &'Cd (%) 20

in sediment (m) (wt%) or 2sD
(cm)
Californiamargin ~ Santa Barbara Basin -~ MC17_1 1-15 493 092 66 33 301 -0.02 0.07
MC17_8 8-85 08 6.0 32 1.50 -0.03 0.06
MC17_40 32-34 092 6.3 33 293 0.04 0.03
Santa Monica Basin 883 1-2 905 288 54 3.2 5.73 0.08 0.05
8B5 3-4 081 6.2 4.0 5.23 -0.08 0.03
888 6-9 098 6.2 39 4.19 -0.19 0.05
8B15 18-22 0.99 6.1 39 4.50 -0.06 0.04
San Nicolas Basin MC37 2.5-3 25-3 1,750 053 4.8 a7 4.92 -0.04 0.05
MC37 4-4.5 4-45 065 5.1 2.7 4.85 0.03 005
MC37 14-15 14-15 0.65 4.7 21 4.25 0.09 0.05
MC37 32-34 32-34 092 51 30 4.41 0.00 005
Tanner Basin 1283 -2 1,514 1 33 17 6.69 0.08 0.04
1285 3-4 0.96 33 18 6.35 0.1 0.05
1287 6-9 0.76 3.0 15 5.96 0.03 0.04
12B12 12-15 067 37 17 4.31 0.02 0.05
Mexican margin  Pescadero slope Pesc_2 2-3 616 0.69 6.0 23 3.55 -0.02 0.05
Pesc_11 1112 0.70 6.5 24 3.45 -0.02 0.06
Pesc_22 22-24 074 6.8 26 3.07 0.04 0.08
Pesc_30 30-32 077 6.4 24 3.62 -0.08 0.04
Soledad Basin Sol2_1 1-2 544 1.88 38 19 6.47 0.06 0.08
Sol2_11 11-12 1.90 41 20 6.39 0.04 0.06
Sol2_20 20-22 238 38 20 6.66 0.09 0.02
Sol2_30 30-32 215 42 20 6.23 0.10 0.08
Magdalena margin MagD_0 0-1 692 148 23 13 10.03 0.09 0.05
MagD_4 4-5 275 23 1.1 11.71 0.08 0.05
MagD_6 6-7 291 22 1.0 12.68 0.04 0.06

"Number of replicates run through separation chemistry or mass spectrometric analysis, 8''Cd values are presented as means and uncertainties are the 2SD of those values.
“Organic Carbon data from Littie &t al. (2016).
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Site Cdaum (H9/9) Cd,n Mass accumulation Organic C accumulation

rate® (umol/m?/yr) rate® (mol/m?/yr)
Santa Barbara Basin 0.81 6.63 1.9
Santa Monica Basin 0.86 1.94 0.65
San Nicolas Basin 0.64 0.79 0.54
Tanner Basin 0.81 0.87 0.58
Pescadero slope 0.66 4.49 £
Soledad Basin 203 BT 38
Magdalena margin 235 167 0.76

“Calculated by multiplying mass accumulation rate shown in Table 1 by Cd or Organic C concentration (Table 2.
“Calculated by multiplying organic C accumulation rate by molar Ca:C ratio of 1.69 x 10
(min) and 5.4 x 10~ (max) from Ho et al. (2003) and Boume et al. (2018).

Range of Cd
from organic matter”
(umol/m?/yr)

3.21-10.3
1.11-3.54
0.91-2.90
0.99-3.15
371-119
6.34-20.3
1.20-4.13
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BG-18-04
HC-18-15
BG-18-20
BG-18-27
HC-18-19
BG-18-30
HC-18-18
BG-18-43
BG-18-13
BG-18-24
BG-18-25
BG-18-29
BG-18-38
BG-18-39
BG-18-40
BG-18-45
HC-18-08
PYG-18-07
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HC-18-01
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HC-18-12
HC-18-16
PYG-18-01
PYG-18-02
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PYG-18-06
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101573
101574
101575
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BG-18-05
BG-18-06
BG-18-07
BG-18-11
BG-18-12
BG-18-16
BG-18-22
BG-18-26
BG-18-32
BG-18-35
BG-18-41
HC-18-17

Facies

N NN NN NN NN NNNNNNN NN NN DD D DDDDDDDDDDDDDDDDDNANNNN NN NN DD BN =

AI203

Fe203

P205

Si02

Tio2

TOC

wt%

15.30
17.60
12.50
13.40
21.00
13.60
20.00
6.39
3.84
13.20
12.40
12.30
13.00
14.20
10.70
13.50
15.90
14.80
6.53
12.10
8.08
9.09
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14.60
12.20
5.51
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8.02
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wt%

27.40
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27.40
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69.30
65.50
56.00
55.90
57.40
50.50
63.50
54.40
68.00
70.60
71.00
62.00
50.30
48.50
62.90
65.70
23 50

wt%

0.86
0.36

wit%

0.50
0.43
1.10
0.53
023
0.41
0.16
167
3.38
0.42
0.90
057
1.66
0.50
1.62
1.14
0.13
0.39
1.96
1.93
214
4.99
0.64
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052
8.91
229
4.26
257
275
1.67
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3.93
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0.33
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1.33
0.81
220
1.54
1.15
1.99
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44.00
50.80
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43.40
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39.90
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35.30
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42,50
24.30
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33.40
31.20
3320
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17.50
32.70
34.10
45.30
19.70
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16.70
43.30
41.20
40.20
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44.90
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51.30
34.10
29.20
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14.30
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0.29
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0.36
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0.46
0.64
0.68
0.22
0.54
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0.46
0.28
0.76
0.27
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0.68
0.96
0.68
0.44
0.72
0.54
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0.47
0.45
0.49
0.42
0.40
0.62
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0.37
0.33
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0.29
0.19
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0.29
0.25
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0.51

wt%

0.49
0.27
0.39
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0.32
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4.63
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0.55
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0.30
0.36
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0.65
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1.07
0.66
0.37
0.41
0.59
0.44
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0.44
0.45
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3.33
0.45
4.43
0.67
0.56
1.00
0.46
1.19
0.65
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0.10
0.18
0.57
0.30
017
0.08
0.08
0.09
0.10
0.35
0.21
0.19
0.47
0.30
0.30
220
0.88
0.32
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0.14
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Study area

Baltic Sea

North Sea
North Atlantic (Off Mauritania)

Gulf of Cadiz
Gulf of Mexico
Northern South China Sea

Upper slope off-shore western Svalbard

East China Sea
East China Sea
East China Sea
East China Sea
East China Sea
East China Sea
East China Sea

CH4(I’IM)

2125
2.2-55
1.64-51.1
3.3
4.5+ 3.6
5.0
24 +0.59

9.49 +£11.0
49+32
12528109
6.0 +£3.23
5.33 £5.03

Surface sat. (%)

113£56
395 + 82
126 +£8
96-106
97-200
170-1820

230 &+ 184
154
141 £ 23.6

487 + 555
203 + 126
675.86 + 204.37
326.6 £ 177.4
280.66 + 267.8

Sea to air flux (umol m—2d-1)

0.0095-14.52
0.101-12002
2.16 £+ 1.992

47 +46284+78P
0.024°
8.6 + 6.49
20(8-45)
1.63 + 1.672
2.77 £ 2.71P
20.9 4+ 54.82
9.77 + 16.0°
68.55 + 24.24° 54.75 + 19.38°
27.15 + 21.27° 21.6 + 16.90°
21.53 4+ 31.920 17.18 + 25.47¢

References

Bange et al., 1994

Bange et al., 1994
Kock et al., 2008

Greinert and McGinnis, 2009
Ferron et al., 2009
Tseng et al.,, 2017

Schmale et al., 2005
Zhang et al., 2004

Zhang et al., 2004
Sunet al., 2018
This study (shelf)
This study (Slope area < 800 m)
This study (Slope area > 800 m)

aKw was estimated by the LM86 equation. °Kw was estimated by the W92 equation. ®Values are calculated according to the results shown in the reference. SKw was
estimated by the N2000 equation. ®Kw was estimated by the W2014 equation.
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Sample

BG-18-04
HC-18-15
BG-18-20
BG-18-27
HC-18-19
BG-18-30
HC-18-18
BG-18-43
BG-18-13
BG-18-24
BG-18-25
BG-18-29
BG-18-38
BG-18-39
BG-18-40
BG-18-45
HC-18-08
PYG-18-07
BG-18-01-A
BG-18-14
BG-18-15
BG-18-23
BG-18-28
BG-18-31
BG-18-34b
BG-18-37
BG-18-46
BG-18-47
HC-18-01
HC-18-03
HC-18-04
HC-18-07
HC-18-09
HC-18-12
HC-18-16
PYG-18-01
PYG-18-02
PYG-18-03
PYG-18-06
101524
101569
101570
101571
101572
101573
101574
101575
101576
BG-18-05
BG-18-06
BG-18-07
BG-18-11
BG-18-12
BG-18-16
BG-18-22
BG-18-26
BG-18-32
BG-18-35
BG-18-41
HC-18-17

Facies

NN NN NN NN NN NN N NN NN NN VNN DD DDDDDDDDDDDPDODDDDAANNN NN NN DD RN S

La

Ce

Pr

Nd

Sm

Ho

Er

Tm

Yb

ppm

281
535
478
56.9
50.2
57.4
61.7
46.6
338
39.7
62.2
50.4
53.0
40.4
454
58.6
41.9
515
45.9
47.2
41.8
55.6
42.7
75.7
419
44.0
65.3
63.7
57.0
426
53.0
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66.2
60.3
51.0
39.1
431
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56.6
29.7
48.1
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56.0
43.9
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31.9
97.6
46.8
41.2
39.1
46.9
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57.6
56.9
39.6
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ppm

59.8
114.0
104.0
141.0
108.0
135.0
124.0
107.0

75
82.7
138.0
129.0
102.0
86.0
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126.0
86.5
1150
126.0
98.8
86.9
113.0
112.0
154.0
87.1
93.5
136.0
1320
17.0

76.0
129.0
84.1
98.2
1430
120.0
124.0
94.0
94.4
96.7
134.0
69.0
104.0
96.1
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17.0
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134.0
112.0
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ppm

6.72
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14.30
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9.08
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12.40
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pH Redox potential E;,(mV) Salinity (PSU)

Marsh Site  Depth (cm) Fall 14 Spring’15  Summer’15 Fall '14 Spring’15  Summer 15 Fall'14 Spring’15  Summer’15

JoCo 10/10/14 5/1/15 9/9/15 10/10/14 5/1/15 9/9/15 10/10/14 5/1/15 9/9/15
JCH 5 6.45 4.88 6.2 —230 —41 —325 28 32 ND
10 6.41 6.08 6.15 —273 —60 —325 29 27 ND
15 6.50 6.04 6.35 —270 —90 —360 29 28 ND
25 6.55 6.25 6.23 —290 —-210 —360 29 27 ND
Jc2 5 6.30 5.40 6.82 —185 -39 —198 28 28 ND
10 6.55 5.70 6.15 —220 —-113 =277 28 26 ND
15 6.35 5.62 6.13 —230 —98 —-307 28 25 ND
25 6.60 6.30 5.77 —250 —-160 —-321 28 24 ND
JC3 5 6.13 5.87 6.64 —220 —86 —234 29 35 ND
10 6.42 6.04 6.06 —270 —106 —247 30 31 ND
15 6.53 6.67 6.12 -275 —-128 —-320 32 27 ND
25 6.64 6.32 5.95 —285 —164 —235 32 28 ND
Big Egg 10/8/14 4/13/15 9/25/15 10/8/14 4/13/15 9/25/15 10/8/14 4/13/15 9/25/15
BE1 5 6.12 7.01 \% —-125 —190 I\ 27 28 ND
10 5.74 7.09 6.79 —75 —233 —345 27 27 ND
15 6.36 712 \% —190 —186 I\ 27 28 ND
25 6.45 6.84 6.85 —133 —186 —367 27 28 ND
BE2 5 6.70 NS 7.15 27 NS —371 28 NS ND
10 7.10 7.08 7.02 —-12 217 —374 28 29 ND
15 \% 6.52 \Y I\ —230 I\ 30 29 ND
25 6.50 6.65 6.67 —240 —195 —383 29 29 ND
BE3 5 6.00 NS NS —130 NS NS 28 NS NS
10 6.46 6.88 NS —200 —250 NS 28 30 NS
15 6.50 7.26 NS —150 —187 NS 29 30 NS
25 6.34 7.09 NS —230 —186 NS 29 30 NS

ND, not determined; IV, insufficient volume for electrode; NS, no sample.
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NHz* (WM) HPO,3~ (LM) ZH,S (LM) Fe2* (WM)

Marsh Depth Fall’14 Spring’15 Summer ’'15 Fall’14 Spring'15 Summer’15 Fall’14 Spring’15 Summer 15 Fall’14 Spring'15 Summer’15
Site (cm)

JC1 5 2.0 57 4.9 0.2 3.6 14 2,876 4.5 2,314 3 8 5
10 23 167 41 0.2 7.9 20 6,095 17 4,301 3 3 NS
15 28 193 134 0.2 8.7 20 5,587 43 4,658 7 6 NS
25 7 224 96 0.3 9.2 24 6,697 660 4,275 2 7 NS
Jc2 5 36 1.6 0.0 0.4 0.0 4.3 846 5.4 NS 2 77 15
10 7 2.6 0.0 0.5 0.0 1.0 1,694 4.5 133 3 96 15
15 2.6 7.3 0.0 0.3 0.0 1l 1,973 133 588 3 141 NS
25 198 41 2.0 1.0 7.2 4.7 3,487 343 1,800 4 11 NS
JC3 5 10 26 31 0.2 1 11 3,470 21 282 4 6 15
10 71 181 35 0.5 4.5 11 5,406 4.9 480 6 4 15
15 102 291 11 0.1 6.4 22 9,416 24 4,056 4 3 NS
25 170 248 23 0.4 7 22 8,539 390 2,891 20 6 NS
BE1 5 14 240 111 0.1 11 90 1,234 272 1,200 5 2 11
10 4.2 340 207 0.0 40 161 252 882 3,015 5 2 5
15 59 265 344 0.4 28 o 17 413 1,370 6 4 0
25 1.0 245 445 0.1 20 91 85 509 5,381 6 3 1
BE2 5 18 882 589 0.2 85 116 17 2,476 2,962 2 3 0
10 28 336 752 0.2 26 130 9 926 4,022 3 3 2
15 NS 160 522 NS 24 111 4,965 2,576 3,178 4 4 5
25 168 73 637 0.9 11 100 4,436 1,431 5,491 3 2 2
BE3 5 5.8 NS 582 0.3 NS 164 273 1,846 2,143 4 NS 3
10 4.8 610 759 0.4 72 212 840 226 4,164 4 1 4
15 6.5 207 NS 21 13 NS 2,116 368 3,916 3 2 NS
25 14 238 762 1.0 15 85 2,366 NS 6,722 3 1 6

NS, no sample.
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C (mmol/g) S (wmol/g) CRS (pmol/g) Fe (wmol/g) DOP=

Marsh Depth Fall Spring Summer Spring Fall Spring Summer Spring Fall Spring Summer Spring Fall Spring Summer Spring Summer Spring
Site (cm) ’14 15 "15 16 14 ’15 15 16 14 15 15 16 14 15 15 16 "5 16

JC1 5 - 262 28.4 22.5 - 432 1,040 773 — - 136 222 - 136 12.6 8.0 0.84 0.93
10 - 248 25.8 24.3 - 354 615 907 = - 121 264 =~ 91 34.1 8.9 0.64 0.94
15 - 238 251 27.4 - 344 649 829 = - 84 154 - 48 43.5 5.2 0.49 0.94
25 - 242 20.6 24.7 - 379 715 836 — - 117 178 - 1566 43.6 4.4 0.57 0.95
Jc2 5 0.36 156.1 23.9 18.2 514 202 660 425 = - 48 86 - 420 126 25.4 0.16 0.63
10 051 174 16.0 18.7 496 266 452 694 = - 127 571 - 248 100 10.8 0.39 0.96
15 027 13.6 16.3 11.2 5412 220 517 464 — - 194 81 - 337 124 441 0.44 0.48
25 1.08 98 17.2 156.7 850 209 806 609 = = 252 333 - 398 163 31.9 0.44 0.84
JC3 5 0.24 241 23.9 222 749 365 724 522 = - 63 20 - 95 19.4 74 0.62 0.59
10 047 2541 225 269 602 318 647 824 — - 27 179 - 338 13.8 6.1 0.49 0.94
15 011 207 25.6 21.8 668 330 530 747 = = 83 179 - 58 9.6 6.8 0.81 0.93
25 039 258 = 222 752 377 = 720 = - . 109 - 115 8.3 s 0.87
BE1 5 = 7.6 0.27 2.48 - 872 31 504 = - 8 212 = 188 13.5 76.7 0.23 0.58
10 = - 0.05 3.10 = 15 520 = - 18 242 - 1211 5.5 73.6 0.62 0.62
15 = 5.4 2.3 8.6 - 584 427 711 = - 166 722 - 1665 707 81.6 0.54 0.82
25 = - 5.1 12.1 = 1,029 1,970 - - 418 590 = - A = = =
BE2 5 1.70 10.0 3.3 123 119 360 170 1,080 - - 167 343 - 676 29.7 98.4 0.73 0.64
10 591 1568 3.5 8.0 402 853 264 418 = - 193 160 - 1986 220 60.0 0.81 0.57
15 7 11.0 2.3 6.8 525 668 149 791 = - 82 461 - 1684 220 93.4 0.65 0.71
25 - - 1.1 2.7 - 100 290 - - 73 85 - - 19.9 30.0 - -
BE3 5 825 11.0 8.4 7.7 654 436 647 819 — - 355 383 - 683 104 127 0.63 0.60
10 630 6.0 8.4 6.9 728 256 475 894 = - 244 396 - 494 49.5 78.3 0.71 0.72
15 595 6.1 4.4 7.0 620 150 2562 831 - - 192 577 - 453 43.9 93.6 0.69 0.76
25 467 40 3.2 56 560 69 272 693 — - 150 226 - 212 44.6 92.8 0.63 0.55

— Indicates not analyzed.
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Mass ocean Mass Cd References

(kg) (mol)
Global oceans 1.3521 x 102" 836 x 10" 1
Input fluxes Cd flux range (x10” mol/yr) ~ Cd flux best estimate (x10” mol/yr) 6''*Cd range (%) 4''*Cd best estimate (%) ~References
Rivers 04-2.7 27 40.1-40.3 +0.2 2
Dust 02-04 03 -02-+0.2 00 2
Hydrothermal 0.2-26) n 3
Total 06-38 30 +0.0-40.3 +0.2
Output fluxes Cd flux range (x10” mol/yr) ~ Cd flux best estimate (x107 mol/yr) 4'**Cd range (%) 4''*Cd best estimate (%) References
Oxic sediments n n +0.3- 404 +03 4
Continental margins® 26-120 6.2 -02-+0.1 0.0 5
Euxinic n n 6
Hydrothermal (0.2-26) 3
Total sink 26120 62 -0.2- 404 00
Residence time (kyrs) 7-32

135

Values in parentheses are assumed to be removed quantitatively close to the source and therefore notincludedin the total mass balance. Values in bold are data presented from this study.
“Continental margins include suboxic and anoxic conditions and basin settings.

n—negligible.

References: 1. Baumgartner and Reichel (1975); Chester and Jickells (2012) 2. van Geen et al. (1995); Gaillardet et al. (2003); Lambelet et a. (2013); Bridgestock et al. (2017); 3. Von Damm
ot al, 1985: 4. Schmitt et al. (2009); Horner et al. (2010): 5. van Geen et al. (1995); Morford and Emerson (1999); Little et al. (2015); This study. 6. Little et al. (2015).
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"Data provided in Table 1 of Norriin and Josefsson (2017).
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“Estimated assuming volumetric porosity of 0.9 for both fiberbanks and fiber-rich sediments.
“Estimated assuming solid-phase density of 2.0 g cm™ (fiberbanks) and 2.5 g cm™ (fiber-rich sediments).

IEstimated from geometric mean %C.,,, of sediments from the Vja site (fiberbank
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Sample Age Fe,03 MgO Al,O3 KO CaO Py,05 MnO Y La Ce Pr Nd Sm Eu Gd Tb Dy Ho Er Yb Lu Y/Ho 'Nd/'*Nd 2se (10°%) ENd + 2sd
depth

0-1cm MIS 1 2348 338 696 182 909 091 004 506 1187 1187 274 1020 196 042 172 0.18 1.03 0.18 048 nd. 008 288 0.512021 + 24 —-12.0 =05
8-9cm MIS 1 1841 262 1137 172 191 012 0.04 504 19.21 3352 387 1348 230 041 162 019 1.05 018 046 042 006 275 0.512040 +7 -11.7 0.2
2021 cm MIS 2 26.95 3.51 589 324 379 015 0.04 345 833 1572 196 729 138 027 1.09 013 071 013 0.30 030 004 275 0.512075 +9 —-11.0 0.2
29-30 cm MIS 2 2499 3.056 6.32 257 244 015 003 271 839 1512 182 659 121 023 083 0.10 056 0.10 026 025 003 282 0.512041 +8 -11.7 0.2
40-41cm MIS2/3 16.12 268 1323 187 160 013 0.08 551 2180 37.89 440 1508 263 049 189 021 1.16 020 051 042 006 27.5 0.512021 +6 -12.0 +0.2
70-71 cm MIS 3 1728 267 1315 224 150 013 003 530 2236 2236 445 1524 262 045 171 019 1.06 019 048 040 005 28.0 0.512025 + 7 —-12.0 +0.2
WRAS? 5.71 166 138 226 094 084 003 2940 3780 7769 877 3269 6.15 119 519 082 495 1.02 297 3.01 046 29

aWorld River Average Silt (WRAS; Bayon et al., 2015).
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80-81cm MIS 4 0.512062
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