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Editorial on the Research Topic
Seismicity in Volcanic Areas
Seismic activity (e.g., earthquakes, tremors) beneath volcanic areas is primarily caused by the dynamic interaction of molten rock and hydrothermal fluids with the solid host rock, by fracturing and fragmentation of the magma itself, and by tectonic processes interacting with the volcano. In addition, near-surface phenomena such as explosions and rockfalls at a volcanic edifice also produce seismic events. At volcano observatories globally, the real-time monitoring of the spatial and temporal patterns of seismic events is an essential geophysical tool to quantify the state of unrest, and forecast eruptions successfully. Seismic waveforms, earthquake catalogues and earthquake ray-path properties commonly supplement this tool to model the complex processes responsible for the earthquakes quantitatively, and to image subsurface magmatic and tectonic structures. Independent constraints provided by other disciplines such as geodesy and structural geology also significantly help scientists to understand the volcanic processes. Recent advances in earthquake recording technology, computing power and algorithms in artificial intelligence, allow processing and interpretation of large and complex multi-parametric datasets and scenarios.
“Our Seismicity in Volcanic Areas” research topic attracted 19 original research articles using seismic datasets to understand the processes acting in volcanic areas and their evolution in space and time. Such studies are critical for building a picture of how, when and where molten rock and volatile phases move and are stored in the crust, and how fluids interact with stressed and fractured rock. The result is an enhanced understanding of magmatic systems and more robust forecasts of future volcanic activity.
For this Editorial we divided the contributions to the research topic in five categories, which are articles that use: 1) Infrasound and seismic waveform data to constrain explosion related seismic sources; 2) Analysis and modelling of the space-time evolution of specific seismic swarms to understand the subsurface processes and triggering mechanisms causing them; 3) Spatially-large and/or temporarily-long earthquake catalogues to better understand subsurface magmatic processes and plumbing systems; 4) Earthquake tomography to image 3D variability of rock properties and interpret subsurface magmatic structures; 5) Automation of real-time analyses for large seismic datasets. A number of the studies in all of these themes also incorporate multi-disciplinary constraints to aid the interpretation of seismic results.
Seismology and infrasound are among the most popular techniques for monitoring volcanoes since they offer an excellent temporal resolution of subsurface and near-surface earthquakes and eruptive activity. However, a key element of volcano monitoring is understanding what magmatic and volcanic processes are responsible for seismic and acoustic signals observed. Diaz-Moreno et al. present the first comprehensive observational baseline characterization of acoustic signals at Volcán de Fuego in Guatemala. They find that acoustic signals are dominantly short-duration acoustic transients linked to discrete ash-rich and gas-rich explosions, and other indirect volcanic processes such as lahars. They also find more sustained seismo-acoustic tremors and chugging emissions likely sourced from pressurized magma and gas and explosions. Iezzi et al. and Rohnacher et al. use both seismic and infrasound data to quantitatively model source characteristics of seismo-acoustic signals associated with explosions at Mount Cleveland in the United States, and Santiaguito volcano in Guatemala, respectively. Iezzi et al. identify time lags in the arrival time of the acoustic and seismic signals associated with explosions. Using a combination of waveform cross-correlation and analysis of particle motion dip angles, they show that a varying explosion source depth between 1.5 and 2 km within the conduit likely plays a dominant role in the observed variations in time lag. Rohnacher et al. constrain source mechanisms and depths of seismic signals leading up to explosions using array and particle motion analyses. Results suggest the seismic signals are caused by the opening of tensile fractures at a few hundred meters depth followed by rapid gas ascent leading to the explosion.
Earthquake swarms in volcanic areas carry a wealth of information on their causative processes. Spatial and temporal evolution of earthquake hypocentres and their source characteristics can be diagnostic on whether earthquake swarms are caused by magmatic intrusion or due to aseismic processes (i.e., pore-pressure diffusion and aseismic slip) facilitated by crustal fluid redistribution. However, independent observations such as deformation and geophysical data, modelling processes along with consideration of tectonic setting are essential to single out the triggering mechanisms of seismicity in volcanic areas. Seven contributions of this research topic clearly represent good practice of using multiple complementary datasets to eventually understand the nature of seismic activity. For example, fast migration velocity of accurately located earthquake hypocentres and normal faulting earthquakes inferred by Benson et al. indicate that the 2019 earthquake swarm underneath Tarawera volcano, New Zealand, is the seismic signature of a dike intrusion at the brittle-ductile transition. During the 2015 earthquake swarm at Sakurajima volcano, Japan, Midori and Nakamichi interpret the spatial distribution of precisely located earthquakes and the temporal changes in their source mechanism as caused by local stress changes imparted by a fast inflating dike intrusion. Bonaccorso and Giampiccolo successfully apply an equation that links the seismic energy associated to dike-induced earthquakes to the geodetically inferred dimension of the 2018 complex dike intrusion at Mt. Etna, Italy. Future fine tuning of this equation could eventually allow the magnitude of radiated seismic energy to be used as a proxy for the size of dike intrusions in early warning applications.
The analysis of earthquake catalogues combined with thermo-rheological modelling constrained by various geophysical observations at the Main Ethiopian Rift performed by Muluneh et al. indicate lower-crust earthquake swarms sourced from redistribution of crustal fluids. The authors focus on differences in lower crustal seismicity directly beneath, and outboard the rift valley, and estimate lower crust permeability values. They inferred that pore-pressure diffusion processes are the driving mechanism for the observed swarm-like seismicity. Sahara et al. revise the locations of almost 3,000 VT seismic events that occurred during nearly 6 weeks prior the November 21, 2017 Agung volcano eruption (Bali, Indonesia). The authors reconstruct the complex dynamics of magma rising through the plumbing system, and conclude that the intrusion was temporarily arrested by a lithological discontinuity at around 6 km depth. For the same eruption, Wellik et al. focus on seismic rate variations and repeating earthquake families showing that the evolution of earthquake families reveal the progression toward eruption even though the overall earthquake rates and seismic energy release declined. Liu et al. use template matching techniques on micro-seismic events recorded by a local station near Changbaishan volcano on the China and North Korea border. Their analysis suggests that during the 2002–2005 unrest—which was triggered by a large regional earthquake - a swarm of VT events was caused by deep magma degassing that promoted a small magmatic injection to a shallower reservoir at about 5 km depth.
Long time series of seismological measurements have led to highly accurate depictions of the evolution of seismic activity affecting volcanic areas. These have helped to elucidate the processes that take place at depth, and in particular the transfer of fluids towards the surface. A challenge with this type of analysis is to properly visualize the hypocentral data in space and time, and with respect to other datasets. Guardo et al. propose a method based on a Machine-Cube algorithm to identify seismic and aseismic volumes below the Etna edifice. Using previous tomographic images and modelled deformation sources deduced from surface measurements, they refine the 3D image of the magma storage and explain the deep instability below the eastern flank by both the magmatic and gravitational origins. The re-evaluation of large seismic catalogues acquired over a long time period allows a wide overview on the evolution of the volcanoes themselves and on their main seismogenic structures required for risk assessment. For the Campanian volcanoes in Southern Italy, Giudicepietro et al. point out the role of hydrothermal activity in the recent increase of seismicity in this highly populated region.
In rifting context, the co-existence of tectonic-regional and magmatic-local stress fields remains the main challenge to understanding the origin of both the background seismicity and the occurrence of swarms. In the Natron rift of the continental rift of East Africa, a dense temporary network has allowed a large seismic catalogue of hypocentres and focal mechanisms to be established. Reiss et al. separate tectonic and volcano-induced stresses to demonstrate the role of volcanic activity on the transfer of deformation from border faults to the centre of the magmatic rifts. In a more evolved rift setting, the 60-year-long compilation of catalogues in the northernmost East African rift by Ruch et al. revealed unprecedented details of the seismic swarms episodically affecting the same areas, and which have mainly been induced by transient magma supply at depth. Finally in oceanic context, Einarsson and Brandsdottir present a catalogue of 50 years of monitoring in Northern Iceland, offering an extremely precise picture of the dyking sequence in the Krafla and adjacent segments. The time-space evolution of the seismicity, together with surface deformation data and geophysical investigations, are crucial for depicting the processes involved in the creation of oceanic crust.
Localizing earthquakes requires the assessment of the velocity structure of the volcano. A resolved 3D velocity model can dramatically improve the accuracy of seismic locations, while the comparison between locations and velocity anomalies helps clarify the magmatic, hydrothermal or tectonic origin of seismicity. Wilks et al. present the first velocity and velocity-ratio model of Aluto volcano (Ethiopia), obtained using travel-time tomography based on grid-based eikonal solvers and probabilistic location algorithms. The study shows sufficient resolution to distinguish shallow hydrothermal and deeper magmatic systems and detect their connection. Ardianto et al. use a similar combination of travel-time tomography and probabilistic location to resolve velocity and velocity ratios at Mt. Agung volcano (Indonesia), using data recorded around its 2017 eruption. The study highlights an aseismic zone of low velocity and high velocity ratios, from which magma could have migrated sub-vertically to feed the eruption. Seismicity also clusters in a region of moderate-to-high ratios, interpreted as a sub-vertical dyke complex interacting with the local fault network.
The recognition of earthquake and tremor characteristics and the ability to track their migrations in space and time are becoming standard practice; however, when automatized and applied in real-time, these techniques acquire unprecedented value for volcano monitoring institutions and eruption forecasting. Cortés et al. propose an automatic Volcano-Seismic Recognition system trained using data collected at global volcanoes, to overcome the lack of unified criteria for earthquake characterization. The four example applications show the recognition potential of the tool, especially for volcano observatories lacking a working recognition system. Smith and Bean develop a REal-Time TREmor Analysis Tool (RETREAT) comprising advanced array-analysis techniques for the real-time detection and characterization of tremors. Their two example applications demonstrate the flexibility of the web-based interface at the scales of the European Arctic and Bárðarbunga (Iceland) dike intrusion.
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Dikes are the primary mechanisms to transport magma and feed eruptions. Investigations of the surface deformation and seismicity caused by a dike can potentially provide useful information to forecast the expected propagation and associated hazard. On December 24, 2018, a dike intrusion reached the summit of Mt. Etna, feeding an effusive fissure. The intrusion was accompanied by a seismic swarm, with hypocenters beneath the summit craters and eruptive fissure, and by ground deformation. The seismicity continued the following day, with the hypocenters deepening to 3 km b.s.l. due to the propagation of a deeper and thicker dike. This situation generated the fear of feeding a more dangerous eruption in the medium-low flank. Recently it was found an equation that relates the average thickness and dimension of the dike with the expected released mechanical energy and, therefore, to the seismic moment. By using this updated application, it is shown that the observed seismicity could not be accounted for by the first dike. Instead, the cumulative effect of both dikes indicates a total moment from available energy expected that balances the moment recorded by the seismicity. The proposed approach proved very useful in the specific case of Etna volcano eruptions, resulting an effective tool to monitor the state of the intrusion of the magma and, therefore, to predict if a dike has enough energy to continue propagating or to stop.
Keywords: Etna volcano, dike intrusion, eruption monitoring, volcano seismicity, volcano deformation, energy balance
INTRODUCTION
Dike propagation is a main process for magma transport and eruptions. Several studies have investigated this mechanism involving different approaches such as solid mechanics, field mapping and analogue lab experiments. Review presentations on dike investigations are reported in Pollard (1987), Lister and Kerr (1991), Rubin (1995), and Rivalta et al. (2015). A critical and intriguing aspect is dike arrest. In fact, in most cases propagating dikes can stop before reaching the free surface (e.g., Gudmundsson et al., 1999; Gudmundsson, 2003). Dike stopping may occur for different reasons: driving pressure decreasing (e.g., Rivalta, 2010; Taisne et al., 2011), magma solidification (e.g., Lister and Kerr, 1991), structural barrier (e.g., Geshi et al., 2010; Gudmundsson, 2011) and stress perturbation (Maccaferri et al., 2015; Xu et al., 2016). Despite the complexity of the issue, the goal of having a tool to track the propagation state of the dike is fundamental at frequently erupting volcanoes whose flanks are densely populated, such as at Mt. Etna. Bonaccorso et al. (2017) investigated the relationship between measured dike-induced deformation and the seismicity released during its propagation. The authors devised a simple equation related to the dike’s average thickness that can be used as a proxy of the expected mechanical energy to be released during its propagation. They also obtained an empirical law that quantifies the expected seismic energy released before arrest. The authors found a general law from data of different volcanoes around the world where dikes were modeled and seismicity recorded (Afar region, Japanese volcanoes, Etna volcano). However, if robust data for single volcanoes areas are available, then the goodness of the equation improves and it is better to use the representative equation of the specific investigated volcano.
So far, the equation fitted the recent dikes feeding the flank eruptions of the last 2 decades very well (2001, 2002-two dikes, 2008), suggesting it is a valid tool to determine the total seismic moment to be released by an intrusion, and thus potentially able to follow the energy status during the dike propagation and the timing of its possible arrest.
On December 24, 2018, in the early morning, a fast dike crossed Mt. Etna volcano and reached the surface at 11:10. It produced an eruptive fissure in the summit area and began emitting a lava flow in the high eastern flank (Calvari et al., 2020). From 8:30 to 11:10, the dike intrusion was accompanied by a seismic swarm located beneath the shallow (0–2 km a.s.l.) central portion of the volcano (Alparone et al., 2020; Giampiccolo et al., 2020) (Figure 1). One interesting aspect was that the seismic swarm continued even during the following 24 h, decreasing in the afternoon-evening of December 25th. This seismicity was localized in a more decentralized portion toward the SE of the volcano. This behavior raised great concern about the possibility that another intrusion with greater lateral extension was acting inside the volcanic building. This dike could have been a significant hazard if it reached the surface, resulting in more eruptive activity. In fact, the more an intrusion extends laterally, the greater the risk that the eruptive fissure and lava flows may approach small towns and villages. Similarly to the 2002 eruption, the intrusive process triggered an acceleration of the eastward sliding of the unstable eastern sector of the volcano (Bonforte et al., 2019). Following the eruptive period, this marked sliding was also accommodated by fault slip that on 26 December culminated with the ML 4.8 earthquake along the Fiandaca fault in the low Eastern flank (Alparone et al., 2020; Giampiccolo et al., 2020).
[image: Figure 1]FIGURE 1 | 3D location of the seismicity occurring at Mt. Etna between 08:30, December 24 and 16:00, December 25 (modified after Alparone et al., 2020). In the inset top left, the lava flow during the December 24–27eruption (Calvari et al., 2020) is shown together with the eruptive fissure that opened on December 24.
However, the effusive activity of the eruption lasted only a few days and emitted a modest lava volume of ca. ∼3 × 106 m3. Therefore, the critical aspect regarding the second major intrusion that did not feed any eruption, and whether this behavior could have been better tracked, remained unclear.
Recently, Aloisi et al. (2020) jointly analyzed and modeled different types of continuous deformation data (strainmeters, tiltmeters and high-rate GPS) to constrain a detailed and complete model and the time evolution for the December 24–25, 2018 eruptive intrusion. The result improves the previous interpretative models that were not based on continuous deformation measurements. The authors showed that the data are robustly modeled by a first shallow dike departing under central crater area from sea level, and by a second deeper and larger dike that stopped below sea level without crossing the final portion of the volcano.
In this study, in “Estimation of Dike Energy from Inferred Dike Shape” section we present the approach from Bonaccorso et al. (2017) by using the observables of the energy released during diking, namely seismicity and deformation, and clarifying their mutual relationship. In “The Multiple Intrusions of the Etna Dec 2018 Eruption” section, we present the complex December 24–25, 2018 intrusion by reporting the 3D high-precision locations of the earthquakes and recent advanced modeling of the ground deformation during these two days. In “Updated Relationship Between Energy Expected from Dike Shape vs. Measured Seismic Energy” section, we update with the 2018 case the equation relating the energy expected from a dike with a determined geometry and the seismic energy released, and verify how this equation can provide useful information on the propagation of intrusions also in the recent case of the December 2018 eruption. Finally, we discuss the potential danger of the 2018 eruption and, even in this complex case characterized by a double intrusion, show that the proposed approach and updated equation prove a useful tool to obtain information on the state of the dike’s propagation.
ESTIMATION OF DIKE ENERGY FROM INFERRED DIKE SHAPE
Following the linear elastic theory, in which the thickness t to length l ratio of a dike is related to the driving pressure Pd able to open the dike walls (i.e., Pollard, 1987; Rubin, 1995), Bonaccorso et al. (2017) obtained an equation for the available mechanical elastic strain energy UE as a function of the dike thickness t:
[image: image]
where μ is the medium rigidity and ν is the Poisson coefficient.
Equation 1 was used both on a world mean scale (Etna, Japan volcanoes and Afar eruptions) and on a single volcano (Etna) to obtain the relation linking the energy of the dikes modeled from the deformation measurements and the seismic energy release during the dike propagation. On Etna volcano, the modeled dike shapes and the seismic recordings are very robust for the recent eruptions thanks to an integrated monitoring system of ground deformation (static and continuous GPS measurements and continuous borehole tilt) and the dense seismic network around the volcano.
Bonaccorso et al. (2017) correlated the mechanical energy UE to the seismic moment released by the induced earthquakes. In particular, the authors obtained a linear relation between log10Mo and log10UT, where Mo is the cumulative recorded seismic moment and UT the total 3D available mechanical elastic strain energy, obtained multiplying the UE of Eq. 1 by the length of the dike in the direction perpendicular to the propagation (i.e., the estimated width).
The purpose of this result is to obtain a tool for tracking the energy released by the intrusion to evaluate its propagation. The logical chain of the proposed process essentially followed four steps:
1) The dike model parameters are obtained from the deformation measurements. This is possible since the size and shape of the dike can be modeled from the deformations recorded by the permanent monitoring system, in principle also from the first initial phases of the dike propagation.
2) From the dike model we can estimate the energy to be released, since from Eq. 1 this can be calculated from the dimension of the dike, mainly in terms of its thickness.
3) Defining the relationship between energy associated with the dike and energy released by earthquakes. From the numerous recent eruptions already studied and modeled, this energy estimated from the model obtained can, in turn, be related to the seismic energy released by the earthquakes induced by the propagation of the eruptive intrusion. A relation of type log10 (Mo) = a log10 (UT) + b is used, where a and b are the coefficients to fix by the fit of Mo and UT data.
4) Tracking the evolution of the process. Finally, we can estimate the expected energy, namely the one that the eruptive fissure (dike) should release during its propagation. We can also monitor the discharge of energy over time, and observe when it is approaching the expected value to be released. . This allows us to evaluate the state of the intrusion of the magma, and if this would continue to propagate (its cumulated energy is below the expected energy level) or if it is about to stop (the expected energy level is reached).
As a real case application, Bonaccorso et al. (2017) considered the December 27, Etna 2002 dike propagation modeled by the continuous borehole tiltmeters data that allowed inferring a near constant thickness of 3.35 m (Aloisi et al., 2006). The dike propagated in the NE flank, reaching a distance of ∼5 km from the summit craters area. Once again, there was concern that this eruptive fissure could propagate in the lower flank and discharge magma. Following the proposed approach, Bonaccorso et al. (2017) estimated the available elastic strain energy UT and then calculated the expected seismic moment Mo to be released and verified that the recorded cumulated Mo approached the expected Mo limit.
THE MULTIPLE INTRUSIONS OF THE ETNA DEC 2018 ERUPTION
The December 24, 2018 flank eruption at Mt. Etna began in the early morning with intense degassing from the summit craters. It was accompanied by both a seismic sequence, starting at 08:30, and a fast increase in the volcanic tremor amplitude (Alparone et al., 2020). At 11:10, an eruptive fissure, about 2 km long and SE-trending, opened between 3,000 and 2,400 m a.s.l. at the southern base of the New Southeast Crater (NSEC, inset in Figure 1) producing lava fountain and lava flows that spread eastward over the upper western flank of the Valle del Bove depression (VdB). The lava fountain lasted just half an hour, whereas the lava flow output from the main eruptive fissure remained copious on December 25, decreasing significantly on December 26, in conjunction with a drastic decrease in the volcanic tremor amplitude (Alparone et al., 2020 and references therein). Lava emission stopped definitively on December 27. The total length of the lava flow field was 0.88 km2 (Calvari et al., 2020), and the emitted volume was 1.4 ± 0.5 Mm3 of summit outflows and 0.85 ± 0.3 Mm3 of lateral flows, as calculated from spectroradiometers of the satellites MODIS and Sentinel-2 (Laiolo et al., 2019).
To study the process of the December 2018 intrusive episode, we used precise 3D hypocenters of the earthquakes recorded from the beginning of the dike intrusion (08:30, December 24 until 16:00, December 25 (Alparone et al., 2020; Giampiccolo et al., 2020). These locations, compared to 1D ones (GADS, 2020; Supplementary Table S1), show a sharpening of clustered seismicity features with a significant reduction in uncertainties (about 40% RMS reduction and average location errors less than 0.2 km in both the horizontal and vertical directions) and, therefore, provide a clearer picture of how seismicity evolved within the edifice.
The earthquake locations during the first 30 h (December 24–25; Figures 1 and 2). from 8:30 to 11:10 indicated an initial cluster of events with epicenters aligned in a N-S direction, located between −1 km b.s.l. and 2 km a.s.l., beneath the summit craters and along the eruptive vent (red circles in Figures 1 and 2). Then, the seismicity moved southeastwards and, starting from 16:30, it migrated toward the western wall of VdB with a deepening of the hypocenters up to −3 km b.s.l. (yellow circles in Figures 1 and 2). The seismicity occurring from 20:00 on December 24 until the afternoon (16:00) of December 25 affected a wider and deeper volume with respect to the main earthquake clusters (Alparone et al., 2020; yellow circles in Figures 1 and 2). The prevailing normal faulting mechanism of the earthquakes located beneath the summit craters and along the eruptive fractures matches well with the direction of extensional stress regime and is consistent with a magma push which favored the magma ascent through the shallow crust (Alparone et al., 2020).
[image: Figure 2]FIGURE 2 | Depth vs. latitude (A) and longitude (B) distribution of the earthquakes occurring from 08:30 to 11:10 on December 24 (red circles) and from 11:11 to 16:00 on December 25 (yellow circles). The positions of the two dikes inferred by Aloisi et al. (2020) are also shown. The first dike, composed by two parts (Ia−Ib), is indicated in dark gray, the second dike (II) is indicated in black. For dike parameters see Supplementary Table S2.
During the initial phase of the eruption, the INGV provided a first estimation of the dike model in order to quickly assist the Italian Civil Protection Authorities in monitoring the on-going phenomenon. By using the real time GPS solutions exclusively, a shallow near-vertical dike was inferred, located between the sea level and the summit eruptive fissure, with a horizontal length of 2 km, vertical width of 1 km and an opening of 3 m (Aloisi et al., 2020). This modeling was then refined including more reliable displacement estimations, but it did not change much from the initial estimation. It provided a good indication of the intrusion acting during the early morning of December 24 until the eruption start at 11:10, but does not fit with the continuation of the seismicity for the whole day of December 25. So, after the start of the eruption the scenario was not as one would expect, in the sense that usually at volcanoes, once the eruption begins and the propagation of the feeder dike ends, the seismic activity diminishes and the deformation changes end. Instead, during the December 2018 intrusion, the seismicity continued after the eruption onset and, besides the summit area, also affected the southwestern flanks of the volcanic edifice (Alparone et al., 2020). Moreover, it promoted a strong acceleration of the eastern flank movements toward the SE direction (Bonforte et al., 2019; Alparone et al., 2020). These aspects clearly indicated that the intrusive process was more complex than the shallow intrusion modeled from 8:30 to 11:10.
A turning point for a more complete understanding of the intrusive process was recently provided by Aloisi et al. (2020). The authors integrated all the continuous deformation data (GPS, borehole strainmeters and tiltmeters), inferring a more detailed and robust model. The multi-parametric approach revealed the complexity of the real volcanic processes, involving two separate dikes rather than just one. The first dike is the shallower one departing in the last 3 km below the summit craters area (dike Ia), gradually increasing its horizontal dimension (dike Ib). It began propagating on December 24 at 8:20, reached the ground surface at 11:10 and fed the short-lived lateral eruption. After the start of the eruption and until the afternoon of December 25, a second dike penetrated the high southern eastern flank but did not reach the surface (dike II). This dike was very thick (∼5 m opening) and deeper, departing from about 3 km b.s.l. and stopping inside the volcano edifice at 1.5 km a.s.l. The parameters of the dikes modeled by Aloisi et al. (2020) are reported in Supplementary Table S2. The modeled dike positions are shown in Figure 2 together with the hypocentral location of the earthquakes. The 3D sketch map of the seismicity and the dike positions are shown in Figure 3, where the match between the earthquake locations and the dike positions inferred by geodetic models is evident.
[image: Figure 3]FIGURE 3 | 3D sketch map showing the two dikes inferred by Aloisi et al. (2020) and the 3D high-precision locations (Alparone et al., 2020; Giampiccolo et al., 2020) of the earthquakes which accompanied the eruptive episode during the first 30 h. The first shallower eruptive dike increased its width during the propagation and is made up of the two parts Ia and Ib (see Supplementary Table S2). It reached the surface and generated the eruption. The second deeper non-eruptive dike II halted before reaching the free surface. See text for the detailed parameters and modeling description. The positions of the modeled dikes are well matched by the two main clusters of the seismicity. The Sint is the zone of the intermediate storage modeled by the recorded deformation during the inflation/deflation periods that precede/accompany the main eruptions at Etna (i.e., Bonforte et al., 2008 and references therein). The seismic tomography from Aloisi et al. (2002) is also reported along the cross-sections by representing the deduced Young’s modulus E.
UPDATED RELATIONSHIP BETWEEN ENERGY EXPECTED FROM DIKE SHAPE VS MEASURED SEISMIC ENERGY
In quantifying the released energy during dike propagation, the seismic moment of the earthquakes accompanying and tracking the migratory path of the intruding magma can be considered not only the seismic energy which is radiated seismically but also a measure of the total energy released during the intrusion process (Bonaccorso et al., 2017). We derived the seismic moment of the earthquakes recorded during the intrusive episode of December 24 from the local magnitude ML, according to Eq. 2, obtained for Mt. Etna earthquakes by Giampiccolo et al. (2007):
[image: image]
From the onset of the dike intrusion until the opening of the eruptive fissure (08:30–11:10), about 60 earthquakes with 1.1 ≤ ML ≤ 4.0 were extracted from the INGV-OE Catalog (GADS, 2020; Supplementary Table S1). The total seismic moment released is about 1015 J. A second phase spans from the beginning of the eruption to 16:00 on December 25 and includes about 135 earthquakes with magnitude 1.4 ≤ ML ≤ 4.3. The cumulative energy released until the afternoon of December 25 reaches the value of 1.16 × 1016 J.
Supplementary Table S3 shows an updated scheme, also containing the dikes of the 2018 eruption, which summarizes the parameters of the eruptive dikes modeled from ground deformation and the associated recorded total seismic moment Mo released during their propagations. From the values reported in Supplementary Table S3, we estimated the updated relationship between the energy expected from dike shape/dimensions modeled from ground deformation measurements and the seismic energy measured from the cumulative seismic moment of the earthquakes recorded during the dike propagation. We obtained:
[image: image]
confirming the same previous coefficients found in Bonaccorso et al. (2017) and maintaining a very good correlation coefficient R2 equal to 0.97 (Figure 4A).
[image: Figure 4]FIGURE 4 | (A) Total seismic moment Mo (J) calculated from the seismicity recorded during the dike propagation vs. total 3-D available mechanical elastic strain energy UT (J) estimated from Eq. 4 for the modeled dikes of Etna’s eruptions (see Supplementary Table S3). The rhombuses are for the dike I, dike II and dikes (I + II), respectively, of 24–25 December 2018, while the circles are for the dikes of the 2001, 2002 (two dikes) and 2008 eruptions (see Supplementary Table S2). (B) Application example of the 24–25 December 2018 double dike intrusion of Etna. log10(Mo) vs. time. From the initial phases of the dike, after its opening is inferred, the available energy can be estimated from Eq. 2 and the expected total seismic moment to be released (dashed line) from Eq. 3. This Mo value is the limit to be reached by the cumulative recorded seismic moment to obtain the energy equilibrium and the dike stopping.
After UT is estimated from the dike parameters, Eq. 3 allows determining the seismic moment expected by the release of the dike’s available energy that can be compared with the recorded seismic moment, hence providing a tool to evaluate when the energy is balancing. In the case of the December 2018 eruption, the method highlights that the first eruptive dike, promptly modeled on the morning of December 24, did not release enough energy to balance the recorded seismic moment that continued to accumulate in the following hours (Figure 4B). Therefore, the proposed approach clearly suggests that another seismic source was active after the eruption started. From continuous deformation data, Aloisi et al. (2020) inferred a second deeper and thicker dike, located slightly further south than the first, that did not reach the free surface. If we consider the total moment from available energy expected by the cumulative effect of both dikes, then the expected Mo and the recorded one are well balanced (Figure 4B).
DISCUSSION AND CONCLUSION
The eruption of Christmas 2018 was a peculiar event for two main aspects: i) in spite of a powerful intrusion, the ensuing effusive activity lasted only about 3 days, stopping on the morning of December 27; ii) it was accompanied by a seismic swarm that did not stop after the start of the eruption (morning of 24 December) but continued until the afternoon of the following day.
The first dike, the eruptive one crossing the surface portion of the volcanic building and reaching the surface to feed the eruption, produced a clear deformation pattern on a scale of the entire volcano, more marked in the summit area and with a strong amplitude decay toward the external flanks, this due to the shallow position of this dike. The continuation of seismicity was associated with the propagation of a second deeper dike, which was unable to reach the surface but stopped 1.5 km below the crater area. This second dike instead caused a wide deformation detected more clearly in the southern flank portion above its projection. This dike stopped below the ground surface and did not cross the final portion of the volcano pile where the main deformation was produced. It was characterized by relatively small width (about 600 m) compared to the shallow dike (about 2,700 m) (see Figure 3; Supplementary Table S1). If the deeper dike had been >1.5–2 km wider, it would have caused marked deformation on the scale of the entire volcano edifice (Aloisi et al., 2020). The detail of the recorded and the expected deformation patterns is clearly shown in Figure 9 by Aloisi et al. (2020). After the start of the eruption, the main concern was the possible propagation of a more external and dangerous dike. In fact, because of its location shifted southward from the crater area, this second dike, if further propagating, could have been hazardous by generating a low flank eruption. In general, the longer the propagation, the more dangerous it is since the dike could approach towns and infrastructures, densely located on the volcano’s lower flanks. The risk map of lava flows shows that the highest risk is found in the south-eastern flank due to the combination of high hazard and population density (Del Negro et al., 2019). Related to this sector of the volcano, a famous example was the 1,669 eruption: an eruptive fissure propagated 16 km in the southern flank, fed an eruptive vent in the low flank and went on to destroy several villages and partially the main town of Catania (Branca et al., 2013). Today, an eruption similar to the 1,669 event would cause damage amounting to about seven billion Euros (Del Negro et al., 2016).
Fortunately, the scenario of a flank eruption in the lower flank did not take place probably because the first intrusion and the resulting eruption released most of the energy, as testified by the decreasing seismicity rate (Alparone et al., 2020) and by its distribution throughout the whole volcanic edifice and along well-known fault zones (Alparone et al., 2020). However, during the 24th and 25th of December it would have been very important and strategic to have valid tools to evaluate the propagation status.
In this work, we have updated the equation obtained by Bonaccorso et al. (2017) and subsequently verified its applicability to the 2018 eruption. The approach is based on the monitoring of the expected energy calculated starting from the main parameters of the dike (thickness and width) and the seismic energy released by the earthquakes accompanying the dike intrusion. With this approach, a key aspect is that the expected energy is calculated from the main parameters of the dike, i.e., thickness and width which, in principle, can be modeled in the early stages of dike propagation when its effect on the surface begins to be revealed by the deformation monitoring systems. The seismic energy can be calculated in near real-time from the seismic moment Mo obtained from the seismic recordings. Since the comparison of the seismic moment expected by the release of the available energy with the moment calculated in real-time provides a forecast of when the energy is balancing and, hence, when the dike is expected to stop, the proposed approach is very helpful to estimate the dike propagation hazard during the early phase of an eruptive intrusion.
Clearly, the more robust the data for a single volcano, the better the quality of the relationship. As shown in the application case reported in Bonaccorso et al. (2017) for the recent eruptions of Etna volcano, the modeled dike shapes and the seismic recordings are particularly robust. This is thanks both to the integrated monitoring system of ground deformation (static and continuous GPS measurements and continuous borehole tilt) and the dense seismic network around the volcano (Bonaccorso et al., 2017). Our analysis supports the robustness of the empirical law proposed by Bonaccorso et al. (2017) and its validity also for the 2018 Mt. Etna eruption. So, for purposes of supporting an understanding of the state of intrusion propagation, it is fundamental to develop real-time modeling of ground deformation data. Such an approach can be used to have integrated information during intrusive processes that at Etna and other active volcanoes are frequent and require maximum attention and the best possible interpretation during their evolution.
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Seismicity can be used to better understand interactions between magma bodies, hydrothermal systems and their host rocks—key factors influencing volcanic unrest. Here, we use earthquake data to image, for the first time, the seismic velocity structure beneath Aluto, a deforming volcano in the Main Ethiopian Rift. Traveltime tomography is used to jointly relocate seismicity and image 3D P- and S-wave velocity structures and the ratio between them (VP/VS). At depths of 4–9 km, the seismicity maps the top of a large low velocity zone with high VP/VS, which we interpret as a more ductile and melt-bearing region. A shallow (<3 km) hydrothermal system exhibits low seismic velocities and very low VP/VS (∼1.40), consistent with the presence of gases exsolved from a deeper melt-rich mush body. The Artu Jawe fault and fracture system provides the migration pathway that connects the deeper mush body with the shallow hydrothermal system. Together, these observations demonstrate that the interaction between magmatic and hydrothermal systems, driven by the exchange of fluids, is responsible for the restless behavior of Aluto.
Keywords: tomography, volcano seismicity, magmatic systems, hydrothermal, systems, seismic imaging, restless volcano
INTRODUCTION
Interactions between magmatic and hydrothermal systems beneath volcanoes are poorly understood, but play a crucial role in eruptions, especially those that are phreatomagmatic (Pritchard et al., 2019; Troise et al., 2019). This interaction is also important for successful geothermal energy production in high-enthalpy volcanic systems (Reinsch et al., 2017). Seismic methods offer insights into the nature of these thermo-magmatic systems (e.g., Greenfield et al., 2016; Hooft et al., 2019; Wespestad et al., 2019). Seismicity indicates fluid movements through faults and conduits (e.g., Prejean et al., 2002; Hudson et al., 2017; Greenfield et al., 2019a), but can also be used to image their subsurface structure. For example, seismic velocities and their ratio (VP/VS), can be used to image fault structures and regions of partial melt and over-pressured gases (e.g., Johnson and Polland, 2013; Muksin et al., 2013). Such observations have implications for understanding volcanic unrest, assessing volcanic hazard and optimizing geothermal exploration.
The dynamic nature of the volcanoes of the Main Ethiopian Rift (MER) has only recently been realized (Biggs et al., 2011). The population exposure index for these volcanos is high (PEI five or greater), as nearly 10 million people live in the region (Brown et al., 2015). Over the past decade, a number of studies have sought to better understand the dynamics and eruptive histories of these volcanoes. Experiments have revealed a rich complexity of seismicity beneath Corbetti (Lloyd, et al., 2018a; Lavayssière et al., 2019), Bora–Tulu Moye (Greenfield et al., 2019a; Greenfield et al., 2019b) and Aluto (Wilks et al., 2017). Satellite imaging suggests frequently recurring and shallow magmatic activity (Biggs et al., 2011; Hutchison et al., 2016b; Lloyd et al., 2018a), and a role for pre-existing structures in the development of volcanism (Lloyd et al., 2018b). Magnetotellurics (Samrock et al., 2015; Lloyd et al., 2018a; Hübert et al., 2018) and gravity (Gottsmann et al., 2020) offer further insights into melt storage and migration beneath these volcanoes. However, the location of magmatic and hydrothermal reservoirs is still somewhat elusive. Here we focus on Aluto volcano, which lies just south of the town of Ziway, between Lake Ziway and Lake Langano (Figure 1).
[image: Figure 1]FIGURE 1 | The ARGOS seismic network (yellow triangles), faults (red lines) (Agostini et al., 2011; Hutchison et al., 2015) and the Artu Jawe Fault Zone. Green and blue stars are fumaroles and hot springs, respectively (Braddock et al., 2017; Hochstein et al., 2017). Black dashed lines indicate the location of the north-south and east-west profiles shown in Figure 2. Inset: Aluto and the study region (yellow triangle) within the Main Ethiopian Rift with rift regions (white), border faults (thick black lines) and magmatic segments (red) marked.
Aluto is a silicic volcanic center that is thought to have begun erupting at about 0.5 Ma in association with the development of the regional Wonji Fault Belt (Hutchison et al., 2016a; Agostini et al., 2011), and whose most recent volcanic deposits are dated to 0.4 ka (Hutchison et al., 2016a). Regional earthquake catalogs (Keir et al., 2006) suggest that earthquakes up to magnitude three occur along the relatively low-seismicity Aluto–Gedemsa magmatic segment, but are likely associated with the border faults to the east of our study region (Figure 1) rather than volcanic activity itself. The volcano has however displayed episodic surface deformation (Biggs et al., 2011; Hutchison et al., 2016b). Two pulses of rapid uplift were observed in 2003 and 2008 (15 cm in 10 months and 10 cm in 6 months), but since then the volcano has been slowly subsiding at rates <3 mm/yr (Biggs et al., 2011; Birhanu et al., 2019).
A series of recent experiments have provided further insights into the active nature of Aluto. Seismicity (Wilks et al., 2017) and observations of fracture-induced seismic anisotropy (Nowacki et al., 2018) reveal a complex fault system and fracture network that extends well below an active hydrothermal system. The pattern of seismicity is seasonal, with the peak of seismicity occurring 2–3 months after the heavy rainy season coincident with lake loading and subsidence (Birhanu et al., 2019). Surface and satellite mapping and CO2 flux surveys have shown that magmatic and hydrothermal upwelling follows recent faults and fracture networks generated by Quaternary to Recent rifting, namely the Wonji Fault Belt and the associated Artu Jawe Fault Zone (AJFZ) (ELC Electroconsult, 1986; Hutchison et al., 2015; Hutchison et al., 2016a; Braddock et al., 2017). The high temperature gradient and active hydrothermal system has made Aluto a viable and productive geothermal resource; Ethiopia’s first, and at present only, geothermal power plant was built within the caldera in 1999 (Hochstein et al., 2017).
In this study, we image the seismic structure beneath Aluto using local earthquake tomography, providing new insight into the magmatic and hydrothermal processes that drive volcanic unrest. Earthquake locations reveal the dynamic nature of the volcano, whilst seismic velocities can be used to map fluids. Fluid-rich rocks exhibit reduced shear moduli, but their bulk moduli are sensitive to the gas content of the fluid. Gases are compressible, whilst liquids are less so. Therefore, tomographic images of VP/VS ratios can be used to further highlight fluid-rich regions, but also provide information about the nature of the fluid. Broad, high VP/VS regions have been identified beneath volcanic arcs (Syracuse et al., 2008), while small pockets of VP/VS >1.8 at depths less than 5 km have been interpreted as individual melt reservoirs beneath volcanoes (Koulakov et al., 2009; Jaxybulatov et al., 2011). Smaller elevated VP/VS anomalies (1.7–1.8), have been interpreted as fluid-rich sediments (Hansen, 2004; Muksin et al., 2013) and shallow steam condensates (Chiarabba and Moretti, 2006). In contrast, shallow, low VP/VS ratios (∼1.6) have been observed within geothermal areas such as Mammoth Mountain and the Geysers, California (Julian et al., 1998; Dawson et al., 2016). Theoretical considerations (Mavko and Mukerji, 1995), experimental results (Dvorkin et al., 1999) and insights from the hydrocarbon industry (e.g., Harris et al., 1996; Yu et al., 2015) show that VP/VS ratios are sensitive to pore-fluid compressibility through its effect on VP, and suggest that low VP/VS regions represent gas-rich reservoirs. Thus, 3-D images of VP/VS are extremely useful in mapping melt (in mush or magma), fluids and gases within geothermal and volcanic environments.
MATERIALS AND METHODS
We use local earthquakes from the Aluto Research and Geophysical ObservationS (ARGOS) event catalog (Wilks et al., 2017) that were recorded at 14 sites between January 2012 and January 2014 (Figure 1), during which time the volcano was slowly subsiding. Event detection was performed manually for P- and S-wave arrivals, with the arrival picks given weightings that reflect the clarity of their onsets (Wilks et al., 2017).
Initially, hypocentral locations and origin times were determined using NONLINLOC (Lomax et al., 2000), a nonlinear probabilistic global search algorithm, as outlined in Wilks et al. (2017). Since seismic tomography is heavily reliant on travel time accuracy, we restrict the number of events we use from this catalog based on NONLINLOC location statistics, pick weightings and a minimum detection threshold of six stations per event; this leaves 161 events and 1,672 arrivals (1,038 P- and 634 S-waves). A 1-D starting velocity model was initially developed by combining well-log data in the uppermost 2–3 km (Gianelli and Teklemariam, 1993; Gizaw, 1993) with a regional tomographic model derived from earthquakes in the Main Ethiopian Rift and Ethiopian Plateau (Daly et al., 2008). This 1-D model is further refined via joint hypocenter and velocity inversion using FMTOMO (Rawlinson and Urvoy, 2006)—see Supplementary Section 2.0, for further details. This refinement reveals that in general the velocity structure beneath Aluto is much slower (up to 20% for P-waves and up to 11% for S-waves; see Supplementary Figure 2.1) than the velocity model for the wider region (i.e., that of Daly et al., 2008).
For the seismic tomography, we use a modified version of the FMTOMO code of Rawlinson and Urvoy (2006), which was originally developed to permit the joint inversion of multiple data types (teleseismic, local earthquake, active source) for several classes of unknowns, including layer velocity, interface geometry and hypocenter location. A grid based eikonal solver known as the Fast Marching Method (Rawlinson and Sambridge, 2003) is used to solve the forward problem of traveltime prediction, and a subspace inversion method (Kennett et al., 1988) is used to adjust the unknowns at each step of the iterative non-linear solution process. Pilia et al. (2013) modified FMTOMO to permit recovery of VP, VS and VP/VS and fully non-linear location of hypocenters (via a grid search). We use this modified version of FMTOMO, but further develop it to produce robust estimates of hypocenter uncertainty based on computing the 95% confidence region around each event. The additional computational effort required to retrieve this information is minimal, because the objective function is already computed at every point during the grid search.
Assessing the Data and Model Fit and Optimization of the Inversion Parameters
For the 3-D seismic tomography we perform six iterations, each of which involves: 1) solution of the forward problem through the current model; 2) inversion for velocity parameters using a 20-D (the number of orthogonal search directions in model space) subspace inversion scheme; 3) hypocenter relocation, based on both P- and S- wave arrival times, using a fully non-linear grid search in the presence of the updated velocity model (Pilia et al., 2013). The inversion for P- and S-wave velocities is done together, along with hypocenter location, since both P-wave and S-wave arrival times are used to constrain velocity and location. The inversion for VP/VS is done separately, since it is a linear inversion performed along the ray paths from the S-wave model.
Structure is defined on a cubic B-spline grid that spans 0.8° horizontally and 44 km in depth, with an approximately uniform node spacing in all three dimensions of ∼2.2 km (42,527 nodes in total). Within our inversion grid, nodes which are relatively undersampled by the data will take values close to the initial reference model, and appear to have ∼0% deviation. These tend to lie at the edges of the model where few events or receivers are present. This attraction to the reference values is due to two features of our inversion approach: 1) regularization, which penalizes changes to model parameters not required by the data, and 2) the subspace inversion scheme, which only modifies parameters that have an effect on the data fit. For a more complete description of FMTOMO and its modifications for local earthquake tomography, refer to de Kool et al. (2006), Rawlinson and Urvoy (2006), and Pilia et al. (2013).
We consider the trade-off between the complexity of the final model (which is a function of the model roughness and model variance) and the accuracy of the data fitting by performing numerous inversions with a range of damping and smoothing parameters (e.g., Eberhart-Phillips, 1986). This is performed using the following trade-off curves: data fit (variance of the residuals) vs. model roughness, while varying the smoothing parameter; data fit vs. model variance, while varying the damping parameter. The details of how we choose the damping and smoothing parameters are included the Supplementary Material. The final variance reduction for each model is: 56% for the VP model; 49% for the VS model; and 34% for the VP/VS model.
Earthquake Relocation Uncertainty
The non-linear inverse problem that we solve is to find the location of each earthquake such that the differences between the observed and predicted arrival times (through a 3-D velocity model) are minimized. This is formalized by specifying an objective function S(m), where m is a vector that defines the latitude, longitude and depth of the earthquake, such that
[image: image]
where dobs is a set of N observed arrival times (from a given hypocenter) with the mean subtracted, [image: image] is a data covariance or weighting matrix which accounts for data picking uncertainty, and dm (m) is a set of predicted traveltimes with the mean subtracted. By removing the mean, we can eliminate the origin time as an unknown in the inversion, since source location can be constrained by the relative on-set times of a phase at a set of stations.
We locate the minimum of S(m) using a grid-search, which is a fully non-linear technique capable of locating the global minimum of S(m) and providing valuable information on location uncertainty [see Lomax et al. (2000) for a comprehensive review of nonlinear earthquake location methods]. The method works by computing S(m) at a regular grid of points in latitude, longitude and depth. This regular sampling of the objective function in 3-D space means that the point of minimum misfit, which coincides with our preferred earthquake location, can be readily identified. A nested grid search is used to locate the hypocenters. In the first step, a coarse step size of 1 km is used, but once the optimum location is found, the search is repeated in the neighborhood of this point using a step size of 100 m.
One advantage of heavily sampling the objective function across a dense 3-D grid is that hypocenter uncertainty information can be obtained with little additional computational effort. Here, we adopt the approach described by Sambridge and Kennett (1986) for defining the 95% confidence region around the solution [image: image] obtained from the grid search. This is achieved by identifying the region of parameter space which satisfies
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where N is the number of data picks and [image: image] is the Chi-square statistic for a p-value of 0.05 and three degrees of freedom. This approach is valid since the objective function 1, with [image: image] (where [image: image] when i = j and [image: image] otherwise), can be written as
[image: image]
which has a chi-square distribution with N–M degrees of freedom, where M = 3 is the number of model parameters. Equation 3 accounts for the effect of errors in the velocity model (which are usually unclear) by rescaling S so that [image: image], which is simply the expectation value of a chi-square distribution with N−3 degrees of freedom. This is obtained by multiplication with the factor (N − 3)/S([image: image]). Both the objective function 1 and method for computing confidence intervals assume that the data errors are Gaussian, which will influence the final hypocenter locations and uncertainty estimates.
In our application of this approach, we use the boundary of the 95% confidence region as a proxy for location uncertainty and summarize our results in terms of uncertainty in depth, latitude and longitude, as shown in Figure 2. As expected, uncertainty in depth tends to be larger in comparison to uncertainty in latitude and longitude, although for most events it is well below 5 km. A number of events cluster near the upper boundary of the model, and of these a noticeable proportion have depth uncertainties that are larger than average. This occurs because shallow events that are not well constrained in depth cannot be relocated above the model, and hence are forced to reside immediately below the surface. The upper surface of the model is set to be 2.5 km above sea level, which means that all receivers and sources lie within the model volume. While it would be possible to exclude these events from the inversion, they are no less valid than deeper events, which have a similar location uncertainty. Overall, these results suggest that the distribution of seismicity that we interpret in terms of volcanic processes is robust, including the observation that the zone of earthquake activity tends to deepen as we move away from the volcanic center.
[image: Figure 2]FIGURE 2 | Relocated earthquake uncertainties. East–west (upper) and north–south (lower) slices through the P-wave solution model with all earthquakes superimposed. Earthquakes are shaded using a grey-scale that indicates uncertainty in depth (left) and uncertainty in longitude/latitude (right). The top profiles are along a latitude of 7.77 N and the bottom profiles are along a longitude of 38.8 E.
Checkerboard Resolution Tests
Since geophysical inverse problems are almost invariably underdetermined and hence solutions are nonunique, it is useful to evaluate the robustness of model solutions derived by seismic tomography. Inherent uncertainties in the data and varying raypath coverage mean that it is important to assess which features of a model are required by the data and which are not, so that a model’s robustness can be quantified. Therefore, using the optimized regularization parameters described previously, we evaluate solution robustness using the so-called “checkerboard test” (Glahn and Granet, 1993; Rawlinson and Sambridge, 2003). In this test, the source-receiver configurations of the observational dataset are used to compute a synthetic travel time dataset. This is calculated through an artificial “checkerboard” structure, which is overlain on the original input model. Gaussian noise with a standard deviation of 20 ms is also added to the synthetic datasets to simulate the assumed picking errors in the “real” data.
The checkerboard comprises a 3-D region of alternating high and low velocity anomalies, where the perturbations are set to be ±0.5 km/s for VP (±6.6–16.2%) and ±0.2 km/s (±4.8–9.6%) for VS. The VP/VS input checkerboard is obtained by dividing the VP checkerboard by the VS checkerboard. The tomography is then run with the 1-D reference model as the starting model (whilst also relocating hypocenters) in an attempt to recover the checkerboard pattern. Regions of the solution model that sufficiently recover the checkerboard pattern are considered to be “well-resolved.”
A known weakness of checkerboard tests is that it is possible for small-scale structures to be well retrieved in comparison to larger scale structures (Léveque et al., 1993); consequently, we generate checkerboards with differing scale lengths of ∼8.8, ∼4.4, and ∼2.2 km. By adopting this approach, we are well positioned to interpret both larger and smaller scale structure in regions of good recovery. We also include a spike test to determine the resolution of discrete velocity anomalies. The input spike is comprised of a low VP, high VS and low VP/VS anomaly centered at approximately 7.78N, 28.8E and ∼1 km depth.
The input checkerboard model for VP/VS is shown in Figure 3 and the recovered model is shown in Figure 4. Details of the synthetic recovery tests for VP and VS velocity structure, and the spike test, are presented in Supplementary Section 4 (Supplementary Figures 4.1–4.5). The results of the synthetic testing using a checkerboard structure for the 161 events is presented in horizontal and vertical slices. For the coarse checkerboard (Figure 4A), it is evident that VP/VS anomalies are well resolved within the seismic network and down to at least 10 km depth. Outside of the array and below 10 km depth, however, smearing distorts the recovery and highlights that these regions of the model are much less well resolved. The same features are evident in the intermediate checkerboards (Figure 4B), where the lack of events and poor raypath coverage restrict resolution outside of the network and deeper than 8 km. At a finer scale [Figure 4C], the checkerboard is even less well defined with restricted recovery below sea level and toward the periphery of the array. Cumulatively this suggests we cannot recover structure on length scales finer than 3 km. With respect to the spike test, as expected, the recovered spike exhibits a decrease in amplitude and a larger footprint compared to the input spike (Supplementary Material 4.5); in the E–W direction this is minimal, but is more noticeable in the N–S direction, which is consistent with the raypath coverage. Nevertheless, this test clearly shows that the anomalies recovered at this location in the final model are likely correct.
[image: Figure 3]FIGURE 3 | Input VP/VS checkerboard models for resolution testing. Slices are taken through the maximum perturbations of (A) coarse (∼8.8 km), (B) intermediate (∼4.4 km) and (C) fine checkerboards (∼2.2 km), to constrain the resolving power at differing scale lengths.
[image: Figure 4]FIGURE 4 | Checkerboard recovery results for VP/VS of differing checkerboard scale lengths (A–C). Compare with input checkerboard structure shown in Figure 3. See Supplementary Figures 4.1–4.5 for equivalent VP and VS checkerboard test results.
The observed lack of resolution at depth is caused by the predominance of events occurring between the surface and 10 km depth, with the region beneath relatively aseismic in comparison. Lateral smearing is particularly evident in the north-south depth slices due to the high concentrations of events to the north and south of the caldera and the increased density of ray paths orientated in that direction. The poor recovery of the checkerboard at the edges of the east-west cross-sections is caused by the relative lack of events to the east and west of the network (i.e., toward the border faults). At all scale lengths, the amplitudes of the perturbations are underestimated in comparison to the input checkerboards. This occurs due to the damping and smoothing regularization parameters implemented in the inversion, which favor a conservative solution (in terms of amplitude and wavelength of structure) unless required by the data.
RESULTS
Over a 2-year period between 2012 and 2014, Wilks et al. (2017) located 1,361 earthquakes within 15 km of the center of the caldera. As discussed, in an effort to use only the best located events for imaging and to stabilize the inversions, we use a subset of these data comprised of 161 events and 1,672 source-receiver raypaths. Nevertheless, the resulting patterns in seismicity are similar between the original 1,361 events and the final relocated 161 events. Figure 5 shows how the relocated events change with respect to the original locations and Figure 2 shows the uncertainties in the new event locations. In agreement with Wilks et al. (2017), most events are located above sea level, beneath the volcano edifice. Beneath this lies a gap in seismicity until a depth of roughly 5 km. Figures 2 and 5 show how this seismicity deepens to the north and south, capping what Wilks et al. (2017) interpret as a ductile deeper region. There is a weak bimodal distribution, with more events lying beneath the north and south rim of the volcano. Furthermore, the events cluster along the north-south trend of the AJFZ, which was a particularly clear feature in the original seismicity catalog.
[image: Figure 5]FIGURE 5 | Map of original and relocated hypocenters found by joint inversion for velocity structure and earthquake location. Small white circles show the starting location from Wilks et al. (2017), whilst larger circles show the final relocations. Lines connect the original and relocated hypocenters. Color shows the depth of the relocations. The yellow star shows the inferred subsidence source found by Hutchison et al. (2016b). Red dashed lines indicate the location of the north-south and eastwest profiles shown in Figure 2.
Figure 6 shows the VP/VS model obtained from the inversion; the VP and VS models are presented in the Supplementary Material, but Figure 2 shows two cross-sections through the VP model. Poorly constrained regions of the model are masked according to the sum of the absolute values of the Fréchet derivatives, which is a similar approach to the so-called Derivative Weight Sum method (e.g., Biryol et al., 2013). Reduced seismic velocities are more prominent in the P-wave model and in the shallow regions. Low VP/VS ratios of 1.45–1.65 (a Poisson’s ratio of ν = 0.05–0.21) and a negative VP anomaly (up to −5%) extend across the entire range of the volcano that lies above sea level (Figures 2 and 6). The checkerboard tests (Figures 3 and 4; Supplementary Section 3) show that this is a robust and well resolved feature. Deeper than this, average to elevated VP/VS ratio are observed. It is particularly high (>2.0) in the well resolved region beneath the central stations of the caldera between 5 and 8 km deep (Figure 6). Furthermore, we observe an additional high VP/VS region to the south of the caldera at ∼3 km depth (Figure 6). We note that this region is located toward the periphery of the receiver array, but our synthetic resolution tests suggest that it is reasonably well resolved. Due to a lack of deep seismicity, resolution in these models decreases rapidly below ∼10 km.
[image: Figure 6]FIGURE 6 | Depth slices (at 1 km above sea level and 5 km below sea level) and east–west and north–south cross-sections through the tomographic solution model of the VP/VS structure (shown as an absolute value). The model is only plotted in regions where there is resolution based on Fréchet derivatives (see Supplementary Material). Yellow triangles indicate station locations, black lines on the depth slices indicate mapped fault locations and small open circles on the cross-sections indicate event locations. Topography is shown above the cross-sections and indicated by hillside shading on the depth slices. See Supplementary Material for the VP and VS models.
In summary, a shallow region above sea level and beneath the volcano is characterized by abundant seismicity that follows the trend of faults and fractures in the region. It exhibits low seismic velocities and a low VP/VS ratio. Beneath this lies a region of decreased seismicity with evidence for a narrow high- VP/VS region beneath the volcano. There is also evidence for a high VP/VS region to the south of the volcano. Deeper seismicity marks a brittle region that envelops a more ductile region, deepening to south and north of the caldera. There is some evidence for high VP/VS in this region, but resolution is lacking. In the next section we interpret the shallow region in terms of an active hydrothermal system and the deeper region as magmatic in nature.
DISCUSSION AND INTERPRETATION
A conceptual interpretation of the results is shown in Figure 7. Here we discuss characteristics of the hydrothermal system and the deeper magmatic system and how they interact.
[image: Figure 7]FIGURE 7 | Schematic diagram of the interpreted subsurface structure and processes at Aluto, based on the new results and constraints from previously published studies. The key features are: (A) high seismicity within a low VP/VS region of over-pressurized gas at/close to a supercritical state, associated with (B) fumarolic activity and causing (C) outflow driven surface deflation; (D) a high VP/VS region with a significant melt component that has ascended from below; (E) shallow high VP/VS regions of steam condensates that release volatiles to the surface via (F) hot springs; (G) a deeper seismogenic region, convex with latitude; (H) a ductile reservoir of magmatic mush.
Hydrothermal System
We interpret the region of low VP/VS ratios that lies above sea level in terms of an over-pressurized gas-rich volume (e.g., Dvorkin et al., 1999; Lees and Wu, 2000) occupying highly fractured and hydrothermally altered volcanic products. Low Poisson’s ratios are likely amplified by the presence of aligned cracks, fractures and faults, as Poisson’s ratios below 0.1 are uncommon in unfractured isotropic materials (Walsh, 1965). Such structural heterogeneities have been shown to decrease Poisson’s ratio and VP/VS in low stress environments. We suggest that structures such as ring faults and the AJFZ contribute to the low ratios that we observe (Hutchison et al., 2015). These are linked to fumarolic activity around the volcanic edifice and at the surface (see Figures 1; Braddock et al., 2017). This inference is also supported by shear-wave splitting observations, which imply that the volcanic center above sea level is highly fractured due to at least two dominant fracture sets (Nowacki et al., 2018). The sharp transition from low to higher VP/VS at around sea level may also be influenced by the change in lithology from the silicic volcanic rhyolites of Aluto’s recent effusive volcanism and lacustrine sediments to the underlying unit of Bofa Basalt, as observed in well log data (Teklemariam, 1996; Teklemariam et al., 1996). The magnetotelluric (MT) study of Samrock et al. (2015) shows a high conductivity (1–2 Ω m) layer above sea level, which they interpret as a hydrothermally altered clay cap.
Experiments show that the compressibility of supercritical fluids bears a greater resemblance to steam than liquid and can also produce low VP/VS anomalies in the subsurface (Burnham et al., 1969). At Aluto, deep well data (to 2,500 m below the surface) have shown that temperatures reach a maximum of 360°C at pressures greater than 22 MPa (Gizaw, 1993), conditions at or above the threshold required for water to become supercritical (e.g., Chouet et al., 2008; Zollo et al., 2008). Under the assumption that this maximum temperature is exceeded, we suggest that supercritical fluids might also contribute to the low VP/VS anomaly.
Magmatic System
High VP/VS ratios in volcanic regions are commonly associated with the presence of partial melt in the crust (e.g., Hammond and Kendall, 2016). Fluids have a shear modulus of zero, which reduces VS in partially molten rocks. In the absence of gas there is little change in fluid compressibility and therefore little change in VP. Hence, the high VP/VS regions beneath sea level in our inversion results suggests a region of partial melt at depth beneath the hydrothermal system. A crystalline mush zone has also been suggested by Gleesen et al. (2017), who through phase equilibria modeling proposed a magma storage depth of 5.6 ± 1 km below the surface. However, it is difficult to convert VP/VS ratios to melt volume fraction, as seismic velocities are as sensitive to the shape of melt inclusions as they are to volume fraction (Hammond and Kendall, 2016).
Due to the underlying physics and differences in array geometries, there are often differences between seismic and magnetotelluric images of melt reservoirs (e.g., Whaler and Hautot, 2016; Pritchard et al., 2018). Seismic velocities are sensitive to volume fraction of melt and the shape of the melt inclusions (wetting angle) whereas MT is most sensitive to the connectivity, composition and amount of melt. Previous MT studies show the Aluto upper crust that lies beneath sea level to be relatively resistive (>100 Ω m) and hence melt-poor (Samrock et al., 2015; Hübert, et al., 2018), whereas we see localized regions of high (>2.0) VP/VS values suggesting the presence of partial melt. A suggested explanation for some discrepancy between MT and seismic results is that the melt exists in isolated pockets which are not sufficiently connected for the rock to be conductive. Alternatively, low temperature peralkaline melts with a low wt% H2O are relatively resistive and consistent with the observed values (Guo et al., 2016; Hübert, et al., 2018). Such low water content could be achieved following repeated cycles of melting and recrystallisation within a long-lived crystal mush zone. However, the more recent study of Samrock et al. (2020), which reprocessed the same data using the method of Grayver et al. (2019), but accounts for topography and galvanic distortion, shows evidence of moderately conductive (10–20 Ω m) regions in an otherwise resistive crust below sea level. These values can be explained with higher temperature and melt fractions.
The hypocentral relocations improve the delineation of the convex lower boundary of seismicity, which corresponds to the brittle-ductile transition. This boundary is roughly 5 km beneath the edifice, but deepens to 15 km to the north and south (Figure 7G). Our error analysis of the relocations suggest, with most events having <3 km uncertainties both laterally and in depth, that the pattern of seismicity is robust. While a contribution to hypocenter depth uncertainty may also come from the velocity-depth trade-off, the simple convex shape of seismicity spans the entire model in the N–S direction, which would require a very broad, coherent and high amplitude velocity anomaly to explain the convexity (noting that at 10 km depth, a 1 km increase in hypocenter depth would require a ∼10% increase in the overlying velocity, assuming a background velocity of 5 km/s). As such, we propose that the general increase in depth of the seismicity zone away from the volcanic center is meaningful. Deepening of seismicity away from volcanic centers has also been observed at Corbetti (Lavayssière, et al., 2019) and at Fentale and Dofen, which are volcanoes in the northern MER (Keir et al., 2006), where earthquakes occurred between 8 and 10 km depth beneath each volcano but as deep as 16 km elsewhere in the magmatic segment. Similarly, Hudson et al. (2017) see a similar pattern directly beneath Bárðarbunga caldera in Iceland.
A lack of seismicity more than 10 km below the center of the volcano implies a hot, ductile crust, which in turn may suggest a melt-rich mush storage region, consistent with petrological observations (Hutchison, et al., 2016a). There is also some suggestion of a conductive body at these depths beneath Aluto (Samrock et al., 2020). We also see some evidence for high VP/VS ratios in this region, but note that the resolution of our VP/VS inversions is poor below 10 km depth. However, these results together with the convex pattern of deep seismicity observed at Aluto suggests that the seismicity delineates the upper boundary of a region of higher heat flux (spanning ∼20 km laterally), which has a more ductile rheology and little seismicity (Figure 7H). This is also consistent with the models of the upper crustal plumbing systems at other rift calderas such as Corbetti (Gottsmann et al., 2020).
Coupled Magmatic and Hydrothermal Systems and Uplift
Aluto is a rapidly deforming volcano which shows episodic ground deformation (Biggs, et al., 2011; Hutchison et al., 2016b). Hutchison et al. (2016b) proposed that the uplift was caused by injection of new material into the magmatic system, and subsidence was associated with the magmatic degassing and depressurization of the hydrothermal system. Based on MT results that show a clay cap ∼500 m thick and ∼2–3 km wide, Samrock et al. (2015) also propose that swelling clays and freshwater incursion may be agents for uplift and subsidence at Aluto. Our model, however, suggests the presence of velocity anomalies of significantly larger dimensions and hence supports the hypothesis that the driver of deformation is deeper in origin. Proximal seismicity and high VP/VS ratios delineate a narrow region that connects a deeper magmatic body to the hydrothermal system. Support for this comes from carbon isotope sampling, which shows that Aluto’s magmatic and hydrothermal systems are physically connected, where deep (>2 km), hot (>250°C) geothermal fluids receive ongoing input of magmatic volatiles from beneath (Hutchison et al., 2016b). We therefore propose that it is episodic pulses of magma injection at depth that drives this volatile release, which then causes the uplift-subsidence events observed at the surface in this coupled system. Similar mechanisms have been proposed at other volcanoes (e.g., Bárðarbunga, Iceland—Hudson et al., 2017; Corbetti, Ethiopia—Lloyd et al., 2018b).
Reservoir seismicity occurs with deformation, which can be associated with inflation (e.g., Stork et al., 2015) or deflation (e.g., Segall, 1989; van Thienen-Visser and Breunese, 2015), both of which can be at play in a coupled magmatic and hydrothermal system. A sudden release of volatiles from the deeper magmatic system can lead to over-pressured gases within the hydrothermal system (Battaglia et al., 2006), which in turn leads to inflation. The subsequent outflow of volatiles and hydrothermal fluids from the geothermal system generates subsidence at the surface (De Natale et al., 2001), which at Aluto was observed for the majority of the seismic experiment (Wilks et al., 2017). The sources responsible for significant (>4.3 cm) subsidence prior to 2012 have been located in the uppermost 2–3 km (Biggs et al., 2011; Hutchison et al., 2016b), which correlates with the base of our low VP/VS region (Figure 6). We note that there may also be subsidence effects associated with cooling.
Campi Flegrei, another young, geothermally-active caldera in a state of unrest, exhibits similar gaseous controls in a shallow seismogenic zone (Di Vito et al., 1999; Chiarabba and Moretti, 2006; Battaglia et al., 2008; Chiodini et al., 2012; De Siena et al., 2017). The values of the low VP/VS anomaly are similar in magnitude to those observed at Aluto (∼1.45), with an accompanying low VP anomaly, estimated to be the primary source location of subsidence. At Campi Flegrei, it has been suggested that supercritical fluids beneath a more rigid clay cap are responsible for uplift (Vanorio and Kanitpanyacharoen, 2015). We suggest that shallow hydrothermal processes at Aluto are comparable to Campi Flegrei in terms of the structure and the processes that drive seismicity and deformation. However, the low VP/VS anomaly at Aluto seems to be within or above the clay cap (Samrock et al., 2015). We attribute high-pressure gas phases and the subsequent outflow from the geothermal reservoir as the primary cause of subsidence in the absence of any eruptive behavior. As these are the first seismic images of the volcanoes of the MER, it is not clear how unique Aluto is with respect to other volcanoes in the MER.
The high VP/VS (Figure 6) region to the south of the caldera at 3 km depth may represent steam condensates (Figure 7E) that manifest at shallower depths, away from the main volcanic edifice where temperatures are reduced (Aster and Meyer, 1988; Simiyu, 1999). Samrock et al. (2020) observe a highly conductive anomaly at the same depth but more to the east of the volcano. Condensates may form brines that then migrate toward the surface due to increasing pore pressure along fracture networks associated with the AJFZ (Hutchison et al., 2016b). These may feed or heat the hot springs seen at the surface near Lake Langano (Figures 1 and 7F) (Kebede et al., 1985; Hutchison et al., 2015; Braddock et al., 2017; Hochstein et al., 2017). This is also compatible with the elevation-driven, southerly groundwater flow direction from Lake Ziway to Lake Langano (Bernacsek et al., 1992).
Aluto, one of numerous calderas in the MER, is a surface expression of magma-assisted continental rifting. As rifting progresses, strain is localised in magmatic segments rather than the border faults. However, how magma at depth (e.g., as tomographically imaged, for example, by Bastow et al., 2005 and Gallacher et al., 2016) feeds the axial magmatic segments of the MER is still to be determined.
CONCLUSIONS
Our study has produced the first seismic images of Aluto, a geothermally active volcano in the Main Ethiopian Rift, which was only recently discovered to be in a state of unrest. These images, coupled with the relocated earthquake hypocenters, provide constraints on the plumbing system beneath the volcano, which has provided new insight into its possible pre-eruptive behavior. Major findings include: 1) a volatile-rich ductile “magmatic mush” region below 10 km depth, which is capped by a convex layer of seismicity; 2) a region of elevated VP/VS at intermediate depths (5–8 km), also defined by an absence of seismicity, which likely represents the storage of partially molten material from below; 3) the presence of shallow and localized high VP/VS zones away from the volcano, which may represent concentrations of steam condensates that release volatiles to the surface; and 4) a shallow volume of rock (above sea level) containing over-pressurized gas at or close to supercritical conditions (defined by abundant seismicity, low VP and low VP/VS). Together, these findings demonstrate that unrest at Aluto is driven by the coupling between magma ascent and hydrothermal response, which produce the inflationary and deflationary episodes that have been recently observed. This model is likely applicable to other hydrothermally active volcanoes in a state of unrest.
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High-resolution seismic imaging enables the reconstruction of ascending paths of magma and fluids, shallow molten accumulation and flank collapse areas, all crucial information for developing an efficient eruption forecasting strategy. Here, the Marching Cubes algorithm (MC - generally applied to medical visualization and three-dimensional (3D) modeling) is applied to 16 years of earthquake location data at Mt. Etna (Italy). The algorithm defines three-dimensional seismic clusters that take into account seismic location uncertainties and are embedded in a novel volcano-oriented Geographyc Information Systems (VolGIS) offering an interpretational environment comprising tomographic images and alternative geophysical models. The results show that a volume of very-low-seismicity is embedded in a high-velocity body, and acts as a zone of transition between transient magmatic events (west) and eastern deep seismicity related to the sliding eastern flank. The eastern cluster represents the 3D seismic signature of a deep (2–8 km below sea level) instability, affecting the portion of the eastern flank nearest to the feeding systems. This instability is likely caused by a combination of gravitational spreading and magmatic intrusions.
Keywords: feeding system, sliding flank, seismic imaging, Marching Cubes, GIS-based system
1 INTRODUCTION
Imaging a volcano with seismic waves is challenging but rewarding. A reliable image of the structural features of a volcano allows to reconstruct the regions where molten materials rise across the lithosphere (Jaxybulatov et al., 2014; Huang et al., 2015). These images can be linked with field observations, giving us a clear picture of ongoing volcano dynamics (Patanè et al., 2003). They can also discriminate zones of fluid and magma accumulation (Koulakov, 2013) as well as interfaces that release stress at depth (De Siena et al., 2017), providing better constraints for seismic and volcanic hazard assessment. Regardless, the resolution of these maps is of the order of kilometres. Seismic locations, and particularly their “clustering,” generally recorded across short periods of unrest, are often used to interpret tomographic anomalies, and from these the larger-scale dynamics leading to volcanism (e.g., Giampiccolo et al., 2020). It is thus necessary: 1) to develop more quantitative methods to define seismic clustering at a volcano; 2) to apply these methods to seismic locations recorded across years or decades, most likely to represent stationary or recurrent processes at a volcano.
Such an ideal dataset of seismic locations is available at Mt. Etna volcano. Mt. Etna is one of the most hazardous and monitored volcanoes in the world due to both its persistent eruptive activity and its proximity to highly-urbanized areas. The volcano is monitored by permanent and mobile networks and produces dense seismicity related to eruptive events and volcanic unrests (Alparone et al., 2015; Gruppo Analisi Dati Sismici, 2017). This seismicity has been used for decades to image shape, dimension and location of the volcano feeding systems with seismic tomography. The resolution of the resulting models, reaching a maximum depth of 20 km, has steadily increased (Sharp et al., 1980; Hirn et al., 1991; Cardaci et al., 1993; De Luca et al., 1997; Villaseñor et al., 1998). From the beginning of this century, researchers have interpreted the models jointly with remote sensing and field data, providing reliable interpretations of the shallow volcano dynamics (De Gori et al., 1999; Chiarabba et al., 2000; Laigle et al., 2000; Patanè et al., 2002; Patanè et al., 2003; Chiarabba et al., 2004; Patanè et al., 2006; Alparone et al., 2012; Díaz-Moreno et al., 2018; Giampiccolo et al., 2020). These studies have progressively recognized and improved the reconstruction of a high-velocity body (HVB) below both the central cone and the eastern sides of the volcano (De Gori et al., 1999; Alparone et al., 2012; Giampiccolo et al., 2020), generally interpreted as a solidified intrusive body (Aloisi et al., 2002; Patanè et al., 2006; Alparone et al., 2012).
Unfortunately, seismic tomography models are affected by uneven resolution and instabilities caused by insufficient ray coverage (Rawlinson and Spakman, 2016). This makes it difficult, if not impossible, to model structures smaller than 1–2 km in an ever-changing volcanic environment (Koulakov, 2013). Due to the intrinsic limitations of the datasets used and the uncertainties related to ray-tracing algorithms in volcanic edifices, the highest resolution achieved by tomography on both the HVB and the nearby feeding systems is 1 km (De Gori et al., 1999; Alparone et al., 2012; Giampiccolo et al., 2020). The thickness of dikes is of the order of a few meters (Gudmundsson, 1983; Tibaldi, 2015), resolving them with travel time tomography is likely impossible. Also, there are strong uncertainties when detecting magma accumulation with tomography as demonstrated at Krafla volcano, where extensive geophysical imaging was available since the 90s (e.g., Julian et al., 1993). Based on these models, no large magma accumulation region was expected between depths of 3 and 7 km under the central caldera, at least until a deep geothermal well didn’t drill into rhyolitic magma at these depths in 2009. Even novel tomographic imaging performed after drilling is unable to reconstruct magma at these depths at resolutions higher than 2 km3 (Schuler et al., 2015).
Despite the dense seismicity and coverage offered by several seismic arrays, all recent tomographic works at Etna focus on specific time intervals related to volcanic eruptions (e.g., Patanè et al., 2002; Giampiccolo et al., 2020). In this way, the tomographic maps can be interpreted using geological and geophysical data produced by visible eruptive events. Regardless, such a dense seismicity should provide benchmark imaging models, necessary to understand the evolution of volcano dynamics across decades, including the relevant gravitational spreading observed across the wider eastern flank (Borgia et al., 1992; Urlaub et al., 2018). The shallow eastern flank is known to develop primarily aseismic creep (Rasà et al., 1996; Mattia et al., 2015; Bruno et al., 2017) and the wider flank is considered mostly aseismic. However, recent studies show that the deeper flank nearest to the feeding systems is associated with intense seismicity during unrest (Giampiccolo et al., 2020). At the edge of Mt. Etna’s unstable sector intrusions encourage sliding during unrest (Alparone et al., 2020). Understanding if and how widely this seismicity has clustered across years and decades can thus help clarify the nature of sliding and its debated origin (Tibaldi and Groppelli, 2002; Acocella et al., 2003; Urlaub et al., 2018). In particular, it can test numerical models proposing the existence of two sliding interfaces separating two domains: 1) a shallower flank, subject to gravitational instability and 2) a deeper flank, where compression is also caused by magmatic intrusions (Tibaldi and Groppelli, 2002; Apuani et al., 2013).
Forward methods that can properly account for data uncertainties can improve the resolution on, and interpretation of, seismic models. The “Marching Cubes” (MC - also known as “3D Contouring” o “Surface Reconstruction”) is an algorithm for surface reconstruction that generates the 3D contour of a volume in space (Lorensen and Cline, 1987). It operates over a scalar field defined on a given volume. The algorithm approximates the data, which have to be related to physical quantities, to an isosurface, i.e., the surface of constant values in the scalar field. For example, the isosurface generated at the constant value greater than zero represents the enveloping surface around the volume where the scalar field is not null. The MC algorithm is used in medical imaging for 3D surface reconstructions of organs, tissues and anatomic parts and applied to datasets obtained by magnetic resonance tomography (Cline et al., 1987) as well as in pharmacology, chemistry, and meteorology (Newman and Yi, 2006). It is a fundamental tool in the framework of computational graphics and 3D modeling and has become an important technique for visual communication in the 3D animation and gaming industries. A review of the steady advances made by this approach can be found in Masala et al. (2013).
In seismology, the MC algorithm has been used for quick visualization of three-dimensional meshes and voxels. Typical examples are those proposed by Subramanian and Fussell (1990), who used it to make voxels for volume rendering in a ray tracing algorithm, and Ma and Rokne (2004), who developed a mesh propagation algorithm useful for the generation of seismic horizon surfaces. As of today, the MC algorithm has never been applied directly to seismic data and metadata, like earthquake locations, for the purpose of interpretation. With their uncertainties (hundreds of meters), the earthquake locations available from INGV across 16 years (Alparone et al., 2015; Gruppo Analisi Dati Sismici, 2017) can be used as the scalar field in the MC algorithm, at a resolution unavailable to tomography. The resulting isosurfaces will envelope volumes of seismic clustering and contour aseismic zones, whose discussion is always part of tomographic interpretations. The application of the MC algorithm to locations recorded across decades offers a unique method to define background (tectonic or gravitational) or repeated (likely magmatic) processes acting inside the volcano quantitatively.
To support interpretation of volcanic processes, any algorithm designed to interpret volcano dynamics must be implemented in an interactive visualization environment able to localize geological, geographical and geophysical data and models. Such an environment (VolGIS) has been developed to enable users to: 1) control visualization parameters in real-time; 2) locate the MC isosurfaces geographically, with precision sufficient to compare them with geophysical and geological data; 3) perform queries such as measure size and extension of the imaged structures (Guardo and De Siena, 2017). The integration of VolGIS and the MC algorithm is aimed at refining interpretations of volcano seismicity considering both imaged structures and dynamics modeled from geophysical signals. Once applied to seismic locations spanning years, it provides a tool to mitigate several limitations in our ability to interpret volcano dynamics, including: 1) the possibility of accounting for uncertainties in seismic locations when interpreting them with geophysical models; 2) a quantitative definition of “seismic clustering” and aseismicity in a geolocalized environment developed explicitly for the interpretation of seismic tomographic maps; 3) a seismic model of the volcano unrelated to specific volcanic unrest and representative of decadal-scale volcano dynamics.
2 DATA AND METHODS
In the present application, the MC algorithm uses as data the earthquakes nucleated between the years 2000 and 2016 at Mt. Etna, in the framework of the VolGIS. The first ten years of data are described and analyzed by Alparone et al. (2015). We added six years of location data (from 2010 to 2016), which were provided by the Gruppo Analisi Dati Sismici (2017). These earthquakes are located in an area that spans between 14.707 and 15.295°E and from 37.509 to 37.900°N, in a depth range from −3 to 10 km b.s.l. We selected the “Date,” “Latitude,” “Longitude,” “Depth,” “Magnitude,” “RMS,” “ERH” and “ERZ” from the event location file. The last two fields, ERH and ERZ, indicate the horizontal and vertical uncertainties in localization (in kilometres), respectively.
2.1 Geographical Information System Setup
After setting the data-frame coordinate system, both a DEM of Etna (Bisson et al., 2016) and all the seismic events were loaded to the GIS-Workspace. Without any selection dependent on location uncertainties, both the top view (at different scales, i.e., 1:75,000, 1:125,000) (Figures 1A,B) and W-E cross-section view (Figure 1C) of the earthquake spatial distribution highlight a volume of low-to-zero seismicity for the selected period. The methods proposed allow to assess if this anomaly is an effect of graphic visualization or a feature related to the volcano dynamics. VolGIS incorporates the Marching Cubes algorithm (MC) and analyses the earthquake distribution in order to create a quantitative 3D model of the high-seismicity volumes. Geo-localized tomographic maps and models of deformation are then included in the GIS for interpretation.
[image: Figure 1]FIGURE 1 | Earthquakes distribution at 1:75,000 (A) and 1:125,000 (B). (C) Earthquakes distribution from a W-E view. The red dashed rectangles outline the area of low-to-zero seismicity.
2.2 Marching Cubes
The MC samples a point cloud set by taking eight vertices simultaneously from a provided spatial grid, marking a cube. For each cube, the algorithm computes 28 = 256 possible polygons configurations values that, due to symmetries, are reduced to 15 possible polygons configurations (Supplementary Figure 1A). The MC then queries a list of pre-calculated geometries to pick the combination of polygons that best represents the isosurface passing through the cube, given a predefined grid spacing and density isovalue set by VolGIS. Once the user inputs these parameters, the software applies the algorithm and generates the isosurface according to the spherical spreading law:
[image: image]
Our point cloud-set is the dataset of earthquake locations. After defining a grid, the contribution of each earthquake location (j) in the cloud to the vertices (i) of the grid is thus computed using the inverse square of the distance dependency [image: image] between each location and the vertex. The result is a scalar field defined over the grid vertices by adding up all the inverse distances j. From Eq. 1 we obtain a value [image: image] for each vertex of the cube (Supplementary Figure 1B); the value decreases when the number of locations near to a vertex increases.
For a given dataset, the isovalue establishes what percentage of earthquake locations near to each vertex is required for the vertex to be inside the surface. The i-th vertex is included if [image: image] has a value less than or equal to the isovalue, otherwise it falls outside of the surface (Supplementary Figure 1C). Another way to achieve the same effect is to uniformly increase or decrease all the vertices values (Lopes and Brodlie, 2003).
3 RESULTS
The MC algorithm solves a forward problem. It is thus necessary to test different datasets in order to assess the robustness of the imaged structures. The MC was applied to three different datasets (Figure 2; Supplementary Figure 2, 3), created according to three different horizontal and vertical uncertainties (ERH and ERZ). These applications test the robustness of the reconstructed structures, providing a control on visualization based on modeled uncertainties. We also test the stability of structure locations and shapes applying a bootstrap test.
[image: Figure 2]FIGURE 2 | Isosurfaces obtained in the second analysis. (A) Top view. (B) W-E cross section. The clusters C1 to C6 are outlined in blue, green, red, yellow, magenta and white, respectively.
3.1 Dataset 1: 6,907 Earthquakes
The first dataset comprises 6,907 earthquakes with a root-mean-squared (RMS) average value of 0.135. We took into consideration that the average ERH and ERZ are equal to 548 and 712 m, respectively. By dividing the entire area (51,779,297 m for each side) by the ERZ (712 m), we obtained the maximum amount of cells that can be included in the analysis (72.7). The software rounded down (72) to respect the ERH-ERZ constrain. Then the area was separated into 72 cells, obtaining a value equal to 719,15 m per each cell-side.
The MC algorithm produced three isosurfaces, or clusters, that envelope the high seismicity volumes and constrain a volume of low (almost absent) seismicity (Supplementary Figure 2A):
• The first two clusters, located beneath the summit craters (C1) and south to it (C2), have a vertical extent of 2.79 km (from 0.24 km above sea level to 2.56 km below it) and 3.6 km (from 0.56 to 4.16 km b.s.l.), respectively.
• The third cluster (C3) is located under the eastern sector of the volcano. It has an approximated thickness of 5 km, dipping eastward from its shallow point at 1.4–7.39 km b.s.l. (Supplementary Figure 3B).
• The algorithm allows the imaging of a fourth cluster, located between the second and third one. However, its dimension is smaller than the earthquake vertical uncertainty, so it is not interpreted in this first analysis.
3.2 Dataset 2: 2,824 Earthquakes
Here, we set the grid spacing to 505.45 m, since the used events have both ERH and ERZ equal or less than 500 m. In this case the total earthquakes and the average RMS are equal to 2,824 and 0.149, respectively. The results show the same three clusters obtained using the first dataset, together with three smaller ones of measurable dimensions (Figure 2A). The clusters obtained with this dataset have a smaller extension compared to those obtained using Dataset 1, but the variations are within the dataset uncertainty. Both shape and position of the clusters remain the same. This result is due to the lower uncertainties in source location.
• The cluster C1 has a vertical extent of 3.28 km (from 550 m a.s.l. to 2.73 km b.s.l.). The second cluster (C2) extends for 3.05 km, spanning from 0.12 to 3.17 km b.s.l.
• Cluster C3 keeps both the same dimensions and position of the previous analysis.
• Located between C2 and C3, cluster C4 is now measurable, with a focal point at about 1.19 km b.s.l. and a vertical extent of 1.67 km.
• Two additional clusters are located above (C5) and below (C6) the second one (C2). They have both an average vertical extent of about 1 km and they range from 1.89 to 0.71 km a.s.l. and from 3.52 to 4.52 km b.s.l., respectively (Figure 2B).
3.3 Dataset 3: 1,937 Earthquakes
In the third and last analysis we selected earthquakes with both ERH and ERZ equal to or less than 400 m, for a total of 1,937 events. The RMS average value is again 0.149 and the grid spacing is set to 402.73 m. The clusters imaged at this resolution are five in total (Supplementary Figure 3A) - with C6 (defined in the previous analysis - Figure 2) having dimensions smaller than the uncertainties. In this case, one of the clusters (C1) has a vertical extent higher than in the previous cases (3.72 km compared to 3.28 km for Dataset 2). This variation is higher than the uncertainty and changes the cluster shape. The other four clusters keep their average thickness and position, but their shape changes due to the limited number of earthquakes taken into account (Supplementary Figure 3B).
3.4 Robustness of the Isosurfaces Relative to the Amount of Data
Dataset 2 (ERH and ERZ ≤ 500 m) shows the highest numbers of clusters and will be used for both the bootstrap test, which is independent of the underlying spatial distribution of the data, and further discussions. The isosurfaces are defined robust in the sense that they are visually continuous as the data change in value (Lopes and Brodlie, 2003). We subtracted 10% (2,542 earthquakes), 20% (2,259) and 40% (1,694) from Dataset 2 randomly and the procedure was then repeated 10 times for each percentage value. The MC algorithm reconstructs isosurfaces almost identical to those generated using the original dataset (Supplementary Figure 4,5), confirming that Dataset 2 provides a robust spatial distribution of isosurfaces with reductions up to 40%.
4 DISCUSSIONS
The MC algorithm applied to the seismicity of Mt. Etna reveals three-dimensional high-resolution seismically-dense structures, which visually and spatially constrain a volume with low seismicity (VLS). A comparison of the retrieved structures with studies related to the 2000–2016 activity of the volcano (Bonaccorso et al., 2002; Bonforte et al., 2008; Currenti et al., 2008; Alparone et al., 2012; Bonforte et al., 2013; Carbone et al., 2014; Bruno et al., 2017): 1) shows that the VLS is enclosed in the high-velocity body (HVB) depicted by previous tomographic models; 2) allows to characterize the VLS as a portion of the feeding system; and 3) images the persistent seismicity associated to the sliding of the combination of gravitational and magmatic forces affecting the deeper eastern flank, closest to the feeding system.
4.1 Spatial Relation with Seismic and Deformation Models
The comparison between both the tomographic maps and geodetic models with the seismic clusters allows to define a preliminary seismic zonation map of the volcano without separating the seismicity in different time periods. It is hence possible to characterize the clusters as produced by either gravitational or magmatic processes, such as dikes’ intrusion.
The HVB is generally interpreted as a single solidified intrusive body (Hirn et al., 1991; Villaseñor et al., 1998; De Gori et al., 1999; Laigle et al., 2000; Aloisi et al., 2002; Patanè et al., 2002; Patanè et al., 2003; Patanè et al., 2006; Díaz-Moreno et al., 2018; Giampiccolo et al., 2020). Imaged as a high-velocity volume (Alparone et al., 2012), the most obvious explanation is that this represents the buried, cooled signature of older magmatic activities. Regardless, the location of the MC clusters relative to the HVB reveals that:
• between 1 and 2 km b.s.l., C2 and C4 are included in the HVB (Alparone et al., 2012) (Vp > 6 km/s - from cyan to purple), while C3 only contours its eastern edge (Supplementary Figure 6A,B).
• cluster C1, located between 37.737° and 37.765° latitude North and from 14.995° to 15.015° longitude East, is also inside the HVB between 2 and 3 km b.s.l. (Supplementary Figure 6B,C).
• At 3 km b.s.l. the HVB comprises the VLS as well as all the clusters except for C3 (Supplementary Figure 6C).
The HVB thus consistently comprises all clusters and the VLS except for C3 (red contour). The VLS is thus a smaller-scale feature inside the high-velocity pattern that separates the main western clusters C1 and C2 from C3, under the eastern part of the volcano. The obvious questions are if the clusters are caused by different dynamics (magmatic, tectonic and gravitational) and if the VLS is part of the feeding systems of the volcano.
We also compare clusters C1 and C2 with the location of the dike and crack models obtained from geodetic and GPS analyses performed between 2000 and 2016 (Figure 3).
• The locations and main orientations of clusters C1 and C2 match the crack projection modeled by Bonaccorso et al. (2002) relative to the lateral eruption of July 2001 (Figure 3A). The source of ground deformation modeled in this study lies 1.5 km SW and at the same depth of the VLS.
• The deflation source related to the July 2004–July 2005 period (Bonforte et al., 2008) is modeled just 1 km west of the VLS, matching the location of cluster C2. The source linked to an inflation stage (July 2005–June 2006) is instead vertically located on the western side of C1. These are averaged sources because they are related to inhomogeneous deformative stages of the volcanic edifice. The inversion of both GPS and satellite data provided two dike models related to the May 6–13 and May–July 2008 eruptions, respectively (Bonforte et al., 2013). Both models are located less than 1 km west of the VLS - the first below cluster C1, the second on top of it (Figure 3B).
• The model proposed by Bruno et al. (2017), relative to the May 2015-September 2016 period, is located in the first cluster, in a range that spans between 2 and 6 km b.s.l., about 2 km west of the VLS (Figure 3C).
• The deformation sources modeled using continuous GPS data (Cannata et al., 2018) are related to several eruptive events. They highlight a more complex ground deformation patterns then those obtained by measurements performed during a specific eruptive event (e.g., compare the deformation sources from (Bonforte et al., 2008) (Figure 3B) and (Palano et al., 2017) (Figure 3D), for the period July 2004–July 2005). However all these ground deformations are primarily located inside or around cluster C1 (Figure 3D).
• Clusters C1 and C2 are adjacent to the fracture-weakness-zone (FWZ) modeled by Carbone et al. (2014). This zone, located just 1.6 km SW from the VLS, is interpreted as a deeper pressure source filled with highly-pressurized gases (Figure 3E).
• The surface dike projection modeled by Pezzo et al. (2020) comprises most of C1, C2 and most of the VLS (Figure 3F).
• The spatial relation between these models and the clusters west of the VLS (C1 and C2) shows that the corresponding seismicity is produced by transient magmatic activity, marking the well known “South-rift” (Acocella and Neri, 2003; Pezzo et al., 2020). The weak zone modeled by Pezzo et al. (2020), considered as the superficial evidence of a deeper dike intrusion, is the only deformation anomaly crossing the VLS consistently.
[image: Figure 3]FIGURE 3 | Comparison between the clusters and previous deformation models. (A) The crack projection (red rectangles) modeled by Bonaccorso et al. (2002). (B) The average ground deformation sources by Bonforte et al. (2008) (red ellipses); dike models from the second and third inversion (red rectangle and circle, respectively) obtained by Bonforte et al. (2013). (C) The source of deformation model by Bruno et al. (2017). (D) The deformation sources modeled by González and Palano (2014): (red stars), (Cannata et al., 2015) (green stars), (Spampinato et al., 2015) (black stars), (Gambino et al., 2016) (white stars), (Viccaro et al., 2016) (blue stars), (Palano et al., 2017) (yellow stars) and (Cannata et al., 2018) (magenta stars). (E) The fracture-weakness-zone (FWZ) (yellow rectangle) modeled by Carbone et al. (2014). (E) The surface dike projection (brown rectangle) modeled by Pezzo et al. (2020).
[image: Figure 4]FIGURE 4 | W-E cross-section highlighting (in gray) the area with low-seismicity above and below the VLS (in dashed blue-red).
4.2 The Volume with Low Seismicity as Portion of the Feeding System
The VLS is in an extensional regime between the eastern and western flanks of the volcano (Barberi et al., 2000; Alparone et al., 2011; Carbone et al., 2014; Murray et al., 2018). A comparison between the VLS and different Coulomb stress distribution models (Currenti et al., 2008) (Supplementary Figure 7) shows that the VLS falls inside a wide volume, extending to a depth of 6–7 km b.s.l., characterized by positive Coulomb stress changes (values equal and higher than 0.8 MPa). Here failure on a fault is favored (Cocco and Rice, 2002). If the VLS falls in a fragile HVB, why doesn’t it show seismicity?
In active volcanoes earthquake-free zones are typically interpreted as the result of magma storage (Decker, 1984; Scandone and Malone, 1985; Parfitt and Wilson, 2008). At Mt. Etna such a seismic gap was previously recognized and considered as a magma supply in the shallow HVB (Chiarabba et al., 2000). If the origin of the HVB are cooled magmatic rocks they can thus pass from a brittle fracture behavior to a plastic deformation one after dikes’ intrusion (Parisio et al., 2019). Such a dike intrusion has been modeled for the 2018 eruption (Aloisi et al., 2020; Pezzo et al., 2020) inside the VLS. Rocks near these dikes intrusions can deform in a ductile manner (aseismically) while the cooler rocks far from the dike will fail in brittle mode (Parisio et al., 2019). This justifies the drastic seismicity decrease in the VLS, making it aseismic even if in a fragile environment [1.3% of the total earthquakes nucleated between 2000 and 2016, i.e., 89 earthquakes over 6,907 (Supplementary Figure 8)]. The VLS maintains its size and location, between depths of 1.9 and 3.6 km b.s.l. (minimum), across the considered time period (2000–2016). These results support the interpretation of the VLS as a portion of the feeding system of the volcano (Scandone and Malone, 1985; Murru et al., 1999; Puglisi et al., 2001).
4.3 Cluster East of theVolume with Low Seismicity: Seismicity Underlying Flank Instability
Cluster C3, located east of the VLS is oriented W-E and has a thickness of 5 km and a length of about 7.4 km (Figure 5). The top surface of C3 matches the element known in literature as “décollement” or detaching plane (Puglisi et al., 2001; Tibaldi and Groppelli, 2002; Bonforte and Puglisi, 2003; Lundgren et al., 2003, Lundgren et al., 2004; Walter et al., 2005; Bonforte and Puglisi, 2006; Puglisi et al., 2008; Aloisi et al., 2011; Palano, 2016). This plane is located at about 3 km depth, dipping from 1.4 km b.s.l. to almost 4 km b.s.l., from top to bottom, respectively. It is in overall agreement with previous models (Acocella and Neri, 2003; Bonforte and Puglisi, 2003; Bonforte and Puglisi, 2006; Puglisi et al., 2008; Azzaro et al., 2013) (Figure 5) despite being obtained with seismic locations distribution instead of deformation data. It is thus possible to consider the top of the 3D surface of this cluster as the boundary zone between rocks with different mechanical properties (Chiarabba et al., 2000; Laigle et al., 2000; Alparone et al., 2011; Palano, 2016), on which the superficial mass of the volcano flank slides due to gravitational instability (Puglisi et al., 2001; Tibaldi and Groppelli, 2002; Bonforte and Puglisi, 2003; Lundgren et al., 2003, Lundgren et al., 2004; Walter et al., 2005; Apuani et al., 2013) (Figure 6). On the other hand the bottom surface of cluster C3 dips from 4 to 7.39 km b.s.l. This surface fits with a magma intrusion-induced slip surface hypothesized by previous studies (Borgia et al., 1992, Borgia et al., 2000; Tibaldi and Groppelli, 2002; Acocella et al., 2003; Lundgren et al., 2004; Neri et al., 2004; Walter et al., 2005; Apuani et al., 2013).
[image: Figure 5]FIGURE 5 | A W-E cross-section view of Cluster C3 (red outline). The previously modeled detachment planes are represented in yellow (Bonforte and Puglisi, 2006) and light blue (Puglisi et al., 2008).
[image: Figure 6]FIGURE 6 | A W-E conceptual model explaining seismicity and sliding of the eastern flank of Mt. Etna.
There is a general agreement that the wider eastern flank, especially the portion in the coastal area, is sliding primarily due to gravitational forces (Urlaub et al., 2018). However it is unlikely that a 5 km-thick seismic structure (C3) is produced by gravitational collapse only. If our interpretation of the VLS is correct, a portion of the western seismicity inside C3, with volume equivalent to C1 and C2, could be equally caused by dikes’ intrusions. It is thus possible to explain the seismicity across the eastern flank using a simple conceptual model of two flanks: a shallower and a deeper one (Tibaldi and Groppelli, 2002) (Figure 6). The shallower one, above the cluster C3, is mostly affected by gravitational collapse and is sliding along the C3 top surface. The deeper flank is constrained by cluster C3 and slides along its bottom surface. The corresponding seismicity is due to a combination of gravitational and magmatic forces, most likely from an intermediate storage zone like that modeled by Aloisi et al. (2020) between 4 and 7 km under the central cone. The VLS represents the shallowest evidence of magmatic intrusions (Neri et al., 2018; Aloisi et al., 2020) contributing to the sliding of the deeper eastern flank.
In our interpretation C3 thus represents the first 3D seismic image of the deeper portion of the eastern flank, in contact with the feeding systems and sliding due to both magmatic and gravitational forces. The seismicity inside the cluster has already been associated with magmatic or hydrothermal activity during the 2018 unrest (Giampiccolo et al., 2020): we prove that this seismicity is a consistent feature before this event, likely related to gravitational sliding (at the top of the cluster) and repeated magmatic intrusions. The existence of a ductile VLS where dikes can intrude thus better agrees with a reciprocal feedback between: 1) gravitational collapse encouraging the uprizing of magma and 2) dikes’ intrusions favoring sliding in the deeper part of this portion of the eastern flank (Tibaldi and Groppelli, 2002; Acocella et al., 2003; Bonforte and Puglisi, 2003; Aloisi et al., 2011; Apuani et al., 2013; Bruno et al., 2017).
Previous authors have underlined that “eruptions do not trigger catastrophic flank collapses” analyzing displacement of aseismic shallow faults related to the flank kinematics (Urlaub et al., 2018). Our results show that deep magmatic activity produces persistent (at least decadal-long) seismic signatures that strongly differ from those at surface. Deeper magmatic activity or flank eruption (Alparone et al., 2020) are thus a likely trigger of shallower sliding and, consequently, catastrophic collapse of the shallower portion of the flank. For a complete understanding of how catastrophic this pattern would be, it is necessary to consider the relation between local tectonic and eruptive events (Bonforte et al., 2019; De Novellis et al., 2019; Aloisi et al., 2020; Pezzo et al., 2020), i.e., conducting a time dependent analysis.
5 CONCLUSIONS
The earthquakes nucleated between 2000 and 2016 at Mt. Etna have been used as data in the Marching Cube algorithm, a 3D modeling and visualization analysis. The MC has been framed in an experimental GIS (VolGIS), which allows the users to obtain a three-dimensional seismic image in a few seconds and with a high quality graphics output. The system offers unique support in the imaging of relatively small-sized volumes within tomographic and deformation models resolved over kilometres. The framework allows to establish benchmark seismic zonation-mapping at volcanoes including uncertainties from seismic locations. It is specifically designed for volcanoes that have been mapped with seismic tomography and where extensive seismic networks and high-rate seismicity are available. These are today standards at many volcanoes worldwide, like Kilauea, La Réunion and those of the Canary Island, all characterized by high-rate seismicity and flank instability.
The results at Etna constrain a volume of low (almost-absent) seismicity, persistent across a 16 years period. We interpret this volume as a portion of the feeding system of the volcano embedded in a high velocity body. In this interpretation, the VLS represents the zone of transition between seismicity caused only by transient dike-related activity (west of the VLS) and seismicity caused by mixed magmatic and gravitational components. The model provides the first 3D seismic evidence of the different dynamics affecting the deeper and shallower portion of flank closest to the feeding systems, with important implications on the estimation of the volumes affected by sliding and the forces causing it. Only time-dependent analyses will provide exact spatial correlations of the VLS with source deformation models, insight into the temporal instability of the eastern flank and whether the VLS is a stationary feature or can be reconstructed only after a major eruption of the volcano.
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Monitoring volcanic unrest and understanding seismic and acoustic signals associated with eruptive activity is key to mitigate its impacts on population and infrastructure. On June 3, 2018, Volcán de Fuego, Guatemala, produced a violent eruption with very little warning. The paroxysmal phase of this event generated pyroclastic density currents (PDC) that impacted nearby settlements resulting in 169 fatalities, 256 missing, and nearly 13,000 permanently displaced from their homes. Since then, Volcán de Fuego has been instrumented with an extensive network of seismic and infrasound sensors. Infrasound is a new monitoring tool in Guatemala. A key step toward its effective use in volcano monitoring at Volcán de Fuego is establishing a baseline for the interpretation of the recorded signals. Here, we present the first comprehensive characterization of acoustic signals at Volcán de Fuego for the whole range of surface activity observed at the volcano. We use data collected during temporary deployments in 2018 and from the permanent infrasound network. Infrasound at Fuego is dominated by the occurrence of short-duration acoustic transients linked to both ash-rich and gas-rich explosions, at times associated with the generation of shock waves. The rich acoustic record at Fuego includes broadband and harmonic tremor, and episodes of chugging. We explore the occurrence of these signals in relation to visual observations of surface activity, and we investigate their source mechanisms within the shallow conduit system. This study provides a reference for the interpretation of acoustic signals at Volcán de Fuego and a baseline for real-time monitoring of its eruptive activity using infrasound data. Our results suggest that changes in the style of activity and morphology of the summit crater are reflected in the acoustic signature of eruption; as such our study provides a reference for the interpretation of acoustic signals at Volcán de Fuego and a baseline for real-time monitoring of its eruptive activity using infrasound.
Keywords: acoustic infrasound, Volcán de Fuego, monitoring, Strombolian activity, paroxysmal activity
1. INTRODUCTION
Effective monitoring strategies are a key aspect of hazard mitigation near volcanoes (Tilling, 2008). Real-time, multi-parameter, monitoring of volcanoes is key to reduce the impact of eruptions on communities and infrastructure (McNutt et al., 2015; Pallister and McNutt, 2015; Ripepe and Marchetti, 2019). At present, less than half of the world’s active volcanoes with Holocene eruptions in historical times, that is in the past 10,000 years, are instrumentally monitored (McNutt et al., 2015). At many volcanoes, resources devoted to developing monitoring programs have traditionally been scarce, leading to severe impacts of eruptions on population and infrastructure. A recent example is Volcán de Fuego, Guatemala, where an eruption with associated pyroclastic flows occurred on June 3, 2018 causing 169 confirmed casualties, 256 missing, severe damage to population centers and infrastructure, and associated economic losses (Global Volcanism Program, 2018c). Interest in understanding the eruptive behavior of Volcán de Fuego, sparkled after a sub-plinian event in 1974 (Rose et al., 1978; Chesner and Rose, 1984; Yuan et al., 1984; Berlo et al., 2012). Early monitoring efforts consisted of visual and field observations; short-term multi-parameter deployments including gas, seismic and infrasound measurements became increasingly common through the past decade (e.g., Lyons et al., 2010; Lyons and Waite, 2011; Nadeau et al., 2011; Brill et al., 2018; Naismith et al., 2019). Before the eruption on June 3, 2018, the permanent network operated by Instituto Nacional de Sismología, Vulcanología, Meteorología e Hidrología (INSIVUMEH) consisted of a single seismic station located 7.5 km from the active vent streaming data in real-time to INSIVUMEH headquarters. However, data dropouts were frequent and until 2018 continuous seismic data were not archived. Since June 2018, the monitoring capabilities at Volcán de Fuego have been greatly enhanced; at the time of this writing, the monitoring network operated by INSIVUMEH consists of three 6-channel seismo-acoustic arrays (each including one 3-component broadband seismometer and three infrasound microphones), three 3-component broadband seismic stations, and one 6-channel infrasound array deployed at distances of 3–15 km from the vent, transmitting data in real-time to the INSIVUMEH headquarters in Guatemala City.
Among the different techniques used in volcano observatories, seismology and infrasound continue to offer unmatched temporal resolution for near real-time volcano monitoring (Brill et al., 2018; Marchetti et al., 2019). In recent times, acoustic infrasound has emerged as an increasingly popular tool for volcano remote sensing. The term infrasound identifies atmospheric acoustic waves with frequencies typically <20 Hz, below the audible range of humans. Volcanoes are prolific radiators of infrasound, generated by eruptive processes that cause rapid acceleration of the atmospheric mass (Garcés et al., 2013); these low-frequency acoustic waves can be detected at distances of up to several thousands of kilometers from their source lending themselves to volcano monitoring at different scales, from local to global (Matoza et al., 2018). The use of infrasound for regional and local volcano monitoring, with applications in volcano early warning, has become increasingly popular (Kamo et al., 1994; Garcés et al., 2008; Fee et al., 2010b; De Angelis et al., 2012; De Angelis et al., 2019; Ripepe et al., 2018). Different configurations for deployment of infrasound microphones generate different products and therefore, sensors are generally installed according to specific scopes (Matoza et al., 2019b). Local distributed networks of individual microphones are ideal for locating and characterizing eruptive activity offering potential to assess open conduit volcanic emissions in real- or near real-time (Cannata et al., 2009a; Johnson and Ripepe, 2011; Fee and Matoza, 2013; De Angelis et al., 2019; Iezzi et al., 2019). On the other hand, arrays, that is clusters of three or more tightly spaced sensors, are commonly used to detect and locate low-amplitude signals (i.e., tremor, lahars, Johnson and Palma, 2015). Arrays can also detect and identify volcanic infrasound transients at global and regional distances contributing to monitoring of non-accessible remote volcanoes (Walker et al., 2010; Lyons et al., 2020). Co-location of seismic and acoustic sensors can provide additional insights into the dynamics of volcanic activity where a more extensive monitoring network is not available (Nishida and Ichihara, 2016; Matoza et al., 2019a).
Volcán de Fuego has hosted several seismo-acoustic experiments since 2005. These campaigns have shed light into the dynamics of the volcanic system, from the occurrence of cycles of activity to the source mechanisms of individual explosions. Observations during 2005–2007 including seismo-acoustic deployments led to the first comprehensive study of eruption dynamics at Volcán de Fuego (Lyons et al., 2010), a milestone for future experiments. Two temporary seismo-acoustic deployments in January 2008 and 2009 gathered valuable data that further contributed to our knowledge on the occurrence of very-long period seismicity (Lyons and Waite, 2011; Waite et al., 2013), SO2 imaging (Nadeau et al., 2011), tilt changes and ultra-long-period events (Lyons et al., 2012), and seismo-acoustic tremor (Lyons et al., 2013) and allowed modeling of the processes that control eruption dynamics at Fuego. Recent experiments, conducted in January 2012, included seismo-acoustic deployments, collection of thermal infrared imagery, and gas and tilt measurements; some of the data collected in 2012 were recently used to define a baseline for seismic monitoring at the volcano (Brill et al., 2018). We conducted temporary deployments during 18–23 May 2018 and 26 November–3 December 2018 to gather infrasound data from activity at Volcán de Fuego. A new geophysical permanent monitoring network was installed at the volcano in the aftermath of the June 2018 eruption, including six new seismic stations and four infrasound arrays (Figure 1).
[image: Figure 1]FIGURE 1 | Locations of sites for temporary and permanent acoustic monitoring networks at Volcán de Fuego. Red (May 2018) and blue circles (November–December 2018) are temporary deployments used in this study; orange circles indicate the permanent seismo-acoustic network. Color-filled circles identify stations from which data are plotted in the figures in this manuscript. The dashed white square outlines the area shown in the inset map. The grey-filled area illustrates, qualitatively, the footprint of the 3 June Pyroclastic Density Current (PDC).
The scope of this manuscript is to present an overview of the range of infrasound signals associated with recent eruptive activity using data from the above mentioned temporary deployments, and link them to surface activity observed at the volcano. We envision that this work will serve as an initial baseline to inform infrasound monitoring of Volcán de Fuego.
2. VOLCÁN DE FUEGO
Volcán de Fuego is one of the most active volcanoes in central and south America (Wolf-Escobar, 2013). It is a basaltic strato-volcano standing nearly 3,800 m above sea level in the Central America Volcanic Arc (14.47°N, 90.88°W), and marks the southernmost active part of the four-vent Fuego-Acatenango volcanic complex (Guatemala), which has been migrating southwards since 230 ka (Chesner and Rose, 1984). While the main growth period of this complex is dated 84 ka (Vallance and Iverson, 2015), volcanic activity at the current vent may have begun 13 ka (Martin and Rose, 1981). Bulk rock data collected at Meseta and Volcán de Fuego showed fractionation of plagioclase, olivine, clinopyroxene, and magnetite consistent with a high-aluminium basaltic composition (51% SiO2; Chesner and Rose, 1984). Moreover, melt inclusions in erupted olivine indicate that Fuego’s magmas, like many other arc basalts and basaltic andesites, contain dissolved H2Oconcentrations between 2.1 and 6.1 wt% (Sisson and Layne, 1993; Roggensack, 2001). This high volatile content is thought to influence eruptive behavior during open-vent periods. Reports of activity since 1954 include at least 60 eruptions characterized by Volcanic Explosivity Index (VEI) 2 with associated pyroclastic flows, and interspersed with frequent Strombolian activity (Rose et al., 1978; Berlo et al., 2012; Naismith et al., 2019). During the last century, three sub-Plinian events have occurred: i) a VEI 4 eruption in January 1932 that generated a >5 km a.s.l. plume and modified the vent’s morphology leaving ash deposits across Guatemala (Deger, 1932; Naismith et al., 2019); ii) a VEI 4 eruption in October 1974, which included four major stages producing lava flows, ash fall, pyroclastic flows and lahars, forced the mobilization of population, and caused important damage on the agriculture (Rose et al., 1978); and iii) the recent eruption on June 3, 2018 (Global Volcanism Program, 2018c).
2.1. Long-Term Evolution of Eruptive Activity
Activity at Volcán de Fuego since 1974 can be summarized as long quiescence until 1999, followed by the reactivation of eruptive processes that remained nearly continuous until present. Persistent activity at Fuego is characterized by extended periods of lava effusion, frequent but moderate explosions, and episodes of paroxysmal activity. Paroxysms at Volcán de Fuego are defined as eruptive phases that start with the onset of energetic explosive activity rapidly increasing in rates and intensity leading to large sustained emission of pyroclastic material, which persists for 24–48 h (e.g., Lyons et al., 2010). Indeed, the rate of occurrence of paroxysms has greatly increased since late 2014 (Figure 2).
[image: Figure 2]FIGURE 2 | Histogram of thermal radiance detected by the moderate resolution imaging spectroradiometer (MODIS) sensors (mounted onboard the Earth Observing System (EOS) Terra and Aqua platforms, and available at http://modis.higp.hawaii.edu) combined with periods of significant lava effusion and paroxysms reported by Instituto Nacional de Sismología, Vulcanología, Meteorología e Hidrología (INSIVUMEH) and the Smithsonian Global Volcanism Program. Note a significant increase in the rate of occurrence of paroxysms and lava effusion since 2015.
The 1974 eruption of Fuego had an estimated VEI = 4, generated sustained ash columns reaching a height of over 7 km above the vent, and produced Pyroclastic Density Currents (PDC) with a run-out of 8 km. The eruption, composed of four major events, lasted 14 days and led to substantial damage in villages up to 40 km from the summit mainly caused by PDCs and ashfall (Roggensack, 2001; Naismith et al., 2019). Many studies link this event to the ascent of magma from a lens-shaped vertical body located at about 8 km depth connected to a larger, deeper, storage region, with some suggesting the presence of an even deeper reservoir near the crust-mantle boundary (Rose et al., 1978; Martin and Rose, 1981; Chesner and Rose, 1984; Roggensack, 2001). Nearly 2 decades of quiescence followed the 1974 eruption.
In 1999 a new period of unrest began, characterized by periods of lava effusion accompanied by Strombolian explosions and episodic paroxysmal activity. Figure 2 illustrates this behavior from thermal radiance data since 2002 plotted alongside reported paroxysms and periods of significant lava effusion. Note that moderate resolution imaging spectroradiometer (MODIS) pixel resolution varies from 250 m to 1 km, and thus, the thermal radiance data showed in Figure 2 do not allow separating activity at the summit from that occurring on the upper flanks of the volcanic edifice. Lack of data resolution (flank activity vs. summit activity) does not influence interpretation of the activity over this 20-years scale. Current resolution does not allow us to establish which thermal anomalies are caused by active lava flows or which by significant explosions. Qualitatively, both lava flows and large explosions increase contemporaneously. However additional data will be needed to accurately answer this question (i.e., better satellite resolution images, visual data from field). During 1999–2003, erupted products were similar in composition to 1974 although more differentiated, that is showing more evolved melt inclusions. This activity was interpreted as linked to remaining magma from 1974 stored at shallow depths and being pushed out by the ascent of a new batch of magma from depth. Berlo et al. (2012) suggested that paroxysmal activity would continue in the years to come, fueled by renewed supply of fresh magma. Intermittent activity reported throughout the period 2000–2014 confirmed a new phase of volcanic activity, dominated by relatively frequent explosive eruptions and effusive activity (Lyons et al., 2010; Naismith et al., 2019).
Starting in early 2015 activity was characterized by more regular cycles of lava effusion (5–10 days) accompanied by frequent Strombolian explosions, preceding (1–2 days) episodes of more vigorous and sustained explosive activity, followed by a decrease in activity (Naismith et al., 2019). Since 2015 paroxysms at Volcán de Fuego have occurred more frequently until the event on June 3, 2018 (Figure 1). During this eruptive episode intense degassing and sustained ash plumes rising up to 3 km above the vent were followed by PDCs. The pyroclastic flows, with a run-out of more than 11 km along the Las Lajas valley, destroyed part of La Reunion Resort, the Las Lajas bridge on the National Route (RN) 14, and buried the village of San Miguel Los Lotes. Official figures report at least 169 casualties, 256 people missing, and nearly 13,000 people evacuated (Global Volcanism Program, 2018c; Ferrés, 2019; Naismith et al., 2019; Pardini et al., 2019). Furthermore, the ash and pyroclastic deposits during the rainy season fueled several lahars in the following months (Global Volcanism Program, 2018c).
3. DATA AND RECENT ACTIVITY
Here, we take advantage of data collected during two campaigns that were conducted in 18–23 May and 26 November - December 3, 2018 (Figure 1).
3.1. May 2018 Deployment
Activity reports from INSIVUMEH describe activity during the period 16–22 May 2018 as characterized by frequent explosions (5–8 per hour), some of which injected ash at elevations of up to 1 km above the vent. The explosive activity caused rumbling sounds and produced shock waves (pressure perturbations that move faster than the speed of sound in the atmosphere) locally referred to as cañonazos. The loud noise produced by shock waves was frequently heard as far as 30 km from the volcano (Global Volcanism Program, 2018a). In May 2018 we deployed a temporary network (18–23 May 2018) of six infrasound sensors (Chaparral M60-UHP), located between 1 and 9 km from the active vent. The sensors have a sensitivity of 9 mV/Pa, flat response between 0.03 and 245 Hz, and a full-scale range of 2,000 Pa. Data were sampled at 100 Hz with 24-bit resolution using DiGOS DATA-CUBE digitizers. During the deployment eruptive activity shifted from discrete and energetic gas-rich explosions to Strombolian-type explosions, then to sustained ash and gas emissions accompanied by quasi-continuous acoustic tremor on 21–23 May. This change is visible as an increase in amplitude in both RSAM (Real-time seismic amplitude measurement) and spectrogram from the only broadband seismic station available at the time, and one of the temporary infrasound sensors illustrated in Figure 3. Data gathered from this campaign show a wide range of infrasound waveforms, some of which resemble previously reported signals at Volcán de Fuego (Lyons et al., 2010; Lyons, 2011) including gas- and ash-rich explosions, shock waves, harmonic, and broadband tremor. We also recorded periods of strong chugging, described in the literature (e.g., Johnson and Lees, 2000; Lees and Ruiz, 2008) as a particular instance of quasi-periodic harmonic tremor. Chugging was observed at Volcán de Fuego for the first time by Lyons et al. (2010). During this period INSIVUMEH reported the presence of two active vents within the summit area at Fuego (G. Chigna, personal communication July 2018). This configuration is typical at Fuego when the crater is filled by lava and the two vents are frequently observed to produce distinct types of explosions, one gas-rich and another ash-rich (Figure 4).
[image: Figure 3]FIGURE 3 | A) RSAM (Real-time Seismic Amplitude Measurement) and (B) spectrogram from seismic permanent station FG8 (7.5 km from vent) during the period March–June 2018. Gray area highlights the period when a temporary acoustic network was deployed. The yellow star marks the June 3, 2018 paroxysm. (C) RSAM of the 17–25 May period at FG08 station and (D) RSAM of the infrasound temporary station VF03 for the same period. Clear changes in the recorded signals are visible in both the RSAM and spectrogram (Figure 1B) on the 21 May.
[image: Figure 4]FIGURE 4 | (A) Aerial view from Volcan de Fuego’s crater taken using Unmanned Aerial Vehicles (UAV). Photo taken by University of Liverpool on the January 29, 2020. Note the presence of an ephemeral cone that fills the crater and two active vents. This setting is similar to June 2018 as confirmed by M. Watson, personal communication in July 2018; (B) cartoon illustrating the ephemeral cone setting; (C) photo taken by University of Liverpool on the November 28, 2018. No ephemeral cone is visible and only one vent is active; (D) cartoon illustrating the empty cone setting.
3.2. November-December 2018 Deployment
During November-December 2018 — soon after the most recent paroxysm in mid-November 2018 — INSIVUMEH reported moderate to strong explosions (10–15 per hour), some of them accompanied by audible noise heard at 20–25 km from the vent, and ash plumes rising up to 1.3 km above the summit during 21–27 November (Global Volcanism Program, 2018b). In the period between 26 November and December 3, 2018 we deployed a temporary network, consisting of six acoustic infrasound sensors (5 Chaparral M60-UHP and one IST-2018 differential microphone). The IST-2018 sensor has a sensitivity of 19.8 mV/Pa, corner frequency of 7 mHz, and full-scale range of +/−230 Pa (Grangeon and Lesage, 2019). Data were sampled at 100 Hz with 24-bit resolution using DiGOS DATA-CUBE digitizer. The activity recorded consisted of discrete explosions with variable intensity and gas and ash content, interspersed with periods of persistent degassing lasting up to 2 h (Supplementary Material SM1). Unmanned Aerial Vehicle (UAV) footage recorded during this deployment shows an empty crater with only one clearly visible active vent (Figure 4).
3.3. Permanent Network
A permanent seismo-acoustic network was installed at Volcán de Fuego after the June 2018 eruption. The network consists of three 6-channel seismo-acoustic arrays (one 3-component broadband seismometer and three infrasound microphones), three 3-channel broadband seismic stations, and one 6-channel infrasound array deployed at distances between 3 and 15 km from the vent. All stations were installed between July 30, 2018 and April 2, 2019. Data are telemetered in real-time to the INSIVUMEH headquarters in Guatemala City. The most notable activity recorded since the first deployment in July 2018 was one paroxysm on 17–18 November 2018 — leading to the evacuation of 3,925 people from nearby villages — and vigorous lava effusion during March-April 2019.
4. INFRASOUND SIGNALS AT VOLCÁN DE FUEGO
Locally recorded (<10 km from source) volcanic infrasound at Volcán de Fuego ranges from impulsive transients to tremor-like sustained waveforms, with a number of other intermediate types (McNutt et al., 2015). The impulsive transients, characterized by short duration (5–15 s) and sharp onsets (Figures 4A–C), are commonly generated by short-duration explosive sources. These signals feature a rapid compression followed by a rarefaction phase with a nearly symmetrical shape (e.g., 5 d, g, and Supplementary Material SM2), which is indicative of a flow rate source time function symmetrically distributed in time around a peak value (Brogi et al., 2018; De Angelis et al., 2019). In other instances waveforms are non-symmetrical, exhibiting rapid compression onsets followed by rarefaction phases with reduced amplitudes (e.g., 5 a); waveform asymmetry may represent either a non-symmetrical flow rate source function, or reflect a shock-type source mechanism similar to blast waves produced by chemical explosions (Marchetti et al., 2013; Brogi et al., 2018). Typically, blast waves can be separated from other explosion mechanisms due to their characteristic appearance and much larger peak amplitudes, of the order of several hundreds of Pa at few hundred meters from the source. Diversity in the characteristics of infrasound signals reflects variety in their source mechanisms, and may provide additional clues on whether explosions are gas- or tephra-rich (Matoza et al., 2014). Observational evidence from our campaigns and continuous visual monitoring of activity at Volcán de Fuego by INSIVUMEH suggests that waveforms featuring impulsive onsets followed by several additional pulses, or by a prolonged coda (e.g., 5 g), are frequently associated to the generation of tephra-rich plumes. Generally, longer duration signals reflect sustained source caused either by multiple short pulses or longer duration pulses. Waveform and frequency content depend also on the ash content in the plume, turbulence in the plume and other factors still to be studied. At the other end of the spectrum of infrasound signals we find non-impulsive, low-amplitude, and long-duration waveforms known as acoustic tremor. These events — considered one of the best precursors of an eruption (Fee and Garcés, 2007) — are typical at many other volcanoes and result from processes within the magmatic fluid (Fee et al., 2010a). Acoustic tremor can last from minutes to days and is frequently recorded along with its seismic counterpart. It is classified into different categories according to its spectral characteristics, including broadband, and harmonic tremor (Lyons et al., 2013). In this section, we describe the near-field acoustic fingerprint of volcanic activity at Volcán de Fuego during 2018 and draw a comparison with previous observations (Lyons, 2011), which shows similar events (Supplementary Material SM3).
4.1. Strombolian Explosive Activity
Strombolian activity generally occurs in silica-poor, low-viscosity magmas (e.g., Parfitt and Wilson, 1995; Taddeucci et al., 2015), similar to the composition at Volcán de Fuego (Chesner and Rose, 1984; Berlo et al., 2012). It commonly manifests as discrete bursts associated with the rise of gas slugs through the magmatic column, producing variable amounts of tephra and pyroclasts (Taddeucci et al., 2015). The overpressures during such explosions at Volcán de Fuego suggest a more complex mechanism than a simple slug burst through consistently low viscosity magma. In fact, previous works by Lyons (2011) and Nadeau et al. (2011) describe the presence of a viscous magma plug at the top of the magma column, able to retain overpressure prior to brittle failure, which is responsible for explosive activity. This model acknowledges the role of a crystal mush or plug at the top of the column proposed by other authors (Suckale et al., 2016; Barth et al., 2019; Girona et al., 2019), highlighting its importance in defining explosion dynamics. At Volcán de Fuego, these discrete explosions together with longer duration signals associated to non-explosive activity (Supplementary Material SM2 d), represent the dominant background through the past decade. Explosive activity generally accompanies periods of active lava effusion and precedes the nearly-periodic occurrence of violent paroxysms.
Acoustic records of explosive activity at Volcán de Fuego exhibit differences in amplitude, frequency content, and coda duration. According to these observations infrasound waveforms can be grouped into three main categories: i) Gas-rich explosions; ii) Tephra-rich explosions and iii) Long duration events. Figure 5 shows infrasound waveforms, spectra, and spectrograms of all three types of events. Note that despite the common impulsive symmetric onset for both gas- and tephra-rich explosions, these types of events clearly differ in coda length, signal amplitude, and spectral content; gas-rich events generally deliver acoustic energy at higher frequencies, and feature more energetic signals and shorter duration coda.
[image: Figure 5]FIGURE 5 | Acoustic waveforms, spectra, and spectrograms of shock-wave (A,B,C), gas-rich (D,E,F), tephra-rich explosions (G,H,I), and longer duration explosions (J,K,L). Note differences in amplitude, duration, and spectral content between events.
Gas-Rich Explosions
Gas-rich explosions are short-duration (order of 2–3 s) acoustic transients with variable peak amplitudes (Figure 5B and Supplementary Material SM2 b; Johnson, 2003; Fee and Matoza, 2013). Examples of these type of events have been reported at multiple volcanoes worldwide including Stromboli (Ripepe and Marchetti, 2002), Etna (Cannata et al., 2009b; Marchetti et al., 2009), and Yasur (Marchetti et al., 2013). Visual observations, conducted in the field by the authors during the November 2018 campaign, confirmed that gas-rich explosions produced light gray plumes formed from a single initial pulse rising between 500–1,500 m above the vent. Some gas-rich bursts are driven by sufficient overpressure to generate shock waves; the associated waveforms are characterized by a sharp compressive onset followed by a longer-lasting smaller-amplitude rarefaction, well-described by the Friedlander equation (Marchetti et al., 2013). Shock waves at Volcán de Fuego are dominated by energy peaking in the 0.8–2 Hz band (Figures 5A,B and Supplementary Material SM2 a).
Figure 6A shows a record section plot for an explosion recorded across the 2018 temporary infrasound network with a peak overpressure of 370 Pa at 1 km from the source, on 19 May at 04:19:05 (UTC Time). The Mach number for this explosion was estimated to be 1.3, using procedures described by Marchetti et al. (2013). A propagation speed of 442 m/s is consistent with the infrasound onset at the closest station to the vent — VF03, 1 km from source — and reflects non-linear propagation of a shock-wave. The propagation speed between the vent and VF03 was estimated using the explosion onset time calculated from data recorded at all other stations in the network. Infrasound propagates at 330 m/s across the network beyond VF03 reflecting the transition between the supersonic and sonic regimes at greater distances from the vent (figure 6A). The event registered at 5.2 km from the vent (station VF04) also displays the characteristic N-shape, which is expected for shock waves that have propagated far from their source (Marchetti et al., 2013).
[image: Figure 6]FIGURE 6 | Shock wave record at Volcán de Fuego: (A) record section plot showing a shock wave recorded at three stations across the network. A typical sound speed of 330 m/s (black line) does not fit the arrival time of the wave at the closest station, VF03. For a source located at the summit of Volcán de Fuego, the arrival time at VF03 is consistent with a sound speed of 442 m/s (red line). Also, note how the waveform recorded at station VF04 (5 km from the vent) displays the characteristic symmetric N-wave shape typical of blast waves at larger distance from the source; (B) comparison between theoretical Friedlander wave (red) and the shock wave signal recorded at station VF03 (black).
Tephra-Rich Explosions
Tephra-rich explosions are recorded as symmetric transients with a longer (order of 10–15 s) and more complex coda (Figure 5G, and Supplementary Material SM2 c). Examples of these explosions have also been reported at Sakurajima, Japan (Matoza et al., 2014), Karymsky, Russia (Johnson and Malone, 2007; Lopez et al., 2013), and Tungurahua, Ecuador (Fee et al., 2010b), among other volcanoes. Tephra-rich explosions were dominant during November–December 2018, generally associated with lower recorded pressures. Field observations report dark plumes reaching 500–1,500 m above the vent.
Longer Duration Explosions
We also recorded explosive activity characterized by longer duration transients (order of 1–4 min) here referred to as longer duration explosions. These events are common at Volcán de Fuego, particularly during inter-paroxysm periods and effusive phases (Figure 5J and Supplementary Material SM2 d). Visual observations during these events describe turbulent plumes reaching 500–1,000 m above the vent and varying from light to dark gray depending on ash content (Field observations, Supplementary Material SM 4). The corresponding infrasound signature is characterized by low-amplitude emergent onsets followed by a long-lasting (1–4 min) low-frequency complex coda. Visual imagery (Supplementary Material SM4) of these events confirms the presence of multiple pulses at the vent, some more gas-rich (light gray plume) and some more tephra-rich (dark-grey plume) being responsible for the long low-frequency coda in the infrasound record. On the other hand, turbulence of the plume might also play a role in shaping these complex signals (Figures 5J,K,L, and Supplementary Material SM2 d).
4.2. Harmonic and non-Harmonic Acoustic Tremor
Seismic tremor (ST) is a sustained-amplitude signal frequently observed at active volcanoes, commonly associated with magma ascent, surface degassing, lava fountains, and other eruption activity (McNutt, 1994; Chouet and Matoza, 2013). Recently, owing to development of volcano infrasound, observations of its acoustic counterpart have become commonplace; seismo-acoustic tremor (SAT) refers to the case in which the volcano radiates energy into both the ground and the atmosphere (Lees et al., 2004; Lesage et al., 2006; Lyons et al., 2013; Matoza et al., 2014). As for ST, SAT presents sub-types where the spectrum is dominated by multiple uncorrelated frequency peaks (broadband, SAT-BT) or by regularly spaced peaks (harmonic, SAT-HT), with consequent implications for its source mechanisms. Recently, Girona et al. (2019) modeled different types of tremor based on a conduit topped with a permeable cap setting and different gas flow regimes. BT was associated with random gas supply, while HT with periodic gas supply both with relatively thin caps (≤100 m).
At Volcán de Fuego we recorded SAT, previously described by Lyons et al. (2013), with both broadband and harmonic signatures in May 2018. SAT was particularly intense starting on May 21, 2018, accompanying visible changes in eruptive activity, that shifted from discrete Strombolian explosions to sustained ash and gas emissions (Figures 7,10). In addition, we recorded characteristic form of quasi-periodic harmonic tremor referred to as “chugging”. Chugging is a tremor-like signal that appears as a sequence of repeating explosions in rapid succession (Figures 7C,8). SAT-BT at Volcán de Fuego delivers energy between 0.5–8 Hz similar to the events described by Brill et al. (2018) (Figure 7A). Tremor episodes last between 1 and 60 min and were recorded during both campaigns in May and November 2018, although particularly intense during the second half of May (starting on the 21st). According to McNutt et al. (2015), SAT-BT can typically be associated with more vigorous and continuous ash and gas emissions. SAT-HT appears with non-stationary fundamental frequency between 1.5 and 2 Hz and three to six clear overtones (Figure 7B). SAT-HT episodes present similar duration as the SAT-BT and were more energetic during the last days of May. Both types of events (SAT-BT and SAT-HT) were clearly recorded at the closest station (VF03, 1 km from the vent) and still visible at the furthest stations (VF01, 7 km from the vent).
[image: Figure 7]FIGURE 7 | Waveforms and spectrograms for (A) non-harmonic tremor. (B) Harmonic tremor, with fundamental frequency at 1.4 Hz and four to six overtones; and (C) chugging. Note the presence of discrete explosions in all three waveforms marked by impulsive signals high amplitude and high frequency.
[image: Figure 8]FIGURE 8 | (A) 10 min of chugging recorded on the May 23, 2018 at VF03 (1 km from the vent). Note the occurrence of an explosion at 2.5 min marked by a high amplitude peak. (B) 30 s detail of chugging (gray shaded area). Signal is high-pass filtered above 0.1 Hz.
Chugging
Chugging waveforms resemble an amplitude modulated convolution between a simple base wavelet and a sequence of spikes, which would produce a quasi-harmonic spectrum (Lees and Ruiz, 2008). Examples of such signals have been reported in the past from Karymsky (Russia, Lopez et al., 2013)), Sangay (Ecuador, Johnson and Lees, 2000), Arenal (Costa Rica, Garcés and McNutt, 1997), Semeru (Indonesia, Schlindwein et al., 1995), Sabancaya (Peru, Ilanko et al., 2019) and Mt Etna (Italy, De Angelis et al., 2020), where chugging waveforms were associated with both pulsating degassing and vigorous repetitive Strombolian activity. In the literature, chugging associated with degassing explosions has been interpreted as resulting from the presence of a viscous plug at the vent acting as a valve over a pressurized system of volatiles and magma. The opening and closing of such a valve allows release of gas as a series of regular impulsive events (Lees and Bolton, 1998). At Volcán de Fuego, we recorded intense periods of acoustic chugging between 21 and May 23, 2018, associated with both strong pulsating degassing and frequent Strombolian explosions ejecting incandescent rock at heights of about 150–200 m above the vent (Visual observations by A. Lamur, May 2018). Episodes of chugging at Fuego last between 10 min and 1 h. In May 2018, we recorded peak infrasound amplitudes of about 3 Pa at 1 km from the vent (Figures 7C,8 and Supplementary Material SM2 g). The appearance of this signal in May 2018 marked a clear transition in activity evolving from discrete Strombolian explosions to more sustained emissions and semi-continuous lava fountaining.
4.3. Lahars
Lahars (mud flows) are gravity-driven mixture of rock, debris, and water from a volcano (Vallance and Iverson, 2015). They are a frequent and major threat for population and infrastructure on the slopes of Volcán de Fuego. Lahars are triggered when rain interacts with pyroclastic deposits on the flanks of volcanoes (Thouret and Lavigne, 2000). These conditions are found at many volcanoes around the world and examples of the occurrence and, at times, catastrophic impacts of lahars are numerous: Nevado del Ruiz, Colombia (Lowe et al., 1986), Villarica, Chile (Johnson and Palma, 2015), Merapi, Indonesia (Lavigne et al., 2000b), Mayon, Philipines (Rodolfo and Arguden, 1991), among others.
At Volcán de Fuego, a regular rainy season combined with the significant volume of eruptive deposits on the flanks of the volcano, produce frequent lahars that can travel tens of kilometers down the steep-sided valleys (barrancas) affecting fluvial systems and disrupting communication and access to nearby villages (Naismith et al., 2019). The seismic and infrasonic signatures of lahars are characterized by complex waveforms lasting between tens of minutes up to several hours (Zobin, 2012; Buurman et al., 2013). The acoustic signal, at Fuego, is made up of large-amplitude, short-duration, pulses with energy dominantly in the 1–15 Hz frequency band. The seismic signal has a characteristic spindle-like appearance and delivers energy in the 5–20 Hz band (Figures 9A,B). The high-frequency pulses observed in lahar infrasound might be caused by lightnings and thunders evidencing the passage of thunderstorms. Other potential explanation for the high-frequency pulses is the impact of larger-size boulders on the channel bed as they are transported along by the bulk of the slurry of pyroclastic materials, debris and water (broadband part of the signal). At Volcán de Fuego, the recent deployment of the permanent seismo-acoustic network allows reliable detection of these events during the rainy season (Figures 9A,B).
[image: Figure 9]FIGURE 9 | Lahar recorded the October 16, 2019 at the seismo-acoustic site FG12. (A) Ground velocity and (B) its spectrogram; (C) infrasound trace and (D) its spectrogram.
Timely detection of lahar onset is key to mitigating their hazard. The most common monitoring strategies range from human-observers (Tungurahua, Ecuador), to webcams (Sakurajima, Japan), and seismic monitoring (Merapi, Indonesia, Lavigne et al., 2000a; Hadley and LaHusen, 1995). At Volcán de Fuego, lahars represent a major threat for local communities and infrastructure, damaging farmlands and causing severe traffic disruptions, potentially isolating communities. Recently, many efforts have focused on monitoring and tracking their occurrence using seismo-acoustic arrays, which has proven a powerful tool for detecting, characterizing, and tracking sustained lahar activity.
5. DISCUSSION
5.1. Infrasound Signals and Monitoring
In this study we have presented the most common infrasound signals recorded at Volcán de Fuego. Discrete events range from pure gas-rich to tephra-rich explosions, with several intermediate types. Infrasound amplitudes range from several hundreds of Pa (measured at about 1 km from the vent) for gas-rich explosions that generate shock waves, to tens of Pa for tephra-rich events (Figure 5). These types of signals typically coexist during periods between paroxysms. We also detect previously reported longer duration explosion with duration up to few minutes and smaller amplitudes Figure 5. We recorded a notable shift in eruptive activity from discrete and energetic gas-rich explosions to Strombolian-type explosions, then to sustained ash and gas emissions accompanied by quasi-continuous acoustic tremor on 21–23 May (Figure 10). This change in activity is translated to infrasound data as a marked increase in the overall amplitude and energy of the signal as illustrated by RSAM (Real-time seismic amplitude measurement) and spectrogram methods (Figures 3,10). A manually produced catalog with daily explosion counts and SAT-BT, SAT-HT, and chugging events and durations is provided for both experiments (Supplementary Tables S1, S2). We have observed two distinct vent configurations during the periods when these signals are recorded: a crater filled with lava forming an ephemeral cone with two or more active vents (Figures 4A,B), and an empty summit crater with explosions originating from a single vent (Figures 4C,D). It is clear, from observations reported in previous studies, that the presence of an ephemeral cone within the summit crater at Volcán de Fuego is mostly cyclical (Naismith et al., 2019). Conduit bifurcation during periods when an ephemeral cone is present has been associated with multiple vents within the crater area: a central vent predominantly characterized by Strombolian explosive activity, and a secondary one (or more) typically located on the flank of the ephemeral cone, associated with near-continuous degassing (Nadeau et al., 2011). Waite et al. (2013) observed and characterized different VLP events associated with sources linked to activity from both central and flank vents, remarking their importance in the explosions signature. Conduit bifurcation is particularly clear when an ephemeral cone is present within the summit crater (Figures 4A,B). In contrast, during periods when the crater is empty, a secondary vent is either not visible or less active (Figures 4C,D). From visual observations, we favor the presence of multiple vents as shallow features related to the presence of ephemeral unstable cones, where new sets of shallow fractures can be easily formed (Nadeau et al., 2011). The ephemeral cone might also play an important role in controlling the gas/ash ratio in the plumes; absence of the cone appears to favor gas-rich explosions with some ballistics, while its presence seems to be linked to larger quantities of ash in the plume (Patrick et al., 2007, Figure 8).
[image: Figure 10]FIGURE 10 | Helicorder plot and spectrogram of station VF03 (1 km from vent) during the temporary deployment of 18–23 May 2018. Note the change in activity starting on 21 May.
Unlike past observations, during our study period characterized by the presence two or more active vents, ash-, and gas-rich explosions occurred from all vents rather than preferentially at a given location (Figure 4). We suggest a model of conduit topped with a permeable plug and explosions linked to slug burst (Spina et al., 2019) underneath or within this viscous plug. Within the framework of this model explosion occurrence and intensity are controlled by the permeability of the upper conduit and ephemeral cone, and gas overpressure within the shallow conduit (Suckale et al., 2016; Barth et al., 2019). The characteristics of acoustic waveforms are controlled by the interaction of variable gas flow rates with the permeable plug. A numerical model recently presented by Girona et al. (2019) accounts for the presence of a viscous plug in the upper portions of the conduit and can accommodate all acoustics signals described in this manuscript. Similar models for explosion mechanisms have recently been proposed at Stromboli (Suckale et al., 2016; Barth et al., 2019) and further tested with analogue and numerical modeling (Oppenheimer et al., 2019), and possibly through direct gas measurements (Pering et al., 2020).
5.2. Paroxysmal Activity
Paroxysms at Volcán de Fuego, similarly to other volcanoes, are eruptive episodes of rapid increase in the strength and occurrence of activity. During paroxysms, within the span of few hours, explosions rapidly increase in intensity and rates of occurrence, transitioning to semi-continuous explosive activity and eventually to sustained emission of pyroclastic materials from the vent. Several models have been proposed to explain the mechanisms involved in Volcán de Fuego’s paroxysmal activity. Lyons et al. (2010), following two years of continuous observations at Volcán de Fuego (2005–2007), suggested two alternative models for explaining paroxysms: i) the collapsing foam model, originally proposed by Jaupart and Vergniolle (1988), where the accumulation and release of gas from an unstable foam layer are responsible for both effusive and explosive activity; and ii) rise-speed dependent model, introduced by Parfitt and Wilson (1995), where paroxysms are caused by higher rise-speeds of magma that prevent bubble coalescence and speed up fragmentation. In this latter model, lower rise-speeds would favor bubble coalescence into slugs, responsible for Strombolian activity. Both models can accommodate the observed cycles of lava effusion and mild strombolian explosions followed by paroxysmal eruptions and a final phase of discrete degassing explosions with no effusion. Building upon those models, rheological stiffening of basaltic and andesitic magmas in the upper portion of the conduit leads to a plugged vent, below which gas accumulates before its periodic released (Johnson and Lees, 2000; Lyons and Waite, 2011). Moreover, the role of a permeable plug in generating common volcanic signals has been extensively investigated (Suckale et al., 2016; Barth et al., 2019; Girona et al., 2019).
A recent conceptual model for the trigger mechanism of paroxysms at Volcán de Fuego is introduced by Naismith et al. (2019), who supports the gravity-driven shedding of material from an ephemeral summit cone. According to these authors, an ephemeral cone is built up by fountaining ejected material and when the crater overspills, lava effusion begins. If the lava flow rate exceeds a certain threshold, the ephemeral cone might be destroyed, causing a depressurization of the system and thus trigger paroxysmal activity. Naismith et al. (2019) base their model on the presence of an ephemeral cone, which has been described in many eruptions at Volcán de Fuego (e.g., February 2017, October 2018) and acknowledge that it cannot explain episodes with no ephemeral cone (e.g., January 2016).
5.3. Long-Term Monitoring
Unfortunately, detailed long-term analyses of eruptive activity at Volcán de Fuego is limited by present data availability. Additional data would be required, for instance, to identify recurring patterns in the lead-up to paroxysms. Only one comparatively minor paroxysm has occurred since extensive and permanent geophysical monitoring of Volcán de Fuego was established in the summer of 2018. Geophysical data pre-2018 are limited to the temporary deployments mentioned in this manuscript. Available data from past deployments demonstrate consistent geophysical signatures for explosions at Volcan de Fuego over the past 10 years pointing to a rather stable and cyclic open-vent system. This evidence leaves us confident that, in the future, escalating activity leading to paroxysms could be detected by the newly established geophysical network. Data analyses from seismic and infrasound arrays have potential to underpin the development of alarm systems for Fuego, similar to present practice at other volcanoes such as Mt. Etna, Italy, (Ripepe et al., 2018; De Angelis et al., 2020), Alaskan volcanoes, USA, (Coombs et al., 2018; Power et al., 2020), and Soufrière Hills Volcano, Montserrat Island, (Thompson et al., 2020).
6. CONCLUSIVE REMARKS
We have presented and discussed the most common types of infrasound signals recorded at Volcán de Fuego during 2018-present. These range from discrete activity (including shock waves, gas-rich, and tephra-rich explosions) to more sustained emissions (seismo-acoustic broadband and harmonic tremor and chugging, and indirect volcanic processes as lahars).
We have reviewed previous acoustic studies at Volcán de Fuego. We have linked state-of-the-art numerical modeling available in literature to our gathered acoustic data. Data shown in this paper agree with recent models invoking the presence of a permeable plug on top of the magma column as a main feature controlling the infrasound signature of Volcán de Fuego.
We envision this work will serve as a baseline to interpret infrasound data recorded at Volcán de Fuego. Although infrasound is a valuable technique for volcano monitoring with robust workflows, we emphasize that effective volcano monitoring to support decision making and risk mitigation during eruptive crizes must include input from other disciplines such as seismology, gas geochemistry, and thermal remote sensing.
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Volcanic tremor is a sustained seismic signal associated with volcanic unrest and is often linked to movement of magmatic fluids in the subsurface. However, signals with similar spectral content can be generated by other surface processes. Hence, one of the best ways of distinguishing between different possible mechanisms is by tracking the location of its source, which is also important for mitigating volcanic risk. Due to its emergent nature, tremor cannot be located using travel-time based methods, therefore alternatives such as amplitude-based techniques or array analysis must be used. Dense, small-aperture arrays are particularly suited for analyzing volcanic tremor, yet costs associated with installation and maintenance have meant few long-term or permanent seismic arrays in use for routine monitoring. Given the potential for wider usage of arrays, this work presents a python-based software tool that uses array data and array processing techniques to analyze and locate volcanic tremor signals. RETREAT utilizes existing routines from the open-source ObsPy framework to carry out analysis of seismic array data in real-time and performs f-k (frequency-wavenumber) analysis, or Least-Squares beamforming, to calculate the backazimuth and slowness in overlapping time windows, which can help track the location of volcanic tremor sources. A graphical, or web-based, interface is used to configure a set of input parameters, before fetching chunks of waveform data and performing the array analysis. On each update the tool returns several plots, including timeseries of the backazimuth and slowness, a polar representation of the power and a map of the array with dominant backazimuth overlaid. The tool has been tested using real-time seismic data from the small-aperture SPITS array in Spitsbergen, as well as on data from an array deployed during the 2014 eruption of Bárðarbunga volcano, Iceland. Configuration files and waveform data for these examples are supplied with the distribution. RETREAT can also be used for infrasound and has been tested on infrasonic array data recorded at Mt. Etna, Italy. RETREAT is intended for use in real-time monitoring settings and it is hoped that it will facilitate greater use of arrays in tracking volcanic tremor sources in real-time, thereby enhancing monitoring capabilities.
Keywords: volcano seismology, software, volcanic tremor, seismic arrays, real-time monitoring, infrasound arrays
INTRODUCTION
Volcanoes exhibit a very broad range of seismic source types (see e.g., Wassermann (2012)). Monitoring seismicity remains at the core of most volcano observatories (Sparks et al., 2012), and in a crisis, one of the key challenges for monitoring agencies is identifying the source type and tracking its location. This can be difficult to achieve with a sparse seismic network or when seismic signals have an emergent onset or lack of clear phase arrivals and in particular for continuous signals such as volcanic tremor.
Widely observed at many volcanoes (McNutt, 2011), volcanic tremor is a sustained seismic signal associated with eruptions and is often linked to movement of magmatic fluids in the subsurface (Julian, 1994; Hellweg, 2000; Jellinek and Bercovici, 2011). However, it can occur pre-, syn- and post-eruption and signals with similar spectral content can be generated by several other processes such as subglacial flooding (Eibl et al., 2020), lahars (Kumagai et al., 2009) other surficial mass flows (Allstadt et al., 2018) or even tectonic sources such as deeper slow slip earthquakes in subduction zones (Beroza and Ide, 2011). Hence one of the best ways of distinguishing between the processes underlying tremor generation is by determining and tracking its spatial location. As tremor cannot be located using classical travel-time methods, because of its emergent and sustained nature and lack of clear body-wave phases, its source must be determined using alternatives such as amplitude-based techniques (Battaglia et al., 2005; Taisne et al., 2011; Morioka et al., 2017) or, as in this tool, seismic array analysis.
A seismic array is a cluster of stations lying outside the seismic source area which can be used to point to the source location by measuring the back azimuth of the arriving signal (Rost and Thomas, 2002). An array can therefore be used to estimate lateral and vertical migration of tremor sources (Almendros et al., 1997; Di Lieto et al., 2007; Eibl et al., 2017a; Eibl et al., 2017b). Seismic arrays are frequently used for research, but not often as an operational tool for volcano monitoring in real-time, although arrays of infrasound sensors have been used for real-time alarms, e.g., at the Alaska Volcano Observatory (Coombs et al., 2018). Hence, this software aims to provide a convenient tool to facilitate processing and interpretation of both seismic, and potentially infrasonic, array data in real-time, to allow such data to be used more routinely for volcano monitoring.
This software has been developed within the framework of the EUROVOLC project, which aims to promote an integrated and harmonized European volcanological community (Vogfjörd et al., 2019). One of the major themes of the project focuses on understanding sub-surface processes, since early identification of magma moving toward the surface is very important for the mitigation of risk from volcanic hazards. Joint research activities within the project aim to develop volcano pre-eruptive detection schemes, in particular through the use of tremor as a real-time unrest indicator.
Given this context, we present RETREAT–a REal-time TREmor Analysis Tool–that uses seismic array data and array processing techniques to help detect, quantify and locate volcanic tremor signals.
DESCRIPTION OF THE REAL-TIME TREMOR ANALYSIS TOOL SOFTWARE
Philosophy of Approach
In developing this software several choices had to be made–such as the programming language and type of user-interface–keeping in mind that its intended use is in real-time monitoring settings. The overall aim was to produce a tool that was as open and flexible as practicable, hence the choice to use the popular open source and platform independent python programming language, so as to keep the software as generic and as widely compatible as possible. Using python allowed us to build upon the popular ObsPy framework (The ObsPy Development Team, 2020b), which is widely used within the seismological community. This approach has the advantage of drawing on a large library of existing processing routines, with no reinvention of the wheel required (Megies et al., 2011). The disadvantage is that some flexibility is perhaps sacrificed by making it more difficult to design and implement custom processing routines, but the goal was to produce a tool that was easy to use and could be quickly and easily installed with as little additional packages required as possible. This and other limitations of the current implementation are further explored in Limitations of the Current Implementation. Since it is intended as a real-time tool, rapid processing of the array data becomes important, and computationally intensive tasks have been minimized where possible, with process-based parallelism exploited through python’s multiprocessing capabilities.
The choice of python as the development language also makes the tool theoretically platform independent, again offering flexibility, and the software has been successfully tested in both Linux and Microsoft Windows environments.
Requirements
RETREAT requires python3 to be installed, and a list of required python modules is contained in the requirements.txt file supplied with the distribution. These are also summarized in Table 1.
TABLE 1 | List of external python modules and packages required by RETREAT software and their purposes.
[image: Table 1]The key modules utilized by the tool are those that create the GUI or web interface and those that perform the data handling and array analysis.
PySimpleGUI
The user interface for the RETREAT code was built using the PySimpleGUI python package, (PySimpleGUI.org, 2020), that allows creation of simple but powerful GUIs as well as web interfaces that can run within a web browser window. More information on PySimpleGUI is available from https://pysimplegui.readthedocs.io/en/latest/.
ObsPy
Pre-processing and analysis of the seismic array data in RETREAT is performed by ObsPy (The ObsPy Development Team, 2020) an open-source framework for processing seismological data using python. The framework provides parsers for reading common seismic data and metadata formats, clients to access data centers and servers (for the real-time analysis) and seismological signal processing routines which allow processing and array analysis of the seismic data (Beyreuther et al., 2010).
Plotting of the output figures is handled by the matplotlib (Hunter, 2007) python plotting library, with array maps produced using Cartopy (Elson et al., 2020).
Schematic Overview
A schematic overview of the software workflow is shown Figure 1. A GUI or web-based interface, built using the PySimpleGUI python module, provides the first strand of input: a set of highly configurable input parameters. These include options for choosing and configuring the data source, pre-processing, timing and update options as well as the parameters for the seismic array analysis, which must be carefully selected and tuned for the specific array. The GUI also starts and controls the analysis. The other strand of input into the software is the seismic waveform data, which can be retrieved from either a real-time source or an existing data archive. These two input strands feed into the main data processing section, which utilizes ObsPy to perform the pre-processing and array analysis. The output from the software is a set of figures, produced using the matplotlib plotting libraries, that display the updated results of the array analysis.
[image: Figure 1]FIGURE 1 | Schematic overview of the RETREAT software package. Input parameters and configuration are collected from the GUI or web interface that was built using the PySimpleGUI module. Next, these settings allow seismic array data (real-time data from external sources, e.g. IRIS or any other server, or existing archive data) to be processed and analyzed using the standard array processing routines in ObsPy. Output figures displaying the results of the array analysis are then produced using the matplotlib python module and are continuously updated as new data is processed.
Data Processing and Array Analysis
The array processing performed by this software uses the standard array analysis routines that are supplied with ObsPy to retrieve estimates of the back azimuth and slowness values from a series of overlapping sub-windows.
Array processing methods utilize beamforming techniques, which enhance the signal-to-noize ratio (SNR) by stacking coherent parts of the input signals in order to suppress noise in the data (Rost and Thomas, 2002). A widely used array method to estimate the slowness of seismic waves arriving at an array is frequency wavenumber (f-k) analysis (Capon and Bolt, 1973; Harjes and Henger, 1973) which uses multi-dimensional Fourier Transforms to transform the wave-field to the frequency-wavenumber domain. The slowness vector is then estimated by using the absolute power as a measure of coherency, with the analysis performed in the frequency domain for a number of different slowness values in a pre-defined grid (Schweitzer et al., 2012). This particular beamforming method was chosen for this initial version of the software for convenience, as it is a commonly used, well-tested and readily available method built into ObsPy. This was a deliberate design choice as the primary aim was to produce a working tool that can easily be applied to real-time data.
The analysis procedure performed by RETREAT largely follows the ObsPy tutorial on “Beamforming - FK Analysis” (The ObsPy Development Team, 2020a), and the software carries out the f-k analysis based on the parameters supplied from the GUI interface. These parameters, which must be carefully selected for a particular array, include: the array geometry (calculated from station location metadata), the frequency range of interest in the signal and the grid of slowness values on which to evaluate the beam power.
Additionally, there is also an option to use Least-Squares beamforming, using cross-correlation to calculate delay times, as an alternative to f-k analysis (e.g., for infrasound data). Low velocity (and therefore high slowness) values for infrasonic data mean a large slowness grid is required which can affect the computation time. The implementation in this code follows exactly the method described by De Angelis et al. (2020) and allows for significantly faster computation as well as explicit uncertainty estimates for the back azimuth and velocity (slowness). More details and an example comparing this method to f-k analysis for an infrasound dataset are discussed in Application to Infrasound Data.
Prior to the array analysis the waveform data may be pre-processed to facilitate the computation. This includes options to remove the instrument response, demean or detrend the data and to filter to the input signals to the frequency range of interest. Since minimizing the processing time becomes important for real-time analysis, there is also an option to decimate the data to a lower sampling rate while still retaining relevant frequencies.
Input Parameters
The GUI interface allows input parameters to be defined which configure and control the software. These parameters include options for choosing and configuring the data source, pre-processing, timing and update options and the parameters for the array analysis. The parameters are divided into several sections, as shown in the screenshot of the GUI interface in Figure 2.
[image: Figure 2]FIGURE 2 | Example screenshot of the GUI interface for the RETREAT tool, showing the program controls, configurable input parameters and program output window.
All parameters that can be set using the GUI or web interface can also be defined in advance of runtime. This is controlled by a text file containing a simple python dictionary comprised of pairs of parameters and their default values, which can be edited to change the values as desired. The repository contains two example files containing default values that can be used to run the two examples described in Example Configuration and Datasets Included With the Distribution.
More detailed information for each input parameter is provided in the documentation supplied with the software distribution.
Input Data
These parameters define the source and properties of the input seismic data. The software operates in two modes, depending on whether the data source is real-time or archive data.
In real-time mode, the user can choose their data source from either an FDSN client or a SeedLink server. Other sources supported by ObsPy are possible, but have not yet been implemented. Data are fetched at regular intervals controlled by parameters in the timing section. The other mode is a “replay” mode for archive data, that must be supplied in a (customizable) Seiscomp Directory Structure (SDS). All seismic data formats supported by ObsPy can be used, and in both modes station metadata containing the station coordinates must be supplied in order to perform the array analysis.
Pre-Processing
This set of parameters define any pre-processing applied to the data before the array analysis is carried out. This includes options to demean, detrend, taper and filter the input data, as well as to decimate the signals to a lower sampling rate to reduce the computation time.
Timing
This set of parameters define the amount of data to be processed, by defining the length of the window and how often it is updated (in real-time mode). Updates of new data are managed by the python code, with the update interval specified by the user as an input parameter. If the processing for each update step takes longer than this update interval to complete, the software will warn the user that real-time processing may lag. For non-real-time archive data in “replay” mode, this parameter is ignored and the next chunk of data is processed immediately.
Latency and buffering options can also be set, as well as the start time for analysis if running in replay mode.
Array Processing Parameters
This section sets parameters for the array processing, using either the standard array analysis routines in ObsPy or a Least-squares beamforming method. These include the frequency range of interest and the slowness grid over which to perform the f-k analysis, with the choice of these values depending on the specific array. To provide a timeseries output, the beamforming for both methods is performed by using shorter time windows, with a defined amount of overlap, and sliding these windows across the entire input signal.
Results and Plots
The parameters in this section allow the output figures to be selected from the choices outlined in Array Processing Parameters, as well as various settings for these plots such as the axis limits and plot dimensions. The results can also be displayed in a web browser instead of a GUI window, and images can be stored with unique filenames based on their timestamp.
Output
These settings control where the output produced by the software is stored on the system, including the figures, log file and array processing results. The GUI interface also includes an output pane to the right of the input parameters (Figure 2) that displays diagnostic and (any) error messages in the log file in real-time.
Output and Array Processing Results
Once configured and launched, the tool fetches chunks of waveform data (in real time or from files) and updates its output accordingly. On each update the tool returns a choice of plots, as shown in the schematic in Figure 3. The results of the array processing are presented as timeseries of the back azimuth and slowness values determined in each sub-window of the input data, with the temporal resolution dependent on the window length of each sub-window and desired amount of overlap. A timeseries of the relative power (f-k) or mean correlation (Least-Squares beamforming) can also be plotted, which may be a useful threshold parameter for event detection or alarm triggering. Alongside these array analysis results, the seismic waveform, its envelope (root-median-square is used to remove transients) and a spectrogram can optionally be plotted on a common timebase. Additionally, a separate plot displays the relative power (or correlation for Least-Squares) returned by the array processing in polar form, as a histogram of the back azimuth and slowness values, which can also be normalized. A third optional panel can display either the array response function, or, a map of the array locale overlain by a line representing the back azimuth derived from the maximum relative power in the histogram. Maps are produced by the Cartopy package using topographic data from the OpenTopoMap project, with tiles automatically downloaded for the geographic area of the array at the chosen zoom level. Output figures for the example datasets supplied with the distribution are shown in Example Configuration and Datasets Included With the Distribution.
[image: Figure 3]FIGURE 3 | Schematic diagram showing the possible output figures that can be produced by RETREAT. The left-hand pane features timeseries of several parameters (slowness, back azimuth, power/correlation, waveform, envelope, spectrogram) plotted on a common timebase. The right-hand plots show a polar representation of the back azimuth and slowness values as well an optional plot of either the Array Response Function or a map of the array.
EXAMPLE CONFIGURATION AND DATASETS INCLUDED WITH THE DISTRIBUTION
Configuration files and data to run processing of two examples, of both real-time and archive data, are included with the software distribution. Due to financial and technical constraints seismic arrays are not often used routinely for volcano monitoring, and therefore real-time data from such arrays are not available from many volcanoes. Hence, we opted to use freely available real-time data from the small aperture SPITS array as a development and demonstrator dataset for our real time application. Archived data from a deployment in Iceland, carried out during the 2014–2015 Bárðarbunga eruption as part of the FUTUREVOLC project, were used to develop and test the application of this tool on archived data (Bean and Vogfjörd, 2020).
Real-Time Mode Using Data From SPITS Array
As we currently do not have any real time seismic array data from a volcano available within the EUROVOLC project or its partners, the tool has been tested using both the FDSN and SeedLink clients of ObsPy to fetch data from the IRIS datacenter, using example real-time data from the small-aperture SPITS seismic array (Gibbons et al., 2011) in Spitsbergen, Svalbard, as shown in Figure 4. This small-aperture array comprising nine stations is part of the larger NORSAR array, but with an aperture of around 1 km is more typical of the size and characteristics of seismic arrays deployed in volcanic environments.
[image: Figure 4]FIGURE 4 | (A) Map showing the location of the small-aperture SPITS array (black triangle) on Spitsbergen; (B) station locations showing the nine-station array design with approximate 1 km aperture, with three-component stations shown by triangles and single component stations by circles; and (C) the associated array response as a function of the horizontal slowness evaluated at 4 Hz. Map and figures taken from Gibbons (2006) and Gibbons et al. (2011).
To run the real-time example, the end-user can choose the appropriate default values file (NO array) before starting the software. This should begin analysis of real-time data, with results similar to those shown in the screenshot of an example output window in Figure 5.
[image: Figure 5]FIGURE 5 | Example of the output figures produced by the RETREAT software tool, showing (A) timeseries of the slowness and backazimuth calculated from the f-k analysis, alongside the seismic waveform, envelope and spectrogram and (B) a polar representation of the array processing results. Also shown is (C) a map of the area surrounding the SPITS array, with the resulting back azimuth overlaid. The azimuth error is illustrative only, determined from the resolution of the histogram. Implementation of uncertainty estimation for the back azimuth values is discussed further in Discussion.
As mentioned previously, for real-time or near real-time use, the processing and computation time for any data analysis becomes critically important, as data must be able to be processed rapidly enough to match the acquisition. While care has been taken to minimize computationally intensive tasks, including making use of python’s multiprocessing capabilities, the code has not been formally optimized. The approach taken with this tool is to acquire data in chunks (of a size and at a frequency defined by the user) and then update the array results with each new acquisition of data. The processing time for each update will vary depending on many factors, including: the window length or amount of data analyzed, the download speed of the data over the network or internet, the number of stations and channels in the array, the sampling rate, whether the data are decimated, other pre-processing steps and finally the hardware capabilities of the machine on which the software is run. Therefore, some experimentation will be required to determine the limitations for any particular dataset and configuration. For this example, using data from the SPITS array, five stations with a sampling rate of 80 Hz are used, with the data decimated to 20 Hz before the array analysis. The tool is configured to analyze 1 h of data, updating every minute. The processing time for each update for this configuration is approximately 18 s on a modern desktop machine (12x Intel Xeon W-2135, 64 GB RAM) and around 30 s on a laptop with similar specifications (4x Intel Core i7-6600U, 32 GB RAM). This is therefore adequate for an update interval of 60 s in this example.
Archive Mode Using Data from the 2014–2015 Eruption of Bárðarbunga.
An example dataset and configuration that uses archive seismic array data has also been included with the distribution, to demonstrate analysis of non-real-time datasets. This second example uses array data from the 2014–2015 eruption of Bárðarbunga volcano in Iceland (Sigmundsson et al., 2015), collected as part of the FUTUREVOLC project. Several hours of data from the UR array between 00:00 and 08:00 UTC on September 03, 2014 are included with the distribution, corresponding to part of the time period analyzed in Eibl et al. (2017b). The map in Figure 6 shows the geometry and location of the seven station UR array in Iceland, relative to the erupted lava flow field in Holuhraun and Bárðarbunga volcano. Example results of the analysis of these data using RETREAT are shown in Figure 7.
[image: Figure 6]FIGURE 6 | Map showing location and geometry of the seven station UR seismic array deployed as part of FUTUREVOLC to collect data during the 2014–2015 eruption at Bárðarbunga volcano in Iceland. The location of the erupted lava flow field in Holuhraun is indicated in red, Bárðarbunga volcano by the black letter B and the approximate propagation path of the dyke intrusion below the glacier by the gray line.
[image: Figure 7]FIGURE 7 | Output figures produced by the RETREAT software for the archive data example. (A) Time series of slowness and backazimuth calculated from f-k analysis, alongside the seismic waveform, envelope and spectrogram and (B) a polar representation of the array processing results. Also shown is (C) a map of the area surrounding the UR array, with the resulting back azimuth overlaid, closely matching the results found by Eibl et al. (2017b).
The configuration for this example closely follows the parameters used by Eibl et al. (2017b), with the data from the seven station array filtered between 0.8 and 2.6 Hz after being downsampled to 20 Hz. The time period analyzed represents pre-eruptive tremor prior to a suspected sub-glacial eruption, based on observed cauldron formation approximately, 12 km from the UR array. The tremor signal is centered around 1.3 Hz, with harmonic overtones at 0.25 Hz spacing, and the upper end of measured slowness values of 0.6–0.75 skm−1 from the array analysis support a strong surface wave component. Array analysis and location of the tremor signal, along with mapping of the slowness changes to depth changes by modeling the tremor as a comb function, is interpreted by Eibl et al. (2017b) as the tremor representing microseismicity resulting from brittle failure in the weak uppermost crust, marking the onset of shallow dyke formation.
DISCUSSION
The particular suitability of seismic arrays for the analysis of volcanic tremor has been long noted (Chouet, 1996), yet seismic arrays and array processing are not routinely or widely used operationally in volcano monitoring, with local monitoring networks often being distributed and wide aperture to maximize spatial coverage (Allstadt et al., 2018). As Wassermann (2012) notes, most of the barriers to greater operational use of denser, smaller aperture arrays are technical in nature, and include the comparatively higher costs of installation and maintenance, as well the need for expertize, requiring significant economic and human resources. This has meant array installations on volcanoes have often been short-term campaign deployments, with few long-term or permanent seismic arrays in use for routine monitoring purposes. However, with increasing instrumentation and monitoring of volcanic systems there is potential and scope for more routine use. The software developed and presented in this manuscript is intended to ease and facilitate greater use of seismic arrays for such operational purposes, but we reiterate here that arrays should be seen as complementary to, and not a replacement for, existing seismic networks.
Limitations of the Current Implementation
The current implementation of the software is intended specifically for: 1) seismic array data, for 2) arrays away from the target tremor source, i.e., the source is outside of the array or network and 3) real-time applications. RETREAT is not intended as a comprehensive solution for tremor analysis, and its limitations are to some extent controlled by the availability and quality of the input data. Specific constraints, such as the optimum frequency range and slowness resolution, will depend on the geometry and number of stations in the end-user’s specific array and how these compare to the characteristics of the recorded signals.
Dealing with error estimates of the slowness and azimuth values retrieved from f-k analysis is not straightforward (La Rocca et al., 2008) as the uncertainties depend on multiple factors; including aspects of the array characteristics (geometry, number of stations) and data quality (coherence, noise, site effects). One method of estimation is to use the size or width of the peak around the maximum power in the f-k plot (Schweitzer et al., 2012), but this method cannot easily be extended across a timeseries of shorter windows into a single uncertainty value. How errors should be calculated and displayed within RETREAT is an unresolved problem, and a fuller treatment of uncertainties may increase the computation time and compromise the ability to process data fast enough to achieve real-time results. However, improved error estimation is an important feature that is in development and it is intended to implement this feature in future versions of the software. One alternative could be to use a Least-Squares beamforming method, such as that described in the next section.
Application to Infrasound Data
The use of infrasound to monitor volcanic activity has become increasingly common, and infrasound sensors are often deployed alongside existing seismic and deformation networks as part of a multi-disciplinary monitoring approach (e.g., Fee and Matoza, 2013; McNutt et al., 2015). In a similar manner to seismology, as well as more widely distributed networks, tight clusters of stations or small aperture arrays of infrasound sensors have been used extensively (e.g., Ripepe and Marchetti, 2002; Yamakawa et al., 2018; De Angelis et al., 2020) to monitor and track the location of sub-aerial volcanic phenomena, such as explosions, gas and ash emission, dome or sector collapses, pyroclastic density currents and lahars. Analysis of data from infrasonic arrays has also been used to implement automated early warning systems for explosive eruptions (Ripepe et al., 2018).
Although designed specifically for seismic array data (with a particular focus on volcanic tremor), RETREAT can also be applied to data from an array of infrasound sensors, using f-k analysis in the same way as for seismic data to retrieve the azimuth and slowness of infrasonic acoustic waves arriving at the array (Figure 8). However, due to the lower velocity of acoustic waves compared to seismic waves (and therefore higher slowness–up to 3 skm−1 and beyond), a larger slowness grid is required for the analysis. Therefore, a larger grid, while keeping a small enough slowness step to maintain adequate resolution, is far less computationally efficient and results in significantly longer processing times.
[image: Figure 8]FIGURE 8 | Comparison of RETREAT applied to infrasonic array data using two different beamforming methods. (A) Timeseries of backazimuth and slowness values derived using Least-Squares inversion and (B) corresponding histogram of slowness and backazimuth values in polar form. Note that this is weighted by the MCCM (mean cross-correlation maxima) rather than the relative power as in the f-k case. (C) Timeseries of backazimuth and slowness values derived using f-k analysis and (D) the corresponding histogram of slowness and backazimuth values in polar form, weighted by the relative power.
With this in mind, RETREAT also contains a python implementation of a time-domain Least-Squares inversion method that uses cross-correlation to compute time delays between station pairs to carry out the beamforming and derive an estimate of the apparent horizontal velocity. This method (Olson and Szuberla, 2005; Haney et al., 2018) is also applied on a series of overlapping sub-windows to produce timeseries of the back azimuth and slowness, and has the advantage of being faster to compute, while developments by De Angelis et al. (2020) also allow for direct estimates of the uncertainties of these measurements. It also returns a timeseries of the mean cross-correlation maxima (MCCM), which by choosing a certain threshold can be a useful parameter for event detection, or even alarm triggering.
In order to illustrate the capability of RETREAT to analyze infrasonic array data in addition to seismic data, Figure 8 shows a comparison between the two beamforming methods. The data analyzed are from a 2019 deployment of two 6-sensor infrasound arrays at Mt. Etna in Italy, and are exactly the same as those analyzed and presented in Figure 4 of De Angelis et al. (2020), containing 35 min of data from July 2, 2019 at the ENEA array, approximately 1 km to the NW of the summit. The dominant activity is from deep intra-crater explosions at the more southerly Bocca Nuova crater (∼145°), occurring consistently across the timeseries, with a brief interruption from a larger ash-rich explosion at the North East Crater (∼110°) at around 10:06 UTC. Data are pre-processed by filtering between 0.7 and 15 Hz, and a 10 s window with 50% overlap is used. The results of the analysis in Figure 8 show that both methods are capable of reproducing the results of De Angelis et al. (2020) and resolving the change in location of activity at around 10:06 UTC; however the Least-Squares method is much faster, which is a key advantage for real-time applications. This method also produces more tightly clustered values, particularly in slowness, and with a step of 0.05 skm−1 in the slowness grid limiting the resolution, the f-k analysis takes around two orders of magnitude longer to complete than the Least-Squares inversion.
Tremor Location Methods and Features for Future Versions
As discussed earlier, the choice to use f-k analysis as the basis for determining the tremor source in this software was a deliberate one, as it is a widely used and well tested technique, and as a standard component of ObsPy it is easily and readily available.
Another advantage of using f-k analysis is that multiple simultaneous sources can theoretically be resolved, appearing as multiple peaks at different points in the slowness grid. An example of analysis using RETREAT where there are multiple simultaneous sources is shown in Figure 9, where 2.5 h of data from September 03, 2014 during the Bárðarbunga eruption, using the same UR array as previously, are shown. In this example, the tremor source attributed to the shallow sub-glacial dyke to the south-east of the array is still visible, but a second source to the north-east, corresponding to lava flows and fountaining at the surface, also appears from around 20:45 UTC and becomes the dominant source from 21:30 onwards (see Eibl et al. (2017a) for more details of multiple simultaneous tremor sources during this eruption).
[image: Figure 9]FIGURE 9 | Output figures produced by the RETREAT software that illustrate its capacity to analyze time periods containing multiple tremor sources. (A) Time series of slowness and backazimuth calculated from f-k analysis, alongside the seismic waveform, envelope and spectrogram showing a switch from one dominant source to another during this time period. (B) A polar representation of the array processing results, with the histogram highlighting the two tremor sources to the north-east and south-east of the array. Also shown is (C) a map of the area surrounding the UR array, with the azimuth of the more dominant source, associated with lava flows at the surface, overlaid.
However, this analysis is not strictly utilizing a unique capacity of the f-k technique, as identification of the two sources arises from visualization of the data in the timeseries and histogram, where single values for the slowness and azimuth returned for each sub-window, derived from choosing a single peak (corresponding to the maximum power) in the slowness grid, are not averaged out, but appear as distinct separate sources. A modified version of the f-k analysis routine could therefore be developed to search for and choose multiple peaks in power from the slowness grid, and while this moves away from using the standard version supplied with ObsPy, it could prove a useful addition in complex areas with multiple potential sources of tremor. But whether this offers a sufficient advantage over the current capabilities, as shown in Figure 9, would need to be tested. One obvious disadvantage of using the f-k method is that by searching over a grid it is not optimally efficient, particularly for infrasonic data, and may struggle to produce results in real-time for large datasets.
In addition to the f-k analysis, the software could be extended with further or alternative methods for beamforming and tremor location. As described above, a Least-Squares inversion beamforming method has already been implemented, with particular applications for infrasound array data in mind. The advantages of this method are that it gives faster results (important for real-time analysis) and also direct error and uncertainty estimates, but at the cost of assuming a single plane-wave (and hence single source) in the time window analyzed. It is intended mainly for infrasonic data as further testing and benchmarking would be required to fully compare the performance of the two methods for a variety of seismic datasets.
Besides the two beamforming methods already implemented in this software, other approaches for locating and analyzing tremor signals that could be developed and integrated into RETREAT are:
- Three-component beamforming (e.g., Löer et al., 2018), which can help to identify the types of waves arriving at the array by providing information on the polarization of the wavefield. This, alongside the location from more traditional beamforming approaches, could help place further constraints on the characteristics of the tremor source.
- Improvements on the least-squares inversion method by using more robust estimators (e.g., Bishop et al. (2020)) that can handle outliers, such as timing or polarity errors.
- Amplitude Source Location (ASL) or other amplitude based methods (e.g., Battaglia et al., 2005; Taisne et al., 2011; Morioka et al., 2017) that use amplitudes at different stations or radiated seismic intensity ratios to determine the source location.
- Back-projection methods (e.g., Haney, 2014; Li et al., 2017) which use time-reversal to refocus energy at the location of the source.
The latter two techniques in particular could well be useful complements and would provide powerful additional constraints on the tremor location and dynamics when used in conjunction with array-based beamforming methods. However, such methods generally require a more distributed seismic network, with the source inside the network, and are hence moving beyond the scope of this initial version of the RETREAT tool that is specifically focused on arrays and real-time array data.
CONCLUSION
Due to the inherent nature of the signals and often sparse monitoring networks, accurate tracking of volcanic tremor sources is a challenging task. Seismic arrays, however, are a powerful additional tool that can provide unique insights into the source dynamics of volcanic tremor at active volcanoes.
In this manuscript we have introduced RETREAT, a python-based software tool that utilizes existing routines from the open-source ObsPy framework to carry out analysis of seismic array data in real-time by performing either f-k analysis, or optionally Least-Squares beamforming, to determine the back azimuth that points toward the source. Although RETREAT has been designed for deployment as part of volcano monitoring systems and provides the ability to track tremor sources in real-time, it also has the capability to analyze existing datasets for testing, comparison and research purposes.
These abilities have been demonstrated using real-time data from the small aperture SPITS seismic array in Spitsbergen, Svalbard, as well as on archive data from an array deployed during the 2014–2015 eruption of Bárðarbunga volcano in Iceland.
While primarily intended as a tool for utilizing seismic array data to locate and track volcanic tremor, RETREAT also has the capability to analyze infrasonic array data to track acoustic sources, and has been successfully tested on and applied to data from two infrasound arrays deployed close to the summit of Mt. Etna, Italy, in 2019.
We suggest that the implementation of real-time software applications such as RETREAT is crucial to fully exploit the power of seismic arrays as a volcano monitoring tool and to improve our ability to detect, monitor and understand unrest at active volcanoes.
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Volcanic explosions can produce large, ash-rich plumes that pose great hazard to aviation, yet may often have few precursory geophysical signals. Mount Cleveland is one of the most active volcanoes in the Aleutian Arc, Alaska (United States) with at least 65 explosions between December 2011 and June 2020. We characterize the seismo-acoustic signals from explosions at Mount Cleveland over a period of 4 years starting in 2014 when the permanent local instrumentation was installed. While the seismic explosion signals are similar, the acoustic signals vary between explosions. Some explosion acoustic waveforms exhibit a single main compressional phase while other waveforms have multiple compressions. The time lag between seismic and acoustic arrivals varies considerably (up to 2.20 s) at a single station ∼3 km from the vent, suggesting a change in propagation path for the signals between explosions. We apply a variety of methods to explore the potential contributions to this variable time lag from atmospheric conditions, nonlinear propagation, and source depth within the conduit. This variable time lag has been observed elsewhere, but explanations are often unresolved. Our results indicate that while changes in atmospheric conditions can explain some of the variation in acoustic arrival time relative to the seismic signal arrivals, substantial residual time lag variations often still exist. Additionally, nonlinear propagation modeling results do not yield a change in the onset time of the acoustic arrival with source amplitudes comparable to (and larger) than Cleveland explosions. We find that a spectrum of seismic cross-correlation values between events and particle motion dip angles suggests that a varying explosion source depth within the conduit likely plays a dominant role in the observed variations in time lag. Explosion source depths appear to range from very shallow depths down to ∼1.5–2 km. Understanding the seismo-acoustic time lag and the subsequent indication of a variable explosion source depth may help inform explosion source modeling for Mount Cleveland, which remains poorly understood. We show that even with a single co-located seismic and acoustic sensor that does not always remain on scale, it is possible to provide meaningful interpretations of the explosion source depth which may help monitoring agencies understand the volcanic system.
Keywords: volcano, infrasound, seismology, seismo-acoustic, source depth, explosion
1. INTRODUCTION
Coupled seismic and acoustic analyses can be used to help understand shallow to subaerial explosion sources, including buried chemical explosions (e.g., Arrowsmith et al., 2010; Jones et al., 2015; Blom et al., 2020) and volcanic eruptions (e.g., Johnson and Aster, 2005; Petersen and McNutt, 2007; Wech et al., 2018). While some volcanoes are heavily instrumented and monitored, many eruptions occur in remote regions where minimal local monitoring equipment exists. Therefore, the ability to characterize a volcanic system with limited equipment (e.g., a single seismo-acoustic pair of sensors, McKee et al., 2018) is valuable to the volcano monitoring community.
Vulcanian eruptions tend to be violent in nature due to the formation of a dome or plug at the top of the conduit allowing for a buildup of pressure beneath (Clarke et al., 2015). The explosive destruction of this plug and subsequent fragmentation of magma in the conduit results in ash-rich volcanic plumes that are hazardous to aviation and pyroclastic fallout that can impact local communities or observers. Infrasound recordings of Vulcanian eruptions are typically characterized by short duration, high-amplitude signals with the potential for jetting or sustained tremor to occur for several minutes after the initial blast (Fee and Matoza, 2013). Sakurajima volcano, Japan is often viewed as a classic example of a Vulcanian system and its seismic and infrasonic explosion signals have been well studied over many years (e.g., Tameguri et al., 2002; Yokoo et al., 2009; Fee et al., 2014; Kim et al., 2015; Fee et al., 2017). Tameguri et al. (2002) describe the “bottom-up” explosion source model of Sakurajima as beginning with an isotropic expansion at a few kilometers depth, whose pressure waves propagate up the conduit, inducing an expansion of the lava cap or plug (viewed as a small increase in pressure on the infrasound sensor) followed by the main acoustic explosion signal. In contrast, a “top-down” model is sometimes considered, where the explosion initiates near the surface due to the pressurized build-up and failure of the plug or lava dome. This model also causes a very long period earthquake (VLP) at depth (Lyons and Waite, 2011).
Mount Cleveland, Alaska, is one of the most active volcanoes in the Aleutian Arc, with recent activity characterized by nearly continuous degassing and elevated surface temperatures, punctuated by short-lived ash-rich explosions that destroy small domes (De Angelis et al., 2012; Dixon et al., 2017; Werner et al., 2017) (www.avo.alaska.edu). The explosion signals at Mount Cleveland appear to be Vulcanian in nature (De Angelis et al., 2012), yet due to its remote setting, the volcanic system is not well-understood. Prompt and accurate characterization of explosions is essential due to the ash hazard to aviation. Satellite observations of ash plume heights resulting from these explosions can be limited because of meteorological clouds as well as latency issues, so geophysical instrumentation is often used for explosion characterization. The first local seismo-acoustic instrumentation included two stations installed at Mount Cleveland in the summer of 2014, so permanent local monitoring data are limited. Temporary, non-telemetered deployments help better understand the volcanic system, such as the installation of six broadband sensors from 2015 to 2016 (Werner et al., 2020; Haney et al., 2019; Power et al., in review). Remote infrasound recordings supplement the local instrumentation for monitoring large explosions (e.g., De Angelis et al., 2012; Iezzi et al., 2019b). While the Alaska Volcano Observatory (AVO) reports observations of Mount Cleveland at the time of each explosion, detailed characterization of the seismo-acoustic signals from Cleveland has not been performed. Here we use local seismo-acoustic instrumentation to better understand and characterize the Mount Cleveland explosions and volcanic system by taking a holistic look at trends in a variety of analysis techniques from numerous explosions. By analyzing Mount Cleveland explosions, we not only will enhance our knowledge of that particular volcano, but our investigations may illuminate similarities to analogous volcanoes worldwide.
A notable feature of the seismo-acoustic observations from Mount Cleveland explosions over the 4-year time period between 2014 and 2018 is that the difference between the acoustic arrival time in relation to the seismic arrival at station CLES (Figure 1, referred to as the “seismo-acoustic time lag”) is found to vary by up to 2.20 s. If the path and propagation conditions between the explosion source and the receiver are the same, the relative timing between the seismic and acoustic arrivals are expected also to be the same. However, a variable time delay between seismic and acoustic arrivals is observed at many volcanoes similar to Cleveland, implying that the path effects between the explosion source and the receiver may also change. The relative timing between the seismic and acoustic arrivals at co-located seismo-acoustic sensors has been used to help constrain the explosion source location within the conduit of Strombolian and Vulcanian systems, although full explanations are still elusive. Yamada et al. (2016) found that the arrival time differences between seismic and acoustic waveforms vary between 0.5 and 2.1 s at a distance of 5.1 km from the vent of Lokon-Empung volcano, Indonesia. They propose that the cause of the discrepancies does not appear solely to be the atmosphere based on a simple calculation of sound speed given realistic temperature and wind conditions (T = 293 K, winds ±5 m/s), and therefore may be due to source depth changes within the conduit. Ruiz et al. (2006) noted varying time lags of ∼9.3–12.6 s (3.516 km from vent) at Tungurahua volcano, Ecuador, which they contend supports a model where explosions occur at different depths within the shallow portion of the conduit (<200 m depth). Ruiz et al. (2006) presented a model consisting of a spatially fixed point source with a variable velocity of the pressure wave in the conduit, but deemed it less likely than the spatially varying source depth. Sahetapy-Engel et al. (2008) used the thermo-acoustic delay times to calculate explosion source depths between 100 and 600 m below the vent at Santiaguito volcano, Guatemala. More recently, Wallace et al. (2020) observed single station seismo-acoustic time lags between ∼6 and 17 s (2.1 km from the vent) at Santiaguito over a four-year study, and concluded that the larger time differences suggests a potentially deeper fragmentation source, which is consistent with their petrologic analyses. However, Wallace et al. (2020) do not explore the variability further to calculate corresponding depths of the seismo-acoustic time lag and assumed fragmentation depth. While these studies explore a few of the factors that may affect the seismo-acoustic time delay, none combine the three effects we assume most plausible.
[image: Figure 1]FIGURE 1 | Map of Mount Cleveland and the surrounding area. The summit is denoted by a pink diamond, while the two geophysical stations CLES (3.5 km from summit) and CLCO (15.6 km from summit) are denoted by inverted red triangles. Inset map shows location of Mount Cleveland (red square) in relation to the state of Alaska.
In this manuscript, we perform the first local seismic and acoustic analyses and characterization of explosions at Mount Cleveland between 2014 and 2018. We identify three main factors that may affect the seismo-acoustic time lag, and explore their relative contributions: atmospheric conditions, nonlinear propagation, and source depth within the conduit. We apply a variety of methods on acoustic, seismic, and coupled seismo-acoustic observations aimed at extracting as much information as possible about Mount Cleveland using a single co-located seismo-acoustic station. We then combine the methods to interpret their meaning for the volcanic system and how it may be evolving through time.
2. MOUNT CLEVELAND
Mount Cleveland is a stratovolcano located in the central Aleutians on Chuginadak Island that is roughly 8.5 km in diameter near its base and 1.73 km in elevation above sea level (Miller et al., 1998). As of June 2020, Cleveland has exploded at least 65 times since December 25, 2011, making it one of the most frequently active volcanoes in Alaska and the United States. Recent activity is characterized by nearly continuous degassing and elevated surface temperatures, as well as short-lived ash-rich explosions that destroy small domes (Dixon et al., 2017; Werner et al., 2017) (www.avo.alaska.edu). The closest inhabited community is the village of Nikolski, located 75 km to the east of the volcano on Umnak Island. Due to its remote location, the main hazards from Mount Cleveland explosions are to aviation and scientists visiting the island, with at least ten explosions since 2014 resulting in detectable ash plumes to an altitude surpassing 15,000 ft (4.572 km) (www.avo.alaska.edu). Explosions occur with little to no known precursory activity suggesting explosion sources to be shallow and/or aseismic.
Previous studies on Mount Cleveland include those using satellite observations (Simpson et al., 2002; Dean et al., 2004; Gu et al., 2005; Worden et al., 2014; Wang et al., 2015; Werner et al., 2017), sparse summit gas flights (Werner et al., 2017; Werner et al., 2020), temporary seismic deployments (Janiszewski et al., 2020; Power et al., in review; Haney et al., 2019), and long range infrasound recordings (De Angelis et al., 2012; Iezzi et al., 2019b). Janiszewski et al. (2020) used receiver functions to find a low seismic velocity zone below Cleveland with a minimum vertical extent of 10–17.5 km below sea level that is <5 km in diameter. This suggests a vertically extensive magma storage region with a lack of sharp horizontal boundaries at the top and bottom of this region (Janiszewski et al., 2020). Janiszewski et al. (2020) note that their results are consistent with a well-developed open volcanic conduit system, which may help explain the general lack of precursory seismicity at Cleveland. A recent study by Werner et al. (2020) used a combination of volcanic gas emission rates and melt inclusion compositions from 2016 and found evidence that magma may be residing and degassing in a vertically extensive conduit region ranging in depth between 0.5 and 3.0 km below the summit. Power et al. (in review) focused on characterizing the general seismicity at Mount Cleveland and located hypocenters of volcano-tectonic earthquakes using a temporary seismic deployment in 2015–2016. Haney et al. (2019) performed moment tensor inversions on the three explosions that occurred during the same 2015–2016 deployment, finding a volumetric source in the VLP band (0.25–0.5 Hz) located 400–640 m above sea level (depths of ∼1.090–1.330 km beneath the summit). Werner et al. (2017) utilized gas emissions, thermal output, and lava extrusion rates to inform their interpretations on the Cleveland volcanic system. They suggest that the lack of precursory geophysical signals are due to small magma volumes, slow ascent rates, and low magma viscosity. Werner et al. (2017) also note that the persistently high thermal output of Mount Cleveland, even in inter-eruptive periods, is indicative of hot magma high in the conduit and suggest that convection causes the continued presence of shallow magma in the upper conduit. Previous studies such as De Angelis et al. (2012) and Iezzi et al. (2019b) have analyzed infrasound signals from Cleveland explosions. However, these previous studies were based on long-range signals where source observations are complicated by propagation in the atmosphere.
2.1. Monitoring Data
Prior to the installation of the local instruments at Mount Clevelend, the closest seismic station was ∼75 km away (Nikolski) and infrasound monitoring was predominantly done using the Dillingham infrasound array (992 km away, De Angelis et al., 2012; Iezzi et al., 2019b) as well as ground-coupled airwaves (GCAs) on nearby seismic networks (De Angelis et al., 2012; Fee et al., 2016). Cleveland is also monitored by AVO using satellite imagery, both in the visible and infrared bands, but the region is regularly cloudy which often obscures smaller explosion plumes below the cloud deck. Temporary seismic deployments, such as a year-long deployment from 2015 to 2016 (Janiszewski et al., 2020; Haney et al., 2019; Power et al., in review), have also been used to gain information about Mount Cleveland, though they were not telemetered in real time.
The first permanent telemetered local instrumentation was installed in the summer of 2014, allowing for more detailed studies of the volcano than previously possible. This instrumentation currently consists of two stations, each with multiple geophysical instruments. Station CLES (52.8235°N, 169.8951°W) is located 3.5 km east of the summit (Figure 1) and consists of a Trillium Compact (120 s period) broadband seismometer sampled at 50 Hz as well as an infrasound sensor. Beginning in August 2014, the infrasound sensor was a USGS VDP-5 sampled at 50 Hz which was replaced in July 2016 by a Chaparral 60UHP sensor sampled at 100 Hz. Station CLCO, located on Concord Point 15.6 km east–southeast of the summit, has a broadband and short period seismometer, web camera, and a 5-element infrasound array (Figure 1). In this study we focus on explosion signals recorded by the closest station (CLES) with co-located seismic and infrasound sensors. We do not use station CLCO for most of the analyses due to the increased influence of path effects over the longer distance, lower signal-to-noise ratio, and the station being roughly in line with station CLES and the summit, thereby not increasing azimuthal coverage around the explosion source. Additionally, part of the purpose of this study is to determine how much information about the explosion mechanism can be extracted from a single co-located seismic and infrasound sensor pair, which can sometimes be the only local instrumentation at remote volcanoes.
3. EXPLOSION CHARACTERIZATION
AVO began consistently counting Mount Cleveland explosions on December 25, 2011 with monitoring capabilities consisting of remote infrasound arrays, GCAs detected by regional seismic networks, and satellite imagery (De Angelis et al., 2012). From 2011 onward, most of the activity at Cleveland consisted of cycles of dome building and subsequent dome destruction via explosive eruptions. This study focuses on 22 explosions between November 2014 and May 2018 which corresponds to Explosions 37 through 59 in the current AVO catalog. The explosion numbers considered here are limited by the installation of the first permanent local instrumentation in the summer of 2014 and a long term data outage that began in September 2018 (ending in August 2019). Detailed information on the explosions used in this study are found in Table 1. The seismic and infrasound traces at station CLES (Figure 1) for these explosions are shown in Figures 2A,B, respectively. Explosions are, in general, short-duration Vulcanian blasts, sometimes with infrasonic tremor occurring for several minutes after the initial explosion signal. The characteristics of the seismic signal produced by explosions consists of a low amplitude compressional first motion on the vertical component (Figure 2A) and positive first motion on the radial component (outward). The peak velocity for the first 9 s of the explosion signal on the vertical component ranges between 109 and 376 μm/s at a distance of 3.5 km from the vent (Table 1). For most explosions, the higher frequency GCA shows up on the seismometer after >9.5 s from the initial arrival, also showing the same variable seismo-acoustic time lag observed by the infrasound sensor. Unlike the similar nature of the seismic signals, the characteristics of the infrasound signal vary substantially between explosions. Peak pressures of the explosion infrasound waveforms at 3.5 km distance range between 21 and 260+ Pa (Table 1) and were generally short-duration. Note that 260 Pa represents the maximum pressure range of the infrasound sensor for much of the time period, thus numerous signals are saturated (clipped) and are higher than 260 Pa at a range of 3.5 km. Some explosions exhibit a single main compressional phase (e.g., Explosions 44, Figure 2B and Supplementary Figure S1A), while other explosions have multiple compressions in a row (e.g., Explosion 42, Figure 2B and Supplementary Figure S1B). A few explosions have a preceding low amplitude infrasound phase <0.5 s prior to the main explosion onset (e.g., Explosion 40, Figure 2B and Supplementary Figure S1C).
TABLE 1 | Mount Cleveland seismo-acoustic time lag investigation results.
[image: Table 1][image: Figure 2]FIGURE 2 | Normalized, unfiltered (A) seismic and (B) infrasound waveforms at station CLES for explosions used in this study (Explosions 37–59). Waveforms are aligned where time zero corresponds to the onset of the explosion signal on the seismometer. The infrasound waveforms that clipped are shown in gray in (B) and the date of the infrasound sensor change in July 2016 is shown by a red star. The higher frequency ground-coupled airwave can be seen for most explosions arriving after ∼9.75 s in (A). Vertical line in (B) represents the earliest acoustic arrival of 9.75 s.
The state of dome emplacement in Vulcanian systems affects the pressurization in the shallow conduit system (Clarke et al., 2015) and thus influences the explosion process. The repose time (number of days since previous explosion), as calculated from explosion dates provided by AVO (www.avo.alaska.edu), varied between 2 and 257 days over the 4-year study period but generally decreased with time (Figure 3A). During some intervals, for example between Explosions 45–49 and 56–59, the repose time remained relatively consistent at less than 54 and 22 days, respectively. AVO reported that at least ten of the 22 explosions resulted in eruption plumes visible in satellite imagery greater than 15,000 ft (4.572 km) in altitude (www.avo.alaska.edu), reinforcing the need and importance of characterizing Mount Cleveland explosions. When possible, AVO records observations of the lava dome in Cleveland’s crater using satellite imagery. There appears to be no clear relationship between whether there is no visible dome at the bottom of the crater, dome growth, or a static dome (i.e., dome that has stopped growing) and an explosion occurring (Figure 3B). For the 14 explosions for which we have reliable satellite observations before and after the explosion, 8 explosions destroyed an existing dome, 2 explosions left at least part of the dome intact, and 4 explosions occurred with no confirmed dome prior to the explosion. Dome observations, including whether there was no dome, a growing dome, or a static dome prior to explosion, as well as the dome area (and therefore height estimate) used in the propagation calculations, are subject to the availability of clear satellite imagery. Explosions 37–59 (November 2014 to May 2018) are also plotted in Figure 3B, showing the varying repose time over the course of the study period.
[image: Figure 3]FIGURE 3 | Dome emplacement and explosion relationship from mid-2014 to mid-2018. (A) Repose time (in days) prior to each explosion as a function of explosion number. (B) Dome status confirmed by satellite imagery. Categories consist of (i) “no dome”: when there was no visible dome within the crater, (ii) “dome growth”: when a dome was actively growing in size, and (iii) “dome static”: when there was a dome that had ceased growing. Vertical lines denote explosions, which vary in repose time over the course of the study period.
We note two important caveats for CLES data analysis. The first is that amplitude- and frequency-based analysis can only be used for some of the explosions due to clipping of the CLES infrasound sensor for larger explosions (5 explosions, see Figure 2B). Additionally, a GCA appears on CLES seismic data for most explosions (see Figure 2A), so some analyses are limited to the first ∼9 s of the explosion signal recorded by the seismometer. Station CLCO is farther away from the source than station CLES, so propagation effects to CLCO would likely be more substantial and harder to accurately determine than to CLES. Therefore, arrival time-based analysis of Cleveland acoustic signals at station CLES provides the most complete and reliable assessment, more so than amplitude- or frequency-based calculations at either station.
4. SEISMO-ACOUSTIC TIME LAG INVESTIGATION
The observed variable seismo-acoustic time lag (ttobs) is defined as the time difference between the infrasound travel time (ttinfra) and the seismic travel time (ttseis)
[image: image]
The acoustic arrival time in relation to the seismic arrival of the explosion signal at station CLES is found to vary up to 2.20 s for the 22 explosions investigated, as shown by Figure 2B where traces are aligned to the seismic arrival. The seismic and acoustic arrival times are picked on unfiltered vertical seismic and infrasound data, respectively, first using a short term average long term average algorithm (STA/LTA, STA length = 0.01 s, LTA length = 0.3 s) before values are manually refined. These seismo-acoustic time lags vary with explosion number (Figure 4A) and span a range of 9.75–11.95 s at a distance of 3.5 km from the vent. The distribution of seismo-acoustic time lags for the 22 explosions investigated is skewed towards shorter time lags, with a mean time lag of 10.53 s and median of 10.20 s (Figure 4B).
[image: Figure 4]FIGURE 4 | Seismo-acoustic time lag for Mount Cleveland explosions (A) as a function of explosion number, and (B) as a histogram of the time lag distribution. Histogram bins are 0.125 s in width.
A schematic of the seismo-acoustic propagation paths is shown by Figure 5. The seismic wave travels directly from the explosion source (Figure 5, Location 1) to station CLES (Figure 5, Location 4). This distance is dependent on the explosion source depth. However, because the seismic velocity is an order of magnitude greater than the acoustic velocity (∼2,500 m/s compared to ∼340 m/s) and the source-receiver distance is small (∼3.5 km), the exact distance does not have a major effect on the seismic travel time (ttseis). We also assume that the seismic velocity is constant and does not change between explosions or along the path. The calculation of ttseis is shown by the following equation.
[image: image]
[image: Figure 5]FIGURE 5 | Breakdown of propagation segments for the seismic and infrasound paths. Location 1 is the explosion, Location 2 is the bottom of the crater (dome surface), Location 3 is the summit, and Location 4 is station CLES. The signal recorded by the infrasound sensor (dashed line) propagates from Location 1 through Locations 2, 3, and 4, while the initial signal recorded by the seismometer (dotted line) travels directly from Location 1 to Location 4. Elevation profile from the Polar Geospatial Center ArcticDEM (Porter et al., 2018). Vertical exaggeration is ∼2.5.
Using values of υseis = 2,500 m/s and dseis = 3,800 m (assuming an explosion source near the summit), the seismic travel-time between the explosion and receiver (ttseis) is 1.52s. The wave recorded by the infrasound sensor has a more complex propagation path. It propagates from the explosion source in the conduit (Figure 5, Location 1) to the bottom of the crater and vent location (Figure 5, Location 2) at acoustic velocity within the conduit (υconduit) over a distance equivalent to the source depth (dsource). Then, the wave propagates from the bottom of the crater (Figure 5, Location 2) to the top of the crater (Figure 5, Location 3) then to station CLES (Figure 5, Location 4) at the effective sound speed (ceff) (“Atmospheric Effects” section).
The travel time of the pressure wave that is recorded by the infrasound sensor (ttinfra), and therefore variable observed acoustic time lag (ttobs), is most likely affected by the following factors: the atmosphere (ttatm, “Atmospheric Effects” section), potential nonlinear propagation (ttnonlinear, “Nonlinear Propagation” section), and distance from the crater floor to the source in the conduit (dsource) coupled with potentially varying conduit material velocities (ttconduit, “Source Depth Within the Conduit” section). We summarize the various contributions on the arrival time recorded by the infrasound sensor (ttinfra) as follows, and discuss them in subsequent sections:
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4.1. Atmospheric Effects
Variations in wind and temperature affect the propagation velocity of infrasound. These effects have been the source of multiple recent studies of volcanic explosions in Alaska (e.g., De Angelis et al., 2012; Iezzi et al., 2019b; Schwaiger et al., 2019; Schwaiger et al., 2020). Infrasound propagates in the atmosphere at the speed of sound, defined as
[image: image]
where γ is the specific heat ratio, R is the universal gas constant, and T is the temperature (Pierce, 1981). In a realistic moving atmosphere, this adiabatic sound speed (Eq. 4) is modified by the vector component of the horizontal wind velocity in a particular direction ([image: image]) and is termed the effective sound speed (ceff), defined as (Salomons, 2001; Fee and Matoza, 2013)
[image: image]
For Cleveland explosions registered at station CLES, the shortest observed time lag is 9.75 s (requiring a ceff of 0.392 km/s over a range of 3.826 km) while the longest time lag is 11.95 s (requiring a ceff of 0.320 km/s over a range of 3.826 km). This spread in effective sound speeds is unlikely, even considering the range of extreme wind and temperatures at Cleveland, as it would require winds of approximately 70 m/s sustained along the entire travel path. This would create very high noise levels at the site. We apply two different methods for inferring the contribution of the atmosphere on acoustic arrival time at CLES (i.e., estimating a unique ceff for each explosion).
The first method to better understand the possibility of the atmosphere causing the variable observed seismo-acoustic time lags uses an atmospheric reconstruction model, AVO-G2S (Schwaiger et al., 2019), as no local weather stations or in-situ atmospheric data are available. The atmospheric conditions at Mount Cleveland are reconstructed at the closest 6-h interval for each explosion. Within AVO-G2S we use the National Centers for Environmental Prediction (NCEP) Reanalysis data (Kistler et al., 2001) for the lower atmosphere with resolution of 2.5° spatially and 6 h temporally. Once the atmosphere is reconstructed, a 1D stratified atmospheric profile at the location of Mount Cleveland (52.822°N, 169.945°W) is extracted from the reconstruction. The scalar value for effective sound speed (ceff) above the vent (z = 1.8 km asl) in the direction of CLES (86.6° from N) is used to calculate the predicted acoustic travel time from the summit to CLES based on atmospheric conditions at the time of each explosion:
[image: image]
where d = 3.826 km (the hypotenuse distance from the summit to station CLES) plus the hypotenuse distance from the top of the dome to the crater rim (Figure 5, Locations 2–3). This distance is calculated by converting the dome area observed in satellite imagery by AVO to a dome height above the crater floor, using the ArcticDEM digital elevation model (Porter et al., 2018) for crater shape. We note that the presence or absence of a dome only changed the infrasonic path length by ∼40 m at most (depending on the size of the dome), which at a reasonable acoustic speed corresponds to 0.12 s.
The second method leverages the use of the explosion signal arrival time at one of the elements from the infrasound array (CLCO, element 1) that is at a similar azimuth from the vent as station CLES. The azimuths from the Cleveland summit to stations CLES and CLCO are 86.6° and 109.5°, respectively, so the azimuthal difference between the two stations is 22.9°. The infrasound arrival time of the explosion at station CLCO is picked and the two acoustic arrival times are subtracted. Using the distance between the stations (12.33 km) and the difference in arrival times, the effective sound speed based on station arrival times is calculated using Eq. 6.
Our results indicate that AVO-G2S-derived ceff values are systematically lower than ceff values found using the acoustic arrival time difference between CLES and CLCO by 0–25 m/s (Figure 6A). The observed travel time is calculated as the time lag between the seismic and infrasound arrivals at CLES, plus seismic travel time from the conduit to CLES (ttseis, Eq. 2). Both the observed and predicted (ttatm) travel times as a function of explosion number are shown in Figure 6B. It is clearly seen that the relatively large variation in observed acoustic travel times is not well predicted by either the atmospheric conditions of global reanalysis files (model-based) or calculations between CLES and CLCO arrivals (data-based). For the rest of our analyses, we choose the second method for effective sound speed (ceff) calculation. If the seismo-acoustic time lags were solely due to changes in the atmosphere, we would expect a very strong correlation with the effective sound speed. However, there is only a weak negative relationship between the two values (Figure 6C). From these analyses, we conclude that while changing atmospheric conditions may partially contribute to the variable seismo-acoustic time lag observed at Cleveland, there is a lack of evidence that it is the main cause for the observed variations.
[image: Figure 6]FIGURE 6 | Predicted acoustic travel time based on atmospheric effects. (A) Derived ceff from the two methods, 1) using AVO-G2S and 2) the acoustic arrival time difference between stations CLES and CLCO1. The solid line is 1:1 (values are exactly the same), with dotted lines being successively offset by 10 m/s. (B) Observed (ttobs, black dots) acoustic travel time, predicted (ttatm) acoustic travel time from the summit to station CLES using AVO-G2S (gray crosses), and predicted (ttatm) acoustic travel time from the acoustic arrival time difference between stations CLES and CLCO1 (gray triangles). (C) Seismo-acoustic time lag vs effective sound speed (ceff) using the CLES/CLCO arrival times for each explosion, showing a weak negative relationship. (D) Peak pressure at station CLES vs effective sound speed (ceff) for each explosion that did not clip the infrasound sensor. No correlation indicates that the larger amplitude explosions did not happen to occur during times of higher effective sound speeds.
4.2. Nonlinear Propagation
A second factor that may contribute to a change in acoustic propagation time is nonlinear propagation, which is often neglected in local infrasound studies but mentioned as a potential source of error and uncertainty (e.g., Fee et al., 2017; Iezzi et al., 2019a). However, the potential impact of nonlinear propagation on the arrival time (ttnonlinear) should be quantified, as nonlinear waves with supersonic sound speeds have been observed for volcanic explosions (e.g., Yokoo and Ishihara, 2007; Marchetti et al., 2013).
For very high amplitude acoustic sources such as some Vulcanian explosions, the sound waves produced may travel faster than the speed of sound (i.e., supersonic) and propagate nonlinearly. In nonlinear propagation, the waveform distorts as it travels, where the compressional phase travels faster than the rarefaction, potentially steepening into a shock wave (Atchley, 2005; Reichman et al., 2016; Maher et al., 2020). This shock wave is often described by the Friedlander equation (Friedlander, 1946), which defines the pressure of a shock wave (p(t)) as
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where Ps is the source overpressure and t* is the relaxation time (time when the rarefaction begins after the compression returns the ambient pressure). This equation for a theoretical blast wave using t* = 0.75 (value chosen to resemble data from Cleveland explosions) is shown as Figure 7A, along with the waveform for Explosion 44 from Cleveland. A recent study by Maher et al. (2020) performed a detailed analysis of local infrasound data from Sakurajima volcano and the potential impact of spectral energy transfer to higher frequencies due to nonlinear propagation. They find that the effects of nonlinear propagation have a second-order impact on source quantification, whereas the effects of wind and topography may be more influential on the recorded waveform. de Groot-Hedlin (2016) find that nonlinearity has a greater effect on the frequency of the waveform as compared to the amplitude as infrasound propagates away from the source. To our knowledge, there has not been a thorough study on the impact on arrival time due to nonlinear propagation for volcanic explosions.
[image: Figure 7]FIGURE 7 | Potential contributions to the seismo-acoustic time lag from nonlinear propagation. (A) Friedlander Equation for a blast wave (gray) with normalized Explosion 44 waveform (black). (B) FDTDWave simulation results over a flat plane for source pressures between 50 Pa and 100 kPa at a range of 3.8 km from the source. (C) Normalized FDTDWave simulation results from the previous subplot. (D) Seismo-acoustic time lag vs peak pressure at CLES for explosions that did not clip the infrasound sensor. Open circles represent the time lag for explosions that clipped the infrasound sensor, plotted at a peak pressure of zero.
We note that peak pressures at CLES do not appear to strongly correlate with seismo-acoustic time lags (Figure 7D), indicating that nonlinear propagation (if present) has minimal effect on the seismio-acoustic time lag for Cleveland explosions. This is consistent with the findings of Maher et al. (2020), where nonlinear propagation was found to be a secondary effect on the observed waveform. However, it does appear that the highest peak pressures and those that clipped the infrasound sensor (Figure 7D, open circles) had lower seismo-acoustic time lags. Additionally, we investigate the connection between higher amplitude explosions and the atmospheric conditions. The lack of correlation between the peak pressure at station CLES (for events that did not clip the sensor) and the effective sound speed (Figure 6D), indicates that the larger amplitude explosions did not occur during times of higher effective sound speeds.
We use a 2D finite-difference time-domain (FDTD) code, FDTDWave (de Groot-Hedlin, 2016), to model the potential impact of nonlinear propagation on the acoustic arrival time. Our simulations involve propagating a source with a maximum frequency of 2.0 Hz over a flat plane to a range of 20 km with synthetic receivers spaced every 100 m. We set the transition from nonlinear to linear propagation at 1% ambient pressure (de Groot-Hedlin, 2016), though we note that testing was performed varying this parameter between 0.5 and 5% with no change in our results. We input source pressures ranging from 50 Pa to 100 kPa and note that current modeling capabilities using this code are limited to a linear, Gaussian input source.
Nonlinear propagation modeling results for a synthetic receiver at 3.8 km from the source (slant distance from the Cleveland summit to station CLES) show the expected distortion due to increasingly nonlinear propagation (Figures 7B,C). As the source pressure increases, the compression travels faster while the rarefaction travels relatively slower, similar to results in Maher et al. (2020). Therefore, the arrival time of the peak compression decreases with higher source pressure (Figure 7C). However, even using extreme values of source peak overpressures (Figure 7C, approximately 1,000 Pa at the range of CLES), we are not able to form a full shock front or detect a noticeable change in arrival time of the initial explosion signal recorded by the infrasound sensor. Therefore, we do not find a quantifiable impact on ttinfra from nonlinear propagation effects.
4.3. Source Depth Within the Conduit
The effects of the atmosphere and nonlinear propagation can be reasonably approximated using available data and modeling. Therefore, in previous sections we constrained these values first and assume all residual time discrepancies are due to a variable explosion source depth (dsource) within the conduit and/or conduit velocity (υconduit). Explosion source depth and conduit conditions are less well-understood than other aforementioned factors affecting the seismo-acoustic time lag.
The travel time of a pressure wave in the conduit from the explosion depth to the bottom of the crater can be estimated by:
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Due to the poorly understood conditions within the conduit and limited seismo-acoustic data, we investigate the potential variable explosion source depth using three techniques: volcano acoustic seismic ratio (VASR), seismic cross-correlation between explosions, and seismic particle motion analysis. We also tried methods of investigating the arrival time of various seismic frequency components and CLES/CLCO seismic amplitude ratio. We include those analyses in the Supplemental Material, as they were not found to be as useful as the three methods in this section (see Supplementary Figures S2 and S3 along with associated text). We are not able to estimate the actual source depth due to the limited data.
4.3.1. Volcano Acoustic Seismic Ratio
Volcanic explosion energy couples into both the atmosphere as acoustic energy and ground as seismic energy. We follow the methods of Johnson and Aster (2005) to calculate the relative partitioning of the energy that is recorded as acoustic and seismic waves, termed Volcano Acoustic Seismic Ratio (VASR). Lower VASR may suggest a deeper explosion source within the conduit; however, caution should be exercised in this interpretation as there are many other factors that can affect the energy partitioning. Note, this can only be used for explosions that did not clip the infrasound sensor.
The acoustic energy (Eacoustic) radiated can be calculated by integrating over a hemispherical surface, assuming a monopole source and homogeneous atmosphere (e.g., Firstov and Kravchenko, 1996; Johnson, 2003; Vergniolle et al., 2004; Johnson and Aster, 2005)
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where ρatmos is the air density, catmos is the speed of sound, and ΔP is the excess pressure. Similarly, the seismic energy (Eseismic) for an isotropic source located at the top of a homogeneous halfspace can be calculated using (Boatwright, 1980; Johnson and Aster, 2005)
[image: image]
where r is the distance between source and receiver, S is the seismic site response, A is the attenuation, ρearth is the volcano density, and U2 is the squared particle velocity.
We follow suggestions of Johnson and Aster (2005) and use a bandpass filter between 0.5 and 12 Hz for both acoustic and seismic traces, ρatmos = 1.2 kg/m3, catmos = 340 m/s, ρearth = 2,000 kg/m3, and υseis = 2,500 m/s. Note since we do not have good estimates of the seismic attenuation or site response, the values we calculate are only relative to other Cleveland explosions (termed “relative VASR”, VASRrel) since we set S and A equal to one (i.e., the seismic portion is not true “energy”) and should therefore not be compared with values from other studies. A similar method was used in Fee et al. (2020). Energies are calculated over the first 9 s of the explosion signal onset (infrasound calculation is delayed by the seismo-acoustic time lag) since GCAs appear for most explosions on the seismic data after this time.
VASRrel is variable for the explosions investigated here (Figure 8A), with Explosions 45, 47–48 having the highest VASRrel and the rest of the explosions being lower. While there is no trend observed between low values of VASRrel and the seismo-acoustic time lag (Figure 8B), the three explosions with the highest VASRrel values (Explosions 45, 47–48) have low seismo-acoustic time lags and none of the explosions with higher seismo-acoustic time lags exhibited high values of VASRrel.
[image: Figure 8]FIGURE 8 | Relative VASR (VASRrel) for explosions that did not clip the infrasound sensor (A) as a function of explosion number and (B) compared to the seismo-acoustic time lag.
4.3.2. Seismic Cross-Correlation
Correlation between seismic waveforms can be used to help determine precise seismic source locations and identify similar source properties from the recorded waveforms. The premise is that seismicity that occurs in the same location may have very similar waveforms due to the seismicity experiencing the same propagation effects over the same path between the source and receiver (Waldhauser and Ellsworth, 2000; Green and Neuberg, 2006; Varley et al., 2010). Using each explosion as a template, we cross-correlate the vertical trace with the rest of the explosions. The seismic data are trimmed to a 10.5 s window surrounding each explosion, starting 1.5 s prior to the explosion onset and ending 9 s after to avoid the GCAs. The data are bandpass filtered between 0.1 and 1.0 Hz.
The correlation of the seismic waveforms between explosions is variable. An example of the similarity between the highly correlated Explosions 45 and 46 (correlation value of 0.91) in this frequency band is shown by Figure 9A. Cross-correlation results for all explosions are shown in Figure 9B, where the diagonal line represents each event correlated with itself (cross-correlation value of 1). There is a section of higher correlation values in the center of Figure 9B (Explosions 43–48), which not only occur sequentially in time, but also have a fairly stable time lag around 10.0 s (Figure 4A). We discuss this further in the “General Characterization of Explosions” section. Explosions 53–59 also have high correlation values (Figure 9B), but in contrast to the previous cluster, the corresponding seismo-acoustic time lags are not similar (Figure 4A). Explosion 45 appears to have higher correlation values with the other explosions (Figure 9B) as well as a time lag close to the median (Figure 4A). The cross-correlation values between Explosion 45 and all other explosions are compared with the seismo-acoustic time lag of each explosion (Figure 9C). The relationship has a “V” shape, where the cross-correlation value increases slightly/remains constant from the lowest time lag, reaches a maximum correlation value at the time lag associated with Explosion 45 (time lag = 10.00 s, cross-correlation value = 1), then the cross-correlation value decreases again as the time lag continues to increase. This indicates that explosion waveforms become more similar as they approach the time lag of Explosion 45. This pattern occurs, to some extent, for most of the explosions with time lags around 10 s. Therefore, explosions with similar seismic waveforms, as measured by the cross-correlation value between them, may occur at similar depths within the conduit, assuming that the seismo-acoustic time lag is related to the source depth.
[image: Figure 9]FIGURE 9 | Seismic cross-correlation analysis in the 0.1–1.0 Hz frequency band. (A) Waveforms for Explosions 45 and 46 with a cross-correlation value of 0.91. (B) Seismic cross-correlation values for all explosions. (C) Seismo-acoustic time lag vs cross-correlation value for example Explosion 45 compared to other explosions. As the time lag increases, the cross-correlation value increases to a maximum and then decreases again (red arrows).
4.3.3. Seismic Particle Motion
Analysing the particle motion of the three-component seismic data may help understand the explosion source depth within the conduit (e.g., Rowe et al., 1998), or at least the source depth relative to other explosions at Mount Cleveland. Here we examine the particle motion and dip angle for each explosion to get an estimate of the depth. Seismic data at station CLES are integrated from velocity to displacement. Then they are bandpass filtered between 0.25–0.5 Hz and rotated from North (N) and East (E) components to Radial (R) and Transverse (T) components with respect to the vent location (Figures 10A,B). Particle motion analysis is performed for the first 6 s of the seismic explosion signals, which generally shows stable particle motion.
[image: Figure 10]FIGURE 10 | Particle motion analysis for example Explosion 38 in the 0.25–0.5 Hz frequency band. (A) Vertical seismic displacement. (B) Radial seismic displacement. (C) Particle motion for the first 6 s of the explosion (red section in panels (A) and (B)), colored as a function of time. The solid black line is the least-squares fit, allowing for the computation of dip angle from horizontal (θ) (D) Time lag vs. dip angle from horizontal (θ), generally showing a trend where larger time lags tend to have larger dip angles (R-squared value of 0.22).
The dip angle (θ) is defined as the angle below the horizontal of the least squares fit to the first 6 s of the R and Z components of the displacement (Figure 10C). Dip angles range from 21.8–48.3° and are distributed fairly uniformly across this range. Explosions with larger dip angles from horizontal tend to correspond to larger seismo-acoustic time lags (Figure 10D). Four explosions are excluded from this analysis (Explosions 39, 49, 50, and 52) for not having rectilinear motion in the first 6 s of the explosion, and therefore no clear dip angle. We caution that near-surface effects (e.g., Neuberg and Pointer, 2000) may affect the absolute dip angle so a direct conversion to depth is not taken here. However, these near surface effects are assumed to be constant over time and minimal in this low frequency band, therefore the relative changes in dip angle between explosions indicate a changing source depth. The three events with dip angles >40° are Explosions 41, 42, and 51, all of which have large differences (>1 s) between the observed and predicted arrival time based on atmospheric conditions (Figure 6B). This suggests relatively deeper sources for explosions with larger time lags than those with shorter time lags. Thus, the pressure wave travels a longer distance prior to reaching CLES, therefore having a larger time delay compared with the seismic arrival.
5. DISCUSSION
5.1. General Characterization of Explosions
The activity of Mount Cleveland has fluctuated through time and it remains one of Alaska’s most historically active volcanoes. The time period analyzed in this study (2014–2018) contains the transient dome building and destruction styles that Cleveland has been known to produce. In 2001, Cleveland exhibited higher eruptive activity with large volcanic plumes (Dean, 2002; Simpson et al., 2002; Dean et al., 2004; Gu et al., 2005). After this time, the volcano was relatively quiet until December 2011, when activity was again heightened and AVO began recording their current explosion catalog. While most of the activity from 2011 to the time of writing was Vulcanian in nature, two explosions in 2013 book-ended a continuous eruption lasting 44 h that was recorded by the infrasound array and as GCAs by the seismic network at Okmok volcano (Power et al., 2020). Additionally, we note that the repose time prior to the most recent explosion at the time of writing (June 2, 2020), was 510 days, the longest repose time in 9 years so it appears the volcano may have entered a new eruptive phase. Explosion dynamics may still be similar though.
Repose time prior to explosions within the study period varied between 2 and 257 days and appeared to occur irrespective of whether a lava dome extruded and was visible on the crater floor (Figure 3B). This is surprising, as we expected the existence and size of a dome to have an impact on the amount of pressure that can be built up in the shallow conduit system prior to the explosion. Therefore, we assume that the observation of “no dome” visible on the crater floor in satellite imagery still means that some form of hardened plug occurs at the top of the conduit that causes pressure to build within the conduit and create the next Vulcanian explosion. We note that permanent gas instrumentation may help better understand this relationship between the dome and subsequent build up of pressure, due to the nearly continuous degassing from fractures within the dome surface.
Unlike the similar nature of the seismic explosion signals, the characteristics of the infrasound signal varied substantially between explosions. Peak pressures at 3.5 km distance from the summit ranged between 20 and 260+ Pa for short-duration Vulcanian explosions, sometimes with acoustic tremor occurring for several minutes after the initial blast. The waveforms of some explosions were similar to a typical blast wave (e.g., Explosion 44, Figure 7A) where the onset is very sharp, and potentially propagated faster than the expected speed of sound. Some explosions have a preceding low amplitude infrasound phase <0.5 s prior to the main explosion onset that may be attributed to a minor increase in pressure due to the swelling or “uncorking” of the lava plug within the crater (e.g., Explosion 40, Figure 2B). This has been seen at other similar volcanoes such as Lokon-Empung (Yamada et al., 2016), Sakurajima (Yokoo et al., 2009), and Suwanosejima (Yokoo and Iguchi, 2010). Some explosions exhibit a single main compressional phase (e.g., Explosion 44, Figure 2B and Supplementary Figure S1A) while other explosions have multiple compressions in a row, which may correspond to a “slow” or complex destruction of the dome (e.g., Explosion 42, Figure 2B and Supplementary Figure S1B). These explosions with multiple compressions have been seen at Sakurajima volcano (e.g., Fee et al., 2014) as well. These observations suggest the surficial component of the explosions, including dome destruction, is complex and variable at Mount Cleveland. We note that some of these features may be obscured in the signals that clipped the infrasound sensor. AVO installed an infrasound sensor in July 2018 with a higher dynamic range that should not clip at station CLES for future explosions of Mount Cleveland.
A notable period of activity is the cluster of Explosions 45–48 (May 2017 to September 2017, see Figure 11). These events had repose intervals between 35 and 54 days (Figure 3A), similar seismo-acoustic time lags of ∼10.00 s (Figure 4A), similar seismic cross-correlation values (Figure 9B), and dip angles tightly clustered between 32.5° and 36.3° (Figure 10D). Given the plethora of similarities, we conclude that Cleveland was in a relatively stable and regular state of activity during this time period.
[image: Figure 11]FIGURE 11 | Summary figure of trends as a function of explosion number. The five parameters plotted have each been normalized between 0 and 1 and consist of repose time (days), seismo-acoustic time lag (s), VASRrel, cross-correlation value with Explosion 45, and dip angle from horizontal (θ) (°). The period of apparent stability in the volcanic system (Explosions 45–48) and explosions that are believed to be initiated deeper within the conduit (Explosions 41, 42, and 51) are highlighted with gray shading.
5.2. Implications for Source Depth Within the Conduit
Our results indicate that the explosion depth varied notably between different events and is likely responsible for the variable seismo-acoustic time lag. While an absolute calculation of explosion depth for all 22 explosions in this study does not appear feasible due to our limited data, some trends exist that allow for inferences on relative explosion source depths. Results from the seismo-acoustic time lag investigation are summarized in Table 1 and Figure 11, where Figure 11 shows the repose time, seismo-acoustic time lag, VASRrel, cross-correlation with Explosion 45, and dip angle from horizontal, each normalized between 0 and 1. It is also clear, from analyses of the atmospheric effect on travel time using two independent methods, that the atmosphere is not the sole cause of the observed variable seismo-acoustic time lags (Figure 6B). Additionally, nonlinear propagation modeling did not yield a change in the onset time of the acoustic arrival at 3.8 km range and source amplitudes comparable (and larger) to those of Cleveland explosions, just a change in the arrival time of the peak pressure. Therefore, we conclude that something else must play a critical role in the variable seismo-acoustic time lags observed, which we argue is a change in explosion source depth within the conduit.
Explosions with shorter seismo-acoustic time lags (<∼10.2 s) may have shallower source depths within the conduit. This is evidenced by small residuals between observed and predicted travel times based on atmospheric effects (<0.5 s) (Figure 6B), higher VASRrel in some cases (Explosions 45, 47, and 48, Figure 8A), higher seismic-cross correlation values in general (Figure 9B) and in relation to Explosion 45 (Figure 9C), and lower-to-average dip angles based on seismic particle motion (Figure 10D). These results are also summarized in Table 1 and Figure 11. The low residuals between observed and predicted travel times based on atmospheric effects mean that the atmospheric predictions for the entire acoustic propagation path (Locations 1 through 4, Figure 5) are well predicted by the path length within the atmosphere (Locations 2 through 4, Figure 5). Therefore, the distance between Locations 1 and 2 in Figure 5 (i.e., explosion source depth) may be small. Explosions 45, 47, and 48 have high VASRrel values, which indicates that a higher fraction of the explosion energy coupled into the atmosphere as compared with other explosions, also suggesting a shallow source or change in coupling from the conduit to the conduit wall. The seismic signatures of these events have high correlation, suggesting they may occur in a similar location and thus have the same propagation path to the seismic sensor. Finally, the dip angles of the seismic particle motion analysis for these events are smaller than explosions with larger time lags (e.g., Explosions 41, 42, and 51, dip angles >40°), suggesting a shallower source. While the dip angles seem to point to a source lower than station CLES for all explosions (e.g., Figure 10C), the travel time residuals are low (i.e., the observed time lag seems to be explained well by the predicted acoustic travel time based on the effective sound speed) and may therefore have a short path within the conduit. This is likely related to the surface displacement for P-waves incident at a sloped free surface (e.g., Ben-Menahem and Singh, 2012, their Figure 3), which causes the observed motion to be upward and outward even though the explosion source may be shallower than station CLES. The combination of these observations suggests these events with shorter seismo-acoustic time lags have a shallower source than other explosions at Mount Cleveland.
Explosions with larger seismo-acoustic time lags are likely associated with deeper explosions. This is evidenced by the higher travel time residuals between observed values and those predicted using the effective sound speed (Figure 6B), low cross-correlation values with respect to Explosion 45 (Figure 9C), and larger dip angles from particle motion analysis (>40°, Figure 10D) (Table 1, Figure 11). The three events with dip angles greater than 40° are Explosions 41, 42, and 51, all of which have large differences between the observed and predicted arrival time based on atmospheric conditions (>0.88 s, Figure 6B). We use these three likely deeper explosions to perform calculations on maximum source depths for explosions at Mount Cleveland where the residual travel times (after accounting for atmospheric effects) are 0.88, 1.77, and 1.21 s, respectively. Tameguri et al. (2002) find a reasonable conduit propagation velocity for Sakurajima to be in the range of 1,400–1,900 m/s and Yamada et al. (2016) estimate the velocity of the pressure wave to be > 1,000 m/s at Lokon-Empung. If we use a lower conduit velocity of υconduit = 1,000 m/s, explosion depths would be 880, 1770, and 1,210 m, respectively. If we choose a higher conduit velocity of υconduit = 1,500 m/s, explosion depths would be 1,320, 2,655, and 1,815 m, respectively. Haney et al. (2019) finds volumetric source locations using moment tensor inversions in the VLP band from 0.25 to 0.5 Hz for the first 2 s of the waveform of 400–640 m above sea level (depths of ∼1,090–1,330 m beneath the summit), which appear to be in the range of our results and favor the lower υconduit. We note that moment tensor inversions for explosions from the analogous Tungurahua volcano, Ecuador, point to a source region 1.5 km below the summit (Kim et al., 2014), comparable to estimates for deeper explosions at Mount Cleveland. Additionally, the range of potential source depths we calculate is consistent with the proposed vertically extensive region of magma degassing between 0.5 and 3.0 km beneath the summit at Mount Cleveland in 2016 (Werner et al., 2020).
While changing the depth of the seismic explosion source would affect the time the pressure wave propagates up the conduit, the conduit propagation velocity may also vary due to changing composition and density of the conduit material between explosions. This has been hypothesized in previous studies of analogous volcanoes, including Tungarahua (Ruiz et al., 2006) and Santiaguito (Sahetapy-Engel et al., 2008). While this may occur to some extent at Mount Cleveland, we believe that a changing source depth potentially occurs for Mount Cleveland due to the positive relationship between increasing seismo-acoustic time lag with increasing dip angle from seismic particle motion analysis (Figure 10D), which suggests a changing source location.
Explosion 37 has a similarly large residual between the observed and predicted arrival time based on atmospheric conditions (1.81 s) but lacks the large dip angle observed for other explosions with large residuals (Explosions 41, 42, and 51, explained above). Upon closer inspection of the infrasound waveform, a small compression is noted ∼1.8 s prior to the main onset. This feature is likely not noise, as it shows up at the infrasound array CLCO as well. Therefore, we conclude that the small compression may be an arrival from movement of the dome surface, and that the dome did not completely rupture until ∼1.8 s later, causing a larger delay in the main acoustic onset.
5.3. Other Potential Impacts on Seismo-Acoustic Time Lag
Uncertainties can be introduced when picking the seismic and infrasound onset times. The seismic onsets are low-amplitude compressions which are consistent with studies of similar volcanoes such as Sakurajima (Tameguri et al., 2002), Tungurahua (Ruiz et al., 2006), and Lokon-Empung (Yamada et al., 2016). We chose to pick seismic arrivals on unfiltered waveforms to obtain the first sign of signal onset, as filtering in certain bands may obscure the subtle onset. The infrasound arrival is generally signified by a rapid increase in pressure. However, some explosions have a slow compressional onset (<0.5 s) prior to the rapid onset, which may introduce a small (few tenths of a second) error (e.g., Explosion 40, Supplementary Figure S1C). Both of these potential onset time errors do not change the fact that large variations (up to 2.20 s) in seismo-acoustic time lag exist between explosions at Mount Cleveland.
Two methods were used to determine the impact of the atmosphere on the propagation velocity of the infrasound signal, both of which have pros and cons. The first method used an atmospheric reconstruction model, AVO-G2S (Schwaiger et al., 2019). Using models such as this to obtain atmospheric information is known to not fully capture the exact atmospheric conditions at the time and location of the event (e.g., Iezzi et al., 2019b; Schwaiger et al., 2020). For example, these models have been found to be inadequate for the local atmospheric and boundary layer properties for propagation distances similar to that explored in this study (e.g., Kim et al., 2018). Therefore, atmospheric conditions may not capture smaller-scale changes such as variations within the 6 h increments, transient wind gusts, or flow around topography (i.e., a volcanic edifice). These inaccuracies and simplifications (both spatially and temporally) can be due to using coarse resolution input windfiles (NCEP reanalysis files, 2.5° and 6 h, respectively), as well as smoothing and interpolation during the reconstruction process in order to obtain a 1D atmospheric profile above the volcano. This may explain why the AVO-G2S derived effective sound speed values were systematically lower than those from our second method by 0–25 m/s (Figure 6A). The second method used to obtain effective sound speeds took advantage of the infrasound array CLCO, located 12.33 km further and 22.9° south of the CLES-summit azimuth. While 22.9° is a relatively low azimuthal deviation, if winds were strong the effective sound speed comparison would have error. However, we use this value because it is likely a more accurate representation of the atmospheric conditions at the time of each explosion.
To further investigate the potential effect of wind noise that may remain unresolved by both methods for determining the impact of the atmosphere on the propagation velocity, we look at the low frequency (0.02–0.3 Hz) component of infrasound for each explosion, as the spectral amplitude in this frequency band can sometimes be used as a proxy for wind noise (e.g., Fee and Garces, 2007). We include the infrasound power spectral density (PSD) for the 60 min prior to each explosion in Supplemental Figure S4, and note that the magnitude of the noise levels in this frequency band varies between explosions and does not show a clear correlation with time lag. However, it is not possible to fully interpret wind-related travel time effects on the time lag analysis because the noise conditions captured by the PSD do not account for directionality of the wind. For future studies that may be interested in obtaining explosion source depth from the seismo-acoustic time lag, we suggest adding an in-situ measurement of wind speed and direction using an anemometer along with the co-located seismic and infrasound sensors in order to more thoroughly capture the influence of the atmosphere.
The nonlinear FDTD modeling results in this study did not produce a measurable difference in the onset time of the explosion signal, nor the formation of a shock front. We note that our interpretations are limited by current modeling capabilities only using a linear source. Some of the waveforms at CLES show similarities to shock waves, which we believe would impact the acoustic arrival time observed at CLES due to the shock front overtaking the gradual onset observed for many of the Cleveland explosions. We surmise that future simulations performed that include a nonlinear source may produce a more realistic acoustic travel time. While the simulations performed here did not reproduce nonlinear impacts to the explosion arrival times, we believe there still may be a small contribution due to the highest peak pressures and those that clipped (Figure 7D, open circles) having lower seismo-acoustic time lags. This could be a coincidence, but should be explored further. Building upon a study on Bromo volcano, Indonesia, by Gottschämmer and Surono (2000), Kim et al. (2014) corrected their infrasound onset times for explosions at Tungurahua volcano, Ecuador, using a constant shock velocity of 560 m/s within 2 km of the source, then 340 m/s beyond 2 km. However, we do not feel confident enough to include this type of sound speed assumption in our study with data from only a single station. Due to the uncertainties from a variety of features of potential nonlinear propagation, we chose to not include the potential contribution to our calculations on explosion source depth.
Observing nonlinear propagation near the source is difficult because infrasound sensors are generally placed far enough away from the source in order to decrease hazard to the field team and equipment. Therefore, interpretations often integrate multidisciplinary observations of pressure waves in order to better understand near source pressure dynamics. The propagation of pressure waves or “flashing arcs” has been observed and studied using image luminance techniques (e.g., Genco et al., 2014) and thermal imagery (e.g., Marchetti et al., 2013) then connected to the acoustic propagation velocity of volcanic explosions. Genco et al. (2014) find that explosions at Stromboli volcano propagate at the expected speed of sound, not faster. Marchetti et al. (2013) find that acoustic waves from explosions at Yasur volcano propagate supersonically, along with the observation of blast wave shapes in the infrasound traces. Recall that in nonlinear propagation every point on the waveform travels with a different speed (compression faster than rarefaction), which begs the question of exactly which part of the acoustic waveform this supersonic propagation speed corresponds to, the initial onset (which we are exploring in this study) or the peak compression (which has been shown to arrive faster in both this study and in others)? This remains unclear and should be investigated more thoroughly in the future.
6. CONCLUSION
Multi-year studies of volcanic activity provide observations of trends. Deviations from those trends prove useful for volcano monitoring that may not be apparent for studies using temporary deployment data that may only catch a few explosions (e.g., Lamb et al., 2019; Wallace et al., 2020). Here we examined the activity at Mount Cleveland from 2014 to 2018 and put it in context of recent work focused on shorter-term, dense observations. We find that Mount Cleveland generally followed a pattern of dome building and subsequent Vulcanian explosions, but parameters including repose time, explosion amplitude, and explosion characteristics varied substantially over the 4 years. In general, seismo-acoustic data from these explosions consisted of typical Vulcanian eruption signals. The seismic arrival for all explosions is a low-amplitude, compressional onset with a GCA often visible on the trace. The acoustic signal generally consists of a high-amplitude compressional onset, followed by a long duration coda. Some acoustic signals resemble high-amplitude, sharp-onset shock waves, while others have a complicated onset indicating a slower, multi-stage destruction of the lava dome. Notably, a variable seismo-acoustic time lag of up to 2.20 s is observed by co-located seismo-acoustic sensors at a station 3.5 km from the summit. Similarly variable seismo-acoustic time lags have been observed at analogous volcanoes such as Santiaguito and Tungurahua, though their precise cause is not well understood. We attribute the variable seismo-acoustic time lags to be due to a combination of varying atmospheric conditions (e.g., winds and temperature), nonlinear propagation, conduit velocity variations, and varying source depth within the conduit. Atmospheric effects were examined using two independent measurements, neither of which could entirely explain the variation observed. Nonlinear propagation impacts were determined to be minimal in relation to the onset time of the infrasound arrival, though they were difficult to quantify and model completely. We find that results from seismic cross-correlation and particle motion analysis suggest that a varying explosion source depth within the conduit may play a role in the observed variations in seismo-acoustic time lag. These results suggest explosion source depths ranging from near the surface down to ∼1.5–2 km beneath the summit. This range in explosion depths is consistent with the evidence of magma potentially residing and degassing in a vertically extensive conduit region ranging in depth between 0.5 and 3.0 km below the summit found by Werner et al. (2020). We stress that no one method provides a complete depiction of the observed variance for all explosions, but a combination of methods is required to help understand the observations. Additionally, we note that combining observations of repose time, seismo-acoustic time lag, seismic cross-correlation values, and seismic particle motion dip angles illuminated periods of stable volcanic activity for Mount Cleveland. This may be useful for the future monitoring of the volcano, such as inferring the potential repose time before another explosion occurs if the system appears to be in a stable period (e.g., Explosions 45–48).
This study was performed primarily using a single co-located seismic and acoustic station. We suggest that similar analyses may be performed at other volcanoes worldwide that have sparse monitoring networks. Even with a single co-located seismic and acoustic sensor that clips sometimes, we show that it is possible to provide meaningful interpretations on the explosion source depth which may help understand the volcanic system during times of unrest. In future years, we anticipate more geophysical and geochemical instrumentation to be installed at Mount Cleveland, which will increase our understanding of the volcanic system, build upon the results of this study, and increase the ability of AVO to monitor and forecast future eruptions of the volcano. Additionally, while this study focuses on volcanic explosions, the goal of finding depth from coupled seismic and acoustic observations is not unique to volcanic studies and can be applied to other disciplines such as the study of buried chemical explosions.
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Tarawera volcano (New Zealand) is volumetrically dominated by rhyolitic lavas and pyroclastic deposits, but the most recent event in AD 1886 was a basaltic Plinian fissure eruption. In March 2019 a swarm of at least 64 earthquakes occurred to the NE of Tarawera volcano, as recorded by the New Zealand Geohazard Monitoring Network (GeoNet). We use seismological analysis to show that this swarm was most likely caused by a dyke that intruded into the brittle crust between depths of 8–10 km and propagated toward Tarawera volcano for 2 km at a rate of 0.3–0.6 m s−1. We infer that this was a dyke of basaltic composition that was stress-guided toward Tarawera volcano by the topographic load of the volcanic edifice. Dyke intrusions of this nature are most likely a common occurrence but a similar process may have occurred during the 1886 eruption with a dyke sourced from some lateral distance away from the volcano. The 2019 intrusion was not detected by InSAR geodesy and we use synthetic models to show that geodetic monitoring could only detect a ≥6 m wide dyke at these depths. Improvements to geodetic monitoring, combined with detailed seismological analysis, could better detect future magmatic intrusions in the region and serve to help assess ongoing changes in the magmatic system and the associated possibilities of a volcanic event.
Keywords: dyke intrusion, volcano seismicity, seismology, volcanology, InSAR, Okataina Volcanic Center, Tarawera volcano
1. INTRODUCTION
Forecasting volcanic eruptions is inherently challenging due to the wide range of unrest signals (e.g., ground deformation, elevated seismicity, gas emissions) that can occur at variable rates and over variable timescales prior to eruption (e.g., Sparks et al., 2012). Many of these unrest signals can also occur without leading to eruption, highlighting the complex nature of the subsurface plumbing systems and the numerous processes that occur beneath dormant volcanoes (Moran et al., 2011). Monitoring subsurface processes is important for developing an understanding of how different volcanoes operate and for assessing any deviation from the normal background state (e.g., Cashman and Sparks, 2013; Acocella, 2014).
Many of the challenges with assessing volcanic unrest are exemplified with caldera volcanoes, which are among the most complex and dangerous types of volcano (Acocella et al., 2015). Caldera volcanoes often cover a wide geographical area (up to several ten of kilometers wide) with large, geometrically complex and heterogeneous magmatic systems that are capable of producing explosive eruptions, sometimes of great size. However, understanding of the current state of these systems is often made complex by the presence of active, shallower hydrothermal systems and fault structures (e.g., Sandri et al., 2017; Mantiloni et al., 2020). Disentangling the signals of magmatic unrest (e.g., variations in the pressure of the system due to magma recharge or ascent) vs. non-magmatic unrest (e.g., changes in the hydrothermal system or tectonic earthquakes) can be difficult, with the potential for many different mechanisms that can produce similar unrest symptoms (Acocella et al., 2015).
Here we document and interpret a series of earthquakes that occurred over a 3 day period near Tarawera volcano (New Zealand) in March 2019. Tarawera is the site of a large basaltic fissure eruption in AD 1886, but is positioned within a larger caldera structure that has a history of producing high-silica (rhyolitic) magmas (Figure 1). As such, it is important to constrain the origin of these earthquakes and to consider how they relate to the modern magmatic system and ongoing activity in the broader region around the caldera.
[image: Figure 1]FIGURE 1 | Left: Young (≤25 ka) eruptive units of the Okataina Volcanic Center. Right: Structural features of the Okataina Volcanic Center, including the location of the 1886 AD Tarawera eruptive fissure. Inset shows the location of the TVZ (black outline) and the OVC (black box) in the North Island, New Zealand. BP: Bay of Plenty, TP: Taupō, RP: Ruapehu.
2. GEOLOGICAL BACKGROUND
The Taupō Volcanic Zone (TVZ) in the central North Island of New Zealand (Figure 1) has been volcanically active since approximately 2 Ma, and from 1.85 Ma eruptions have been dominated by high-silica (rhyolitic) magmas (Eastwood et al., 2013; Chambefort et al., 2014). The TVZ can be subdivided into three segments along its length. The southern and northern segments are characterized by andesite volcanism building composite cones, whereas the central TVZ is dominated by voluminous rhyolite volcanism associated with caldera volcanoes and unusually high surface heat-flow (Bibby et al., 1995; Wilson et al., 1995). Over the last 50–60 kyr this rhyolitic volcanism has mainly been focused at Taupō and Okataina volcanoes, at the southern and northern limits of the central TVZ respectively. The TVZ also hosts the Taupō continental rift with present-day rates of extension increasing from ≤5 mm/yr at Ruapehu in the south, to 13–19 mm/yr at the Bay of Plenty coastline and increasing farther offshore (Wallace et al., 2004; Lamarche et al., 2006). The orientation of present-day extension within the Taupō rift varies from rift-orthogonal in the south to oblique in the north (Rowland and Sibson, 2001; Acocella et al., 2003; Townend et al., 2012; Seebeck et al., 2014; Illsley-Kemp et al., 2019). Several studies have suggested that extension within the Taupō rift is partially accommodated by magmatic intrusions (Rowland et al., 2010), however this may not be ubiquitous throughout the rift (Villamor et al., 2011).
The Okataina Volcanic Center (OVC) is built on a system of nested calderas formed by multiple large-volume rhyolite eruptions over at least the last ∼340 kyr (Nairn, 2002; Cole et al., 2010, 2014) (Figure 1). Over the past ∼25 kyr volcanism has been focused at the Haroharo and Tarawera volcanic complexes, in the northern and southern parts of the OVC, respectively (Nairn, 2002). Both complexes are volumetrically dominated by rhyolitic eruptive products, including voluminous lavas forming the respective edifices, erupted from vents aligned along two linear vent zones. A notable feature is that rhyolitic eruptions from the Tarawera complex have often been associated with basaltic intrusion and eruption. The most recent rhyolite eruption (the AD 1314 ± 10 Kaharoa eruption from the Tarawera complex: Hogg et al., 2003) was primed and triggered by the intrusion of primitive basalt (containing primitive olivines: Barker et al., 2020) that was mixed into the rhyolite magma reservoir (Leonard et al., 2002; Nairn et al., 2004). There is also evidence that many of the previous rhyolite eruptions from the Tarawera complex had basaltic input/interaction (Nairn, 1992; Darragh et al., 2006; Shane et al., 2007; Shane et al., 2008). The composition of basaltic magmas erupted from the OVC show little variation between eruptions but they are distinct in their composition compared to basalts erupted outside the caldera to the south (Barker et al., 2020).
The influence of basaltic magmatism at the OVC was most dramatically illustrated in the AD 1886 Tarawera basaltic Plinian eruption, sourced from a ∼17 km long fissure (Nairn, 1979; Walker et al., 1984; Sable et al., 2006) (Figure 1). However, the 1886 eruptive products show no physical evidence for any interaction with a melt-dominant rhyolite magma reservoir, only shallow xenolithic incorporation (Cole, 1970; Cole et al., 2014; Carey et al., 2007; Carey and Houghton, 2010), although some crustal contamination is indicated from trace element and isotopic data (Gamble et al., 1993; Waight et al., 2017). The inference, therefore, is that the feeder dyke rose from the base of the quartzofeldspathic crust and ascended rapidly while avoiding any interaction with evolved melt-rich magmatic reservoirs. The location of this primitive source, and the pathway of the eruptive dyke are largely unknown. Nairn and Cole (1981) document the 1886 eruptive fissures and find that the surface dykes are arrayed in a left-stepping en-echelon pattern within a larger fissure structure. The dykes have a common orientation of ∼70°, while the eruptive fissure strikes at ∼60°. This led Nairn and Cole (1981) to suggest that orientation of the dyke intrusions reflect the modern day orientation of maximum horizontal compression (SHmax), whereas the eruptive fissure reflects the orientation of an older fault structure. Vents during the eruption began at two locations at the Tarawera summit and spread both NE (for a short distance) and SW (for ∼11 km) along the fissure line during the course of the eruption (Sable et al., 2006).
In addition to the ample evidence that dyke intrusions, specifically of basaltic composition, play an important role in OVC eruptions, they are also thought to play a key role in the accommodation of extension in the Taupō rift (Rowland et al., 2010; Villamor et al., 2011). However, while dyke-accommodated rifting has been directly observed in other continental rifts (Kendall et al., 2005; Ebinger et al., 2013) and realistically has to have occurred during the 1886 eruption, it has not yet been detected in the TVZ in the modern instrumental era. Analysis of GPS data from the OVC area found that strain in the region surrounding the Tarawera fissure should promote the intrusion of dykes (Holden et al., 2015). Other geodetic studies, however, found that the OVC and TVZ are more accurately described as contractional areas at present (Hamling et al., 2015; Dimitrova et al., 2016; Haines and Wallace, 2020).
Knowledge of the modern-day location or state of the magmatic system(s) at OVC is limited. Electrical resistivity imaging shows evidence for a broadly distributed low-resistivity structure across the OVC between 10 and 20 km depth (Heise et al., 2010) and a region of partial melt to the SW of the OVC at depths ≥8 km (Heise et al., 2016). In contrast, seismic anisotropy suggests the presence of a large upper-crustal magma body (Illsley-Kemp et al., 2019). Earthquake activity in the OVC is highly swarm-like, and in the instrumental era (post-1985) has been largely limited to the Haroharo complex and to the southwest of Tarawera beneath Lake Rotomahana, outside the OVC caldera (Hurst et al., 2008; Bannister et al., 2016) (Figure 1). The Lake Rotomahana earthquake activity is thought to be caused by geothermal fluid migration along sub-surface faults between 4 and 7 km depth (Bannister et al., 2016). Eruptive histories and phenocryst mineralogies for the ≤25 ka products of the OVC suggest that Haroharo and Tarawera have different upper crustal magmatic systems, albeit at comparable depths (Cole et al., 2014). Petrological studies based on volatile concentrations in quartz-hosted melt inclusions have suggested storage pressures for the erupted rhyolitic magmas in the range of 130–160 MPa (5–7 km) for most examples (Johnson et al., 2011) with greater depths (to ∼12 km) proposed for some (Shane et al., 2007). Also, the presence of cummingtonite as a phenocryst phase in many of the young Okataina rhyolites indicates similar maximum pressures and depths (Nicholls et al., 1992). An improved understanding of the modern system would assist with the monitoring of the volcanoes, particularly as studies by Sherburn and Nairn (2004) and Holden et al. (2017) suggest that it may be possible for significant subsurface magmatic activity to occur in the OVC without detection by the geodetic monitoring currently in place. Building a better understanding of modern magmatic activity is also important for constraining tipping points that could result in magmatic activity/unrest at the OVC cascading toward major unrest and/or eruption (Acocella et al., 2015; Wilson, 2017). In this regard, it is significant that on March 12, 2019, the New Zealand Geohazard Monitoring Network (GeoNet) recorded a cluster of 64 earthquakes to the northeast of Tarawera volcano. In this paper we investigate this seismic cluster and its cause in more detail.
3. DATA AND METHODS
For this study, we downloaded continuous seismic data from March 12, 2019 to March 15, 2019 (inclusive) from seven short-period GeoNet seismometers (Figure 2). We manually detected earthquakes within the continuous data and picked all visible P and S phase-arrivals resulting in a total of 348 earthquakes. These earthquakes were initially located with NonLinLoc (Lomax et al., 2000), using a velocity model derived from the nearby Kawerau geothermal field (Clarke et al., 2009) (Supplementary Figure S1). We then used waveform correlation to generate differential pick times with the Obspy package (Beyreuther et al., 2010). We used a 2 s window around each pick, beginning 0.5 s before the pick, allowing the pick to adjust by up to 0.3 s, and each event pair had a maximum hypocentral separation of 8 km. These differential pick times were then used to relocate the entire catalog using the double-difference relocation program GrowClust (Trugman and Shearer, 2017), requiring a minimum correlation of 0.5. This resulted in 94 relocated earthquakes in total (Figure 2). We calculate local-magnitudes by measuring the peak displacement on a simulated Wood-Anderson seismometer on each seismometer, for each earthquake. We then use the local-magnitude scale developed for New Zealand (Ristau et al., 2016). This results in magnitudes over the range −1.12 to 2.54 ML, and for earthquakes also detected by GeoNet our magnitudes are comparable. We then compute moment tensors using P-wave polarities picked on the wider North Island GeoNet network and the Bayesian moment tensor source inversion software MTfit (Pugh and White, 2018).
[image: Figure 2]FIGURE 2 | Map of 348 earthquakes (red circles, scaled by magnitude) that occurred in the Okataina region between the 12th–15th March 2019. The blue inverted triangles denote the seven short-period GeoNet seismometers used to detect and locate the earthquakes. Pink squares denote the location of the GeoNet GNSS network. The black box shows the location of Figure 3. The orange star marks the location of Kawerau geothermal field, where the velocity model used in this study was derived (Clarke et al., 2009, Figure S1).
4. RESULTS
The main concentration of earthquakes (131 events total, 71 relocated) occurred in the Puhipuhi embayment to the northeast of Tarawera (Figure 3) and ranged from −0.47 to 2.54 ML in magnitude. The mean horizontal and vertical errors from the initial location are ±0.8 and ±0.68 km respectively, and the relative horizontal and vertical errors after relocation are ±0.036 and ±0.005 km, respectively. The relocated earthquakes form a clear lineation with a strike of ∼70°. When viewed in cross-section the earthquakes appear to have occurred along a ∼3 km long, vertical plane between 8 and 10.5 km depth (Figure 3). The earthquakes migrated from NE to SW at an apparent rate of 0.3–0.6 m s−1, and their range of depths increased at the same time (Figure 4). These spatial patterns are also produced when using locations generated using GrowClust’s internal bootstrapping approach (Efron and Tibshirani, 1991; Efron and Tibshirani, 1994; Trugman and Shearer, 2017), demonstrating that they are not an artifact of data or station distribution (Supplementary Figures S1, S2). We are able to calculate four reliable moment tensor solutions for earthquakes in this swarm (Figure 5). These all produce double-couple, normal fault solutions with nodal plane strikes very similar to the strike of the earthquake cluster lineation. The three solved moment-tensors which occur within the dyke-cluster (2019p191131, 2019p191139, 2019p191176) can be solved with a non-double-couple component but as a double-couple solution can adequately explain the data, we select this as the least complicated solution (Supplementary Figures S4–S7).
[image: Figure 3]FIGURE 3 | Relocated earthquakes (red circles, scaled by magnitude) show a clear lineation striking at ∼70°. Along (A) and across (B) strike cross-sections show that these earthquakes are occurring on a vertical plane. White stars show the locations of earthquakes with calculated moment tensors, shown in Figure 5.
[image: Figure 4]FIGURE 4 | Top: The variations of earthquake depth vs time (UTC) for the 12th March cluster in Figure 3. This shows that the earthquakes increase in their depth extent through time. Bottom: Earthquake distance along section A (Figure 3) vs. time. This shows a clear propagation of the seismicity WSW along-strike at a rate of 0.3–0.6 m s−1.
[image: Figure 5]FIGURE 5 | Moment tensors for four earthquakes associated with the dyke intrusion, earthquake ID numbers are below each. Locations are indicated by white stars in Figure 3. Events 2019p191131, 2019p191139, and 2019p191176 occur within the deep dyke-associated cluster, while event 2019p191204 occurs in the shallow cluster at a depth of 1.3 km. Moment tensors are calculated using MTfit (Pugh and White, 2018) and show the full range of possible nodal planes, with the highest probability solution shown in green. Further details of the moment tensor solutions is shown in Supplementary Figures S4–S7. Circles and triangles represent positive and negative polarity picks respectively.
5. DISCUSSION
5.1. Origin of the 2019 Earthquake Swarm
The March 2019 earthquake cluster has several notable characteristics. First, it delineates a vertical structure between ∼8 and 10.5 km depth (Figure 3), which is close to the base of the generally observed seismogenic depth in the TVZ (Bryan et al., 1999). Second, the vertical structure has a strike of ∼70° (Figure 3), near identical to the observed surficial orientation of dyke intrusions during the 1886 Tarawera eruption (Nairn and Cole, 1981). Third, the earthquakes migrated laterally, from ENE to WSW, at a rate of 0.3–0.6 m s−1 and their depth distribution range expanded during this lateral migration (Figure 4). There are three possible causes for earthquake swarms in the TVZ; slip on a fault-plane, diffusion of geothermal fluids, or intrusion of a magmatic body. Given that the earthquake cluster occurs below the brittle-ductile transition in the TVZ (Bryan et al., 1999) and occurs along a vertical plane, inconsistent with extensional faulting, we suggest it is unlikely that the cluster was caused by slip along a fault-plane. Lateral propagation of seismicity along vertically inclined faults has been observed at oceanic transform faults and interpreted as aseismic creep along a fault-plane (Roland and McGuire, 2009). While these observations are similar to those presented here, the tectonic setting in the TVZ is quite different and we feel it is therefore unlikely that our observations are explained by strike-slip creep. Smith et al. (2007) proposed that subsidence at Taupō caldera (New Zealand) in 1983 was caused by the dewatering of a magma body at depth, and at Yellowstone caldera (USA) this process has been shown to cause propagating seismicity on a vertical plane, similar to our observations (Waite and Smith, 2002). However, the diffusion velocity of hydrothermal fluids resulting from dewatering is estimated, and observed, to be several orders of magnitude slower than the intrusion rate we observe, and thus our data is not satisfactorily explained by the diffusion of geothermal fluids from a dewatering magma body. In addition, upwelling geothermal fluids have been observed to cause seismicity in nearby Rotomahana (Bannister et al. 2016; Figure 1). However, the seismicity at Rotomahana shows no lateral migration, occurs between 4 and 6.5 km depth, and occurs in repetitive “bursts” over at least the past 25 years (Bannister et al., 2016). These characteristics suggest that the March 2019 earthquake cluster is unlikely to be caused by a similar upwelling of geothermal fluids.
We therefore suggest that the 2019 earthquake swarm was most likely caused by a dyke, intruding to depths as shallow as ∼8–10.5 km, that migrated toward Tarawera volcano in a WSW direction. The migrating earthquakes are inferred to have been caused by country rock opening at the tip of the propagating dyke (Belachew et al., 2011; Sigmundsson et al., 2015), and this is evidenced by the normal fault moment tensors (Figure 5). These moment tensors may also be explained by a component of non-double-couple deformation (Supplementary Figures S4–S7), which would also support a dyke model. We can thus use the migration rate of earthquakes as a proxy for the intrusion rate of the dyke (i.e. 0.3–0.6 m s−1). Our calculated intrusion rate of 0.3–0.6 m s−1 is very similar to those recorded for basaltic dyke intrusions in the Afar rift (Belachew et al., 2011; Barnie et al., 2015), Red Sea (Eyles et al., 2018), El Hierro (Martí et al., 2013), and Iceland (Einarsson and Brandsdóttir, 1980). However, it is significantly faster than intrusion rates calculated from a rhyolite dyke intrusion in the Main Ethiopian Rift (3 × 10−3 m s−1; Temtime et al., 2020). We therefore propose that the dyke intrusion was most likely basaltic in composition.
5.2. Volume Estimate
Dyke intrusions represent movement of magma that can often be detected by volcanic monitoring through measuring surface deformation. However, the ability to detect intrusions depends on many factors including the volume and location of the intrusion. Based on the energy balance caused by an intrusion and the seismic moment release, Bonaccorso et al. (2017) derived an empirical relationship relating seismic moment to dyke thickness. Using this relationship, and the total seismic moment release of 1.77×1013 N m, the thickness of the 2019 dyke near Tarawera would be ∼0.15 cm. Alternatively, global observations of dyke intrusions suggest length to thickness ratios of 1,500 (Gudmundsson, 1987, 2011) giving a thickness of ∼2 m. Therefore, based on the dyke’s length and associated seismic moment release, we could expect an intrusion with a volume of 1.1–15 × 106 m3. Ground deformation as a result of discrete dyking events has been well documented in a number of volcanic and rift environments (Hamling et al., 2009; Sigmundsson et al., 2015; Hamling et al., 2019). To investigate whether the inferred dyke was detected geodetically, we use ascending and descending synthetic aperture radar (SAR) data acquired by the Sentinel-1 satellite to generate two co-intrusion interferograms (Figure 6). Neither of the interferograms show an obvious signal consistent with an intrusion, and there is no detectable signal in the GNSS network (Figure 2). However, given the depth of the dyke intrusion, it is possible that ground deformation was too small to be detected.
[image: Figure 6]FIGURE 6 | Line of site displacement for ascending (top) and descending (bottom) SAR data acquired by Sentinel-1. The data (left) shows no observable ground deformation from the dyke intrusion. We then use synthetic dykes, centered on the 2019 dyke location but with varying thickness, to show that only a dyke intrusion with thickness ≥6 m would be detectable.
To investigate how much volume could be hidden before deformation would be detected by the InSAR data, we generated a suite of synthetic intrusions. We fixed the geometry of the dyke based on the earthquake observations and examined the effect of the dyke thickness on the detectable signal. For each thickness value, we generated a synthetic interferogram by adding the modeled deformation to the ascending and descending interferograms respectively. We then evaluated the signal to noise ratio using the deformation from the modeled intrusion as the reference signal. For both the ascending and descending datasets, the signal to noise ratio only becomes positive once the thickness of the dyke exceeds ∼5–6 m (Figure 6). This suggests that for a similar sized intrusion, at these depths, we would be unlikely to detect it with current geodetic monitoring unless its volume exceeds ∼37–45 × 106 m3.
Our estimated intrusion volume of 1.1–15 × 106 m3, based on dyke length and seismic moment release, should be considered as a minimum estimate, as the maximum depth of the earthquake sequence may not provide a lower limit on the intrusion. Evidence from elsewhere in the TVZ (e.g., Bryan et al., 1999), suggests the depths of the earthquake sequence may only reflect the maximum depth to which brittle failure occurred. It is therefore likely that the source reservoir for the 2019 dyke intrusion lies at depths ≥10 km in the vicinity of the Puhipuhi embayment. Further geophysical imaging in this region may be able to determine the location and depth of this magma reservoir.
5.3. Structural and Magmatic Implications
Our results lend contemporary evidence to the suggestion of Villamor et al. (2011) that extension within the OVC is accommodated by dyke intrusions. We also observe shallow (1-4 km depth) earthquakes directly above the dyke during intrusion (Figure 3), this is most likely caused by dyke-induced mechanical faulting accommodating extension in the brittle shallow crust (e.g., Belachew et al., 2011). Dyke intrusions can also yield good indications of the orientation of the crustal stress field (Wadge et al., 2016). The orientation (∼70°) of this dyke intrusion suggests that this is also the orientation of the maximum horizontal compression (SHmax). This orientation differs slightly to observations from the rest of the TVZ which suggest an SHmax orientation of 40°–60° (Townend et al., 2012; Illsley-Kemp et al., 2019). It has been previously suggested that the direction of extension in the Taupō rift becomes more oblique in the Okataina region (Seebeck et al., 2014), possibly influenced by the presence of a large magma reservoir (Ellis et al., 2014). Our results support these previous observations and may suggest a higher degree of rift-obliquity within the Okataina region than that proposed by Seebeck et al. (2014). However, multiple studies have also shown that dyke orientations and trajectories can be influenced by local changes to crustal stresses. Topographic loads (e.g., volcanic edifices) have been shown to modify the local stress field and cause dykes to propagate toward them (Maccaferri et al., 2011; Rivalta et al., 2015), whereas topographic depressions (e.g., calderas) promote circumferential dyke intrusions (Gaete et al., 2019). The 2019 dyke intrusion propagated toward the Tarawera volcanic edifice, perpendicular to the major OVC caldera boundary, but sub-parallel to the Puhipuhi embayment margin (Nairn, 2002, Figure 3). For comparison, the 3.4 ka Rotokawau basalt in the northwestern region of the OVC (Figure 1) erupted along a fissure that is perpendicular to both the OVC caldera and Haroharo volcanic complex, and oblique to the rift orientation (Nairn, 2002). Shortly following the Kaharoa eruption there were multiple hydrothermal eruptions SW of Tarawera. Nairn et al. (2005) propose that these were caused by the intrusion of a SW–NE oriented basaltic dyke. Similarly, the 1886 eruptive fissure extended along-axis to the SW beyond the OVC caldera margin and into Lake Rotomahana, showing no evidence that its extent or trajectory were influenced by the OVC caldera boundary (Nairn, 1979; Nairn, 2002). This suggests that within the OVC, the load of the volcanic edifices (rather than the collapse caldera margin) are exerting a first order control on crustal stress and dyke trajectories, promoting dyke propagation toward the base of these volcanic edifices (Maccaferri et al., 2011; Rivalta et al., 2015). These are important considerations for volcanic hazard assessment and for interpreting future signals of unrest in the OVC.
Given that dyke intrusions are shown to propagate toward the volcanic edifices from outside the OVC caldera, we speculate that the basalts which have been shown to influence Tarawera eruptions are not necessarily sourced from directly beneath the volcano. A lateral migration of basaltic magma toward Tarawera may also help explain the lack of evidence for interaction with the silicic magma reservoir in the 1886 eruption (Carey et al., 2007; Carey and Houghton, 2010). In such a case, the 1886 dyke may have completely bypassed the silicic system that is presumably still present at depth (but not yet detected by geophysics) beneath Tarawera from the Kaharoa eruption in AD 1314. Alternatively, the 1886 dyke may have intersected the silicic system beneath Tarawera, but the silicic system had since cooled beyond the solidus and is now moribund. Further geophysical assessment of the magmatic plumbing system beneath the OVC is required to address these unknowns.
It is likely that the 2019 dyke intrusion may have had similarities to the early dyke intrusions that fed the 1886 Tarawera eruption. But what were the controlling factors that caused the 2019 dyke to arrest, whereas the 1886 dyke intrusion led to a deadly and violent eruption? There are numerous potential causes for the arrest of the 2019 dyke, including magma solidification within the dyke (Fialko and Rubin, 1999), pressure decrease at the source magma reservoir (Rivalta, 2010), or stress and/or structural barriers. It is also important to consider that although the earthquake activity ceased, the 2019 dyke may have continued to propagate aseismically due to the crust becoming more ductile in the region closer to the caldera boundary. If a dyke intrusion were to reach the Tarawera Volcanic complex, we suggest that the load of the Tarawera edifice would cause it to shallow (Rivalta et al., 2015) and it could then take advantage of pre-existing crustal weaknesses to propagate to the surface and erupt. This may have been the case in 1886, and if a dyke intrusion were to propagate toward, and reach, Tarawera volcano in the modern day then a similar basaltic eruption may occur. However, it's important to note that geological evidence suggests that a high flux of primitive melt is required to sustain the rhyolite volcanism observed in the TVZ (Barker et al., 2020). This means that dyke intrusions are likely to be common and thus the vast majority do not lead to an eruption. Developing a better understanding of the tipping points that cause dyke intrusions to erupt on rare occasions is an important research goal.
5.4. Implications for Monitoring and Future Activity
Our analysis of a series of earthquakes that occurred in 2019 suggests a recent dyke intrusion that propagated toward Tarawera volcano, the site of New Zealand’s largest and most destructive historical eruption (Walker et al., 1984). The OVC is monitored by GeoNet, primarily through seismometers and GNSS sensors though they are fairly sparse in the Puhipuhi embayment (Figure 2). In an active magmatic system, dyke intrusion can occur as a common process without necessarily resulting in an eruption (Acocella, 2014). However, detecting these events is critical for evaluating volcanic hazards and for monitoring ongoing surface changes. If a future dyke intrusion was identified early in its propagation, and the dyke dimensions were constrained by geodetic techniques, then the expected total mechanical energy release could be calculated using derived relationships (Bonaccorso et al., 2017; Bonaccorso and Giampiccolo, 2020). This, alongside detailed seismic analysis of the dyke-induced earthquakes, would allow for the forecast of the time and location of dyke arrest, and the associated likelihood of significant unrest and/or eruption (e.g., Aspinall et al., 2006; Constantinescu et al., 2016). We have shown that the requisite seismological analysis is possible with the current GeoNet seismic monitoring system albeit with detailed analysis long after the earthquake swarm. This process could be significantly improved using real-time detection and location of earthquakes (e.g., Chamberlain et al., 2020). However the geodetic monitoring network, particularly GNSS station density, would need to be improved in order to detect and constrain a similar future dyke intrusion. We have also shown that dyke intrusions sourced from outside the OVC caldera can propagate toward Tarawera, and we speculate that similar “external” dyke intrusions may have influenced past eruptive activity. Therefore, monitoring of Tarawera volcano should not focus solely on the region directly beneath the volcanic edifice but consider the broader surrounding area.
6. CONCLUSION
On the 12th March 2019, a swarm of 131 earthquakes occurred to the NE of Tarawera volcano, within the OVC. We use high-precision earthquake locations to demonstrate that the swarm was most likely caused by the WSW intrusion of a ∼2 km long dyke, with seismicity occurring between 8 and 11 km depth. By tracking the migration of seismicity we estimate that the dyke propagated at a rate of 0.3–0.6 m s−1, a very similar propagation speed to that observed for basaltic dyke intrusions in global extensional tectonic settings. The intrusion rate, coupled with the depth of the dyke intrusion, indicate that this was most likely a basaltic dyke intrusion. Based on the dyke length and seismic moment release we estimate a total (minimum) intrusion volume of 1.1–15×106 m3, and use a suite of synthetic models to show that the associated ground deformation could not have been detected by co-intrusion interferograms. The 2019 dyke intrusion propagated toward the Tarawera volcanic complex from outside the OVC, suggesting that this topographic load has a first-order control over the local crustal stress. Improvements to geodetic monitoring in the OVC could help to better identify future dyke intrusions and allow for the early assessment of the volcanic hazard they may or may not pose.
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Recognizing the mechanisms underlying seismic activity and tracking temporal and spatial patterns of earthquakes represent primary inputs to monitor active volcanoes and forecast eruptions. To quantify this seismicity, catalogs are established to summarize the history of the observed types and number of volcano-seismic events. In volcano observatories the detection and posterior classification or labeling of the events is manually performed by technicians, often suffering a lack of unified criteria and eventually resulting in poorly reliable labeled databases. State-of-the-art automatic Volcano-Seismic Recognition (VSR) systems allow real-time monitoring and consistent catalogs. VSR systems are generally designed to monitor one station of one volcano, decreasing their efficiency when used to recognize events from another station, in a different eruptive scenario or at different volcanoes. We propose a Volcano-Independent VSR (VI.VSR) solution for creating an exportable VSR system, whose aim is to generate labeled catalogs for observatories which do not have the resources for deploying their own systems. VI.VSR trains universal recognition models with data of several volcanoes to obtain portable and robust characteristics. We have designed the VULCAN.ears ecosystem to facilitate the VI.VSR application in observatories, including the pyVERSO tool to perform VSR tasks in an intuitive way, its graphical interface, geoStudio, and liveVSR for real-time monitoring. Case studies are presented at Deception, Colima, Popocatépetl and Arenal volcanoes testing VI.VSR models in challenging scenarios, obtaining encouraging recognition results in the 70–80% accuracy range. VI.VSR technology represents a major breakthrough to monitor volcanoes with minimal effort, providing reliable seismic catalogs to characterise real-time changes.
Keywords: volcano monitoring, eruption forecasting, machine learning, data mining, VULCAN.ears, volcano-seismic recognition, volcano-independent VSR, seismic recognition
1 INTRODUCTION
Volcanoes have a big impact on the global economy, society and more relevant, in human casualties. It is estimated that about 800 million people live inside the risk area of the 1,500 active volcanoes in the world (Brown et al., 2017). To address this issue, continuous volcano monitoring is performed by volcano observatories feeding eruption forecasting and early warning systems. These systems need to provide a fast response in case of crisis to evaluate the hazards related to an imminent eruption, playing a crucial role in the decision-making of an eventual evacuation. Current monitoring is mainly performed in two stages: 1) detection of Volcano-Seismic (VS) events in continuous data streams received from monitoring stations (Sparks et al., 2012) and 2) classification of events according to their spectral and temporal features. These tasks allow to track the seismic activity of some specific event classes considered as 1) eruption precursors, such as volcanic tremors and long-period events (Chouet, 1996) or volcano-tectonic earthquakes (White and McCausland, 2016) and, 2) imminent-risk classes as collapses, lahars and pyroclastic flows. While the detection of events can be accomplished by automatic systems (Álvarez et al., 2013; García et al., 2020), the classification is generally manually done by experts, encompassing an inherent high level of subjectivity and lack of reliability. Manual classification cannot be achieved fast enough during a major unrest and/or an eruptive episode because of the strong increase of seismic activity before an eruption (Orozco-Alzate et al., 2012). Hence, in order to efficiently detect and classify volcano-seismic events, there is a need of automatic Volcano-Seismic Recognition (VSR) systems (Malfante et al., 2018), able to operate in nearly real-time (McNutt et al., 2015; Boué et al., 2016). However, the deployment of VSR systems in observatories suffers from three major drawbacks:
(1) Designing costs: supervised VSR systems need to be trained using previously labeled catalogs of events gathered in a database (DB) to characterize the volcano-seismic classes. This so-called training stage requires considerable human resources and time (Langer et al., 2019), not always affordable for modest observatories. Unsupervised VSR (U.VSR) does not need this training step, but achieves a lower recognition accuracy being relegated mainly to data mining purposes.
(2) Lack of robustness: observed seismicity patterns and event types, thus, the seismic features and volcano-seismic catalogs on which supervised VSR is based, vary according to the current state of the volcano (Carniel, 2014), to the environmental noise (Lecocq et al., 2020) and to the type and location of the stations. This variability can decrease the efficiency of the VSR systems designed to model a fixed configuration of networks, classes and patterns.
(3) Poor usability and integrability: installing a VSR system in a monitoring platform requires expert staff. Complex VSR software implies the training of technicians, making the interoperability with standardized protocols and services difficult.
At present, only few volcano observatories have operational VSR systems running in real-time (Cortés et al., 2009b; Maggi et al., 2017). This work presents a Volcano-Independent Seismic Recognition (VI.VSR) approach as the solution to the above VSR issues. VI.VSR (Cortés et al., 2017; 2019a) represents a promising trade-off between classic VSR and U.VSR paradigms: it can recognize events from a local volcano without any previous information about it, achieving an acceptable efficiency without implementing the whole system from scratch. It relies on prebuilt, universal VSR models describing universal databases of labeled events recorded on several volcanoes. Hence, our proposal provides a volcano-portable, operational and robust VSR platform, developed under the EU-funded VULCAN.ears project, which includes tools to build local VSR models or alternatively, to use prebuilt VI.VSR universal ones. VULCAN.ears deployed VI.VSR systems in several observatories, partnering with 18 international institutions to create the VSR-ALUE collaboration group. As a result, data from 21 volcanoes have been gathered and currently VSR-ALUE continues the support and development of the volcano-independent approach and application to real-case scenarios.
2 VOLCANO-INDEPENDENT SEISMIC RECOGNITION (VI.VSR)
VSR field has intensively grown in the last two decades boosted by the evolution of Machine Learning (Bergen et al., 2019) and by the need of modern observatories of having reliable and robust VSR systems (Langer et al., 2019). A myriad of classifiers have been tested, being Artificial Neuronal Networks (Falsaperla et al., 1996; Langer et al., 2003) and Support Vector Machines (Masotti et al., 2006; Curilem et al., 2014) the most popular ones in early 2000s, followed by advanced Probabilistic Graphical Models (Ohrnberger, 2001; Benítez et al., 2007; Trujillo-Castrillón et al., 2018) popularized in 2007 and Deep Learning approaches since 2017 (Titos et al., 2018, 2019a; Bueno et al., 2019a). Starting with the simple task of classifying events already detected in the data flow in the so-called isolated VSR, three major breakthroughs have been deployed in the VSR area (Malfante et al., 2018):
(1) Continuous VSR is able to detect and classify volcano-seismic events appearing in a continuous data stream. It can be subdivided in:
a. One-step VSR implements detection and classification in the same stage. Actually, only few recognizers can achieve this, mostly structured graphical models as Hidden Markov Models (HMMs). (Benítez et al., 2007; Beyreuther et al., 2008; Ibáñez et al., 2009).
b. Two-step VSR requires an extra processing stage to isolate the events. Bayesian Networks (Riggelsen et al., 2007) and Recurrent Networks (Titos et al., 2019b) handle continuous input data but need additional algorithms to delimit events. Most isolated VSR systems can be converted into continuous adding some detection technique such as classic signal triggers or advanced phase picking methods (Álvarez et al., 2013; Bueno et al., 2019b; García et al., 2020), which segment a continuous data stream into a sequence of time-delimited events.
(2) Robust VSR gathers information from different stations monitoring the same volcano, even in different epochs (Cortés et al., 2019a). This yields robust systems than can recognize events in any station of the network, in noisy conditions and with different types of seismic activity without a noticeable decrease in its efficiency (Maggi et al., 2017; Journeau et al., 2020).
(3) Unsupervised VSR (U.VSR) unlike the two approaches above, does not require labeled data neither modeling, saving resources. Self Organized Maps (Köhler et al., 2010; Carniel et al., 2013a, b) are the standard to cluster volcano-seismic patterns even though recent deep learning technologies (Cannavo’ et al., 2020) are obtaining interesting insights related with precursors.
These VSR types have their own application scopes and are not directly comparable. Most classifiers overpass the 90% of recognition accuracy when processing isolated VSR (Cortés, 2015). However, real-time, online VSR applied on continuous data ranges a 80–90% of accuracy. U.VSR schemes hardly surpass 70%. Nevertheless, due to the cost required to design supervised systems and their drop of effectiveness when the feature patterns of the events highly vary reflecting changes in the eruptive cycle, the current trend (Khan et al., 2019; Langer et al., 2019) is to use simpler U.VSR. Despite their low classification scores, U.VSR properly responds to the inherent variability of the seismic activity (Peltier et al., 2018). Conceived as a logical evolution of the robust VSR (Cortés et al., 2009a), the hybrid VI.VSR technology aims to be the future state-of-the-art joining supervised VSR scores within U.VSR goals to reach promising recognition results in the 70–80% band (Cortés et al., 2019a). In the following Sections 2.1 and 2.2 we present our VSR baseline system and its improvements towards the volcano-independent VSR platform.
2.1 Automatic Volcano-Seismic Recognition (VSR)
A classic supervised VSR operation is divided in two stages shown in Figure 1: 1) the training step, including the data preparation, description and classes characterization and, 2) the system evaluation, encompassing the automatic recognition of volcano-seismic events and measuring the performance. The system design is structured in:
(1) Data preparation consisting of:
a. DB building: expert technicians manually detect and classify seismic events to prepare a labeled catalog which is split into the train DB and eval DB databases to train and evaluate the system, respectively. Their related train DB labels and eval DB labels detail the duration and type of the events appearing in each database.
b. Waveform description consists of extracting relevant information from the data to be learnt by the system. To perform real-time VSR the continuous waveform is parametrized as a sequence of signal segments, each one described by a feature vector, resulting in a sequence [image: image] of observable vectors. An adequate scheme description of the data increases the robustness, exportability and recognition scores (Álvarez et al., 2012; Soto et al., 2018). Hybrid features describing waveform, geophysical and spectral information combined with their contextual, time derivatives components, provide an optimal scheme according to Cortés et al. (2016) and Maggi et al. (2017).
(2) Model building or learning phase to characterize the feature space projected by the [image: image] feature vectors. Discriminative classifiers as neuronal networks and most deep learning structures delimit the space in clusters assigning each one to a volcano-seismic class of the train DB. Generative classifiers as graphical models independently model each class c estimating its joint probability [image: image] to quantify the relationship between a vector and a class.
(3) Recognition of the events existing in each data file of the eval DB. Given a waveform file described as a sequence [image: image] of V feature vectors, the recognition algorithm will uncover its corresponding sequence [image: image] of R detected and classified events, mapping [image: image]. The type and temporal limits of the recognized R events are outputted in the automatically generated recog labels catalog. In isolated VSR [image: image], thus, only substitution errors when an event is wrongly cataloged can be committed. Normally, in continuous VSR [image: image], hence, events not previously tagged by experts in the eval DB labels can be mistakenly detected (inserted) by the system which also can not detect (delete) other events actually registered.
(4) Evaluation measuring the similarity between the recog labels outputted by the system and the eval DB labels manually tagged. Precision, recall and F-score measures are common in machine learning literature but more natural comparisons are done counting the event insertion (I), deletion (D) and substitution (S) errors defined by the accuracy ([image: image]) score:
[image: image]
with [image: image] the number of class [image: image] events in the eval DB, [image: image] the recognition errors and l an integer ranging from one to L, being L the number of evaluation classes. In continuous VSR [image: image] while in isolated VSR [image: image], which explains its higher scores. The average [image: image] number of events in the evaluation data files has a large impact when comparing isolated vs. continuous tasks, as the accuracy exponentially decreases by the [image: image] factor.
[image: Figure 1]FIGURE 1 | Development stages of an automatic, supervised Volcano-Seismic Recognition (VSR) system. (1) Data preparation encompasses the data recording at monitoring stations and the data description (1. a) DB building: events in the data files are manually labeled and grouped in train DB and eval DB databases (1. b) Waveform description: a continuous signal containing a sequence of events is described as a sequence of feature vectors. (2) Model building: events in the train DB labeled as the same class are characterized by the same model, which is added to the VSR model set. (3) Recognition: eval DB events will be automatically detected and classified, outputting the recog labels. (4) Evaluation of the system is measured comparing those recog labels with the manual eval DB labels.
2.2 Proposed Volcano-independent Seismic Recognition (VI.VSR) Framework
2.2.1 VI.VSR Underlying Technology
Given the similarities between speech and seismic events (Ohrnberger, 2001), former VI.VSR was inspired by the classic speech recognition area which successfully accomplishes speaker-independent tasks gathering multi-speaker databases modeled with HMMs (Rabiner and Schafer, 2007). HMMs characterize structured patterns, as volcano-seismic events, modeling not only the pattern waveforms, but also the relationship among patterns given by the temporal distribution of the HMM states. Each state represents a pattern observed in the [image: image] sequence of feature vectors, such as P, S and superficial phase arrivals (Figure 1). HMMs are suitable for one-step continuous VSR in real-time, outperforming classic seismic detection algorithms even in noisy scenarios (Beyreuther and Wassermann, 2008). For boosting the system robustness and portability, VI.VSR has pushed beyond the state-of-the-art these innovative concepts:
• Universal databases: gathering data from different types of volcanoes increases the number and variety of patterns found in events of the same seismic class, improving the completeness and robustness of the given class model (Cortés et al., 2009a).
• Standardization of the seismic waveform based on unsupervised, data-driven decomposition and posterior selective reconstruction of a signal. Standardized events are less noisy and, hence, easier to recognize (Cortés et al., 2019b).
• Efficient data description: the extended Discriminative Feature Selection algorithm extracts the most relevant information of a seismogram when selecting the most efficient components of a feature vector to describe it (Álvarez et al., 2012; Cortés et al., 2016). In each iterative step, the worst feature according to a loss function is removed from the original vector, keeping only the most valuable components. This encompasses a better description of the seismic classes, simplifying their models and enhancing the system portability.
• Dedicated parallel VSR channels for each class: they are complete VSR systems specialized and customized in the detection and classification of just one type of seismic events (Cortés et al., 2014). A system unifying the output of these independent, class-focused, recognition channels surpasses the classic serial architecture depicted in Figure 1 whereas all the classes share the same system configuration (Cortés et al., 2016).

Figure 2 depicts the structure of the developed VI.VSR platform and its utilization steps. Basically, it encloses the usual (1)-(4) VSR stages detailed in Section 2.1 to deploy an improved VSR system but fed with labeled events from several volcanoes composing the universal joint DB. An extra 5) auto-configuration stage optimizes the system to maximize its efficiency by performing iterative train-evaluation tests to select the best data description scheme and modeling setups. The (1)–(5) stages are guided by suitable pyVERSO scripts accomplished to obtain robust VI.VSR models. The automatic recognition of events embedded in the seismic records of the untagged VS data can be carried out in two different manners:
• Offline cataloging via geoStudio: data stored in files are loaded into a graphical interface and their events are recognized by VSR models selected from a prebuilt set. Then, the tagged data can be plotted for inspection and the resulting catalog is stored for further analysis.
• Online monitoring via liveVSR to perform a continuous, real-time monitoring of an active volcano. The liveVSR script is able to connect to any available FDSN data server plotting the recognized events and generating volcano-seismic catalogs. Several instances of liveVSR can be run concurrently receiving data from several stations or volcanoes.

[image: Figure 2]FIGURE 2 | VULCAN.ears—Volcano-Independent Seismic Recognition (VI.VSR) platform and the role of its supporting tools. Manually labeled volcano-seismic (0) VS data recorded at several volcanoes compose the joint DB feeding the VI.VSR system. Usual (1), (2), (3) and (4) stages for building the VI.VSR model set are guided by (5)pyVERSO in order to optimize the recognition results. (6) VI.VSR applications: events in untagged VS data from a volcano can be detected and classified in an online monitoring loop by the liveVSR script, or analyzed offline by geoStudio providing automatically labeled VS catalogs.
The resulting labeled catalogs are the input to posterior 6) VI.VSR applications.
2.2.2 Building VI.VSR Models With pyVERSO
pyVERSO is a collection of Python scripts designed to perform VSR tasks from the command line. It has libraries to prepare and describe data, including many time-domain, cepstral and hybrid parametrization schemes and advanced feature selection routines. It is highly configurable and easy to use. Taking as input a labeled database and a configuration file it can implement serial or parallel architectures based on HMMs, Gaussian Mixture Models and Conditional Random Fields. pyVERSO main aim is to build own, local VSR systems of an active volcano. Once the system is optimized, its models can be exported to be used on online monitoring via liveVSR or offline analysis by geoStudio. pyVERSO is highly integrated within the Python scientific ecosystem and, currently, relies on the HMM Toolkit (Young et al., 2006) when using HMMs.
2.2.3 Graphical VI.VSR With geoStudio
geoStudio is the graphical frontend of pyVERSO developed to simplify seismic analysis (Carmona et al., 2014) and recognition tasks (Figure 3). It provides the following complementary functionalities:
• Loading and saving of data supporting several seismological formats. Also it can handle NumPy arrays and HMM Toolkit encoded files (Figure 3A 2).
• Data filtering (Figure 3A 3) and advanced seismogram visualization of any custom description scheme defined by pyVERSO (Figure 3A 4).
• 2D seismic source location by slowness maps via zero-lag cross-correlation (Almendros et al., 1999).

[image: Figure 3]FIGURE 3 | geoStudio graphical interface of the VULCAN.ears - Volcano-Independent VSR ecosystem (A) Plotting a file in different representation spaces (A.1) Main window groups the main tasks, from where the (A.2) data window is opened to load files (A.3) Basic filtering can be performed on the selected items prior to draw the (A.4) data plots (B) Offline VI.VSR: automatically labeling an Arenal file selected in the (B.1) data window by models built from Colima and Popocatépetl data chosen in the (B.2) labeling setup. The (B.3) labeling results window summarizes the event distribution of the generated seismic catalog. The already labeled file can be visualized (B.4) plotting results.
A Volcano-Independent VSR test in geoStudio can be easily carried out as follows (Figure 3B):
(1) Load data files (Figure 3B 1). Several formats are directly supported, including those readable by ObsPy.
(2) Select VSR models suitable to your data among a built-in set of models trained with 10 databases from 10 different volcanoes respectively, six joint databases mixing two volcanoes and two universal volcano-independent solutions with data of several volcanoes (Figure 3B 2). Custom models created by pyVERSO can also be selected.
(3) Launch the labeling task and examine the results plotting the event distribution of the generated catalog (Figure 3B 3) and the files automatically labeled (Figure 3B 4).

3 CASE STUDIES AND RESULTS
This section presents some baseline results obtained with pyVERSO and geoStudio as application of the VI.VSR innovations detailed in Section 2.2.1. We start with robust VSR examples evolving to volcano-independent cases, evaluated in typical monitoring scenarios as a volcanic island with noisy recordings or highly active stratovolcanoes with recent eruptive episodes. Demo videos of geoStudio running these case studies are supplied as Supplementary Material.
3.1 Robust VSR at Deception Island
Deception Island Volcano has been a relevant VSR laboratory to evaluate new algorithms since 2006 (Benítez et al., 2007, 2009; Cortés et al., 2014; Titos et al., 2019b). Robust VSR experiments have been deployed involving noisy scenarios and data from different stations installed at different locations and years as short-period clean recordings in 1995, short-period noisy signals acquired in 1998 close to a hydrothermal area and broad-band noisy data from a station in 2009 (Carmona et al., 2014):
• A Multi-station VSR system was trained with 4,011 events from the 1995 and 1998 stations. It was able to automatically catalog long period (LP) events, volcano-tectonic (VT) and hybrid earthquakes, noisy (NS) and tremor segments in the continuous recordings of the whole 2009 years. The test only took 20 h of a modest 2.5 GHz, 2-threads computer (Cortés et al., 2017). Figure 4A shows how LP swarms are correctly recognized even in noisy conditions.
• Parallel vs. serial (classic) architecture in continuous VSR: pyVERSO auto-configuration improved the precision from 52% up to 72% of a classic VSR system by using dedicated parallel recognition channels. 40 LPs, 113 VTs and 292 noise-tremor events of the 1998 station were automatically labeled by models trained with 58 LPs, 41 VTs and 189 noise-tremor signals manually cataloged in 1995 (Cortés et al., 2019a).
• Waveform standardization increased from 66–76% the precision in continuous VSR recognizing 204 LPs, 467 noise-tremors and 36 VTs in the noisy 2009 recordings (Cortés et al., 2019b). The models were built describing 58 LPs, 189 noise-tremors and 41 VTs gathered in 1995.

[image: Figure 4]FIGURE 4 | VSR cataloging with geoStudio and pyVERSO. NS, SIL and WNS labels represent noisy signals. A score measuring the % of the recognition reliability for each event is shown (A) Robust VSR: models built from data recorded in 1995 and 1998 by different stations at Deception Island Volcano automatically detect and classify events recorded in 2009 by a broad-band station located in another place of Deception (B) Joint VI.VSR models characterizing a joint database of Colima and Popocatépetl Mexican volcanoes are used to recognize events of Arenal volcano in Costa Rica, improving the results of just recognizing with Colima models plotted in (C) Single VI.VSR panel; harmonic (TR) and spasmodic (TS) tremors are correctly labeled instead of long-period (LP) or collapses (COL) ones. Joint models also detect overlapped volcano-tectonic earthquakes (VT).
3.2 Volcano-independent VSR at Colima, Popocatépetl and Arenal Volcanoes
The proposed volcano-independent recognition approach has been tested in some of the most active American volcanoes thanks to the collaboration of the VULCAN.ears partners. Signals of the andesitic Colima, Popocatépetl and Arenal stratovolcanoes monitored in 2002, 2004, and 2007, respectively, were labeled to evaluate our system (Cortés et al., 2009b).
37 hours of continuous data recorded by a short-period station at Popocatépetl were analyzed by models trained with 17 h of labeled events acquired at Colima by broad-band and short-period sensors. 282 LPs, 184 VTs, 50 regional tectonic earthquakes (REG), 164 noisy segments, 75 harmonic (TR) and 59 spasmodic (TS) tremors were detected and classified with an efficiency of 59%, raised up to 65% after auto-configuring the most convenient waveform description and standardization schemes. 52 h of Mexican Colima and Popocatépetl events were combined to deploy a volcano-independent system for classifying Arenal events detected by a broad-band sensor in Costa Rica. It was able to discriminate 46 TSs, 46 TRs, 53 pulsant tremors, 46 explosions, 26 REGs, 50 VTs and 285 noises, increasing the precision from 50% to 71% after auto-selecting the best hybrid features to describe the seismograms (Cortés et al., 2019b). Precisely, Figure 4 presents an example of the accuracy improvements when the training database is enlarged with events of a new volcano: Joint VI.VSR models (Figure 4B) trained with Colima and Popocatépetl databases perform better recognizing Arenal events than Single VI.VSR models (Figure 4C) built only with Colima.
4 DISCUSSION AND CONCLUSION
4.1 Discussion
Several alternatives can be found to facilitate the integration and use of VSR systems at volcano observatories but most of them are designed for a determined volcano or focused on pattern discovery (Carniel et al., 2006; Langer et al., 2009; Messina and Langer, 2011). Some graphical programs are useful to characterize events guiding the manual labelling of data (Lesage, 2009). Bueno et al. (2020) designed an interesting interface based on two-step VSR recognition able to cluster events in basic categories. VULCAN.ears framework offers a complete volcano-independent VSR solution to monitor volcanoes providing built-in models for geoStudio and liveVSR alongside the pyVERSO ecosystem to build customized VSR systems focused on low-level integration. The proposed approach is an ongoing project and the current universal models are only trained with events from three volcanoes. A universal database gathering events of, at least, 10 volcanoes is in preparation in strict cooperation with our partners including catalogs from Copahue, Etna, Flegrei, Merapi, Piton de la Fournaise, San Miguel, Soufrière of Guadeloupe, Stromboli, Turrialba, Ubinas and others publicly available as Llaima and Cotopaxi. geoStudio only wraps few functionalities of its pyVERSO backend, having a huge potential to be accomplished.
The innovative techniques specified in Section 2.2.1 and designed to achieve the volcano-independent milestone are functional and their baseline results encouraging, scoring an efficiency in the 70–80% interval in challenging scenarios as continuous recognition under noisy conditions in different stations and epochs, achieving a 76%, or volcano-independent classification and recognition reaching 71 and 65%, respectively. These are promising outcomes, specially, recognizing more than five classes in continuous records from different volcanoes. In addition, experts rarely agree on an 80% when labeling the same data and classic evaluation metrics of most VSR literature do not properly account insertion and deletion errors, providing overrated values compared to the defined in Equation (1). The building of different types of universal recognition models is an attractive option to raise the efficiency, i.e., models of open vent volcanoes vs. closed vent ones, or specific universal models for island volcanoes with oceanic noises. There are still open issues to solve, as the strong influence that the quality of the manual labeling and the data description scheme have on the VSR scores. In any case, having a robust volcano-independent solution allows to recognize events which have not previously appeared in the volcano recordings. This provides a valuable input to early warning systems monitoring dormant volcanoes and to properly characterize the current volcano state in its eruptive cycle.
4.2 Concluding Remarks and Future Work
This work presents the Volcano-Independent Seismic Recognition as a solution to classic issues when implementing automatic Volcano-Seismic Recognition systems in volcano observatories. Current monitoring centers usually have limited resources to develop their own systems. They still detect and classify manually, which restrains their response in case of volcanic unrest. The authors have deployed a platform to develop portable recognition systems providing several tools to easily integrate and use the framework in observatories and to build applications for cataloging volcano-seismic events: pyVERSO to design recognition systems adapted to a given volcano, geoStudio to graphically detect and classify events in offline interactive operations, and liveVSR to continuously recognize in real-time events from remote or local data servers. Even though these programs are still in development, their application examples and baseline results point out the proposed approach as an exciting breakthrough in the volcano monitoring area.
Next efforts will be directed to increase the number of prebuilt volcano-independent models for enhancing the system robustness and to extend geoStudio capabilities with an interface to manually label data and with a guided-process to deploy customized recognition systems.
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One of the most active intraplate volcanoes in East Asia, Changbaishan volcano experienced unrest from July 2002 to July 2005. On 2002/06/28, the M 7.2 Wangqing deep-focus earthquake occurred ∼290 km northeast of Changbaishan volcano. While some studies have suggested a possible triggering relationship, the physical mechanism of such distant interaction is still not well understood. Using a template matching technique, which cross-correlates waveform of known events with continuous data, we perform systematic detection of microseismic events recorded by station CBS near Changbaishan volcano from July 1999 to July 2007. The detected earthquakes can be further categorized into three different types: volcano-tectonic (VT) events, long-period (LP) events and harmonic-spectra (HS) events. We detect 3763 VT events between July 2002 and July 2007. The intense VT earthquake swarm during the period from July 2002 to July 2005, along with recurring LPs and HSs and other geodetic/geochemical evidence, suggest magma movement during unrest. Compared with the hand-picked catalogue, the catalogue obtained by template matching technique reveals a delayed-triggering relationship between Wangqing deep-focus earthquake and unrest. The small magnitudes of the VT events and the limited numbers of LP and HS events suggest that the Wangqing mainshock likely triggered bubble excitation in the mid-crust magma system, resulting in overpressure and a small magma injection into the shallow magma chamber at a depth of ∼5 km, leading to the 3-years unrest.
Keywords: Changbaishan volcano, volcanic tremor, deep-focus earthquake, matching template, long-period earthquake
INTRODUCTION
It is well known that large earthquakes are capable of triggering small to moderate-size earthquakes at long distances, especially in geothermal or volcanic regions (Hill and Prejean, 2015). A few studies have also documented significant increase of volcanic eruptions within a few days of large distant earthquakes (Linde and Sacks, 1998; Manga and Brodsky, 2006; Walter and Amelung, 2007; Sawi and Manga, 2018). At distance of more than a few hundred kilometers, static stress changes become negligible (King et al., 1994; King and Deves, 2015). Hence, mechanisms such as magma overpressure due to permanent volumetric expansions, or unclamping of dikes are not relevant (Walter and Amelung, 2007). Possible shaking related mechanisms due to dynamic seismic waves include gas bubble nucleation and growth in magma (Crews and Cooper, 2014), changes in permeability (Manga et al., 2018), or sloshing of a bubbly magma reservoir (Namiki et al., 2016). However, the physical mechanism involved in such remote interaction is still in debate. In addition, most remote earthquake-triggered eruptions occur along major plate boundaries and are associated with shallow subduction-zone earthquakes (e.g., Hill et al., 2002; Lara et al., 2004; Walter and Amelung, 2006, 2007; Sawi and Manga, 2018; Farías and Basualto, 2020). It is not clear whether deep-focus earthquakes are capable of triggering unrest and eruptions.
Most of the microseismicity around active volcanoes belongs to VT-type, which is likely caused by shear slip on a fault near a volcano, and produces clear P and S waves with sharp onset. In addition, there are some other types of seismic events associated with volcanoes. For example, long-period (LP) events exhibit emergent P waves, but no clear S waves, with dominant frequencies of 0.5–5 Hz (Chouet, 1996; McNutt, 2002). A harmonic-spectra (HS) event is another special type of fluid-related seismic event. Whose spectral signature is strikingly harmonic (Hough et al., 2000; Milluzzo et al., 2010). Both LP and HS events are associated with either magma or magma-derived fluid-controlled sources (Chouet, 1996; Hough et al., 2000; McNutt, 2002).
Changbaishan volcano (also known as Paektu/Baekdu in Korea) is one of the most active intraplate volcanoes in East Asia (Liu et al., 1998; Zhang et al., 2018) (Figure 1A). Its summit caldera is called Tianchi (Chinese for “Heaven Lake”), which situates at the border between China and North Korea. Continuous seismic monitoring of Changbaishan volcano has been in operation since the establishment of Changbaishan Volcano Observatory (CHVO) in July 1999. Volcanic unrest during the period from July 2002 to July 2005 has been reported by previous studies, which was accompanied by earthquake swarms, surface inflation, uplift of the cone, and geochemical anomalies in the gas emissions (Wu et al., 2005; Liu et al., 2011a; Liu et al., 2011b; Xu et al., 2012; Wei et al., 2013). Based on inversion of ground deformation measurements, this unrest is interpreted as resulting from a shallow intrusion of basaltic magma centered at 2–6 km beneath the volcano’s summit. During this “active period,” thousands of volcano-tectonic (VT) earthquakes were recorded. Most of them were small-magnitude events, and the largest event occurred in December 2004 had a local magnitude ML of 4.4.
[image: Figure 1]FIGURE 1 | (A) Map showing the location of Changbaishan volcano in East Asia. The red star marks the location of the 2002 M 7.2 Wangqing earthquake. Blue stars mark other deep-focus earthquakes in this region. The blue triangles indicate the JEA catalogue stations, and the red box marks the location of the enlarged plot in (B). (B) Distribution of seismic stations and different types of seismic events during the volcanic unrest period. The red triangles mark stations used to build the CHVO catalogue, the black triangles indicate stations for the Wu catalogue, the black dots indicate VT events, and the green dots indicate HS events.
On June 28, 2002, an Mw 7.2 deep-focus earthquake occurred at a depth of 566 km approximately below the city of Wangqiang, which is about 290 km northeast of Changbaishan volcano (Figure 1A). This is the largest deep-focus earthquake occurred within 500 km (horizontal distance) of the volcano since 2000. A few previous studies have argued that the 2002 Wangqing earthquake may have triggered the volcanic unrest, which started in early July of 2002 (Lv et al., 2007; Liu et al., 2017). However, the available earthquake catalogue in this region did not show any clear increase of seismicity between the 2002 Wangqing earthquake and the onset of the volcanic unrest. Hence, the triggering relationship is still not clear.
Wu et al. (2005) deployed 15 temporary seismic stations to study volcanic seismic activities in Changbaishan volcano during the summer months from 2002 to 2007. They identified thousands of VT events with dominant frequency of 5–15 Hz, as well as 38 volcanic HS events with several harmonic frequency peaks. However, they failed to identify any clear LP events or volcanic tremor signals during their observations (Wu et al., 2005; Ming et al., 2007).
In this study, we obtain a complete and accurate VT catalogue based on a template matching technique (Shelly et al., 2007; Peng and Zhao, 2009; Zhang and Wen, 2015). We attempt to address two important issues that are crucial for understanding the physical processes involved in the 2002–2005 Changbaishan volcanic unrest. The first issue is related to the possible triggering relationship between the 2002 Wangqing deep-focus earthquake and the unrest. The second is whether any LP signals (either LP events or volcanic tremors) occurred within thousands of VT earthquakes during the 2002–2005 volcanic unrest period, which are typically used to infer magma or fluid movement (Chouet, 1996; McNutt, 2002).
BACKGROUND
Changbaishan volcano has been widely recognized as an active volcano of global significance due to its Millennium eruption (VEI ≈ 7) in 946 CE (Xu et al., 2012; Oppenheimer et al., 2017; Hakozaki et al., 2018; Zhang et al., 2018). Seismic tomography (e.g., Zhao et al., 2009) has revealed that Changbaishan volcano is located above a big mantle wedge (BMW) defined by the subducting Pacific plate that is horizontally stagnant in the mantle transition zone (MTZ) and the overriding Eurasian plate. The BMW is thus widely considered as the first-order geodynamic feature responsible for origin of Changbaishan volcano (Kuritani et al., 2011; Zhao and Tian, 2013; Zhang et al., 2018). Recently, Tang et al. (2014) also performed seismic tomography in this region with dense temporary seismic network, and imaged a possible gap in the subducted slab that may be responsible for producing the decompression melting material that feeds Changbaishan and other active volcanoes in this region (e.g., Wudalianchi and Jingbohu volcanoes).
The magma plumbing system of Changbaishan volcano remains less understood at present. However, geophysical inversions indicate that there are at least three layers of magma reservoirs beneath Changbaishan volcano. The lowermost one is approximately located at Moho/lower crustal depths (∼30–40 km; Ri et al., 2016; Kim et al., 2017). The intermediate one is within mid-crustal depths (∼15–25 km; Tang et al., 2001), and the depths of the uppermost one is constrained to be within 10 km below the surface (Tang et al., 2001; Iacovino et al., 2016; Hammond et al., 2020). Geodetic inversions of inflation during the 2002–2005 unrest revealed a possible shallow magma chamber at the depth range of ∼5 km (Xu et al., 2012).
Lv et al. (2007) studied the relationship between Changbaishan volcanic earthquakes and intermediate-depth (60–300 km) and deep-focus (>300 km depth) earthquakes (including the 2002 Wangqing earthquake) that occurred along the subduction zone of the western Pacific Plate. Based on a comparison between the occurrence times of deep subduction-zone earthquakes and the VT earthquake rates, they suggested that earthquake swarms around Changbaishan volcano might be triggered by intermediate-depth and deep-focus subduction earthquakes (Lv et al., 2007). Based on historic documents in China and Korea, Li et al. (2012) showed that a magnitude greater than 8 deep-focus earthquake occurred in the “Hunchun-Wangqing deep-focus seismic zone” on October 6, 1597, and likely triggered numerous lake seiches in East China and a small-medium scale explosive eruption at Mt. Wangtian’e volcano (about 30 km away from Changbaishan volcano). These studies suggest a possible triggering relationship between deep earthquakes and volcanic eruptions in our study region.
Liu et al. (2017) investigated the triggering relationship between microearthquakes around Changbaishan volcano and five nuclear explosions in North Korea, as well as large shallow earthquakes at remote distances. They did not find any clear changes in microseismicity during the nuclear explosions with the maximum equivalent magnitude of 6.3. This is consistent with a recent numerical simulation indicating that a nuclear explosion of equivalent magnitude 7 is needed to produce dynamic stresses high enough to trigger eruptions of Changbaishan volcano (Hong et al., 2016). However, Liu et al. (2017) did identify a few large distant earthquakes (e.g., the 2004 Mw 9.2 Sumatra, the 2008 Mw 7.9 Wenchuan, and the 2011 Mw 9.1 Tohoku-Oki earthquakes) that triggered microearthquakes during their large-amplitude surface waves. These studies suggest that Changbaishan volcano may be sensitive to external stress perturbations due to seismic waves from shallow distant earthquakes.
DATA AND METHODOLOGY
During the volcanic unrest period of Changbaishan volcano (2002–2005), there were six seismic stations operated by CHVO (Figure 1B). Among these, station CBS was deployed on stable bedrock in an observation tunnel 3 km from Tianchi caldera and recorded continuously, while the other five seismic stations were deployed in the volcanic area. Due to harsh weather and other environmental conditions, these five stations only work intermittently during summer (June–October) every year, and the quality of their data is not as high as that from station CBS. To ensure the consistency of results for the entire time period, we use the catalogue produced by the single station CBS as a proxy of seismic activities of Changbaishan volcano.
In this study, we use the Match and Locate (M&L) method (Zhang and Wen, 2015) for earthquake detection. Similar to the standard matched-filter technique (e.g., Peng and Zhao, 2009), the M&L method first detects small events through continuous waveforms from stacked cross-correlation traces between template waveforms and potential events in the continuous waveforms over multiple stations and components. It then identifies the best-fitting locations of newly detected events by performing a grid search with differential travel times. In this study, we use three-component waveforms from the single station CBS, instead of multiple stations. Therefore, we do not perform any grid search for the newly detected event, but take the location of best-matching template event as that of newly detected events To improve the signal-to-noise ratio (SNR) of local seismic signals, we apply a bandpass filter of 2–8 Hz to both the template and continuous waveforms. We use a 25-s-long window starting 5 s before the hand-picked S arrival as template waveform. To confirm positive detections, we use two thresholds: a mean correlation coefficient (CC) value >0.78 and an SNR of the stacked cross-correlograms >2.0, following Zhang and Wen (2015). We test a large number of combinations of CC and SNR thresholds during the search process, and determine the optimum threshold of CC >0.78 and SNR >2.0 for this work. We choose a relatively high CC value because we have only one station recording with three components, which is subject to a higher false-detection rate than it would be the case for multiple stations. Once the mean CC and SNR values of a potential event exceed the pre-defined thresholds, we consider this as a positive detection (Figure 2).
[image: Figure 2]FIGURE 2 | (A) Mean correlation coefficients between the template seismograms and the continuous waveforms in (C). The red dashed line indicates the mean CC threshold (0.78) for detection, the black line the mean CC value, and the red point the mean CC value of a positive detection. (B) Histogram of the mean CC in (A). (C) Template seismograms (blue traces) and continuous waveforms (gray traces). The red dashed line indicates the origin time of a positive detection and the template earthquake. The channel name and CC value are given on the left- and right-hand sides of each trace, respectively.
From July 1999 to July 2007, there are 3,427 seismic events in the CHVO manually picked catalogue (Supplementary Table S1). We visually examine waveforms of all events, and manually remove 1661 listed in the CHVO catalogue as possible false detections. These false detections are mainly of two types: interference signals and explosion-type signals from nearby industry activities (Supplementary Figure S1). To ensure the operational efficiency of the M&L program and to guarantee that all the remaining 1766 events can be recovered by the procedure, we first select 50 events with clear P and S waves and highly accurate locations as initial templates and scan through the time windows that include the remaining 1766 events. Any time an event is not detected by the M&L procedure, we manually stop the scanning and add this event to the templates, after which we restart the procedure. In this way, all of the 1766 remaining events can be detected by the new catalogue. In the end, the number of template events grows to 536 (Supplementary Table S2).
The locations of the 536 template events used in this study are obtained from three different catalogues. The first is the catalogue provided by the temporary seismic network (Wu et al., 2005), which only works during summer every year from 2002 to 2007. A total of 15 seismic stations close to Tianchi caldera, with a station spacing of 5 km provides reasonable station coverage. Here, we term this the Wu Catalogue. The second catalogue is that provided by the regional seismic network operated by the Jilin Earthquake Agency (the JEA catalogue), which consists of 10 regional seismic stations with an average distance of 100 km around Tianchi caldera. The third catalogue is that provided by the CHVO, which has been manually picked with continuous waveforms of the single station CBS (CHVO catalogue, Supplementary Table S1). The events are subsequently located if they are recorded by more than three stations in the CHVO. Among these three catalogues, the location accuracy of the Wu catalogue is the highest, and that of the CHVO catalogue is the lowest. Thus, if one event has been listed in two or three catalogues, we use the location listed in the catalogue with highest accuracy. For any new event detected by the M&L technique with the single station CBS, we simply assign the location of the template event with the highest mean CC value. As the combined template catalogue may not include all possible events with different locations or mechanisms, our final automatically detected catalogue is likely not complete, although it is more complete than any of manually picked catalogues.
To confirm the existence of potential triggering, we compare the seismicity changes before and after a specific event with the β-statistic value (Matthews and Reasenberg, 1988). A β-statistic value greater than 1.96 is generally considered as a statistically significant seismic increase with 95% confidence level (Gomberg et al., 2001; Hill and Prejean, 2007; Aron and Hardebeck, 2009; Peng and Gomberg, 2010; Liu et al., 2017). We use the following expression given by Aron and Hardebeck (2009):
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where [image: image] is the length of triggering window, T is entire time period, and [image: image] and [image: image] are the numbers of earthquakes in the triggering window and the entire time period, respectively. We compute the β-statistic values with both the newly detected catalogue and the manually picked catalogue provided by the CHVO around the 2002 Wangqing and other deep-focus earthquakes. As expected, the β-statistic value depends on the length of triggering window. In this study, we use a relatively short triggering time window of 5 days to compute the β-statistic value in order to identify short-term variation of seismicity due to the occurrence of remote earthquakes. On the other hand, a longer time window (e.g., 15 or 30 days) can be used to compute the β-statistic value for long-term variation of seismicity.
RESULTS
Using 536 templates, we detect 3,763 events through waveforms of station CBS from July 1999 to July 2007 (Figure 3B and Supplementary Table S3). The automatically detected catalogue not only includes 1776 events after visual inspection of the manually picked catalogue, but also includes 1987 newly detected events. Intensive seismicity started on July 5, 2002, and lasted for about three years. After the volcanic unrest (Figure 3A), the seismicity of Changbaishan volcano dropped slowly, and resumed to the background level around 2008. In order to provide a comprehensive view of the seismicity of Changbaishan volcano from 1999 to 2018, we use the joint earthquake catalogue, which include events produced by automatic detection from July 1999 to July 2007 and those listed in the CHVO catalogue after August 2007.
[image: Figure 3]FIGURE 3 | (A) Monthly rates of seismicity listed in the joint catalogue (red bars) from 1999 to 2018 around Changbaishan volcano. The joint catalogue is produced by merging two catalogues. The first is the automatically detected catalogue from Jul. 1999 to Jul. 2007 in this study, and the second one is manually picked catalogue from Aug. 2007 to Dec. 2018. The light blue shaded area indicates the time period of volcanic unrest. The blue curve represents the cumulative number of events. (B) Template events (red circles) and detected events (black circles) listed in the automatically detected catalogue.
Seismicity Changes Following the 2002 Wangqing Deep Earthquake
As mentioned before, on June 28, 2002 at 17:19:25 UTC, an Mw 7.2 earthquake at a depth of 566 km struck the city of Wangqing, which is about 290 km from Tianchi caldera (Figure 1A). The Wangqing mainshock was recorded well by five stations in the CHVO (Supplementary Figure S2). Before the Wangqing mainshock, the CHVO catalogue includes some false identifications, which have been removed by visual inspection (Supplementary Figure S3). After the mainshock, the automatically detected catalogue includes some newly detected events that were not listed in the CHVO catalogue (Figure 4 and Supplementary Figure S3). On July 5, 2002, seven days after the mainshock, the number of VT events increased significantly, marking the onset of the volcanic unrest (Figure 4).
[image: Figure 4]FIGURE 4 | (A) Seismicity within 15 days before and after the 2002 M 7.2 Wangqing earthquake. The crosses mark events listed in the newly detected catalogue, the blue curve shows the cumulative number of earthquakes, and the vertical blue lines indicate the time window plotted in (B) and (C). (B,C) Envelope functions of the high-pass filtered 5 Hz waveform during and after the 2002 M 7.2 Wangqing earthquake. The newly detected earthquakes are marked as blue crosses. (D,E) Zoom-in plots of the areas between the blue dashed lines in (B) and (C). (F,G) Spectrograms of (D) and (E).
Using a 10-days time window before and after the Wangqing mainshock, the β-statistic values at July 5, 2002 for the newly detected and CHVO catalogues (βAutomatic and βManually picked) are calculated as 5.1 and 1.0, respectively (Figure 5), suggesting a possible triggering relationship. We note that βAutomatic is larger than βManually picked, mainly because several false detections in the manually picked catalogue were removed and additional events following the Wangqing mainshock were included during the detection process.
[image: Figure 5]FIGURE 5 | (A)β-statistic values of automatically detected (red curve) and manually picked (blue curve) catalogues. (B) Changbaishan volcanic earthquake activities before and after the 2002 Wangqing deep-focus earthquake. The purple arrow marks the onset of volcanic unrest (i.e., July 5, 2002).
Seismicity Changes Following Other Deep-Focus Earthquakes
During the study time period from 2000 to 2019, 67 deep-focus earthquakes (depth >300 km, magnitude >4) occurred within 1000 km around Tianchi caldera (Supplementary Table S4), as listed in the International Seismological Center (ISC) catalog. We measure the peak ground velocity (PGV) of each earthquake on the vertical component of station CBS after removing the instrument response and applying a low-pass filter of 5 Hz to avoid contamination by high-frequency local noise. The PGV of the Wangqing earthquake is 1.2 cm/s (Supplementary Table S4 and Figure 6), which is several times larger than that of other deep-focus earthquakes. Assuming a shear rigidity μ of 30 GPa, and a phase velocity Vph of 3.0 km/s, we can convert the PGV of the Wangqing earthquake (1.2 cm/s) into the dynamic stress σd 120 kPa with the following equation:
[image: image]
[image: Figure 6]FIGURE 6 | PGV and dynamic stress of deep-focus earthquakes and large distant earthquakes. Red circles represent deep-focus earthquakes within 500 km. Black circles represent large distant earthquakes beyond 1000 km. Three large distant earthquakes (2004 M 9.3 Sumatra, 2008 M 7.9 Wenchuan, and 2011 M 9.1 Tohoku-Oki earthquakes) that dynamically triggered micro-seismicity in Changbaishan volcano are marked by red triangles (Liu et al., 2017).
This is just an approximation since these values would likely be different at depth. But it provides a rough back-to-the-envelope estimation of the associated dynamic stress. Figure 6 also includes the PGVs of large distant earthquakes analyzed by Liu et al. (2017). The PGV of the Wangqing mainshock is slightly larger than those of large distant earthquakes that triggered microseismicity during their large-amplitude surface waves (e.g., the 2004 M 9.3 Sumatra, 2008 M 7.9 Wenchuan, and 2011 M 9.1 Tohoku-Oki earthquakes).
As mentioned before, VT earthquakes in Changbaishan volcano might be related to deep-focus earthquakes occurring in nearby regions (Lv et al., 2007). To check the relationship between other deep-focus events and local earthquakes, we plot the daily earthquake numbers and all deep-focus earthquakes with magnitude greater than 4 within 1000 km (Figure 7). In addition, we compute a running-window β-statistic time series (with T = 10 days, and a sliding window step of 1 day, Ta = 5 days) to help identify the triggering relationship. As expected, the β-statistic time series reflects the seismicity rate change quite well, with each peak in the β-value corresponding to a local earthquake swarm. In particular, the β-value on July 5, 2002 seven days after the June 28, 2002 Wangqing deep-focus earthquake, is as high as 5.1, setting the highest record since 1999. We argue that such a significant increase in seismicity suggests that the Wangqing earthquake might have triggered Changbaishan volcanic activity with a delayed response of seven days.
[image: Figure 7]FIGURE 7 | Daily earthquake numbers, β-statistic value from the detected catalog, and occurrence time of deep-focus earthquakes. The x-axis represents the date, the left y-axis the number of earthquakes per day, and the right y-axis the value of the β-statistic. The red bars indicate the number of earthquakes. The purple and green bars indicate deep-focus earthquakes greater than M 6 within 1000 km and earthquakes greater than M 4 within 500 km from Changbaishan volcano, respectively. The blue curves represent time series of the β-statistic, which has been computed with Ta = 5 days and a sliding window step of 20 days.
Out of the 22 selected deep-focus earthquakes with magnitude greater than M 6 that occurred within nine years (1999–2007), 12 (54.5%) were followed by increased seismicity (defined as β-statistic values >2 with T = 10 days and centering around the deep-focus earthquakes) (Figure 7). Using the same method, we analyze the triggering relationship between deep-focus earthquakes and Changbaishan seismic activities during 2008–2019 with the manually picked CHVO catalog (Supplementary Figure S4). Out of 26 selected deep-focus earthquakes during this time period, 16 (61.5%) were followed by increased seismicity. Our observations are generally consistent with previous studies, suggesting a moderate triggering relationship between deep-focus events and local seismicity at CBS (Lv et al., 2007; Liu et al., 2017).
Since July 1999, 67 (Supplementary Table S4) deep-focus earthquakes within 500 km (horizontal distance) occurred in this region; some are associated with increased seismicity in Changbaishan volcano, others are not. However, it is worth noting that the 2002 Wangqing mainshock is the largest deep-focus earthquakes occurred in this region in the past few decades. We also checked the local catalogue and waveforms at station CBS during other large deep-focus earthquakes at remote distances (e.g., 2013 M 8.3 Okhotsk Sea earthquake), and did not find any clear triggering evidence. Hence, it appears that only large deep-focus earthquakes occurring nearby (within 500 km in horizontal distance) are followed by unrest in this region.
Comparison Between Triggering by Deep-Focus Earthquakes and by Large Distant Earthquakes
In this section we compare the amplitude spectra of those distant shallow earthquakes that triggered seismicity in Changbaishan and deep-focus earthquakes with magnitude greater than 6 to identify potential differences in triggering behaviors between them (Figure 8). As expected, the amplitude spectra of deep earthquakes and those of large distant earthquakes show clearly different characteristics. For large distant earthquakes, the peaks appear in the low-frequency range (0.02–0.08 Hz, or 12.5–50 s), whereas for deep-focus ones, the peaks appear in the high-frequency range (0.4–2 Hz). Particularly for the 2002 Wangqing deep-focus earthquake, the high-frequency part (e.g., ∼1 Hz) of the amplitude spectrum is at least one order higher than those of large distant earthquakes.
[image: Figure 8]FIGURE 8 | Amplitude spectra for the Wangqing earthquake and other deep-focus earthquakes and shallow distant earthquakes. Dashed curves correspond to shallow distant earthquakes, and solid lines to deep-focus earthquakes and the largest UNEs in North Korea. The linear-like spectra at high-frequency ranges (>1 Hz) for some events are due to small gap in the continuous waveform, resulting in some high-frequency artefact.
Although the Wangqing mainshock and three large distant earthquakes (2004 M 9.3 Sumatra, 2008 M 7.9 Wenchuan, and 2011 M 9.1 Tohoku-Oki earthquakes) triggered seismicity in Changbaishan volcano, the triggering seismic phases and the triggered seismicity are likely different. Large distant earthquakes dynamically trigger microseismicity through their large-amplitude surface wave trains, but are not followed by subsequent changes in seismic behaviors in Changbaishan volcano (Liu et al., 2017). In comparison, deep-focus earthquakes likely trigger microseismicity through their high-frequency body waves. We do not observe any instantaneous triggering during the Wangqing mainshock, but a time delay of 7 days is observed before the onset of the 2002–2005 earthquake swarm. Comparing with the spectrum of the Wangqing mainshock, the 2017 mb = 6.0 underground nuclear explosion (UNE) in North Korea has a slightly longer period of around 0.5 Hz, likely due to its surface waves (Supplementary Figure S5). But at higher frequency range of 1 Hz, the Wangqing earthquake spectrum is larger. The corresponding dynamic stress for the 2017 UNE is ∼63 kPa, smaller than the 120 kPa for the Wangqing earthquake.
Long-Period and Harmonic-Spectra Events
We re-examine those HS events (Figure 9) identified and located by Ming et al. (2007) and use the clear HS events as templates to scan the continuous waveforms recorded by the single station CBS to detect more potential HSs. In contrast to previous observations (Ming et al., 2007), waveforms of HS events recorded at station CBS span the entire volcanic unrest period, resulting in a total of 125 HSs from 1999 to 2007. The most common feature of these HSs is that they all have several (>2) clear harmonic peaks in their spectral plots (Figures 9A,B).
[image: Figure 9]FIGURE 9 | Some representative HS and LP events recorded by station CBS. All of these waveforms have been normalized before plotting. (A,B) Original waveforms and normalized spectral functions of vertical components, respectively, of HS events. (C,D) Original waveforms and normalized spectral functions of vertical components, respectively, of LP events. The numbers above the waveforms indicate the time of origin of the events.
By visually inspecting the waveforms originated by CHVO catalogue, we find that some waveforms show distinct low-frequency characteristics. We attribute these events with a dominant frequency of 2–3 Hz to LPs and put them into the templates. Eventually, 20 LPs have been detected in this study. Some of the representative LPs are shown in Figures 9C,D.
DISCUSSION
Large earthquakes are capable of producing dynamic, static, and quasi-static stress changes (Freed and Andrew, 2005). Static stress change decays rapidly with distance, and becomes negligible beyond a few fault lengths (King et al., 1994; King and Deves, 2015). Given the large depth and horizontal distance between the Wangqing mainshock epicenter and Changbaishan volcano, the static stress change from the Wangqing mainshock does not seem the primary connecting agent. There are several physical models that connect the dynamic stresses disturbances from distant earthquakes with magma overpressure, thus triggering volcanic unrest/eruption and local seismicity. Most of them involve bubble excitation in idealized magmatic conditions but the physical processes are different. The rectified diffusion model involves volatiles in saturated fluids that are pumped into bubbles by dilatational phase of seismic waves from distant earthquakes (Sturtevant et al., 1996; Brodsky et al., 1998). In the advective overpressure model, bubbles are shaken from walls of the magma chamber (i.e., Pyle and Pyle, 1995; Hill and Prejean, 2015). In the sloshing model, the oscillatory motions of fluids in the magma chamber cause foam collapse and hence affect the presence and stability of bubbles (Namiki et al., 2016). Hill and Prejean (2015) also summarized a few additional models on bubble excitations by dynamic waves. In all these models, the ascending bubbles increase pressure in the shallow magma body and can cause volcanic unrest or eruption.
Brodsky and Prejean (2005) demonstrated that long-period (>30 s) waves generated by large distant earthquakes are more effective at triggering seismicity in Long Valley Caldera, California, and they proposed that fluid flow could play an important role as a low-pass filter and respond to long-period wave triggering. This is consistent with the recent observation of long-period surface waves triggering microseismicity in Changbaishan volcano (Liu et al., 2017). However, the triggering of the 2002–2005 volcanic unrest by the M 7.2 Wangqing deep-focus earthquake is quite different, both in terms of the triggering wave (relatively high-frequency body wave in the range of 0.4–2 Hz), and the triggered seismicity (delayed for 7 days and lasted for about 3 years). While we do not have additional evidence to distinguish between various models of bubble excitation due to dynamic shaking, our observations seem to suggest that this process is likely promoted by seismic waves in the relatively high-frequency range of 0.4 to 2 Hz, rather than at longer period. If we use the apparent lack of triggering due to the nearby UNE (Liu et al., 2017) as an additional constraint, then we could argue that the frequency range around 1 Hz is mostly relevant (see Figure 8).
Based on these arguments, we come up with the following scenario (Figure 10) to explain the apparent triggering between deep-focus earthquakes and volcanic unrest, as well as of different types of volcanic events. High-frequency body waves of the Wangqing deep-focus earthquake likely triggered some bubble growth and overpressure in the magma systems due to one of the aforementioned physical mechanisms. While it is not clear in which magma system had bubble growth, giving the apparent 7-days delay between the Wangqing mainshock and onset of volcanic unrest, we argue that it is likely that bubbles grew in the mid-crust magma system, resulting in overpressure and a small magma injection into the shallow magma chamber at a depth of ∼5 km (Figure 10B). This process readjusted the local stress state and triggered a delayed increase in VT seismicity at the top of the magma body (Figures 10B,C). The persistent appearance of VT events and the sporadic appearance of LP and HS events suggest transient and repetitive processes, respectively. The LP and HS events can be interpreted as resonances of the cracks filled by fluids above the magma system (Figures 10B,C). As mentioned before, the magmatic movement is supported by the independent observation of increasing volcanic gas emissions and ground deformations during the volcanic unrest period (Xu et al., 2012). However, because we did not have enough high-quality continuous recordings to relocate all the seismicity, we cannot provide additional evidence for magmatic or fluid movements such as spatio-temporal migration of aseismic slip and seismic swarms (e.g., Shelly et al., 2016).
[image: Figure 10]FIGURE 10 | (A) A conceptual model showing magma migration from a deep source to a shallow reservoir of Changbaishan volcano in response to dynamic stress perturbations related to the Wangqing deep-focus earthquake in the stagnant Pacific Plate beneath NE Asia. An upwelling plume derived from the mantle transition zone is shown as the magma origin of Changbaishan volcano based on studies of seismic tomography (Zhao et al., 2009) and basalt geochemistry (Zhang et al., 2018). The 410, 520, and 660 km discontinuities are from Tian et al. (2016). (B) Hypothetical magmatic and hydrothermal processes corresponding to the 2002–2005 unrest of Changbaishan volcano. Injection of deep-sourced magmas into the shallow magma chamber led to anomalous magma stirring and degassing, which pressurized the shallow magma chamber and facilitated intrusion of gas-enriched magmas through cracks above the magma body. Hydrothermal fluid migration was influenced by crack intrusion of magmas. (C) A cross-sectional view of the study region along AB in Figure 1B. The green circles indicate HS events, and the purple circles with different scales indicate VT events with different magnitudes.
Hong et al. (2016) suggested that a hypothetical UNE in North Korea (about 130 km from Changbaishan volcano) with magnitude M = 7.0 can generate ∼67 kPa dynamic stress change on the volcano surface and ∼120 kPa in the magma chamber at depth, which are enough to disturb magma chambers and trigger volcanic eruptions. The dynamic stress of Wangqing earthquake is in the range of the hypothetical M 7 North Korea underground nuclear explosion. In addition, while the spectra of the 2017 mb = 6.0 UNE and the 2002 Wangqing mainshock do not completely overlap (Figure 8), it is expected that the spectrum of a hypothetical M = 7.0 UNE would be above that of the Wangqing mainshock at almost all frequency ranges. Hence, if other characteristics of the triggering waves (e.g., incident angles, back-azimuths, etc) do not play any important roles, we could argue that a magnitude 7 event (either nuclear explosion or deep-focus earthquake) nearby is capable of triggering an unrest or eruption at Changbaishan volcano.
CONCLUSION
In this study, we performed a systematic detection of seismic events around Changbaishan volcano to better understand the triggering relationship between the 2002 M 7.2 Wangqing deep-focus earthquake and the 2002–2005 unrest. We found clear evidence of LP events during the volcanic unrest process, and identified additional HS events. Thus, we identified three types of volcanic earthquakes (VT, LP and HS) during the unrest of Changbaishan volcano. The limited magnitudes of the VTs and small numbers of HSs and LPs suggest a small-scale magmatic process, likely indicating no major eruptive hazard in the foreseeable future.
With the new catalogue obtained by this study, we investigated the relationship between the 2002 Wangqing deep-focus earthquake and seismicity in Changbaishan volcano. The β-statistic value which has been calculated with a 5-days window at 7 days after the mainshock is as large as 5.1, suggesting a clear increase of seismicity at Changbaishan volcano. The onset of the seismic swarm and unrest on Changbaishan might have been dynamically triggered by the Wangqing earthquake with a delayed response of seven days. This apparent time delay between the deep-focus earthquake and the onset of swarm activity in Changbaishan volcano likely reflects the slow magmatic movements, which were accompanied by the 3-years earthquake swarm and volcanic unrest.
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Magma intrusion usually causes seismicity and deformation in the surrounding rock and often leads to eruptions. A swarm of volcano-tectonic (VT) earthquakes associated with rapid dike intrusion in hours occurred beneath Sakurajima volcano on August 15, 2015. We determined the hypocenters and focal mechanisms of the VT earthquake swarm. The distributions of pressure (P)- and tension (T)-axes of the azimuths of the mechanisms are also obtained. The results indicate spatiotemporal changes of the distributions of the hypocenters and P- and T-axes. The hypocenters are distributed at depths of 0.3–1 km and 7:00–10:30 JST, and are located at depths of 0.3–3 km and 10:30–12:00 during which the seismic activity is the largest. At 12:00–24:00, the hypocenters are distributed in shallow and deep clusters at depths of 0.2–1 km and 1.5–3.5 km, respectively. The dike induced rapid ground deformation and is located between the shallow and deep clusters. The strike and opening directions of the dike are parallel to the NE–SW and NW–SE directions, respectively, corresponding to the regional maximum and minimum compression stress. The T-axes of the shallow cluster are distributed parallel to the opening direction of the dike. The P-axes of the deep cluster exhibit a pattern corresponding to the NE–SW direction and the T-axes are distributed in the NW–SE direction. In contrast, a 90° rotated pattern of strike-slip faulting is also observed at the deep cluster at 12:00–24:00, where the P-axes are distributed in the NW–SE direction and the T-axes are distributed in the NE–SW direction. This reflects the change in the stress field due to the dike inflation during the earthquake generation, and indicates that the alteration of stress in the vicinity of the dike due to the dike inflation and VT earthquakes are induced by the differential stress exceeding the brittle fracture strength of the rock. Future seismic and deformation observations in volcanoes will verify whether the spatiotemporal changes of the hypocenters and focal mechanism shown by this study are unique features of rapid dike intrusion.
Keywords: hypocenter, focal mechanism, volcano-tectonic earthquake, dike inflation, earthquake swarm, Sakurajima
INTRODUCTION
Magma rises or laterally moves and is accumulated in the crust or within a volcano edifice. This causes stress in the surrounding rock, leading to its deformation. Ground deformation occurs when the deformation extends to the surface. When the stress exceeds the fracture strength of the rock, or magma moves in cracks or conduits, fracturing or oscillation occur and generate an earthquake, that is, a volcanic earthquake. The frequency and duration of seismic ground motions of volcanic earthquakes vary widely; predominantly, volcano-tectonic (VT) earthquakes, low-frequency earthquakes, and volcanic tremors occur (e.g., McNutt, 2005; Nishimura and Iguchi, 2011; Chouet and Matoza, 2013). VT earthquakes are ordinary earthquakes that occur in brittle rock within a volcanic edifice or in the crust beneath it. They are characterized by sharp onsets of P- and S-waves, reflected by broad spectra extending up to 15 Hz (e.g., McNutt, 2005; Nishimura and Iguchi, 2011; Chouet and Matoza, 2013). They are called VT earthquakes because of their close similarity to tectonic earthquakes, although the stresses that induce them are derived from volcanic processes rather than from large-scale tectonic movements (e.g., McNutt, 2005; Nishimura and Iguchi, 2011; Chouet and Matoza, 2013). The VT earthquakes, which sometimes become seismic swarms, have been observed in many volcanic regions. Therefore, in many cases, seismic analyses have been applied to determine the hypocenters and focal mechanisms (e.g., Prejean et al., 2002). Compared with low-frequency earthquakes and volcanic tremors, VT earthquakes allow more precise hypocenter determination, and it is easier to determine their source mechanisms. Moreover, tracking the spatiotemporal changes in hypocenters and source mechanisms provides more information that could facilitate the estimation of the behavior of magma intrusion.
Magma transport in the crust is closely related to the magnitude and orientation of crustal stresses. Differential stresses in the crust are due to large-scale tectonic movements. Dikes represent the most natural means for magma transport at depth in the crust. The regional stress field around a volcano affects the position and orientation of a dike (Nakamura, 1977; Nakamura et al., 1977). Dikes preferentially intrude in the plane perpendicular to the direction of the minimum compressive stress. For dikes to propagate and inflate, magma must exert sufficient stress at the dike tip to overcome the fracture strength of the rock. It is well known that dike intrusions are frequently associated with VT earthquake swarms (e.g., Einarsson and Brandsdóttir, 1980; Savege and Cockerham, 1984). They occur ahead of the dike tip (Rubin and Pollard, 1988; Rubin, 1992; Ukawa and Tsukahara, 1996; Roman and Cashman, 2006; Ebinger et al., 2008; Woods et al., 2019; Ágústsdóttir et al., 2019), and in regions adjacent to dike walls (e.g., Bonafede and Danesi, 1997; Roman et al., 2004; Roman, 2005; Roman and Cashman, 2006; Ebinger et al., 2008; Ágústsdóttir et al., 2019). Following the development of new techniques for seismic data analysis in the recent two decades, hypocenters can be more accurately determined and the focal mechanisms of more events can be estimated, yielding more detailed discussions of dike intrusion processes and the stress field change corresponding to the spatiotemporal changes of the hypocenters and focal mechanisms of VT events (e.g., Hayashi and Morita, 2003; Ebinger et al., 2008; Grandin et al., 2011; Passarelli et al., 2015; Woods et al., 2019).
The studies described above were targeted at slow dike intrusions, lasting from several weeks to several months. For example, the 1998 earthquakes swarm off the east coast of Izu Peninsula, Japan was induced by a dike intruding for two weeks (Hayashi and Morita, 2003). Dike intrusions sporadically occurred and lasted several weeks from 2005 to 2010 in the Manda Harare-Dabbahu Rift, Afar, Ethiopia (Ebinger et al., 2010; Grandin et al., 2011). Episodes of dike intrusions lasting a few weeks occurred during the Bárðarbunga-Holuhraun rifting event from August 2014 to January 2015 (Woods et al., 2019). The dike intrusion at Miyakejima-Kozushima-Niijima, Japan began on June 26, 2000 and continued until September 2000 (Japan Meteorological Agency, 2000; Ukawa et al., 2000; Sakai et al., 2001). On the other hand, dike intrusions often occurred in short time period, hours to days, in basaltic volcanoes such as Kilauea’s East Rift Zone in January 1983 (Okamura et al., 1988) and September 1999 (Cervelli et al., 2002), and the November 1986 eruption of Izu-Oshima (Linde et al., 2016).
Magma intrusion rate is a key parameter to understand unrest and its possible outcome, from non-eruptive unrest to phreatic explosions or explosive magmatic eruptions (Moran et al., 2011). For example, rapid magma intrusion often leads to explosive eruptions (Moran et al., 2011). Explosive eruptions are dominant at andesite volcanoes and crucial for risk mitigation, since many people live in the neighborhoods. Rapid dike intrusions cause pronounced earthquake swarm and deformation in short time periods. In these cases, it is important to obtain hypocenters and focal mechanisms to elucidate any induced spatiotemporal stress change.
On August 15, 2015, a VT earthquake swarm occurred beneath Sakurajima volcano, Japan; at the same time, rapid and significant ground deformation was observed (Hotta et al., 2016a). However, no distinct explosive eruption occurred within weeks after the VT earthquake swarm (Iguchi et al., 2019). Analysis of the ground deformation associated with the VT earthquake swarm revealed the presence of an inflating dike with the NE–SW strike direction and the NW–SE opening direction at a depth of 1–2 km below the sea level beneath the summit region of Sakurajima, suggesting shallow magma intrusion. The dike is obtained based on GNSS displacement data, tilts and strains (Hotta et al., 2016a), and 3-D deformation data from interferometric synthetic aperture radar (InSAR) images (Morishita et al., 2016). However, the intrusion process estimated from the ground deformation lacks a time resolution. Conversely, earthquakes reflect the stress release of rock, that is, the occurrence of earthquakes is sensitive to the temporal change in stress. The advantage of using earthquakes over deformation is that the time resolution is higher. Therefore, the analysis of the VT earthquake swarm allows tracing high-resolution spatiotemporal changes in the stress exerted by dike emplacement on the surrounding rock.
In the present study, we determine the hypocenters and focal mechanisms of the VT earthquake swarm that occurred on August 15, 2015 beneath Sakurajima volcano. We clarify the spatiotemporal changes of the hypocenter and focal mechanisms of the VT earthquake swarm induced by rapid dike intrusion (one day). We then reveal the inflation process of the dike that penetrated the shallow depth beneath Sakurajima volcano. Finally, we discuss the generation of the VT earthquake swarm induced by dike propagation from the viewpoint of the brittle fracture strength of the crustal rock, to evaluate any difference between faster and slowing emplacing dikes.
GEOLOGICAL, GEOPHYSICAL SETTINGS, AND VOLCANIC ACTIVITY OF SAKURAJIMA
Sakurajima (Cherry Island in English) is an andesitic composite volcano located on the southern edge of the Aira caldera, southern Kyuhsu, Japan (Figure 1). In Kyushu, active volcanism results from the subduction of the Philippine Sea plate (PSP) beneath the Eurasian plate (EUP) and appears to be linked to back-arc extension. The edifice of Sakurajima started to develop 26,000 years ago and is now composed of two overlapping stratovolcanoes: the older Kita-dake and younger Minami-dake (Fukuyama, 1978; Kobayashi et al., 2013; Yasui et al., 2013). Eruptive activity over the last 4500 years has mainly occurred at Minami-dake, which has produced Vulcanian explosions and continuous venting of ash clouds almost daily since 1955, making it Japan’s most active volcano. Within the last six centuries, the volcano has experienced three periods of repeated Plinian eruptions of VEI 4–5 (Volcanic Explosivity Index) accompanied with voluminous lava effusion, that is, the Bunmei (1471–1476 AD), Anei (1779–1782 AD), and Taisho (1914–1915 AD) eruptions. The latter was the largest eruption in Japan in the 20th century. Initially an island, the Sakurajima volcano is now connected to the Osumi Peninsula via a narrow isthmus formed by a lava flow that was generated during the Taisho eruption. Before the beginning of the Taisho eruption, a volcanic earthquake swarm, including many felt earthquakes, was observed at the Kagoshima Weather Observatory (Figure 1) using a Gray–Milne seismometer (Omori, 1920). It began three days prior to the onset of the Taisho eruption on January 12, 1914 (Omori, 1920; Iguchi et al., 2019). Eight hours after the onset, a large earthquake with an M = 7.0 (Sakurajima earthquake) occurred in the southwestern part of the Sakurajima volcano (Omori, 1920). The Taisho eruption was accompanied by ∼1 m subsidence of the caldera floor (Omori, 1916; Mogi, 1958; Yokoyama, 2013). Since then, the caldera has been inflating gradually. Afterward, subsidence occurred during the Showa eruption (lava flow, 1946 AD). Two main pressure sources are responsible for the recent geodetic deformation: the main source is located beneath the Aira caldera ∼10 km below sea level (Hickey et al., 2016) and a supplementary source is located at a depth of 4–6 km beneath the summit (Hotta et al., 2016b). The current inflation of the Aira caldera is the result of magma accumulation at rates faster than current eruption rates, resulting in an uplift that approaches the pre-1914 level, increasing the risk of a new strong explosive event (Hickey et al., 2016). On August 15, 2015, rapid expansive ground deformation occurred in Sakurajima associated with an intense VT earthquake swarm (Hotta et al., 2016a). The latest earthquake swarm in Sakurajima occurred on May 29, 1968, including several felt earthquakes, with an M = 4 (Yoshikawa and Nishi, 1969). Nishi (1978) reported that the temporal changes in the frequency of Vulcanian explosions and focal mechanisms of VT earthquakes are correlated. Strike-slip-type mechanisms predominate during calm periods when the frequency is low, while normal fault-type mechanisms predominate in the beginning of the active eruptive period when the number of the events begin to increase toward the maximum. Subsequently, strike-slip-type mechanisms become dominant again with the decrease in frequency. The changes in the focal mechanisms prior to eruptive activity suggest that the crustal stress field varies according to magma supply.
[image: Figure 1]FIGURE 1 | Map showing the locations of Sakurajima volcano and seismic stations. Inset shows the location of Sakurajima relative to Japan. The abbreviation KD and MD indicate the Kita-dake (old clatter) and Minami-dake (currently the most active crater). Contours are provided every 200 m. The plus signs and inverted triangles show the locations of the short-period and broadband seismic stations, respectively, used for the analyses of the hypocenters and focal mechanisms, except for station KOM, which was used only for short-term-/long-term-average seismic detection. The gray square indicates the station AR1, which has short-period seismometer and tiltmeter and extension meters in an underground tunnel, and it was also used for the analyses. Open and solid black arrows indicate the directions of the regional maximum extension and compression, respectively, of the stress field at a depth of 10 km (Terakawa and Matsu’ura, 2010). The rectangle shows the location of the dike source obtained from the ground deformation on August 15, 2015 (Hotta et al., 2016a). The thick black line of the rectangle represents the top of the dike. The gray and open pentagons show the locations of the Sakurajima Volcano Research Center (SVRC) and the Kagoshima Weather Observatory (KWO) at the time of the Taisho 1914 eruption. The open star shows the epicenter of the Sakurajima M = 7 earthquake (Omori, 1920).
The Kyushyu–Ryukyu Arc is a NE–SW-trending island arc that connects southwestern Japan with Taiwan (Figure 1). An active back-arc opening of the Okinawa Trough (OT) is located along the arc and affects the crustal stress field in the southern Kyushu and Ryukyu region (Figure 1). Based on geodetic and seismic analyses, NW–SE extension and NE–SW compression dominate in southern Kyushu (Kubo and Fukuyama, 2003; Watanabe and Tabei, 2004; Savage et al., 2016). Terakawa and Matsu’ura (2010) estimated the three-dimensional (3D) tectonic stress field in Japan from the centroid moment tensor solutions of seismic events with magnitudes in the 3.5–5.0 range. The 3D tectonic stress field shows a strike-slip-type focal mechanism with a NE–SW pressure (P)-axis and NW–SE tension (T)-axis at crustal depth (10 km) in southern Kyusyu (Figure 1). The VT earthquakes in the southwestern part of Sakurajima have normal fault mechanisms with NW–SE-oriented T-axes (Hidayati et al., 2007), which are strongly affected by the tectonic stress in southern Kyushu. The ground deformation on August 15, 2015, was modeled with a nearly vertical dike with a NE–SW strike and NW–SE opening (Hotta et al., 2016a; Morishita et al., 2016). The dike orientation and opening are also strongly affected by the regional tectonic stress.
DATA
Figure 1 shows the locations of Sakurajima volcano and seismic stations used in the present study. Each seismic station is equipped with a three-component short-period seismograph (sensitivity of 200 V/m/s) with a natural period of 1 s or a broadband seismograph (sensitivity of 1500 V/m/s). Two sets of water tube tiltmeters and extension meters (one directed toward Minami-dake crater and the other directed perpendicular to the crater) and a short-period seismograph are located in an underground tunnel, station AR1. The underground tunnel has a length of 283 m and is used to monitor the volcanic activity of Sakurajima. The outputs of the seismographs are digitized at 100 or 200 Hz by a 24-bit analog-to-digital converter and the data are transmitted to the Sakurajima Volcano Research Center using a wired virtual private network or wireless local area network and stored as continuous seismic waveform data.
Figure 2 shows the seismic records of a vertical component of the station AR1 during the swarm activity of August 15, 2015. The hourly occurrences of earthquakes with velocity amplitudes ≥10 μm/s at the station AR1 are shown in Figure 3. The VT earthquake swarm began at 7:05 Japan Standard Time (JST) and the occurrence frequency increased between 8:00 and 10:00 JST. A felt earthquake with an M = 2 occurred in Sakurajima at 10:47 JST. Subsequently, the occurrence frequency per hour decreased after the peak at 11:00–12:00 JST and another felt earthquake with an M = 2 occurred at 14:46 JST. In total, 887 VT earthquakes were observed on August 15, 2015 (Hotta et al., 2016a). We used the records of the tiltmeters at the AR1 station for the comparison of the results.
[image: Figure 2]FIGURE 2 | Continuous seismogram of the vertical component of a short-period seismometer at station AR1 recorded from 6 AM on August 15 to 6 AM on August 16, 2015 (Japan Standard Time, JST).
[image: Figure 3]FIGURE 3 | Hourly volcano-tectonic earthquake occurrences from 6:00 to 23:59 JST on August 15, 2015.
METHODS
Hypocenter Determination
We selected VT earthquakes to determine their hypocenters using the amplitude ratio of short-term average (STA) and long-term average (LTA) from continuous waveform records. The time window lengths for the calculations of the STA and LTA were 0.3 s and 60 s, respectively. The thresholds for the earthquake detections were STA/LTA ≧ 5 at the ARIN, HIK, KOM, HAR, KUR, KAB, V SKA2, V.SFT2, V.SKRC, and V.SKRD stations. The arival times of the P- and S-waves of the selected earthquakes were visually determined. The hypocenters were determined using the P- and S-wave arrival times recorded at more than eight and six stations, respectively. The seismic stations, except for station KOM, at which both the P- and S-wave arrival times were ≥200 were used for location procedures. Figure 1 shows the locations of the selected seismic stations. The hypocenters were determined based on the method of Hirata and Matsu’ura (1987) and based on the one-dimensional P-wave velocity structure, as shown in Supplementary Table S1. The velocity structure was constructed by referring to the 2D P-wave velocity structure across Sakurajima volcano, which was obtained from the seismic refraction by artificial seismic sources (Miyamachi et al., 2013). The derived hypocenter locations were then treated as the initial hypocenters during further analysis, as discussed in the following section.
Hypocenter Relocation With the Double-Difference Method
We used the double-difference (DD) method (Waldhauser and Ellsworth, 2000) to obtain accurate hypocenter locations from initial hypocenters. The DD method software package, which is available to the public, consists of two programs, ph2dt and hypoDD (Waldhauser, 2001). The ph2dt is a preprocessing program that can be used to create DD data from the arrival times of the P-and S-waves recorded during seismic events. During ph2dt processing, several parameters, such as weights of readings used for hypocenter calculation and the maximum distance between paired seismic events and the stations, are set to create DD data. The ph2dt parameters used in the present study are shown in Supplementary Table S2. hypoDD can be used to calculate hypocenters from the DD data prepared using ph2dt. In hypoDD, the user sets the maximum distance between a cluster of hypocenters and stations. The minimum number of arrival catalog time difference data and the number of time difference data based on waveform cross-correlation in event pairs are also set in hypoDD. The hypoDD parameters used in the present study are shown in Supplementary Tables S3,S4. Because earthquakes with close hypocenters have similar source mechanisms and seismic wave propagation paths, the observed waveforms are likely similar. Accurate DD data can be obtained by calculating the travel time difference based on the cross-correlation of earthquake pairs with similar waveforms. We used the cross-correlation method of Deichmann and Garcia-Fernandez (1992) to obtain the travel time differences from seismic pairs using 0.64-s time windows including the recorded arrival time. A bandpass filter of 2–8 Hz was applied to the seismic waveform before the cross-correlation analysis. Only seismic pairs with cross-correlation coefficients greater than or equal to 0.8 were used as DD data.
Estimation of Focal Mechanisms
To improve the reliability of focal mechanism solutions, we estimated the focal mechanisms using the amplitude ratios of P- and S-waves as well as the P-wave polarities according to the method of Hardebeck and Shearer (2003). We visually determined the P-wave polarity and P- and S-wave amplitudes of the earthquakes relocated using the DD method, and estimated their focal mechanisms using the HASH program (Hardebeck and Shearer, 2002; Hardebeck and Shearer, 2003). For the earthquakes used for the estimation of focal mechanisms, the velocity waveforms were integrated into displacement waveforms, which were processed with a bandpass filter of 1–15 Hz. The time window length is half the time difference between the initial arrival times of the P- and S-waves. We measured the amplitudes of the P-waves using the peak-to-peak values of the amplitudes of the vertical component in the time window from the starting point of the time window as the P-wave initial arrival time. We measured the amplitudes of the S-waves using the maximum of the peak-to-peak values of the three components in the time window from the starting point of the time window as S-wave initial arrival time to 3 s. In the HASH program, we estimated the focal mechanisms of the earthquakes if the initial P-wave polarities were obtained at eight or more stations. The focal mechanisms were evaluated by sorting them into six quality categories from A to F based on the misfit of the polarity, as shown in Supplementary Table S5. Only focal mechanisms with A, B, or C qualities were considered for further discussion.
RESULTS
Cross-Correlation Analysis of VT Earthquake Waveforms
We calculated the cross-correlation coefficients of the waveforms of the VT earthquakes that occurred on August 15, 2015, based on the total number of events for which P-wave arrival times were measured at station HIK. The 2–8 Hz bandpass-filtered waveforms were used to calculate the cross-correlation coefficients in a time window of 4 s including the initial P-wave motion. Figure 4A shows the occurrence times of the earthquakes with correlation coefficients ≥0.7. The record of the water tube tiltmeter at station AR1 directed toward Miami-dake is shown in Figure 4B for comparison. The tilt change began at ∼8:00 JST and its rate increased before 9:00 JST. The tilt change rate decreased gradually from 9:00–10:30 JST and then began to increase rapidly. The increase in the tilt change rate continued until 12:00 JST. Subsequently, the tilt change rate decreased gradually. Event clusters with correlation coefficients ≥0.7 can be observed in the following time periods: 7:00–9:00, 9:00–10:30, 10:30–12:00, and 12:00–24:00 JST (Figure 4A). Event clusters are concentrated in the 10:30–12:00 JST time period. Moreover, the time boundaries corresponding to the clusters correspond with the time at which the tilt change is inflected. Therefore, the temporal change in the hypocenters of the VT swarm can be divided into four time periods: A: 7:00–9:00, B: 9:00–10:30, C: 10:30–12:00, and D: 12:00–24:00.
[image: Figure 4]FIGURE 4 | (A) Occurrence times of the earthquakes with cross-correlation coefficients of ≥0.7 (black circle) and (B) tilt change at the station AR1 (red line). The tiltmeter is directed toward the Minami-dake (MD) crater. The lines indicate 9:00, 10:30, and 12:00 JST on August 15, 2015. The letters A, B, C, and D show time periods as defined in this study.
Evaluation of Double-Difference Relocation
By using STA/LTA, as described in DATA 257 events are extracted from continuous seismograms for the determination of the hypocenters. We carefully measured the arrival times of P- and S-waves. The reading accuracies of the arrival times of P- and S-waves are higher than 0.05 s (Supplementary Figure S1). Subsequently, the hypocenters of 242 events are determined with P arrival times of eight or more and S arrival times of six or more. Twenty-two of the events are air quakes whose hypocenters are located higher than any stations in Sakurajima. We excluded such air quakes and relocated the hypocenters using the DD method. In total, out of the numbers of DD data pairs used for the hypocenter relocation, the numbers of DD catalog data pairs derived from reading arrival times are 46,696 and 39,888 for P- and S-waves, respectively. Conversely, the numbers of DD data pairs derived from cross-correlation are 12,484 and 12,274 for P- and S-waves, respectively. The final root-mean-square residuals of the DD data after 25 iterations are 58% and 26% of the initial residuals for the recorded and cross-correlated data, respectively. In total, 204 hypocenters were relocated using the DD method. Figure 5 shows the hourly frequencies of the relocated hypocenters. The hourly frequency of the relocated hypocenters is >10 from 9:00 to 14:00 JST, facilitating the discussion of the temporal change of the hypocenter distribution for the four time periods from A to D.
[image: Figure 5]FIGURE 5 | Histogram of the number of VT earthquakes (gray bars, right axis; Hotta et al., 2016a) and number of the relocated earthquakes (open bars, left axis).
To assess the uncertainty of the relative hypocenter locations determined using the DD method, we applied the bootstrap resampling method (Shearer, 1997;Waldhauser and Ellsworth, 2000) to all relocated events. During bootstrap resampling, a sample with zero-mean normally distributed values is selected using the mean reading error for each station (Supplementary Figure S1) and then added to the recorded arrival times. The hypocenters are then determined by preparing DD data by randomly re-extracting the arrival times from the selected samples. This process was repeated 500 times. Figure 6 shows the hypocenters relocated using the bootstrap resampling method and the ellipse of the 95% confidence interval (CI) for the three earthquakes. The cumulative frequency of the major axis radii of the 95% CI ellipses differs with respect to the magnitude and direction of the CI ellipses for each earthquake in the horizontal and vertical directions (Supplementary Table S6). The major axis radius, which has a cumulative frequency of 80%, is 200 m in the horizontal direction and 250 m in the vertical direction. Based on the above-mentioned error evaluation, the errors of the hypocenters relocated using the DD method are ±200 m in the horizontal direction and ±250 m in the vertical direction. A difference in the hypocenter locations exceeding the error range is considered significant.
[image: Figure 6]FIGURE 6 | Examples of the hypocenter distributions obtained by the bootstrap resampling method. Red cross marks and blue ellipses represent the hypocenters and the 95% confidence interval ellipses, respectively. (A) and (B) show the results for the event on 7:41 JST with M = 0.2. (C) and (D) show the results for the event on 13:03 JST with M = 1.1. (E) and (F) show the results for the event on 15:17 JST with M = 1.0. (A) (C), and (E) show the results for horizontal planes. (B) (D), and (F) show the results for NS to vertical cross sections. It is worth noting how the hypocenter distribution and confidence ellipse of the different earthquakes differ.
Spatiotemporal Distribution of Relocated Hypocenters
Figure 7 shows the hypocenters of 204 VT earthquakes relocated using the DD method. The hypocenters are distributed at a depth of 0–4 km from the vicinity of Minami-dake into the northeastern direction within a distance of 1 km. In addition, a seismicity gap is detected at a depth of ∼1 km; the hypocenters are concentrated above and below the seismicity gap. The hypocenter distributions for the time periods A, B, C, and D are shown using map views (Figure 8) and vertical cross-sections (Figure 9). Figure 10 shows the temporal variation of the depths of the hypocenters and the magnitudes of the earthquakes. In time period A (7:00–9:00 JST), the hypocenters are distributed at depths of 0.3–1 km (Figures 9A, 10) and 0.5–1 km east of Minami-dake (Figure 8A). In time period B (9:00–10:30 JST), the hypocenters are distributed within 1 km east of Minami-dake (Figure 8B) and at a depth of 0.3–0.9 km (Figures 9B, 10), except for an event at a depth of 2 km that occurred at 9:03 JST. The magnitudes of the earthquakes in time period B (M = 1–2) are larger than those in time period A (Figure 10). In time period C (10:30–12:00), the epicenters shift 0.5 km northeast compared with time periods A and B (Figure 8C). The distribution of the hypocenters expands at depths of 0.4–3 km (Figures 9C, 10). Many earthquakes with relatively large magnitude (multiple M = 2 earthquakes) occurred in time period C when compared with other time periods. In time period D (12:00–24:00 JST), the epicenters occupy a large area and are distributed from Minami-dake to 1 km east and 1 km northeast of it (Figure 8D). In time period D, the hypocenters are distributed in two clusters with an increase in depth; the hypocenters of the shallow and deep clusters are distributed at depths of 0.2–1 km and 1.5–3.5 km, respectively (Figures 9D, 10). As described above, the VT earthquake swarm on August 15, 2015, starts at very shallow depth and, subsequently, the seismogenic zone expands in the depth direction in a relatively short time period of ∼6 hr.
[image: Figure 7]FIGURE 7 | Hypocenter distributions of the VT earthquakes on August 15, 2015, as determined by the double-difference method. The colors indicate the occurrence time. (A) Map view of the relocated hypocenters. Contours are provided every 100 m. (B) and (C) are the EW and NS cross sections, respectively.
[image: Figure 8]FIGURE 8 | Epicenter distributions of the VT earthquakes (circles). The colors of the circles indicate the occurrence time same as Figure 7. Some of focal mechanisms (beach balls) are shown along with their epicenters. The colors of the beach balls indicate focal depths. The occurrence time of the focal mechanism is also shown along with corresponding beach ball. Contours are provided every 100 m. (A) Period from 7:00 to 9:00 JST. (B) Period from 9:00 to 10:30 JST. (C) Period from 10:30 to 12:00 JST. (D) Period from 12:00 to 24:00 JST.
[image: Figure 9]FIGURE 9 | Hypocenters of the VT earthquakes on August 15, 2015, projected on the cross sections A–A’ (NE–SW) and B–B’ (NW–SE), as shown in Figure 8. The colors indicate the occurrence time as Figure 7. Red arrows show the depth of the center of the aseismic zone. The black arrows show the position of the tip of the expanded area of the hypocenter distribution. (A) Period from 7:00 to 9:00 JST. (B) Period from 9:00 to 10:30 JST. (C) Period from 10:30 to 12:00 JST. (D) Period from 12:00 to 24:00 JST.
[image: Figure 10]FIGURE 10 | Temporal change of the hypocenter depth of the VT earthquakes on August 15, 2015. The colors indicate the occurrence time as Figure 7. The size of the circle is proportional to the magnitudes of the VT earthquakes. The vertical lines indicate 9:00, 10:30, and 12:00 JST. The letters A, B, C and D represent the time periods.
It is evident that the hypocenter distribution changes based on the velocity structure model used for hypocenter determination. Therefore, we relocated the hypocenters using the same method and two additional velocity structures (Supplementary Figure S3). One is a homogeneous half-space structure used in Hotta et al. (2016a) and the other is a structure subdivided (fine structure) from the velocity structure used in the present study (Supplementary Table S1). As a result of the hypocenter relocation, no remarkable difference in epicentral distribution is observed in the three structures. However, with regard to the depth distribution, there is a difference among the three structures (Figure 9; Supplementary Figures S4,S5). For the homogeneous structure, during the time periods A and B, earthquakes cluster at 1.2–2 km depths, which are deeper than the depths obtained with the original velocity structure during the same time periods (Figures 9A,B). In time periods C and D, the hypocenter distribution expanded to a depth of 3 km and a small seismicity gap was observed at a depth of approximately 2 km (Supplementary Figure S4). For the fine structure, the hypocenters are distributed at depths of 0.3–2.5 km and a small seismicity gap is observed at approximately 1 km (Supplementary Figure S5). The small seismicity gap of the homogeneous and fine structures is smaller than that of the original structure (Figures 9C,D) and their widths are approximately equal to the error in the depth direction of the hypocenters (Figure 6 and Supplementary Table S6). Therefore, it is necessary to judge carefully whether the existence of the seismic gap is significant or not. To do this, the frequency profiles of the depths of the hypocenters obtained using the three velocity structures are displayed on Supplementary Figure S6. The arrow in the figure corresponds to the depth of the seismicity gap shown in Figure 9 and Supplementary Figures S4,S5). Considering the frequency distribution of the depths of the hypocenters of the velocity structures used in this study (Supplementary Figure S6A), it is evident that the frequency distribution is divided into shallow and deep clusters at depths of 0.2–1 km and 1.8–3.4 km, respectively. Conversely, the frequency distributions based on the homogeneous and fine structures (Supplementary Figures S6B,C) obscure the distinction between the shallow and deep clusters. However, they also show two peaks in the shallow and deep clusters as well as bimodal characteristics. Therefore, the existence of a seismicity gap between the shallow and deep clusters is confirmed regardless of the assumed velocity structure applied for the relocation of the hypocenter. However, the size of the seismicity gap varies with the velocity structure.
Focal Mechanisms
The focal mechanisms of 176 events are estimated from the P-wave polarity and amplitude ratios of the P- and S-waves. Focal mechanisms with qualities A, B, or C, as described in Estimation of Focal Mechanisms, are obtained for 93 events (Supplementary Figure S2) and are used for the discussion in this study. Some of them are also plotted on map views along with their epicenters for the time periods A, B, C, and D (Figure 8). The strikes of normal faulting mechanisms well match the A–A’ (NE–SW) direction for the four time periods (Figure 8). The P- and T-axes of the focal mechanisms of all events with a quality of C or higher are plotted on one focal sphere in Figure 11. The P-axes are distributed in the NE–SW direction from the center of the focal sphere, while the T-axes are distributed in the NW–SE direction. Figure 12 shows the azimuthal distribution of the P- and T-axes for the time periods A, B, C, and D. We classify the focal mechanisms into three types, that is, normal faulting, reverse faulting, and strike-slip faulting (Supplementary Table S7), using the method of Álvarez-Gómez (2019). In time period A, a regularity of the distribution of the P- and T-axes cannot be observed because the number of each azimuth angle is small and there are only four focal mechanisms (Figure 12A). Two normal faulting and two strike-slip faulting events occurred in time period A. Two normal faulting, four strike-slip faulting, and two reverse faulting events occurred in time period B. In time period C, eight normal faulting, five strike-strike slip faulting, and two reverse faulting events occurred. In time periods B and C, both the P- and T-axes are linearly symmetrically distributed (Figures 12B,C). In time zone B, the P-axes are distributed in the W–NW and E–SE directions, while the T-axes are distributed in the NW and S–SE directions (Figure 12B). In time period C, the P-axes are distributed in the NE–E and SW directions, while the T-axes are distributed in the NW and SE–E directions (Figure 12C). The dispersed distribution of the P-axis azimuths in time period C is because normal faulting accounts for a half of the events in the time period. In time period D, there are 18 normal faulting, 40 strike-slip faulting, and eight reverse faulting events (Supplementary Table S7). While normal faulting mechanism is dominant for the period A, strike-slip faulting events began to occur at higher depths in the period C, and were dominant at higher depths in the period D (Figure 8; Supplementary Table S7). In time period D, the P- and T-axes show asymmetric distributions; however, the distributions can be divided into two directions. The P-axes are distributed in two directions, that is, W–NW to E–SE and SW to NE, and the T-axes are distributed in two directions, that is, NW to E–SE and N–NE to S–SW. In time periods B, C, and D, the P- and T-axes are linearly symmetrically distributed in the strike direction of the dike (Figures 12C,D).
[image: Figure 11]FIGURE 11 | Distribution of the tension (T)-axes (inverted colored triangles) and pressure (P)-axes (colored circles) of the focal mechanisms in an equal-area lower-hemisphere projection of the focal sphere. The colors indicate the occurrence time as in Figure 7.
[image: Figure 12]FIGURE 12 | Rose diagrams showing the frequency distribution of the azimuths of the P-axis (red) and T-axis (blue) for the time periods: (A) 7:00 to 9:00, (B) 9:00 to 10:30, (C) 10:30 to 12:00, and (D) 12:00 to 24:00 JST on August 15, 2015. The rose diagrams have a 30° interval. Each bin shows one frequency. The number of events whose P- and T-axes were determined for each time period is also shown. The thick line in each diagram shows the strike direction of the dike source of the ground deformation associated with the VT earthquake swarm (Hotta et al., 2016a).
DISCUSSION
Spatial Relation Between Volcano-Tectonic Swarm Seismicity and the Dike Inflation
The VT earthquake swarm occurred in a short time period. Earthquakes with similar waveforms were concentrated in time period A when the tilt change started in the first stage of the swarm (Figure 4). In time periods B and C, they were concentrated when the tilt change rate increased (Figure 4). Further, the hypocenters clustered at very shallow depths in time periods A and B, while the hypocenter area extended to the deeper depths during time period C, with the largest tilt change rate (Figures 4B, 10). Subsequently, the tilt change rate decreased gradually in time period D (Figures 4B, 10). The hypocenters in the period can be divided into shallow and deep regions, corresponding to the sporadic occurrence of earthquakes with similar waveforms (Figures 4A, 10). The tilt change was caused by dike inflation, as previously described (Hotta et al., 2016a). Here, we discuss the relationship between the VT swarm seismicity and dike inflation. Figure 13 presents a comparison between the hypocenter distribution and location of the dike. As mentioned above, the VT earthquakes can be classified into shallow cluster (cluster 1) and deep cluster (cluster 2) based on depth. The results show that the dike is located in the seismic gap between clusters 1 and 2 (Figures 13B,C). Cluster 1 is located above the central part of the top of the dike (Figures 13B,C). In addition, the hypocenters of cluster 1 are distributed on the upper extension of the dip direction of the dike (Figure 13C). On the other hand, the hypocenters of cluster 2 are located below the bottom of the dike. However, cluster 2 is not on the lower extension line of the dip direction of the dike but offset by ∼1 km toward Minami-dake. Based on the classification of the focal mechanisms into three types, i.e., normal, reverse, and strike-slip faulting, normal faulting was predominant in cluster 1, while strike-slip faulting was predominant in cluster 2 (Supplementary Table S8; Figure 8). The distributions of the P- and T-axes of clusters 1 and 2 are shown in Figure 14. Because normal faulting is predominant in cluster 1, the azimuth of the P-axis is uneven and the distribution of the P-axis does not converge in one direction (Figure 14). Most of the T-axes of cluster 1 are distributed in the NW direction. This direction is consistent with the NW–SE extension of the regional crustal stress field in the area including Sakurajima volcano, which was estimated from the moment tensor solutions of tectonic earthquakes (Terakawa and Matsu’ura, 2010). This direction also matches the direction perpendicular to the strike (NE–SW) direction of the dike or the direction parallel to the opening direction (NW–SE) of the dike (Hotta et al., 2016a). The azimuthal distributions of the P- and T-axes can be used to discuss the stress field of cluster 2 because strike-slip faulting is dominant. The P-axes are distributed both nearly parallel to the strike direction of the dike and nearly perpendicular to it (Figure 14). The T-axes are also distributed parallel and perpendicular to the strike direction of the dike (Figure 14).
[image: Figure 13]FIGURE 13 | Hypocenters of the VT earthquakes and dike source (Hotta et al., 2016a) on August 15, 2015. (A) Map view of the hypocenters and location of the dike source. (B) and (C) show cross sections A–A′ and B–B′ parallel and perpendicular to the strike of the dike source, respectively. The open rectangle and solid line represent the location of the dike.
[image: Figure 14]FIGURE 14 | Rose diagrams showing the frequency distribution of the azimuths of the P-axis (red) and T-axis (blue) for clusters 1 (A) and 2 (B). The rose diagrams have a 30° interval. Each bin shows one frequency. The number of events whose P- and T-axes were determined for each time period is also shown. The thick line in each diagram shows the strike direction of the dike source of the ground deformation associated with the VT earthquake swarm (Hotta et al., 2016a). Gray arrows indicate the azimuth of the regional maximum extension of the stress field (Terakawa and Matsu’ura, 2010).
Based on the above-mentioned results, we will describe the generation of earthquakes in clusters 1 and 2 caused by the dike source inflation in this section. Roman and Cashman (2006) summarized three existing models for the relationship between the magma migration and VT seismicity, including expected spatiotemporal patterns of VT hypocenters and focal mechanisms: 1) VT earthquakes occur due to slip on shear planes extending obliquely from the edges of the inflating dike (Hill, 1977); 2) VT earthquakes occur in a zone of inflation-induced tension ahead of the tip of a dike (eg, Ukawa and Tsukahara, 1996); and 3) VT earthquakes occur close to the walls (away from the tips and edges) of a dike inflating in the direction of the regional minimum compressive stress (Roman, 2005). Only a single dike was modeled for the ground deformation associated with the VT swarm seismicity (Hotta et al., 2016a; Morishita et al., 2016); multiple deformation sources have not been proposed. Therefore, we excluded the first model (Hill, 1977) and discuss the generation mechanisms of the VT earthquakes of clusters 1 and 2 using the second and third models. However, we will discuss the potential sources of the multiple deformations. Based on the second model, the P- and T-axes of the focal mechanism should be parallel to the regional maximum compression and tension, respectively (Roman and Cashman, 2006). Based on the third model, the P-and T-axes of the focal mechanism should be oriented ∼90° to the regional maximum compression and tension, respectively (Roman, 2005). As described previously, VT earthquakes in cluster 1 occur in a zone ahead of the top of the inflating dike (Figures 13B,C). Most focal mechanisms in cluster 1 have T-axes parallel to the minimum regional compression (Figure 14A) and normal faulting with the NE–SW strike direction. Therefore, the generation of VT earthquakes in cluster 1 can be explained with the second model. Previous studies (Roman, 2005; Roman and Heron, 2007; Vargas-Bracamontes and Neuberg, 2012) showed that dike inflation can induce tension in the zone ahead of the dike tip; however, the source can induce compression in the obliquely extended region. The hypocenters of cluster 2 are below the dike, but are slightly skewed off a zone ahead of the bottom tip of the dike. Therefore, the hypocenters of cluster 2 could be considered located in a zone ahead of the dike tip, or in a zone of the obliquely extended region of the dike tip.
Next, we describe the stress fields around Sakurajima and close to the dike. As noted previously, the stress field around Sakurajima is characterized by extension in the NW–SE direction and compression in the NE–SW direction (Figure 1; Terakawa and Matsu’ura, 2010). Notably, strike-slip faulting corresponding to this stress field is predominant in cluster 2 (Supplementary Table S8). The P-axes of cluster 2 are distributed either in the direction nearly matching the compression direction (NE–SW) of the regional stress field or in the direction nearly matching the direction rotated by 90° with respect to the compression direction (Figure 14B). Similarly, the T-axes of cluster 2 are distributed either in the direction nearly coincident with the extension direction (NW–SE) of the regional stress field or in a direction nearly coincident with the direction rotated by 90° with respect to the extension direction (Figure 14B). Therefore, earthquakes in cluster 2 might have occurred either in a zone of inflation-induced tension ahead of the tip of the dike (Ukawa and Tsukahara, 1996) or close to the walls of the dike inflating in the direction of the regional minimum compressive stress (Roman, 2005). The earthquakes in cluster 2 occurred during time periods C and D; however, the earthquake generation in those periods differs. The second model is acceptable for time period C when the dike inflation rate is large because earthquakes in the direction of the T-axis, which corresponds to the regional stress period, are dominant. Conversely, in time period D, the P- and T-axes are distributed in the direction corresponding to the regional stress field and in the direction perpendicular to it. Therefore, the distributions of the P- and T-axes can be interpreted using a mixture of both the second and third models.
As explained in the latter part of Spatiotemporal Distribution of Relocated Hypocenters, the depth of the hypocenter distribution changes with a change in the assumed velocity structure (Figure 9; Supplementary Figures S4,S5). Therefore, the positional relation with the dike and the hypocenters along the depth differs depending on the assumed velocity structure. However, it is more appropriate to discuss the positional relation between the dike and the hypocenters obtained by the velocity structure in this study or the fine structure, which are both constructed from the result of the seismic refraction analysis (Miyamachi et al., 2013), rather than the hypocenters obtained based on the homogeneous structure. From the relative positional relationship between the dike and the depth distribution of the hypocenters of the structures considered in this study (Figure 13) as well as those of the fine structure (Supplementary Figure S5), the dike lies between the shallow and deep clusters. In the case of cluster 1, which is the shallow cluster, the hypocenters, based on both velocity structures, are distributed in a zone ahead the top tip of the dike. Conversely, in the case of cluster 2, which is the deep cluster, based on the velocity structure in the present study, there are numerous earthquakes in a zone ahead of the bottom tip of the dike, whereas earthquakes close to the dike wall seem to be few (Figures 9, 13). However, based on the fine structure, there are numerous earthquakes close to the dike wall and not so many earthquakes in a zone ahead the bottom tip of the dike, suggesting that changes in the hypocenter distribution obtained based on the assumed velocity structure may alter the mechanism of VT seismicity interpreted based on relative positions of the dike and the seismicity.
In addition, in the focal mechanism analysis, the influence of take-off angles of seismic waves from the hypocenter on velocity structure can slightly alter the mechanism. Therefore, regarding the earthquake generation mechanism model, it is difficult to assign either the second or third model to cluster 2 as the primary earthquake generation mechanism. To address the problem, three-dimensional (3-D) seismic velocity structure should be adopted in hypocenter determination and focal mechanism estimation. For example, Alparone et al. (2020) determined with more precision the hypocenters and the focal mechanism of a preceding and accompanying seismic swarm of the Mt. Etna flank eruption in December 2018 based on a 3-D velocity structure. According to Alparone et al. (2020), the swarm began at shallower depths near the sea level, and the swam area expanded to a depth of 4 km in approximately 12 hr. Therefore, the shallow-to-deep extension of the hypocenter within a relatively short time is similar to that of the swarm of Sakurajima volcano on August 15, 2015. Based on high-sampling continuous ground deformation data associated with the seismic swarm, including GNSS, tiltmeter, and strainmeter data, Aloisi et al. (2020) estimated two dikes with different depths beneath Mt. Etna. Thereafter, they modeled the geometry, location and volume change more accurately using a finite element method based on a 3-D subsurface structure and the surface topography of the edifice. This made it possible to compare the two dikes and hypocenters more meaningfully (Aloisi et al., 2020). Practically, Bonaccorso (2020) and Giampiccolo (2020) shows a strong connection between the two dikes and the refined relocated seismicity. The single dike model (Hotta et al., 2016a) alone may be inadequate for capturing the ground deformation on August 15, 2015 at Sakurajima volcano, and the presence of multiple deformation sources may also have to be considered.
The inflation deformation associated with the swarm seismicity of Sakurajima has a relatively simple differential InSAR image, as it can be explained by a single dike (Morishita et al., 2016). Both Morishita et al. (2016) and Hotta et al. (2016a) only estimated a single dike based on the daily change in the ground deformation from the pre-earthquake swarm to the end of the swarm. They did not estimate multiple deformation sources in response to the spatiotemporal evolution of the hypocenters during the swarm. It is necessary to estimate their geometry, size, location, and volume change more accurately so as to elucidate the mechanism of generation of the swarm seismicity. It would be effective to estimate these parameters based on the finite element method using a more realistic structure that considers the topography of the mountain edifice as well as a 3-D subsurface structure.
There is a possibility of the growth of the dike or the existence of another dike corresponding to the extension of the hypocentral area toward the northeast, as observed in period D. According to a principal strain analysis of the records of extension meters installed in station AR1 during the swarm seismicity, principal strain axes rotate clockwise over time from period A to D (Higashi Uchida personal communication). In particular, the rotational speed from period C to D is greater than those in the previous periods (Higashi Uchida personal communication), which suggests the northeastward extension of the dike or the formation of a second dike. More precise modeling of the multidisciplinary high time-sampling continuous deformation data during the swarm seismicity should be explored in future.
Possible Scenario of the Swarm Seismicity Associated With the Dike Inflation on August 15, 2015
In the previous section, the relation between the dike inflation and VT earthquake swarm was discussed based on the hypocenter location and azimuthal distributions of the P- and T-axes. Here, we describe the dike inflation process and VT swarm seismicity induced by the dike inflation in the four periods A, B, C, and D. Figure 15 shows the conceptual cross-sectional view of the hypocenter distribution and location of the inflating dike at a depth of 0–4 km for the four periods, the depth profile of the brittle fracture strength of the crustal rocks in the crust, and the conceptual diagram of the amount of inflation of the dike. Hotta et al. (2016a) stated that the inflation volume is 2.7 × 106 m3 and the inflation rate is very large (1 × 106 m3/hr). However, the temporal evolution of the dike inflation was not described. We assume that the temporal change of the tilt, as shown in Figure 4B, corresponds to the temporal change of the dike inflation volume. The brittle fracture strength is very low in the uppermost part of the crust and gradually increases with an increase in depth (Cho, 1993; Kohlstedt et al., 1995). The brittle fracture strength of the Earth’s crust increases with increasing confining pressure. In this study, we used the equation for the depth change considering the confining pressure, temperature, and strain rate dependencies on the brittle fracture strength reported by Cho (1993) to produce the depth profile (see Supplementary Description S1). Notably, for volcanic rocks it seems to be weaker than for the granites that make up a common crust. Heap et al. (2014) investigated the effect of the porosity on the brittle fracture strength of volcanic rock and reported that the fracture strength is 0.4–0.44 GPa if the bulk porosity is 2%. This value almost corresponds to the fracture strength at the depth at which the VT earthquake swarm is initiated, as shown Figure 15. In time period A, the inflation volume is small in the very early stage of dike inflation. The differential stress between the maximum and minimum principal stresses induced by dike inflation is estimated to reach 0.4 GPa corresponding to the brittle fracture strength of the rocks at a depth of 1 km, where the earthquakes occur with normal faulting (Figure 15A). On the other hand, no earthquake has occurred below 1 km because the differential stress has not reached the fracture strength of the rock at the depth of the center of the dike and in the deeper part of the dike. In time period B, the dike inflation progressed and inflation volume increased, inducing tension and compression around the dike. Because earthquakes started to occur at a depth of 2 km below the bottom of the dike, it has been estimated that the magnitude of the induced differential stress reached ∼0.5 GPa in time period B. Normal faulting occurs at a depth of around 1 km, while strike-slip faulting occurs at a depth of around 2 km. In time period C, the dike inflation proceeded and the cumulative inflation volume reached ∼70% of the final cumulative inflation volume at the end of the period. At this time, the hypocenters expanded deeper to a depth of 3 km and earthquakes occurred in the upper part of the top of the dike and in the lower part of the bottom of the dike. It has been estimated that the differential stress induced by the dike inflation reached ∼0.6 GPa. Finally, in time period D, the remaining 30% of dike inflation occurred and the hypocenter depth slightly increased to 3.5 km, while earthquakes occurred in the upper part of the top of the dike and in the lower part of the bottom of the dike. At this time, the differential stress induced by the dike inflation must have exceeded 0.6 GPa. The relation between the dike inflation and VT earthquake swarm described here does not include the migration of magma and dike formation due to magma intrusion. In addition, although the ground deformation caused by the dike was analyzed in previous studies (Hotta et al., 2016a; Morishita et al., 2016), the temporal change or migration of the position of the dike was not discussed. Therefore, it remains unclear where the magma moved based on the direction to which the dike inflated and the VT earthquake swarm moved. Despite these remaining challenges, it is important to estimate the seismicity associated with rapid dike intrusion that causes significant ground deformation in hours. The VT earthquake swarm initiated at shallow depth, affecting the weaker rocks due to the stress increasing in response to dike inflation; then it migrated at depth, affecting the stronger rocks. Subsequently, seismicity occurred at both shallower and deeper levels. The spatiotemporal changes of the hypocenters and focal mechanisms of the seismicity associated with this rapid dike intrusion/inflation seem different from those associated with slower dike intrusion, lasting several weeks, where dike-induced earthquakes follow to the propagation of the dike tip and dike inflation and their focal mechanisms are well aligned to the direction of the dike (e.g., Woods et al., 2019). Although there are fewer rapid dike intrusion cases compared with slow dike intrusion cases, more observations are needed to verify whether the spatiotemporal changes in hypocenters and focal mechanisms present in this study are inherent features of the rapid dike intrusion. For this purpose, it is essential to deploy highly sensitive continuous deformation sensors and a dense seismic network in volcanoes, and observe seismicity and ground deformation associated with rapid dike intrusion.
[image: Figure 15]FIGURE 15 | Conceptual cross-sectional A–A′ and B–B′ views of the hypocenter distribution, location of the dike, depth profile of the brittle fracture strength of the crustal rocks, and conceptual diagram of the amount of the inflation of the dike for the time periods: (A) 7:00 to 9:00, (B) 9:00 to 10:30, (C) 10:30 to 12:00, and (D) 12:00 to 24:00 JST on August 15, 2015. Corresponding time period is shown with bright-green color. The location of the dike is shown by rectangles and lines in the cross-sections. The gray rectangle and lines indicate the initial stage of the dike inflation, while black ones indicate the evolution stage of the dike inflation. Although the size of the dike rectangle is same for period A and B, the gray dike rectangle exists only in period A, because the inflation volume of the dike in period A is smaller than the one in period B. Note that typical focal mechanisms (beach balls) are projected on the cross-sections for the four periods. The white and black dots show the position of T- and P-axes, respectively.
CONCLUSIONS
We relocated 204 hypocenters and derived 176 focal mechanisms of the VT earthquake swarm that occurred at Sakurajima volcano on August 15, 2015. Based on the cross-correlation of waveforms of the VT earthquakes and the change rate of the ground deformation associated with the VT swarm, we obtained the following results for four time periods:
Period A (7:00–9:00 JST) and B (9:00–10:30 JST): The hypocenters are distributed at a shallow depth of 0.3–1 km.
Period C (10:30–12:00 JST): The hypocenter distribution expands to the deeper part and is located at a depth of 0.3–3 km. The seismic activity is largest and there are multiple M2 class earthquakes and the change rate of the ground deformation is the largest.
Period D (12:00–24:00 JST): The hypocenters are distributed in two clusters at different depths. The shallow and deep clusters are located at depths of 0.2–1 km and 1.5–3.5 km, respectively.
For the four time periods, the hypocenters are divided into the shallow and deep clusters, and the P- and T-axis distributions of the focal mechanism solutions are compared with strike and opening directions of the dike estimated from the ground deformation. The normal faulting and strike-slip faulting are dominant for the focal mechanisms during the four time periods. The T-axes of the shallow cluster were distributed parallel to the opening direction of the dike. The P-axes of the deep cluster have a pattern that is in agreement with the regional stress field in the strike direction of the dike, whereas the T-axes are parallel to the opening direction of the dike. In addition, the deep cluster also shows a 90°-rotated pattern in which the P-axes are distributed in the opening direction of the dike and the T-axes are distributed in the strike direction of the dike. Although there is only the former pattern in time period C, both patterns are mixed in time period D. This reflects the difference in how the stress field changes due to the dike inflation in earthquake generation. It is interpreted that the stress in the vicinity of the dike was modified by the dike inflation, and the VT earthquakes were induced by the differential stress exceeding the brittle fracture strength of the rock. It is suggested that dike inflation is so fast that the VT earthquake swarm initiated from shallow depths, within weaker rocks, expanded at deep within stronger rocks as dike inflation progressed, and continued for a while during the deceleration of the intrusion growth. The spatiotemporal changes of the hypocenters and focal mechanism shown here may be unique features of rapid dike intrusion. Further seismic and deformation observations are required to test this hypothesis.
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Constraining the architecture of complex 3D volcanic plumbing systems within active rifts, and their impact on rift processes, is critical for examining the interplay between faulting, magmatism and magmatic fluids in developing rift segments. The Natron basin of the East African Rift System provides an ideal location to study these processes, owing to its recent magmatic-tectonic activity and ongoing active carbonatite volcanism at Oldoinyo Lengai. Here, we report seismicity and fault plane solutions from a 10 month-long temporary seismic network spanning Oldoinyo Lengai, Naibor Soito volcanic field and Gelai volcano. We locate 6,827 earthquakes with ML −0.85 to 3.6, which are related to previous and ongoing magmatic and volcanic activity in the region, as well as regional tectonic extension. We observe seismicity down to ∼17 km depth north and south of Oldoinyo Lengai and shallow seismicity (3–10 km) beneath Gelai, including two swarms. The deepest seismicity (∼down to 20 km) occurs above a previously imaged magma body below Naibor Soito. These seismicity patterns reveal a detailed image of a complex volcanic plumbing system, supporting potential lateral and vertical connections between shallow- and deep-seated magmas, where fluid and melt transport to the surface is facilitated by intrusion of dikes and sills. Focal mechanisms vary spatially. T-axis trends reveal dominantly WNW-ESE extension near Gelai, while strike-slip mechanisms and a radial trend in P-axes are observed in the vicinity of Oldoinyo Lengai. These data support local variations in the state of stress, resulting from a combination of volcanic edifice loading and magma-driven stress changes imposed on a regional extensional stress field. Our results indicate that the southern Natron basin is a segmented rift system, in which fluids preferentially percolate vertically and laterally in a region where strain transfers from a border fault to a developing magmatic rift segment.
Keywords: local stress field changes, magmatic plumbing systems, volcano-rift interactions, rift seismicity, volcano seismicity
INTRODUCTION
Continental rifting is a geodynamic process in plate tectonics. However, the forces enabling the onset of rifting of comparatively strong, cold, thick continental lithosphere and the relative importance of magmatic and extensional processes remain poorly understood (e.g., Bialas et al., 2010; Brune et al., 2017). A key question is how strain accommodation is partitioned between faulting and magmatism (e.g., Ebinger and Casey, 2001; Thybo and Nielsen, 2009; Marzen et al., 2020). Tectonic thinning is commonly accompanied by decompression melting and the rise of volatiles and magma through the lithosphere (White and McKenzie, 1989; Weinlich et al., 1999; Rooney, 2010; Lee et al., 2016). Therefore, intrusion of magma and volatile release are thought to play a pivotal, yet interacting, role in the continental rifting process (Lindenfeld et al., 2012a; Wright et al., 2012; Muirhead et al., 2016; Weinstein et al., 2017).
The magma-assisted rifting model by Buck (2004) describes how, if a steady supply of magma is available, extensional strain can be largely accommodated by dike intrusion at a fraction of the force required for tectonic faulting, which reduces activity on rift-bounding border faults (also see Keir et al., 2006). Dike intrusions are enabled by the buoyancy of magma, which ascends from basaltic melt generation zones in the mantle toward a neutral buoyancy level at the base of the crust. Faulting and dike intrusion accommodate extension in the upper crust (Rubin and Pollard, 1988; Rowland et al., 2007; Baer et al., 2008; Trippanera et al., 2019), while released magmatic volatiles can weaken lithosphere through increased pore fluid pressures (Sibson, 2000; Reyners et al., 2007) and/or hydration mineral reactions (Moore and Rymer, 2007). All of these processes enhance the frequency of seismic activity and drive localization of fault-related strain (e.g., Muirhead et al., 2016; Chiodini et al., 2020).
Regions of active and evolving continental extension represent ideal locations to test the role of magma and magmatic volatiles in controlling rift processes (Wright et al., 2012; Lee et al., 2016; Hunt et al., 2017; Oliva et al., 2019a; Kämpf et al., 2019). For example, the distribution of seismicity observed in tectonically active systems can provide unprecedented constraints on the 3D distribution of deformation associated with the magmatic, tectonic, and volcanic systems that interact to achieve continental extension (Geissler et al., 2005; Lambotte et al., 2014; Hurst et al., 2016; Nakai et al., 2017). These can be compared to geologically constrained models of state-of-stress from extensional stress and surface, internal, and subsurface density contrasts that load the plate (e.g., Karlstrom et al., 2010; Oliva et al., 2019b).
Geological, geodetic, geochemical and geophysical investigations of magma-rich rift systems in East Africa have revealed arguably the most dynamic magmatic-tectonic interactions observed in any such setting (e.g., Keir et al., 2006; Ebinger et al., 2010; Rooney et al., 2014; Wauthier et al., 2015). Combined geodetic and seismic observations reveal that magma systems situated within the center of rift segments can feed up to 45 km-long lateral dike injections (Wright et al., 2006). Stress changes associated with these dike intrusions drive shallow normal faulting (Rowland et al., 2007) and can trigger eruptions from magma chambers situated tens of kilometers from the initial point of magma injection (Wright et al., 2006; Ayele et al., 2009). Seismicity and InSAR observation of active intrusions in the Erta Ale rift segment (Ethiopia) reveal that ∼10 km-spaced magma chambers can synchronously feed eruptions through laterally connecting dikes (Pagli et al., 2012). Observations in the Kenya Rift reveal transient uplift and subsidence from nearby sources at some volcanoes, which is interpreted to represent magma migration through laterally connected melt bodies (Biggs et al., 2009, 2016).
This study utilizes a densely spaced seismic network in the southern Natron basin to provide unprecedented constraints on the 3D distribution of seismicity in an active magma-rich continental rift, which allows us to interpret the geometry and dynamics of the plumbing system. The early-stage Natron rift basin (∼3 Ma; Foster et al., 1997) contains Earth’s only active natrocarbonatite volcano Oldoinyo Lengai and represents a region of recent dike and fault activity (Calais et al., 2008; Biggs et al., 2013). This volcano and a volcanic field are located in the interaction zone between a border fault-controlled rift segment and a developing rift magmatic segment (Muirhead et al., 2015, 2016; Roecker et al., 2017; Weinstein et al., 2017), where mantle fluids drive hydraulic fracturing and associated fluid ascent along active fault systems (Lee et al., 2016; Oliva et al., 2019a). Specifically, we report on ten months of seismicity and related focal mechanisms from the temporary SEISVOL network (Seismic and Infrasound Networks to study the volcano Oldoinyo Lengai) from 2019. These data are examined to discriminate zones of active intrusion and fluid migration and to understand how these processes control spatial variations in local stress states, rift kinematics and volcanic activity.
TECTONIC SETTING
Oldoinyo Lengai is located in the North Tanzanian Divergence, which is part of the East African Rift System (EARS, Figure 1). This is the longest continental rift worldwide with relatively slow extension rates, which are typically between 1–7 mm yr−1 in the present day in the North Tanzanian Divergence (Saria et al., 2014). In the North Tanzanian Divergence, magmatism initiated at ∼6 Ma (Mana et al., 2012), with evidence for faulting in the Natron basin region since 3 Ma (Foster et al., 1997), which in the present day is assisted by fluids rising through the plate as evidenced by earthquake swarms (Albaric et al., 2014; Lee et al., 2016; Weinstein et al., 2017). These interpretations are corroborated by soil CO2 flux as well as carbon and helium isotope data from springs in the Natron basin, Tanzania, and Magadi basin, Kenya, revealing that magmatic CO2 ascends to the surface along deeply penetrating faults in parts of the EARS (Lee et al., 2016; Lee et al., 2017; Muirhead et al., 2020).
[image: Figure 1]FIGURE 1 | Tectonic map of the research area with volcanoes and faults. The dashed line denotes the outline of Figure 2. The inset shows the two branches of the East African Rift system with the rectangle denoting the research area.
The North Tanzanian Divergence hosts the 200 km-wide Ngorongoro-Kilimanjaro Volcanic Belt, a diachronous belt of volcanoes that formed since ∼6 Ma, and shows an eastward younging trend (Le Gall et al., 2008; Mana et al., 2015; Muirhead et al., 2015, Figure 1). It consists of a large number of basaltic shields and composite cones that have a wide range of lava compositions including basanites, melilitites, basalts, nephelinites, phonolites, as well as carbonatites, implying multiple source depths and both asthenospheric and (dominantly) lithospheric mantle material (e.g., Dawson, 1992; Mana et al., 2015; Mollex et al., 2018). The unusual carbonatitic magmas are likely sourced from an enriched cratonic mantle lithosphere that experienced extensive metasomatism, with or without an asthenospheric melt component (Foley et al., 2012; Mollex et al., 2018; Muirhead et al., 2020). The magmas produced at these volcanoes exhibit high CO2 contents, probably derived from small partial melting of a metasomatized mantle source (Fischer et al., 2009; Mana et al., 2015). Oldoinyo Lengai is situated at the southern end of the Natron basin and adjacent to its western border fault. In its immediate vicinity is Naibor Soito volcanic field, a monogenetic cone field with metasomatized mantle xenoliths, and the ∼1 Ma Gelai volcano (Dawson et al., 1995; Aulbach et al., 2011; Muirhead et al., 2016; Figure 1).
Eruptions at Oldoinyo Lengai initiated at ∼0.37 Ma (Dawson et al., 1995; Sherrod et al., 2013). Recent explosive volcanism occurred in 1917, 1940–1941, 1966–1967 and 2007–2008, and generally involved nephelinitic silicate magma (Dawson et al., 1995; Klaudius and Keller, 2006; Keller et al., 2010). The 2007–2008 explosive Oldoinyo Lengai eruption sequence was preceded and accompanied by a July-September 2007 earthquake swarm (70 earthquakes with M > 4) associated with a dike intrusion below the Naibor Soito volcanic field and the inactive Gelai volcano (Baer et al., 2008; Calais et al., 2008; Biggs et al., 2009; Kervyn et al., 2010; Biggs et al., 2013). This was the first diking event to be captured geodetically in the region (Baer et al., 2008; Calais et al., 2008). Field and InSAR observations showed extensive surface deformation, which is best explained by slip on a normal fault and successive dike-opening by stress unclamping (Calais et al., 2008; Biggs et al., 2009; Biggs et al., 2013). InSAR data also support a second diking event 3.4 km below Oldoinyo Lengai between October and December 2007 (Biggs et al., 2013). Both events were accompanied by the emptying of a shallow magmatic reservoir in close proximity as inferred from InSAR data (Calais et al., 2008; Biggs et al., 2009; Biggs et al., 2013).
The 2007 events at Oldoinyo Lengai sparked new debate on the magmatic plumbing system and the volcano’s connection with Gelai, the Naibor Soito volcanic field and surrounding rift faults (Biggs et al., 2013; Weinstein et al., 2017; Jones et al., 2019). Authors suggested that an undetected dike sourced from a deep-seated magma chamber predated the initial fault slip detected during the 2007 unrest period (Baer et al., 2008; Biggs et al., 2013). From petrological observations, magma volume estimates and stress calculations, the 2007 eruptions could not have been sourced by a single shallow magmatic reservoir (Kervyn et al., 2010; Biggs et al., 2013). Instead, the volcanic-tectonic event was most likely driven by a pressurized deep magma chamber, and magma was then distributed from there in the shallow crust, and fed into the Oldoinyo Lengai chamber, according to the local background stress (Baer et al., 2008; Biggs et al., 2013). Since then, a tomographic inversion by Roecker et al. (2017) imaged a low velocity, high Vp/Vs body interpreted as a single magma chamber between both volcanoes below a depth of 15 km. The combined tomography and seismicity data sets imaged two elliptical low velocity, high seismicity zones interpreted as sills that might have fed the 2007 dike intrusion, and triggered the eruption at Oldoinyo Lengai (Oliva et al., 2019a). Coulomb stress changes related to the volcanic-intrusive sequence may have also unclamped a section of the western Natron border fault, with the resulting slip detected on a local GPS network in early 2008 (Jones et al., 2019).
DATA AND METHODS
Data
The SEISVOL project (Seismic and Infrasound Networks to study the volcano Oldoinyo Lengai) is a temporary station deployment with 33 seismic and four infrasound stations. The deployed stations form a seismic network and array (Figure 2) that were operative from February/March 2019 to June 2020. The seismic network and array comprised 10 Trillium Compact 120 and 20 Mark L4-3D seismometers, three 3D 4.5-Hz geophones and 33 Digos Cube 3-channel data loggers from the Geophysical Instrument Pool Potsdam (GIPP) and Goethe University Frankfurt. The infrasound stations consisted of four MB2017 sensors (ISTerre) and four Digos Cube 3-channel data loggers from Goethe University Frankfurt. All seismic stations recorded data at 100 Hz. Due to harsh field conditions, batteries as well as GPS antennas had to be replaced on a regular basis, and resulted in occasional downtimes for many stations (Figure 3A). Here, we use data from March 1st to December 31st, 2019, as the remaining data were inaccessible due to the Covid-19 pandemic.
[image: Figure 2]FIGURE 2 | Seismic stations are red triangles, and co-located seismic and infrasound stations are yellow triangles. The green circle denotes the seismic array which is shown in the upper left corner. Volcanoes are written in bold black letters.
[image: Figure 3]FIGURE 3 | (A) Histogram of well-located earthquakes per day (left y-axis) and superimposed numbers of running stations (right y-axis). (B) Seismicity map, small circles show earthquakes.
Earthquake Locations
We used the python software QuakeMigrate (Bacon et al., 2019) to detect, trigger, and locate earthquakes automatically. This software is based on the Coalescence Microseismic Mapping technique (Drew et al., 2013) and reports earthquake locations as well as P-and S-wave picks on the vertical and horizontal components, respectively. We analyzed the data using a bandpass filter of 1–25 Hz and the 1D velocity model from Albaric et al. (2010). We then filtered these results by the earthquakes’ global covariance error in x, y and z directions and kept only earthquakes with less than 5 km horizontal and 7 km vertical uncertainties.
To obtain accurate hypocenter locations, we then relocated these chosen events with the probabilistic, nonlinear earthquake code NONLINLOC (Lomax et al., 2000) using the 3D-velocity model by Roecker et al. (2017) for the North Tanzanian Divergence. The final seismicity catalog consists only of earthquakes between −2.3° and −3.0° Latitude and from 35.7° to 36.4° Longitude, and with location errors less than 5 km in the horizontal and 7 km in the vertical direction as calculated from final NONLINLOC location uncertainties and at least six picks. We report 6827 earthquakes with average location errors of 1.57 km in longitude, 1.59 km in latitude and 3.8 km in depth. We have ensured the location accuracy by comparing the automatically obtained earthquake locations with a subset of manually picked and located events, as well as comparing the differences between using a 1D and 3D velocity model. We can support the assertion by Weinstein et al. (2017) that differences in earthquake locations between both models are inconsequential and mostly within the horizontal and vertical errors.
Magnitudes
Magnitudes were calculated automatically in QuakeMigrate after Greenfield et al. (2018): after de-meaning and tapering the data, the instrument response is removed on each waveform. Then, waveforms are convolved with the response of a Wood-Anderson seismograph with the corrected gain of 2080 (Urhammer, 1982). For all network stations, the maximum zero-to-peak amplitude is picked on both horizontal components. Amplitudes are only picked if the maximum amplitude is greater than twice the standard deviation of a 10 s window of the data before the P-wave onset. Accordingly, only good recordings contribute to the calculated magnitude. These were then calculated on the local magnitude scale using the formula:
[image: image]
where Mi is the local magnitude of earthquake i, Aijk the amplitude recorded at each station j and component k, and the second terms denotes that we normed the magnitudes by a magnitude 3 earthquake in 17 km distance, using the hypocentral distance rij and the attenuation parameters K and n (Hutton and Boore, 1987). K and n were derived for Tanzania by Langston et al. (1998) and are suitable given the small distance range for which they lead to equivalent magnitudes as compared to the parameters reported by Weinstein et al. (2017). Reported magnitudes are an average of all horizontal components per event (Greenfield et al., 2018).
Focal Mechanisms
We manually inspected the automatic earthquake catalog for suitable earthquakes for the calculation of focal mechanisms. We visually inspected waveforms for those earthquakes with more than 11 automatic P-and S-wave picks. We re-picked P- and S- wave arrival times on unfiltered waveforms for those events, which show little noise contamination using the SEISAN software (Havskov and Ottemöller, 1999), and relocated these earthquakes with the in SEISAN implemented HYPOCENTER algorithm by Lienert and Havskov (1995). We used the 1D velocity model by Albaric et al. (2010) as SEISAN only permits 1D velocity models. Given our previous analysis, location differences to the 3D model are negligible. We continue to use only those earthquakes with azimuthal gaps smaller than 180° and at least eight P-wave polarity picks, which we picked on raw vertical traces.
Fault plane solutions were then derived using the FOCMEC algorithm by Snoke et al. (1984), which is also implemented in SEISAN. This is a grid search algorithm to find the orientation of nodal planes using a double-couple solution. We started our analysis with a grid of 5° and tested whether a unique solution can be obtained. If this is the case, we refine the grid down to 1° where possible. If a unique solution cannot be obtained, but solutions for a larger grid show a preferred mechanism, we manually picked SV/P amplitudes on the vertical component and included those in the inversion. We repeated our grid search for a grid of 5° and allowed for larger deviations in the amplitude ratios given large local attenuation effects. We only included those solutions that are unique for a grid of 5°, but refined the grid where possible. This procedure allowed us to constrain these fault-plane solutions accurately and enables us to report focal mechanisms for more earthquakes than using P-wave polarities alone (for categorization examples, see Supplementary Figure S1). In total, we report 281 fault plane solutions corresponding to three categories. 48% consist of solutions using only P-wave polarities, 48% are solutions using SV/P amplitude ratios additionally, and in 4% of cases we had to allow for one polarity error. We estimated the uncertainty of solutions by calculating a 95% confidence level for P/T plunges and trends using all solutions per event and found no systematic differences between small and large magnitude events.
RESULTS
Earthquake Locations
We located 6,827 earthquakes within and in the vicinity of our network (Figure 3; Supplementary Table S1). On average, we report 22 earthquakes per day, but the number of running stations heavily biases the number of reported events (Figure 3A). The locations of failed stations also impact the number of detected earthquakes. This effect is especially pronounced for stations at the network border, i.e. east of Gelai. During a period when the original setup of 20 stations was running, we detected 29 earthquakes per day on average. Figure 3A clearly shows two periods in time (April 13–15th, and October 10th) that greatly exceeded the average earthquake number per day. During these periods, two seismic swarms were observed, which will be discussed in (Swarms).
The observed seismicity is heavily clustered beneath volcanic centers (Figure 3B). More than half of the earthquakes are located beneath the eastern flank of Gelai, which is also the location for the first earthquake swarm. There is a separate cluster beneath the Naibor Soito monogenetic cone field. Earthquakes also cluster north and south of Oldoinyo Lengai, but locations below the border fault are poorly constrained given the station setup. Scattered seismicity appears beneath Lake Natron, with two distinct clusters between the lake and adjacent to the western flank of Gelai. One of these clusters corresponds to a discrete seismic swarm recorded in October 2019. Most of the seismicity occurs at a depth of 5–10 km (Figure 4A).
[image: Figure 4]FIGURE 4 | (A) Depth distribution of earthquakes. (B) Cumulative magnitude-frequency and magnitude-frequency distribution. The b-value was calculated after determining MC using the adjusted maximum curvature method of Woessner and Wiemer (2005). (C) Magnitude distribution per day over the reported 10 months of data overlain by the cumulative seismic moment estimate.
Magnitudes and B-Value
Local magnitudes ML range between −0.85 and 3.6. The largest magnitude earthquake is part of the first seismic swarm in April 2019 beneath the eastern flank of Gelai (see (Swarms), Figure 4). We sort the magnitudes into 0.1 ML bins and find that the four most populated bins lie between −0.2 and 0.2 ML, which corresponds to 40% of the data. We derive the magnitude of completeness (MC) using the maximum curvature method and apply the 0.2 correction factor of Woessner and Wiemer (2005) to obtain an MC value of 0. We calculate the b-value by a robust, linear least squares fit to be ∼0.99 (Figure 4B). We note that our b-value estimate changes slightly throughout the observational period, as the detection threshold for small magnitude events strongly depend on the number of running stations (see Supplementary Figure S2).
The calculated local magnitudes were used to estimate the cumulative seismic moment release throughout the 10 months observation period (Figure 4C). Given the sparse number of calibrated earthquakes, we adopt the crude assumption that the moment magnitude MW = ML. This assumption is supported by a comparison of local and teleseismically calculated magnitudes in the study region by Weinstein et al. (2017), who found that 2 ML 4.7 and 4.7 earthquakes on June 3, 2013 corresponded to body wave magnitude mb 4.5 and mb 4.6 events documented in the National Earthquake Information Center (NEIC) catalog. Indeed, mb is expected to closely resemble Mw for earthquakes of mb ≤ 5 (Gasperini et al., 2013). Our results show that seismic moment release is nearly constant over time, but dominated by the 3.6 ML event on April 13, 2019.
Spatial Distribution
Here, we focused only on well-constrained events close to and within the network by removing all earthquakes at distances larger than 2.5 km from the seismic network boundaries. A total of 5,658 earthquakes occurred within the defined boundary, with horizontal and vertical errors of 1.5 and 3.7 km, respectively. The depth distribution of seismicity varies spatially within our focus site. To illustrate these depth variations, we project the seismicity along three profiles through all clusters (Figure 5).
[image: Figure 5]FIGURE 5 | (A) Map view of well-located earthquakes scaled by their magnitude and colored by their depth. (B) Enlarged vertical cross-section along the profile of X-X’. (C) Enlarged vertical cross-section along the profile of Y-Y’. (D) Enlarged vertical cross-section along the profile of Z-Z’. Intersections between profiles are marked with a gray dashed line. Color scale is saturated at 20 km for better visibility, as few events occur beneath 20 km depth.
Profile X-X’ transects the two clusters south and north of Oldoinyo Lengai (Figure 5B). Seismicity in the south, close to the border fault, typically occurs between 8 and 13 km depth and gradually deepens northward, with earthquake depths ranging ∼13–17 km at the northern end of the profile. Similar earthquake depths are observed farther north of Oldoinyo Lengai below Lake Natron, with most events here ranging 12–20 km depth (Figure 5B). Directly beneath Oldoinyo Lengai is a notable seismic gap. Magnitudes along this profile are mostly between −0.3 and −0.2 with one larger event at ML = 3.27.
Profile Y-Y’ runs southeast from the cluster north of Oldoinyo Lengai through the Naibor Soito volcanic field (Figure 5C). In the center of the profile, the seismicity is located only in shallow depths of 5–10 km. Below the Naibor Soito volcanic field there are two clusters of seismicity, one at 5–10 km depth and another at 13–18 km depth. There is a noticeable gap between the deep cluster in the North (as seen in X-X’) and the deep cluster beneath Naibor Soito. Toward the southeast end of profile Y-Y’, seismicity is less abundant with scattered shallow (5–7 km) and deep (18–20 km) events. Overall, earthquake magnitudes along this profile are slightly smaller (∼0.1 ML) than in profile X-X’, with the biggest event ML = 2.83.
Profile Z-Z’ runs from the southwest end of the Naibor Soito volcanic field northward along the eastern flank of Gelai (Figure 5D). This profile reveals an area of intense seismicity. Earthquakes at the southwestern edge of the Naibor Soito volcanic field are generally shallow, with depths ranging from 3 to 10 km. As with profile B-B’, shallow and deep seismicity clusters are present at 5–10 km and 13–18 km depth, respectively, below the Naibor Soito volcanic field. This is followed by an abrupt seismic gap at 13–16 km along the profile. Beneath the gap, seismicity is first between depths of 10–13 km, and then gradually becomes shallower toward the center of Gelai. Seismicity beneath Gelai is mostly between 3–10 km, and the largest event with ML = 3.6 is visible at ∼ 28 km along the profile.
Focal Mechanisms
Following our procedure described in Data and Methods, we report 281 well-constrained focal mechanisms (see Supplementary Table S2). We use the plunge of the P- and T-axis to categorize the solutions into the three main faulting types: strike-slip (blue symbols; P- and T-axis plunge 0–45°), normal (red symbols; P- and T-axis plunge 45–90° and 0–45, respectively) and reverse mechanisms (green symbols; P- and T-axis plunge between 0–45° and 45–90°; see Figure 6A). Fault plane solution are dominantly strike-slip (57%), with normal mechanisms making up 39% of the data, and rare occurrences of reverse mechanisms (4%). The mean direction of T-axes is NW-SE (Figure 6B).
[image: Figure 6]FIGURE 6 | (A) Classification and distribution of all focal mechanisms on the basis of P- and T-axis plunge. (B) Rose histogram of T-axis direction of all focal mechanisms.
For ease of visualization, we show the best 50 solutions on a map only. We define those as being well constrained with a fine grid by using only P-wave polarizations, thus giving these focal mechanisms more importance than those constrained with amplitude ratios, and have at least 15 polarity picks (Figure 7, see Supplementary Figure S1 for categories). Focal mechanisms around Oldoinyo Lengai are purely strike-slip, with T-axis trends varying between N-S to E-W. Above the Naibor Soito volcanic field and at Gelai volcano, normal faulting dominates with minor strike-slip mechanisms. The northernmost focal mechanism at Gelai is part of the first swarm. T-axis directions are ∼ N-S or NW-SE. Three normal faulting events were constrained below the southern shore of Lake Natron. Owing to the network design, we cannot constrain focal mechanisms in other areas.
[image: Figure 7]FIGURE 7 | Map and cross-section of best focal mechanisms. Blue and red beach balls show strike-slip and normal mechanisms, respectively. The size of the beach balls is given by their magnitude. (A) Map view. The green line denotes the cross-section shown in (B). The purple vector show the GPS velocity of 1.1 mm/year from Saria et al. (2014). (B) Cross section.
To study the direction of extension more closely, we plot the T-axis direction as a bar centered on the earthquake location and group the data into different depth bins (Figure 8). Here, we omit all T-axes with confidence level widths above 40° while the remaining 82% have an uncertainty smaller than 10°. We constrain only a few mechanisms above 5 km depth of which most are located beneath Gelai in a NW-SE direction. This is more evident between 5–7 km depth and persists down to 9 km. T-axis directions below Naibor Soito volcanic field are very mixed throughout the 5–7 km, 9–11 km and below 13 km depth slices. North and East of Oldoinyo Lengai, T-axes can be divided into two groups: N-S and E-W directions. In 7–11 km depth, axes east of Oldoinyo are mostly N-S, while in 9–13 km, axes north of Oldoinyo are E-W.
[image: Figure 8]FIGURE 8 | Map view of T-axis direction of focal mechanisms. Axes are centered on earthquake location and colored by their azimuth. (A) 0–5 km depth. (B) 5–7 km depth. (C) 7–9 km depth. (D) 9–11 km depth. (E) 11–13 km depth. (F) below 13 km depth.
Swarms
We observed two 1–3 days-long seismic swarms within the 10 months of data acquisition. During these swarms, the study region experienced a 5- to 8-fold increase in the number of earthquakes in a single day (Figure 3A), most of which were confined to a <10 km2 area (Figure 9). The first swarm occurred April 13th–15th 2019 on the eastern flank of Gelai. We re-picked all swarm events manually, including amplitudes, in SEISAN and relocated them in NLL (see Supplementary Table S3). The swarm consists of 266 well-located earthquakes with a spatial distribution resembling a ∼2 × 2 km-wide and ∼11 km-deep pipe-like structure between 2 and 9 km depth (Figure 9A). Mean location errors are 0.8, 1.1 and 4 km in latitude, longitude and depth, respectively. Among the very first earthquakes was a 3.6 ML event, which was located at the lower depth bound of the swarm pattern. The swarm has a b-value of 1.01 (see Supplementary Figure S3 for the magnitude-frequency relation and distribution of magnitudes over time). There is no clear pattern in the distribution of seismicity in space or time, with events distributed throughout the interpreted pipe-like feature occurring the entire duration of the swarm. We are unable to constrain a fault plane solution for the largest event (ML = 3.6), due to a small arrival before the P-wave. The second largest event with ML = 2.2, which occurred on April 15th at 05:47, was a normal faulting event. We constrain seven mechanisms in total, with four normal, two strike-slip and one reverse mechanism (Figure 9A left). All mechanisms, except the reverse faulting event, have a T-axis trend of NW-SE.
[image: Figure 9]FIGURE 9 | (A)Left: Map view of first seismic swarm April 13th–15th 2019. Purple triangles are seismic stations running at the time. Circles are earthquakes colored by time and their size corresponds to their magnitude. Center: Enlarged vertical cross-sections of earthquakes along x-axis of left. Right: Enlarged vertical cross-section of their appearance in earthquakes along y-axis of left). In every subpanel, focal mechanisms are shown in the margins and connected to the hypocenters with black lines. (B)Left: Map view of first seismic swarm on October 10th, 2019. Purple triangles are seismic stations running at the time. Circles are earthquakes colored by time and their size correspond to their magnitude. Center: Enlarged vertical cross-sections of earthquakes along x-axis of left. Right: Enlarged vertical cross-section of their appearance in earthquakes along y-axis of left.
The second seismic swarm comprises 151 events that occurred on October 10th, between Lake Natron and the western Gelai flank (Figure 9B). We did not manually re-pick this swarm as it is north of the network and the two closest stations were not running. The locations and depth are likely less well-constrained, although average location uncertainties are 1 km in longitude, 1.5 km in latitude and 4.5 km in depth. Earthquakes in this swarm were located between 6–15 km depth and their distribution resembles a 2 × 2 km-wide pipe-like structure. Given the distance to the closest seismic stations, we likely do not observe many earthquakes below ML = 0. Our b-value estimate is 0.72 (see Supplementary Figure S4 for the magnitude-frequency relation and distribution of magnitudes over time), and we cannot constrain any focal mechanisms for this swarm.
DISCUSSION
Here we discuss our observations in relation to previous studies. Seismicity observations from the southern Natron basin are sparse, and are only available for part of the 2007–2008 eruption (Calais et al., 2008; Albaric et al., 2010) and a 13-months deployment in 2013–2014 (Weinstein et al., 2017; Oliva et al., 2019a), which marked a time of relatively little activity at Oldoinyo Lengai as inferred from satellite data (Coppola et al., 2016; Mirova, 2020). As discussed below, our results show that some seismicity patterns observed during these previous deployments are consistent over decadal timescales, while previously unrecognized patterns reveal shorter-term variability in local magmatic-tectonic processes.
Generally, seismicity clusters below the volcanic centers, and as such we define five areas of seismic activity: 1) Oldoinyo Lengai, 2) Naibor Soito volcanic field, 3) Gelai, 4) Crater Highlands, and 5) Lake Natron (Figure 10A). Given our network design, the detailed 3D seismicity patterns are best constrained and show the greatest detail below areas (1), (2) and (3), which will be the focus of the following sections. The networks lacks resolution for earthquakes below the Crater Highlands (4), which is located at the SE edge of the network, and thus we largely omit these data from further discussion. Comparatively little seismic activity is observed below Lake Natron (5) associated with the east-dipping western border fault. This is consistent with the findings of Weinstein et al. (2017), and suggests that recent extensional strain accommodation has been facilitated through magmatic activity (e.g., dike, sill intrusions) rather than slip along border faults. The only major seismic swarm observed below Lake Natron correlates with a west-dipping fault at the western edge of Gelai volcano. This fault is characterized by sets of fault-parallel springs exhibiting high 3He/4He ratios and diffuse soil CO2 discharges, indicative of tectonic degassing of deep mantle volatiles (Lee et al., 2016; Lee et al., 2017).
[image: Figure 10]FIGURE 10 | (A) Map view of earthquakes (open circles) grouped by area: (1) yellow for Oldoinyo Lengai, (2) blue for Naibor Soito, (3), cyan for Gelai, (4) magenta for Crater Highlands, (5) green for Lake Natron. The two swarms are shown in orange and gold. Inferred dikes are shown as red lines (Calais et al., 2008; Biggs et al., 2013) and roughly dimensioned magma chamber in shaded-red inferred from Roecker et al. (2017). Purple arrow shows view angle in (B). (B) Vertical Cross-section of (A) looking −20°N. Circles show earthquakes and are colored by group and scaled by their magnitude.
Tectonic vs Fluid-Driven Seismicity in the Natron Basin
The southern Natron basin appears to have experienced persistent earthquake activity for the last 13 years, with likely more than 1,000 events of >0 ML occurring every year (Calais et al., 2008; Albaric et al., 2010; Weinstein et al., 2017; this study). Our results indicate an increase in b-value from 2013–2014 of 0.87 (Weinstein et al., 2017) to 0.99, which is consistent with the 10–15 years eruptive cycle of Oldoinyo Lengai and increasing pressurization on the system. This persistent seismicity likely reflects the influence of a crustal magma plumbing system on the rifting process. For example, in many continental rift settings, crustal strain is accommodated by a combination of magmatism and faulting (e.g. Buck, 2004). Melting via decompression may be generated by large lateral gradients in topography at the lithosphere-asthenosphere boundary (LAB) with or without the influence of an anomalously hot upper mantle (e.g. Ebinger and Sleep, 1998). Basaltic magma is less dense than the mantle lithosphere, and rises to the base of the crust of equivalent density (Watanabe et al., 1999). Here, these magmas will temporarily pond as melt bodies that, depending on magma flux and the efficiency of heat transfer through the lithosphere, may induce further heating and melting of surrounding rock before eventually freezing as an underplate (e.g., Thybo and Artemieva, 2013; Karakas and Dufek, 2015; Rooney et al., 2017). Heating and volatile release in these regions serve to localize magmatism, and this heating may reduce crustal strength and further localizes strain (Bialas et al., 2010). Crustal thinning and intrusion of magma cause changes in crustal density, which, in addition to rift basin topography and volcanic construction, generates loads that moderate the tectonic state-of-stress (Karlstrom et al., 2009; Maccaferri et al., 2014). Flexural isostatic compensation for the loads leads to plate bending, and depth-dependent state of stress. Intrusions moderate the stress field in the crust and in large part determine the orientation and location of subsequent intrusions (e.g., Gudmundsson, 1995; Buck et al., 2006; Karlstrom et al., 2009).
Crustal seismicity in magmatic rift zones can therefore reflect a variety of processes, from tectonic- to fluid-driven faulting, magma transport and storage, and pre-, syn- and post-eruption dynamics. Broadly, observed seismicity can roughly be differentiated into 1) fluid processes (e.g., magma ascent in conduits, gas pressurization in conduits, bubble formation) that lead to low frequency, long-period events; or 2) brittle shear failure or shear failure with dilatation, which produce high-frequency events (e.g. McNutt, 2005). Given the comparatively high frequency content of the earthquakes reported here, we assume most earthquakes are associated with brittle deformation, although fluid (over)pressures likely play an important role driving much of the observed seismicity (i.e., Lindenfeld et al., 2012b). Here, we examine seismicity patterns and focal mechanisms for 1) Oldoinyo Lengai, 2) Naibor Soito, and 3) Gelai shield volcano to characterize the extent to which both faulting and magmatic processes are active between eruptions.
Oldoinyo Lengai
First, we discuss the deep crustal seismicity close to Oldoinyo Lengai, which occurs north and south of the volcano. Previously, Albaric et al. (2010) detected seismicity down to 15 km beneath the eastern flank during the early stages of the 2007 eruption, whereas Weinstein et al. (2017) detected a cluster beneath the northern flank from 2013–2014. Seismicity north of the volcano is deeper than in the south (Figures 5, 10) and there is little seismicity in the vicinity of the second, late 2007 dike intrusion inferred from surface deformation patterns (Biggs et al., 2013). In Iceland, deep crustal seismicity (e.g., below the brittle-ductile transition down to 25 km) has been interpreted to represent brittle failure resulting from melt migration (e.g. Hudson et al., 2017; Greenfield et al., 2018). Weinstein et al. (2017) assume a weakly hydrated mafic granulite lower crustal composition based on crustal xenoliths from the study region, and estimate the brittle-ductile transition at ∼16 km depth. Seismicity could also be caused by fluid-driven fracturing due to magmatic degassing (e.g. Lindenfeld et al., 2012b) or be related to the down-dip extension of the border fault below the volcano, along which deeply-sourced fluids such as CO2 abundantly escape (Lee et al., 2016; Muirhead et al., 2020) and may cause fault zone weakening (Reyners et al., 2007). To conclude, seismicity at 15–20 km could thus be indicative of volatile or magmatic fluid movement.
Focal mechanisms at Oldoinyo Lengai are purely strike-slip. Similar strike-slip kinematics have been observed at other volcano-tectonics settings (e.g., Ágústsdóttir et al., 2016; Haug et al., 2018) and may be explained through a variety of mechanisms. In Afar, Pagli et al. (2019) show how linking rift segments can produce strike-slip tectonics. Dering et al. (2019) confirm the recent geophysical evidence for dike-parallel shear failure that can occur in the host rocks surrounding intruding dykes. Considering magmatic interactions, Hill (1977) suggests that observed strike-slip mechanisms result from the joining of offset opening cracks where hypocenters are located at the edges of interacting dike segments. Similarly, moment-tensor solutions from the 2014 Bárðarbunga-Holuhraun dike intrusion support strike-slip motions parallel to the advancing dike tip (Ágústsdóttir et al., 2016). Roman (2005) support a model where strike-slip earthquakes occur in the walls of inflating dikes. In this example, dike inflation causes a 90° rotation of P-axes from that predicted by the regional tectonic stress field, which allows for strike-slip motions. In all these examples, the regional extensional stress deviates locally during periods of magma influx, leading to strike-slip mechanisms as the predominant slip mode.
Support for a local magma-driven stress field around Oldoinyo Lengai comes from the spatial pattern of P-axes for strike-slip mechanisms around the volcano. These exhibit a sub-radial pattern, with the trends of the P-axes converging near the center of the volcanic edifice (Figure 11) in accordance with vent lineament data associated with the Naibor Soito volcanic field (Muirhead et al., 2015). This local stress pattern would also be enhanced by loading associated with both Oldoinyo Lengai and the Crater Highlands (Oliva et al., 2019b). Notably, the strike of the late 2007 dike intrusion beneath Oldoinyo Lengai also matches a predicted radial pattern, which may be best explained by a combination of the effects of magma overpressures in the volcanic feeder system and edifice loading (Biggs et al., 2013; Roman and Jaupart, 2014; Muirhead et al., 2015). Numerical studies investigating these effects (e.g. Karlstrom et al., 2009; Oliva et al., 2019b) reveal that edifice loading exerts a greater influence on the local stress state in the shallow upper crust, whereas magmatic overpressures exert the dominant stress control in vicinity of magma chambers at depth. These processes play a critical role in driving local stress rotations and controlling fracture and dike orientations (e.g., Kervyn et al., 2009). In our study region, the depth of the strike-slip events (<9 km) and their proximity to magma pathways below the volcano support a role of magmatic pressures in controlling local stress deviations at depth, thereby capturing the effects of the Oldoinyo Lengai magmatic system on the surrounding stress state. Of note, our interpretation is somewhat limited by the fact we cannot utilize surface deformation patterns (e.g. InSAR data) as an additional independent dataset to support our arguments above, as the source depths of the analyzed focal mechanisms are not conducive to any detectable surface deformation.
[image: Figure 11]FIGURE 11 | Map view of P-axis directions of focal mechanisms below Oldoinyo Lengai and Naibor Soito. Axes are centered on their earthquake location and colored by their azimuth.
Naibor Soito
Beneath Naibor Soito volcanic field, seismicity is divided into a shallower (5–10 km depth) and deeper cluster (12–18 km depth), with comparatively little seismicity occurring at depths of 10–12 km, except for a fine structure seemingly connecting both (Figures 5, 10B). Both clusters were observed in 2012–2013 (Weinstein et al., 2017). The seismicity cluster between 12 and 18 km occurs on top of a S-wave low velocity and high Vp/Vs zone, which has been interpreted previously as a lower crustal magma body (Roecker et al., 2017). In agreement with previous authors, we assume that the seismicity detected adjacent to and above this low-velocity zone represents fluid-triggered fracturing, resulting from one or a combination of devolatization of magmas and the migration of melt from lower crustal reservoirs (Roecker et al., 2017; Weinstein et al., 2017). The shallow, disc-shaped seismicity pattern was interpreted as a complex of pressurized, hot sills likely fed by the deeper magma source (Weinstein et al., 2017). These shallow sills in-turn may have sourced the 2007 dike intrusion (Calais et al., 2008; Weinstein et al., 2017). The recurring non-double couple source mechanisms suggest that numerous intrusions from the same complex have occurred since 1995 (Oliva et al., 2019a). Thus, our and previous observations support a central, deep magmatic source which drives the volcanism locally.
Below the Naibor Soito volcanic field, our high-resolution observations allow us to distinguish a complex pattern of focal mechanisms and T/P-axis directions. Above the magma chamber (below 13 km) and in the pressurized sill complex (5–7 km; 9–11 km), there is no dominant mechanism or stress direction. Between 7 and 9 km depth, T-axes are ∼ N-S (or nearly E-W P-axes, Figure 11), which represents a rotation of local stress away from the regional ESE-WNW extension direction (Saria et al., 2014). Both observations are best explained by magmatic processes associated with melt transported from the deeper magmatic body to the shallow sill complex. While the pressurized magmatic bodies exert a changing stress field depending on their state (i.e. inflation or deflation), earthquakes in the walls of the inflating intrusions show a local horizontal stress change according to Roman (2005). This is also supported by the findings of Oliva et al. (2019b), who predict stress rotation between Oldoinyo Lengai, Naibor Soito and Gelai driven by magmatic intrusions and magma bodies at depth. These fluid driven stress-changes as well as strong shallow and deep seismicity patterns are among the most persistent, clearly imaged features of our dataset through our observational period.
Gelai
All temporary seismic networks have recorded persistent seismic activity beneath Gelai volcano since 2007 (Calais et al., 2008; Albaric et al., 2010; Weinstein et al., 2017). However, the closer station spacing in our network allows examination of seismic activity in greater detail than previous studies (Figures 5, 10). Locations reported by Calais et al. (2008) spread widely, which may largely reflect location uncertainties associated with locating events outside of the network. Albaric et al. (2010) found that seismic activity was primarily focused beneath the southern flank of Gelai, while Weinstein et al. (2017) reported activity beneath the southern and western flanks of Gelai. Overall, these previous results combined with our newly located earthquake data suggest that activity may have migrated northwards below Gelai over time, as the recent activity now reaches the northern end of Gelai (Figure 5). Beneath Gelai, earthquakes show predominantly normal faulting mechanisms (Figure 7) with T-axes sub-parallel to the regional extension direction (Saria et al., 2014; Muirhead et al., 2015; Weinstein et al., 2017), which is consistent with faulting in extensional rifts elsewhere (e.g. Keir et al., 2006; Lindenfeld et al., 2012a). These mechanisms contrast those at Oldoinyo Lengai and the Naibor Soito volcanic field. The strike of faults, dikes and previously determined focal mechanisms at Gelai typically indicate WNW-ESE extension (Calais et al., 2008; Albaric et al., 2010; Muirhead et al., 2015; Weinstein et al., 2017), which is consistent with geodetic data (Saria et al., 2014).
Gelai volcano is also associated with the April 2019 seismic swarm, which exhibits a very narrow, pipe-like shape. This swarm is in line with, and located ∼10 km north of, the 2007 dike intrusion as imaged by InSAR (Calais et al., 2008), which seems to have initiated the recent recorded Gelai seismic activity (Weinstein et al., 2017). However, seismicity associated with dike emplacement and propagation usually follows along a plane and migrates spatially through time in the direction of magma movement (e.g. Ebinger et al., 2010; Ágústsdóttir et al., 2016), and thus the 2019 swarm activity is not interpreted to relate directly to dike emplacement. Though not exhibiting a clear main shock after shock or clear temporal sequence, the 3.6 ML event is the first and second deepest event which seems to start the sequence. Afterward, other earthquakes rupture along the pipe, which is then active along the entire segment. Focal mechanisms show normal faulting representative of the regional stress field. Similar pipe-like seismic swarms were observed by Lindenfeld et al. (2012b) in the Rwenzori region of the Albertine Rift (Uganda) of the western branch of EARS, and were interpreted to originate from fluids and gases, sourced from a magmatic body, rising through the plate. Accordingly, this swarm may be caused by degassing along a currently hidden fault and is feasible given the high amount of CO2 degassing in the entire Natron rift (Lee et al., 2016, Lee et al., 2017; Muirhead et al., 2020). The shape and duration of the April 2019 swarm resembles the October swarm located between Gelai and Lake Natron which, given the nature of the seismicity and associated mantle volatile release at the surface (i.e., Lee et al., 2017), we attribute to ascent of deep mantle volatiles along a pre-existing fault. As crustal fluid speeds based on migrating seismic swarms are typically 10–100 m/day (Ibs-von Seht et al., 2001; Hariri et al., 2010), we assume that these earthquakes represent a mechanical response to subtle pressure changes in the fluid system due to changes in fault permeability (e.g. due mineral precipitation), in the local and/or regional stress state, and/or in the deep fluid flux (Sibson, 2000).
The 3D seismicity pattern beneath Gelai cannot be explained by slip on a single fault plane. Given our observations, the strong microseismicity in the last ∼13 years and repeating earthquake swarms, indicate that fluids and volatile release must play an important role in accommodating the extensional strain, as is evident in this and other rift settings (Lindenfeld et al., 2012b; Wright et al., 2012; Muirhead et al., 2016; Weinstein et al., 2017). Diffuse, high magmatic CO2 degassing from lower crustal intrusions throughout the entire Natron rift could cause significant earthquake activity (Lee et al., 2016; Weinstein et al., 2017). In fact, the latter suggested that the recent locus of strain accommodation has been focused in the central rift valley below Gelai, and that stress field rotation and magmatism below Oldoinyo Lengai and the Naibor Soito volcanic field have facilitated stress transfer from the western Manyara-Natron border fault to a newly developing rift segment beneath Gelai.
Plumbing System
Our detailed 3D seismicity patterns and focal mechanisms allow us to map the magmatic plumbing system associated with Oldoinyo Lengai volcano in unprecedented detail. The persistent pipe-like aseismic structures down to depths of 12 km, as well as well resolved areas of high seismicity, are particularly striking (Figure 10B) and may have implications about the long-debated plumbing system. We have summarized our findings in a sketch (Figure 12), which highlights our conceptual interpretation.
[image: Figure 12]FIGURE 12 | Plumbing system of Oldoinyo Lengai with seismicity. The orange shaded areas are seismic gaps interpreted as part of the mushy plumbing system, overlain with small reddish ellipses denoting sill complexes. Black lines denote deep plumbing system, which connect the hydrothermal system to the deep magma chamber inferred from Roecker et al. (2017).
There is a distinct aseismic zone beneath the Oldoinyo Lengai edifice, which extends to a depth of 10 km and becomes successively narrower with depth (Figures 10B, 12). This seismic gap may represent the region of persistent partial melt (i.e., Hudson et al., 2017) that connects the volcano to its deeper plumbing system, and/or has heated nearby country rock resulting in ductile rock behavior for extended time periods in otherwise brittle crust (Castaldo et al., 2019; Parisio et al., 2019). Indeed, renewed and persistent volcanic activity at Oldoinyo Lengai since late 2018, as inferred from satellite data (Massimetti et al., 2020), require open conduits transporting volatiles and melt to the surface. From tomography and complementary receiver function studies (Plasman et al., 2017), the volcano is underlain by a low S-wave anomaly and high Vp/Vs ratios at 5 km depth, which continue well under the rift shoulder (Roecker et al., 2017) and may represent zones of partial melt below the volcano. Alternatively, the spatially varying high and low Vp/Vs and aseismic pipes in this region may, at least in part, reflect the sustained hydrothermal system interpreted for this volcano (Mollex et al., 2018), which is closely associated with its underlying magma plumbing system.
The exact spatial extent and overall geometry of partial melt bodies and hydrothermal fluids below Oldoinyo Lengai volcano are challenging to resolve. Surface deformation observed in InSAR data in late 2007 were modeled as a deflating shallow magma chamber at 3 km depth beneath Oldoinyo Lengai (Biggs et al., 2013), and chemistry from prior eruptions has been previously considered to reflect a two-level system, with magma storage at 0.5 and 3.3 km depth (Petibon et al., 1998). In all, some models of nephelinite and natrocarbonatite magma generation at Oldoinyo Lengai require only one open magma system (de Moor et al., 2013), while others necessitate at least three distinct zones of melt accumulation and storage (Berkesi et al., 2020). Regardless of these uncertainties, our high-resolution observations of earthquake activity below the volcano are best explained by a high temperature zone of partial melt and hydrothermal circulation underlying the edifice, where this zone is too ductile to produce any earthquakes (e.g. Thurber, 1984; Bryan et al., 1999; Castaldo et al., 2019, Figure 12). Additionally, our seismicity data and other geophysical constraints (i.e., Roecker et al., 2017) suggest that the inferred mid-crustal magma chamber for the volcano (i.e., Mollex et al., 2018) might either be located in the aseismic zone beneath Oldoinyo Lengai, or just above the deep-seated seismicity beneath Naibor Soto, where we image a circular aseismic feature (Figures 10, 12).
A second, pipe-like seismic gap separates seismicity patterns between Naibor Soito and Gelai (Figures 10, 12). It is particularly interesting, as there are no detectable surface displacements accompanying volumetric expansion in the upper crust since 2007, and the ∼2.4 m-wide 2007 dike (Biggs et al., 2009) would have long since cooled and solidified. This aseismic zone may instead mark a region of 1) hydrothermally altered rock following the 2007 dike intrusion, 2) a region of currently recognized weak rock or 3) part of the hydrothermal system (e.g., Mollex et al., 2018; Parisio et al., 2019). Considering the large amount of earthquakes beneath Gelai, which may be driven in large parts by fluids or degassing, this aseismic zone may also facilitate fluid transfer from the deeper parts of the plumbing system to the shallow crust beneath Gelai.
In conclusion, we cannot differentiate between different geochemical models of the natrocarbonatite genesis, but our results constrain the magmatic plumbing system of the Natron rift by interpreting areas of high and low seismicity as fluid or melt transport and locally heated, ductile zones, respectively. Focal mechanisms show the influence of magmatic intrusions and magma bodies, which together with seismicity may point to different localities for magma differentiation.
Interactions Between Rift Segments
Our observations are consistent with conceptual models of magmatic rifting revealing enhanced vertical permeability and associated fluid migration within accommodation zones between rift segments (e.g. Corti, 2004; Rowland et al., 2007; Muirhead et al., 2015; Figure 13). Uniquely, the North Tanzania Divergence offers the opportunity to explore strain accommodation between border fault-controlled extension in the Manyara basin, to largely magma intrusion-controlled extension within the central Natron basin, where a new, magmatically controlled segmentation is developing (e.g., Ebinger and Casey, 2001; Muirhead et al., 2015; Oliva et al., 2019a). Stress distributions in border fault-controlled segments are largely controlled by the shape of the basin and flank topography, and the Moho geometry, whereas segments with crustal magma chambers and volcanoes are controlled by crustal thinning, magma bodies, and volcanic loading (Karlstrom et al., 2009; Muirhead et al., 2015; Oliva et al., 2019b).
[image: Figure 13]FIGURE 13 | Idealized conceptual illustration of magmatic-fluid-tectonic interactions associated with the volcanic plumbing system of the south Natron basin. The structure of the plumbing systems is based on data and interpretations presented in the current study, as well as previous seismicity and geophysical studies by Roecker et al. (2017) and Weinstein et al. (2017). Crustal thicknesses are broadly based on Plasman et al. (2017) and surface topography is from the 90 m SRTM DEM dataset. (A) Surface topography and general crustal structure of the south Natron basin, highlighting the position of the key volcanic features. Letters refer to the presented crustal sections in (B–D). (B) General distribution of seismicity at the northern end of the seismic network. Deep seismicity occurs below Lake Natron, with seismic swarm behavior associated with fluid overpressures and fluid migration through the crust. Helium isotope data of dissolved spring volatiles and carbon isotopes of diffusely degassing CO2 support mantle fluid flow through these fault systems (Lee et al., 2016, Lee et al., 2017; Muirhead et al., 2020). (C) General distribution of seismicity through central regions of the seismic network. Seismicity patterns generally follow those in B and support fluid-driven earthquakes, although no specific seismic swarms have been identified. Cooled dike intrusions represent regions of past magmatic rifting, although no significant melt or active diking is inferred below Gelai volcano currently. (D) General distribution of seismicity throughout the southern end of the seismic network, with deformation patterns strongly influenced by the presence of melt and fluids. The infrequent occurrence of seismicity in the lower crust below the Naibor Soto volcanic field support the presence of lower crustal magma bodies, consistent with the crustal velocity structure presented by Roecker et al. (2017). Distinct seismic gaps below these volcanic systems represent vertical zones of partial melt and/or thermally altered regions, and represent possible connections between partial melt bodies at different crustal depths (Weinstein et al., 2017). Melt bodies and topographic loads impose local stress perturbations (Oliva et al., 2019b) indicated by variations in fault plane solutions observed in this system. Persistent low magnitude seismicity throughout the region supports a model of earthquake activity driven by the percolation of melt and magmatic volatiles, consistent with full moment tensor analyses by Oliva et al. (2019a) who found various non-double couple earthquake source mechanisms.
We image how the complex stress field in the inter-segment transfer zone drives the development of radial and rift-oblique dikes, faults and fracture systems, and how interconnected zones of magmatism feeding into these transfer zones facilitate strain transfer between the rift segments (Figure 13). Our seismicity and fault plane solutions reveal that the high flux of gas-rich magma into these regions produces overpressured magma reservoirs that locally perturbed stress fields. This is supported by vent alignment (Muirhead et al., 2015), InSAR data (Biggs et al., 2013; Wauthier et al., 2013) and temporally consistent earthquake source mechanisms (Oliva et al., 2019a). Furthermore, the shape of crustal thinning, the rift basin and flank topography guide zones of magma upwelling and storage, which promotes the transfer of strain to central volcanic systems (Oliva et al., 2019b). Extension-normal dikes inject into the rift to accommodate regional tectonic extension, while also focusing strain into newly developing rift segments (i.e., below Gelai volcano; Weinstein et al., 2017).
CONCLUSION
We report seismicity and focal mechanisms from a ten-month deployment in 2019 in the southern Natron basin, which encapsulates recent volcanic activity at the only active natrocarbonatite volcano Oldoinyo Lengai worldwide and repeated seismic swarms consistent with volatile release and dike intrusion. Seismicity patterns beneath Oldoinyo Lengai and Naibor Soito reveal a complex magmatic plumbing system in which melt is transported from a deep-seated magma chamber to the surface, and focal mechanisms reveal the influence of the edifice load, magmatic intrusions at depth and magma-driven stress changes. Seismicity at Gelai is consistent with fluid release and degassing of CO2 and focal mechanisms point to strain accommodation within the regional extensional stress field. Our results indicate that the southern Natron basin is a segmented rift system in which strain is transferred from the western border fault to a developing rift segment. The rift basin functions as a magmatic accommodation zone where fluids preferentially percolate vertically and thus prescribe the location of magma intrusion, storage and eruptive centers. These findings provide a framework for understanding and modeling complex interactions between tectonic and magmatic processes during continental rift initiation and development.
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Volcanic activity at the Santiaguito dome complex (Guatemala) is characterized by lava extrusion interspersed with small, regular, gas-and-ash explosions that are believed to result from shallow magma fragmentation; yet, their triggering mechanisms remain debated. Given that the understanding of source processes at volcanoes is essential to risk assessments of future eruptions, this study seeks to shed light on those processes. We use data from a permanent seismic and infrasound network at Santiaguito volcano, Guatemala, established in 2018 and additional temporary stations, including a seismic array deployed during a 13-day field investigation in January 2019 to analyze and resolve the source characteristics of fragmentation leading to gas-and-ash explosions. Seismic data gathered within a distance of 4.5 km from the vent show a weak seismic signal 2–6 s prior to the explosions and associated main seismic signal. To resolve the source location and origin of the seismic signals, we first used ambient noise analysis to assess seismic velocities in the subsurface and then used two-dimensional spectral element modeling (SPECFEM2D) to simulate seismic waveforms. The analyzed data revealed a two-layer structure beneath the array, with a shallow, low-velocity layer (vs = 650 m/s) above deeper, high-velocity rocks (vs = 2,650 m/s). Using this velocity structure, possible source mechanisms and depths were constrained using array and particle motion analyses. The comparison of simulated and observed seismic data indicated that the precursory signal is associated with particle motion in the RZ-plane, pointing toward the opening of tensile cracks at a depth of ∼600 m below the summit; in contrast, the main signal is accompanied by a vertical single force, originating at a shallow depth of about ∼200 m. This suggests that the volcanic explosions at Santiaguito are following a bottom-up process in which tensile fractures develop at depth and enable rapid gas rise which leads to the subsequent explosion. The result indicates that explosions at Santiaguito do not occur from a single source location, but from a series of processes possibly associated with magma rupture, gas channeling and accumulation, and fragmentation. Our study provides a good foundation for further investigations at Santiaguito and shows the value of comparing seismic observations with synthetic data calculated for complex media to investigate in detail the processes leading up to gas-ash-rich explosions found at various other volcanoes worldwide.
Keywords: volcanic explosions, volcano seismology, numerical modeling, seismic precursor, seismo-acoustic array, array analysis
INTRODUCTION
The Santiaguito dome complex is located in western Guatemala, 10 km southwest of the city of Quetzaltenango, counting approximately one million inhabitants emphasizing the importance of a good understanding of eruption processes. Protracted dome growth began in 1922, within the crater of the eruption of Santa Maria in 1902, and continues to this day (Rose, 1973; Harris et al., 2003). Volcanic activity shifted westward over the next five decades forming four domes (from east to west: El Caliente, La Mitad, El Monje and El Brujo). However, in 1977, activity resumed at El Caliente (Rose, 1987). Since then, dacitic-andesitic lava dome growth has been accompanied by lava flows (A’a and blocky flows), explosions (incl. ash clouds and fallout, ballistics and pyroclastic density currents), rock falls, sector collapse events and lahars, each of contrasting and evolving magnitudes throughout the years (Rose, 1987; Rhodes et al., 2018; Lamb et al., 2019; Carter et al., 2020). Harris et al., (2003) characterized the cyclic discharge at Santiaguito since the start of the eruption in 1922, describing periods of high and low extrusion rates lasting for 3–6 and 3–11 years, respectively. While weak to moderate gas-and-ash explosions generating 500–2000 m high plumes, have been observed in every period prior to 2015 (Bluth and Rose, 2004; Patrick et al., 2007; De Angelis et al., 2016), larger explosive events have occurred less frequently, either related to partial dome or crater rim collapse (e.g. September 2004, April 2010, November 2012; Global Volcanism Program, 2005, Global Volcanism Program, 2011; Hornby et al., 2019a) or to paroxysms due to volatile-rich magma influx (e.g., in 2015–16; Wallace et al., 2020). The larger explosions, which have subsequently excavated a deep crater in the dome, indicate deeper fragmentation (Hornby et al., 2019b; Lamb et al., 2019; Carter et al., 2020; Wallace et al., 2020). Following this last paroxysm, dome growth resumed in October 2016, as lava started to fill the crater and activity reverted back to frequent weak/moderate explosions (Carter et al., 2020).
The occurrence of gas-and-ash explosions at El Caliente has long been studied. A key observation of dome activity is the repetitive and non-destructive occurrence of explosions as well as near continuous gas emissions during inter-explosive phases, which suggest an open vent system bolstered by an active fault network (Bluth and Rose, 2004; Holland et al., 2011; Johnson et al., 2014; Scharff et al., 2014; Zorn et al., 2020). Explosions at El Caliente are often preceded by seismic precursors with signals spanning broad frequency and duration ranges. This behavior was noted in the dome activity before (Johnson et al., 2009; Sanderson et al., 2010) and after (Carter et al., 2020) the 2015–16 paroxysms. Bluth and Rose (2004) suggested that pulsatory magma ascent leads to plug flow, and stick-slip faulting induces cataclastic fragmentation, thus increasing the propensity of magma to degas and outgas. This model may explain the ring-shaped fractures sometimes observed on the crater surface (Bluth and Rose, 2004; Sahetapy-Engel et al., 2008; Lavallée et al., 2015; von Aulock et al., 2016; Hornby et al., 2019b; Zorn et al., 2020). The faulting activity has also been inferred to explain the occurrence of gas-and-ash ejection pulses every ∼3 s during explosions (Scharff et al., 2014).
Combined thermic, seismic, and infrasound observations were used by Sahetapy-Engel et al., (2008) to constrain the extent of the plug. They suggested that the rupture occurred at a depth of 100–500 m. This is supported by Holland et al., (2011) who analyzed the rheology of eruptive products and advanced that critical conditions for shear fracturing are found at depths of 150–600 m. Analysis of proximal tilt data monitored in January 2012 from the flank of El Caliente indicated that the dome periodically inflates and deflates at intervals averaging 26 min (Johnson et al., 2014). The inflation phase generally lasts about 5–6 min and at the apex of tilt signals, an explosion or a gas emission event occurs. They observed that the explosions, in contrast to the emissions, generated very-long period (VLP) seismicity. Yet, noting that the inflation phases of the tilt cycles are not accompanied by seismicity, Johnson et al., (2014) suggested that they may be caused by gas pressurization in the shallow conduit at a depth estimated at 300 m below the active vent. Lavallée et al., (2015) scrutinized the dataset to reveal that tilt cycles associated with gas-and-ash explosions differ from those causing gas emission events. They base their results on the observation of more pronounced positive tilt (inflation) as well as the occurrence of VLP seismicity coincident with explosions. Following the observation that different inflation rates may lead to different styles of activity, Hornby et al., (2019b) used laboratory experiments to assess the manner in which Santiaguito lava ruptures. They constrained that low deformation rates (as observed during moderate tilt cycles) would cause slow, pervasive rupture which is argued would favor prolonged and extensive outgassing. In contrast, they found that at higher deformation rates (as observed in more pronounced tilt cycles) rupture would be sudden and localized, preventing extensive outgassing prior to complete rupture. This behavior may contribute to building excess pore pressure for fragmentation and to driving the explosions.
Looking closer at the eruptive products Lavallée et al., (2015) observed pseudotachylyte, indicating that magma was subjected to frictional melting and thermal vesiculation upon fragmentation. They argued that this would be favored during slip along localized fractures, which has been previously constrained by Johnson et al., (2008) to reach ∼1 m/s. This finding is related to their observation that the dome can move up and down, like a piston, by as much as 0.5 m within 1 s. The mechanical work during such faulting activity could induce as much as 600°C of heat in the already hot magmas, causing melting and vesiculation, which may partly explain the cataclastic affinity of these dense pyroclasts (Hornby et al., 2019a). Recently, structure-from-motion analysis using photogrammetry was employed by Zorn et al., (2020) to constrain surface deformation at El Caliente, finding that deformation varies laterally and zones with increased inflation may not necessarily be related to hotter materials. Furthermore, the explosive gas bursts and the permanent weak gas rise can, at times, escape from a given set of fractures (von Aulock et al., 2016; Zorn et al., 2020). This indicates that fracture healing is likely trivial during inter-explosion phases, owing to the crystal-rich nature of the magma (cf. Kendrick et al., 2016; Lamur et al., 2019). The open nature of the fracture network to fluid flow at El Caliente is further supported by the fact that some small-to-moderate explosions can be rapidly followed (within <10 min) by a secondary event (though generally smaller in magnitude) with closely matching seismic and acoustic signatures (Carter et al., 2020). This is likely to result from identical source parameters, possible if the set of fractures employed by gas-and ash jets remains the same. The above studies propose potentially slightly contrasting explosion trigger mechanisms which leads to small discrepancies when attempting to reconcile observations and unify our interpretations, but this may simply reflect that information was collected during different periods and with different methods. Altogether, they all argue for the importance of seismogenic faulting driven by overpressure at shallow depth, associated with gas-and-ash explosions.
In order to get more information on the trigger mechanism of explosions at Santiaguito, we will analyze the precursory seismic signals that are observed before ash and gas break through the dome's surface. We first use signal arrival times at different stations and ambient noise analysis to estimate the propagation velocity in the subsurface, and then use seismic travel times, particle motion and array analysis to determine possible source mechanisms and depths for the explosions (see Figure 1). Due to strong topographic changes in volcanic environments as well as the short distances between stations and the source, the interpretation of seismic signals is often challenging (Neuberg and Pointer, 2000); as such we augment our investigation by comparing observations with synthetic 2D spectral element modeling.
[image: Figure 1]FIGURE 1 | Summary of observations (bold) used to determine source properties (italic). The observed arrival times tj and the horizontal velocity vhor (slowness) are used to estimate the propagation velocity in the subsurface. The results of numerical modeling of seismic wave propagation are then compared to the observations (including the particle motion with incident angle i) to get information about the dominant source mechanism and source depth. VSF: vertical single force; EX: explosion source; TC: tensile crack.
DATASETS
Since 2014 a joint collaboration between the University of Liverpool (UK) and the Karlsruhe Institute of Technology (Germany) established a network of seismo-acoustic instruments monitoring activity at the Santiaguito dome complex. These permanent stations (Figure 2, STG1-X) and information about the network have previously been reported by Lamb et al., (2019), Carter et al., (2020) and Gottschämmer et al., (2020). In addition to this large dataset, we augmented our monitoring capacity during a 13-days field experiment by deploying three additional temporary short period (LE-3Dlite) stations (Figure 2, LIN1-3) and a seismo-acoustic array in January 2019 (Figure 2). The temporary deployment also included six pressure sensors (IST 2018, sensitivity: 0.02 V/Pa) and coincided with the installation of a permanent thermographic camera installed at station STG5 (7 km from El Caliente; Figure 2). During the field investigation, one thermographic image per second was acquired during both daytime and night time. One further seismic station was deployed 510 m north-east of the El Caliente dome to provide signals with good signal-to-noise ratio (LIN3). The other short-period stations were installed 2,600 m north (LIN2) and 3,900 m northwest (LIN1) of the dome. A list of all stations with information on location and sensors is available in the Supplementary Table S1. The challenging terrain east of the dome complex did not allow any installations in this area. The location of the seismo-acoustic array is in a crescent-shaped valley north of the previously active dome El Brujo at a distance of 2 km to the active crater. The valley dips slightly toward the west, but elevation differences of the stations are still less than 40 m. The subsurface is characterized by a lahar deposit veneer in the valley, underlain by dense, coherent lavas, which has been shown to favor good signal propagation in this area during previous campaigns. As illustrated in Figure 2, the seismo-acoustic array consists of nine short-period stations and five pressure sensors. The stations form two nested rectangles with a central station and the inner rectangle is rotated ∼45° to the outer one. Pressure sensors are only deployed in the inner part of the array. inter-station distances of the seismo-acoustic array range from 50–160 m with an aperture of 360 m.
[image: Figure 2]FIGURE 2 | Station distribution during the field measurements in January 2019. Blue triangles mark the stations of the permanent network of ULIV (University of Liverpool) and KIT (Karlsruhe Institute of Technology), and red triangles are stations installed temporarily. Black contour lines around the triangles indicate the additional installation of an infrasound sensor. The red hexagon marks the position of the seismo-acoustic array (also inset, lower left). The thermal camera was installed at station STG5. The peaks of Santa Maria and El Caliente are marked with black stars.
A comparison of the seismic explosion signals at a broadband (Trillium Compact 120 s) seismometer and the array seismometer (Lennartz 1 Hz) reveals that the short period instruments show reliable ground motion at frequencies below the corner frequency of the passband after restitution down to 0.1 Hz. All instruments recorded with a sampling rate of 100 Hz.
CHARACTERISTICS OF THE EXPLOSION SIGNAL
Explosive gas and ash emissions at Santiaguito occur multiple times per day and are commonly accompanied by seismic and infrasonic signals. Typical explosion signals at the closest stations are shown in Figure 3. The seismic signature generally consists of two phases with a time shift of 2–6 s at a distance of 510 m to the crater (Figure 3). Hereinafter, the second phase, characterized by higher amplitudes will be referred to as the main signal (MS), while the first phase will be called precursor (PC). Due to the low amplitudes of the PC, its detectability in the seismogram decreases with the distance and it is often not visible at stations which are further than 4.5 km from the lava dome. The frequency of the explosion signal ranges between 0.5 Hz and 5 Hz and reaches its maximum at around 1.3–1.7 Hz (Supplementary Figure S1). In Figure 3, the comparison of seismic data to visual observations with the thermographic camera reveals that increased ground motion is only related to the onset of hot gas and ash expulsion, while the further outflow and development of the plume occurs mainly aseismically as described by Gottschämmer et al., (2020). As previous studies have reported that small explosions at Santiaguito are preceded by a ∼6 min inflation of the dome (Johnson et al., 2014; Lavallée et al., 2015), we opted to calculate the mean absolute amplitude of the ground motion at the closest station LIN3 in a sliding window of 1 min. We find no significant increase in seismicity before an explosion which could be connected to the inflation process.
[image: Figure 3]FIGURE 3 | Comparison of acoustic origin time with visual observations of an explosion on 10.01.19. (A) Z-component of seismic signal at LIN3 with enlarged precursor signal (PC) in the inset. The blue vertical line indicates the precursor onset, whereas the main signal (MS) starts directly at the red line. (B) Associated acoustic signal measured at the central array station. Acoustic and seismic data is filtered with a fourth-order Butterworth bandpass (0.125–3 Hz). In (A) and (B) the red lines indicate the origin time of the acoustic signal and the dashed lines correspond to the thermographic images in (D) and (E), respectively. (C) Acoustic arrival times at different stations vs. their distance to the crater determining the acoustic origin time. The two thermographic images show the first gas emission at the dome (12:07:22, (D)) and the further gas rise (12:07:45, (E)).
To enable correlation between the development of the volcanic plume and seismicity, we constrained the exact onset time using acoustic signals. Following De Angelis et al., (2016), we assume the dome surface to be the acoustic source position and calculate its origin time with a linear fit regarding hypocentral distance and arrival time at the pressure sensors, as shown in Figure 3C. Indeed, the origin time of the acoustic signal (red vertical line, Figure 3) coincides with the visual onset (first dashed line) of the explosion; therefore, the acoustic signal may be related directly to the sudden gas burst associated with the onset of the volcanic plume. Furthermore, we observe only a short time difference (of only <0.5 s, Table 1) between the acoustic origin time and arrival of the MS at the most proximal station LIN3.
TABLE 1 | Summary of seismic observations.
[image: Table 1]We further estimate the seismic velocities of PC and MS of 14 explosions (Supplementary Table S2), carry out array analysis and determine the particle motion in order to collect more information about possible source depths and mechanisms. With the relative origin times of both phases we further determine whether they are the result of P- and S-wave arrivals of the same source process or caused by independent source mechanisms. In the latter case the PC could provide information about a mechanism triggering the explosion.
Slowness and Backazimuth
We use the frequency-wavenumber (FK) algorithm provided by the Python package Obspy (Capon, 1969; Beyreuther et al., 2010) to analyze the data of the seismo-acoustic array. Due to the configuration of the array (aperture of 360 m) and its distance (2 km) to the signal source location (El Caliente), we assume that the explosion signals arrive as a planar wave (Almendros, 1999). Here, a fourth order Butterworth filter (0.125–3 Hz) is applied to the data and the FK-analysis is then carried out in a sliding window (length 1 s, step: 0.05 s) using a slowness (s) grid of −1< s < 1 s/km (−3.5 < s < 3.5 s/km for acoustic data).
The analysis of the seismic time series reveals variations of slowness and backazimuth through time (Figure 4). The onsets of both the precursor and main phase are characterized by low slowness values (0.1–0.2 s/km), followed by a slowness increase. For the main phase a stepwise increase (up to 0.3–0.5 s/km within 0.5–1 s, 0.6–0.8 s/km within 2.5–3.5 s after the onset) or a continuous upsweep is observed. The slowness variation of the PC is not consistent for different explosions which could be caused by the low signal-to-noise ratio after the first onset and the arrival of reflected phases.
[image: Figure 4]FIGURE 4 | Slowness (s) and backazimuth (baz) of a seismic explosion signal measured with the seismic array in a distance of 2 km to the dome on 7.1.19. The blue and the red dashed lines indicate the onset of PC and MS, respectively. The color code of the slowness and baz corresponds to the normalized power of the seismic signal shown below. Δt1 = 0.5 s and Δt2 = 2.5 s show the time difference of MS onset and slowness steps.
For the acoustic signal we use a time series of 2.5 s, which starts 0.3 s before the phase onset at the center station of the array (ARR1). The resulting backazimuth of 120° matches the actual configuration of the array with respect to El Caliente. The apparent horizontal velocity, which is the inverse slowness, ranges between 0.34 and 0.40 km/s for different explosions.
Seismic Velocities
We determine seismic velocities in the subsurface in order to create a coarse velocity model for the numerical modeling with two approaches; 1) comparison of arrival times of the explosion signals at different stations and 2) dispersion analysis.
Arrival Time of Seismic Signals
As a first step we fix the horizontal position of the seismic source at the location of El Caliente. This simplification is supported by backazimuth observations of the previous section. Because the origin time as well as the depth [image: image] is unknown, we consider the relative arrival times [image: image] at different stations [image: image] instead of the absolute arrival times. With the distance [image: image] and the relative elevation difference of source and station [image: image] we determine the length of the straight ray paths and calculate the theoretical relative arrival times:
[image: image]
By performing a grid search we estimate the parameter pair ([image: image]) which best fits the observations. An area of reduced misfit and no clear minimum is found for both PC and MS, due to the trade-off between depth and velocity (Supplementary Figure S2). Furthermore, the uncertainty of the determined arrival times is reflected in the results of the grid search. The inversion is mainly insensitive to depth but provides good estimates of seismic velocities. Although this simple inversion approach does not take into account lateral variations, an average velocity in the area of interest is provided, which is, to our knowledge, not well constrained at Santiaguito volcano. For the MS phase velocities vary between 2.7 and 4 km/s (indicative of P-wave propagation), while velocities for the PC are significantly lower and range between 1.2 km/s and 1.9 km/s (pointing toward S-wave velocities).
Dispersion Analysis
To further constrain seismic velocities close to the surface we analyze the dispersion characteristics of surface waves using ambient noise and the explosion signals. (Dobrin 1951; Haskell 1953; Aki and Richards, 1980). Because ambient noise vibrations largely consist of surface waves, their dispersive behavior can be used to determine S-wave velocities in the shallow subsurface (Murphy and Shah, 1988; Jongmans and Demanet, 1993). With the seismic data from the deployed array we calculate dispersion curves with the high-resolution frequency wavenumber (HRFK) approach (Wathelet et al., 2018; Capon, 1969) and following the SESAME guidelines as this approach is routinely used in engineering seismology applications (Acerra et al., 2004). We determine dispersion curves for six 1 h windows of the vertical component at all array stations and use the average of all curves for the inversion. The dispersion curves as well as the mean curve are depicted in Figure 5 and show an increase from 0.35 s/km to 1.6 s/km up to a frequency of 4 Hz. The array geometry, with its aperture and interstation distance, controls the resolution. In order to estimate a coarse velocity structure at greater depth, larger wavelengths are needed due to their increased penetration depth. To increase the spectral information toward low frequencies we calculate the phase velocity in narrowband filtered explosion signals at all stations of the network. We use a fourth order zero-phase Butterworth bandpass filter with central frequencies of f0 = 0.20, 0.25, 0.35, 0.45, 0.75, 1.00 Hz and a bandwidth of f0*2(1/2). The results are depicted in Figure 5. The determined phase velocities are in agreement with our results of the ambient noise at the array.
[image: Figure 5]FIGURE 5 | A) Dispersion curves. The colored circles mark the propagation velocity of different explosions (color coded) depending on the frequency. The gray lines show the dispersion curves determined by the HRFK analysis of the 1 h-windows and the mean curve is shown in black. The green area marks the dispersion curves of the inverted subsurface models with the lowest misfit. (B) S-wave velocity determined by dispersion curve inversion.
The velocity inversion was carried out for a model with one layer above the halfspace using the approach of Wathelet (2008) based on a modified conditional neighborhood algorithm. Density values of the layers are implemented according to the geology of the region. The Santiaguito domes are characterized by dacite rocks, while the older material of Santa Maria underneath is composed of basaltic-andesite material (Rose, 1972). Furthermore, considering physical characterisation studies of El Caliente dome lavas (Hornby et al., 2019b) and similar stratovolcanoes (e.g., Schaefer et al., 2015) we assumed that the rocks of Santa Maria are denser than the newer material of Santiaguito. Hence, a higher density value 2,700 kg/m3 is chosen for the deep basaltic-andesite material at depth, while a lower density of 2000 kg/m3 is attributed to the surficial dacites (Tenzer et al., 2011). Over 2,500 models were computed with those boundary conditions and the misfit [image: image] is calculated with:
[image: image]
The misfit describes the difference of the observed dispersion curve [image: image] and the synthetic curve [image: image] of the subsurface model at each of the n frequency samples (Wathelet, 2005). The uncertainty [image: image] is determined by the HRFK and the differences between the dispersion curves. The model with the lowest misfit (0.05) is defined by a subsurface with [image: image] 2,650 m/s starting at a depth of 120 m and is depicted in Figure 5. The upper layer is characterized by [image: image] = 650 m/s. The interface depth is not well constrained and varies within a misfit range of 0.01 (marked in light green in Figure 5) by 30%, while the variations of the velocities are less than 15%. As we only have ambient noise dispersion data beneath the array, the obtained velocity structure is only representative for the areas surrounding this location.
Particle Motion of Seismic Data
The particle motion of seismic phases contains information about the wave type, the source mechanism as well as the source depth. For a better understanding of the signals we rotate the components from the N, E, Z to the R, T, Z coordinate system with the theoretical backazimuth calculated from the station-volcano configuration. The radial component R is oriented in the direction from source to station, the Z-component still refers to vertical movement and together with the transverse (T) component, they form the new, station-dependent, left-handed coordinate system (Shearer, 2009, p. 89).
The particle motion observations for PC and MS are summarized in Table 1. Figure 6 exhibits multiple explosion signals at station LIN3 which display the particle motion at the onset of PC and MS in the R-Z plane. The vertical lines in each seismogram depict the start and the end of the 1 s time windows, which are shown in the particle motion tiles. We observe similar particle motions of the PC onset for different explosions with a predominant polarization varying between 30° and 70° to the vertical. By correcting the angle for contributions of reflected P- and SV-waves (Müller, 1990) the possible source depth ranges between 200 and 1,300 m below the summit of El Caliente. The precursor is polarized perpendicular to the propagation direction of a wave arriving from the volcano and therefore indicating the arrival of an SV-wave. This hypothesis is supported by the low propagation velocity of the PC, which was determined in the previous section. The amplitudes of the preceding P-wave are not large enough to be detected. The direction of motion is more variable for MS and a clear polarization is not observed for all explosions. Nevertheless, a common feature is a vertical particle motion of the MS onset (Figure 6). At more distal stations from the crater the polarization of both the PC and the MS is less consistent. Due to strong topographic variations in the area of this study, the interpretation of the measured particle motion is challenging (e.g. Neuberg and Pointer, 2000). Hence, we conduct numerical modeling to compare the influence of different source mechanisms, depths and topography on the particle motion at the stations.
[image: Figure 6]FIGURE 6 | Seismic ground motion at LIN3 (Z-component, fourth order Butterworth filter f = 0.125–3 Hz) and the particle motions in the RZ-plane. The blue and red vertical lines mark the time windows used for the particle motion analysis and correspond to the polarization diagrams on the right. The blue window includes the PC onset and the red the onset of the MS. The blue dot indicates the start of the time series.
2D NUMERICAL MODELING
Volcanic environments are commonly characterized by a complex topography and subsurface, thus the analysis of the seismic wave field is often challenging and simplified approaches have been used (e.g. flat surface, homogeneous half space). Numerical modeling can be employed to circumvent difficulties in interpreting seismic signals by providing estimates of the relative influence of basic parameters such as source type, source depth and topography on seismic wave propagation. In order to simulate wave propagation in a 2D subsurface model we use a spectral element method (SPECFEM2D; Komatitsch and Vilotte, 1998). By reducing the dimensions from 3D to 2D we neglect phases which are not traveling on a straight raypath (e.g. reflections, bended ray paths) and we are aware that the relative amplitude of phases (e.g. body vs. surface waves) gets distorted. However, as we will not interpret absolute amplitudes in our analysis and mainly concentrate on phase onsets, these effects should have a low impact on our results.
Model Parameters
Wave propagation is simulated for three different models: 1) a homogeneous flat model, 2) a homogeneous subsurface with topography and 3) a two-layer model with topography (Figure 7). The results of the observed seismic phase velocities are used to define the physical model parameters.
[image: Figure 7]FIGURE 7 | Influence of different subsurface models on the synthetic seismogram used for the numerical modeling. Each trace shows the seismogram at the central array station and on the right a cross section of the corresponding subsurface model is shown. The star marks the source location (400 m below the domes peak) and the triangle marks the station position at 2 km distance. (A) Is characterized by a flat topography above a homogeneous halfspace (model 1). (B) real topography as a section through the position of the array and El Caliente. (C) Smoothed topography (model 2). (D) Two layer model with smoothed topography (model 3).
For the homogeneous halfspace in model 1 and 2 we use a P-wave velocity of 3,500 m/s, which is in the range of the MS-phase velocity determined by the relative arrival times at all stations. This value is only slightly lower than the P-wave velocity (4,000 m/s) used by Anderson et al., (2012). For the S-wave velocity they implemented 2,400 m/s, which is similar to the S-wave velocity that we determined for the lower layer beneath the array. As we assume that this high velocity value is related to the dense solidified lava flows of Santa Maria and does not represent the subsurface in the surrounding of the dome complex, we use [image: image] = 2000 m/s, a slightly lower S-wave velocity for model 1 and 2. Since the results of the dispersion analysis indicated a low velocity layer above the halfspace at the location of the array, a further model with two layers is developed. For the halfspace we use the same velocities, which we chose for the homogenous model and we implemented a layer with lower velocities ([image: image] 1800 m/s, [image: image] 1,000 m/s) on top. We are aware that model 3 might not represent the subsurface in the whole model space. Nevertheless, it is a reasonable model for the subsurface within the valley of the array and it will be used to show the impact of a low velocity layer on the results of array analysis and particle motion analysis. For all models, the same density values (halfspace: 2,700 kg/m3, top layer: 2000 kg/m3) as for the dispersion curve inversion are used for the numerical modeling. Three different mechanisms are considered for the source: 1) explosion source, 2) downward directed vertical single force (VSF) and 3) the opening of a vertical crack. For all sources a Dirac impulse is used to calculate the Green’s functions. The source is placed at depths of 200 m, 400 m, 600 m, 1,000 m and 1800 m below the top of El Caliente. The topography is extracted from a digital elevation model of the area of Santiaguito with a spatial resolution of 10 m and implemented as a free surface. Due to strong topographic contrasts, a Gaussian filter is applied to the surface which has a negligible effect on the resulting waveform (Figure 7C) but decreases the computational effort. 2D sections are created from the 3D topography cutting through El Caliente and each station respectively. For the array stations, as well as STG8, the same section is used due to the proximity of the stations to one another. Numerical modeling is carried out for each section and for the analysis, results of all sections are used. The interface of the 2-layer model (model 3) follows the topography at a depth of 150 m, but a stronger smoothing parameter is applied (Figure 7). For all simulations a minimum of 10 points per wavelength were used to decrease the effects of numerical dispersion (De Basabe and Sen, 2007). Because the main energy of the observed explosions arrives with frequencies <3.5 Hz, wavelengths of >1,000 m are expected, resulting in a maximum cell size of 100 m.
Analysis of Synthetics
Influence of Source Types
Due to contrasting radiation patterns of the implemented source mechanisms we observe differences in the synthetic seismograms (see example for the homogeneous model with topography; Figure 8). P- and S-wave phases of synthetics are clearly recognizable at stations farther from the source. The maximum time shift between the P- and S-wave arrival (∼2 s) is observed at the farthest station (STG5). At closer stations the phases are not separated due to proximity to the source. Even a deep source (1800 m) cannot result in a time shift of >2 s between P- and S-wave arrival at proximal stations. This finding of the synthetic data thus provides important information regarding the time lag between the PC and MS phase of the observed data. It indicates independent source processes of the PC and MS phases, which are commonly separated by 2–6 s at the nearest station (Figure 6).
[image: Figure 8]FIGURE 8 | Comparison of synthetic waveforms of the different source mechanisms using model 2. Source depth is set at 600 m below El Caliente. Seismograms are filtered between 0.125 and 3 Hz and ordered by the distance of station and source. P-wave onsets and S-wave onsets (if recognizable) are marked with gray and red dashed lines, respectively. While at the closest station (LIN3) only one phase can be seen, P- and S-wave onsets are separated at further stations (e.g. STG5). The ratio between P- and S-wave amplitudes vary for different source mechanisms. P-wave amplitudes are largest for explosions, but have much lower amplitudes in the VSF model.
While the arrival times of the phases are independent from the source mechanisms, the P/S amplitude ratio is strongly influenced by the different sources. As shown in Figure 8 for model 2, strong S-waves are excited by the VSF source, while P-wave amplitudes are small. In contrast, the explosion source generates strong P-wave amplitudes, while S-wave amplitudes are significantly weaker. The opening of a vertical crack shows clear P-wave arrivals as well, but amplitudes for the S-waves are still stronger. With the implementation of an additional layer the waveforms become more complex (Figure 7D), but the general findings regarding the influence of the source radiation pattern remain valid (Supplementary Figures S3–S7).
Array Analysis
We proceed in the same way for the array analysis of the synthetics, as for the real observations. As the simulations are run on a 2D subsurface, only the distances from the array stations to the source are relevant. Therefore, we perform the array analysis on a 1D array and we only consider the slowness along the line of stations. The determination of the backazimuth is superfluous, due to the missing dimension.
The absolute slowness values related to the first onsets of the seismic signals are similar for all source types, but they change with the source depth and the subsurface model. The implementation of a low velocity layer close to the surface (model 3) decreases the slowness of the signal onset at the array, especially for shallow sources (Figures 9B,D). The temporal variation of the slowness is controlled by the time difference between P- and S- waves and their amplitude ratio. Generally, with increasing source depth the time difference between P- and S-waves increases, and higher slowness values are observed later in time. The amplitude ratio of both phases determines the transition between these slowness steps (Supplementary Figures S8, S9). Therefore, the shift to higher slowness values for a deep explosion source is observed later than 1.5 s after the arrival of the seismic signal (Figure 9C) and the transition is better described by a continuous upsweep, than a stepwise slowness increase. High S-wave amplitudes excited by the VSF reduce this time lag and the slowness steps of a shallow VSF are similar to the ones determined for the main phase in the monitored data (Figures 9A,B). As seen in the synthetic seismograms for the opening of tensile cracks (Figure 8), the amplitude ratio of P- and S-waves is a combination of both VSF and explosion source. Similar behavior is observed with the array analysis and the slowness increase is generally observed later than for a VSF, but the stepwise slowness increase is more prominent than for an explosion source (Supplementary Figure S10).
[image: Figure 9]FIGURE 9 | Temporal slowness variation of the monitored data (A) together with the variation of the synthetics (B, C and D) and the corresponding seismogram of the central array station. Both synthetics and monitored data are filtered between 0.125 and 3 Hz. The black arrows mark the onset of the seismic signal and further slowness steps. (A) Ground motion after 07.01.19 17:58:31, black arrows correspond to MS. (B) VSF in a depth of 200 m (model 2). (C) Explosion source in a depth of 1800 m (model 3) and (D) VSF in a depth of 200 m (model 3).
Comparison of the Particle Motion
We conducted particle motion analysis of the synthetic data in the RZ-plane in the same way as it was done in Particle Motion of Seismic Data for the monitored dataset, using 1 s time windows around the onset of the signal at each station. In the flat homogeneous model, the particle motion is linearly polarized for distant stations. By considering the difference between the apparent and true incident angle due to reflections and P/SV conversions at the free surface (Müller, 1990), the source depth can be resolved from the incident angle of linearly polarized phases with trigonometric functions. For close stations the particle motion is a superposition of the arriving P- and S-phase and is therefore dependent on the amplitude relation. Explosion signals tend to have a linear polarization of a P-wave while the behavior of the particle motion of VSF-signals is closer to an S-wave polarization. The implementation of the topography causes the height differences of the stations and the source to become more relevant. As a result of the station and source geometry, straight ray paths from source to receiver do not exist for shallow source depths; therefore the polarization is distorted (Neuberg and Pointer, 2000). An exception is the closest station, LIN3, which is located higher or at the same elevation for all considered source depths. The particle motion is shown for the onset at this station (Figure 10). Both a shallow VSF as well as a deep explosion source create a vertical particle motion at LIN3 which is similar to the polarization of the monitored MS. The raypaths for both examples are illustrated in the last column of Figure 10. Particle motion comparable to the observations of the PC is observed for either the opening of a vertical crack or an explosion source at a depth of 600 m. The resulting angle of motion measured to the vertical axis lies within the range of the observations for both possible source mechanisms.
[image: Figure 10]FIGURE 10 | Synthetic particle motion in the RZ-plane of the onset at LIN3 using (model 3). Each tile relates to a time window of 1 s with the radial component on the horizontal axis. The blue dot indicates the start of the time series. The first column on the left refers to the vertical single force (VSF) mechanism, the second to the opening of a tensile, vertical crack and the third depicts the particle motion of an explosion. Each row corresponds to a specific source depth. The green dashed line marks the apparent incident angle calculated for a straight raypath considering the source receiver geometry and the gray dashed line includes the correction for the influence of reflections and wave conversions at the surface (Müller, 1990). The tiles on the right show a shallow VSF and a deep explosion, which both result in a dominating vertical motion.
INTERPRETATION AND DISCUSSION
The results of the monitored signal analysis and synthetic wave modeling performed in this study provide a wealth of data which sheds light on the subsurface conditions leading to gas-and-ash explosions at Santiaguito. Below, following interpretation of the most appropriate velocity structure to explain our observations, we delve into interpreting the cause of seismic observations ascribed to explosive processes at Santiaguito.
Seismic Velocity Structure
The results of dispersion curve inversion indicate that a low velocity layer beneath the seismo-acoustic array exists which agrees with the local stratigraphy of recent lahar deposits above older volcanic units. This interpretation is supported by the low slowness values for the onset of both PC and MS. On a layer boundary the incident angle of a transmitted ray decreases due to Snell’s law (Aki and Richards, 1980) and increases the horizontal velocity; synthetic results of model 3 are in agreement with this observation. The seismo-acoustic array, being located in the valley adjacent to El Brujo lava dome, sits within a veneer of debris resulting from early pyroclastic flows (though not in the last few decades to our knowledge) and recurring rockfall events, further reworked by lahar activity (common in rainy seasons) which promote a low velocity shallow layer. Older lavas from Santa Maria can be seen to extend below the lahar deposit from the edge of the valley, which would exhibit higher seismic velocities, thus leading to the dichotomy in velocity with depth. Similarly, a comparable layered velocity structure may be presented underneath LIN3, but cannot be verified due to the single station deployment.
New Insights Into Explosion Source Mechanisms at Santiaguito
Explosive eruptions have long been studied at Santiaguito, and each of these studies have offered different, yet compatible, pieces of the puzzle to reconstruct the series of processes leading to, and occurring during, explosions. Here, we re-examine contributions of recent key multi-parametric studies (as described in the introduction) and supplement their observations with our findings to expand our understanding of the key underlying processes at Santiaguito.
In the last two decades, magma extrusion has been essentially continuous at Santiaguito (e.g., Johnson et al., 2014), except for the 2015–2016 period of paroxysms (which will not be considered in this discussion). Although continuous, magma extrusion has been cyclic, as revealed by inflation/deflation tilt cycles (Johnson et al., 2014; Lavallée et al., 2015; Hornby et al., 2019b) and upheaval/subsidence cycles of the dome surface (Johnson et al., 2008; Scharff et al., 2012; Zorn et al., 2020). Such pulsatory discharge is common at open-vent volcanoes and has been ascribed to contributions from non-linear evolution of magma rheology (Melnik and Sparks, 1999, 2005), a rate-dependence of shallow faulting processes (e.g., Iverson, 2008; Costa et al., 2012; Kendrick et al., 2014), changes in the plumbing system’s geometry (Costa et al., 2007; Thomas and Neuberg, 2012), and non-linear gas flow and pressure development across the magmatic column (Michaut et al., 2013). At Santiaguito, the inflation/deflation cycles and the eruptive dilemma of gas-and-ash explosion vs. gas emission have been linked to gas pulses through the conduit (Johnson et al., 2014; Lavallée et al., 2015). Yet, questions remain as to whether the explosions are caused by magmatic fragmentation due to pore fluid overpressure exceeding the relaxation rate of magma (e.g. Dingwell, 1996; Spieler et al., 2004) or whether the underlying fragmentation is associated with faults via cataclasis (Bluth and Rose, 2004; Hornby et al., 2019a) or shear-heating-related thermal vesiculation (Lavallée et al., 2015).
The permeable flushing of fluids through the magmatic column would provide the impetus for both magmatic fragmentation and faulting by increasing pore pressure, buoyancy and shear stresses. The generally dense nature of the Santiaguito lava dome means that large pore overpressure is required to trigger fragmentation (e.g., Spieler et al., 2004). In such cases, we may expect large parts of the dome to be excavated during explosions; yet, the small to moderate gas-and-ash explosions tend to develop along persistently active faults and leave the dome rather intact. Hence it has been suggested that explosions may show a better affinity to localized fault activity (Bluth and Rose, 2004; Holland et al., 2011), whereby sacrificial fragmentation along faults (i.e. cataclasis) frees space for outgassing and thus prolongs the structural stability of the dome (Lavallée et al., 2015; Hornby et al., 2019a). Rheological modeling of Santiaguito magma by Holland et al., (2011) suggests that the conditions for shear rupture are met in the shallow conduit at ca. 150–600 m depth, which agrees with the depth estimated from tilt signals (Sanderson et al., 2010; Johnson et al., 2014).
These complementary studies advanced that fracture opening would lead to gas-and-ash explosions, releasing pressure, which once concluded, would allow fracture healing and pressure build-up until the next explosion or gas emission. Here we stress that fracture healing would be difficult to achieve for such crystal-rich, high-viscosity magmas during inter-explosion timescales (cf. Yoshimura and Nakamura, 2010; Lamur et al., 2019) though it may be possible that fracture closure alone is sufficient to shut permeability (e.g., Lamur et al., 2017) and promote fluid pressure build-up until the next explosion. Faults, even in shear zones, generally develop via the nucleation, propagation and coalescence of tensile fractures (e.g., Kilburn, 2003; Lavallée et al., 2013), which may then slip if sufficient shear stress remains following rupture. As such, Hornby et al., (2019b) investigated how Santiaguito lava may rupture in tension as a function of rate, based on the observation that gas-and-ash explosions and gas emissions occur following inflation at contrasting strain rates (e.g., Lavallée et al., 2015). Hornby et al., (2019b) showed that an increased strain rate results in a reduction in strain to failure and enhanced strain localization. So, they posit whether tensile fractures are likely to develop top-down or bottom-up. Top-down may be envisaged when considering that magma viscosity and brittleness increase toward the surface, however bottom-up fracture propagation may be favored when a pressure source develops at depth.
The results of our study, and in particular the source mechanism of the precursory signal (PC), may shed light on the nucleation of fractures in magma at El Caliente. We constrained that PCs are likely triggered at a depth of ca. 600 m, which sits below or at the deeper end of the explosion depths estimated by Johnson et al., (2014) and Holland et al., (2011), respectively. The comparison of synthetics and monitored seismic signals suggest that the PCs likely result from the opening of a vertical tensile fracture or from an explosion. Thus here, we hypothesize that PCs originate from the development of a tensile fracture, vertically propagating upward from a depth of ∼600 m. Varying incident angles and durations of the PCs may be attributed to small depth variations of the fracture nucleus. We hypothesize, that after the initial crack opening at 600 m depth the crack will coalesce with adjacent fractures (as commonly observed during magma rupture; Lavallée et al., 2013). Gas and ash can then rush through the developing fracture network and pore pressure builds up until the overpressure is sufficient (at shallower depth) to fragment magma via faulting and/or magmatic fragmentation where the pressurized magma locally experiences lower pressure (triggered by fault opening). This fragmentation would then lead to the generation of the main seismic signal (MS). In this scenario, the time for the tensile fracture to open, and for gas transfer between the locus of nucleation (∼600 m) and the point of fragmentation (∼200 m) could be determined by estimating the true time offset of PC and MS at the source from the commonly 4 s arrival time gap between PC and MS at station LIN3. According to the geometry of sources and station, the travel time difference is lower than 0.5 s. Hence, considering the variation of precursor duration, we obtain a time gap of approximately 4 s in which the fracture ruptures and the gas migrates upward to shallow depth until the gas pressure overcomes the lithospheric load.
Analysis of the main component of the seismicity (MS) associated with explosions indicated an initial vertical particle motion rapidly followed by changes in motion direction, without polarization. Wave propagation modeling suggests that the vertical particle motion could either be caused by a deep (1800 m) explosion source or a shallow (<200 m) vertical single force (VSF). The temporal slowness variation of synthetics from a shallow source shows similarities with the field measurements and thus supports a shallow source location. Shallow VSF models have been proposed in the past to explain the source mechanisms of volcanic explosions (Ohminato et al., 2006; Zobin et al., 2006; Zobin et al., 2008). Furthermore, the short (<0.5 s) time difference of MS arrival at LIN3 and the acoustic origin time (related to sudden gas and ash rise) is in agreement with this suggestion. The plethora of observations presented here (from others and this study) ascribe the source of explosive eruption at Santiaguito to the shallow magmatic column. Thus, it is highly unlikely that fragmentation depth is at 1800 m depth and thus deeper than the source of the precursory signal at ∼600 m. As such, we propose that MS are likely associated with shallow VSF-driven processes, which could be associated with the recoil following rapid uplift of the dome in a plug-like flow against marginal shear faults, triggered by the burst of gas flushing through the upward propagating vertical crack at 600 m (leading to PC). This faulting activity could promote fault-related fragmentation (e.g., Lavallée et al., 2015), contributing to the generation of gas and ash. From the point at which MS is triggered, the gas-and-ash mixture would travel at extremely rapid speed, as indicated by the short time gap (<0.5 s) between MS and the acoustic signals (associated with ejection into the atmosphere). The proposed source mechanism for explosions at Santiaguito is summarized in Figure 11.
[image: Figure 11]FIGURE 11 | Proposed source mechanism of weak-to-moderate explosions at Santiaguito: 1) gas accumulates at a depth of ∼600 m and causes the dome to inflate (positive tilt). 2) The increased gas pressure causes fracture nucleation and the seismicity related to the opening of tensile fractures is attributed to the PC signal described in this study. 3) As fractures propagate upwards and unzip, gas rapidly rises increasing the pressure below the shallow magma plug. 4) With the propagation of tensile fractures into the shallow plug, they intersect with existing fractures and cause fault-slip controlled uplift of the plug. The recoil of the rapid upward motion of mass may cause a downward directed VSF, which is consistent with our findings for the MS. 5) Gas and ash is ejected at the crater surface. 6) In the post eruptive phase the plug subsides and the volcano edifice deflates (negative tilt). Shutting fractures in the volcano interior decreases the permeability for gas rise and the activity at the crater is characterized by weak outgassing.
CONCLUSION
This study combined visual, acoustic and seismic information with numerical modeling in order to determine source characteristics of seismic explosions at Santiaguito volcano. We showed that 2D numerical modeling in areas with a strong varying topography provides important constraints for the interpretation of observed natural seismic signals. Analysis of the seismic record associated with explosions showed that the events are associated with two contrasting signals: a weak precursory seismic signal, 2–6 s prior to the explosions, and main seismic signal associated with gas-and-ash ejection. To resolve the source location and origin of the seismic signals, we first used ambient noise analysis at the array to assess seismic velocities in the subsurface and then used two-dimensional spectral element modeling (SPECFEM2D) to constrain the source trigger mechanism.
Ambient noise measurements were first used to define the velocity structure of the subsurface. This indicated the presence of a low velocity layer with an S-wave velocity of 650 m/s in the uppermost 120 m below the array, which may be related to surficial debris from rockfalls and pyroclastic deposits. Below 120 m, our analysis suggests a halfspace containing rocks with a higher S-wave velocity of 2,650 m/s, associated with coherent lavas.
Two-dimensional spectral element modeling (SPECFEM2D) was employed to simulate seismic waveforms and assess the source mechanism for these two signals. The particle motion of the observed precursor at the closest station LIN3, shows similarities to an explosion source or to the opening of tensile cracks at a depth of around 600 m. In contrast, the vertical polarization observed at the onset of the main seismic signal may be attributed to either a shallow vertical single force or a deep explosion. As the time difference between the main signal (at the most proximal station) and the gas-and-ash ejection is short, we reject the likelihood of a deep explosion source and conclude that the main signals originate at shallow (∼200 m) depth from a vertical single force associated with the explosion.
Using the constraint imposed by the modeled source mechanisms for the precursory and main signals, our preferred interpretation for the sequence of processes taking place at Santiaguito, leading to an explosion is: during magma pressurization at shallow depth, a tensile crack opens at a depth of around 600 m, which leads to the localization and intensification of gas rise and pressurization rate. The associated gas migration results in overpressure at shallow depth (∼200 m), causing rupture of the dome. Uplift of the dome along shear faults, which undergo cataclasis and fragmentation, widens permeable pathways to permit the sudden expulsion of gas and ash through the fracture. Once the explosion concludes, pore pressure is lost, the fracture shuts and the plug relaxes until gas influx causes the cycle to start anew. This integrated study of eruption dynamic at Santiaguito points toward a bottom-up series of magma-gas interaction processes, including, rupture, gas flow and accumulation and fragmentation, leading to gas-and-ash explosions. More simultaneous observations at multiple arrays are needed to further constrain the preparatory and explosion phase at Santiaguito to further constrain the mechanisms and time evolution during an eruption. We speculate that similar mechanisms happen at other volcanoes exhibiting domes with ash-gas rich explosions, but high resolution near field array measurements are needed to detect and analyze weak precursory seismic signals. However, we have shown that careful analysis of weak precursory signals provides valuable constraints for the source processes at Santiaguito volcano. Similar studies should be carried out at other dome complexes exhibiting gas-and ash rich explosions, to develop a physical based model that takes into account the time evolution of the explosion process.
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A half century of monitoring of the Northern Volcanic Zone of Iceland, a branch of the North America—Eurasia plate boundary, shows that the seismicity is very unevenly distributed, both in time and space. The four central volcanoes at the boundary, Þeistareykir, Krafla, Fremrinámar, and Askja, show persistent but very low-level seismicity, spatially coinciding with their high-temperature geothermal systems. On their rift structures, on the other hand, seismicity is almost absent, except during rifting episodes. Krafla went through a rifting episode in 1975–1984 with inflation, interrupted by 20 diking events with extensive rifting, eruptive activity, and intense seismicity along an 80 km long section of the rift. During inflation periods, the seismicity was contained within the caldera of the volcano, reflecting the inflation level of the magma chamber. Diking events were marked by seismicity propagating away from the volcano into the fissure swarms to the south or north of the volcano, accompanied by rapid deflation of the caldera magma chamber. These events lasted from 1 day to 3 months, and the dike length varied between 1 and 60 km. The area around the Askja volcano is the only section of the Northern Volcanic Zone that shows persistent moderate seismicity. The largest events are located between fissure swarms of adjacent volcanic systems. Detailed relative locations of hypocenters reveal a system of vertical strike-slip faults, forming a conjugate system consistent with minimum principal stress in the direction of spreading across the plate boundary. A diking event into the lower crust was identified in the adjacent fissure swarm at Upptyppingar in 2007–2008. Four nests of anomalously deep earthquakes (10–34 km) have been identified in the Askja region, apparently associated with the movements of magma well below the brittle-ductile transition. Several processes have been pointed out as possible causes of earthquakes in the deformation zone around the plate boundary. These include inflation and deflation of central volcanoes, intrusion of propagating dikes, both laterally and vertically, strike-slip faulting on conjugate fault systems between overlapping fissure swarms, migration of magma in the lower, ductile crust, and geothermal heat mining.
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INTRODUCTION

Volcanism in Iceland has its roots in two different processes. The mid-Atlantic plate boundary runs through the country, separating two of the largest lithospheric plates, the North America and the Eurasia plates and spreading at a rate of about 19 mm/year (e.g., Árnadóttir et al., 2009). At the same time the area is a hotspot fed by a mantle plume centered on the central highlands of Iceland but affecting an area much larger than the present extent of the country (e.g., Wolfe et al., 1997). The two processes interact and lead to a high rate of eruptions from about 30 different and active volcanic systems. The rate fluctuates within the range of 20–50 eruptions per century, with 22 eruptions in the last 50 years, for example (Einarsson, 2018). Running a modern society in a highly active area requires substantial monitoring effort. In Iceland the effort is based to a large extent on a combination of two methods to track the pathways and storage of magma in the crust, seismic monitoring and surface deformation studies (Sturkell et al., 2006; Einarsson, 2018; Sigmundsson et al., 2018). The first step in the detection strategy is to identify the volcanic systems that are preparing for an eruption. This includes detecting deviation in behavior from the long-term background seismicity. This is not a trivial task in the tectonic environment of an active plate boundary, where earthquakes are common (Pedersen et al., 2007). Long time series are essential. Once the active systems are identified the next step is to install instrumentation to detect the pressure changes and magma movements within the systems. Fortunately, most of the 30 volcanic systems that have been active in the Holocene are in a passive state at present and do not require intensive attention. The last step in the monitoring and warning process requires the ability to detect and correctly identify the short-term precursors to the initiation of an eruption. This last phase of the precursory activity, when the magma breaks out of its storage volume and propagates toward the surface, is marked by intensified seismic activity and rapid crustal movements. All eruptions in the last few decades in Iceland have been preceded by such detectable short-term precursors, and in 2/3 of the cases they have led to a warning to the public before the eruption broke out (Einarsson, 2018).

In the present paper, we intend to give an overview of the long-term seismic behavior of one branch of the volcanically active zones of Iceland, the Northern Volcanic Zone (Figure 1), based on the experience of the last several decades, or since sensitive seismic instrumentation was installed, mostly in the early seventies. This zone includes the volcanic systems of Þeistareykir, Krafla, Fremrinámar, and Askja, all of which show different seismic characteristics. Krafla went through an episode of magmatic rifting in the period 1975–1984 with many lateral dike intrusions, nine basaltic fissure eruptions, and extensive surface rifting. The Askja area has persistent, intermediate-level seismicity that has been ascribed to several different tectonic and magmatic processes in the crust. All the systems have low-level, persistent seismicity that correlates spatially with the surface manifestation of hydrothermal systems.
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FIGURE 1. The Northern Volcanic Zone of Iceland. Volcanic systems are shown (Hjartardóttir et al., 2012), usually named by the main central volcano: Þ Þeistareykir, K Krafla, F Fremrinámar, A Askja, and Kv Kverkfjöll. Their respective fissure swarms (or rift zones) are shown in yellow. Epicenters of earthquakes for the period 1995–2020, shown with black and red dots, are from the Icelandic Meteorological Office. Black dots are epicenters of the period 1995–2010 and M ≥ 2.0, and red dots are events of 2011–2020 with M ≥ 1.5. Shown are the Northern, Eastern, and Western Volcanic Zones (NVZ, EVZ, and WVZ), the Reykjanes Peninsula Rift (RPR), the South Iceland Seismic Zone (SISZ), the Grímsey Oblique Rift (GOR), and the Hreppar Microplate (Hr). Digital elevation and bathymetric models from the National Land Survey of Iceland and the Hydrographic Survey of the Icelandic Coast Guard. Seismic stations are shown with triangles, red for the Krafla period 1974–1994 and black for the digital stations 1995–2020.




VOLCANIC ZONES AND VOLCANIC SYSTEMS OF ICELAND

A good part of the volcanism in Iceland takes place at or near the mid-Atlantic plate boundary. As it crosses the Iceland platform, the plate boundary breaks up into a series of segments, rifts, transforms and oblique segments. In some places the boundary branches out and small microplates or tectonic blocks are formed that may move independently of the large plates. The spreading across the plate boundary in South Iceland is divided between two sub-parallel branches, the Western and Eastern Volcanic Zones. The two zones are connected by a transform zone, the South Iceland Seismic Zone. Together with the Central Iceland Volcanic Zone these branches demarcate a microplate, the Hreppar Microplate (Einarsson, 2008), a diamond-shaped, 100 × 100 km crustal block that appears to move independently of the major plates. The 19 mm/year total spreading rate is partitioned unevenly among the two divergent branches (Sigmundsson et al., 1995; La Femina et al., 2005), about one-fifth taken up by the western branch and the rest by the eastern branch. The plate divergence in the northern part of Iceland takes place along a single boundary, the Northern Volcanic Zone (e.g., Drouin et al., 2017a). Oblique segments also exist and contain volcanism and strike-slip tectonism in close proximity to each other. The Reykjanes Peninsula Rift (RPR) and the offshore Grímsey Oblique Rift (GOR) are examples of this type. The structure of the divergent branches of the boundary is characterized by rifting. Normal faults, fissures, and eruptive fissures are abundant and are arranged into swarms that form volcanic systems together with one or two central volcanoes, where the volcanic activity is more concentrated than elsewhere (Saemundsson, 1974, 1978).

In addition to the plate boundary volcanism there are three zones of intraplate volcanism, or flank zones. The Snaefellsnes Volcanic Zone, the South Iceland group of volcanoes, and the Öraefajökull-Snaefell zone located east of the Eastern Volcanic Zone.

Note on terminology: The term “fissure swarm” in Iceland is used for an array of fissures and normal faults. Similar structure is called “rift zone” in other areas, e.g., in Hawaii. A “rift zone” in Iceland consists of several volcanic systems, i.e., several subparallel fissure swarms.



THE NORTHERN VOLCANIC ZONE

This branch of the plate boundary separates the two major plates, the North America and the Eurasia plates. The vector of plate separation is slightly oblique to the trend of the zone, so the volcanic systems are arranged en echelon. Most of the swarms extend along a large portion of the zone, so crossing the boundary one may have to cross a 50 km wide deformation zone with four or five semi-parallel fissure swarms. This means that the total plate velocity is partitioned between several fissure swarms and is not taken up by only one. The principal volcanic systems are Þeistareykir, Krafla, Fremrinámar, and Askja, all accompanied by impressive fissure swarms (Saemundsson, 1974; Hjartardóttir et al., 2016a). Sometimes two more are added to the list, Heiðarsporður and Hrúthálsar, both with traces of evolved rocks but limited fissure swarms (Saemundsson, 1991).

The seismicity of the Icelandic rift zones is highly clustered, both in time and space (Einarsson, 1991a). Most of the seismicity occurs at the central volcanoes, whereas the fissure swarms are generally very quiet. And the seismicity of the central volcanoes is only moderate, except during major volcano-tectonic events or episodes. Thus, the background seismicity of the Northern Volcanic Zone for the last few decades has been characterized by weak seismicity of the main central volcanoes and moderate seismicity of an area east of the Askja volcano, 15 × 20 km in dimensions. The main fissure swarms of the rift, with their impressive normal faults and fissures, are seismically virtually inactive, however, even at the microearthquake level. The weak seismicity of the central volcanoes of Þeistareykir, Fremrinámar, and part of the Askja activity, appears to be spatially linked with the high-temperature geothermal areas of these volcanoes. Geothermal heat mining and cooling contraction, or other geothermal processes, may be responsible for this seismicity (Einarsson, 1991a). It is also noteworthy that silicic rocks are associated with these sites and may play a part in the causal process.

The most significant seismic activity of the Northern Volcanic Zone in the last decades took place in two areas: The Krafla volcanic system during the major magmato-tectonic events of 1975–1984 and in the Askja area persistently during the whole period of observations. These events will be discussed in Sections Krafla and Askja, respectively.

The monitoring capacity for earthquakes in the Northern Volcanic Zone has improved greatly during the last half century. An overview of the history of the seismograph system is given by Einarsson and Jakobsson (2020). The first network in North Iceland with the capability to distinguish between the activities of different volcanoes was installed in 1974, just in time to detect the beginning of the Krafla rifting episode (Einarsson, 2018). The network had 6–11 stations within 80 km distance from Krafla (Figure 1), and earthquakes down to magnitude 2 could be located with uncertainties less than 1–2 km (Einarsson, 1991a). The network was augmented by portable seismographs during critical times if conditions allowed, which was not very often. The studies of S-wave attenuation (Einarsson, 1978) and of the swarms of September 1977 and July 1980 (Brandsdóttir and Einarsson, 1979; Einarsson and Brandsdóttir, 1980) were done with a network with a few extra stations added to the permanent network. The hypocentral locations were calculated by inversion programs like HYPOELLIPSE by Lahr and Ward (1976) and subsequent inversion programs developed at the USGS in Menlo Park, CA. Crustal velocity structure was based on the extensive work of Pálmason (1963) and calibrated with explosions in a crater lake (Einarsson, 1978). The accuracy of depth determinations was uneven within the network. Close to the seismic stations the uncertainty was of the order of 1 km, but farther away it was not so good. Therefore, the depth determination of activity close to the central volcano and the southern fissure swarm was good, but in a large part of the uninhabited northern fissure swarm the depth is not well constrained.

The first epicentral maps for the whole zone reveal the clustered seismic activity, with most of the background seismicity occurring in the central volcanoes (Einarsson, 1991a). It also showed the unexplained persistent seismic activity in the volcanic zone east of the Askja volcano.

After 1990, the seismic network in the country was gradually replaced by a digital, semi-automated network (Stefánsson et al., 1993) (Figure 1), and the last analog seismograph station was decommissioned in 2010. The Askja seismicity attracted attention, and in 2005 and following years, the permanent network was augmented with temporary stations around Askja, by initiative from Cambridge University. The level of detection was lowered by up to two magnitude units (Greenfield et al., 2018), with a stream of research papers on this remarkable cluster of activity within the Northern Volcanic Zone (e.g., Soosalu et al., 2009; White et al., 2011; Green et al., 2014, 2015).


Krafla

The Krafla volcanic system consists of a central volcano with a 10 × 8 km caldera of about 110 ka age, partly buried by later lavas (Saemundsson, 1991; Rooyakkers et al., 2020). The caldera is transected by fissure swarms that extend about 45 km to the south and 60 km to the north of the volcano, subparallel to the plate boundary. The only known previous historic rifting episode occurred in 1724–1746, with extensive rifting, apparently mainly in the southern fissure swarm, and several fissure eruptions in the caldera and southern fissure swarm (Saemundsson, 1991; Hjartardóttir et al., 2012). The big lessons in volcano seismicity were provided by the Krafla magmatic episode that occurred in 1974–1989 (Björnsson et al., 1977; Tryggvason, 1984; Einarsson, 1991b; Buck et al., 2006). During this time interval about twenty inflation-deflation cycles of the Krafla central volcano were detected (Figure 2 and Table 1). During inflation of the central volcano the seismicity was limited to the caldera (Figure 3) and generally increased toward the end of the inflation phase. In several cases it can be demonstrated to follow the Kaiser effect (Heimisson et al., 2015), i.e., the seismicity was at a minimum until the inflation level exceeded the maximum level of the previous inflation. Then, it increased abruptly. An important corollary is that inflation and deflation of a caldera can occur without significant or detectable change in seismicity. This range of aseismic inflation-deflation was of the order of one meter vertical displacement at the center. A high proportion of the caldera earthquakes showed anomalously small S-waves, indicative of S-wave shadowing by a magma body (Einarsson, 1978), later confirmed by seismic profiling and seismic imaging of the caldera (Brandsdóttir and Menke, 1992; Schuler et al., 2015). Most of the caldera earthquakes originated in the uppermost 3 km of the crust, below which an aseismic layer extended to a depth of 7 km. Several earthquakes at 7 km depth delivered S-waves to regional seismic stations, indicating a bottom to the attenuating body (Einarsson, 1978).
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FIGURE 2. Timeline of the Krafla rifting episode. (A) Distance of the rifting section of the fissure swarm during deflation of the caldera. Red bars indicate the occurrence and location of eruptions. (B) Elevation of the caldera center (modified from Einarsson, 1991b, and Wright et al., 2012). The graph is based on data from leveling, interpolated with the help of a water level tilt meter record. The activity ended with the Krafla volcano in an inflated state.



TABLE 1. Dikes and deflation events of the Krafla episode.
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FIGURE 3. Maps of epicenters during inflation periods of Krafla 1975–1984 in blue (A) and during deflation periods of the caldera in red (B). Focal mechanism of the Kópasker earthquake (MS 6.4) that occurred at the rift-transform intersection during the first rifting event is shown (Einarsson, 1986). Seismic stations are shown with red triangles in (A). Digital elevation and bathymetric models from the National Land Survey of Iceland and the Hydrographic Survey of the Icelandic Coast Guard.


During the deflation part of the cycle, the fissure swarm was activated (Figure 3) with propagating earthquakes and large-scale rifting (Brandsdóttir and Einarsson, 1979; Einarsson and Brandsdóttir, 1980).

The activity can be divided into phases, each of which was accompanied by characteristic seismicity.


The Preparatory Phase, 1974–1975

A newly installed seismograph system began picking up events originating within the caldera of Krafla in the winter of 1974–1975. This was unexpected. No significant activity had been known there before, and the increase was confirmed by local residents who had never before felt local earthquakes. This increase was limited to the caldera. The issue was politically very sensitive because a new and controversial power station was under construction within the caldera.



The Initial Rifting Event, December 1975–March 1976

A new phase of the activity began suddenly on December 20 when a small basaltic fissure eruption broke out in the center of the caldera, preceded by only 15 min of intense earthquake activity (Einarsson, 2018) that was detected by seismic stations throughout Iceland. The earthquake activity soon propagated out of the caldera, first to the south and then to the north. The eruption then came to an end, and only lasted about 2 h. The activity south of the caldera lasted a few hours, but the earthquakes north of the caldera kept propagating for several days until they reached the intersection of the fissure swarm with the Grímsey Oblique Rift offshore. All together about 60 km section of the fissure swarms was activated in this event. The earthquakes continued, however, and so did the deflation of the caldera. Large-scale rifting was observed along the northern end of the fissure swarm.

On January 13 a magnitude 6.4 earthquake occurred offshore at the intersection with the Grímsey Oblique Rift. The focal mechanism indicated strike-slip faulting (Einarsson, 1986, 1987). The earthquake caused considerable damage in the surrounding area, particularly in the Kópasker village. The earthquake was clearly triggered by the widening of the Krafla fissure swarm that was still going on immediately to the south (e.g., Passarelli et al., 2013).

The initial rifting event ended in March, both the deflation of the caldera and the earthquake swarm and rifting at the northern end of the fissure swarm. Soon after that the caldera began inflating.



Intrusive Activity North of the Caldera, September 1976–January 1977

The re-inflation of the caldera was an indication that the activity at Krafla had not come to an end. This was confirmed when earthquake activity in the caldera began increasing in the summer of 1976 (Björnsson et al., 1977; Heimisson et al., 2015). The number of detected earthquakes in the caldera increased from a few events per day to more than a hundred. This activity suddenly stopped in September, when the caldera began to slowly subside. A flurry of earthquakes was detected in the fissure swarm north of the caldera indicating an intrusion in that area. This event only lasted five days and the caldera started inflating again. Much more dramatic intrusive activity followed, in October 1976 and January 1977, after the inflation level in the caldera had reached and exceeded the previous maxima, reached before the September deflation. This activity was accompanied by intense earthquake swarms and surface rifting in the northern fissure swarm.



Intrusive Activity in the Southern Fissure Swarm, April and September 1977

The caldera seismicity was very low after the deflation of January 1977, only a few detected events per day. It remained low despite re-inflation of the caldera. When the inflation level exceeded the previous maximum, however, the seismicity increased rather abruptly. The inflation continued for about two months until finally the magma storage was ruptured, and a dike began propagating from the caldera into the southern fissure swarm. A small eruption began at the northern caldera rim but stopped as soon as the dike began propagating. Extensive surface rifting occurred inside the caldera as well as in the southern fissure swarm (Figure 4).
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FIGURE 4. Epicenters during intrusive activity in the fissure swarms of Krafla in April and September 1977, and July 1978 (A); January and November 1978, and February 1980 (B); May 1979, and March and July 1980 (C). The caldera rims of Krafla and the outlines of the central volcanoes are shown for reference. Red lines within the caldera show the outlines of the S-wave shadows (Einarsson, 1978). Faults and fissures are from Hjartardóttir et al. (2016b). Red lines are eruptive fissures. Digital elevation model from the National Land Survey of Iceland.


Inflation of the caldera set in as soon as the April dike became inactive. This inflation (about 1 m, Figure 2) was aseismic and continued until the level of the previous inflation was almost reached. Then, a new diking event began rather abruptly with a small eruption at the northern caldera rim, in the same place as in the previous diking event. The eruption lasted about 2 h. Also this time, the dike propagated southwards, and the eruption came to an end (Brandsdóttir and Einarsson, 1979). A unique event took place when the dike had propagated through the Bjarnarflag geothermal area about 10 km south of the caldera. One of the drillholes used for power production erupted, punctured a steam pipe, and erupted a few tons of basaltic pumice for a while (Larsen et al., 1979). The dike did not propagate as far as the one in April (Figure 4), but extensive surface rifting was observed in the fissure swarm. The diatomite factory at Bjarnarflag was seriously damaged by the surface ruptures. The hypocentral depth of the earthquakes in the swarms of April and September was also consistent with a shallow intrusion. They occurred down to 3–4 km.

The dike intrusions of 1977 into the southern fissure swarm were accompanied by surface rifting and crustal extension within the caldera. The subsequent inflation of the caldera did therefore not lead to earthquake activity at the same inflation level as before. The correlation between the inflation and earthquake activity in the caldera became weaker (Heimisson et al., 2015).



Intrusions in the Northern Fissure Swarm, 1978–1979

The inflation following the southern intrusions of 1977 by far exceeded the previous maximum level and was interrupted only by a small deflation event in November. In the beginning of the year 1978 the rate of inflation had decreased, and the caldera seismicity was low. A debate about the possible end of the activity was quickly silenced on January 6th when a new intrusion event began with a slow deflation at the caldera. The rate quickly increased, and earthquakes propagated into the northern fissure swarm. This event turned into the second largest dike intrusion of the Krafla rifting episode, in terms of volume, distance, and duration (Table 1). No eruption accompanied this intrusion but rifting occurred near the distal end of the dike, where it cut the main road. A re-measurement of a leveling profile there shows that the rifting has the form of a graben of 7 km width that subsided 1.2 m. The flanks were uplifted by 0.5 m (Sigurdsson, 1980; Hjartardóttir et al., 2012).

Similar events took place in July and November 1978, and May 1979 (Einarsson and Brandsdóttir, 1980). They were all accompanied by similar amount of deflation, 60–70 cm. The length of the dike became progressively shorter, however, and the surface rifting took place in different parts of the northern fissure swarm (Figure 4). No eruptions occurred but one drill hole within the caldera got clogged during the May 1979 intrusion. Repair and clearing of the hole revealed fresh basaltic glass.



Intrusions Into the Southern Fissure Swarm, February and March 1980

Inflation during the next seven months was interrupted by a small episode of slow deflation in the beginning of December 1979. A few small earthquakes at the southern caldera rim indicated that magma may have migrated a short distance to the south during this deflation. Inflation resumed and continued until February 10 when a new deflation event began with a swarm of small earthquakes south of the southern caldera rim (Figure 4). The activity slowly migrated southwards with varying intensity. The hypocenters of these earthquakes were unusually deep, between 5 and 7 km, deeper than during the intrusions in the same area in 1977. Very little surface rifting was observed. Apparently, this dike was intruding below the dikes formed in 1977. After ten days of deflation the caldera began inflating again.

The elevation of the caldera just about reached the previous maximum when a new deflation event began rather abruptly on March 16. This time the course of events was very rapid. The rate of deflation was unusually high and vigorous spasmodic tremor was recorded on the seismograph network with increasing amplitude, accompanied by earthquakes. An eruption broke out on a fissure within the caldera 65 min after the beginning of the deflation. The erupting fissure propagated toward the north, and in 25 min, it had attained a length of 4.5 km. The opening of the fissure was not accompanied by any noticeable increase in seismic activity. The earthquakes kept propagating to the north, however, at least for 5 more kilometers. Then, the events took an unexpected course. A new dike began propagating southwards from the caldera with larger earthquakes than before, exceeding magnitude 3 (Figure 4). This dike followed the same path as the February dike, but at shallower level. The eruption vigor decreased when the new dike began propagating and came to an end. The volume of this eruption was small, but still considerably larger than the three previous eruptions of the episode. It marked the end of the primarily intrusive part of the Krafla magmato-tectonic episode.



Eruption Phase, July and October 1980, January and November 1981, and September 1984

The remaining deflation events at Krafla were mostly eruptive, i.e., most of the mobilized magma found its way to the surface to feed eruption on long fissures within the caldera and adjacent northern fissure swarm. The only exception was a small deflation event in December 1980 when magma apparently was injected into the northern fissure swarm. The five eruptions shared several characteristics, even though the time scale and rate of change were variable. The beginning of the deflation was indistinguishable from what was observed in previous intrusive events. It was not until the dike approached the surface that a difference in seismicity was noticeable. Often low-frequency earthquakes were the last signal that an eruption was about to break out (Einarsson, 2018). Usually, the earthquake activity decreased markedly when the eruption began and remained low during the eruption. The eruptive fissures of two of the eruptions (July 1980 and January 1981) were 4 and 2 km long, respectively, and located 5–7 km north of the caldera. The other three eruptions took place on much longer fissures, extending from the center of the caldera and 8–9 km to the north. The eruptions were most vigorous during the first day and then declined quickly. The activity concentrated on one or very few craters and faded out in 5–8 days. The last eruption (September 4–18, 1984) was an exception. The first few days it behaved like the previous eruptions, but after the activity had been limited to one crater the vigor of the eruption began to increase. This increase continued until the 14th day of the eruption when it suddenly ended.



Inflation, 1984–1989

The Krafla volcano began inflating again when the eruption of September 1984 was over. The inflation continued intermittently for several years, until 1989. The inflation was accompanied by a persistent background of small earthquakes, rarely exceeding magnitude 2, showing heterogeneous stress, with horizontal shear, extensional and compressional sources in close juxtaposition. A part of these events had sources with a large non-double couple component (Foulger et al., 1989). By 1989, the inflation had exceeded the level reached before the 1984 eruption (Sturkell et al., 2008). Since then, a slow deflation has been the main characteristic of the crustal deformation of the volcano, most likely reflecting gradual cooling of the caldera crustal volume and harnessing of the geothermal system (Drouin et al., 2017b). The seismicity of Krafla during this phase of slow deflation has been low, similar to that of other central volcanoes of the zone with a geothermal system, Þeistareykir, Fremrinámar and Askja, with a couple of events per year of magnitude 2 and larger.



General Pattern

The course of events was governed by magma chamber inflation that continued for at least 15 years (Figure 2), interrupted by about 20 short deflation events when magma escaped from the holding chamber in the middle of the caldera and formed a dike that propagated along the fissure swarms, either to the north, the south, or both (Table 1) (Buck et al., 2006; Wright et al., 2012). These events were of variable magnitude, even though the deformation pattern in the caldera was the same. The shape of the deformation indicates a depth to the pressure source of about 3 km (Johnsen et al., 1980; Tryggvason, 1980). Thus, since the shape of the deformation field was unchanged, the relative size of the deflation events may be quantified by the total vertical displacement in the center of deflation that coincided with the center of the caldera and scales linearly with the volume of the deflation. The central maximum subsidence ranged between 3 and 203 cm (Table 1). Similarly, the final length of the dike that was formed in the fissure swarms ranged between a few km and 60 km (Figure 2). The seismicity changed dramatically during these deflation events. The caldera seismicity stopped instantaneously when the deflation began (Figure 3). Then, a flurry of events began near the caldera, propagating outward along the fissure swarm (Hjartardóttir et al., 2012). The speed of propagation was high in the beginning but slowed down as the distance from the caldera increased, see Figure 5 (Einarsson and Brandsdóttir, 1980). The rate of deflation followed the same pattern, was high in the beginning and then slowing down. The magnitude of the fissure swarm earthquakes increased as the swarm progressed and formed a cluster in a particular part of the fissure swarm, where large scale surface rifting was also observed in the largest events. The maximum speed of propagation was quite variable between deflation events, ranging between 0.2 and 1.8 m/s (Table 1). The duration of the deflation events was also quite variable, between one day and three months.
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FIGURE 5. Propagation of seismicity from the Krafla caldera during the swarms of 1977–1980, see Figure 4. The latitude of the epicenters is plotted as function of time during the first 24 h of each swarm.


The dikes reached the surface in nine of the cases, producing eruptions of basaltic lava from fissures of variable length, up to 9 km (Saemundsson, 1991). The first three eruptions were tiny, almost like geological accidents. The fourth eruption was slightly larger but of short duration. The volume of all these four eruptions was only a very small fraction of the volume of the dike or the deflation bowl. A new stage was reached with the eruption in July 1980. Then, most of the mobilized magma appears to have reached the surface. A good fraction of it flowed back into open fissures, however, and caused secondary rifting. The fissure that received the lava dilated and extended in both directions. Apparently, a dike was formed, fed from the surface, a phenomenon observed here for the first time. The flow into the fissures lasted at least 18 h, and for several of those hours, the whole lava production went this way. Subsequent dikes also led to eruptions. The largest one was the last event in this remarkable sequence. All the eruptions except the first one were anticipated or predicted based on the combination of deformation and seismicity, and the warnings were issued to the local population before them (Einarsson, 2018).

During injection of dikes outside the caldera the deflation of the caldera was generally accompanied by very low caldera seismicity, sometimes with almost no detectable caldera earthquakes. Only in the two largest deflation events was there a detectable increase in the caldera seismicity. Earthquakes as large as mb 5 occurred during the first deflation event (Einarsson, 1986), and a slight increase in small earthquakes was detected toward the end of the deflation event of January 1978. Deflation at the caldera center was 2 m and 1 m, respectively, in these events (Table 1). Deflation of less than 1 m apparently took place within the elastic range of the caldera floor. Dikes intruded within the caldera were clearly accompanied by seismicity during their propagation. Caldera earthquakes during inflation were significantly smaller than during deflation. They only rarely reached magnitude 4.

Attempts to estimate the volume of magma transported from depth to the shallow crust give varying results. Hollingsworth et al. (2013) used digital elevation models derived from aerial and spy photographs to estimate a total volume of intruded dikes 0.9–1.7 × 109 m3. They also estimate a volume of erupted lava of 0.2–0.4 × 109 m3. Values in the range 0.25–0.35 × 109 m3 were estimated from the surface flows (e.g., Einarsson, 1991b, 2018; Saemundsson, 1991). Using the cumulative deflation of the caldera to estimate the total volume of dikes and flows gives 0.79–0.85 × 109 m3 (Harris et al., 2000).



Askja

The Askja volcanic system consists of a central volcano and fissure swarms extending to the north and south. The northern swarm extends all the way to the north coast. The extent of the southern swarm is more uncertain. It interfingers with the swarms of the Bárðarbunga volcano and disappears beneath the Vatnajökull glacier. The structure of the Askja volcano is dominated by at least four overlapping caldera structures (Saemundsson, 1982; Hjartardóttir et al., 2009). Seismic tomographic studies reveal bodies of anomalous VP/VS ratios underlying the calderas at discrete levels as deep as 20 km (Greenfield et al., 2016). The most recent caldera was formed in 1874 and following years, after a major rifting episode with basaltic eruptions in the fissure swarm and a large silicic explosive eruption of the central volcano (e.g., Sigurdsson and Sparks, 1978; Brandsdóttir, 1992). The activity since then has been limited to the central volcano, most recently in 1961. Since about 1973, the main caldera has been slowly deflating. The cumulative subsidence of the caldera center is approaching 0.4 m (Tryggvason, 1989; Pagli et al., 2006; Sturkell et al., 2006; de Zeeuw-van Dalfsen et al., 2013). The cause of the subsidence is generally thought to be a combination of a cooling and contracting magma chamber at a divergent plate boundary.

The Askja area in general is moderately seismically active (Figures 1, 6), and only a part of the activity appears to be related to the volcano itself (Einarsson, 1991a; Greenfield et al., 2018). Several processes have been suggested as sources of the different classes of earthquakes, including geothermal heat mining, transfer of spreading between overlapping fissure swarms, intrusion of a dike in the lower crust, and deep magma movements.
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FIGURE 6. Epicenters of the Askja area 1995–2010 (M ≥ 2.0) and 2011–2020 (M ≥ 1.5). Fissures and surface faults (black) and eruptive fissures and craters (red) are from Hjartardóttir et al. (2009), seismogenic, conjugate faults east of Askja volcano are from Greenfield et al. (2018), the blue ones are left-lateral, and the yellow ones are right-lateral. Locations of deep earthquake nests from Soosalu et al. (2009) are shown with orange patches. The Upptyppingar dipping dike is shown with the red-orange patch, from Hooper et al. (2011). The high earthquake activity in the SW-corner of the map accompanied the dike propagation and caldera collapse of the Bárðarbunga volcano in 2014–1015 (Sigmundsson et al., 2015; Gudmundsson et al., 2016). Digital elevation model from the National Land Survey of Iceland.



Geothermal Heat Mining

A persistent cluster of shallow level hypocenters is spatially correlated to the high-temperature geothermal field in the SE corner of the main caldera, suggesting a causal relationship between geothermal heat mining and brittle failure. This is also an area of silicic rock outcrops, and in 2014, this part of the caldera fault collapsed in a major rockslide, causing a large tsunami in the caldera lake (Gylfadóttir et al., 2017). Small swarms of shallow earthquakes occasionally occur in other parts of the caldera and to the N and NW of it. Most likely these events are related to the gentle deflation of the caldera.



Transfer of Spreading Between the Askja and Kverkfjöll Fissure Swarms

A large majority of the seismicity in the Askja area occurs east of Askja and appears to have no direct connection to the volcano. This activity was first described by Einarsson and Saemundsson (1987) and Einarsson (1991a). One NE-striking seismogenic fault was defined by the epicentral distribution, highly oblique to the fissure swarms nearby. Fault plane solutions showed strike-slip faulting (Jakobsdóttir, 2008). More detailed work using a dense temporary network by Soosalu et al. (2009) and Green et al. (2014) revealed more active faults in the area. Relative locations of numerous events show a system of conjugate faults bridging the gap between the fissure swarms of Askja and Kverkfjöll (Greenfield et al., 2018), NE-striking faults with left-lateral strike slip on them, and N-striking faults of right-lateral faulting (Figure 6). None of these faults are visible at the surface. The conjugate faults suggest a causative stress field with the least compressive principal stress in a WNW-ESE direction, consistent with the direction of plate spreading. The depth of the hypocenters is less than 8 km, well within the brittle part of the crust. This activity therefore appears to be caused by transfer of spreading between the two overlapping fissure swarms.



Upptyppingar Lower Crustal Intrusion

An unusual sequence of small earthquakes was detected in the Northern Volcanic Zone, near the hyaloclastite mountain Upptyppingar east of the Askja volcano, beginning in February 2007 (Figure 6). The events were ordinary in appearance, but originated at unusually large depth, 10–20 km. The swarm was very persistent and spread out along a planar structure (Jakobsdóttir, 2008; White et al., 2011; Horálek et al., 2015) beginning at depth and then spreading upwards and eastwards. After a year the activity faded away and stopped. The swarm was accompanied by uplift of a large area. Modeling of the surface deformation revealed a planar intrusion with a strike of 80°E and dip of 45° to 49°coinciding with the planar structure outline by the hypocentral distribution (Martens et al., 2010). The volume was (42–47) × 106 m3 (Hooper et al., 2011).

The intrusion is located within the Kverkfjöll fissure swarm (Figures 1, 6), about 40 km north of the Kverkfjöll central volcano. No deflation was detected of the Kverkfjöll central volcano in association with this intrusion, nor was the Askja volcano affected, the nearest neighboring central volcano. Apparently, the intrusion was fed directly from below. It is noteworthy that the orientation of the dike plane does not conform to any known structure at the surface. Fracture orientations are generally consistent with the stress field at a divergent plate boundary with the least compressive principal stress in the direction of relative plate motion (Hjartardóttir and Einarsson, 2012). Hooper et al. (2011) suggested that the stress field implied by the dike intrusion was modified by the presently ongoing retreat of the ice caps in Iceland, leading to enhanced capture of magma within the crust.



Abnormally “Deep” Swarms

A special class of abnormally deep earthquakes was first identified and described by Soosalu et al. (2009) in the area within and around the Askja volcano. These events originate in the depth range 10–34 km, i.e., well below the brittle-ductile transition. They are typically small, M < 2, and occur in dense and short-lived swarms of a few minutes’ duration. The rapid succession of the events within a swarm may sometimes give the swarm the appearance of a tremor burst. The sources are quite persistent, on a time scale of years (Greenfield et al., 2018). Four nests of deep events have been located in the Askja area, two in the area of the central volcano, one about 10 km east of the volcano and one about 15 km NNE of the volcano (Figure 6). Key et al. (2011) suggested that these events represent magmatic injections along the fissure swarm of Askja, and Greenfield and White (2015) suggested that they represent magma transport through the lower crust.



DISCUSSION


Lateral Diking

The observations at Krafla of propagating earthquakes away from the central volcano and into the fissure swarms on either side of the volcano, accompanied by deflation of the caldera and extensive rifting in the fissure swarms, were interpreted as a consequence of dikes propagating laterally from a magma chamber within the caldera and into the rift zone (e.g., Björnsson et al., 1977; Einarsson and Brandsdóttir, 1980; Tryggvason, 1980). The interpretation was inspired by similar events at Kilauea volcano in Hawaii (e.g., Fiske and Jackson, 1972), despite differences in tectonic setting. The horizontal extensional stress, providing the conditions for lateral propagation, was generated by plate divergence in Iceland but by gravitational sliding of the flank of Kilauea in Hawaii. There was no general consensus about this interpretation, however. Alternative interpretations were proposed (e.g., Gudmundsson, 1995). Cases of lateral diking accompanied by deflation of a magma storage or even collapse of a caldera have been documented since the Krafla activity began. These include the Piton de la Fournaise in 2007 (Staudacher et al., 2009), Miyakejima in 2000 (Geshi et al., 2002), Asal rifting of 1978, Dabbahu in Afar 2005–2010 (Wright et al., 2012), Bárðarbunga in Iceland in 2014–2015 (Sigmundsson et al., 2015; Gudmundsson et al., 2016), and Kilauea, Hawaii 2018 (Neal et al., 2019). Lateral draining of magma reservoirs is an important mechanism to form collapse calderas, involving processes like external tectonic stress, magma density and buoyancy in the crust, magma viscosity, and viscoelasticity in the crust (Buck et al., 2006; Sigmundsson et al., 2020).



Magmatic and Non-magmatic Rifting

One of the remarkable features of the Icelandic plate boundary rift zones is their highly variable seismicity, even on a time scale of decades. The rifting segment of the Eastern Volcanic Zone is, for example, almost totally aseismic, and so are segments of the Northern Volcanic Zone. Yet the relative plate divergence rate across these zones is 15–20 mm/year. Other parts of the divergent plate boundary, such as the segments of the Western Volcanic Zone, are moderately seismically active despite much lower spreading rate. Hjartardóttir et al. (2016a, b) suggested that this discrepancy was the result of cyclic activity. The deviatoric stress in a rift zone immediately following a rifting episode is low and the deformation due to plate spreading occurs within the elastic limit of the crust. The seismicity will be very low. With increasing stress, the deformation will gradually lead to failure and the background seismicity will increase. If magma becomes available, the failure limit of the crust is lowered and rifting may ensue even if the background seismicity is still low (Sigmundsson, 2006; Acocella and Trippanera, 2016). This was the case before the Krafla rifting episode in the early seventies. If, on the other hand, magma is not available, the stress may increase to the dry failure limit of the crust and failure takes place by normal faulting without the help of magma, as seems to be the case in a segment of the WVZ. This may be the explanation for the different level of seismicity in different segments of the Northern Volcanic Zone, evident in Figure 1. The recent large rifting episode of the Askja system in 1874–1875 relieved stress in the central part of the zone and the stress has not yet built up to seismogenic levels.



Faulting Between Overlapping Rifting Structures

Rifting in the rift zones of Iceland occurs within fissure swarms, apparently mostly by diking during rifting episodes. Modern examples of this type of activity include the Krafla rifting episode of 1975–1984 and the Bárðarbunga dike of 2014 (Sigmundsson et al., 2015; Gudmundsson et al., 2016). Each rift zone includes several fissure swarms that are arranged within the zone parallel to each other or en-echelon. Each dike or rifting event may only affect a limited length of one fissure swarm. This leads to accumulated horizontal shear stress between adjacent fissure swarms that is released in some kind of transfer motion on sets of conjugate strike-slip faulting. Two examples of such tectonism exist in the Icelandic rifts, the persistent seismicity east of the Askja volcano in the Northern Volcanic Zone, and the seismic activity in the Reykjanes Peninsula Oblique Rift (Hjaltadóttir, 2009; Parameswaran et al., 2020). In both areas, the orientation of the inferred least principal stress is horizontal and in the general direction of plate spreading.



“Deep” Crustal and Upper Mantle Earthquakes

Majority of earthquakes in Iceland originate in the upper, brittle part of the crust, in the depth range 0–10 km, and are apparently linked with relative plate movements across the plate boundaries. There are, however, occasional deeper earthquakes, originating in material that would, at normal strain rates, deform in a ductile way under the pressure and temperature conditions corresponding to the depth. Two classes of deep earthquakes may be identified: (1) earthquake sequences occurring immediately preceding or during eruptions and (2) small events occurring in short-lived swarms in persistently active “nests” beneath some parts of the volcanic zones.

Examples of the first class of deep events are provided by the Heimaey eruption of 1973 and the Eyjafjallajökull eruptions of 2010. Most earthquakes during the Heimaey eruption occurred at 15–25 km depth and most likely also the swarm of events immediately preceding the eruption (Björnsson and Einarsson, 1974; Einarsson, 1991a). The Eyjafjallajökull eruptions of 2010 were preceded by a series of shallow-level sill intrusions in 1994, 1999, 2009, and 2010 (Pedersen and Sigmundsson, 2004, 2006; Sigmundsson et al., 2010), and a period of anomalously deep earthquakes in 1996 (Dahm and Brandsdóttir, 1997; Hjaltadóttir et al., 2009). Some of the earthquakes during the eruptions also occurred at lower-crustal depths and were clearly related to the feeding channels of the eruptions (Tarasewicz et al., 2012a,b). The prolonged earthquake sequence during the Upptyppingar dipping dike intrusion of 2007–2008 may also be included in this class, although no eruption ensued.

The second class of deep events, first identified on the temporary Askja network by Soosalu et al. (2009) in the area around the Askja volcano, occur in short-lived swarms, of a few minutes’ duration. In addition to the four nests of deep events located in the Askja area, at least three additional nests of deep swarms have been identified and are regularly recorded by the permanent network. The most active one of them is located 15–20 km ESE of Bárðarbunga volcano, slightly south of the dike that propagated laterally from the volcano in August 2014 and fed the Holuhraun eruption (Sigmundsson et al., 2015). The relationship of this nest to the dike and the plumbing of the Bárðarbunga volcanic system is still unclear (Hudson et al., 2017). Several swarms per month are detected in this nest at the present time and the activity is not decreasing. Another nest with a spatial relationship to the Bárðarbunga system is located beneath the Trölladyngja lava shield, within the NE-fissure swarm of Bárðarbunga. Only one deep nest is yet known in South Iceland. It is located beneath the eastern rim and flank of the Katla volcano (Vogfjörð et al., 2009).

The detection of the deep nests depends critically on the seismic network. A seismic station in the nearfield of the earthquakes is required for sufficient depth control on the location of the events. It is rather likely that more of these nests will be identified in the future. The known nests are all, except one, located in the central area of the Iceland Hotspot. Some parts of the plate boundary areas seem to be devoid of deep nests. None have been found in the Reykjanes Peninsula Oblique Rift or in the Krafla volcanic system despite relatively dense networks in operation there. The deep swarms in Iceland show great similarity with recently discovered events in the Eifel volcanic field in Germany (Hensch et al., 2019; Dahm et al., 2020).



Stages Within Eruptive Cycle

A majority of the eruptions of Icelandic volcanoes within the last several decades occurred after a time of inflation of the respective volcano (Einarsson, 2018; Sigmundsson et al., 2018). The eruption is then accompanied by deflation and followed by repeated inflation. This includes the nine Krafla eruptions of 1975–1984, the three eruptions of Grímsvötn 1998–2011, and the three eruptions of Hekla 1980–2000. In the cases of Krafla and Grímsvötn, the seismicity follows the cyclic behavior; it increases during the inflation part of the cycle and is greatly reduced when the deflation sets in. If a dike propagates away from the inflated area, its propagation can often be traced by the earthquakes that are generated around the dike tip. The re-inflation is accompanied by little seismicity during its first stage. It may increase rather suddenly if the inflation level exceeds the previous maximum, a phenomenon called Kaiser effect (Heimisson et al., 2015). The deflation itself takes place almost aseismically as long as the strain remains within the elastic limits. In the case of Krafla, the elastic limit was exceeded only twice. The first deflation was about 2 m and was accompanied by considerable seismicity, with maximum magnitude 5.0. The second case was the January 1978 deflation (Table 1) when the subsidence in the caldera reached 1 m. There was a slight increase of the daily number of small caldera earthquakes during the last days of deflation. Based on these observations, it may be concluded that the elastic range of the Krafla caldera is about 1 m. Earthquakes associated with the inflation part of the cycle only reached magnitude 3.5.

Similar behavior is observed in Grímsvötn. The seismic activity of the volcano is generally very low but increases slowly in the latter half of the inflation period. The maximum magnitude does not exceed 3. The deflation has so far always been within the elastic limit.

The large Bárðarbunga 65 m deflation of 2014–2015 was accompanied by numerous earthquakes, more than 70 of which exceeded magnitude 5 (Gudmundsson et al., 2016). The caldera seismicity decreased greatly when the deflation stopped in February 2015. The volcano began inflating again after the eruption and deflation ended but the seismicity remained low until September 2015 (Sigmundsson et al., 2018). Then, both the earthquake frequency and the maximum magnitude increased and remained high for several years (Pálsson et al., 2019). The maximum magnitude exceeded 4 but has remained below 5, however. All three volcanoes appear to have a similar seismic behavior with respect to inflation and deflation. Inflation-related earthquakes are generally smaller than the earthquakes accompanying deflation.



Geothermal Activity and Seismicity

It has been noted in many publications that there is a general correlation between persistent microearthquake activity within the volcanic zones of Iceland and the high-temperature geothermal areas (e.g., Ward and Björnsson, 1971). It may be argued that temperature changes associated with geothermal systems and the transfer of heat from the heat source to the colder bodies of rock leads to stress changes and thus to micro-cracking in the brittle part of the crust. The non-double-couple part of the earthquake source mechanisms identified by Foulger (1988); Miller et al. (1998), and Schuler et al. (2016) in the Hengill and Krafla areas may be taken as evidence for this. This mechanism has also been suggested as one of the possible sources of the seismicity of the Katla and Askja calderas, Torfajökull volcano, and the subglacial Loki Ridge (Einarsson, 1991a; Soosalu and Einarsson, 1996, 1997; Sturkell et al., 2008; Sgattoni et al., 2019). It is rather unlikely, however, that all the background seismicity of these locations is due to the geothermal mining of heat. The case of the Kerlingarfjöll area within the Hofsjökull volcanic system serves as a counterexample. This central volcano has a very powerful geothermal system, and yet, the seismicity is very low. This case suggests that the geothermal effect is likely to act as a trigger rather than the main driving force of the seismicity. The Kerlingarfjöll volcano is located outside the main deformation zone of the plate boundary. The driving force may therefore be missing even though the trigger is there.

Elevated pressure in the pore fluid may be another mechanism to release rock stress in a geothermal system close to a volcano by lowering the effective stress on pre-stressed faults. The validity of this mechanism is demonstrated in cases where the pore pressure change is induced by man, e.g., at the Hellisheiði Geothermal Power Station in SW-Iceland, where seismicity and crustal deformation is induced by injection of wastewater into the crust (Juncu et al., 2020).

We point out that many of the high-temperature geothermal systems are spatially correlated with outcrops of silicic rocks. This raises the question whether shallow, unstable, low-density bodies of silicic rocks (cryptodomes) may be the source of both the geothermal activity and the earthquakes.



CONCLUSION

Seismicity serves as the most important element in the long-term monitoring of the 30 + active volcanic systems of Iceland. About half of them have shown evidence of magma movements in the last 46 years of coverage by sensitive seismographs.

Processes identified as causes of earthquakes within the volcanic zones include volcano inflation and deflation, caldera collapse, dike and sill intrusion, amagmatic rifting by normal faulting, geothermal heat mining, strike-slip faulting on systems of conjugate faults, and unspecified movements of magma in the deep crust. Dome and cryptodome activity may also play a role.

Seismicity within the volcanically active areas of Iceland is very unevenly distributed, both in time and space. Persistent seismic sources are mostly associated with central volcanoes. The fissure swarms of the volcanic systems are usually inactive, even at the microearthquake level, except during rifting episodes when dikes propagate within them. The major rifting episode in the Krafla area 1975–1984 showed lateral injection of dikes, a model that was verified by the Bárðarbunga dike injection and rifting of 2014.

The long-term behavior of the different volcanic systems of the Northern Volcanic Zone is quite varied, ranging from very low-level background activity like Fremrinámar and Þeistareykir, to almost continuous, intermediate-level seismicity, like that of the area around the Askja volcano. For successful monitoring it is therefore essential to have a long time-history of the seismicity. A part of the seismic activity east of Askja is generated by strike-slip faulting on conjugate fault sets, taking up differential strain between overlapping rift zones of adjacent volcanic systems.

The rifting events at Krafla in 1975–1984 occurred during a phase of cyclic behavior, with periods of magma accumulation at depth and inflation punctuated by deflation, dike intrusions, rifting and eruptions. The cycle of inflation and deflation was reflected in seismicity that provides an additional parameter to apply in the monitoring effort. The examples of this process so far suggest that the largest earthquakes during deflation are significantly larger than the inflation-related earthquakes of the same volcano.

Persistent activity of small earthquakes in all four volcanic systems appears to be spatially correlated with high-temperature hydrothermal systems. The causal relationship is not always obvious. Cooling of hot rock bodies and consequent contraction and associated stress change may provide part of the explanation, also pore pressure fluctuations within the geothermal system. It is also pointed out that both phenomena, seismicity and geothermal activity, in some cases could have a common cause, such as a rising cryptodome.
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Lower crustal earthquakes at plate boundaries and intraplate settings occur at depth where deformation is normally expected to occur in a ductile manner. Here we use the available earthquake catalogs and compute theoretical predictions for a range of conditions for the occurrence of lower crustal earthquakes beneath the Main Ethiopian Rift (MER) and adjacent north-western (NW) plateau. Yield strength envelops are constructed using information on geothermal gradient, strain rate, and composition constrained by geophysical observations. Our models suggest that away from the MER beneath the NW plateau the depth distribution of earthquakes in the lower crust is best explained by strong mafic lower crustal rheology and hydrostatic fluid pore pressure conditions. In the same region the effective elastic thickness is similar to seismogenic thickness showing that the lower crust has long-term strength and hence can physically support brittle deformation. On the contrary, in the central MER the seismogenic thickness is much larger than the effective elastic layer thickness implying that the lower crust has no long-term strength. Here our models show that both hydrostatic and near-lithostatic fluid pore pressures fail to explain the observed seismicity and instead a combination of near-lithostatic pore fluid pressure and transient high strain rate due to the movement of fluids provide a plausible mechanism for the occurrence of seismicity in the lower crust. Our interpretations are supported by occurrence of swarms of deep earthquakes beneath the MER, as opposed to more continuous background deep seismicity away from the rift. Using time-depth progression of earthquakes, we estimate permeability values of 5.9 × 10−15 m2 and 1.8 × 10−14 m2 at lower crustal depth. The range of permeability implies that seismicity can be induced by pore-pressure diffusion, likely from fluids sourced from the mantle that reactivate preexisting faults in the lower crust. Our thermo-rheological models explain the first order differences in lower crustal earthquakes both directly beneath and outboard of the rift valley.

Keywords: pore fluid pressure, rheology, main Ethiopian rift, lower crustal seismicity, strain rate, geothermal gradient


1. INTRODUCTION

Lower crustal earthquakes have been observed at both plate boundaries and intraplate settings at a depth where deformation is normally expected to occur in a ductile manner. As such, the origin of these deep crustal earthquakes is debated (e.g., Maggi et al., 2000; Jackson, 2002). In some studies from the East African Rift System (EARS), strong lower crust is invoked for lower crustal earthquakes to occur (e.g., Albaric et al., 2009). Modeling studies from the EARS show that earthquakes at lower crustal pressure-temperature (P-T) conditions can nucleate in mafic (Hellebrekers et al., 2019), and/or anhydrous materials (Craig and Jackson, 2021). Brittle faults penetrating the entire crust in regions with more normal crustal compositions are interpreted to occur beneath the Tanganyika rift (Craig et al., 2011; Lavayssiere et al., 2019a), with the brittle failure enabled by the exceptionally thick lithosphere and low geothermal gradient keeping the lower crust relatively cool (O'Donnell et al., 2016; Lavayssiere et al., 2019a). Alternatively, other studies suggest that lower crustal earthquakes are facilitated by high pore fluid pressure (Lindenfeld et al., 2012; Lee et al., 2016; LaRosa et al., 2021), which can locally induce high enough strain rates to cause earthquakes even in areas with high heat flow and weak long-term rheology. However, it is usually unclear whether the high pore fluid pressure is a transient or a long-term feature.

Lower crustal seismicity has also specifically been observed in the volcanically active Main Ethiopian Rift (MER) as well as beneath the NW plateau (Figure 1; Keir et al., 2009; Lapins et al., 2020), two regions which are characterized by contrasting deformation history and thermo-rheological properties. Here, we aim to investigate the role of thermo-rheological properties and fluid flow in controlling the depth of lower crustal earthquakes in and around the MER, a major volcanically and tectonically active continental rift.


[image: Figure 1]
FIGURE 1. Location of the Main Ethiopian Rift (MER) and adjacent plateau. Earthquakes focal mechanisms are taken from Hofstetter and Beyth (2003) and Keir et al. (2006). The geology and faults are taken from 1:2M scale geological map (Tefera et al., 1990). The open red box on the inset map shows the location of the main map. The red triangles show active volcanoes.




2. GEOLOGICAL BACKGROUND

The MER accommodates the ongoing opening of the Nubia and Somalia plates at the northern part of the EARS. The MER is largely defined by NNE to NE striking border faults that separate the rift valley from the adjacent NW plateau and the southeastern (SE) plateau. Pre-existing lithospheric scale heterogenities are thought to significantly control the initial locus of extension to the border faults (e.g., Corti, 2009; Corti et al., 2018), which accommodated most of the opening of the rift during Miocene times starting at ~20 Ma (e.g., Wolfenden et al., 2004). In the northern MER, faulting has generally progressively localized in rift to the point that since the Quaternary, extension has been mainly focused in narrow magmatic segments arranged en-echelon in the rift floor (e.g., Ebinger and Casey, 2001). In contrast, in the central and southern MER faulting is still mainly accommodated by the border faults with subordinate activity in the rift center (Corti et al., 2020).

The NW plateau and the MER show a marked contrast in crustal thickness. Wide-angle controlled source seismic imaging shows that the crust beneath the NW plateau is ~45 km thick, with a 28 km thick upper crust (e.g., Mackenzie et al., 2005). The P-wave seismic velocity variations coupled with inversion of gravity data for rock density suggest that the upper crust is similar to standard continental crust, whereas the middle and lower crust include a significant proportion of mafic rock (Mackenzie et al., 2005; Cornwell et al., 2010). On the contrary, the SE plateau has been interpreted to be underlain by only felsic or intermediate compositions (Mackenzie et al., 2005). The plateaus have contrasting patterns of strain, with GPS and seismicity data showing that the NW plateau experiences distributed extension (Birhanu et al., 2016), which is accompanied by earthquakes in the upper and lower crust down to ~32 km depth (Figures 2A,B; Keir et al., 2009).


[image: Figure 2]
FIGURE 2. Depth distribution of seismicity in the NW plateau (A), Yerrer Tullu-Wellel volcanic lineament (YTVL) (B) and central MER (C). The open black boxes show the location of cross-sections in (A–C). Seismicity extends to ~32 km (A), whereas in the central MER earthquake occurs to a depth of ~38 km. In cross section (C), we show only earthquakes from Lapins et al. (2020). These earthquakes have maximum lateral uncertainty <10 km (Lloyd et al., 2018).


In the central MER the crust has a thickness of 38 km with upper crustal thickness of ~20 km (Keranen et al., 2009). Similar to the plateaus, the upper crust in the rift is dominated by felsic rheology (e.g., Keranen et al., 2009), which is in line with the Vp/Vs ratio of ~1.75 recorded for upper crustal local earthquakes (Keir et al., 2006; Greenfield et al., 2019), as well as recent modeling studies suggesting that upper/middle crustal seismicity is best explained by wet quartzite rheology (Muluneh et al., 2020). In contrast, the Vp/Vs ratio based on shear wave velocity from Rayleigh wave/receiver function joint inversion (Keranen et al., 2009) and compressional wave velocity determined by wide-angle data (Maguire et al., 2006) indicates that the lower crust is dominated by mafic granulite composition (Keranen et al., 2009).

Earthquakes within the MER were until recently thought to be confined to depths of less than ~18 km, where they are mainly localized on both the border faults and fault systems within the magmatic segments (Keir et al., 2006; Wilks et al., 2017; Greenfield et al., 2019; Lavayssiere et al., 2019b). However recently, Lapins et al. (2020) reported lower crustal earthquakes beneath the eastern side of the central MER in the vicinity of Corbetti caldera (Figure 2C). Subsequent studies nearby did not observe deep events, which coupled with the anomalous depths and swarm like nature of deep seismic sequence led Lapins et al. (2020) to conclude that the mechanism for lower crustal seismicity in the area might be due to transient high strain rate and pore fluid pressure conditions.



3. DATA AND MODELING


3.1. Earthquake Catalogs

In our study we used the earthquake catalogs of Keir et al. (2006) and Lapins et al. (2020) to test thermo-rheological property of the Ethiopian lithosphere. For the Keir et al. (2006) catalog local earthquakes were derived during October 2001 to February 2003 from arrival times of earthquakes at four or more seismic stations composing the EAGLE seismic network (Keir et al., 2006), and using a best-fit 1-D seismic velocity model derived from tomography (Daly et al., 2008). The seismic network was mostly composed of 30 broadband seismic stations distributed in the central and northern Ethiopian rift and both adjacent plateaus. The catalog includes 1957 earthquakes with local magnitude (ML) between 0 and 4 and a magnitude of completeness of ~ ML 2.1. The error bars on the earthquake locations are on average ±600 m in horizontal directions and ±2000 m in depth (Keir et al., 2006; Mazzarini et al., 2013). In contrast, the Lapins et al. (2020) catalog uses 15 seismic stations deployed on Aluto and Corbetti volcanoes during 2012 and 2013. Earthquakes were located with seven or more phase arrivals, including at least one S phase. A number of 1D velocity models, including the (Daly et al., 2008) model were tested and yielded similar locations. The catalog includes 58 earthquakes up to a maximum Mw of 3.7, with most of the earthquakes occurring in March and April 2012. Due to sub-optimal seismic stations positions relative to the earthquakes individual error bars of earthquake depth are larger, and approximated at ±5 km (Lapins et al., 2020).



3.2. Yield Strength Envelope
 
3.2.1. Brittle Regime

Brittle behavior of the upper crust can be modeled using Equation (1) (Sibson, 1974).

[image: image]

where (σ1-σ3) is differential stress; β is a parameter that depends on the tectonic setting and friction coefficient (e.g., Ranalli, 1997) and is equal to 0.6 (Muluneh et al., 2018); ρ is density; g is acceleration due to gravity and pf is the pore fluid factor. The linear frictional failure bounds the strength envelop.



3.2.2. Ductile Regime

The ductile regime is represented by power law dislocation creep (e.g., Turcotte and Schubert, 2002) and is given by Equation (2)

[image: image]

where [image: image] is the strain rate in s−1; T(z) is temperature in degrees Kelvin; R is the universal gas constant; A, E, and n depend on the rheology considered.

Numerical simulation of lithospheric deformation using wet quartzite upper crust and seismic moment release show that upper to middle crustal earthquakes in the MER can be explained by the rheology of the crust (Muluneh et al., 2020). For the lower crust, we use mafic granulite rheology for the NW plateau and beneath the rift. The inferred rheology agrees with the elevated Vp/Vs ratio (e.g., Keranen et al., 2009) and high densities constrained by inversion of gravity data (Mahatsente et al., 1999; Cornwell et al., 2006). The creep parameters for mafic granulite are A = 1.4 × 104 MPan s−1, E = 445 KJ/mol and n = 4.2 (Ranalli, 1997). The density for wet quartzite is 2,640 kg/m3.

Calculation of ductile rheology is sensitive to temperature variation with depth (Equation 2). The steady state, one-dimensional heat conduction equation with exponentially decreasing radioactive heat production is given as (e.g., Pasquale et al., 2014).

[image: image]

where A0 is crustal radioactive heat production, K is thermal conductivity, b is the Characteristics thickness of the layer enriched with radioactive elements and taken here to be 10 km (Pasquale et al., 2014).

Integration of Equation (3) results in the geothermal gradient given by the following equation:

[image: image]

where T0 is surface temperature and considered here to be equal to 273 K, Q0 is surface heat flow. Crustal heat production, A0, is assumed to be 2 μW/m3 and thermal conductivity, K, is equal to 3 W/m K (Pasquale et al., 2014).

We use P-T independent thermal conductivity and hence the T(z) (Equation 4) depends mainly on the surface heat flow value, which is estimated to be 50 and 70 mW/m2 for NW plateau and the MER, respectively. We compute these values by using a steady state geothermal gradient by assuming the lithosphere is in a state of thermal equilibrium (e.g., Sippel et al., 2017). However, this assumption may not hold for the rift, beneath which active upwelling and small scale convections likely occur in the asthenosphere (Civiero et al., 2016; Gallacher et al., 2016) and where crustal magmatism is ongoing (Chambers et al., 2019). This is well-shown by the difficulty in constructing a typical geotherm for the rift due to a wide range of temperature estimates even for a single locality (Rooney et al., 2005).

In the calculation of ductile strength (Equation 2), strain rate ([image: image]) is one of the questionable parameters. Rheological profiles can be modeled by considering spatially invariable strain rate (10−15 s−1; Albaric et al., 2009; Sippel et al., 2017). Here we use strain rate determined using a finite element numerical modeling of deformation across the MER (Muluneh et al., 2020). The model in Figure 3 shows the present day strain rate in the MER, which is comparable to GPS observations (Birhanu et al., 2016; Knappe et al., 2020). Both GPS observation and numerical modeling of deformation indicate that strain rate is distributed over a wide region (Knappe et al., 2020; Muluneh et al., 2020) but with a significant proportion localized to the magmatic segments with strain rate of ~2 × 10−14 s−1 (Kogan et al., 2012; Muluneh et al., 2020). We then consider a strain rate of 10−16 and 10−15 s−1 for the NW plateau.


[image: Figure 3]
FIGURE 3. Present day 2D strain rate in the MER and adjacent plateau (from Muluneh et al., 2020). In the MER, high strain rate is localized in ~30 km wide zone.






4. RESULTS AND DISCUSSION


4.1. Thermo-Mechanical Property of the Crust

The results of our yield strength envelopes (YSE) calculations presented in Figure 4 allow us to model both the long-term strength of the crust as well as short term earthquake processes (Bürgmann and Dresen, 2008; Hauksson and Meier, 2018). Several studies have evaluated the consistency between crustal rheology and depth distribution of earthquakes (Déverchere et al., 2001; Albaric et al., 2009; Dong et al., 2018; Hauksson and Meier, 2018; Muluneh et al., 2020) by making an assumption that increased strength results in more seismicity (Hauksson and Meier, 2018). In the present study, we also make a similar assumption.


[image: Figure 4]
FIGURE 4. Yield Strength Envelope (YSE) and seismicity in the NW plateau (A,B; respectively) and the MER (C,D; respectively). There is a good match between modeled BDT and depth distribution of seismicity in the NW plateau. In the rift, there is a big mismatch between the two parameters. The seismicity is in 2 and 5 km depth bins in the NW plateau and the MER, respectively. The YSE is constructed for wet quartzite upper crust (blue lines) and mafic granulite (green lines) lower crust for both NW plateau and the MER. The pf is the pore fluid factor [0.4 for hydrostatic and 0.95 for (near-) lithostatic states shown in broken gray and red lines, respectively]. Te refers to the effective elastic thickness (Ebinger and Hayward, 1996). The broken gray line in (B,D) is the boundary between upper and lower crust (Mackenzie et al., 2005).


Figures 4A,B show the YSE calculated for the NW plateau and the rift, respectively. In the NW plateau brittle deformation occurs down to depth of ~28 km under hydrostatic pore fluid pressure conditions. Increasing the pore fluid pressure to near-lithostatic fluid pressure conditions increases the brittle layer to a depth of 32 km. Comparing the yield strength envelope with depth distribution of earthquakes in the lower crust shows that hydrostatic pore fluid pressure explains the observed seismicity (Figures 2A,B, 4A). Considering the hypocentral depth uncertainty (~2 km; Keir et al., 2006), we interpret that hydrostatic pore pressure and mafic rheology are sufficient conditions for lower crustal seismicity.

Similarly, we construct the YSE for the central MER using strain rate that varies by an order of magnitude and pore fluid factor of 0.4 and 0.95 (Figure 4C). The higher strain rate corresponding to the strain rate value beneath the magmatic segments increases the brittle layer thickness by about ~1 km in both upper and lower crust. Increasing the pore fluid factor to 0.95 allows brittle deformation down to ~28 km depth, which is a similar depth to the peak in lower crustal seismicity beneath the MER (Figure 4D).

Here we discuss our interpretation of the depth distribution of earthquake beneath the NW plateau and MER alongside independent geodynamic constraints. Support of our interpretation of hydrostatic pore pressure and mafic rheology being sufficient to generate lower crustal earthquakes beneath the NW Plateau comes from insights into the long-term strength of the crust from comparison of between the effective elastic (Te) and seismogenic (Ts) thickness (Maggi et al., 2000; Watts and Burov, 2003; Pérez-Gussinyé et al., 2009). The depth distribution of earthquakes constrain the seismogenic layer thickness (Watts and Burov, 2003). Ebinger and Hayward (1996) estimate the Te for different tectonic sectors of Ethiopia including the NW plateau, by computing the transfer function between gravity and topography as a function of wavelength of coherence. The Te is ~40 km in the NW plateau, which agrees well with the seismogenic layer thickness (~32 km). Therefore, the lower crust in the region has a long-term strength to allow brittle failure (Keir et al., 2009).

The deep seismicity is broadly distributed beneath the NW plateau and Yerrer-Tullu-Wellel volcanic lineament, in areas where magnetotelluric (MT) shows intermediate conductivities (Whaler and Hautot, 2006; Keir et al., 2009). A caveat to this is that denser and localized clusters of deep seismicity are also observed in localized regions of high conductivity beneath volcanoes near the rift, suggesting that in some localized regions fluid pressure higher than hydrostatic may also contribute to deep seismicity in some regions. However, in general we observe a good correlation between the depth distribution of earthquakes and modeled crustal rheology in the NW plateau (Figures 4A,B).

In contrast beneath the MER, estimates of plate strength are that Te is 17 ± 2 km in the central MER (Ebinger and Hayward, 1996). However, deeper earthquakes (down to 38 km) occur in the central MER than is predicted by both our rheological model and the estimate of Te (Figure 2C; Lapins et al., 2020). Therefore, in the following sections we present theoretical considerations for a range of conditions that allow lower crustal seismicity in the central MER.



4.2. Strain Rate During Fluid Migration

The lower crust exhibits variable behavior over different time scales in thermally active areas (Thatcher and Pollitz, 2008). Transient high strain rate during localized creep in the lower crust allows earthquakes to occur (Campbell and Menegon, 2019). Similarly, magma injection laboratory experiments shows that the strain rate could reach about ten orders of magnitude faster than plate tectonic rates (Tuffen et al., 2008). Such high strain rate localizes deformation in a narrow zone in otherwise underformed lower crust (Hawemann et al., 2018; Campbell and Menegon, 2019). Translating the laboratory determined strain rates to natural shear zones show that the value ranges from 10−9 to 10−13 s−1 (Bürgmann and Dresen, 2008). Geophysical observations from the MER show that high strain rates at lower crustal depth can be induced by movement of magma and/or fluids exsolved from magma (Chambers et al., 2019; Iddon and Edmonds, 2020; Lapins et al., 2020).

Figure 4C shows that near-lithostatic pore fluid pressure allows brittle failure only down to ~30 km, yet deeper earthquakes down to a depth of ~38 km occur beneath the MER (Lapins et al., 2020). We therefore conduct an alternative experiment using a strain rate of 10−9 and 10−10 s−1 and pore-fluid pressure approaching the lithostatic condition (Figure 5). Strictly speaking, transient deformations should be modeled using a dynamic approach (e.g., Albert et al., 2000). However, here we make the simpler assumption that the crust reaches instantaneous equilibrium with the migrating fluid. The transient deformation modifies the strength envelope greatly.


[image: Figure 5]
FIGURE 5. Yield Strength Envelope (YSE) constructed using transient strain rate of 10−10 and 10−9 s−1 (For the sake of clarity, we only show the curves for the lower crust). The stairs-step shows the depth distribution of earthquakes in the rift, similar to Figure 4D. This transient high pore fluid pressure and strain rate explains the observed lower crustal seismicity in the central MER (Lapins et al., 2020). The flow law and geothermal gradient are similar to Figure 4C.


The results of our new YSE calculation in Figure 5 shows that the load bearing element under near-lithostatic pore fluid pressure conditions moves down to ~35 and ~38 km under a strain rate of 10−10 and 10−9 s−1, respectively. The stress due to transient fluid flow allows failure to occur at a depth of 38 km with a differential stress with a magnitude of 32 MPa (Figure 5). The differential stress at 38 km depth is consistent with the minimum shear stress (i.e., ~15 MPa; Muluneh et al., 2018) measured as (σ1 − σ3)/2 to cause seismicity in the crust. Unlike previous studies which uses seismicity cut-off of either D90 or D95 (i.e., a depth above which 90 or 95% of seismicity occurs), we consider the maximum depth of earthquake here (38 km) in order not to lose earthquakes due to hypocentral uncertainty. However, choosing 38 km or D90 or D95 does not significantly affect the analysis presented here as only three earthquakes are located below 35 km.

We interpret the results as strong evidence that the combined effect of transient high strain rate and pore fluid pressure due to the movement of magma and volatiles provide a straightforward mechanism to cause lower crustal seismicity. Unless these conditions are met, the maximum depth of lower crustal earthquakes in the central MER remain difficult to explain.

Here we discuss our interpretation in light of global evidence for deep fluid related seismicity. High strain rates due to the intrusion of magma in the lower crust facilitates lower crustal seismicity, as for example observed at Lake Tahoe, California (Smith et al., 2004). Introduction of fluids to initially dry lower crust is associated with earthquakes, which in turn causes fracturing and allow fluids to migrate (Jamtveit et al., 2019). The intimate link between high pore fluid pressure and lower crustal seismicity has been interpreted in a number of settings (Reyners et al., 2007; Lindenfeld et al., 2012; Martens and White, 2013; Weinstein et al., 2017). Compelling evidence from other parts of the EARS argue that the pore fluid pressure in the lower crust must be in near-lithostatic conditions mainly due to fluid migrating from the mantle and consequently induce lower crustal seismicity (Lindenfeld et al., 2012; Weinstein et al., 2017). The lower crustal earthquakes reported by Lapins et al. (2020) and modeled here, are the first observed in the MER.



4.3. Pore Fluid Pressure and Permeability in the Lower Crust

Based on the framework provided above by the modeling in the previous section we use the space-time pattern of the observed lower crustal earthquake swarm to model the flow of fluid through the crust. We assume that the pore fluid pressure in the lower crust is in near-lithostatic condition, and sourced from a reservoir of partial melt localized near the Moho (Chambers et al., 2019) and/or exsolved volatiles from solidified melt in the lowermost crust (Keir et al., 2009; Iddon and Edmonds, 2020).

We assume that the earthquakes show space-time progression as given by the square root of time, t, and hydraulic diffusivity, D, (Equation 5)
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where r is the distance (depth). The above equation assumes isotropic media. We assume that the fluid migrates from ~30 km depth to the upper crust and also that seismicity starts and ends on the 25th and 120th day from the beginning of seismicity on the 31 January 2012 (Lloyd et al., 2018; Lapins et al., 2020). We have started our modeled flow at 30 km depth since this is assumed to be the depth at which the migration front starts (Figure 6).


[image: Figure 6]
FIGURE 6. Time-depth progression of earthquakes in the central MER (Lapins et al., 2020) for hydraulic diffusivity, D, of 142 and 46 m2/s. The broken black line at 30 km depth shows where most of the seismicity nucleates.


The results of the modeling in Figure 6 shows the diffusivity values by fitting the envelope of migrating front of seismicity (Shapiro et al., 1999). We estimate two values of hydraulic diffusivity, i.e., D = 46 and 142 m2/s, which are at least an order of magnitude higher than the expected crustal hydraulic diffusivity values ranging from 0.01 to 10 m2/s (Scholz, 2002). The permeability, κ, in m2 is estimated using Equation (6)

[image: image]

where η is viscosity; ϕ* is porosity; βf,r are the compressibility of the fluid and the rock, respectively.

Considering the standard values for the above parameters (i.e., βf,r = 10−9 and 10−11Pa −1, respectively; ϕ* = 3 × 10−3), CO2 as fluid medium (η = 10−5 Pa s) and diffusivity of 46 and 142 m2/s result in permeability values of 5.9 × 10−15 m2 and 1.8 × 10−14 m2, respectively. The permeability values increase to 4.7 × 10−14 m2 and 1.5 × 10−13 m2 for hydraulic diffusivity of 46 and 142 m2, respectively, if we consider water as a dominant fluid.

Comparison of our results to other similar studies shows that the permeability estimated here is similar to the permeability estimates at seismogenic depth [i.e., 5 × 10−16–5 × 10−14 m2–referred to as seismogenic permeability by Talwani et al. (2007)]. According to Talwani et al. (2007) permeability values less or greater than the seismogenic permability do not allow pore-fluid diffusion and hence no seismicity. Therefore, our estimate of permeability indicate that high pore fluid pressure can form and hence seismicity occurs in the lower crust.

Our permeability values are two to four orders of magnitude higher than the expected permeability at lower crustal depth (Ingebritsen and Manning, 2010), which implies that the diffusivity must be controlled by large scale fractures (Scholz, 2002). The high pore fluid pressure eventually reactivates preexisting faults in the lower crust and results in the enhancement of permeability and as a result the fluid pressure drops (Scholz, 2002). Rock fracture experiment shows that seismicity is continuous even after fluid pressure drops (Passelégue et al., 2018). Despite such high permeability, CO2 degassing measurement in the region does not observe anomalously high flux (Hunt et al., 2017), which might indicate that the permeability estimate is transient.



4.4. Reactivation of Preexisting Faults in the Lower Crust

Fault reactivation in the upper crust due to magmatic fluids have been reported from the other parts of the EARS (Muirhead et al., 2016; Jones et al., 2019). These studies argue that optimally oriented faults act as passageways for fluids from deep-seated magma chambers.

Figure 7 shows accumulated plastic strain, interpreted here as faults, in numerical models at 3 and 11 Myr since model initiation (Muluneh et al., 2020). Sibson (2000) presented an expression (Equation 7) to relate the differential stress (σ1 − σ3) for frictional reactivation of cohesion-less normal faults at earthquake focal depth to dip angle (90°-ϕ; where ϕ is the angle σ1 makes with the fault plane) of faults.

[image: image]

Using the near-lithostatic pore fluid factor (pf = 0.95) and the corresponding differential stress of 32 MPa (Figure 5) results in reactivation of optimally oriented preexisting normal fault with a friction coefficient of less than 0.42, which corresponds to a dip angle of 56° and lockup dip angle of 23° (Figure 8A). The lock-up angle is less than the 30° dip angle below which faults are not expected to slip (Anderson, 1951). High pore fluid pressure may allow slip to occur on faults which dip <30°. It is also possible that faults with low cohesion slip with dip angle < 20° (Reston, 2020).


[image: Figure 7]
FIGURE 7. Sequence of formation of faults in the MER (from Muluneh et al., 2020) at 3 Myr (A) and 11 Myr (B) after model initiation. The high pore fluid pressure can potentially reactivate faults in the lower crust.



[image: Figure 8]
FIGURE 8. (A) Dip (90-ϕ) of reactivated fault in the lower crust for pore fluid factor of 0.95 for different friction coefficients. (B) Depth distribution of earthquakes projected on E-W line, along the dip direction of rift parallel faults. The linear seismicity streak in the lower crust is bounded by an optimal (56°) and lock-up (23°) dip angles for friction coefficient of 0.42.


The optimal dip angle of the reactivated pre-existing fault is similar to the dip of upper crustal earthquake focal mechanisms (ranging from 33° to 75°; Keir et al., 2006; Muluneh et al., 2018), and the surface expression of active faults (~60°; Agostini et al., 2011). In addition, similar dip angles for crustal scale border faults feature at rift initiation of the MER in numerical models (Muluneh et al., 2020). The reactivated faults channeling fluids from the lower crust to the upper crust explain the fault geometry and crustal permeability values constrained by the lower crustal seismicity swarm (Figure 8B).




5. CONCLUSIONS

We present thermo-rheological models for the Main Ethiopian Rift and adjacent NW plateau to understand the mechanism for lower crustal earthquakes. Lower crustal earthquakes are observed in both regions, despite difference in crustal structure and thermal regimes. Our findings showed lower crustal earthquakes in the NW plateau is mainly controlled by the strong rheology under hydrostatic pore fluid pressure conditions. Comparison between the effective elastic thickness (Te) and seismogenic layer thickness (Ts) also supports the long-term strength of the lower crust in the region. On the contrary, the lower crust in the rift shows no long-term strength, in agreement with our modeling of yield strength envelope and comparison between Te and Ts. Instead, earthquakes at this depth require transient stress pulses with a combination of high pore fluid pressure and transient strain rate inducing the seismicity in the lower crust. In addition, our modeling suggests that high pore fluid pressure reactivates preexisting faults in the lower crust which enhances the permeability and hence fluid migration through the crust.
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Local seismic tomography is a well-known and commonly used method for obtaining detailed information about the internal structure of volcanoes. The eruption of Mt. Agung in 2017 was a vital opportunity scientifically because it is the first eruption that had sufficient seismic observation networks to carry out local seismic tomography at this volcano. In this study, we investigate the subsurface structure of Mt. Agung in Bali, which is one of the highest risk volcanoes in Indonesia. We conducted travel-time tomography using P- and S-wave arrival times of volcano-tectonic (VT) events to determine the three-dimensional (3D) Vp, Vs, and Vp/Vs ratio structure beneath Mt. Agung. We used 1,926 VT events, with corresponding 9482-P and 8683-S wave arrival times recorded by eight seismic stations over an observation time spanning from October 18 to December 31, 2017. We obtain the hypocenter solution for VT events using the maximum likelihood estimation algorithm and use an optimum 1D velocity model as input for the Joint 3-D seismic tomographic inversion. Local earthquake tomography revealed five anomalous regions that are useful to describe the overall seismic activity around Mt. Agung. We interpret these anomalous regions qualitatively due to limited data resolution in this study. We have successfully localized a high Vp/Vs ratio (∼1.82), low Vs (−1.9%) and high Vp (+3.8%), within a low seismicity zone at depths between 2 and 5 km below the Mt. Agung summit, which may be related to a shallow magma reservoir. There is also an anomalous region between Mt. Agung and Batur with moderate to high Vp/Vs ratios (1.76–1.79) where most of the earthquakes recorded before the 2017 eruption originated. We interpret this anomaly to be related to the existence of sub-vertical dyke complex at depths between 8 and 14 km. The results of our study provide new insights into the subsurface structure of the magma plumbing system beneath Mt. Agung, which can be used to improve the quality of determining the location of the hypocenter and source modeling for future eruption forecasting.
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INTRODUCTION

Seismic delay time tomography is one of the most commonly used methods to provide detailed information about the internal structure of a volcano. Subsurface velocity structures can provide knowledge about geometry, location and dimensions of volcano’s plumbing system, and can be used to improve the quality of hypocenter location and source modeling that are useful for eruption forecasting. Seismic tomography has been proven successful in providing images of the magmatic system beneath volcanoes in Indonesia, such as Mt. Merapi (Widiyantoro et al., 2018) and Mt. Sinabung (Nugraha et al., 2019). The 2017 Mt. Agung eruption was a vital opportunity scientifically because it was instrumentally recorded for the first time at this volcano. This event encourages more advanced studies of the subsurface magmatic system of Mt. Agung.

Mt. Agung in Bali island is one of the highest-risk volcanoes in Indonesia, given the dense population and the intense socio-economic activities around the volcano; moreover, the volcano is one of the most popular tourist destinations in Indonesia. In August 2017, Mt. Agung started to show a significant increase in volcanic activity indicated by the emergence of an earthquake swarm, thermal anomaly, and deformation that eventually followed by series of eruptions from November 21, 2017 to June 13, 2019. The overall crisis has triggered the evacuation of ∼140,000 people within an area of 9–12 km from the volcano’s summit (Syahbana et al., 2019). Prior to the 2017 eruption, Mt. Agung experienced a VEI 5 eruption in 1963 that led to ∼1,700 casualties and considerable damage to buildings and infrastructures, mainly due to volcanic bombs, pyroclastic flows, and lahars (Zen and Hadikusumo, 1964). The 1963 eruption produced significant stratospheric aerosol clouds and affected global climate conditions (Rampino and Self, 1982). Consequently, this event was considered one of the most important volcanic eruptions in the twentieth century (Rampino and Self, 1984). Based on tephrostratigraphic analysis, Mt. Agung has, on average, one VEI ≥2–3 eruption per century with the possibility of about 25% of the eruptions having an equal or larger magnitude than the 1963 event (Fontijn et al., 2015). Therefore, studying this volcano’s behavior is very important as a basis in the framework of volcanic disaster mitigation.

Mt. Agung is an active Sunda arc stratovolcano which was formed in the subduction zone where the Indo-Australian plate subducts below the Sunda block (Figure 1A). The edifice of Mt. Agung consists of an almost symmetrical cone, aligned along a NW-SE direction with the nearby Abang and Batur-Pawon volcanoes (PVMBG, 2014). Mt. Agung’s composition range is limited to basaltic andesite, and occasionally andesite, e.g., the 1963 lava flow and the 1843 eruption, and there is no evidence for large Plinian-style fall or ignimbrite deposits (Fontijn et al., 2015). In contrast Mt. Batur has a broader compositional range from basalt to rhyolite, over time the composition of erupted rocks becomes more mafic (Sutawidjaja, 2009). Mt. Batur has several dacitic ignimbrite deposits as markers of the formation of Batur Caldera. The volcanic activities of Mt. Agung and Mt. Batur were correlated a number of times, such as in the eruptions in 1821 and 1963 (PVMBG, 2014). This temporal correlation and occurrence of an earthquake swarm between Mt. Agung and Mt. Batur before the 2017 eruption raises the possibility of a subsurface connection between these two volcanoes. However, currently there is no concrete evidence regarding the connectivity of the magma chamber between Mt. Agung and Mt. Batur. Furthermore, the lavas from the two volcanoes have different compositions (Geiger et al., 2018), and fumarolic activity prior to the 2017 eruption was limited to the Mt. Agung crater (Syahbana et al., 2019).
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FIGURE 1. (A) Map of Indonesia: jagged black lines denote the subduction trench; the black square denotes the local area of Bali (right); the red square in the inset map defines the study area. (B) Map of the study area. The red triangles represents the summits of Mt. Agung and Mt. Batur; blue and black inverted triangles show the distribution of the one and three component seismic stations used in this study; exact locations of the seismic stations are provided in Supplementary Table 1. The grid node location used for tomographic inversion is denoted by black plus symbols. (C) Epicenter and hypocenter distributions of 1, 926 VT events used in this study are shown as colored dots; color indicates the event focal depth. The hypocenters are projected along longitude (below) to show focus depth distribution. Three labeled black lines: A-A’ (east to west), B-B’ (southwest to northeast), and C-C’ (north to south) depict the locations of the vertical cross-sections through Mt. Agung; these sections are used for plotting the synthetic resolution test results (Figure 2) and the seismic velocity structures (Figures 3, 4).


Several studies have been conducted to infer the structure of the volcanic features. A petrological analysis using mineral-melt thermobarometry data of the 1963 lava flows shows the existence of two major magma storage regions: the first region is located around the Moho depth at about 18–22 km, and the second one is in the shallower region at about 3–7 km depth (Geiger et al., 2018). The most recent study of the ambient seismic noise tomography around the areas also shows a low-velocity anomaly zone between Mt. Agung and Mt. Batur at a depth of about 2 km below the surface (Zulfakriza et al., 2020). The authors interpreted the low-velocity zone as volcanic deposits from past eruptions in the topographic saddle between Mt. Batur and Mt. Agung and the presence of over-pressurized hydrothermal fluids where seismicity may be induced at shallow depths. Unfortunately, these studies were limited to the shallower structures; thus, there is still little information about this volcano’s magma plumbing system.

Syahbana et al. (2019) proposed two conceptual models of Mt. Agung, using multi-disciplinary approaches, including seismicity, deformation, geochemistry, and remote sensing analysis. The authors explained that the first model was initially used during the beginning of the crisis; they speculated that the magma rising beneath the Agung volcano led to over-pressurization of groundwater; the stress then activated a pre-stressed fault causing VT earthquakes between Mt. Agung and the Batur Caldera. The fault geometry was deduced based on the focal mechanism of the existing earthquake swarm. However, the authors found that this model was not consistent with the newly acquired InSAR Sentinel-1 data (i.e., Albino et al., 2019). Therefore, they preferred the second model based on the intrusion of a dyke at ∼10 km depth northwest of Mt. Agung. This dyke intrusion model would further imply that pre-eruptive seismicity was due to magma intrusion. However, pressurization of groundwater or magmatic fluids in the region above the inferred dyke could have played a role in triggering earthquakes. The intrusion of the dyke was responsible for the observed inflation and the swarm of VT earthquakes. These conceptual models provide an opportunity for more detailed subsurface investigations for validation.

In developing the previous conceptual models, the authors have used the data from the Center for Volcanology and Geological Hazard Mitigation (CVGHM) of Indonesia and the regional station network of the Indonesian Meteorology, Climatology, and Geophysics Agency (BMKG). The seismicity analysis used local observation networks. In this paper, we mainly employed seismic tomography to provide more detailed information on subsurface structures and refine the aforementioned conceptual models.



DATA AND METHOD


Data

The data used throughout this paper were obtained from eight seismic stations installed around Mt. Agung by the CVGHM (Figure 1B). Initially, there were only 2 vertical (1-C) short-period seismometers (TMKS and PSAG) to monitor seismic activity on Mt. Agung. In response to increased seismic activity, 6 three components (3-C) broadband seismometers (ABNG, CEGI, REND, YHKR, BATU, and DUKU) were deployed and the installation was completed on 18 October 2017. All stations record seismic data continuously with sample rates of 100 and 50 samples per second. We analyzed seismic data from 18 October to 31 December 2017, where the station network was sufficiently large. This timeframe includes the period before, during, and after the Mt. Agung eruption, which occurred on November 21, 2017. Syahbana et al. (2019) show that the seismic activity increased rapidly in mid-September 2017 and then started to decrease significantly on 20 October. Our data captured the end of the seismic crisis. The spatiotemporal distributions of the earthquake hypocenter we used (Supplementary Figure 1) showed an earthquake swarm at a shallow depth between Mt. Agung and Batur, and then the seismicity cluster moved toward Mt. Agung. After the eruption, the number of recorded VT earthquakes decreased and the distribution of the hypocenter location became more diffuse than before the eruption.

Data processing begins with event identification; we used the Filter Picker algorithm from Lomax et al. (2012) for automatic event detection. The minimum signal to noise ratio (SNR) value for the signal categorized as an event is 1.5 in all detecting stations. Additionally, at least two other stations are required to have identified the signal as an event within 10 s of the detection time from one of the stations. This criteria effectively reduces false positives, which may occur due to random noise. We have successfully used this algorithm for identifying the aftershocks of the 2018 Lombok earthquakes (Sasmi et al., 2020).

Afterward, the waveform traces were manually picked using Seisgram2K software (Lomax and Michelini, 2009) to determine the P- and S-wave first arrival times of each identified event. Only local volcano-tectonic (VT) earthquake arrival times that were successfully determined by at least three stations were used in the next stage. In total, 4,618 VT events were identified using automatic event detection. The events’ selection and arrival times picking resulted in 3,948 VT events with 18,741 P- and 17,237 S-phases, respectively. Our results show that most of the VT events occurred in October 2017 and diminished as the date of the initial eruption drew nearer; this result is in accordance with that described by Syahbana et al. (2019).



Determination of VT Events Hypocenter

We used the Non-LinLoc program (Lomax et al., 2000), a non-linear inversion method to determine the hypocenter’s location and its origin time. The program uses the octree approach, namely, recursive sampling and division of cells in 3D space based on the maximum posterior density function (pdf) in the center of the cell being evaluated. The optimum solution for the hypocenter location and origin time is obtained based on the maximum likelihood or the minimum misfit. The Non-LinLoc hypocenter solution’s quality is evaluated using the RMS error value and the largest principal axis value of 68% confidence ellipsoid, which was obtained by conducting singular value decomposition (SVD) of the matrix covariance.

The initial hypocenter solution and its origin time were obtained using the 1D seismic velocity model of Central Java (Koulakov et al., 2009) to generate the travel time calculated; this model was used because there is no local seismic velocity model available in this area. The 1D velocity model was then updated using the VELEST program (Kissling et al., 1994) to obtain the optimum local 1D velocity model. The seismicity catalog used for inversion tomography was obtained after inverting the data using Non-LinLoc by utilizing the optimum 1D velocity model. Further details regarding the hypocenter location’s determination and the final catalog can be seen in Sahara et al. (2020), along with this publication.



Tomographic Inversion

We used the 3-D inversion program SIMULPS12 (Evans et al., 1994) to invert the 3-D velocity structure and relocate the hypocenter solution. This program applied an iterative, damped least-squares algorithm to simultaneously update the hypocenter solution and 3-D Vp and Vp/Vs structure. The Vp/Vs structure was updated using S-P times directly; this approach is considered to be more robust than computing Vp/Vs by Vp and Vs division (Eberhart-Phillips, 1986). The synthetic travel times for P- and S-waves were solved using a pseudo-bending technique through an updated 3D velocity model (Um and Thurber, 1987; Supplementary Figure 2).

Prior to the stated processes, we selected events from the seismic catalog based on the following criteria: hypocenter spatial uncertainty of less than 5 km, an azimuthal gap of less than 300°, and the number of recorded P and S phase pairs at more than three stations. After the quality control process, there were a total of 1,926 VT events, corresponding to 9,482 and 8,683 P- and S-wave arrival times, respectively. Although this selection process significantly reduced the number of used events, it yields well-constrained hypocenters to stabilize inversion results. The hypocenter distribution used as input can be seen in Figure 1C. Most of the VT events were located inside the seismic network between Mt. Agung and Mt. Batur. The VT event’s focus depth is shallower than 30 km, with the highest density of VT events located at a depth range of 5–15 km on the northwest side of Mt. Agung.

Appropriate grid parameters were obtained by considering the recovery of checkerboard resolution tests (CRT) for a wide variety of grid sizes. Due to the inverse problem’s mix-determined nature, damping was imposed to produce a stable solution for each tested grid parameter. Optimum values for Vp and Vp/Vs initial damping parameters were derived by comparing data variance (misfit) with model variance for a series of one-step inversions with a variation of damping values forming an L-curve or trade-off curve (Eberhart-Phillips, 1986), and we allow the SIMULPS program to automatically update the damping values for succeeding iterations. CRT was performed using these damping parameters for each tested grid parameter. In order to evaluate the synthetic resolution test results more appropriately, we add Gaussian noise with a mean of 0 and a standard deviation of 0.2 s to the synthetic data. The grid parameters that provided the best recovery for this data set were a grid node size of 3 × 3 km horizontally and 4 km for vertical parameterization (Figure 1B). The appropriate station, Vp, and Vp/Vs damping values for this configuration are 10, 50, and 40, respectively (Supplementary Figure 3).

The tomographic inversion was first performed to obtain a 3-D Vp model using the optimum 1-D velocity in determining the hypocenter solution as the initial velocity model (Supplementary Figure 4). We used an initial Vp/Vs value of 1.70 as constant, estimated from a Wadati diagram of the data recorded on our local network (Sahara et al., 2020). We compared the results of the two tomographic inversion workflows. The first method starts with generating a detailed Vp model and then proceeds to a simultaneous inversion for both Vp and Vp/Vs. When inverting the 3-D Vp model, the S-wave travel time was used to constrain the hypocenter location, but the Vp/Vs value was kept constant. The 3-D Vp model was used as the initial model for the Vp/Vs inversion. This second inversion process allows for updating both 3-D Vp and Vp/Vs. The second method is to directly invert Vp and Vp/Vs simultaneously from the initial 1D velocity model. Both inversion processes use the same grid and damping parameters, as obtained in the preliminary steps.

Then we evaluate the effect of the inversion grid by comparing the inversion results of the grid parameters that have been shifted from their initial position. We shift the grid 1 km upward, eastward, and northward. For the initial grid velocity model that is shifted eastward and northward, it remains the same as the initial grid, because the initial model used is 1D, but in the upward direction it is necessary to make adjustments by doing linear interpolation. If the grid spacing is close to the true resolution capability and the damping is properly chosen, then the inversion result of the shifted grid should give comparable results.



Resolution Testing

To investigate the robustness of our new 3-D seismic velocity model, the inversion result was tested using mathematical parameters and a synthetic model. The mathematical parameters used are: ray hit count (RHC), derivative weight sum (DWS) (Toomey and Foulger, 1989), and diagonal resolution elements (DRE) (Menke, 1989), while checkerboard resolution tests (CRT) were used for synthetic tests. The synthetic test was first performed by making a synthetic velocity model, an alternating positive and negative perturbation (±10%) of the optimum 1D velocity model. We added Gaussian noise with a mean of 0 and a standard deviation of 0.2 s to the synthetic data. Then the inversion was carried out using the same procedure, parameters, and grid spacing as used in the inversion of real observation data. The well-resolved regions are indicated by the excellent recovery of synthetic velocity anomaly patterns in CRT and high RHC, DWS, and DRE values. In general, this method is useful for detecting regions that lack resolution but provides limited information regarding the real model recovery (Lévěque et al., 1993; Rawlinson and Spakman, 2016).



RESULTS

First, we compare the results of the two inversion workflows. The resulting total weighted RMS, final P- and S-P data variance from the first method (first invert 3D Vp with constant Vp/Vs, then do simultaneous inversion of Vp, Vp/Vs, and hypocenter from the initial 3D Vp velocity model) is 0.09030 s, 0.00773 s2, and 0.00860 s2, respectively. Whereas the second method (simultaneous inversion of Vp, Vp/Vs, and hypocenter from the 1D velocity model) is 0.09057 s, 0.00788 s2, and 0.00855 s2. Comparison of the final travel time residuals for P- and S-waves of the two methods is plotted as histograms in Supplementary Figure 5 and seismic velocity structure in vertical cross-sections (A-A’, B-B’, C-C’) in Supplementary Figures 6–10. It can be observed that the first method can give better results in terms of misfit compared to the second method. The Vp and Vp/Vs results of the two methods appear comparable, but Vs produces a slightly different pattern. However, in the first method, it can be seen that the result of the velocity structure Vs is very similar to the Vp. This may be due to the inversion scheme. Because the Vp value is optimum and the program inverts the Vp/Vs value instead of Vs, so the Vs value will only be slightly updated. These two factors cause the anomaly pattern of Vs to have a tendency to follow the anomaly pattern of Vp, while the second method does not have such a tendency. We, therefore, decided to use the second method even though first method has a smaller misfit.

The RHC, DWS, and DRE values for horizontal and vertical cross-sections are presented in Supplementary Figures 11–18. The CRT results for horizontal slices and vertical cross-sections are presented in Supplementary Figures 19–23 and Figure 2. Reconstruction of the synthetic test results shows reasonably good recovery for depths from 0 to 8 km but lower resolution for the deeper layer (Supplementary Figures 19–23); this is similar to regions with relatively high DRE, DWS, and RHC values. A fair resolution was achieved in the area between Mt. Agung and Batur (northwest of Mt. Agung). The eastern region of Mt. Agung lacks resolution because most of the events and the stations are in the western part of the volcano. The results of the inversion of the velocity model obtained have sufficient resolution, this is indicated by the similarity of the Vp, Vs, and Vp/Vs patterns between the initial grid parameters and those that have been shifted upward, eastward, and northward (Supplementary Figures 24–26).
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FIGURE 2. Vertical cross-sections of recovered Vp checkerboard resolution tests (CRT) model (top row), and recovered Vp/Vs CRT model (bottom row). The thin black line is the contour of the initial CRT model for Vp and Vp/Vs with interval of 4. Dashed black lines define the area which has a good resolution. Blue and red colors respectively represent high and low seismic velocity anomaly values, according to the scale at the bottom of each row. The vertical cross-section is taken at (A-A’) (first column), (B-B’) (second column), (C-C’) (third column), the spatial location of each cross-section, as seen in Figure 1C.


Our tomographic inversion procedure produced a 3-D velocity model and relocated the VT events, which led to a total weighted RMS reduction from 0.125 to 0.09057 s. The initial P- and S-P data variance associated with the initial model is 0.01588 and 0.01522 s2. The P- and S-P data variances for the final model are 0.00788 and 0.00855 s2, respectively. This inversion procedure allowed to simultaneously update the velocity model and hypocenter solution resulting in a reduction of the total RMS to 27.5%, with a 90% value of travel time between 1.65 and 4 s, so the average percentage of data misfit estimates from source to receiver ranges from 2.5 to 5.5%. We visualize the final 3-D Vp, Vs, and Vp/Vs ratio model along with the CRT results as a series of horizontal slice sections in Supplementary Figures 19–23. We also show three vertical cross-sections (A-A’, B-B’, C-C’) for CRT results, 3-D velocity models, and 3-D absolute velocity in Figures 2–4, respectively. In these figures, the Vp and Vs are plotted as percent perturbations relative to the 1-D initial velocity model, while Vp/Vs are plotted as absolute values.

There are three relocated VT event clusters visible in vertical cross-sections (Figures 3, 4). The first cluster is a swarm earthquake with a depth of 5–15 km below sea level between Mt. Agung and Mt. Batur, shown in vertical cross-sections of A-A’, and B-B’. The second cluster is located below the summit of Mt. Agung at depths of about 1–5 km below sea level; this cluster appears in three vertical cross-sections. The third cluster is located west of Mt. Agung at depths of about 1–5 km below sea level, trending southwest to northeast as identified in the A-A’ slice but less visible in the B-B’ cross-section. The fact that the third cluster is only clearly visible in cross-section A-A’ shows this only appears in a limited area. Based on these relocated hypocenters and 3-D velocity structure results, we identified five anomalous regions (marked as R1–R5 in Figures 3, 4).
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FIGURE 3. The vertical cross-sections of the Vp, Vs, and Vp/Vs models from top to bottom, respectively; for slice (A-A’) (first column), (B-B’) (second column), (C-C’) (third column), the spatial location of each cross-section can be seen in Figure 1C. Blue and red colors respectively represent high and low seismic velocity anomaly values and inverted for Vp/Vs, according to the scale at the bottom of each column. Vp and Vs are plotted as percent perturbations relative to the 1-D optimum initial velocity model, and Vp/Vs are plotted as absolute values. The white dot represents the hypocenter’s projection to the vertical cross-section; only events with depths less than 0.5 km from the centerline are plotted here. Dashed black lines define the area which has a good resolution based on resolution test results. Labeled regions (R1–R5) depicted by these figures are discussed in the text.
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FIGURE 4. The vertical cross-sections of the Vp, Vs, and Vp/Vs models from top to bottom, respectively; for slice (A-A’) (first column), (B-B’) (second column), (C-C’) (third column), the spatial location of each cross-section can be seen in Figure 1C. Vp, Vs and Vp/Vs are plotted as absolute values. The white dot represents the hypocenter’s projection to the vertical cross-section; only events with depths less than 0.5 km from the centerline are plotted here. Dashed black lines define the area which has a good resolution based on resolution test results. Labeled regions (R1–R5) depicted by these figures are discussed in the text.


1. Region 1 (R1) is identified in cross-section A-A’, B-B’, and C-C’; this region is located right below the summit of Mt. Agung at depths between −2 and 2 km relative to sea level or ∼1 to 5 km relative to the summit of the volcano and has high Vp (+3.8%), low Vs (−1.9%), and high Vp/Vs (1.82) with low seismicity.

2. Region 2 (R2) is located around 10 km west of the Mt. Agung (section C-C’) with depths of 0–4 km below sea level; this region is characterized by low Vp (−16%) and Vs (−8.5%), and low Vp/Vs (1.55) with high seismicity.

3. Region 3 (R3) is located slightly northwest of Mt. Agung (section A-A’ and B-B’) at depths between 6 and 10 km below sea level; this region is characterized by low Vp (−8.1%), low Vs (−4.2%), and low Vp/Vs (1.63) with high seismicity.

4. Region 4 (R4) is located beneath the summit of Mt. Agung at a depth 6–10 km below sea level; it is identified in cross-sections A-A’, B-B’, and C-C’ as low Vp (−4.5%), low Vs (−8.1%), and moderate to high Vp/Vs (1.77) with low seismicity. High Vp/Vs indicates that Vs’ value is reduced more than the Vp anomaly value in this area.

5. Region 5 (R5) is co-located with a large cluster of VT events 6 km northwest of Mt. Agung at depths between 8 and 14 km below sea level (sections A-A’ and B-B’). This region is imaged as a sub-vertical structure characterized by a transition from low to high Vp and Vs, moderate to high Vp/Vs (1.76–1.79), and very high seismicity.



DISCUSSION

We qualitatively interpret our results using known relationships between seismic velocity and rock physics parameters. A quantitative analysis of volcanic tomography data (such as temperature determination or fractions of partial melt) has two sources of uncertainty; namely, the inaccuracy of the amplitude determination of the anomalous seismic velocity due to limited resolution and an imperfect understanding of the relationship between physical parameters and seismic velocity (Hammond and Humphreys, 2000). Besides, there are many physical rock parameters such as pressure, temperature, rock composition, porosity, fluid content, saturation, and crack density, which can affect the Vp, Vs values and Vp/Vs ratios (Nur and Simmons, 1969; Toksoz et al., 1976; Moos and Zoback, 1983; Hammond and Humphreys, 2000; Takei, 2002; Lees, 2007). Therefore, if we want to make a quantitative analysis of rock physic parameters using seismic tomograms, this problem will be highly underdetermined. We also acknowledge that our seismic observation network is less than ideal due to the lack of ray path coverage in the eastern part of Mt. Agung, limiting the resolution beneath the volcano. Because most of the VT events are located within the station’s coverage the data set is sufficient to produce a subsurface velocity structure that can be interpreted qualitatively.

Considering the limitations mentioned earlier, we interpret the five anomalous regions labeled in Figure 3 as follows. The first region (R1) has low seismicity, high Vp (+3.8%), low Vs (−1.9%), and is characterized by a high Vp/Vs value, reaching 1.82 at that location. We interpret this region as a shallow magma reservoir confined by consolidated, older volcanic intrusive rocks from previous large eruptions. Similar conditions are also observed at other stratovolcanoes, such as Mt. Etna (Laigle et al., 2000), Tungurahua volcano (Molina et al., 2005), and Sinabung volcano (Nugraha et al., 2019). The location of the high Vp/Vs anomaly (∼1.82) is at the sea level and the Vp/Vs value is significantly reduced to 1.7 at a depth of 4 km. Based on these significant changes in Vp/Vs value, we speculate that there may be shallow magma reservoirs at a depth of between −2 and 2 km relative to the sea level or about 1–5 km below the summit of the volcano.

There have been several studies regarding the presence of shallow magma reservoirs at Mt. Agung. Chaussard and Amelung (2012) conducted deformation analysis using ALOS InSAR time-series data from 2006 to 2009. Their results showed a clear uplift signal in a circular pattern inflating at rates of 3–8 cm/yr. Using inversion with the pressurized finite spheres approach in an elastic half-space, they estimated the existence of a pressure source at a depth of 4.4 km below the summit. But based on the results of a recent study for that data, Yip et al. (2019) show that the deformation signals previously reported at Agung are not the result of magmatic sources but correlate with atmospheric artifacts. Albino et al. (2019) after correcting the atmosphere and removing the deformation related to the dyke intrusion found a small concentric pattern of uplift remains at the summit of Agung. They interpret this inflation as pressurization of the hydrothermal system rather than magmatic source because the location of the source is very shallow and local. Despite the absence of evidence of sufficient surface deformation, the shallow magma chambers at Mt. Agung can still exist because it is probably not resolved by the data; this depends on the rate of accumulation and the depth of the source (Yip et al., 2019). The existence of shallow magma chambers is supported by the results of Geiger et al. (2018), based on mineral-melt equilibrium thermobarometry of lavas produced by the 1963 eruption, Their results show the existence of magma from an upper crustal chamber at 3–5 km depth.

Region 2 (R2) is located 10 km west of the Mt. Agung summit with high seismic activity and is just low Vp (−16%), Vs (−8.5%), and low Vp/Vs (1.55). This region is on the boundary of the area with resolution, so the interpretation of this seismic velocity anomaly should be performed carefully. However, considering this area is located in the lowlands west of Mt. Agung and that there is a continuation of low-velocity patterns at shallow depths between Mt. Agung and this area, we associate this low-velocity anomaly with the accumulation of volcanic deposits. Previous studies using ambient seismic noise tomography also describe the low Vs at depths up to 2 km at the topographic saddle between Mt. Agung and Mt. Batur (Zulfakriza et al., 2020). High seismicity in this area forms a separate cluster in a fairly limited area; it may be related to activated faults triggered by the over-pressurization of groundwater or gas exsolution from the magma intrusion beneath the volcano (Coulon et al., 2017; Syahbana et al., 2019).

Region 3 (R3) is located between 5 and 10 km below the summit characterized by low Vp (−8.1%), low Vs (−4.2%), and low Vp/Vs (1.63), and high seismic activity during the observation period. The anomaly may indicate that the rock mass has a high crack density that is dry or filled with supercritical fluid. The effect of supercritical fluid is similar to adding a small amount of gas: the reduction in Vp value will be much faster than that in the Vs, so that the Vp/Vs value will also decrease (Ponko and Sanders, 1994). Because of its location, which is close enough to a high-temperature heat source to cause evaporation of fluids and gas expansion, this can further reduce seismic velocity and become one of the factors that affect seismic activity in these fractured rocks. An increase in pore-pressure decreases the normal stress on the rock volume, which becomes more prone to slippage (Pearson, 1981). In their study, Bachmann et al. (2012) use data from the natural laboratory of the Basel-1 enhanced geothermal systems to explain the mechanism of pore-pressure changes that causes the presence of high b-value anomalies (increased probability of small earthquakes); similar mechanisms can also occur in volcanoes.

Region 4 (R4) is under the summit at a depth of 6–10 km; this area is next to Region 3. Similar to R3, this area has low Vp (−4.5%), low Vs (−8.1%), anomalies but moderate to high Vp/Vs (1.77) values, and low seismicity. Low Vp, low Vs, and high Vp/Vs anomalies are often found in active volcanic areas (Nakajima and Hasegawa, 2003; Lees, 2007; Ramdhan et al., 2019). These researchers agree that this anomaly provides evidence of melt or fluid accumulation. Therefore, we interpret that this region may be related to high crack density rock mass with high-temperature melts or increased fluid content saturation, compared to R3. Differentiation between high temperatures and fluid melts can be achieved with additional information, such as heat flow or earthquake occurrence (Sanders et al., 1995); therefore, we consider this area to be more affected by melts due to low seismicity.

Region 5 (R5) has low to high Vp and Vs, moderate to high Vp/Vs (1.77–1.79), which is similar to R1; however, this region has significantly high seismic activity. The results of earthquake relocation using a 3D velocity model, or using a 1D velocity model from the initial location, show that most of the recorded earthquakes are around the anomalous zone at a depth of 8–14 km. We interpret this as a dyke complex; the observed seismic swarm during the observation period was related to the dyke intrusion. Albino et al. (2019) performed a non-linear inversion using InSAR deformation data to obtain the position and the volume change of the dyke and then viewed the temporal relationship with seismic activity. They conclude that the optimum location of the dyke is between Mt. Agung and Mt. Batur at a depth of ∼10 km below sea level. They also find a positive correlation between the rate of change in dyke volume and seismic activity. The compatibility of this anomaly location and the spatio-temporal relationship between seismicity and the dyke volume can further confirm that the second conceptual model proposed by Syahbana et al. (2019) is the most appropriate for describing the subsurface structures of Mt. Agung.

The high temperature melts described as high Vp values in R1 and R5 seem quite puzzling. However, this type of anomalies is frequently found in seismic tomography results carried out at active stratovolcanoes around the world and often interpreted as new magma penetrated through older intrusives rock (Lees, 2007). In our study, most stations are located in the low-velocity zone (Zulfakriza et al., 2020); therefore, the 1D optimum velocity model produced by VELEST for shallow depths is low. As a result, the anomaly below the top of the mountain is described as high velocity. This argument is acceptable to explain R1 but not R5. Perhaps using a denser seismic network and a 3D initial velocity model, or a graded inversion scheme (inversing using a finer and finer grid) could produce appropriate anomalies in these regions. De Natale et al. (2004) analyzed the Somma-Vesuvius volcano using local earthquake data and dense artificial sources as well as a 3D initial velocity model. Their results show these anomalous features (high Vp, high Vp/Vs, and high seismicity) as found by previous studies, but with detailed petrological analysis they interpreted this as a region of quenched magma.

Based on our hypocenter relocation and 3D Vp, Vs, and Vp/Vs model, and the results of previous studies, we summarize our interpretation using a schematic model, as shown in Figure 5. First, magma rose from deep magma storage up to a depth of about 14 km from the mean sea level below R3. This first phase occurred between mid-May and late August 2017; sufficient seismicity has been detected to confirm this, but no significant surface deformation has been observed; this may be because the source is still very deep. The magma then migrated to Region 4 with a flow rate lower than the inflow from the deep magma reservoir, accounting for the accumulation of high melt temperature under R3. An increase in temperature or magma devolatilization in this area caused an increase in pressure distributed to the surrounding area, which explains the triggered VT events in R2 and R3. Then the dyke penetrated upward toward the west-northwest of Mt. Agung (R5) and its size continued to increase, although at a decreasing rate; this may have been due to an increased flow rate from Region 4 to Region 1 or reduced inflow from the deep magma reservoir. Then, between November 8 and November 20, 2017 (1 day before the first eruption), a significant reduction in intrusion dyke volume took place, which is interpreted as magma withdrawal into a shallow reservoir.
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FIGURE 5. (A) Vp/Vs vertical cross-sections along section A-A’, This image description is the same as in Figure 3 with the addition of the Vp/Vs contour. (B) The schematic diagram for interpretation of the results along section A-A’ is derived from the Vp/Vs ratio structure. Dyke intrusion penetrated upward toward the west-northwest of Mt. Agung. Based on the resolution test results, we define well-resolved regions inside dashed black lines.


Based on our ray coverage, getting a more accurate picture of the subsurface beneath Mt. Agung would need to add seismic stations on the east side. If we aim at defining the shallow magma reservoir geometry we would have to rearrange or add observation stations, so that the spacing between stations reaches the same order as the minimum size of the target anomalies. Then the resolved depth of the local tomography would not be larger than the maximum depths of sources, so that the seismic station should fully capture a seismic crisis and give information about the deeper location of the magma.



CONCLUSION

We have successfully relocated the VT earthquakes and determined the first 3D seismic velocity structure (Vp, Vs, and Vp/Vs ratio) to describe subsurface conditions beneath Mt. Agung. We used a combination of permanent [2 vertical short-period seismometers (1-C)] and temporary [6 three components (3-C) broadband seismometers] observation stations installed by the CVGHM during the period from October 18 to December 31, 2017. Based on resolution tests, the area between Mt. Agung and Mt. Batur has a reasonably satisfactory resolution down to a depth of 15 km.

The results of our VT earthquakes tomography reveal five anomalous regions, which we interpret as follows: (i) a shallow magma reservoir located just below the summit of Mt. Agung at depths between ∼1 and 5 km, which is characterized by very high Vp/Vs ratio and low seismicity; (ii) a fault zone characterized by shallow seismicity with depths up to ∼5 km below sea level, which may be triggered by over-pressurization of groundwater due to magma intrusion; (iii) high crack density dry rock mass or filled with a supercritical fluid, as indicated as low Vp, Vs, and Vp/Vs with high seismicity; (iv) the same rock mass as Region 3 but dominated by high-temperature melt. This area is probably a conduit associated with a shallow magma reservoir as characterized by moderate to high Vp/Vs and low seismicity; (v) a sub-vertical dyke complex at depths of 8–14 km below sea level, which is described as moderate to high Vp/Vs with significantly high seismicity around this anomalous body.

Our study reveals new insight into the magma plumbing system’s subsurface structure beneath Mt. Agung. However, we are not able to delineate the deeper magma storage due to the limited resolution. We have succeeded in obtaining the shallow magma reservoir’s location, and the estimated location and dimensions show good agreement with previous studies (Chaussard and Amelung, 2012; Geiger et al., 2018). We confirm the presence of a dyke complex intrusion with an accompanying seismic swarm prior to the 2017 eruption of Mt. Agung (Albino et al., 2019; Syahbana et al., 2019). The temporal relationship between seismicity and changes in dyke volume (Albino et al., 2019) and the spatial relationship between the hypocenter solution and the high Vp/Vs anomaly increases the level of confidence for our interpretation of the dyke complex intrusion. Further research is still needed, employing different geophysical methods such as gravity, magnetic, electromagnetic, to provide better constraints in the conceptual model, especially at greater depths, so that we can have a better comprehension of the subsurface conditions of Mt. Agung, which may contribute to better mitigation of volcanic disasters in the future.
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In 2017, Mount Agung produced a small (VEI 2) eruption that was preceded by an energetic volcano-tectonic (VT) swarm (>800 earthquakes per day up to M4.9) and two months of declining activity. The period of decreased seismic activity complicated forecasting efforts for scientists monitoring the volcano. We examine the time history of earthquake families at Mount Agung in search of additional insight into the temporal changes in the shallow crust prior to eruption. Specifically, we analyze the period of declining seismic activity about five weeks prior to the eruption when forecasting uncertainty was greatest. We use REDPy (Hotovec-Ellis and Jeffries, 2016) to build a catalog of 6,508 earthquakes from 18 October 2017–15 February 2018 and group them into families of repeating earthquakes based on waveform similarity using a cross-correlation coefficient threshold of 0.8. We show that the evolution of earthquake families provides evidence that Mount Agung was progressing toward eruption even though overall earthquake rates and seismic-energy-release declined. We find that earthquake families that dominated seismicity during the beginning of the crisis ceased near the onset of tremor on 12 November 2017. Then, earthquake families took on characteristics commonly observed during effusive phases of eruptions on 15 November—a full six days before the first phreatomagmatic eruption on 21 November 2017 and a full ten days before the actual onset of lava effusion on 25 November 2017. We interpret the transitions in seismicity as the manifestation of a three-phase physical model including an Intrusion Phase, a Transition Phase, and a Eruptive Phase. During the Intrusion Phase, seismicity was dominated by VT earthquakes with a relatively high percentage of repeaters (59%) grouped into numerous (65) simultaneous families. During the Eruptive Phase, seismicity included both VT and low frequency earthquakes that grouped into relatively long-lived families despite a low overall percentage of repeaters (14%). The Transition Phase exhibited characteristics of earthquake families between the Intrusion Phase and Eruptive Phase. We conclude that the time history of earthquake families provides insight into the evolution of the stress distribution in the volcanic edifice, the development of the volcanic conduit, and seismogenesis of magma effusion. Finally, we discuss the role that repeating earthquakes could play in real-time monitoring at restless volcanoes. Our work suggests eruption forecasts can be improved by incorporating automatic processing codes to assist seismologists during sustained periods of high earthquake rates, even at sparsely monitored volcanoes.
Keywords: volcano seismology, repeating earthquakes, cross-correlaion, eruption forecasting, intrusion seismogenesis, seismic precursor, agung volcano
INTRODUCTION
Continuous seismic data have been the primary data stream used to forecast eruptive activity during volcanic crises since modern volcano monitoring began. Examples of forecasts from seismic data are numerous (e.g., Endo et al., 1981; Malone et al., 1983; Klein, 1984; Swanson et al., 1985; Power and Lalla, 2010; Chouet et al., 1994; Harlow et al., 1996; Soosalu et al., 2005; Power and Lala, 2010; Buurman and West, 2010; and; Ruppert et al., 2011). The most established seismic indicators of incipient eruption include increasing number and amplitude of seismic events and shifts in types of seismic events from VTs (volcano-tectonic) to LFs (low frequency) and tremor as magma nears the surface (e.g., Minakami, 1974; Voight, 1988; Chouet, 1996; McNutt, 1996; Boué et al., 2015; McCausland et al., 2019; White and McCausland, 2019). Many of these methods are most reliable for explosive eruptions, whereas small and slowly evolving eruptions can be more difficult to forecast reliably (e.g., Cameron et al., 2018) and require a detailed understanding of a volcano’s structure, tectonic framework, hydrologic system, and eruptive history.
Seismicity escalated dramatically in the months prior to the 2017–2018 eruption at Mount Agung, Bali, Indonesia, providing ample warning of an impending eruption (Syahbana et al., 2019) and raising fears of a violent eruption, similar to the VEI 5 in 1963 (Kusmandinata, 1964). Although the eruption was expected in the long term, forecasting the size and onset time of the eruption in the short term was difficult. Ultimately, the eruption was only a VEI 2, characterized by relatively small explosions and the extrusion of 24 million m3 of lava at the summit crater (Syahbana et al., 2019). Ash fall affected local farmland and small lahars traveled down drainages on the N and S flanks, and there were no fatalities.
Several challenges presented themselves throughout the crisis:
(1) Scientists with CVGHM (Indonesia’s Center for Volcanology and Geologic Hazard Mitigation), who were responsible for monitoring, had very few automatic processing tools to assist them in their work. Aside from RSAM (Realtime Seismic Amplitude Measurement: Endo and Murray, 1991), staff manually counted and classified earthquakes to interpret volcanic activity and provide information to decision makers and the public.
(2) There were no records of seismicity from the 1963 eruption, and there had been no detected unrest on the local network in the decades prior to 2017 to serve as a comparison.
(3) After an initial intense swarm of earthquakes, overall rates of seismicity decreased for almost two months leading into the first phreatomagmatic and magmatic eruptions, thus creating uncertainty as to when or if activity would progress toward an eruption (Syahbana et al., 2019).
(4) Seismic signatures that commonly reflect shallowing magma (McNutt, 1996; White and McCausland, 2019)–tremor, low frequency earthquakes, and proximal brittle failure earthquakes—were subtle, low in amplitude, and difficult to detect through cultural noise.
Small eruptions can be difficult to forecast precisely because precursory signals can be subtle, but in densely populated areas small eruptions still pose a great threat. Thus, new approaches and analysis tools are needed. Studies of repeating earthquakes, or earthquake families, have been successful, though often in retrospect, of showing notable changes in eruptive activity at a variety of volcanoes (e.g., Green and Neuberg, 2006; Umakoshi et al., 2008; Arambula-Mendoza et al., 2011; Thelen et al., 2011; Buurman et al., 2013; Rodgers et al., 2013). Repeating earthquake families can include either broad-band brittle failure or low-frequency earthquakes and are observed when seismic sources are stationary, non-destructive and of the same mechanism (Geller and Mueller, 1980). Processes that cause them vary widely, including brittle failure associated with deep pressurization and conduit building under the summit (Buurman and West, 2010; Deshon et al., 2010; Budi-Santoso and Lesage, 2016), shallow fluid movement and lava dome growth at the surface (Stephens and Chouet, 2001; Rowe et al., 2004; Green and Neuberg, 2006; Umakoshi et al., 2008; Matoza and Chouet, 2010; Thelen et al., 2011), magma-water interaction in the shallow system (Rodgers et al., 2013; Rodgers et al., 2015), and degassing (Caplan-Auerbach and Petersen, 2005; Waite et al., 2008; Matoza et al., 2015).
In this retrospective study, we examine the time history of earthquake families at Mount Agung in search of additional insight into the temporal changes in the shallow crust (upper 20 km) prior to eruption. Specifically, we analyze the period of declining seismic activity ∼5 weeks prior to the eruption. We show that the evolution of earthquake families illustrates that Mount Agung was progressing toward eruption even though overall earthquake rates and seismic-energy-release declined.
ERUPTION TIMELINE AND RESPONSE
After a 50 + year period of repose, unrest at Mount Agung began in mid-July with anomalous levels of seismicity, thermal anomalies, and an increase in steaming at the volcano’s summit (Syahbana et al., 2019). Earthquake rates and magnitudes intensified in September, and reports of felt seismicity and locations for the largest earthquakes (>M2.3)—computed by Indonesia’s Meteorological, Climatological, and Geophysical Agency (BMKG), which runs the national seismic network—suggested the earthquakes were located between the edifices of Mount Agung and Batur (NW of Mount Agung) at depths between 10 and 20 km below sea level (Figure 1). The growing swarm of brittle failure VTs was interpreted as the seismic response of the crust as a deep intrusion under the summit of Mount Agung (White and McCausland, 2016). Later work helped clarify the path magma took to reach the surface. A series of InSAR images from 21 September 2017 UTC to 8 November 2017 UTC show a pattern of inflation that is consistent with a dike intrusion between 7 and 13 km depth on the NW flank of Mount Agung (Albino et al., 2018). The location of the magma reservoir below the depth of the dike is not known, but Syahbana et al. (2019) favor a model where a the dike propagated laterally from a deeper magma reservoir (12 to >15 km) beneath the summit of Mount Agung before magma continued to the summit.
[image: Figure 1]FIGURE 1 | Map (left) and timeseries (right) of seismicity throughout the entire crisis. The map displays information about locations for the 423 earthquakes located near Mount Agung by Indonesia’s Meteorological, Climatological, and Geophysical Agency (BMKG) from September 2017 through February 2018. Specifically, the map shows the number of earthquakes in the BMKG by Indonesia’s Meteorological, Climatological, and Geophysical Agency (BMKG) catalog per 0.01x0.01o bin, the resolution of the BMKG catalog (∼1.1km x 1.1km at this latitude). Black triangles represent seismic stations used in this study. White triangles represent additional stations that were not included due to frequent data outages or high levels of noise. The EW cross-section below the map shows the BMKG depth for all earthquakes on the map. Earthquakes before 15 October are plotted in blue, and earthquakes after 15 October are plotted in orange. The apparent shift in hypocenters from west of the volcano to east of the volcano in mid-October was noticed during the crisis (Syahbana et al., 2019) and is discussed in the text. The timeseries shows the Center for Volcanology and Geologic Hazard Mitigation’s (CVGHM) earthquake counts (gray bars), 24-Hour RSAM derived from the filtered (1–10 Hz) seismic data of station TMKS (blue line), all triggers produced by REDPy (black line), and the repeater percentage of triggers (red line). Key dates, such as the largest earthquake in the sequence (M4.9 on 9 Nov SGT), the first appearance of tremor (12 Nov SGT), the first phreatic eruption (21 Nov SGT), and the first magmatic eruption (25 Nov SGT) are also included. All dates are Agung local time (UTC+8; “SGT”). Figure 2 shows more detail for the study period.
One day before the peak seismic earthquake rates on 23 September 2017, CVGHM raised the alert level to IV (the highest of 4 levels). Earthquake magnitudes reached a new maximum (M4.2) a day later on 23 September 2017 (Syahbana et al., 2019), but subsequently earthquake rates and RSAM values decreased significantly (Figure 1). After a month of reduced earthquake rates and declining RSAM values, the alert level was lowered to III on 29 October 2017 (Syahbana et al., 2019).
During this time of uncertainty, CVGHM staff were vigilant for any signs of shallowing magma, such as the emergence of tremor and low-frequency (LF) seismicity or a shift of seismicity toward the summit (Chouet, 1996; White and McCausland, 2019). On 9 November 2017, a M4.9 earthquake, the largest of the crisis, and a series of aftershocks occurred in a prominent new location NE of the mountain at ∼10 km depth, according to BMKG. According to global solutions by the U.S. Geological Survey (USGS) National Earthquake Information Center2 and the Global Centroid Moment Tensor3 (Dziewonski et al., 1981; Ekström et al., 2012), the earthquake occurred on an approximately E-W striking, south-dipping thrust fault—consistent with seismicity in the back-arc of the Sunda convergent margin (Supendi et al., 2020). On 12 November, CVGHM staff noted the first significant tremor as well as the first appearance of LF earthquakes. These tremor bursts were ∼40–120 s each, were broadband (1–10 Hz), and were barely strong enough to rise above the amplitudes of daytime cultural noise on the analog stations TMKS and PSAG (Syahbana et al., 2019). Together, the M4.9 earthquake and appearance of tremor and LFs were interpreted by CVGHM as a possible shift toward a more phreatic phase of precursory unrest as heat interacted with the shallow hydrologic system and fluids and gases moving toward the surface began opening the conduit. Later work by (Sahara et al., 2021) (submitted) lend credence to this interpretation by showing a gradual shift in earthquake locations toward the summit.
The fact that tremor did not continue and that shallow LF earthquakes were few in number, however, suggested that if processes in the volcanic conduit were progressing toward eruption, they were doing so slowly. The lack of convincing evidence for shallow conduit seismicity and the increased lag time since the energetic VT swarm increased CVGHM’s uncertainty that an eruption would occur in the near future (Syahbana et al., 2019), and CVGHM opted not to raise the alert level. In hindsight, another InSAR image from 20 November showed significant depletion from the inflation source under the NW flank, which Albino et al. (2018) interpret as a sign that magma had begun to migrate toward the summit. The first gas measurements, which were taken by unoccupied aircraft systems early on 21 November, also showed high levels of CO2, which was interpreted as a significant sign of unrest (Syahbana et al., 2019).
Earthquake rates remained at low levels and fluctuations in RSAM stayed within normal bounds leading up to the first phreatomagmatic eruption on 21 November. LF earthquakes and tremor increased after the first phreatomagmatic eruption, and on 25 November, CVGHM staff documented 21 larger LF signals with a dominant frequency of ∼2 Hz over a 90-min period (Syahbana et al., 2019). These earthquakes were closely associated in time with the onset of lava at the summit, and within just a few days, 24 million m3 of lava had filled one-third of the summit crater, and regular explosions occurred until mid-January 2018 (Syahbana et al., 2019).
METHODS
We used REDPy (Hotovec-Eills and Jeffries, 2016) to build an earthquake catalog at Mount Agung prior to, during, and after the late-November 2017 eruptions, and we group those earthquakes into families based on waveform similarity to assess changes in seismicity over time. We focus on the time period of greatest forecasting uncertainty—i.e., when seismicity decreased following peak rates in late September, and then in the period after the eruption started.
REDPy is designed to comb through real-time or archived continuous data to produce a catalog of triggered signals using a short-time-average/long-time-average (STA/LTA) algorithm. It then cross-correlates all triggered signals against each other, and earthquakes with cross-correlation coefficients above a certain threshold are grouped into families of repeating earthquakes. Earthquakes from a single family are presumed to have originated from a similar location and a similar source mechanism, thus providing some information about earthquake source properties even if the network is insufficient to compute hypocenters or focal mechanisms (Geller and Mueller, 1980). Earthquakes whose cross-correlation coefficients with prior events are below a defined threshold are labeled “orphans” and remain in the catalog to be compared to future earthquakes. We also use REDPy to compute the Frequency Index (FI) of each earthquake by comparing energy in a high frequency band (5–10 Hz) to energy in a low frequency band (1–2.5 Hz) (Buurman and West, 2010). Frequency index is an arithmetical method to describe earthquake frequency content, and in our case, we empirically define the boundary between VT and LF earthquakes at 0 (Figure 2).
[image: Figure 2]FIGURE 2 | Detailed look of the study period from Figure 1. (A) Detailed look at Figure 1. See Figure 1 for explanation. The gray bars in mid-November and mid-to late-December labeled “No Data” represent times when there were not enough stations (i.e., less than 3) for REDPy to produce a trigger. These gray bars extend to subplots B and C (B) Frequency Index of all triggers and repeaters in the REDPy catalog. The swarm of 21 LF earthquakes on 25 November SGT is clearly distinguishable. We empirically define the boundary between VTs and LFs at 0. See text for details. (C). Each horizontal line represents one earthquake family (5 + members). Red boxes represent hours when the family was active. Numbers to the right of each line represent the total number of repeaters in the family. The definitions for the start and stop of the Intrusion Phase (blue), Transition Phase (green), and Eruptive Phase (pink) are based on the patterns of earthquake families in this plot (see Discussion). Vertical dashed lines and vertical gray bar are extensions of labels from A.
Prior to the crisis, the seismic monitoring network at Mount Agung consisted of two short-period, vertical seismometers that were transmitted via analog telemetry back to the observatory post at Pos Rendang. The stations were ∼4 and 5 km away from the summit. Between mid-October and early November, CVGHM and VDAP (USGS-USAID Volcano Disaster Assistance Program) installed seven new seismometers — 6 broadband and 1 short-period—with digital telemetry back to the observatory post (Figure 1). Four of those stations were located <10 km from the volcano while the other three were located farther away. For this analysis, we used 5 stations (the two original short-period analog stations (TMKS, PSAG), the short-period digital station (ABNG) and two of the closest broadbands (CEGI, YHKR) (Figure 1). We did not include the other proximal broadband, DUKU, because it had significant data outages during our study.
We filtered all data between 1 and 10 Hz before applying the recursive STA/LTA algorithm (short-time widow: 3 s; long-time window: 8 s; trigger on threshold: 1.8; trigger off threshold: 1.3). We required a detection at 3 stations in order to produce a trigger, and we required a cross-correlation coefficient of 0.8 at 3 stations in order to be considered a matching waveform. Finally, we required families comprise five earthquakes or more for the events to be grouped as a family and counted as a repeater for the purposes of Figures 1–3 and Table 1.
[image: Figure 3]FIGURE 3 | Schematic of the preferred model from Syahbana et al. (2019). Each phase of activity from the Discussion and Figure 2C is tied to a general location of earthquake activity. A generalized version of Figure 2C is reproduced in the top left for easy reference. In the model sketch, stars represent high-frequency VT earthquakes, and circles represent low-frequency earthquakes. Red represents a preponderance of repeaters while black represents a preponderance of orphans. The representation of VTs, LFs, repeaters, and orphans in this figure is for illustrative purposes only. This figure modifies Figure 2B from Syahbana et al. (2019).
TABLE 1 | Percentage of earthquakes that are repeaters during each phase of activity. In general, the Intrusion Phase of seismicity is dominated by repeaters while the Transitional Phase and Eruptive Phase are overwhelmingly dominated by orphans. CCC = cross-correlation coefficient.
[image: Table 1]We reviewed all earthquake waveforms in Swarm4 to verify that regional earthquakes and noise were not included in our analysis. We also repeated our analysis with cross-correlation coefficients of 0.6 and 0.7 to verify that the interpretation of our results is not sensitive to this value (Supplementary Table S1). Finally, we extended our analysis to the beginning of the crisis (early September) by using just the 2 original analog stations and a cross-correlation coefficient of 0.8 to verify that observations made in the study period are representative of the beginning of the crisis.
RESULTS
Our analysis resulted in a catalog of 6,508 earthquakes from 21 October 2017 to 15 February 2018 (Table 1). The calculated daily counts correspond well with manual counts conducted by CVGHM during the crisis (Figure 2). Over the course of the entire study period, 43% of earthquakes in our catalog—including 9 of the 24 BMKG earthquakes recorded on three local stations or more (Supplementary Table S2) — group into one of 92 families of 5 earthquakes or more (Table 1). Several characteristics of repeating earthquake families—including the percentage of repeating earthquakes as a portion of total seismicity and the longevity of each family—change throughout the course of the unrest and eruption.
From the beginning of the study (21 October) through the onset of tremor on 12 November 2017, the pattern of repeating earthquakes was defined by a large number of simultaneous families, each with a large number of events (Figure 2; Table 1). In total, this time period included 4,065 earthquakes, 2,395 (∼59%) of which grouped into 65 different families (Table 1). These earthquakes ranged in magnitude from <M1 to M3, and all were brittle-failure or volcano-tectonic (VT) events.
Coinciding with the beginning of our study period, the BMKG catalog shows that earthquake locations began to occur N and NE of the volcano as well as on the W flank near Abang where a large majority of earthquakes had previously occurred (Syahbana et al., 2019). None of the BMKG-located earthquakes were part of an earthquake family until some of the 50 + located aftershocks that followed the M4.9 earthquake on 9 November 2017 05:54 SGT grouped into various earthquake families (Supplementary Table S2).
On 12 November, the behavior of earthquake families changed for a brief period. Most (54 of 65, or ∼83%) pre-existing families ceased on or shortly after 12 November, and new families appeared. The first new family (Family 66) appeared during the onset of tremor. Over the course of the next three days, a total of five new families appeared, comprising 35 earthquakes. The new families ranged in longevity from ∼1 h to ∼25 h. Waveforms were emergent and low-frequency (<5 Hz). None were large enough to be located with the BMKG network. Overall, from 12 November to 15 November, there were 183 total earthquakes, 69 (∼38%) of which were in earthquake families—including those that belonged to pre-existing families (Table 1).
The nature of earthquake families changed again several days prior to the onset of the eruptions. Starting on 15 November, earthquake families were defined by a small number that comprised a relatively low percentage of the overall seismicity but were long-lived. A majority of earthquakes during this time period were small (<M3) and were a mix of VT events and LF events. Overall, only 14% of earthquakes (311 out of 2260) were part of earthquake families (Table 1). Several families remained active through the end of the study. After 15 November, the BMKG catalog includes 13 earthquakes with sufficient data for our study, and 5 of them had repeating waveforms. All belong to families that appeared after 15 November (Supplementary Table S2).
Seismic rates remained low in the days prior to the initial phreatomagmatic eruption on 21 November, and there were no unique patterns among the few repeating earthquakes that occurred. The swarm of larger, low frequency earthquakes that roughly coincided with the onset of lava effusion on 25 November (see Eruption Timeline and Response), however, is clearly highlighted in our results. Starting at ∼0530h SGT, a new family of 21 highly repetitive (cross-correlation coefficient, CCC ∼0.95) earthquakes appeared (Supplementary Figure S1). These earthquakes had a strong peak energy at ∼2 Hz and are clearly identifiable by their frequency index in Figure 2B.
The remainder of the study period, which included continuous to semi-continuous ash explosions until 19 January 2018, was characterized by low rates of seismicity, low numbers of repeating earthquakes, and long-lasting families (Figure 2).
Extending the analysis to the beginning of the crisis using just the 2 analog, short-period stations resulted in a larger number of detected earthquakes. Many of the additional earthquakes were either lower amplitude with lower signal-to-noize ratio or were larger magnitude, clipped signals from the most intense part of the unrest. This resulted in a smaller proportion of repeating earthquakes overall (∼30%), but certain key observations remained consistent between this longer term analysis with lower quality data and our primary results—a large number of simultaneous families at the beginning of the crisis, the cessation of a most families (>90%) on or shortly after 12 November, the overall decrease in repeating earthquake percentage over time, a prominent swarm of 20 + LFs on 25 November, and notably longer-lived families after the onset of lava effusion.
DISCUSSION
Earthquake families—based on cross-correlation analyses—have long-been studied at a large number of volcanoes. However, very few examples document earthquake family evolution associated with the lateral emplacement of a dike, followed by magma migration and eruption (White et al., 2011). The evolution of earthquake families at Mount Agung illustrates a changing volcanic system. We interpret the transitions in seismicity as the manifestation of a three-phase physical model. The three phases inferred by our analysis in context of other observations are: 1) the Intrusion Phase, 2) the Transitional Phase, and 3) the Eruptive Phase (Figure 2; Figure 3).
Intrusion Phase (Pre-15 October–12 November)
During the Intrusion Phase, earthquakes were occurring mostly under the NW flank of Mount Agung, proximal to an intruded dike (Syahbana et al., 2019; Albino et al., 2018; Figure 1). The large number of repeating earthquakes from a large number of earthquake families fits well with the conceptual model that dike intrusion can cause small, repeated failures, and rapid reloading of shear stress on a large number of small faults in the shallow crust near the dike. The large number of families as well as the significant percentage of orphaned earthquakes (∼40%) may also speak to the diversity of faulting at different orientations in the shallow crust (Barton et al., 1995; Townend and Zoback, 2000). If dike intrusion increases pore pressure in the region through heating existing ground water or through exsolution of fluid and gas, in addition to gradually increasing shear stress across favorably oriented faults, faults of a wide variety of orientations may fail as the effective normal stresses across faults are decreased systematically in the area.
None of the earthquakes from the BMKG catalog group into a family until the series of aftershocks after the M4.9 earthquake on 9 November, which was located to the NE of the Mount Agung (Figure 1; Supplementary Table S2). During the crisis, CVGHM staff noted variable aftershock productivity for some of the largest earthquakes. This may reflect temporal variability in how ‘primed’ area faults were to fail in a typical brittle failure cascade as high seismicity rates continued. For example, the M4.9 earthquake produced a large number of aftershocks whereas a M4.0 earthquake on 16 November, located on the NW flank of the mountain, produced relatively few aftershocks. Although this observation is interesting and deserving of further study, a rigorous analysis of aftershock productivity at Mount Agung is beyond the scope of this study.
Transition Phase (12 November–15 November)
New observations of tremor and LF earthquakes on 12 November marked a significant change in the state of the system at Mount Agung and a new phase of unrest. During the crisis, this was the first indication that magma had started to move toward the summit. At the time, there was uncertainty interpreting the M4.9 that occurred 3 days prior on 9 November. In retrospect, one possibility was that this earthquake, which occurred in a prominent new location NE of the volcano, was the result of redistribution of stress in the shallow crust as magma moved to a new location closer to the summit. The delay between the large earthquake and the subtle, short-lived LF seismicity on 12 November suggests that stress transfer across the region occurred gradually. Although BMKG earthquake locations available during the crisis did not reveal a shallowing of hypocenters between early September and mid-November, later work by Sahara et al. (submitted, this issue) did show a shallowing trend of hypocenters over this time frame, consistent with the interpretation that magma was moving toward the summit.
Changes in earthquake families, revealed by our analysis, provide additional evidence that Agung was entering a new phase of unrest close to 12 November. Almost all (54 of 65) earthquake families from the Intrusion Phase ceased on or shortly after 12 November, when the appearance of LF earthquakes marked the start of new families. This suggests that as magma started to move toward the summit around 12 November (Albino et al., 2018), the effective shear to normal stress ratio on faults surrounding the dike, located NE of the summit, decreased, unloading these faults. The short duration of the families born on 12 November suggests that the source processes and locations for these earthquakes were ephemeral and likely represent an intermediary step between magma intrusion into the dike and shallow magmatic activity closer to the summit. The relative lack of seismicity during this time period (all the way up to and through the beginning stages of the eruption; see next section) suggests that the crust under the summit was much hotter and more ductile than originally assumed due to the fact that the volcano had not erupted in 50 years.
Interpreting subtle changes in seismicity during a crisis is often difficult. Any additional line of evidence that suggests a change can help clarify the state of the system. Thus, observed changes in earthquake families may not be a diagnostic indication of magma movement toward the surface, but they can lend confidence to other observations.
Eruptive Phase (15 November–End of Study)
The first phreatomagmatic eruption did not occur until 21 November, and lava effusion did not begin until 25 November, but characteristics of earthquake families changed as early as 15 November and persisted throughout the eruptive phase of the eruption. A large majority of earthquakes after this date (86%) are orphans. The BMKG catalog includes 15 earthquakes from this time period, most of which were located on the N to NE side of the mountain, but CVGHM staff noted that many of the smaller earthquakes appeared to be located shallowly and near the summit based on their waveforms. These earthquakes included both brittle failure VT earthquakes and LF earthquakes (Syahbana et al., 2019). One possible explanation is that these earthquakes occurred at shallow levels on a network of new cracks that was created by continually destructive processes. Following this model, waveforms became much more complex and less similar to other waveforms leading to a drastically smaller percentage of seismicity represented by repeating earthquakes as magma/water interaction occurred along the evolving pathway in the few kilometers below the summit.
Families that do appear during this phase tend to be long-lived. As pathways are developed and magma is able to migrate toward the surface, the few repetitive sources that exist remain stable. At Mount Agung, these sources remain stable despite significant changes in behavior at the surface including periods of continuous ash emission, discrete explosions, Strombolian activity, and a drastic decrease in eruptions in mid-January 2018 (Figure 2 in Syahbana et al., 2019). This is consistent with observations by Green and Neuberg (2006) and Thelen et al. (2011) where earthquake families during the eruptive phase of eruptions at Soufriere Hills, Mount St. Helens, and Bezymianny persisted through small explosions and collapses of the dome. In those systems, it is likely that the earthquakes were located deep enough to not be affected by small explosions and dome collapse at the surface.
The swarm of 21 larger LF earthquakes (peak energy ∼2 Hz) that occurred on 25 November is one notable exception to the general trend of long-lived families during the eruptive phase. Lasting only 90 minutes, these earthquakes represent a temporarily stable seismic source associated with the magma’s final push to the summit. Satellite observations confirm that lava effusion into the summit crater first started sometime on 25 November, but there are no direct visual observations that allow us to note the exact time of onset (Syahbana et al., 2019). Thus, we can only say that this swarm is roughly coincident with the first magmatic explosions and the appearance of lava at the surface. It is possible that these earthquakes are the manifestation of gas escape around the plug or shallow magma movement prior to or coincident with the onset of lava effusion at the surface. The pattern of repetitive co-eruptive seismicity or repetitive inter-eruption seismicity is common at frequently active, volcanic systems that are open to degassing (e.g., White and McCausland, 2019). The repeating waveforms are commonly attributed to conduit convection and bubble bursts, either at the surface or in the conduit (e.g., Caplan-Auerbach and Petersen, 2005), resonance associated with gas flow through the conduit (e.g., Chouet, 1996; Molina et al., 2008; Lyons et al., 2016), or stick-slip processes in a hot, viscous environment (e.g., Iverson et al., 2006).
After the initial emplacement of lava at the surface and the swarm of 21 LFs, extrusion rates remained high, emplacing 24 million m3 of lava within less than a week. The surface of the lava flow was punctuated by a series of near continuous explosions, but the explosion craters were quickly filled in and covered by newly extruded lava (Syahbana et al., 2019). Earthquake rates during this period of high extrusion, however, remained low with very little repetitive seismicity. On 5 December, the rate of ash explosions decreased, and cracks began to appear on the surface of the lava dome as effusion rates slowed. At this same time, new families begin to occur, and orphans became notably more LF although earthquakes in families did not shift frequency content (Figure 2).
We interpret the relative lack of seismicity during the highest rates of effusion followed by the increased rate of LF earthquakes as effusion slowed as a manifestation of the rate-dependent nature of seismicity in a conduit (Dmitrieva et al., 2013). Changes in magma viscosity may have also played a role, but this information is not available at this time. As lava cooled at the surface and restricted flow through the conduit, pressure increased, which allowed more repetitive earthquakes to occur.
THE ROLE OF REPEATING EARTHQUAKES IN REAL-TIME ERUPTION FORECASTING
Although our study was completed retrospectively, we can speculate on the role of our analysis in real-time eruption forecasting. In general, the operational value of repeating earthquakes depends on the ability to recognize patterns and interpret the processes that drive those patterns. This depends, in part, on the characteristics of the crust, the conduit, and the magma itself. It also depends on the availability of seismic records from past eruptions because volcanoes can display similar precursors to multiple eruptions.
Traditionally, seismologists rely on metrics such as earthquake rates, amplitudes, and frequency-based classifications to interpret unrest at a particular volcano. Repeating earthquake analyses provide additional metrics—such as the repeater percentage of total seismicity, the number of concurrent families, and the longevity of each family—that can aid the interpretation of unrest.
We are generally successful at detecting and alarming on the precursors we expect to see, while we are far less successful if we do not know what to expect from a volcano. Automatic detection of changes in repeating earthquakes could be an exceptionally valuable tool for eruption forecasting at well-understood volcanoes. For example, some studies suggest that certain sequences may be alarmable. Explosions at Volcán de Colima in 2004–2005 (Arámbula-Mendoza et al., 2011) and at Augustine in 2006 (Buurman and West, 2010) were preceded by diagnostic occurrences of certain earthquake families. In addition, cyclic patterns of dome deflation at Soufrière Hills in 1997 were preceded by the same pattern of repeating earthquakes (Green and Neuberg, 2006).
Repeating earthquakes have been most well-studied during episodes of dome growth, thus providing several models and common observations to explain their occurrence. For example, Thelen et al. (2011) note that earthquake families tended to be longer-lived during stable phases of effusion across multiple eruptions at Mount St. Helens and Bezymianny. This is consistent with our observation of relatively long-lived families after lava extruded at Agung.
Although repeating earthquakes have been most well-studied at domes, earthquake sources repeat throughout the crust beneath volcanoes of all types. Therefore, all phases of unrest that produce seismicity are likely to produce repeating seismicity. When we lack a clear paradigm for eruption precursors at a volcano, we interpret repeating earthquakes by applying generic models that incorporate knowledge of the magma properties, the stability of the conduit and degassing pathways, and the overall geomechanics of the crust. For example, increasing numbers of VT earthquake families at a closed-system volcano, particularly in combination with increasing seismic amplitudes, may be a concerning sign of pressurization of the edifice as more faults are activated. In contrast, increasing numbers or amplitudes of LP earthquakes within stable earthquake families at a volcano open to degassing, may simply mean that the degassing rate has increased without a significant increase in the overall hazard. Or during an intrusive phase of unrest, for example, rapidly changing sets of earthquake families may indicate migrating magma, while stable earthquake family may indicate rapid reloading of shear-stress on the same faults.
At Agung, little was known about crustal and conduit conditions or about seismicity associated with prior eruptions. However, clear changes in repeating earthquakes—such as those on 12 November and 15 November—could have given observatory scientists an indication that the volcanic system was evolving when other monitoring parameters were stable. This could have increased vigilance and encouraged more cross disciplinary discussion of the volcano’s current state. During a protracted unrest sequence, such as this one, scientist fatigue can be a significant problem, and any clear indication of meaningful changes in monitoring parameters is an advantage.
CONCLUSION
Seismicity is often the most readily available data stream for tracking unrest during volcanic crizes. Interpreting changes in earthquake rates, earthquake magnitudes, earthquake classifications, and RSAM has led to many successful forecasts. When unrest does not progress in a traditional pattern, however, relying on these metrics leads to uncertainty. In these scenarios, other tools add value. We analyzed the evolution of earthquake families with time during the Mount Agung volcanic crisis. We find that when considered in context of other observations, the time history of earthquake families provides insight into the evolution of the stress distribution in the volcanic edifice, the development of the volcanic conduit, and seismogenesis of magma effusion.
CVGHM staff noted the new appearance of volcanic tremor—nominally a harbinger for an evolving magmatic system—on 12 November 2017 after months of elevated seismicity at Mount Agung, but volcanic tremor and LF seismicity were subtle and earthquake rates were not high compared to prior months. Thus, the time frame over which to expect eruption remained uncertain.
Our retrospective study shows that earthquake families that dominated seismicity during the early stages of unrest ceased near the onset of tremor, highlighting that stress in the crust had been re-distributed as magma migrated toward the summit. Furthermore, earthquake families at Mount Agung took on characteristics commonly observed during effusive phases of eruptions on 15 November—a full six days before the first phreatomagmatic eruption on 21 November 2017 and a full ten days prior to the first magmatic eruption on 25 November 2017.
It is feasible to conduct advanced analyses like this in near-real time thanks to the availability of high-quality open-source codes written by the seismology community in recent years. This study demonstrates how analyzing earthquake families can be used to improve future eruption-response efforts.
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Supplementary Figure 1 | This figure shows the waveform similarity within a given family and the dissimilarity of waveforms across families. The top of the figure shows a zoomed in look (∼5 sec) of all waveforms from station TMKS (Figure 1) that make up Family #78. This is a family of 21 low-frequency earthquakes that occurred on 25 November roughly coincident with the onset of lava extrusion at the surface (Figure 2). The thick black line represents the stack from station TMKS, and the think grey lines show each individual earthquake in the family. The bottom of the figure shows the stacked waveform for the largest earthquake families in the study (20+ members). Each stack was computed from station TMKS. The family number (corresponding to the y-axis on Figure 2) is listed to the left of each waveform, and the frequency index for the stack at TMKS is listed to the right of each waveform. In this study, a frequency index above 0 indicates a volcano-tectonic earthquake, and a frequency index below 0 indicates a low-frequency earthquake. See text for details. All signals were band-pass filtered between 1–10 Hz on station TMKS before being stacked.
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1All dates and times are UTC+8, “SGT” unless noted otherwise.
2https://earthquake.usgs.gov/
3https://www.globalcmt.org/
4https://volcanoes.usgs.gov/software/swarm/index.shtml
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This study provides an attempt to analyze the pre-eruptive seismicity events for volcano eruption forecasting. After more than 50 years of slumber, Agung volcano on Bali Island erupted explosively, starting on November 21, 2017. The eruption was preceded by almost 2 months of significant increase of recorded seismicity, herein defined as “seismic crisis.” Our study provides the first analysis of VT events using data from eight local seismic stations deployed by the Center for Volcanology and Geological Hazard Mitigation of Indonesia (CVGHM) to monitor the Agung Volcano activity. In total, 2,726 Volcano-Tectonic (VT) events, with 13,023 P waves and 11,823 S wave phases, were successfully identified between October 18 and November 30, 2017. We increased the accuracy of the hypocenter locations of these VT events using a double-difference (DD) relative relocation and a new velocity model appropriate to the subsurface geological conditions of Agung volcano. We found two types of seismicity during the recording period that represent the VT events relating to fracture network reactivation due to stress changes (during the seismic crisis) and magma intrusion (after the seismic crisis). The characteristics of each event type are discussed in terms of Vp/Vs values, phase delay times, seismic cluster shapes, and waveform similarity. We interpret that the upward migrating magma reached a barrier (probably a stiff layer) which prohibited further ascent. Consequently, magma pressurized the zone above the magma chamber and beneath the barrier, reactivated the fracture zone between Agung and Batur volcanoes, and caused the seismic crisis since September 2017. In early November 2017, the barrier was finally intruded, and magma and seismicity propagated toward the Agung summit. This reconstruction provides a better depth constraint as to the previous conceptual models and explains the long delay (∼10 weeks) between the onset of the seismic crisis and the eruption. The distinction between the fracture reactivation and magma intrusion VT events observed in this study is significant for eruption forecasting and understanding the subsurface structure of the magmatic system. Based on the results obtained in this study, we emphasize the importance of prompt analysis (location and basic seismic characteristics) of the seismic crisis preceding the Agung eruption.

Keywords: volcano-tectonic events, volcano monitoring, magma migration, 2017 Agung eruption, volcano seismology, Mt. Agung, seismic crisis


INTRODUCTION

Volcanic earthquakes occur as magma rises to the surface from depth, a condition that involves significant stress changes in the crust as the material migrates upward (White and McCausland, 2016). Therefore, during unrest volcanologists detect seismic signature variations in the type, location, and intensity of seismic activity. The interpretation of seismic signature during unrest may be supportive in assessing the eruption probability, as exemplified at various volcanoes, e.g., Pinatubo (1991), Unzen (1989–1995), Cotopaxi (2001), Popocatepetl (2001–2003), Mauna Loa (1984), Taal (2010), and others (Zobin, 2012; Zlotnicki et al., 2018). In general, however, it remains difficult for volcanologists to forecast an eruption precisely. This study intends to analyze the Volcano-Tectonic (VT) seismicity events as a possible indicator for forecasting eruptions.

Agung is one of the most active volcanoes in Indonesia and is located on the island of Bali. After more than 50 years of slumber, Agung Volcano erupted explosively on November 21, 2017 (PVMBG, 2017; Albino et al., 2019; Syahbana et al., 2019; Gunawan et al., 2020). The last major eruption happened in 1963; with a VEI 5, it was described as one of the largest eruptions in the twentieth century (Zen and Hadikusumo, 1964). It is suggested that the 1963 eruption affected global climate (Cadle et al., 1976; Hansen et al., 1978; Self et al., 1981; Rampino and Self, 1982; Self and Rampino, 2012). The eruption caused the tragic death of more than 1,000 people, mostly as a result of the high-speed pyroclastic flows on the volcano’s southern and northern slopes, which swept over nearby settlements (Kusumadinata, 1964).

The 2017 eruption followed a “seismic crisis” that culminated in September 2017 when local earthquakes numbered more than 800 events per day (Albino et al., 2019; Syahbana et al., 2019; Gunawan et al., 2020). Due to the increasing seismicity, the Center for Volcanology and Geological Hazard Mitigation of Indonesia (CVGHM) raised the volcanic alert level (VAL) to Level 2 on September 14, 2017, this then went to Level 3 on September 18, 2017, as seismicity continued to accelerate rapidly; the Real-time Seismic Amplitude Measurements (RSAM) values peaked on September 22, 2017, prompting the CVGHM to elevate the VAL to Level 4 (the highest level). This crisis triggered the evacuation of over 140,000 people within an area of 9–12 km from the volcano’s summit (Syahbana et al., 2019). Due to a decrease in daily seismic event rates, the CVGHM lowered the VAL to Level 3 on October 29, 2017.

It is worth noting that, although seismic unrest peaked in September, the volcano did not erupt until November 2017 (Syahbana et al., 2019). The eruption eventually started on November 21, 2017; a series of phreatomagmatic explosions and high SO2 emissions continued. The most intense explosive eruptions with accompanying rapid lava effusion occurred during the period of 25–29 November 2017.

The relatively long delay between the seismic swarm and the eruptions caused considerable challenges to CVGHM and the populace living near the volcano. During the crisis, the rate of VT events surrounding Agung volcano and RSAM were calculated using TMKS and PSAG seismic stations (Figure 1). At the beginning of the crisis, only two seismic stations were available; therefore, an estimation of the location and source mechanisms of the seismic events could not be performed. The CVHM responded rapidly by installing more seismic stations. By October 18, 2017, another six stations had been successfully installed, forming a better seismic monitoring network around the volcano. Given the peculiar characteristics of the seismic patterns before the 2017 Agung eruption, localization of VT events prior to the 2017 eruption could help researchers better understand the magma migration process.
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FIGURE 1. Map of the eight local permanent stations deployed by CVGHM to monitor activity at Mt. Agung (inverted triangles). The number of detected VT events at each station during the study period is represented in a color scale. Black triangles show Agung, Abang, and Batur volcanoes. Inserted map shows Bali Island.


So far, there is no published catalog of VT events preceding the Agung 2017 eruption obtained using the local seismic network. Previous publications employed the regional Indonesian Meteorological, Climatological, and Geophysical Agency (BMKG) catalog in analyzing the magma migration beneath Agung Volcano, e.g., Syahbana et al. (2019) used catalog from BMKG as one of the inputs for their conceptual model, and later Gunawan et al. (2020) relocated the BMKG catalog using the double-difference method. In this study, for the first time, we processed the recorded waveform data of the local CVGHM seismic station network and estimated the hypocenter locations of VT events preceding the 2017 eruption. The identified VT event arrival times were manually picked. Hypocenter accuracy was improved using the updated velocity model, which is suitable for the subsurface condition of Agung, and by applying the double-difference relocation technique. A waveform cross-correlation was also conducted to give a better constraint of the event locations. Our study produced a catalog of VT events preceding the 2017 Agung eruption that can be further used to improve the Agung conceptual model and reveal the magma migration processes that led to the eruption.



AGUNG VOLCANO


History of Agung Eruption

The recorded history of the Agung volcano eruption could date back to 1808, based on geological samples of eruptions in the form of ashfall and pumice (PVMBG, 2014). Eruptions occurred again in 1821 and 1843. After that, Agung was in a dormancy stage until the 1963 eruption, which was one of its most powerful eruptions.

The significant eruptions in 1963 occurred twice: on March 17 and May 16, 1963, with an explosivity level of VEI 4+ (Fontijn et al., 2015). The column of the eruption reached more than 20 km above the summit of Agung. This eruption had a considerable impact on global climate as it ejected about 6.2 Mt (million metric tons, or 1012 grams) of SO2 into the stratosphere (Rampino and Self, 1982; Self and Rampino, 2012; Fontijn et al., 2015), causing reduced sunlight and a temperature drop (Self et al., 1981). However, in terms of global climate impact, the 1963 eruption was not comparable to the 1815 Tambora or the 1883 Krakatau eruptions (Cadle et al., 1976; Hansen et al., 1978; Self et al., 1981; Rampino and Self, 1982; Self and Rampino, 2012). After 1963, Agung Volcano began to show an increase in activity once again in September 2017 and erupted in November 2017.



Conceptual Model of Agung Volcano

Previous studies have proposed several models for estimating the subsurface processes beneath Agung volcano using various data; e.g., Geiger et al. (2018) base their proposal on thermobarometry data from an analysis of the 1963 eruption deposits, Albino et al. (2019) use InSAR data, and Syahbana et al. (2019) use a multi-disciplinary approach including seismicity, geology, geochemistry, GPS deformation, and InSAR data. These proposed models describe the magma intrusion pathway to the surface.

The models agree that there are two magma reservoirs beneath Agung volcano. The deep reservoir is located at around 12–15 km, while the shallow one is around 4 km. Syahbana et al. (2019) analyzed the seismic crisis of the 2017 Agung eruption in their model. They propose two possible models; (i) the first model speculated that upward magma migration suppressed the aquifer, which then reactivated the fault between Agung and Batur volcanoes resulting in a swarm of VT earthquakes; while (ii) the second model suggests that there is a deep intrusion of a inclined dike striking N300° underneath the area between Agung and Batur volcanoes which caused an uplift at the summit of Agung as well as a VT earthquake swarm.

The VT swarm hypocenter catalog was used in part to construct the Syahbana et al. (2019) conceptual model, which was taken from the Indonesian Meteorological, Climatological, and Geophysical Agency (BMKG) catalog. This catalog is based on BMKG regional data, which has relatively low resolution. Therefore, a well-constrained VT event catalog using the local CVGHM seismic network deployed in the vicinity of Agung volcano is needed to improve the physical understanding of magma migration toward the summit.



DETERMINING THE HYPOCENTER OF THE VT EARTHQUAKES

The earthquake waveform data used to construct the 2017 Agung VT events catalog in this study were taken from eight seismometers deployed by the CVGHM (Figure 1). TMKS and PSAG were the first two stations deployed in early 2015 and 2017, respectively. As the seismic crisis culminated at Agung volcano, those stations were used to monitor the rate of the daily VT earthquake occurrences. On October 18, 2017, the PVMBG deployed the ABNG, CEGI, REND, YHKR, BATU, and DUKU stations. Together, these form an eight-station network surrounding Agung volcano. In this study, we use the recorded waveform data from these eight seismic stations from October 18 to November 30, 2017. The locations of the eight seismometers surrounding Agung volcano are shown in Figure 1. In the following result subsections, we briefly describe the methods at the beginning of each subsection.


Identification of VT Events

Seismic events that occur in a volcanic area can be classified into several types, which are characterized by their waveforms and frequency contents with specific source mechanisms (Wassermann, 2011). We follow the classification of volcanic seismic types done by Minakami (1974). Minakami divided the seismic events in a volcanic area into four types according to the location of the hypocenters, their relationship to the eruptions, and the nature of the earthquake motion. They are volcano-tectonic (VT), low frequency (LF), explosion, and volcanic tremors.

Volcano Tectonic (VT) earthquakes are the most common seismic events observed at volcanoes which have a characteristic of the clear onset of P and S phase arrival and high frequency (>5 Hz). Low-frequency (LF) (1–5 Hz) events occur due to the resonance of fluid movement inside the conduit. The explosion events originate from an eruption or sonic boom in the conduit of the volcano. Volcanic tremors occur due to continuous fluid flows at shallow depths. In this study, we are primarily interested in VT as these could be used as a proxy of the migration of magma to the surface, leading to a volcanic eruption.

We manually identified the occurrences of the VT events preceding the 2017 Agung volcanic eruption. The P- and S-wave arrival times of each identified event were also manually picked. Only events recorded by at least four stations and having an apparent onset of P and S wave arrivals were used. In total, 2,726 VT events were obtained; 13,023 and 11,823 P- and S-wave arrival times, respectively. An example of P and S wave arrival times of a VT event is presented in Figure 2A.
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FIGURE 2. (A) Example of picked waveforms of an event occurring on November 21, 2017 17:25:16 UTC. The event was recorded by six stations (out of eight). Only the vertical component of each recorded seismogram is shown. The P and S wave arrival times are indicated by the blue and red vertical bars, respectively. The names of the stations are written at the end of each waveform. (B) The Wadati diagram; i.e., the difference between S and P wave travel times vs. P wave travel times of the picked event. (C) Plotting of event location (indicated as yellow star) and station network (inverted triangles).


The Wadati diagram and epicenter location the detected event were also plotted in Figures 2B,C, respectively. The purpose for this was to evaluate the picking (remove the poorly picked data) as well as infer the average Vp/Vs of the rock through which the seismic wave passed. The Wadati diagram of all detected events is plotted in Figure 3. The average Vp/Vs beneath Agung Volcano obtained from all detected events prior to the 2017 eruption is 1.62. Interestingly, the Vp/Vs value of VT events changed over time. VT events in October (blue dots) tend to have a lower gradient (Vp/Vs of 1.50) compared to events that occurred in November (orange dots) (Vp/Vs of 1.72).
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FIGURE 3. The Wadati diagram of 2,726 VT events recorded during the study period. Based on this diagram, an average Vp/Vs of about 1.62 was found. Two patterns in this Wadati diagram are observed: VT events occurring in October 2017 (blue dots) have smaller gradients compared to the ones in November (orange dots). Consequently, lower- and higher-than-average Vp/Vs were given, respectively. VT events in October and November indicate a Vp/Vs of 1.50 and 1.72, respectively.


The event rate was also time-varying. Based on previous published studies, e.g., Albino et al. (2019), Syahbana et al. (2019), and Gunawan et al. (2020), seismic activity on Agung began to increase significantly in early September, with the number of detected VT events reaching more than 700 events per day for 4 weeks. The seismic crisis stopped at the end of October (insert Figure 4). In this study, we could observe the end of the 2017 Agung seismic crisis, in which more than 400 events/day were detected and located on October 18 and 19, 2017 (Figure 4). The event rate decreased rapidly in the following days. Until the eruption on November 21, 2017, around 87.5% of days had less than 80 events per day.
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FIGURE 4. Histogram of the number of detected and located VT events per day from October 18 to November 30, 2017. Colors indicate the date (blue and orange bars are October and November, respectively). Black arrows indicate eruption dates and eruption types. A phreatomagmatic eruption occurred on November 21, 2017; and a magmatic eruption occurred on November 25–27, 2017 (Syahbana et al., 2019).


We also determined the time delay between S and P waves arrival of each VT event at each station. The time delay represents the distance between the event to the station, i.e., the longer time delay indicates the farther event and vice versa. The pattern of the arrival time delay between the S and P waves (Ts-Tp) was presented in Figure 5. Remarkably, the events during the seismic crisis tend to have a constant Ts-Tp compared to the events after the crisis. Four stations located between Agung and Batur (ABNG, CEGI, PSAG, and TMKS) indicated a constant low value of Ts-Tp before October 22, 2017, and higher but fluctuating values afterward. The constant but low phase arrival time delays observed in ABNG, CEGI, PSAG, and TMKS during the seismic crisis indicated that the events are primarily concentrated in the area between Agung and Batur Volcanoes. As ABNG (located NW from Agung Volcano) has the lowest phase arrival time delays of around 1.2 s, it could remark that this was the closest station to the VT events clusters during the seismic crisis. This is in contrast with the pattern observed in YHKR (located south of Agung Volcano), i.e., the phase arrival time delays fluctuated but were lower after the seismic crisis. Meanwhile, three other stations (DUKU, BATU, and REND) recorded only a few events. Therefore, no pattern was observed in those three stations.
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FIGURE 5. Arrival time delay between primary (Tp) and secondary waves (Ts) at each seismographic station surrounding Agung volcano. The x axis is the ID of detected events at each station. The ID consists of six digits character representing month, day, and hour of each event’s origin time.




Determining Initial Hypocenter Locations

To obtain a well-constrained hypocenter catalog, we determined the hypocenter locations of the seismic events preceding the 2017 Agung volcanic eruption in several sequential steps. First, the NonLinLoc program (Lomax et al., 2000, 2012; Lomax and Curtis, 2001; Lomax and Michelini, 2009) was used to determine the locations of the initial aftershocks. The 1D velocity model and station corrections were then updated to suit the local geological condition. Afterward, the relative relocation using the double-difference method was implemented to increase the accuracy of the obtained hypocenter.

In the first step, we used the initial 1-D seismic velocity model (Vp, Vs) from the tomography results of Central Java (Koulakov et al., 2009); hereafter known as the Kou09 model. The Kou09 model was selected because no velocity model of Agung region was available. Recently, Zulfakriza et al. (2020) performed an S-wave velocity inversion using ambient noise tomography called the Zul20 model. However, in their S-wave data inversion, the Vp/Vs ratio for each layer remained fixed, whereas the density was estimated from the P-wave velocity. This gave us a good variation of S-wave velocities in the region but might have failed to provide its absolute value. Compared to the Kou09 model, the Zul20 model showed around 50% lower S-wave velocity which would cause the located hypocenter almost twice deeper. Thus, we used the Zul20 model to constrain the distribution of correction stations determined in this study.

The map view of the located VT events is presented in Figure 6. The location uncertainty was estimated for each event determined in this study. The locations of all 2726 located VT events are presented in Figure 6A. 2298 VT events had uncertainty lower than 5 km. The majority of the events with higher uncertainty were located outside the seismic network. Therefore, in this study, we only used the best-constrained events with location uncertainty less than 5 km. The residual travel times of the selected events range from −0.2 to 0.2 s (Figure 7A). Given the mean velocity is around 5 km/s (see Figure 8), the average uncertainty of the VT events is around 1 km. This value is considerably low for volcano monitoring.
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FIGURE 6. Map of epicenters of VT earthquakes preceding the 2017 Agung volcanic eruption. (A) Initial locations derived using a non-linear approach. (B) Updated epicenter distribution after updated 1D velocity model, and (C) after DD relocation. In (B) and (C) only events with uncertainty less than 5 km are shown. Purple and blue circles represent events during (October 2017) and after seismic crisis (November 2017), respectively.
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FIGURE 7. Travel time residual of hypocenters for each step determined in this study; i.e., (A) initial locations for all events, (B) after updated 1D velocity model, and (C) after DD relocation.
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FIGURE 8. Plot of the initial (A) P-wave and (B) S-wave 1D velocity of Kou09 model taken from Koulakov et al. (2009) (blue line) and the updated velocity model (Agu20) used in this study (orange line).




1D Velocity Model Update and Station Corrections

We updated the 1D velocity model to meet the geological conditions of Agung Volcano by minimizing the residual travel time of VT events observed in this study. The velocity model update was done using the Joint Hypocenter Determination (JHD) technique implemented in the Velest program (Kissling et al., 1994). The JHD technique is used to account for lateral velocity variations, which is not considered in the 1D velocity models used to locate the seismic events. The concept includes the simultaneous location of a cluster of events, the determination of a set of suited station corrections, and the update of the 1D velocity model. Under appropriate conditions, the station corrections minimize the impact of unmodeled velocity variations, thus improving the locations of the events (Kissling et al., 1995). The rough topography of the study area (the difference in elevation between stations is as much as 1,474 m) might indicate a significant lateral velocity variation.

The inversion was performed iteratively. Throughout the inversion, the event hypocenter locations, velocity model, and correction stations were jointly determined. Several sets of parameters were exercised to find the best combination, given a minimum arrival time misfit. We discovered that a neighboring radius of 200 m, with damping for the velocity model set twice as high as the station corrections, gave the best results. The Vp/Vs ratio was fixed according to our observed Vp/Vs ratio (Figure 3). To ensure a robust solution, we made a slight maximum adjustment of hypocenter location, velocity model, and correction station in each iteration. In this case, a longer iteration and, therefore, a longer running time were required. However, this approach could minimize the possibility of getting a minimal local solution, especially in noisy data. The solution was found to be convergent after 26 iterations, and the RMS residual dropped by 45% to 0.3 s.

The updated 1D seismic velocity model obtained in this study, shown in Figure 8, is the Agu20 model. The Agu20 model is slightly different from the Kou09 model. On average, at depths above 8 km, the Agu20 model shows about 10% higher Vp and Vs compared to the Kou09 model. While from a depth of 8 to 24 km, the Agu20 model shows slightly lower Vp and Vs compared to the Kou09 model. The velocity model remained unchanged below depths of 24 km.

The station corrections obtained in this study ranged from −0.05 to 0.22 and −0.12 to 0.39 for P and S waves, respectively (plotted in Figure 9 and listed in Table 1). These values could be positive or negative, depending on the relative local velocity contrast in the region of the station, i.e., a positive value indicates the station was in a low-velocity anomaly and vice versa. Stations ABNG and CEGI have high positive station corrections (0.22 and 0.07 for P waves and 0.39 and 0.16 for S waves, respectively). In contrast, stations TMKS, PSAG, YHKR, and DUKU show correction around zero for both P and S. The two far-field stations, REND and BATU, indicate an intermediate value (−0.14, −0.08, respectively) for S waves and a very small value for P waves.
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FIGURE 9. Distributions of (A) P-wave and (B) S-wave corrections at each station calculated using joint velocity-hypocenter determination technique. The station correction at each seismographic station is plotted with filled circles. The absolute magnitude of station corrections is represented by its size; whereas, the sign is denoted by its color; i.e., red and blue indicate negative and positive values, respectively.



TABLE 1. Station corrections of each local station surrounding Agung volcano obtained through joint hypocenter location, velocity model, and station correction inversion which were performed in this study.

[image: Table 1]
We overlaid the Zul20 S-wave velocity distribution, obtained from surface waves, at depths between 0.5 and 1 km with the station correction obtained in this study (Figure 9). The red and blue areas indicate low and high S-wave velocities, respectively. The same color scheme was used to plot the correction stations, with the radius of each plot indicating the magnitude of the correction. Interestingly, this is consistent with the S-wave velocity Zul20 model at a shallower depth. A good agreement could also be observed between the topographical and station corrections. The relatively high station corrections obtained indicate that the lateral velocity variation beneath Agung volcano, especially at lower depths, is quite significant.

Following the update of the velocity model and station corrections, the event hypocenter locations were relocated accordingly. The relocation process in this stage slightly reduced the residual travel time (Figure 7B). On average, the updated hypocenter locations were relocated by around 4 km from their initial locations. The most notable relocations were observed 10 km west of Agung volcano; after these relocations, two seismic trends were observed during the seismic crisis (Figure 6B).



Double-Difference Relative Relocation

The DD technique takes advantage of the fact that if the inter-event distance between a pair of earthquakes is small compared to the distance between event-station and the scale length of velocity heterogeneity, then the ray paths between the events pair and the station are similar (Waldhauser and Ellsworth, 2000). In this case, the difference of travel times of events pair observed at the same station can be addressed to the spatial offset between the events with high accuracy. In this study, the travel times difference of each events pair was obtained from the manual phase arrival picking.

To comply with the DD concept, some parameters have to be well defined. In this study, the maximum hypocentral separation for categorizing a cluster is 1.5 km, i.e., significantly less than the event-station distance and heterogeneity scale. We define that these events within one cluster have to be recorded by at least four common stations to be defined as neighboring events. Furthermore, to ensure that events within the cluster could be well paired, the maximum number of neighbors per event in one cluster is set to be moderate (30). A least-square damping value of 150 was chosen since it could give a stable solution, i.e., the condition number of the inversion matrix falls within a certain range (Tarantola and Valette, 1982). The updated Agu20 model was then used as the velocity model.

The combination of parameters mentioned above could relocate 2,095 paired events (out of 2298 well-defined events) and reduce the residual travel times obtained in the previous stage. The rest, 203 (∼10%) events, remains un-relocated. These events might be located far away from the other events or recorded by a few stations only. Figure 7C shows that more than 90% of the events fall below 0.12 s of residual travel times. The epicenter of the DD relocated events are plotted in Figure 6C.

Two vertical sections of the final hypocenter catalog (after DD relocation) are presented in Figure 10. In both cross sections, it can be seen that VT events during the seismic crisis are dominated by events located deeper than 6 km (Figures 10B,C). In a NE-SW vertical section, crossing the area between Batur and Agung Volcanoes, it can be seen that two branching magma paths rise to the summit of Agung Volcano and the valley between Agung and Batur Volcanoes (Figure 10C). Interestingly, the pattern of events migrating toward the valley between Agung and Batur was observed during the seismic crisis.


[image: image]

FIGURE 10. (A) Distribution of epicenters. (B,C) Map of the vertical distribution of the VT events preceding the 2017 Agung volcanic eruption in two vertical cross-sections. The two cross-sections are shown in the epicenter map in (A). Purple and blue circles represent events during and after seismic crisis respectively, respectively. The dashed black horizontal line at 6 km depth represent the interpreted depth boundary described in the text.


To assess the reliability of the event locations after the DD relocation, a statistical resampling approach, i.e., the “bootstrap” method, was implemented (Efron, 1982; Billings, 1994; Shearer, 1997; Supendi et al., 2019). The arrival times of both P and S waves of the 2,095 relocated events were substituted by samples drawn in the time residual distributions. Gaussian noise with a standard deviation of 0.1 s was added to this sample data. The shift in location due to these bootstrap samples was determined and repeated 1,000 times. The error ellipsoids were obtained at a 95% confidence level for these 1,000 sample data. The analysis of event uncertainties from the final relocated events (Figure 11) indicates that the mean of major uncertainty ellipsoid is around 181 m.
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FIGURE 11. The relative location errors for the relocated VT events of 2017 Agung volcanic eruption in (A) map view, (B) vertical cross-sections along latitude, and (C) vertical cross-section along longitude. Each ellipsoid represents 95% confidence obtained from a bootstrap analysis of the final double-difference vector. Red triangles show Agung, Abang, and Batur volcanoes. Yellow inverted triangles indicate the seismic network.




Waveform Cross-Correlation

The similarity of VT events is analyzed using the waveform cross-correlation of recorded VT events. The idea is that if the events occurred on the same pre-existing fracture zones, some fractures with similar characteristics, e.g., geometry and orientation, had been reactivated. In this case, we might expect that the recorded waveform of some events would be identical as they come from the same source region and source mechanism. Therefore, the application of cross-correlation analysis allows the definition of groups of dependent events (multiplets) characterized by similar location, fault mechanism, and propagation pattern (Waldhauser and Ellsworth, 2000; Baisch et al., 2008).

The waveform cross-correlation was then applied to analyze the similarity of VT event’s source. It was done using recorded waveforms at station CEGI and TMKS. Those stations were chosen as they recorded the most VT events during the study period, and the noise level was small. The sample of similar waveforms from different events is presented in Figure 12. Interestingly, we found that 165 events with waveforms similarity greater than 0.8 were recorded during the seismic crisis, while none was found after the seismic crisis.


[image: image]

FIGURE 12. (A) Example of waveforms of events belonging to the same cluster recorded at the same seismographic station. The three components of the seismographic stations are plotted. Clusters were determined based on waveform similarity. Events with waveform similarity of higher than 0.9 are clustered together. (B) Distribution of VT events which have high waveform similarity are plotted in map view and vertical section. All events with high waveform similarity occurred in October 2017.


Applying the procedure of clustering in DD relocation used in this study, those events with high similarity formed 3,925 difference arrival times of event pairs; less than 3% than the difference arrival times of event pairs obtained from the manual picking catalog. Adding the waveform cross-correlation data into the DD relocation would shift the VT events obtained by DD using a picking catalog only by less than 1 km for events that occurred during the seismic crisis, while events after a seismic crisis relatively remain relatively unchanged. The residual travel times were also very similar to the one using only a manual picking catalog. As the shifting is relatively small, the relocation also could not sharpen the seismicity trend. Therefore, we decided that the catalog of VT events obtained by the DD relocation using the manual picking catalog data is the final one.



DISCUSSION

The analysis of event uncertainties from the final relocated events (Figure 11) indicates that the mean of the major uncertainty ellipsoid is much smaller when compared to the seismic cluster formed in October and November 2017. In this case, we are confident in interpreting the details of the seismic clusters obtained in this study. The distinct seismic pattern difference between October and November 2017 highlights the different phases of magma intrusion that occurred underneath Agung volcano.

The VT seismic events during the seismic crisis presented in Figures 6C, 10A indicate that most of the seismic events were located midway between Agung and Batur, along a ∼N65°E seismic trend. Interestingly this trend is also in agreement with the S-wave velocity boundary obtained by Zulfakriza et al. (2020). This trend also acted as a boundary between the positive and negative station corrections obtained in this study. This gave us the first suggestion that this was a weak zone oriented in a NE-SW trend which was reactivated due to the magma migration toward the surface.

The hypothesis of fault reactivation during the seismic crisis was supported by the Vp/Vs anomaly and waveform cross-correlation analysis. We found that the seismic pattern in October 2017 shows an anomalously low Vp/Vs of 1.50 compared to 1.62 observed for the whole recording period. The low Vp/Vs ratio from the events aligned in a sharp NE-SW trend with a dip of ∼60° toward Agung during the seismic crisis indicated that this area might be highly fractured and filled with hydrothermal fluid in which the drop of the compressional wave is more significant than its shear wave drops (Ponko and Sanders, 1994). This case is analogous to the fractured rocks in geothermal areas, reactivated through pressure increase due to injection (Bachmann et al., 2012). In our case, the magma rising beneath Agung Volcano pressurized the confining aquifers, which in turn activated the fault NW of the summit and caused the seismic crisis.

The reactivation of a fracture zone during the seismic crisis is further supported by the waveform cross-correlation of VT events, in which events with high waveforms similarity were only found during the seismic crisis. This suggests that those VT events during the seismic crisis were originated from the reactivation of this fracture zone.

Furthermore, the seismicity cloud of highly similar events was originated from 10 km depth (Figure 12B). This level is interpreted as the source of the stress increase due to magma migration which led to fault reactivation. This agrees with the second model of Syahbana et al. (2019) [See Figure 7 of Syahbana et al. (2019)], in which a magma intrusion below the area between Agung and Batur caused an increase in pore pressure and reactivated the pre-existing fractures in this region. Furthermore, in this study, we could give a better constraint of the depth of the magma intrusion, which caused fault reactivation as well as the geometry (orientation and dip) of the reactivated fault as to the previous conceptual models (Albino et al., 2019; Syahbana et al., 2019).

The seismic cluster then moved toward Agung Volcano in November 2017 (Figure 6). The pattern of migration of the seismic clusters from a NE-SW alignment located between the two volcanoes toward Agung is in accordance with the pattern of the arrival time delay between the primary and secondary waves (Ts-Tp) (Figure 4).

The vertical section shown in Figure 10 depicts the distinct pattern of seismicity beneath Agung summit in October and November 2017. In October 2017, the VT events were contained at a depth of around six km beneath Agung Volcano, i.e., few VT events occurred above this depth in the direction toward Agung volcano. We suggest that there was a barrier (probably a stiffer layer) which prevented the upward migration of magma. Later, in November 2017 or after the seismic crisis, the magma and the related seismicity could penetrate the barrier and migrate upward toward the summit of Agung Volcano. As the waveform similarity analysis of VT events beneath Agung indicated complex faulting processes and its upward migration has a correlation with Agung eruption, we interpreted those events as resulting from the upward intrusion of magma.

Therefore, despite the seismicity rate decreased in November, magma migration was getting shallower, as suggested by the VT events. Furthermore, Syahbana et al. (2019) showed, starting early November 2017, an increasing value of RSAM was observed at TMKS, and LF events, as well as tremors, were observed. The VT events moved closer to the summit, increased RSAM, and the occurrence of LF events indicated that the volcano was approaching eruption. The eruption series then occurred starting on 25 November 2017. This detailed monitoring of upward migration of VT events was thus made possible thanks to the local seismic data processed in this study.



CONCLUSION

Analyzing the seismic crisis preceding a volcanic eruption is a challenging task; in particular, when the seismic network needed to monitor volcanic activity is lacking. Fortunately, the local seismic network deployed by CVGHM at the end of October 2017 allowed us to conduct an analysis of the seismic pattern preceding Agung volcano eruption. Despite the relatively late deployment of this network, we show that we were able to capture the major trend of the seismic crisis. For this purpose, 2,726 events were manually analyzed and located during the monitoring period, and 1,831 high-resolution VT events were obtained using advanced DD techniques and an updated 1D velocity model.

Based on the seismicity, we observed two patterns which represent the VT events related to the reactivation of fracture network due to stress increase (during the seismic crisis) and magma intrusion (after the seismic crisis). The characteristics of each event type are also discussed in terms of Vp/Vs values, phase delay times, waveform similarities, and seismic cluster shapes. The detailed reconstruction of upward magma migration was thus made possible thanks to the local seismic data processed in this study. We interpret that the upward magma migration reached a barrier (probably a stiff layer) at depth of around 6 km which prohibited further magma ascent. The magma pressurized the area beneath the barrier and reactivated the fault located between Agung and Batur volcanoes. Therefore, a significant increase in recorded seismicity (the “seismic crisis”) was observed for about 2 months since September 2017. Later in early November 2017, the barrier layer was finally intruded, and magma propagated toward the Agung summit. The depth of the dike, which caused fault reactivation, as well as the geometry (strike and dip) of the reactivated fault, could also be evaluated. More in general, these results provide a better depth constraint as to the previous conceptual models (Albino et al., 2019; Syahbana et al., 2019).

This study emphasizes the importance of prompt analysis (location and basic seismic characteristics) of the seismic crisis preceding Agung eruption. The distinction between VT event types observed in this study is significant for eruption forecasting and for understanding the structure of magmatic systems as these depict upward magma migration. The source mechanism of the major events needs to be further assessed for a better understanding of the role of the interpreted barrier, which acts as a boundary.
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Studying seismicity in a volcanic environment provides important information on the state of activity of volcanoes. The seismicity of the Neapolitan volcanoes, Campi Flegrei, Vesuvius, and Ischia, shows distinctive characteristics for each volcano, covering a wide range of patterns and types. In this study we relocated some significant volcano-tectonic earthquake swarms that occurred in Campi Flegrei and Vesuvius. Moreover, we compared the earthquake occurrence evolution, the magnitude and the seismic energy release of the three volcanoes. Also, we considered the results of seismic analysis in the light of geochemical and ground deformation data that contribute to defining the state of activity of volcanoes. In Campi Flegrei, which is experiencing a long term unrest, we identified a seismogenic structure at shallow depth in Pisciarelli zone that has been activated repeatedly. The increasing seismicity accompanies an escalation of the hydrothermal activity and a ground uplift phase. At Vesuvius a very shallow seismicity is recorded, which in recent years has shown an increase in terms of the number of events per year. Earthquakes are usually located right beneath the crater axis. They are concentrated in a volume affected by the hydrothermal system. Finally, Ischia generally shows a low level of seismicity, however, in Casamicciola area events with a moderate magnitude can occur and these are potentially capable of causing severe damage to the town and population, due to their small hypocentral depth (typically < 2.5 km). After the seismic crisis of August 21, 2017 (mainshock magnitude M = 4), the seismicity returned to a low level in terms of occurrence rate and magnitude of earthquakes. The seismicity of these three different volcanic areas shows some common aspects that highlight a relevant role of hydrothermal processes in the seismogenesis of volcanic areas. However, while the main swarms in Campi Flegrei and most of the Vesuvian earthquakes are distributed along conduit-like structures, the seismicity of Ischia is mainly located along faults. Furthermore, the temporal evolution of seismicity in Neapolitan volcanic area suggests a concomitant increase in the occurrence of earthquakes both in Campi Flegrei and Vesuvius in recent years.
Keywords: volcano seismicity, volcanic unrest, Campi Flegrei caldera, Vesuvius volcano, Ischia volcano
INTRODUCTION
The Neapolitan volcanic area (southern Italy) includes three active volcanic complexes: Campi Flegrei, Vesuvius, and Ischia (Figure 1). These volcanoes show different structural characteristics and behaviors. However, they have a common geodynamic origin and together they form the Campanian Volcanic Province (e.g. Conticelli et al., 2010; Peccerillo, 2020).
[image: Figure 1]FIGURE 1 | Map of the Neapolitan volcanoes (Vesuvius, Campi Flegrei and Ischia). The figure shows the year of last eruption (L.e.) of the three volcanoes. The color scale represents elevation. The difference in height between the level lines is 150 m. See Acocella and Funiciello (2006) for structural details and Passaro et al. (2016) for bathymetry.
The volcanism in the Neapolitan district started about 1.5 Ma with a widespread effusive activity characterized by calc-alkaline andesitic and basaltic compositions as revealed by geothermal boreholes drilled NW of the Campi Flegrei caldera (Barbieri et al., 1979). Subsequently, from about 300 ka, new volcanic activity, fed by alkaline magmas (Scarpati et al., 2013), has generated the still active Campi Flegrei, Ischia and Vesuvius volcanic complexes.
The substructure of these volcanic areas has been investigated through several geophysical surveys (e.g. De Natale et al., 2006a; De Natale et al., 2006b and reference therein). Geophysical data, constrained by deep boreholes, showed that the deep structure of this volcanic area comprises 1.5–3 km of interbedded lavas and volcanoclastic, marine, and fluvial sedimentary rocks of Pleistocene age (Rosi and Sbrana, 1987; Brocchini et al., 2001; Di Renzo et al., 2007). These sequences overlay the Mesozoic carbonate sequences extending from two to four to roughly 8–11 km depth (Cubellis et al., 1991, Cubellis et al., 1995; Cubellis et al., 2001; Berrino et al., 1998, Berrino et al., 2008; Improta and Corciulo, 2006) on the Ercinian crystalline basement. The Moho discontinuity occurs at about 30 and 25 km depth beneath Vesuvius and Campi Flegrei and Ischia Island respectively (e.g., De Natale et al., 2006b; Nunziata, 2010). A low-velocity layer, interpreted as the top of a magmatic body, was detected by seismic tomography at 7–8 km depth beneath the Campi Flegrei caldera and Vesuvius volcano (Auger et al., 2001; Zollo et al., 2008). This evidence, that is consistent with the similarity in petrological features of the products from these volcanoes, suggests that a widely distributed magma source may be active beneath the entire Neapolitan volcanic district (Pappalardo and Mastrolorenzo, 2012).
The Neapolitan volcanic area developed on the Tyrrhenian edge of the Campanian plain that is characterized by extensive tectonic activity, which, since the Quaternary, has led to the formation of the Campanian graben (Bruno et al., 2003; Acocella and Funiciello, 2006; Torrente and Milia, 2013; Fedi et al., 2018). Extensive hydrothermal circulation is associated with these systems where several overlapping geothermal reservoirs interbedded within the volcanic succession have been identified (Aiuppa et al., 2006).
The Neapolitan volcanoes are among the longest inhabited volcanic areas, and therefore have a long historical record of natural events; moreover the high population density of this area implies a tremendous social impact of the volcanic risk. For these reasons a vast scientific literature has developed on these volcanoes, focusing mainly on Campi Flegrei and Ischia, which have shown greater variations in the last few years. A complete treatment of this literature is beyond the scope of this work, which focuses on comparing some characteristics of the seismicity of the three volcanoes, highlighting the common aspects.
Basically, the Neapolitan volcanoes cover a wide range of volcanic seismicity patterns and types (Chouet and Matoza, 2013) and well represent the behavior of different types of closed conduit active volcanoes. For this reason, they are generally studied individually. However, in recent decades some clues highlighted by seismic tomography (Auger et al., 2001) and petrographic studies of Vesuvius and Campi Flegrei (Pappalardo and Mastrolorenzo, 2012; Esposito et al., 2020a; Esposito et al., 2020b) suggested possible links between these volcanoes. Therefore, in the following we characterize the status of the three Neapolitan volcanoes, through their seismic activity and also using geodetic (GPS) and geochemical observations, and we investigate their temporal evolution in recent years to highlight differences and similarities among them.
NEAPOLITAN VOLCANOES
Vesuvius
Somma-Vesuvio is a stratovolcano consisting of an older cone (Somma) with a polygenetic caldera where the Vesuvio (or Vesuvius) cone has been built up during the last 2000 years. The Somma activity started about 33 ka BP with prevailing emission of lava flows and scoriae. In the last 22 ka, the volcanic activity become highly explosive producing tens of 4/5 Volcanic Explosivity Index (VEI) eruptions, including the last plinian eruption of Pompeii in 79 AD (Sigurdsson et al., 1985), and, most recently, the sub-plinian 472 (Sulpizio et al., 2005) and 1,631 (Braccini, 1632) eruptions. After the 1,631 eruption, Vesuvius remained in open conduit condition and was characterized by almost continuous intra-crater activity, until the last eruption, which occurred in 1944. On March 18, 1944, the eruption began with a lava flow that partially destroyed the towns of Massa di Somma and San Sebastiano al Vesuvio and was followed by an explosive phase, a few days later (March 22). An eruptive column of approximately 6 km height developed causing abundant volcanic ash-fall that reached large distance from the vent (Pappalardo et al., 2014; Cubellis et al., 2013, Cubellis et al., 2016). After this eruption, Vesuvius changed from open to closed conduit conditions and, nowadays, it persists in a quiescent state. The activity of Vesuvius from 1,631 onwards is well documented by contemporary chronicles (Baratta, 1897; Alfano and Friedlaender, 1929; Santacroce, 1987 and reference therein; Marturano and Scaramella, 1998; Guidoboni, 2008), allowing us to establish the precursory phenomena, which generally preceded Vesuvian eruptions in the last four centuries. Among the precursors, earthquakes were the most common ones (Cubellis et al., 2007; Cubellis and Marturano, 2013 and reference therein; Marturano, 2006; Scandone and Giacomelli, 2008). Particularly, the seismicity of Vesuvius before and during the 1944 eruption was recorded by a seismic station (Giudicepietro et al., 2010) installed in the historic site of the Osservatorio Vesuviano (OVO site in Figure 2) and described by Imbò. (1954) and more recently re-evaluated by Pappalardo et al. (2014). Seismic data from that period include Long Period (LP) events, explosion and lava fountain signals. After 1944 the seismicity disappeared for some years. In 1964 a series of landslides occurred in the crater of Vesuvius, accompanied by a partial collapse of the bottom of the crater (Imbò, 1964; Imbò et al., 1964). After this event, the seismicity resumed in 1966.
[image: Figure 2]FIGURE 2 | Map of Vesuvius seismic network. The triangles are the seismic stations. The blue ones with labels are the stations used to locate a long-period transient (LP) recorded on November 16, 2020. The label is also shown for OVO station, which is installed in the historical building of the Osservatorio Vesuviano and is the reference for the seismic catalog of Vesuvius.
Currently, Vesuvius shows moderate seismicity with some hundreds of earthquakes per year, with magnitudes typically between −1.0 and 2.0, mainly located in the axial zone of the crater. This zone extends to a depth of about 4 km (Cubellis and Marturano, 2002; Giudicepietro et al., 2010; Cubellis and Marturano, 2013; D’Auria et al., 2013; D’Auria et al., 2014; D’Auria and Massa, 2015; Ricco et al., 2021). The geochemical interpretation of the fumarolic compositions reveals the presence of a hydrothermal system, with temperatures as high as 400–450°C, possibly hosted between 1.5 and 4 km depth within the still hot volcanic conduits of the recent Vesuvius eruptions (Chiodini et al., 2001b).
Campi Flegrei
Campi Flegrei produced at least six large-scale explosive eruptions in the last 250 ka (e.g., Albert et al., 2019; De Vivo et al., 2001). The largest of these events are the two ignimbrite eruptions of the Campanian Ignimbrite (CI, 300 km3 DRE, 40 ka, Gebauer et al., 2014) and the Neapolitan Yellow Tuff (40 km3, 14.9 ka, following Deino et al., 2004) that caused the collapse of the 12 km-wide Campi Flegrei caldera. In the last 15 ka this nested collapse structure was the site of a monogenetic volcanic activity producing about 70 eruptions with variable VEI, spanning from 0 to 5. The last Monte Nuovo (Figure 3) eruption (VEI 2) occurred in 1538 AD after a period of ca 3,000 years of quiescence and was preceded by intense and long-term precursory phenomena (Di Vito et al., 2016) such as ground deformation and seismic activity. Seismicity continued even after the eruptive event at least until the end of the 16th century (Guidoboni and Ciuccarelli, 2011). After the 16th century the area was generally under subsidence (Niccolini, 1829, Niccolini, 1839, Niccolini, 1846). The subsidence was interrupted in 1945–1953 when a first bradyseism crisis occurred, with an uplift of about 0.5 m, followed by the two main episodes of 1969–1972 (about 1.7 m uplift) and 1982–1984 (about 1.8 m uplift), which led to a total ground uplift of about 3.5 m in the central sector of the caldera (Del Gaudio et al., 2010). After 1985 subsidence reappeared and continued until 2000 leading to a ground lowering of about 85 cm. During the bradyseism crisis of 1982–84, the ground uplift was accompanied by a remarkable seismicity (more than 16,000 earthquakes, most of them with magnitude < 3, max Md = 4.0). After 1985, the seismicity in Campi Flegrei almost disappeared and resumed in July 2000 with a swarm of LP events (Saccorotti et al., 2001; D’Auria et al., 2011). From 2005 a gradual resumption of uplift occurred in Campi Flegrei with a significant increase of its rate at the end of 2012 when the Italian Department of Civil Protection raised the alert level from the base (green) to yellow (attention).
[image: Figure 3]FIGURE 3 | Map of Campi Flegrei. The cyan triangles indicate the seismic network stations. STH (catalog reference station) and CPIS (used for calculating the fumarolic tremor amplitude) stations are indicated on the map. The blue circle indicates the RITE GPS station. The red star marks the area of maximum uplift (Iannaccone et al., 2018). The red dashed line indicates the edge of the caldera. The black ellipse encloses the hydrothermal area of Solfatara-Pisciarelli. Monte Nuovo is the cone formed in the last eruption (1,538).
Campi Flegrei caldera is also characterized by an intense hydrothermal activity highlighted by the emission of large amounts of deeply derived gases from soil diffuse degassing and from strong fumarolic vents at Solfatara-Pisciarelli (Chiodini et al., 2001a; Cubellis et al., 2002; D’Auria et al., 2011; Chiodini et al., 2012; Amoruso et al., 2014; Cardellini et al., 2017; Tamburello et al., 2019). Seismic activity is currently increasing and it is mainly concentrated in the same hydrothermal sites of Solfatara-Pisciarelli, with hypocentral depths rarely exceeding 2 km and M < = 3.3 (Chiodini et al., 2021; Giudicepietro et al., 2021; Tramelli et al., 2021).
Ischia
Ischia is the emerged part of an active volcanic field, which rises more than 1,000 m above the seafloor (Orsi et al., 1999; Bruno et al., 2002), along the margin of an E-W trending scarp that borders to the south the Phlegraean volcanic district. At Ischia, volcanism began before 150 ka BP and has continued intermittently, with quiescent periods lasting centuries to millennia, until the last eruption in AD 1302 (Vezzoli, 1988; Orsi et al., 1996; de Vita et al., 2010). The volcanic and deformation history is dominated by the caldera-forming Monte Epomeo Green Tuff (MEGT) eruption at about 55 ka (Vezzoli, 1988), during a period of activity that generated the most voluminous and devastating eruptions of the island (Brown et al., 2008, and references therein). The MEGT caldera floor was later affected by resurgence that generated uplift of about 900 m, probably over the past 33 ka (the age of the oldest deformed rocks). Orsi et al. (1991) explain this remarkable resurgence through a simple-shearing mechanism, and tilting of differentially displaced blocks; the most uplifted one is Monte Epomeo, whereas other authors (e.g. Acocella and Funiciello, 1999), on the basis of more recent data, interpreted it as due to a trap-door like mechanism. Mount Epomeo plays an important role in the seismic activity of Ischia. This structure was subject to a remarkable uplift in the period between 33 ka and about 5 ka and was interpreted as a resurgent block (Vezzoli, 1988). It is not easy to date the end of the resurgence of the Mt. Epomeo block (e.g. Carlino et al., 2006; Carlino, 2012; Trasatti et al., 2019; Cubellis et al., 2020). Currently a subsidence of about 1 cm/year occurs in the northern sector of the Island, as recorded from GPS, optical leveling and DInSAR measurements (see eg: De Martino et al., 2011; Manzo et al., 2006, De Novellis et al., 2018; Trasatti et al., 2019). The post-MEGT volcanic history has been subdivided into three periods of activity based on structural and volcanological evidence, as well as geochemical and isotopic variations of the magmas erupted through time (Civetta et al., 1991). Even if, since the last eruption occurred in AD 1302, no evidence of renewal of uplift has been recorded in concurrence with more recent minor mass movements, the magmatic system of Ischia has to be considered still active. The presence of a hydrothermal system characterized by energetic circulation underneath Ischia is demonstrated by the numerous surface manifestations, including fumaroles, thermal waters, steaming grounds and mud pools. Since accurate geodetic measurements have been made (early 20th century), central-southern portion of the island has subsided. Generally, Ischia has a low level of seismicity, characterized by few events per year with a magnitude typically between -1 and 2.5 (see the catalog included in the supplementary Datasheet S1), which is concentrated in the Casamicciola area (D’Auria et al., 2018). However, as known, in this area, events with a relatively greater magnitude can occur (Carlino et al., 2006; Cubellis et al., 2004, 2020; De Novellis et al., 2018; D’Auria et al., 2018; Selva et al., 2021), which are potentially capable of causing severe damage to the town and population. This happened in 1883, when an earthquake with intensity XI MCS degree and magnitude of about 5 destroyed the town of Casamicciola, causing approximately 2,300 victims, and in August 2017, when an M4.0 earthquake caused severe damage to the town and two victims. The earthquake of August 2017 is the last seismic event with a significant impact on the island.
DATA
Seismic Data
The Osservatorio Vesuviano seismic network (INGV-OV) currently consists of 34 broadband digital stations and 18 short-period seismic stations (5 with only vertical component and 13 triaxial), which continuously transmit signals to the Monitoring Center. Some of them are co-located in the same site for redundancy and continuity in the catalogs. The network is designed for monitoring the active Neapolitan volcanic areas, Vesuvius (Figure 2), Campi Flegrei (Figure 3), Ischia (Figure 4) and provides information on seismicity at a regional scale in collaboration with the national seismic network managed by Osservatorio Nazionale Terremoti (INGV-ONT). In the period 2010–2012 the seismic network was densified on the three volcanoes. Moreover, three OBS have been installed in Campi Flegrei in recent years (Iannaccone et al., 2018). The current geometry of the network of the Neapolitan volcanoes, in low seismic noise condition, allows to reliably locate seismic events with M < 0, in Vesuvius, Campi Flegrei and Ischia.
[image: Figure 4]FIGURE 4 | Map of Ischia island with the seismic stations (cyan triangles) and the two GPS, stations MEPO and SERR (blue circles) that were considered in this work. OC9 is the reference station for the seismic catalog of Ischia.
The data are collected at Osservatorio Vesuviano in Naples through intermediate data centers (e.g. in Ercolano). The analogue station data are acquired at Posillipo data center and then transmitted to the Osservatorio Vesuviano headquarter via TCP/IP protocol using a dedicated WiFi link. Here, an Earthworm-based system (Johnson et al., 1995; Johnson 2020) is devoted to the automatic detection and location of seismic events. This system provides a good quality location in a few tens of seconds after the detection of an earthquake.
In this article we consider the seismic catalogs of Vesuvius, Campi Flegrei and Ischia, that are routinely updated by the Osservatorio Vesuviano seismic laboratory and are available on the website www.ov.ingv.it (last accessed on March 27, 2021). The catalogs are based on single-station detections, and exploit the long historical record provided by the most ancient stations such as OVO (Vesuvius), STH (Campi Flegrei) and OC9 (Ischia). These stations are located in sites close to the main seismogenic areas of each volcano, which are the summit cone for Vesuvius, Solfatara-Pisciarelli for Campi Flegrei and the area of Casamicciola Terme for Ischia. Numerous articles analyzed in detail the catalogs of Campi Flegrei (D'Auria et al., 2011; Giudicepietro et al., 2019; Tramelli et al., 2021), Vesuvius (Giudicepietro et al., 2010; D'Auria et al., 2013) and Ischia (D'Auria et al., 2018; Selva et al., 2021). We refer to these works for an in-depth analysis of the seismological statistics of these three volcanoes. However, here we present the estimate of the completeness thresholds and the b-values of the entire catalogs and other basic elaborations, such as the monthly and annual distribution of all the detected earthquakes of the three areas, in order to have elements to compare the seismicity in the three volcanoes. The catalogs used in this work are also included in the supplementary Datasheet S1.
The traditional seismic catalog of Vesuvius is based on the earthquakes recorded at OVO station (in the historical building of Osservatorio Vesuviano in Ercolano). It begins in 1972 and includes 11,610 earthquakes, until December 2020. The catalog is based on a single station and is generated using the duration magnitude (Md), suitable for local earthquakes. The duration of the earthquakes is determined by the analysts of the seismic laboratory through visual analysis of seismograms. The same methodology is also used for the catalogs of the other volcanoes in the Neapolitan area, which are included in the supplementary Datasheet S1. Thanks to the BKE station (Bunker Est), which was installed on the top of Mount Vesuvius in 1999, an additional catalog of the events recorded near the crater is available. The BKE catalog (1999–2020) currently includes 18,663 events, many of which have magnitude < 1 and can only be recorded at the summit of Mount Vesuvius.
The revised catalog of Campi Flegrei covers the period from January 2007 to December 2020. It contains 4,473 earthquakes recorded at the STH reference station, installed near the Solfatara-Pisciarelli area. When the background seismic noise is particularly low, this station can detect earthquakes with magnitude < = −0.2. However, smaller earthquakes are often not locatable. Actually, only 1,437 of the 4,473 earthquakes in the catalog of the Campi Flegrei are located.
Finally, the seismic catalog of Ischia includes 147 earthquakes recorded in the 1999–2020 interval at OC9 station installed in the historical Osservatorio Geofisico della Gran Sentinella in Casamicciola Terme (Ischia), founded in 1885 by the geophysicist Giulio Grablovitz. Most of these earthquakes are located in the Casamicciola area.
We consider a period of 14 years, from January 2007 to November 2020, to compare the time evolution of the seismicity of the three volcanoes. During the selected period, the permanent seismic network of Osservatorio Vesuviano recorded a total of 16,804 events, of which 12,208 in Vesuvius, 4,473 in Campi Flegrei and 123 in Ischia.
In addition to the catalog data, we use a selection of the locations of the Campi Flegrei earthquakes, the best quality ones, e g., A and B quality with location errors typically in the range of 200–300 m (locations and related errors are reported in the supplementary Datasheet S1) from the INGV Osservatorio Vesuviano database. We use the hypocentral parameters of the INGV database also as initial locations to relocate the earthquakes of the April 26, 2020 swarm, the largest one that occurred in Campi Flegrei since 1984 in terms of energy released. Moreover, we calculated ex novo the locations of the Vesuvius earthquakes from 2015 to 2020 and in 1999, to compare the most relevant swarm, which occurred in October 1999, with that occurred in November-December 2018 (see. “Methods”). For Ischia we used the locations recently published in D’Auria et al. (2018) and Selva et al. (2021).
GPS Data
We use the data of few selected stations of the permanent GPS network dedicated to monitoring the Neapolitan volcanoes (De Martino et al., 2011; Tammaro et al., 2013; De Martino et al., 2014; Devoti et al., 2018; De Martino et al., 2020). In particular, to highlight the vertical ground displacements in the three Neapolitan volcanoes, we used the daily average of the vertical component from the RITE station (Figure 3) in Campi Flegrei (between January 2010 and November 2020); BKNO (Figure 2) at Vesuvius (between June 2010 and November 2020) and SERR (January 2004–November 2020) and MEPO (February 2017 - November 2020) in Ischia (Figure 4).
Geochemical Data
The fumaroles located in the bottom of the Vesuvius crater are sampled systematically in the frame of the surveillance of the volcano. Here we consider 68 samples (collected from 2010 to November 2020) for which we estimate the equilibrium temperatures within the gas system H2O-H2-CO2-CH4-CO using the method described in Chiodini et al. (2001a) and Caliro et al. (2011). The estimated temperatures, in the range from 379 to 441°C, are regularly reported in the Osservatorio Vesuviano surveillance reports (see, e.g., Figure. 4.3 in www.ov.ingv.it/ov/bollettini-mensili-campania/Bollettino_Mensile_Vesuvio_2020_12.pdf).
METHODS
In this study we used hypoDD (Waldhauser and Ellsworth, 2000) software to relocate the events of the seismic swarm occurred in Campi Flegrei on April 26, 2020, which was the largest swarm since the volcanic crisis of 1982–85 and included the largest Phlegraean earthquake (Md 3.3) recorded since 1984. We relocated this important swarm to compare it with two other significant swarms that occurred on October 7, 2015 and December 6, 2019, respectively, which occurred in the same area and showed particular characteristics studied in Giudicepietro et al. (2021). As initial locations we used those determined by the Osservatorio Vesuviano seismic laboratory, with the hypo71 (Lee and Lahr, 1975) program that are available online at www.ov.ingv.it (last accessed March 27, 2021). We did not use cross-correlation derived relative picks for the relocation but we exploited the manual picking of the P and S phases carried out by the seismic laboratory analysts of the Osservatorio Vesuviano (INGV). We preprocessed the phase picking data using the ph2dt software (a utility available in the hypoDD package) to obtain travel time differences for pairs of earthquakes at common stations. Then we applied hypoDD using the conjugate gradients method (LSQR, Paige and Saunders, 1982). We reported the relocation output file in the supplementary Datasheet S1. This file contains the hypocentral parameters including the location errors, however the error values are not meaningful in case the relocations are computed using LSQR method (Paige and Saunders, 1982). The mean horizontal and vertical errors on the initial locations are about 300 m and 200 m respectively.
We located the earthquakes that occurred on Vesuvius between January 2015 and November 2020 using hypo71, adopting a velocity model derived from the integration of different velocity models of the Neapolitan volcanic area elaborated in D'Auria et al. (2008). To overcome the problems due to the topography of the volcano and the close spacing of the seismic network stations we considered 1,000 m altitude as the reference level on the volcanic edifice and we appropriately configured the station delays in the locator input file. In this way we were able to locate the small shallow earthquakes that occur inside the volcanic edifice above the sea level. We also located the earthquakes of a swarm that occurred in October 1999, which include the largest event recorded on Vesuvius so far (M = 3.6). The mean horizontal and vertical errors on the locations are about 350 m and 420 m respectively (see supplementary Datasheet S1).
Furthermore, we located a Long Period (LP) event, which occurred at Vesuvius on November 16, 2020. LP events are very rare on Vesuvius. One of them took place on July 20, 2003 and was studied by Cusano et al. (2013). This type of events is related to the presence of fluids in the seismogenic volume and can be associated with magmatic or hydrothermal fluids (Chouet and Matoza, 2013). In order to locate the LP transient recorded on November 16, 2020 we exploited the onset of the event, which is recognizable on the vertical component of 7 different stations. We estimated the time delay through cross correlation analysis of the vertical component of the signals recorded at different stations. We computed the cross correlation using the Obspy toolbox for seismology utilities (Krischer et al., 2015). So we retrieved the arrival times of the LP transient at 7 different stations and we located it with the same method illustrated above.
In order to statistically characterize the seismicity of the three areas and to be able to compare them, we estimated the magnitude of completeness (Mc) and the b-values for the entire catalogs of the single reference stations for the three volcanoes, STH (Campi Flegrei), BKE and OVO (Vesuvius), OC9 (Ischia). We adopted the method of Aki. (1965), which gives the b-value as a function of Mc. First, we varied the Mc and calculated the residual between the data with M> = Mc and the Gutenberg-Richter magnitude-frequency distribution. Then, we chose the Mc associated with the smaller residual (see supplementary Datasheet S1). So, we obtained the following results: OVO catalog b-value 1.7 Mc 1.7, BKE catalog b-value 1.5 Mc 1.6, STH catalog b-value 0.95 Mc 0.0, OC9 catalog b-value 0.6 Mc 0.4. We also compared our results with those reported in recent literature (D'Auria et al., 2013, D'Auria et al., 2018; Giudicepietro et al., 2019; Tramelli et al., 2021) and we found consistent values. Concerning the estimates of the b-value reported in Selva et al. (2021) for Ischia, where the authors found 1.11, the difference in the b-value is mostly due to the different adopted magnitude (Mw instead of Md) and the use of a new integrated catalog.
To highlight the changes taking place in Campi Flegrei, we updated the time series of Pisciarelli's fumarolic tremor and the “background seismicity” (Chiodini et al., 2017b), two seismological parameters that have significant correlations with geochemical variations in the Phlegraean area.
The amplitude of the fumarolic tremor is measured on the vertical component signal of the CPIS station, installed in 2010 in Pisciarelli, 8 m away from the main fumarole of Campi Flegrei caldera. The signal is filtered in the characteristic frequency band generated by the fumarole and the nearby mud pool (5–15 Hz). The amplitude is calculated as the average of the absolute value (RSAM as defined in Endo and Murray, 1991) over 30-min windows. The details are described in Chiodini et al. (2017a), Giudicepietro et al. (2019) and Giudicepietro et al. (2021). The “background seismicity” of the Campi Flegrei caldera was defined in Chiodini et al., 2017b by extracting the seismic clusters (or earthquake swarms) from the catalog and considering them as a single episode of seismicity like a single event. This parameter shows a good agreement with ground deformations and with the temporal evolution of geochemical parameters (Chiodini et al., 2017b).
For the seismic data of Ischia, where earthquakes are less frequent than at Vesuvius and Campi Flegrei, we have not carried out new analyses and have reported already available locations (D’Auria et al., 2018; Selva et al., 2021).
The results of the original analyses we performed for this article, i.e. the relocations of the April 26, 2020 swarm at Campi Flegrei, the locations of the earthquakes recorded on Vesuvius between January 2015 and November 2020 and in 1999, the location of the LP transient recorded on Vesuvius on November 16, 2020, are included in the supplementary Datasheet S1 together with the seismic catalogs which are also available on the Osservatorio Vesuviano (INGV) website (www.ingv.it, last accessed March 30, 2021), where they are periodically updated.
RESULTS
In this section we present the results of the data analysis in the context of the knowledge on the eruptive history, historical seismicity and dynamics of the three Neapolitan volcanoes. For Campi Flegrei and Vesuvius we show results from new analyses, whereas for Ischia we summarize results from previous works.
Campi Flegrei Seismicity
Over the past 2 decades a gradual increase in seismicity has occurred in Campi Flegrei (Tramelli et al., 2021). Until 2014, earthquakes were rare and occurred in swarms of numerous events with low magnitudes, such as on January 23, 2009 (173 events, Mmax = 0.0), March 30, 2010 (141 events, Mmax = 1.2) and September 7, 2012 (188 events, Mmax = 1.7) (Figure 5A). After 2014, the seismicity occurrence changed: the events became more frequent over time (Figures 5A,C), the seismic energy release and the “background seismicity” (Chiodini et al., 2017b) increased (Figure 5C), the number of events in a single swarm decreased even if earthquakes with greater magnitude characterized the swarms. The histogram in Figure 5B shows the magnitude distribution (Mmean = −0.2). The magnitude-frequency distribution can be consistent with a Gutenberg-Richter distribution with the b-value = 0.95 (see Method section). The red curve in Figure 5A shows the monthly maximum magnitude. The fumarolic tremor that is a robust indicator of the activity of the Pisciarelli-Solfatara hydrothermal system (Chiodini et al., 2017a; Giudicepietro et al., 2019; Giudicepietro et al., 2021) showed a continuous increase and reached its maximum amplitude in September 2020 (Figure 5D).
[image: Figure 5]FIGURE 5 | Seismicity of Campi Flegrei. (A) Histogram of earthquakes per month detected by the STH seismic station since January 2007 (seismic catalog of Campi Flegrei, in supplementary Datasheet S1). The red curve with the circle markers shows the maximum magnitude of each month. (B) Histogram of earthquake magnitudes in the Campi Flegrei catalog (Log scale on vertical axis). (C) The red curve represents the cumulative seismic energy in GJ. The black curve is the ‘background seismicity’ defined in Chiodini et al. (2017b) (right axis). The light blue curve represents an exponential trend line. It can be seen that the exponential trend closely approximates the temporal evolution of the ‘background seismicity’. (D) In green the amplitude of the fumarolic tremor since January 2010 recorded at CPIS station that was installed on January 2010. The black curve represents an exponential trend line. It can be seen that also in this case the exponential trend closely approximates the temporal evolution of the fumarolic tremor indicating an acceleration of the ongoing process.
A relationship between seismicity and injection of fluids into the hydrothermal system was evidenced for the two swarms of October 7, 2015 and December 6, 2019 in Giudicepietro et al. (2021). This relationship was highlighted by a sudden increase in the amplitude of the fumarolic tremor at Pisciarelli (Giudicepietro et al., 2021), recognized as a proxy of the activity of the hydrothermal system at Campi Flegrei (Chiodini et al., 2016).
In recent decades, after the 1982–1984 crisis, the most energetic earthquake swarm occurred on April 26, 2020. Here, we analyzed that swarm comparing it with the two swarms occurred on October 7, 2015 and December 6, 2019, studied in Giudicepietro et al. (2021), which are located in the same seismogenic volume. We compared the waveform of the April 26, 2020 major earthquake (Md 3.3, the largest one since 1984) with two of the largest events belonging to the swarms of October 2015 and December 2019, which form a distinct family of earthquakes (Giudicepietro et al., 2021). We calculated the cross-correlation of a 1s-sliding window of the April 26, 2020 (Md 3.3) earthquake onset (CAAM station vertical component) with the two selected events of the swarms of October 7, 2015 and December 6, 2019. We found a correlation of 0.9 with the onset of both events. This suggests that the April 26, 2020 (Md 3.3) earthquake belongs to the same family as the largest events of the swarms that occur in Pisciarelli area. Figure 6 shows the spectrogram and waveform of this earthquake and the comparison of its onset with the two events of the October 7, 2015 and December 6, 2019 swarms. The spectrogram (Figure 6A) is typical of VT earthquakes with an impulsive onset characterized by a wide frequency range up to 30 Hz. The comparison of the onsets (Figure 6B) confirms that the main event of the April 26, 2020 swarm shares with the major earthquakes occurred in recent years similar waveform characteristics. Furthermore, we calculated the focal mechanism of the April 26, 2020 Md 3.3 earthquake using FPFIT software (Reasenberg and Oppenheimer, 1985). It shows a solution that can be associated with normal-type mechanisms with an oblique component (Figure 7D) and it is similar to those found in Giudicepietro et al. (2021) for the major earthquakes of the October 2015 and December 2019 swarms. This further similarity with the major earthquakes of the swarms located in the Solfatara–Pisciarelli area shows that the same seismogenic structure has been reactivated several times in recent years.
[image: Figure 6]FIGURE 6 | (A) Seismogram and spectrogram of the Md 3.3 earthquake recorded during the April 26, 2020 swarm. (B) The onset of the earthquake (Eq. 3) is compared with one of the major events of the swarm occurred on October 7, 2015 (Eq. 1 Md = 2.3) and the strongest event of the December 6, 2019 swarm (Eq. 2 Md = 3.1). CAAM station (see Figure 3) vertical components are shown.
[image: Figure 7]FIGURE 7 | Locations (A and B quality) of the earthquakes recorded in Campi Flegrei between January 2000 and November 2020. The hypocenters are indicated with a black dot (70% transparency). The green circles mark the earthquakes of the October 7, 2015 swarm. The red circles highlight the earthquakes of the December 6, 2019 swarm. The blue circles indicate the earthquake locations of the April 26, 2020 swarm (included in supplementary Datasheet S1). Only for events that belong to these three swarms the diameter of the circle is proportional to the magnitude. The location of the April 26, 2020 Md 3.3 earthquake is shown in cyan (lat: 40.831319N; lon: 14.147029E; depth: 2,618 m b.s.l.).
We also performed relative locations of the April 26, 2020 swarm (blue circles in Figure 7) using the hypoDD software (Waldhauser and Ellsworth, 2000). The relocation confirmed that the April 26, 2020 swarm occurred along the same conduit-like path already identified in Giudicepietro et al. (2021) for the October 7, 2015 and December 6, 2019 swarms (Figure 7).
Typically the relatively high magnitude events (Md max = 3.3) of the swarms occurred in Solfatara–Pisciarelli area, and in particular for the three main swarms considered in this work (Oct 2015, Dec 2019 and Apr 2020), are deeper than those of the ordinary Campi Flegrei seismicity (Chiodini et al., 2021). In the December 6, 2019 swarm a clear migration of the hypocenters toward the surface was also observed (Giudicepietro et al., 2021).
The double-difference locations of the swarms of October 7, 2015 and December 6, 2019 are published as supplementary Datasheet S1 in Giudicepietro et al. (2021). The double-difference locations of the events of the swarm that occurred on April 26, 2020 are included in the supplementary Datasheet S1 of this article. The locations of the earthquakes from 2000 to 2020 are available online on the Osservatorio Vesuviano (INGV) website (www.ov.ingv.it), as well as the seismic catalogs.
More recently, four earthquakes with magnitude Md > 2 were recorded in December 2020 (see supplementary Datasheet S1, Table 1). Two of these earthquakes belong to a swarm of 51 events, which occurred on December 19, 2020. In this case a sudden increase in the amplitude of the fumarolic tremor was observed during and after the swarm, confirming a mechanism linked to fluid injection in the hydrothermal system, similar to that observed for the swarms of the October 7, 2015 and December 6, 2019 (Giudicepietro et al., 2021). This shows that at least since 2015 a seismicity directly linked to injections of fluids in conduit-type paths has occurred in the Campi Flegrei, even if this is not the only source of earthquakes acting in the Phlegraean caldera.
TABLE 1 | Parameters of the frequency-magnitude distribution (b-value and Mc) of the three Neapolitan volcanic areas on the basis of single station catalogs.
[image: Table 1]Mt. Vesuvius Seismicity
Vesuvius is a very active volcano, with a predominantly explosive eruptive style (Arnò et al., 1987; Scandone and Giacomelli, 2008), that is located in a densely populated area (Figure 2). These factors make Vesuvius one of the highest risk volcanoes in the world.
After the 1944 eruption the seismicity of Vesuvius was very low, with few earthquakes per year, until 1966, when a local seismicity appeared, consisting of Volcano Tectonic events (VT), located in axis with the crater. The complete catalog from 1944 was reconstructed in Giudicepietro et al. (2010). Since 1972 the estimation of Vesuvian earthquake magnitude became systematic and allowed to create the seismic catalog (Figure 8A) based on the OVO station, installed at the Osservatorio Vesuviano historical site (Figure 2).
[image: Figure 8]FIGURE 8 | (A) Number of earthquakes per month detected by the OVO station from 1972 to December 31, 2020. (B) Comparison between the number of earthquakes per month detected by the OVO station (blue) and the BKE station (light blue) from 1999 to 2020 (November 30). The catalogs are included in the supplementary Datasheet S1.
The study of Vesuvius seismicity that occurred in the last 50 years and the densification of the seismic network in the summit area (Figure 2) made it possible to recognize two seismogenic volumes (Giudicepietro et al., 2010; D’Auria et al., 2013), one at a depth of about 4 km below the top of the edifice and the other one much shallower, where very small magnitude earthquakes are concentrated. The OVO station is mainly sensitive to earthquakes originated in the deep seismogenic zone whereas the BKE station can record even the shallow small earthquakes. Therefore, the comparison of OVO and BKE catalogs gives a picture of the two seismogenic volume temporal evolutions. Since 2008, earthquakes located in the deepest seismogenic zone decreased whereas shallow earthquakes were increasingly recorded (Figure 8B).
The implementation of a dense network in the summit area of Vesuvius between 2009 and 2011 made it possible to locate the very small magnitude (typically <0.5) earthquakes recorded at the top of Vesuvius, and so to discover the shallow seismogenic volume within the volcanic edifice (Figure 9A).
[image: Figure 9]FIGURE 9 | Earthquake locations at Vesuvius. (A) Location of earthquakes recorded on Vesuvius between January 2015 and November 2020. The events are indicated with a black dot (70% transparency). The cyan circle indicates the location of the LP transient recorded on November 16, 2020 at 5:58:55 (UTC). The two ellipses surround the “shallow” and “deep” seismogenic zones. (B) The red circles highlight the earthquakes of the swarm that occurred on November 30 December 1, 2018. (C) The blue circles indicate the earthquakes of the October 1999 swarm. The plot in panel (D) shows the comparison between the locations of the two swarms. In all plots the location of the LP transient is reported as a cyan circle. The sizes of the red and blue circles are proportional to the magnitudes of earthquakes of 2018 and 1999 swarms, respectively. The locations of the swarms and the LP transient are included in the supplementary Datasheet S1.
The most significant seismic crisis recorded at Vesuvius after the last eruption was on October 9, 1999 when a swarm of earthquakes with a relatively large magnitude occurred (Mmax = 3.6, the highest magnitude recorded so far at Vesuvius) (Figure 9C). In more recent times, a significant swarm occurred between November 29 and December 1, 2018 (Figure 9B). We compared the earthquake locations of the two swarms and we found that the events of both swarms are predominantly located in the deep seismogenic volume (Figure 9D). In addition, some events of the 2018 swarm were located in the shallower seismogenic zone. The lack of earthquakes in the shallow zone during the 1999 swarm (Figure 9C) is due to the seismic network configuration, which did not allow their location at that time. Actually, they were recorded by the BKE station, but it was not possible to locate them because the other stations did not register them.
Vesuvius seismic events are generally VT earthquakes (Figure 10A) with a magnitude that rarely exceeds 2 (Figure 10B). The magnitude-frequency distribution in Figure 10B is reasonably consistent with a Gutenberg-Richter distribution with the b-value = 1.5 (see Method section). Recently, the Vesuvius network recorded three seismic transients characterized by frequencies between 1 and 5 Hz that occurred between 5:58 and 6:00 (UTC) on November 16, 2020. These events, which can be classified as LP events based on their frequency content (Figure 10C), have emergent onset and duration of about 30 s each. However, the second has a clearer onset than the others so we located it by calculating the time delay of its onset at different stations using cross-correlation (Figure 10D). The location falls at the base of the deep seismogenic zone (cyan circle in Figure 9).
[image: Figure 10]FIGURE 10 | (A) Seismogram, spectrogram and spectrum of a typical Vesuvian VT earthquake recorded on November 29, 2020 at 5:16 am. (B) Distribution of the magnitude of the earthquakes recorded by the BKE station from 1999 to 2020 (BKE catalog; Log scale on vertical axis). (C) Seismogram, spectrogram and spectrum of the LP transient recorded on November 16, 2020 at 5:16 am. (D) Picking of the onset of the LP transient recorded on November 16, 2020 at 5:59 am. For the position of the seismic stations see Figure 1.
Ischia Seismicity
The seismicity of Ischia island has been instrumentally monitored since 1993. Before then we can still count on a historical catalog that goes up to the 8th century BC (Figure 11). This richness of historical information is to be attributed to the tourist attraction that the Ischia island has always exercised on people who have left written traces of what they have seen and heard during their holidays. Besides, since 1885 a seismic tank was working in the Geophysical Observatory of Casamicciola. This innovative instrument capable of measuring and recording the oscillations of the water contained in a tank was installed by the scientist Giulio Grablovitz (1846–1928) and maintained until 1923 (Luongo et al., 2012; Cubellis and Luongo, 2018; D’Auria et al., 2018). After a gap of 70 years, the first seismic station was installed in the same place of the seismic tank, Casamicciola Observatory (OC9 in Figure 4).
[image: Figure 11]FIGURE 11 | Map of Ischia island with the seismic stations (black triangles), the locations of earthquakes (red circles) recorded by the seismic network and the locations of historical earthquakes (black diamonds). Instrumental and hystorical catalogs are from Selva et al. (2021) and integrated with the earthquakes occurred in 2020. Diamond and circle filled in with orange indicate the July 28, 1883 and the August 21, 2017 earthquakes, respectively. For instrumental earthquakes, the size of the circle indicates the magnitude according to the scale shown at the top right of the figure. East-West and North-South sections are shown. The blue rectangle shows the fault trace of the August 21, 2017 earthquake retrieved in De Novellis et al. (2018). In the lower and lateral panels, the depths of the hypocenters are expressed in km.
The network was gradually improved until the four seismic sites equipped in 2011. After the 2017 M4.0 earthquake the network was improved reaching a total of 9 permanent and 5 mobile seismic stations. The complete (hystorical and instrumental) catalog has been recently revised by Selva et al. (2021). Their analysis evidenced that the Ischia seismicity is not stationary: the annual rate for earthquakes with a magnitude higher than 3.6 in the past (1750–1884) was six times larger than the current one (1885–2019) (Selva et al., 2021). These authors estimated a b-value higher than 1, as usual for volcanic areas, but the non-stationarity of the distribution of the seismic events makes the Gutenberg-Richter not the most appropriate relationship to describe the process. For the instrumental catalog the magnitude is estimated from the duration of the seismogram recorded at a seismic station located in the Casamicciola Observatory (D’Auria et al., 2018). The magnitude of the historical earthquakes has been converted from the intensity (Selva et al., 2021 and reference therein). As expected, the completeness magnitude highly decreases with time thanks to the improvement of the seismic network in the last decades.
The seismicity of Ischia is mainly associated with the faults of the northern boundary of the Mt. Epomeo block. Ischia indeed experienced one of the highest uplift measured at any volcano (more than 900 m in 35–55 ka) (Trasatti et al., 2019 and references therein), which produced a fault-bounded block (the Mt. Epomeo block) with topmost uplift to the NW and an overall tilt downward SE (Acocella and Funiciello, 1999). Currently the Epomeo block is subject to subsidence.
Several destructive earthquakes have been located in the northern part of the island with shallow hypocentre and estimated magnitude between 3.6 and 5.2: in 1,228 (700 casualties), 1796 (7 casualties), 1828 (30 casualties), 1881 (126 casualties), 1883 (2,333 casualties), and 2017 (2 casualties) (Cubellis and Luongo, 1998, 2018; D’Auria et al., 2018; De Novellis et al., 2018; Cubellis et al., 2020; Selva et al., 2021; Carlino et al., 2021).
DISCUSSION
Using the catalogs based on single stations, edited and periodically updated by the seismic laboratory of the Osservatorio Vesuviano INGV, we obtained the b-values for the three areas shown in Table 1 (see Methods section).
As is known (Wiemer and Benoit, 1996), a positive anomaly of the b-value may indicate a higher pore pressure and a higher temperature of the earthquake source region. This is found in the analysis of the Vesuvius catalogs (OVO and BKE stations), whereas for Campi Flegrei the b-value does not show significant anomalies. On the contrary, the area of Casamicciola Terme in Ischia, where the OC9 station is located, shows a negative anomaly that could be consistent with the tectonic nature of the island’s seismicity. By applying the frequency-magnitude distribution analysis to a sliding window of a given number of earthquakes, Tramelli et al. (2021) showed that the b-value in Campi Flegrei increased over time and exceeded 1 in 2020. An increase over time of the b-value in Campi Flegrei was also highlighted by Giudicepietro et al. (2019). Similarly, Selva et al. (2021) found a b-value greater than 1 for Ischia using a new integrated seismic catalog. An in-depth discussion of this aspect is beyond the scope of this article. Taking into account the results of Tramelli et al. (2021), which were obtained by analyzing the same catalog used for this article, here we can highlight that the b-values calculated on the entire catalogs based on single stations suggest differences in the seismogenic conditions of Ischia with respect to Campi Flegrei and Vesuvius. Furthermore, the positive anomaly of the b-value at Vesuvius suggests a plumbing system characterized by high temperature and pore pressure. These physical conditions of the seismogenic volumes are consistent with the fact that Vesuvius erupted more recently than the other volcanoes (Table 1).
For describing the temporal evolution of the seismicity of the Neapolitan volcanoes in recent years, we consider the period January 2007–December 2020 (Figure 12 and Table 2), which is covered by the catalogs of all three volcanoes. In the selected period some changes in seismicity were observed in the area. Particularly Campi Flegrei, as already mentioned, have been subject to a gradual intensification of the seismicity which became remarkable in the last year (Figure 12A), when the number of earthquakes has, for the first time, exceeded those of Vesuvius (Figure 12D). The seismicity of Ischia was dominated by the Md 4.0 earthquake of August 21, 2017 and by the aftershocks that followed it. For this reason the seismic activity of Ischia showed variations in recent years (Figure 12B). Finally, Vesuvius was characterized by a rate of several hundred events per year. From 2018 to 2020 this rate exceeded 1,000 events/year (Figure 12C). This variation, visible in the annual rate of all detected Vesuvius earthquakes, is also recognizable in the annual rate of earthquakes of M> = Mc (Figure 12C). Therefore, Vesuvius also showed a modest increase in seismicity in the last years, starting from 2018, when a significant swarm occurred (Figure 9B).
[image: Figure 12]FIGURE 12 | Comparison of the seismicity of the three Neapolitan volcanoes in the period 2007–2020. (A) Histogram of occurrence of earthquakes in Campi Flegrei (all detected events in red and earthquakes of M> = Mc in dark red) and maximum magnitude (red curve). (B) Histogram of occurrence of earthquakes in Ischia (all detected events in cyan and earthquakes of M> = Mc in blue) and maximum magnitude (blue curve). (C) Histogram of occurrence of earthquakes in Vesuvius (all detected events in green and earthquakes with M> = Mc in dark green. For the latter the values on the y axis are multiplied by 2) and maximum magnitude (green curve). Linear trend lines are reported for the maximum magnitude curve in the three volcanoes. (D) Histogram summarizing the occurrence of earthquakes in the three volcanoes. IS = Ischia; Ves = Vesuvius; CF = Campi Flegrei.
TABLE 2 | Earthquakes per year in Vesuvius, Campi Flegrei and Ischia volcanoes in 2007–2020.
[image: Table 2]In terms of the number of earthquakes, Ischia is the least active volcano in the Neapolitan area (Figure 13A). However, in terms of seismic energy released in January 2007–December 2020, Ischia seismicity is more relevant than that of the other two volcanoes (Figure 13B).
[image: Figure 13]FIGURE 13 | (A) Bar charts showing the number of earthquakes recorded on Vesuvius (blue), Campi Flegrei (red) and Ischia (green) from January 2007 to December 2020. (B) Cumulative energy of the earthquakes from January 2007 to December 2020 of Vesuvius (blue), Campi Flegrei (red) and Ischia (green).
The seismicity of Ischia is interpreted as the effect of a stress field dominated by the gravitational and thermal loading of the block of Mount Epomeo that undergoes rotation northwards and translation southwards by gravitational spreading action (Cubellis et al., 2020). Cubellis et al. (2020) propose for the seismic energy release a stick-slip mechanism as it provides a seismicity of the island characterized by single transients and precludes the generation of significant aftershocks, as it was observed with the earthquake of August 21, 2017.
To compare the recent activity of Neapolitan volcanoes and investigate their differences and similarities we must consider the seismicity in the context of multidisciplinary (geodetic and/or geochemical) observations.
The modern geodetic measurements, made it possible quantifying the subsidence of Ischia (Luongo et al., 1987; Carlino, 2012; Cubellis and Luongo, 2018; Cubellis et al., 2020). In particular the leveling measurements along the coast line established by the Istituto Geografico Militare Italiano (IGMI) in 1913, showed the maximum subsidence in the Serrara Fontana area (Luongo et al., 1987; Manzo et al., 2006; Del Gaudio et al., 2011). For this reason, one of the first permanent GPS stations installed on the island was located in Serrara Fontana (SERR in Figure 4). In 2017 a permanent GPS station was installed on Mount Epomeo (MEPO in Figure 4), which showed a subsidence rate of about 12 mm/year in the summit area of the island, higher than that typically measured at Serrara Fontana. This station allowed measuring a differential subsidence of the island central sector, which corresponds to an associated tilt of the Mount Epomeo block. The northern edge of this block shows a higher subsidence rate (Figure 14A). Seismicity in Ischia is concentrated mainly along the faults bordering the northern edge of the Mount Epomeo block where an important hydrothermal system is active (Casamicciola Terme).
[image: Figure 14]FIGURE 14 | (A) Time series of seismic and geodetic parameters recorded in Ischia from 2004 to 2020. In light blue the daily time series (2017–2020) of the vertical component of MEPO GPS station and in blue the daily time series (2004–2020) of the vertical component of SERR GPS station (see Figure 4 for station locations) in meters (a linear trend line is drawn). In red, the histogram of the monthly occurrence of earthquakes from the catalog of the OC9 station (Figure 4). The dotted horizontal line marks the limit for the histogram scale (30 events/month). (B) Time series of the seismic, geodetic and geochemical parameters recorded at Vesuvius from 2010 to 2020. In blue the daily time series of the vertical component of BKNO GPS station (site VBKN in Figure 2), in meters (a linear trend line is drawn). In green the temperature in Celsius degrees estimated based on the composition of the FC2 and FC5 (since 2018) fumaroles (a linear trend line is drawn). The histogram of the monthly occurrence of earthquakes from the BKE station catalog (Figures 2, 8B) is in red. The dotted horizontal line marks the limit for the histogram scale (300 events/month). (C) Time series of seismic, geodetic and geochemical parameters recorded at Campi Flegrei from 2010 to 2020. In blue the daily time series of the vertical component of the RITE GPS station (Figure 3), in meters. In ocher the amplitude of the fumarolic tremor of the CPIS station, proxy of hydrothermal activity (an exponential trend line is drawn). The histogram of the monthly occurrence of earthquakes from the STH station catalog (Figure 3) is in red. The dotted horizontal line marks the limit for the histogram scale (300 events/month).
Thus, due to the strict relationship between faults and hydrothermal activity, in addition to the peculiar structural factors described above, an important role in the genesis of the Ischia earthquakes is recognized in the dynamics of the hydrothermal system of the Island (Chiodini et al., 2004; D’Auria et al., 2018; Trasatti et al., 2019). Overall, the geochemical investigations have led to general consensus for the existence at Ischia of two distinct geothermal reservoirs, at temperatures of 150–180°C (Panichi et al., 1992; Di Napoli et al., 2009) and 220–280°C, respectively (Panichi et al., 1992; Inguaggiato et al., 2000; Di Napoli et al., 2009). The former, shallower (150–300  m of depth) and colder, is thought to be recharged by either meteoric (to the south; hydrothermal end-member B) or marine (to the west; hydrothermal end-member C) fluids. The hotter (220–280°C) and deeper (∼1,000 m) reservoir would instead reflect a mainly recharge by meteoric water (hydrothermal end-member A; Di Napoli et al., 2009).
At Vesuvius two seismogenic volumes can be recognized: one deeper and one shallower already mentioned in the previous paragraphs (Figure 9A). In recent years the seismicity of the shallow source zone has increased. This seismicity is interpreted as linked to a spreading process (Borgia et al., 2005) that causes the subsidence of the summit area of the volcano (Figure 14B). The crater area of Vesuvius is also affected by hydrothermal manifestations and numerous fumaroles. For this reason, a zone with fluids above sea level is recognized in the edifice, where the shallow seismicity is concentrated. To investigate the effect of the stress field on seismicity, based on the analyzes of the earthquake focal mechanisms and applying different approaches D'Auria et al. (2014) determined spatial variations in the stress field beneath Vesuvius. They find that the stress pattern in the volcanic edifice is consistent with the hypothesis of a seismicity driven by the spreading process. This also agrees with the persistent character of the seismicity located within this volume. Conversely, they find that the stress field in the deep seismogenic volume is consistent with a regional field locally perturbed by the effects of the topography and heterogeneities in the volcanic structure. This seismogenic volume also coincides with the deep hydrothermal system of Vesuvius (Caliro et al., 2011). In any case, the locations of the main swarms, such as those of October 1999 and December 2018 analyzed in this article, show that the two seismogenic volumes, which are elongated in the direction of the crater axis, are interconnected and represent two portions of a conduit-like structure in the central zone of Vesuvius (Figure 9), where the transport of fluids takes place.
Other evidences suggest the important role of the fluids circulating in the volcano apparatus in the genesis of the Vesuvius seismicity. It is worth to note that, after the last eruption of 1944, the seismicity began in 1966 concurrently with important variations of the temperature of the fumaroles that progressively decreased from the high values measured from 1944 to 1966 (up to 800°C) to temperatures close to the boiling point of water after the 1990s (Chiodini et al., 2001b). This behavior was interpreted as the arrival into the hot volcanic conduits of groundwaters of meteoric origin that increased fluid pressure and in turn started to trigger seismicity (Del Pezzo et al., 2013; D’Auria et al., 2013). In the case of the most energetic event of the post 1944 period (M 3.6 in 1999) there are evidences of the involvement of deep magmatic fluids. The event was in fact followed by a clear increase of the CO2 flux in the crater, as well as by peaks of the CO2/CH4 fumarolic ratio (a good indicator of the input of magmatic fluids; Chiodini, 2009) and of the PCO2 estimated by gas equilibria applied to the Vesuvius fumaroles (Caliro et al., 2011; Del Pezzo et al., 2013). Similarly, the LP transient recorded on November 16, 2020, which we located in the lower part of the deep seismogenic volume (Figure 9) at the base of the hydrothermal system, probably represents an event caused by the injection of deeper magmatic fluids into the shallower parts of the hydrothermal system.
The recent seismicity of Campi Flegrei accompanies the current uplift phase, which began in 2005, and the remarkable geochemical changes taking place in the area (Figure 14C). Most earthquakes are concentrated at shallow depth (generally <2 km) in the subsoil of the Solfatara-Pisciarelli hydrothermal site (Figure 7) a piece of evidence that alone indicates the strict link between seismicity and hydrothermal activity. This aspect has been studied for a long time at the Campi Flegrei where the first hypotheses on the possible link between the dynamics of caldera and the fluids in the subsoil were born thanks to Babbage. (1847). In recent times, a link between unrest and fluids had been proposed by Bonafede. (1991) to explain several geochemical and geophysical observations made during the bradyseismic crisis of 1982–1984. Subsequently, an extensive literature has developed on this topic (eg: Macedonio et al., 2014; Giudicepietro et al., 2016; Giudicepietro et al., 2017), the detailed analysis of which is beyond the scope of this article. The relationships between seismicity and fluids were, for example, investigated by D’Auria et al. (2011) finding that fluid-transfer episodes are a primary factor causing the Campi Flegrei seismicity in the 1989–2010 period. Successively it was shown how, in 2000–2016, the cumulative background seismicity (Figure 5C) follows the same evolution of the fumarolic indicator of the hydrothermal temperature-pressure (see Figure 4 in Chiodini et al., 2017b). A link between seismicity and activity of the hydrothermal system was recently stressed in Giudicepietro et al. (2021), which recognize a valve-like mechanism highlighted by the sudden step in the fumarolic tremor amplitude in coincidence with two seismic swarms (October 7, 2015 and December 6, 2019). This mechanism suggests an abrupt increase in the transport of fluids to the surface, through a conduit-like path, where the swarms are located. The analysis of the swarm of April 26, 2020 (the most remarkable in terms of energy in the last 37 years) carried out in this paper highlights a further reactivation of the conduit-like seismogenic structure, on which are located the largest earthquakes occurred after the 1982–84 crisis in the Campi Flegrei. This structure develops from the depth in line with the hydrothermal area of Pisciarelli, the most significant fumarolic manifestation of the Phlegraean caldera, which is among the most important volcanic emissions in the world (Chiodini et al., 2021).
The aspects discussed so far show how the three Neapolitan volcanoes have different structural characteristics, different local stress fields and different states of activity. It is worth noting that the different geometries in the distribution of the earthquake hypocenters, in Ischia along faults and in Campi Flegrei and Vesuvius mainly along conduit-like paths, are consistent with the strong emissions of non-condensable gas (CO2) in the Solfatara and Vesuvius and the absence of important emissions of this type in Ischia. Actually, the hydrothermal fluids emitted in Ischia are dominated by water (water vapor) of meteoric and/or marine shallow origin (Chiodini et al., 2004; Di Napoli et al., 2009). On the contrary, in the Campi Flegrei and Vesuvius, where seismicity delineates conduit-like structures, a greater contribution of magma degassing can be recognized in the geochemical data (Caliro et al., 2007; Caliro et al., 2011). In the light of these geochemical clues we interpret the seismicity along conduits of Campi Flegrei and Vesuvius as the outline of magmatic fluids propagation paths from the depths toward the emission zones.
CONCLUSION
We analyzed the seismic data of Vesuvius, Campi Flegrei and Ischia. We studied occurrence, magnitude and energy temporal evolutions of the earthquakes in the three Neapolitan volcanoes. Furthermore, we analyzed the magnitude-frequency distributions to derive the Mc and the b-values for the three volcanoes and we relocated some significant seismic swarms that occurred in Campi Flegrei and Vesuvius. We also located a LP transient recorded at Vesuvius on November 16, 2020.
We found that the seismicity of the three volcanoes had different characteristics and different temporal evolutions in recent years. Actually, in Ischia the seismicity is distributed along fault zones, predominantly in the northern sector of the Island (Casamicciola Terme), whereas in Vesuvius most of the seismicity is concentrated below the crater, outlining a continuous axial structure that coincides with the fluid path from the deep hydrothermal system, where we also located the November 16, 2020 LP event, toward the emission zones (Frondini et al., 2004). A similar pattern can be recognized also at Campi Flegrei, where earthquakes are mainly concentrated below the high hydrothermal fluid emission area of the Solfatara in Pozzuoli (Chiodini et al., 2001b; Cardellini et al., 2017; Chiodini et al., 2021). In particular the relocations of the April 26, 2020 earthquakes, compared with those of two swarms that occurred in 2015 and 2019 (Figure 7) (Giudicepietro et al., 2021), confirm that the main seismic swarms in Campi Flegrei delineate a conduit-like path through which hydrothermal fluids transfer from depth to Solfatara-Pisciarelli area. Furthermore, a common distinctive feature of Campi Flegrei and Vesuvius is the imprinting of magmatic degassing, in contrast with the hydrothermal systems typical of Ischia, that are dominated by meteoric or sea waters.
Nevertheless all of these volcanoes also show similarities. In all three volcanoes we can recognize an essential contribution of hydrothermal systems in the generation of earthquakes (Chiodini et al., 2004; D’Auria et al., 2011; D’Auria et al., 2018; Chiodini et al., 2021). This condition has also been recognized in other volcanoes, e.g. in Iceland (White et al., 2011; Greenfield and White, 2015) and in Mammoth Mountain (Hotovec-Ellis et al., 2018), and may be a common seismogenic factor in closed-conduit volcanoes.
Concerning the state of activity of the Neapolitan volcanoes, the seismicity of Ischia showed a decreasing trend after the M4.0 earthquake (August 21, 2017) sequence. On the contrary, the increase of seismicity in the Campi Flegrei characterized a long-term unrest that has shown acceleration in the last 2 years. Since 2018, also Vesuvius has shown an increase in the number of earthquakes per year, which suggests a possible increase in activity of this volcano.
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Earthquake swarms occur sporadically at divergent plate boundaries but their recurrence over multiple decades and relation to magmatic spreading activity remain poorly understood. Here we study more than 100 earthquake swarms over a 60-year period in the southern Red Sea, Afar, and Gulf of Aden region. We first compiled an earthquake-swarm catalogue by integrating reexamined global and local earthquake catalogues from 1960 to 2017. This yielded 134 earthquake swarms that mainly cluster in 19 different areas in the study region, showing that in most cases swarms recur every few decades in the same area. The swarms exhibit a range of earthquake magnitudes and often include multiple M3 to M5 events with some swarms having occasional larger earthquakes over M6, primarily in southern Afar. Many of the earthquake swarms were clearly associated with rifting events, consisting of magmatic intrusions, surface faulting, and in some cases volcanic eruptions. Together, the swarms suggest that extension at these divergent plate boundaries occurs episodically along <100 km long segments, some of which were previously unrecognized. Within the study region, the Gulf of Aden shows the most frequent swarm activity, followed by Afar and then the southern Red Sea. The results show that the three areas were subject to an increase of earthquake-swarm activity from 2003 to 2013 in the form of three rifting episodes and at least seven volcanic eruptions. We interpret that the most likely controls on temporal variations in earthquake swarm activity are either temporal variations in magma supply, or rifting-induced stress change that trigger clusters of swarms.
Keywords: earthquake swarm, Afar depression, seismicity analysis, Red Sea—Gulf of Aden, rifting and breakup, volcanism, tectonics
INTRODUCTION
Earthquake swarms are observed worldwide at divergent plate boundaries. Most of these swarms occur along oceanic ridges and along transform zones (Bird et al., 2002; Boettcher and Jordan, 2004; Roland and McGuire, 2009; Passarelli et al., 2018b). Earthquake swarms are seismic sequences that cluster in space and time with the majority of moment release occurring after the start of the sequence (Roland and McGuire, 2009; Chen and Shearer, 2011). Seismicity rate during swarm-like sequences fluctuates in time with acceleration and deceleration phases that cannot be described with the simple Omori law (e.g., Sykes, 1970; Dziak et al., 2006). They often lack a distinctive mainshock and most of the seismic moment is released through multiple earthquakes of comparable magnitude. They have characteristic durations of days to months that do not scale with the total moment released during the sequence (Passarelli et al., 2018b), which indicates that their temporal evolution is likely modulated by transient processes (e.g., fluid migration, magmatic intrusions, or aseismic slip) acting on top of the long-term tectonic load (Vidale and Shearer, 2006; Passarelli et al., 2015, 2018b). Therefore, no governing law has yet been discovered for swarm seismicity which makes it difficult to use their physical and statistical characteristics for their detection and to understand their spatial and temporal evolution. However, a thorough investigation of the patterns and evolution of the earthquake activity can give insight into both the driving mechanism and seismo-tectonic conditions leading to earthquake swarms in both tectonic and volcanic regions. Here we focus on earthquake swarms at divergent plate boundaries, which often occur contiguously with tectonic and magmatic activity.
Earthquake swarms at divergent plate boundaries have been identified in global catalogues, e.g., in the Atlantic Ocean, in some cases related to magmatic intrusions along spreading ridges (Sykes, 1970; Bergman and Solomon, 1990), at the Gakkel ridge (Arctic Ocean) with the emplacement of a new lava field (Edwards et al., 2001) and at the Indian Ocean ridge (Läderach et al., 2012; Schlindwein, 2012). Local seismic data (derived from hydrophone instruments) in the northeast Pacific ocean (Juan De Fuca, Axial Seamount, Gorda Ridge and East Pacific Rise) show earthquake swarms associated with magmatic intrusions, with detailed studies of magma propagation direction and speed (Dziak et al., 2006; Dziak et al., 2007; Dziak et al. 2011). Such sequences have been repeatedly observed inland along rift zones in Iceland (e.g., Ágústsdóttir et al., 2016; Einarsson and Brandsdottir, 2021) and also at the Kilauea volcano in Hawaii during lateral magma propagation along rift zones (e.g., Neal et al., 2019). Tectonic earthquake swarms have also been described north of Iceland, within a transform fault zone (Passarelli et al., 2018b). As of yet, global catalogues have not been extensively exploited to identify earthquake swarms, despite the significant increase of seismic instrument deployments and of available seismic data during the last 30 years, e.g., in the International Seismological Centre, 2010 (ISC, www.isc.ac.uk) catalogue that integrates local seismic data from contributing agencies all over the world.
The southern Red Sea, Afar, and Gulf of Aden (SAGA) region has been continuously affected by earthquake swarms at least since early earthquake location studies began in the 1950s (Fairhead and Girdler, 1970; Gouin, 1979 and references therein) and is thus an ideal region to study earthquake swarm activity over several decades. In the Afar region (Ethiopia; Figure 1A), several major earthquake sequences have occurred, such as at Serdo (1969; Abdallah et al., 1979; Kebede et al., 1969), Asal Ghoubbet (1979; Abbate et al., 1995), Dobi (Jacques et al., 1989; Jacques et al., 1996, 2011), Dabbahu (2005–2010; Wright et al., 2006; Ayele et al., 2005; Ebinger et al., 2008; Grandin et al., 2005; Hamling et al., 2010; Barnie et al., 2016), Dallol (2004; Nobile et al., 2012) and during the Nabro eruption in 2010 (Hamlyn et al., 2014; Goitom et al., 2015). In addition to these earthquake swarms in Afar, notable swarms have occurred in the southern Red Sea in the Zubair Archipelago (Jónsson and Xu, 2015; Xu et al., 2015; Eyles et al., 2018) and in the Gulf of Aden (2010–2011; Leroy et al., 2012; Shuler and Nettles, 2012; Ahmed et al., 2016; Figure 1A).
[image: Figure 1]FIGURE 1 | Map of the southern Red Sea, Afar, and Gulf of Aden (SAGA) region. (A) Earthquake locations from the ISC catalogue are shown as black dots, country borders as thin black lines and plate boundaries in red dashed lines. (B) The earthquake swarm analysis was carried out separately for three different zones (zone 1: southern Red Sea, zone 2: Afar, and zone 3: Gulf of Aden).
Relating seismicity and earthquake swarms to magma intrusions can be difficult (Peterson et al., 2020), especially for swarms occurring offshore (e.g., Passarelli et al., 2018a) and for older inland swarms from the time before regular geodetic observations (i.e., prior to the 1990s, which corresponds to the beginning of InSAR and GPS). However, most inland swarms that have occurred in the SAGA region in the past 30 years have shown unambiguous relationship with magmatic intrusions. Moreover, the presence of numerous seafloor volcanic vents, in areas where offshore swarms have occurred, shows that multiple magmatic intrusions must have taken place in the past. In this paper, we compile the first regional appraisal of the earthquake swarms and related volcanic activity for the time period from 1960 to 2020. Integrating our results with historical records back to the early 19th century (1838), based on the book of Gouin (1979), provides an overview of earthquake swarms and volcanic activity in the region for the last 180 years. We also discuss temporal variations in magma supply to the SAGA region, which is one of the most volcanically and seismically active divergent plate boundaries on Earth (Hofstetter and Beyth, 2003). This study also aims to better understand long-term, multi-decadal behavior of divergent plate boundaries and to identify areas prone to recurrent strain accommodation during rifting cycles, which is of significant importance for seismic and volcanic hazard assessments in the region.
Earthquake Swarm Detection
We used the ISC (International Seismological Center) Bulletin (2020) to extract a catalogue of earthquakes for the SAGA region and to identify and analyze earthquake swarms. The ISC bulletin is assembled from reported hypocenters and associated parametric data (station arrival times, amplitude, magnitudes, moment tensors, etc.) from over 150 contributors around the world [for details, see e.g., Section 3 of International Seismological Centre (2020)]. Within about 24–30 months, ISC analysts review monthly batches of reports and the data are revised (in a broad sense, e.g., phases, hypocenters, magnitudes). During this stage, some earthquakes may be banished, merged, or split into more events. The largest earthquakes (usually of magnitude above 3.5, and some smaller ones that are reported by multiple agencies) are relocated by the ISC using the algorithm by Bondár and Storchak (2011). All phases with a valid travel-time prediction in the 1D ak135 model (Kennett et al., 1995) are used in the location determination, along with elevation, ellipticity (Kennett and Gudmundsson, 1996; Engdah et al., 1998), and depth-phase bounce point corrections (Engdah et al., 1998). Body- and surface-wave magnitudes are also re-computed. As such, the ISC Bulletin contains both locations and magnitudes from contributing agencies (at local and global scales) beside the ISC’s own re-computations (if an earthquake is relocated). While not manually reviewed by the ISC, small earthquakes, which are normally reported by only one contributor, still undergo automatic checks to prevent (given the information available) faulty or inconsistent solutions to be released in the ISC Bulletin.
The earthquake catalogue we extracted for the SAGA region consists of over 15,200 earthquakes from 1960 to 2017. The earthquake locations are a mixture of solutions from contributing agencies and the ISC. The largest provider is UREES (http://www.isc.ac.uk/cgi-bin/agency-get?agency=UREES), with earthquake bulletins from Ebinger et al. (2008), Keir et al. (2009), and Belachew et al. (2011), followed by DHMR (http://www.isc.ac.uk/cgi-bin/agency-get?agency=DHMR), the ISC, and other agencies (Supplementary Figure S1). The earthquake magnitude (if any) is listed following the criteria by Di Giacomo and Storchak (2016). The catalogue is limited to earthquakes of magnitude 4 and above from 1960 until the 1990s, as only earthquakes recorded teleseismically were reported. However, in recent decades, the detection of smaller earthquakes (down to magnitude 2) improved thanks to better national seismic networks as well as temporary network deployments in the SAGA region (Supplementary Figures S2, S3). Reported earthquake locations extracted from the ISC Bulletin are usually constrained by data from more than five seismic stations (Supplementary Figures S4A,B) and the location uncertainty is within 30 km for about 86% of the events in the extracted catalogue (Supplementary Figures S3C,D). While the extracted catalogue is inhomogeneous in both space and time and almost half of the earthquakes (∼7,400) are without a determined magnitude, making statistical analysis of the catalogue challenging, this catalogue compilation still resulted in the most extensive and updated information on the seismicity in the SAGA region to date.
In order to efficiently detect swarms, we developed a two-step methodology based on the earthquake occurrence rate and spatial location. In the first step we identified every short time window during which the earthquake rate was higher than the background rate over a broader region. In the second step, for each selected time window, we then marked the location where the seismicity clustered in space through a density-based clustering algorithm (see details below). We divided the ∼1,000 km × 1,200 km large SAGA region into three zones (Figures 1A,B), based on key tectonic features, and applied this swarm detection methodology separately to the seismicity of the three zones, i.e., the southern Red Sea, Afar and Gulf of Aden. Zone 1 corresponds to the southern Red Sea, from 21°N in the northwest to Bab-el-Mandeb (11°N) in the southeast, zone 2 broadly corresponds to the Afar region (from Massawa 15.6°N in the northwest to 11.5°N in the southeast), and zone 3 is the Gulf of Aden, from the Gulf of Tadjoura (40°W; Djibouti) to ∼100 km east of the Shukra El Sheik fracture Zone at (46°W; Yemen; Figure 1A).
We want to stress that this two-step time-space approach is suitable when working with large seismically active regions. An increase in seismicity rate, with respect to high baseline activity in a large region, can either be due to clustered seismicity in space (i.e., single mainshock-aftershock sequences or earthquake swarms) or derive from a simultaneous increase in earthquake rate in more than one area. Our swarm detection algorithm is suitable for both scenarios.
In the first step, we used the classical β-statistics approach to identify time windows during which the observed seismicity rate was higher than the determined long-term background rate (Matthews and Reasenberg, 1988). The β-statistics is the standardized distribution of the number of events with respect to the long-term expected number of earthquakes and defined as β=(n(t,Δt)—ne(t,Δt))/σ(t,Δt), where n(t,Δt) is the number of observed events in a time window (t, t+Δt) and ne(t,Δt) and σ(t,Δt) are the average and standard deviation of the expected number of window events given the observed background seismicity rate r (Reasenberg and Simpson, 1992). Anomalously high seismicity rate in a time window (t, t+Δt) is identified when the β-statistics values is greater than a threshold value indicating how many standard deviations the window rate is higher than the expected long-term rate. Negative β-statistics values result when the number of window events is below the number expected from the background rate. The background seismicity rate r is usually calculated on declustered catalogues. However, while space-time-magnitude methods for declustering based on aftershock rate (e.g., Reasenberg, 1985) have proven effective in detecting swarm-like seismicity (Passarelli et al., 2018b), here such methods cannot be applied due to the lack of magnitude determination for nearly half of the events. We coped with this issue by instead calculating the background rate r with a time-dependent approach, i.e., by determining the background rate for each year from 1960 to 2017 (see gray horizontal bars in Figure 2A for Gulf of Aden catalogue), which roughly can account for both the improved catalogue completeness over time (cumulative earthquake number plot in Figure 2A) and for jumps in reported earthquake rate due to local and temporary seismic deployments. For the β-statistics calculation on non-overlapping windows of Δt = 30 days, we calculated the observed number of events n(t,Δt), the expected one ne(t,Δt), and the standard deviation σ(t,Δt)= ne(t,Δt)−1/2 from the yearly background rate r as defined above on non-overlapping windows of Δt = 30 days (Matthews and Reasenberg, 1988). The results of the β-statistics are reported in Figure 2B, as well as the time periods during which we detected an increase in seismicity rate (β-statistics>3). If more than one consecutive 30-days-long time windows met the criteria of detectability, we grouped these windows into a longer one.
[image: Figure 2]FIGURE 2 | Background seismicity rate and earthquake swarm detection for Gulf of Aden. (A) Horizontal bars indicate the estimated background seismicity rate for each year, with gaps representing years with no earthquakes in the catalogue. The cumulative number of earthquakes is shown by the orange curve. (B) The beta statistics calculated for non-overlapping windows of 30 days is shown in dark blue, with gaps reflecting lack of earthquakes in the catalogue. The horizontal dashed line represents the swarm-detection threshold value of 3 standard deviations. Note that the improved monitoring is likely accounting for some of the seismicity increase (see Supplementary Figure S2 for more information).
Once time windows of elevated seismicity rate had been identified in the first step, we used a density-based clustering algorithm in the second step to mark the spatial extent of the seismicity increase. For this we applied the widely-used DBscan algorithm (Ester et al., 1996), using the built-in function dbscan in Matlab, to search for neighboring points in a Euclidean space. We set the neighborhood parameter to ε = 25 km and the minimum number of events in a cluster to Nmin= 5 after a trial-and-error procedure (Cesca, 2020).
To assess the variability of the number of swarm detections in the β-statistics calculation, we tested an alternative detection scheme in which we accounted for a time-dependent earthquake background rate, rather than keeping it constant for each calendar year (Figure 2). The time-dependent background rate was calculated on overlapping time windows ΔTi = 360 days sliding every 30 days, so that ΔTi is centered on the shorter time window Δti= 30 days used for the β-statistics calculation. The alternative algorithm produced minor changes in the number of swarms in the three study regions. In the Southern Red Sea, two additional swarms were identified, but for the Gulf of Aden the swarm number stayed the same, while in the Afar region nine additional swarms were detected (Supplementary Table S1). All these additional swarms occurred in swarm areas (i.e., clusters) that were already identified with the previous approach. In the Afar region, a few small seismic swarms occurred at the periphery of dike intrusions during the Dabbahu rifting episode (2005–2010) and went undetected by the previous approach. Although including a time-dependent earthquake background rate increases slightly the temporal resolution of our scanning algorithm, the few additional swarms do not change the overall picture of spatially distributed clusters.
We applied this swarm detection algorithm separately to all of the detected time windows in the three regions of the southern Red Sea, Afar and Gulf of Aden. We fully rely on this automatic detection procedure for earthquake swarms in the Afar and Gulf of Aden regions, as there were dozens of spatially and temporally overlapping swarms (Supplementary Figure S5). For the southern Red Sea, however, we also visually inspected the dataset as this region has had fewer earthquake swarms that are spatially more distributed. We looked for series of earthquakes that occur repeatedly over time (several events per day and/or hours) in the dataset. These series are typically preceded and followed by periods of no earthquake activity. Then, we looked at the earthquake mean coordinates and magnitudes, and retained them if they were all located in the vicinity (<50 km) of the ridge axis and/or in areas where other swarms have been detected automatically. We found that 25 earthquake swarms that we visually identified in the southern Red Sea were rejected by the automatic detection procedure, despite having all the characteristics of earthquake swarms, mainly due to poor earthquake locations in this region. To account for this problem, we complemented the set of automatically detected earthquake swarms with several manually picked swarms. To the earthquake swarm catalogue described above, we added five earthquake swarms in the Afar area that are not in the ISC catalogue and we also replaced one ISC swarm by a relocated one (Table 1). Furthermore, we pay special attention to the 1993 Bada swarm sequence (modified from Ogubazghi et al., 2004), as it fills a spatial seismicity gap between the Erta Ale Range in Afar and Alid volcano (South of the Gulf of Zula). Finally, we completed the earthquake swarm dataset with 11 historical events (i.e., six strong earthquake swarms and five volcanic eruptions) going back to 1838 in the Afar and Eritrea regions.
TABLE 1 | List of swarms complementing the ISC catalogue.
[image: Table 1]The identified earthquake swarms do not show a typical mainshock-aftershock decay, but rather contain multiple earthquakes of comparable magnitudes throughout the duration of each swarm (Figures 3A–D). In total for the 1960–2017 time period, we found that over half (∼8,700 earthquakes) of the earthquakes extracted from the ISC catalogue for the SAGA region fall within 134 earthquake swarm sequences (145 when considering the historical events) located in 19 separate swarm areas (or clusters, i.e., distinct areas where earthquake swarms tend to reoccur).
[image: Figure 3]FIGURE 3 | Examples of typical earthquake swarm sequences in the SAGA region from (A) Port Sudan (March 1993), (B) Dabbahu (September 2005), (C) Zubair Archipelago (January 2007), and (D) Gulf of Aden (November 2010).
RESULTS
In the following, we describe the earthquake swarm activity separately for the three different zones and then discuss the results in a regional context. We start with an overview of the activity from 1960 to 2020 from north to south for the southern Red Sea and the Afar regions, and from west to east for the Gulf of Aden. We first describe the different swarm cluster areas that were detected, we then detail the different earthquake swarms that were identified in each cluster area, and finally we present the spatio-temporal distribution of the earthquake swarms. We complement the results with historical information going back to 1838, corresponding to the first large earthquake swarm described in Massawa, yielding a period of ∼180 years of earthquake swarms for the Afar region.
Southern Red Sea Earthquake Swarms From 1960 to 2017
In the southern Red Sea, we identified seven clusters, along the southern Red Sea rift axis that together hosted a total of 45 earthquake swarms (of which 25 were detected manually). The seven distinct clusters are separated by areas that are relatively aseismic (Figures 4A,B). All the seven cluster areas have been prone to recurrent swarms during the study period (Figure 4C).
[image: Figure 4]FIGURE 4 | Earthquake swarms in the southern Red Sea from 1960 to 2017. (A) Seven different clusters were identified along the southern Red Sea rift axis. (B) Each cluster contains several earthquake swarms whose timing is indicated by the grey gradient from white (older events) to black (younger events). The larger swarms are marked by the year of occurrence with the number of swarms for the noted period in brackets. (C) Swarm latitude as a function of time for the different clusters, with colors showing event magnitudes, blue stars earthquakes with no magnitudes, and yellow stars volcanic eruptions.
The northernmost cluster, east of Mukkawar Island and southwest of Jeddah (cluster 1, 21°N) had an earthquake swarm in 2006 and four swarms from February to December 2008, with magnitudes ranging from 2.2 to 3.9. In cluster 2 (150 km East of Port Sudan, 19.7°N; Figure 4A, a strong swarm of 29 detected earthquakes occurred in March 1967, with five earthquakes > M5. Another swarm took place in this cluster in March 1993 with 46 earthquakes of magnitudes ranging from 4 to 5.6, with six earthquakes larger than magnitude 5. This is the strongest earthquake swarm recorded in the southern Red Sea during the study period. A small swarm occurred in this cluster in 2014. Offshore of Kebir Island in Sudan (cluster 3, 19°N; Figure 4A), we identified four swarms from 2002 to 2013 with earthquake magnitude ranging from 2.3 to 5.1. In cluster 4 (17.5°N), located about 120 km further southeast along the rift axis and offshore of the town of Al Birk (Saudi Arabia), we extracted 10 earthquake swarms from 1975 to 2017. Although these are swarms with limited number of events, their magnitudes range from 3 to 5 and are closely related in time (i.e., several earthquakes per day). In 1988 and 2013, two swarms occurred at a similar latitude northeast of the Farasan Islands (cluster 5, 16.8°S). The November 1988 swarm was among the strongest in the southern Red Sea during the study period with 12 earthquakes ranging from M4.1 to M5.6. The Zubair Archipelago area (cluster 6, ∼15°N; Figures 4A,B) was subject to four swarms from 1994 to 1997 with magnitudes ranging from 3 to 5.1, followed by intense activity from 2007 to 2013, consisting of eight discrete earthquake swarms and three volcanic eruptions. The first of the three eruptions occurred in 2007 on Jebel at Tair island (north of Zubair; Figure 4A), killing four people (Jónsson and Xu, 2015). The later two eruptions gave birth to two volcanic islands, Sholan in 2011–2012, and Jadid in 2015 (Xu et al., 2015). Seven earthquake swarms occurred between 2002 and 2007, 70 km to the south of the Zubair Archipelago. For simplicity we included these swarms in the Zubair cluster (cluster 6) as they partly spatially overlap with the swarms of that cluster. Finally, the southernmost earthquake swarm cluster of the southern Red Sea (cluster 7, 13.8°N), located ∼100 km to the southeast of Zubair islands, had two earthquake swarms in April and September 2004 in the Hanish-Zukur volcanic islands.
Afar and Eritrea Earthquake Swarms From 1960 to 2017
We found seven different clusters in Afar with a total of 46 swarms, located from the town of Massawa in Eritrea in the northwest to the Asal Ghoubbet rift in Djibouti about 550 km to the southeast (Figure 5A). The earthquake swarms took place along the entire length of Afar and, for the most part, were associated with the different active magmatic segments. A few earthquake swarms have also occurred at the rift escarpment (Abala region, Figure 5A) and at the complex structures of the central to eastern Afar, from Serdo to Asal Ghoubbet (Figure 5A).
[image: Figure 5]FIGURE 5 | Earthquake swarms in the Afar region from 1960 to 2017. (A) Seven different clusters were identified in the Afar region from Massawa (Eritrea) to Asal Ghoubbet (Djibouti). AD is for Alu Dalafilla, EA Erta Ale, MH Manda Hararo, MI Manda Inakir, AG Asal Ghoubbet. (B) Each cluster consists of several earthquake swarms whose timing is indicated by the grey gradient from white (older events) to black (younger events). The larger swarms are marked by the year of occurrence with the number of swarms (in brackets) for the noted period. Green polygons and green stars represent historical swarms and eruptions, respectively. (C) Swarm latitude as a function of time for the different clusters, with colors showing event magnitudes and blue stars representing earthquakes with no magnitudes. Yellow stars show volcanic eruptions.
In November 2001, a small earthquake swarm (35 earthquakes with an mean magnitude of 3.2) occurred in the vicinity of Massawa (cluster 1, 15.6°N). This was followed in 2002, by a year-long swarm with low to moderate magnitude earthquakes (1 < M < 4) (Figures 5A,B). The data was collected by the Eritrean seismic survey (259 earthquakes) and the determined event locations show a clear WSW-ENE oriented pattern (Figures 5A,B). This orientation differs by almost 70° from the roughly NNW-SSE oriented northern Afar rift axis in the Gulf of Zula region, ∼100 km to the south of Massawa. In October-November 2001, another swarm occurred to the west of the Gulf of Zula (Figures 5A–C).
In May 1967 and in May 1968, two earthquake sequences occurred in northern Afar, between the Alid and Bada areas (cluster 2, 14.5°N), south of the Gulf of Zula (Gouin, 1979). In the May 1967 swarm, 79 earthquakes were reported, with magnitudes between 3.1 and 5.1 (Dakin, 1975). Then, following some activity in mid-November 1967, another earthquake swarm occurred in May 1968 with ∼80 earthquakes. These two sequences are not in the ISC catalogue and we show here a few of the related earthquakes reported by Gouin (1979). The Bada region (Eritrea, north of the Ethiopian border; Figure 5A) was subject to another swarm in May 1993 that lasted 25 days and included 17 earthquakes of magnitudes ranging from 4 to 5.2 (see further analysis in Figure 6).
[image: Figure 6]FIGURE 6 | The May 1993 Bada earthquake swarm in Eritrea. (A) Map of the Bada region, northern Afar, with the transparent elongated red ellipse showing the approximate extension of the 1993 Bada swarm along a 60-km-long rift segment that was activated during this swarm. Inset shows the location of ferruginous springs at the periphery of a doming area (the dashed circle). (B) Earthquake magnitudes with time show a typical swarm pattern with multiple max-magnitude events during the swarm and absence of a mainshock at the beginning of the sequence. (C) Distance of the swarm earthquakes from the ASME seismic station (see white arrow for the ASME direction located in Asmara; see Figure 1 for location) versus time for the 25 days the swarm lasted.
Cluster 3 extends from Alu-Dalafilla (14°N) down to 12.5°N, along the Erta Ale range, containing the Tat Ali and the Afdera volcanoes (Figure 5A). In 2004, an earthquake swarm occurred in the Dallol area, accompanied by a magnitude 5 earthquake, and marked by a dike intrusion (Nobile et al., 2012). The seismic swarm induced by the intruding dike was recorded at just one station (FURI near Addis Ababa) and hence no locations are reported here. In November 2008, an eruption occurred at Alu-Dalafilla volcanic center, likely fed by a shallow sill reservoir (Pagli et al., 2012). There is again no record of swarm activity in the ISC catalogue accompanying this eruption. Three swarms occurred north of the town of Afdera in 2005, 2006 and 2007 (no magnitudes reported). This seismic activity has been interpreted as related to a tectonic rift linkage connecting the Tat Ali and the Erta Ale volcanic range systems (Illsley-Kemp et al., 2018; La Rosa et al., 2019; Pagli et al., 2019). In October 2005, yet another swarm occurred at the Afdera volcano (no magnitudes have been reported, apart from a single M3 earthquake).
The cluster 4 is offset from the main rift axis and is located near the rift border (13.5°N), partly in the marginal grabens of the western Afar margin in the Abala region (Figure 5A; see Zwaan et al., 2020). A total of 164 swarm earthquakes were detected in this cluster (150 earthquakes have no magnitudes reported), within 9 separate swarms. The strongest swarm occurred in November 2007, 30 km northeast of the town of Abala.
Cluster 5 is the location of the Nabro volcano (13.38°N). The period was marked by the Nabro eruption in June 2011 (east of the Afar rift zone, Figure 5A), the largest eruptions in the region for the last 150 years (since the Dubi eruption in 1861; Figures 5A,B). A total of 142 swarm earthquakes with magnitudes ranging from 3.2 to 5.6 (five larger than magnitude 5) occurred associated with the Nabro eruption.
The first recorded swarm in cluster 6 (from 12 to 13°N) occurred at Gab’ho volcano in 1996 with 10 earthquakes of magnitude from 3.2 to 5. Then, about a decade later, this area was hit by the start of the Dabbahu rifting episode that lasted for 5 years, from May 2005 to June 2010 in the Dabbahu and Manda Hararo magmatic segments (Ebinger et al., 2010). This episode consisted of 14 discrete dike intrusions. Our catalogue contains eight swarms from September 2005 to May 2010 that we describe below. Most of the swarm events have no reported magnitudes (∼3,500 events). The first swarm in the ISC catalogue started in September 2005 and lasted until December 2005. We extracted 1709 earthquakes, out of which 362 have magnitudes between 2.8 and 5.5, with 18 earthquakes larger than magnitude 5. From January to March 2006, a swarm composed of 340 earthquakes (no magnitudes recorded) occurred in the central part of the Dabbahu magmatic segment. From October to November 2007, 440 earthquakes (without magnitudes) were reported. The earthquakes took place over 50 km from Dabbahu volcano south to the Manda Hararo magmatic segment. Another earthquake swarm with a similar pattern occurred from 29 June to September 28, 2008 with 272 earthquakes (no magnitudes reported). Three swarms occurred in roughly the same area in August 2008 (889 earthquakes), February 2009 (215 earthquakes) and May 2009 (48 earthquakes). No magnitudes have been reported for the earthquakes of these three swarms. The last swarm of the Dabbahu rifting episode took place in May 2010 with 104 earthquakes of magnitudes from 0.5 to 4.3.
Cluster 7 extends from Semera to Asal Ghoubbet (from 41 to 42.7°E; Figure 5A). In 1969, the strongest swarm of this area occurred near the town of Serdo in central Afar (Figure 5A). Of the 420 inhabitants, around 40 people died and 160 were wounded by the collapse of the constructions (Gouin, 1979). Ground cracks and subsidence were observed and measured, with faults showing vertical offsets of up to 95 cm and lateral offset of up to 65 cm (Gouin, 1979). Over 250 earthquakes of magnitude above 3 were recorded, with 11 of them in the magnitude range of 4.9–6.2. This area experienced a destructive earthquake swarm (6 months duration) in 1631 in the Aussa region (southeastern Afar), killing 50 people in the town of Waraba (Gouin, 1979). The 1969 activity took place within a broad depression bordered by normal faults (NE of the Tendaho graben), but the earthquake locations are widespread due to poor location determination, although they appear oriented NW-SE over distance of ∼45 km, parallel to the basin direction.
In November 1978, a strong swarm occurred in the Asal Ghoubbet area (Figure 5A), which led to the Ardukôba eruption in December 1978. The swarm, with 16 earthquakes of magnitude ranging from 4.2 to 5.3 occurred in a rift zone that is oriented NW-SE (∼40 km long), extending from offshore to inland. The Asal Ghoubbet rifting event was the first to be surveyed by geodesy in the region (Le Dain et al., 1979; Lépine and Hirn, 1992; Jacques et al., 1996; Doubre et al., 2007a, 2007b).
In August 1989, the NW-SE oriented and ∼40-km-long Dobi graben (cluster 7; Figures 5A,B) experienced a powerful seismic swarm that generated widespread subsidence and normal faulting. For this earthquake swarm, we used relocated events by Jacques et al. (2011). The swarm included 25 recorded earthquakes with 11 earthquakes larger than magnitude 5 and five earthquakes exceeding 6. In 1997, another swarm occurred in the Dobi area with magnitudes from 3.5 to 4.9. From September to December 2005 (contemporary to the first 2005 Dabbahu intrusion event) a swarm composed of 35 recorded earthquakes (no magnitude reported) occurred in the Semera region (cluster 7; Figure 5A). In October 2005, eight earthquakes with magnitudes ranging from 3.4 to 4.7 were detected NW of the Asal region. In November 2007, a small earthquake swarm occurred in the Semera region, somewhat spatially overlapping with the October 2005 swarm, consisting of nine recorded earthquakes (no magnitudes reported). This swarm occurred at the same time as the November 2007 swarm of the Dabbahu rifting episode. In February 2009, an earthquake sequence occurred at the Dama Ali volcano, southeast of Semera (cluster 7; Figures 5A,B). During the same month, another earthquake sequence was detected 10 km west of Serdo (56 earthquakes, no magnitudes). In June 2009, a sequence (35 earthquakes, no magnitudes) occurred 15 km southwest of Semera.
In addition to the data from the ISC catalogue (Figures 5A,B) and to complement the swarm analysis in the poorly studied northern Afar region, we analyzed data from the Eritrean Seismic Survey to infer earthquake magnitudes and locations in the Bada area (651 earthquakes) in May—June 1993. The data are from the ASMA seismic station, located in Asmara city (Eritrea; see Figure 1 for location), whose azimuth from Bada is roughly co-linear with the most likely orientation of the earthquake swarm locations, based on observed fresh ground cracks and graben subsidence. We therefore use the time difference between P and S-wave arrival times at the station to estimate the distance of each earthquake from the station and relative along-rift position within the swarm (Figure 6A). The swarm shows earthquakes with similar magnitudes throughout the 25-days duration of the activity (Figure 6B). Locally, the likely earthquake swarm area corresponds to a topographic high hosting hydrothermal activity (Figure 6A).
Afar and Eritrea Historical Earthquake Swarms From 1838 to 1960
Historical documents contain several earthquake sequences [often referred as tremors by Gouin (1979)] that were witnessed in the SAGA region prior to 1960. For example, repeated earthquake swarms were reported in northern Afar, Gulf of Zula and Massawa (Red Sea coastal area of Eritrea, N15.5) with six major earthquake swarms from the early 19th century (Gouin, 1979) to 1921. From 25 February to the end of March 1838, strong swarms were felt in Massawa (15.6°N), followed by several other smaller sequences in 1844 and 1848 (Figures 5A,B). From July to October 1884, the coastal region close to Massawa was devastated by a sequence of earthquakes and a small tidal wave. The sequences likely occurred in between the Dahlak archipelago and the town of Massawa. From November 11, 1901 to March 1902, tremors were felt near Alid volcano (Figure 5A), south of the Gulf of Zula and in the city of Massawa. Then, during the whole year of 1921, a strong earthquake sequence almost entirely destroyed the city of Massawa. It was so intense that Eritrean folklore remembers it as “Zemene delekeleke”, the era of earthquakes (Gouin, 1979). In addition to these sequences, the Dubbi volcano (13.5°N, 41.8°E) on the Red Sea coast of Eritrea erupted in May 1861 and was associated with strong earthquakes that were felt during 4 months and destroyed two villages, killing 106 people and livestock. This eruption was preceded by another eruption in 1,400. In central Afar, five older volcano-tectonic events have been reported in the Erta Ale (1906, 1940) and Alayta volcanic range (1907, 1915; https://volcano.si.edu/) and in 1928, when an eruption occurred in the Manda Inakir rift in Djibouti (Audin et al., 1990).
Gulf of Aden Earthquake Swarms From 1960 to 2017
The Gulf of Aden shows by far the strongest swarm activity of the three regions, back to the 1970s. We identified five clusters in the area and 43 swarms distributed from the Gulf of Tadjoura in the west (Figure 7A) and then along the Aden ridge for over 250 km to the east (Figures 7A–C). The Aden ridge has been divided in three structural domains, with western, central and eastern domains based on three distinct lithosphere types (Hébert et al., 2001; Leroy et al., 2012). The eastern and central domains have oceanic crust with thickness that changes from 8 to 12 km (Hébert et al., 2001), with the western domain likely being transitional crust between oceanic and continental (Dauteuil et al., 2001). In the following description, clusters 2, 3 and 4 correspond broadly to the western, central and eastern domains, respectively (see Ahmed et al., 2016). As we defined the cluster areas based on swarm event locations, we decided to merge clusters 1, 2, 3 and 4, as they appear to spatially overlap and contain relatively poor event locations, and we then describe them chronologically. From west (42.7°E) to east (45°E) the centers of the four overlapping clusters are located in the Gulf of Tadjoura area (cluster 1, 43°E), offshore of Obock town (cluster 2, 43.5°E; Figure 7A), south of Khor Umera (cluster 3, 44°E; south coast of Yemen; Figure 7A), the cluster containing most of the swarms, and southwest of the city of Aden (cluster 4, 44.7°E; Figure 7). These four cluster areas form an almost structural continuum made of a series of oblique rifts that are well visible in bathymetric data (Ahmed et al., 2016).
[image: Figure 7]FIGURE 7 | Earthquake swarms in the Gulf of Aden from 1960 to 2017. (A) Five different swarm areas (clusters) were identified in the Gulf of Aden, from the Gulf of Tadjoura to the west of the town of Shokra (Yemen). (B) Each cluster consists of several earthquake swarms whose timing is indicated by the grey gradient from white (older events) to black (younger events). The larger earthquake swarms are marked by the year of occurrence with the number of swarms (in brackets) for the noted period. The yellow star shows the location of the 2010 submarine eruption. (C) Longitude location of the swarms as a function of time with colors indicating event magnitudes.
Clusters 1 and 2 contain 24 earthquake swarms from 1973 to 2011. In 1973, a year after the Asal Ghoubbet rifting event, a powerful swarm occurred offshore of Obock (Figures 7A,B), comprising seven earthquakes of magnitudes between 5.0 and 5.7. Six swarms occurred from 1993 to 1997 and they are relatively well located on the rift axis. From 2001 to 2003, 5 swarms occurred; two strong swarms in August and November 2002 with 188 earthquakes and magnitudes ranging from 3 to 5.1, of which 15 earthquakes were larger than magnitude 4. In January 2004, another strong swarm made of 83 earthquakes occurred along the entire Aden ridge (i.e., clusters 1, 2, 3 and 4), contrasting earlier swarms that mostly occurred within only single portions of the ridge. In this large swarm, the earthquakes were well distributed from Tadjoura (43°E) to 44.7°E, with magnitudes ranging from 2.8 to 5.3. Then, from 31 August to September 26, 2010, a strong swarm occurred in the area, hosting the largest rifting episode during the period of observation in the Gulf of Aden. From October 2010 to November 25, 2010, 379 earthquakes were recorded (ISC catalogue) with magnitudes ranging from 2.7 to 5.5, with 24 earthquakes larger than five (see Schuler and Nettles, 2012 and Ahmed et al., 2016). This was followed by another powerful swarm from January to March 2011, which included 581 earthquakes of magnitudes ranging from 2.3 to 5.2, with two earthquakes larger than 5. Although our automatic swarm detection methodology selected these earthquakes as being within a single swarm, this swarm has been split in two by Ahmed et al. (2016).
Another cluster area was found further to the east (cluster 5, 46°E; Figures 7A–C). We identified a total of 10 earthquake swarms within this cluster from February 2000 to November 2015 that contained some 316 earthquakes of magnitudes ranging from 2.2 to 5.6, with eight earthquakes above magnitude 5. This cluster is offset from the main ridge axis; however, volcanic vents have been observed at this location (Dauteuil et al., 2001).
DISCUSSION
Recurrent Swarm Activity Highlights Spreading Centers in the SAGA Region
Our results show that many areas in the SAGA region have been subject to recurrent earthquake swarm activity since 1960. Good examples include the swarm areas (or clusters) offshore of Port Sudan (with two strong swarms occurring in 1967 and 1993), Kebir, and Al Birk, and in the Zubair archipelago (see Figure 4A). These clusters in the southern Red Sea likely relate to active spreading centers on the Red Sea rift axis.
The Bada region of northern Afar (Figure 6A) was hit by three strong swarms in 1967, 1968 and 1993, and the area north of Bada was affected recurrently by earthquake swarms in 1838, 1884, and 1920–21, destroying parts of Massawa city. This area at the northern end of the northern Afar axis has been seismically active with repeating swarms over the past two centuries, leading to questions on how the rift axis extends northward through the Gulf of Zula (Viltres et al., 2020) and connects to a transform zone from Massawa region to the central rift trough in the southern Red Sea. The 2002 Massawa earthquake swarm shows a clear WSW-ENE orientation of the activity that differs from the NNE-SSW rift orientation south of the Gulf of Zula. Two large-magnitude earthquakes (M6.6 and M6.1) occurred just west of the Red Sea trough, respectively in 1977 and 1980, suggesting a possible transform fault, an interpretation supported by the strike-slip focal mechanisms of these earthquakes (Figure 9). About 340 km to southwest, on the rift escarpment, the cluster 4 shows also recurrent swarms in the Abala region with a strong event in November 2007. Then, the Dabbahu-Manda Hararo magmatic segments have been subjected to intrusions of 14 discrete dikes from 2005 to 2010 during the Dabbahu rifting episode.
The Gulf of Aden has probably produced the region’s best example of recurrent swarm sequences along a spreading ridge that then hosted a rifting episode in 2010–2011 (cluster 1 to 3, Figure 7A). The same area had 23 other earthquake swarms along this 250 km spreading area from 1973 to 2011. Clusters 4 and 5 in the Gulf of Aden have also shown recurrent swarm activity that likely relates to other spreading centers (Figure 7).
More broadly, the spreading centers concentrate the strain release during magmatic and tectonic events and therefore, their locations are important for a better understanding of the overall evolution of plate motions in the SAGA region. Earthquake swarm activity in the triple junction reveals overlapping rift segments. The Southern Red Sea and the Afar ridges are located on both sides of the Danakil Alps and both spreading ridges overlap for ∼150 km (Figure 8). In central Afar, en-echelon, partly overlapping rifts segments (Asal Ghoubbet- Dobi- Serdo- Manda Hararo) are also highlighted with both swarm activity and rift structures (Figure 8). These multiscale overlapping segments suggest a complex interaction between tectonics and magmatism in the SAGA region influenced by the regional geodynamics. While the earthquake swarms since 1960 highlight most of divergent plate boundaries in the SAGA region, a few zones did not show any swarm activity during the study period. For example, a 100-km-long segment between clusters 3 and 4 in the southern Red Sea (Figure 8A) remained quiescent. This does not necessarily mean that such quiet ridge segments are completely inactive, as the study period includes only the past 60 years. In Iceland, time intervals of ∼200 years between rifting episodes appear not atypical, e.g., between periods of activity at Krafla (1724–1729 and 1975–1984) and at Holuhraun during Bárðarbunga rifting events (1797 and 2014–2015), with the inter-rifting duration characterized by relative seismic quiescence (Ruch et al., 2016).
[image: Figure 8]FIGURE 8 | Earthquake swarms and tectonic activity for the last 60 years in the SAGA region. (A) Swarm location from 1960 to 2017 (green dots). Red lines and semi-transparent pink polygons show structures and portion of the active rift zones where swarms have been observed from 1960 to 2017. White lines show areas where no swarms have been detected from 1960, along known plate boundaries. Yellow stars are volcanic eruption locations. Red triangles show volcanic vents and volcanic domes at sea bottom (after Augustin et al., 2016). (B) Close up view on the structural continuum from Gulf of Aden (after Ahmed et al., 2016), Asal Ghoubbet (AG), Dobi, Serdo and the Dabbahu magmatic segment (DB) characterized by oblique spreading and en-echelon extensional basins. Dashed lines with opposite arrows show the corresponding basin’s mean orientation. Green double arrows show the mean extension direction, extracted from focal mechanisms analysis. Erta Ale (EA) has a similar orientation that Dabbahu magmatic segment. Grey lines are first order lineaments of the area; thin black lines show the coast line and the borders of the countries.
On the Origin of Earthquake Swarms
Our results show that apart from a few quiescent segments, most of the length of the plate boundaries separating the Nubian, Arabian and Somalian plates have been activated by seismic swarms and volcanic activity since 1960 (Figure 8A). Focal mechanisms also show that most of the swarms are characterized by normal faulting, indicative of the extensional tectonics that dominates in the region (Figure 9).
[image: Figure 9]FIGURE 9 | Focal mechanisms (from Hofstetter and Beyth, 2003, and Global Centroid Moment Tensor project, GCMT, www.globalcmt.org, Dziewonski et al., 1981; Ekström et al., 2012) related to swarms in the SAGA region from 1960 to 2017 as sourced from the ISC Bulletin. Extension axes are shown by black segments (normal faulting) and pink segments (strike-slip faulting). Selected strong swarms are indicated by dates and area names (see main text for details). DB and MH for Dabbahu and Manda Hararo magmatic segments, respectively. Pink polygons and red lines represent the areas that have been affected by swarm activity (see Figure 8 for details).
The central question on the origin of these earthquake swarms is whether they are of magmatic or tectonic origin. Some of the swarms were clearly magmatic, as they were accompanied by observed volcanic activity. However, for the majority of the swarms detected in the SAGA region, the link to magma is less clear. Resolving this has important implications, as swarms are responsible for key morphological processes observed in active rift zones and often precede volcanic eruptions. The central axis of the Southern Red Sea trough hosts numerous volcanic vents and thus the earthquake swarms in this region are likely associated with magma activity. Bathymetric data of cluster areas 2 and 3 (e.g., offshore of Port Sudan, see Figure 4A for location) exhibit several volcanic vents and fresh lava flows (Figure 8A; Augustin et al., 2016), showing the contribution of magma in shaping the rift zone and pointing to a likely origin of the observed swarms. Further south, cluster 6 (Zubair Archipelago) had intense activity in 14 earthquake swarms between 1994 and 2013. Three volcanic eruptions occurred during this time period, which demonstrates a magmatic origin of the earthquake swarms, at least in these three cases. Then, most of the earthquake swarms observed inland in the SAGA region and after regular InSAR observations started (after 1990s) show unambiguous contribution of magma through dike injections (e.g., Gab’ho 1996, Dabbahu, 2005–2010, Dallol, 2004). A few other swarms relate to rift linkage and are likely of a tectonic origin (Afdera swarm, 2005–2007, Illsley-Kemp et al., 2018; La Rosa et al., 2019).
Earthquake swarms that preceded the era of InSAR ground deformation analysis (i.e. from before the early 1990s) and did not trigger volcanic eruptions have typically been associated to tectonic events, rather than to magmatic intrusions, e.g., the swarms at Serdo (1969), Dobi (1989) (e.g. Ebinger and Wijk, 2013; Keir et al., 2013; Pagli et al., 2019) and in Bada (1993). However, for these events there is no unambiguous way to attribute the swarm activity to either magmatic or tectonic processes. In Bada, rift parallel ground cracks, vertical offsets and rockfalls resulted in a formation of a graben (Ghebreab and Solomon, 1994; Ogubazghi et al., 2004). Note that 17 earthquakes larger than M4 happened after the field campaign of Ghebreab and Solomon (1994) so that final ground measurements were never completed. These surface effects, as well as the space-time evolution of the swarm with event migration away from a segment centered volcanic system and the largest earthquakes at the migration fronts, are typical of dike-induced seismicity (Figure 6C), e.g., as observed during the Dabbahu rifting episode (e.g., Barnie et al., 2016). The repeated swarm activity in the Bada area points to the presence of an immature spreading center, such as the one in Dallol, located about 50 km to the southeast.
Although the large-magnitude earthquakes observed during the Serdo and the Dobi earthquake sequences relate to meter-scale fault slip at the surface, the swarm patterns of the two sequences are characterized by an absence of main shock-aftershock sequences. The observed ground ruptures (graben formation, normal faulting and open fractures) are also typically observed during rifting events so that magma contribution cannot be excluded for these two sequences. Moreover, recent dike intrusions have been associated with earthquakes of similarly large magnitudes, such as the Miyakejima dike intrusion (Passarelli et al., 2015) where large dike-induced stresses both produced large earthquakes on likely newly formed normal faults and on pre-existing tectonic strike-slip structures that were favorably oriented. The Serdo area includes a few volcanic edifices (e.g., Dama Ali volcano; erupted in 1631 CE, Figure 5A), suggesting that magma reached the surface in the region. Reed et al. (2014) documented high Vp/Vs ratios within the lower crust beneath the Dobi graben, which implies the presence of melt (Demissie et al., 2018). Finally, the structural framework of the region is composed of a set of left-stepping en-echelon basin structures from the Aden ridge oriented ∼110°N, Asal Ghoubbet (135°N), Dobi (135°N), Serdo (140°N) and the Manda Hararo magmatic segment (148°N) forming a structural continuum (Figure 8B). The tensional axes derived from the focal mechanisms of swarms are all oblique with respect to the mean orientation of the basins (Figures 8B, 9). These en-echelon basins are affected at both edges by magmatic intrusions (i.e., Gulf of Aden ridge and the Manda Hararo-Dabbahu magmatic segments) and the central portion (Dobi and Serdo) might originate from a mixed source of deformation where magmatic and tectonic processes may interact. Therefore, while the origin of the older swarms in this region cannot be unambiguously related to either tectonic or magmatic activity, for some of these swarms both tectonic and magmatic processes were likely at work.
Swarm and Volcanic Activity Increase During the mid 2000s to mid 2010s
Supplementary Figure S2 broadly shows a progressive increase in annual number of earthquakes reported by the ISC since the early 1990s compared to the preceding period. Much of this increase is consistent with improvements in regional seismic station density. To address this, we also plotted annual numbers of events of M4.5 and larger in order to reveal temporal changes in earthquake activity above the magnitude of completeness through the entire time period (Figure S2). This shows noticeable lobes of increased number of M4.5 and larger earthquakes in roughly decadal timeframes such as in the late 1970s, and the late 1980s to mid 1990s. We test this hypothesis of increase of earthquake rate for the class of M4.5 and larger earthquakes over decadal timeframes against a stationary earthquake occurrence described by a Poisson model with constant rate (Zhuang et al., 2012). In a Poissonian stationary model, the times between two consecutive earthquakes (i.e., inter-event times IETs) follow an exponential distribution with first moment equal to the long-term seismicity rate λ. The fit of seismicity rate to the observed earthquakes restitutes λ = 0.026 with 95% confidence interval λCI= 0.024–0.029. We simulate 100 synthetic catalogs of IETs from the exponential distribution with randomly varying λCI. We then compared the observed and each of the simulated distributions of IETs through a Kolmogorov-Smirnov (KS) two-sided goodness-of-fit test (Massey, 1951) under the null hypothesis that both are independent sample from the same underlying distribution. We rejected the null hypothesis 100% of times at significance level of α = 0.01 for the 100 simulations. We applied the same test to only events with M5 and larger and obtained the same results. We conclude that at first order the observed catalog does not follow a Poissonian stationary process and the earthquake lobes over decadal timeframe are a feature in the SAGA catalog not likely caused by the aftershock activity and thus relates to temporal increase of the swarm activity.
The most recent increase occurs during 2003–2013 in which there is an increase of the swarm activity in all the three rift branches of the southern Red Sea, Afar and the Gulf of Aden (SAGA region; Figure 2B and Figure 10). During the same time period, a total of seven volcanic eruptions occurred in all the three areas (Figure 8A). The three different rift branches were subject to three roughly synchronous rifting episodes, with Dabbahu (2005–2010; Wright et al., 2006), Gulf of Aden (2003–2011; Ahmed et al., 2016) and the southern Red Sea (2003–2013; Xu et al., 2015). The swarms in the Zubair Archipelago were temporally related to magmatic intrusions and eruptions (Jebel at Tair, Sholan and Jadid islands), while no volcanic activity was reported in association with two swarms further south near the Zukur and Hanish islands in 2004. Our dataset shows that the Gulf of Aden had been subject to strong swarms already from 2002 to 2004, indicating an increase of swarm activity 8 years before the main rifting activity in late 2010. This overall active 2003–2013 time period was followed by a seismically quiet period from 2013 to 2020 without any noticeable swarm activity.
[image: Figure 10]FIGURE 10 | Increase of swarm and volcanic activity observed from 2003 to 2013 in the SAGA region, preceded and followed by lower rates of swarm activity and the absence of volcanic eruptions. Yellow stars are eruptions; AG: Asal Ghoubbet; DL: Dallol; DB: Dabbahu; JT: Jebel at Tair; DF: Alu Dalafilla; GA: Gulf of Aden; NA: Nabro; ZB: Zubair Archipelago.
These synchronous rifting episodes are focused in Afar and in the immediately adjacent parts of the southernmost Red Sea and westernmost Gulf of Aden. They suggest that this sector of the SAGA region experiences a regional rifting cycle, where the plate extension may have generated enough strain deficit at the plate boundaries to be released during a five to 10 years co-rifting period after an inter-rifting period of tectonic loading. This could suggest a common source of deformation for all three rift branches. Since rifting episodes are modulated by the interplay between magma supply and tectonic stress (e.g. Buck, 2006), we also propose that the regional increase in activity could have been triggered by an overall increase of the magma supply rate from the underlying mantle in the SAGA region. Alternatively, the synchronous increase in activity across multiple segments of the rift might also be explained by regional stress triggering in which positive Coulomb stress changes induced by magma intrusion at one rift branch and associated earthquake swarms trigger magmatic and tectonic activity at the other rift branches that were near failure. However, there is little evidence for static stress triggering between distant (∼350 km) rifting events and episodes in the region (Viltres et al., 2018). Such stress triggering has been observed at smaller scales within Afar, i.e., where several small swarms have been detected at the periphery of large dike intrusions in Afar in 2005, 2007 and 2009, synchronously with the Dabbahu rifting episode. These swarms could thus relate to static stress changes triggered by the dike intrusions inducing an increase of the seismicity at the dike periphery.
CONCLUSION
Observations of earthquake swarm activity over multiple decades can provide new information about areas prone to swarm activity (clusters), on swarm reoccurrence, and on regional magmatic and tectonic activity in general. In this study, we have generated a new earthquake swarm catalogue for the southern Red Sea, Afar and Gulf of Aden (the SAGA region) by integrating the ISC catalogue with additional local datasets, producing the first multi-decadal overview of the earthquake swarm activity of the SAGA region. The new swarm catalogue is composed of 19 clusters and 134 swarms from 1960 to 2017. Adding 11 volcano-tectonic events (six earthquake swarms and five volcanic eruptions) that occurred from 1838 to 1960, the catalogue includes a total of 145 events in the last 180 years. Most of the clusters show recurrent swarm activity over decades, supporting the presence of unnoticed active spreading centers in the SAGA region. Most of these swarms have likely a magmatic origin, as supported by eruption or ground deformation study, although we cannot rule out an unambiguous magmatic origin for all these swarms. The three rift branches show an increase of the swarm and volcanic activity between 2003 and 2013 suggesting the presence of a rifting cycle affecting part of the SAGA region.
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Explosion Date Seismic Time Peak Peak Repose Travel VASR.,  X-corr Dip

number onset lag (s) pressure velocity time time with angle
(uTC) (Pa) (Hm/s) (days) residual Exp 45 0
(s
37 6 Nov 2014 07:42:49.70 11.96 30 162 164 1.81 39 0.48 345
38 21 Jul 2015 16:17:41.55 9.75 74 200 257 -0.26 141 059 255
39 7 Aug 2015 06:02:57.90 10.00 61 109 v -0.35 40.3 071 -
40 16 Apr 2016 18:58:05.50 10.20 >260 273 243 -0.28 - 095 35.1
41 6 May 2016 02:43:33.60 10.85 >260 354 30 0.88 - 073 433
42 10 May 2016 15:31:38.90 11.95 140 257 4 177 35.4 058 439
43 24 Oct 2016 21:10:24.55 10.15 >260 161 167 -0.12 i 0.86 218
44 24 Mar 2017 16:15:23.90 10.80 260 245 151 -0.32 70.0 0.90 34.0
45 17 May 2017 03:17:38.80 10.00 250 186 54 -0.09 180.6 1.0 326
46 4 Jul 2017 11:18:48.15 10.00 >260 243 48 -0.26 - 091 36.3
47 22 Aug 2017 18:43:44.10 10.00 260 165 49 -0.02 2587 0.87 34.3
48 26 Sep 2017 01:47:06.35 9.90 200 145 35 -0.09 260.9 0.94 359
49 28 Oct 2017 18:45:01.55 10.15 110 187 32 -0.39 20.1 0.68 =
50 30 Oct 2017 11:19:57.85 9.90 35 288 2 0.03 78 033 -
51 14 Nov 2017 12:15:24.75 11.40 22 146 15 1.21 36 0.60 483
52 16 Nov 2017 22:44:06.45 11.10 21 298 2 0.94 37 0.59 o
53 13 Dec 2017 13:20:40.90 10.20 >260 372 27 0.06 - 081 36.0
54 18 Dec 2017 03:17:46.80 10.65 56 131 5 0.61 45.0 0.80 32.1
55 2 Mar 2018 14:57:01.00 10.85 235 235 74 0.95 738 0.90 315
56 15 Mar 2018 06:18:55.20 11.30 78 201 13 0.62 3 0.87 28.0
57 4 Apr 2018 11:55:21.80 10.30 170 284 20 -0.02 39.4 0.88 295
58 13 Apr 2018 15:59:18.50 9.85 24 300 9 -0.66 0.8 0.79 268
59 5 May 2018 05:48:45.30 11.00 89 376 2 0.86 10.4 0.80 29.7

Explosion number in AVO catalog, date of explosion, arival time of seismic onset (UTC), seismo-acoustic time lag (s), unfiltered peak infrasound pressure at CLES (Pa), unfitered peak
velocity (vertical) at CLES (un/s), repose time since previous explosion (days), travel time residlual between observed acoustic travel time and the travel time prediicted by atmospheric
effective sound speed (s), relative VASR (VASR..), cross-correlation value in relation to example Explosion 45, and dip angle from horizontal ().
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Y M D Dur Dir L Speed Defl. Erupt. Prec.t Vol lava

(km) (m/s) cm Mm?3
19756 12 20 90d S,N 60 203 Y 15m Small
1976 09 29 6&d N 12 14
1976 10 31 2d N 24 57
1977 01 20 2d N 10 29
1977 04 27 2d S 17 7 Y (1h) Small
1977 09 08 1d S 13 0.35 21 ¥ 21/4h Small
1977 11 02 1d N <3 <4
1978 01 06 20d N 45 0.2 105
1978 07 10 3d N 25 0.5 57
1978 11 10 6&d N 18 64
1979 05 13 b&d N 24 84
1979 12 02 6d §? 4? 3
1980 02 10 10d S 10 10
1980 03 16 1d N,S 20 0.9 38 Y 65 m Small
1980 07 10 6d N 9 40 Y 5h 30
1980 10 18 5&d N 30 Y 82m 40
1980 12 24 4d N 10 10
1981 01 30 6&d N 27 ¥ 7h 32
1981 11 18 5&d N 8 1.8 50 ¥ 76m 40

1984 09 04 14d N 85 0.6 55 Y 264 m 80

Characteristics of the 20 deflation/diking events of Krafla 1975-1984: Date of the
beginning, duration of the event from the beginning of deflation until inflation sets
in again, direction of propagation into the N or S fissure swarms, length of the dike
measured from the center of the caldera to the distal end of the epicenter distri-
bution (Einarsson, 1991b), maximum speed of propagation, vertical subsidence at
the center of deflation (Bjérnsson and Eysteinsson, 1998), eruption, and precursor
time from the beginning of deflation until an eruption begins (Einarsson, 2018).
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Date Times (UTC+8)
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