

[image: image]





FRONTIERS EBOOK COPYRIGHT STATEMENT

The copyright in the text of individual articles in this ebook is the property of their respective authors or their respective institutions or funders. The copyright in graphics and images within each article may be subject to copyright of other parties. In both cases this is subject to a license granted to Frontiers. 

The compilation of articles constituting this ebook is the property of Frontiers. 

Each article within this ebook, and the ebook itself, are published under the most recent version of the Creative Commons CC-BY licence. The version current at the date of publication of this ebook is CC-BY 4.0. If the CC-BY licence is updated, the licence granted by Frontiers is automatically updated to the new version. 

When exercising any right under the CC-BY licence, Frontiers must be attributed as the original publisher of the article or ebook, as applicable. 

Authors have the responsibility of ensuring that any graphics or other materials which are the property of others may be included in the CC-BY licence, but this should be checked before relying on the CC-BY licence to reproduce those materials. Any copyright notices relating to those materials must be complied with. 

Copyright and source acknowledgement notices may not be removed and must be displayed in any copy, derivative work or partial copy which includes the elements in question. 

All copyright, and all rights therein, are protected by national and international copyright laws. The above represents a summary only. For further information please read Frontiers’ Conditions for Website Use and Copyright Statement, and the applicable CC-BY licence.



ISSN 1664-8714
ISBN 978-2-8325-3239-3
DOI 10.3389/978-2-8325-3239-3

About Frontiers

Frontiers is more than just an open access publisher of scholarly articles: it is a pioneering approach to the world of academia, radically improving the way scholarly research is managed. The grand vision of Frontiers is a world where all people have an equal opportunity to seek, share and generate knowledge. Frontiers provides immediate and permanent online open access to all its publications, but this alone is not enough to realize our grand goals.

Frontiers journal series

The Frontiers journal series is a multi-tier and interdisciplinary set of open-access, online journals, promising a paradigm shift from the current review, selection and dissemination processes in academic publishing. All Frontiers journals are driven by researchers for researchers; therefore, they constitute a service to the scholarly community. At the same time, the Frontiers journal series operates on a revolutionary invention, the tiered publishing system, initially addressing specific communities of scholars, and gradually climbing up to broader public understanding, thus serving the interests of the lay society, too.

Dedication to quality

Each Frontiers article is a landmark of the highest quality, thanks to genuinely collaborative interactions between authors and review editors, who include some of the world’s best academicians. Research must be certified by peers before entering a stream of knowledge that may eventually reach the public - and shape society; therefore, Frontiers only applies the most rigorous and unbiased reviews. Frontiers revolutionizes research publishing by freely delivering the most outstanding research, evaluated with no bias from both the academic and social point of view. By applying the most advanced information technologies, Frontiers is catapulting scholarly publishing into a new generation.

What are Frontiers Research Topics? 

Frontiers Research Topics are very popular trademarks of the Frontiers journals series: they are collections of at least ten articles, all centered on a particular subject. With their unique mix of varied contributions from Original Research to Review Articles, Frontiers Research Topics unify the most influential researchers, the latest key findings and historical advances in a hot research area.


Find out more on how to host your own Frontiers Research Topic or contribute to one as an author by contacting the Frontiers editorial office: frontiersin.org/about/contact





Biogeochemical, ecological and biophysical dynamics in the kuroshio, oyashio and their extension regions

Topic editors

Guangchao Zhuang – Ocean University of China, China

Makio Honda – Japan Agency for Marine-Earth Science and Technology (JAMSTEC), Japan

Jing Zhang – University of Toyama, Japan

Meixun Zhao – Ocean University of China, China

Fei Chai – Second Institute of Oceanography, Ministry of Natural Resources, China

Citation

Zhuang, G., Honda, M., Zhang, J., Zhao, M., Chai, F., eds. (2023). Biogeochemical, ecological and biophysical dynamics in the kuroshio, oyashio and their extension regions. Lausanne: Frontiers Media SA. doi: 10.3389/978-2-8325-3239-3





Table of Contents




Phytoplankton Distributions in the Kuroshio-Oyashio Region of the Northwest Pacific Ocean: Implications for Marine Ecology and Carbon Cycle

Yaoyao Wang, Rong Bi, Jing Zhang, Jiawei Gao, Shigenobu Takeda, Yoshiko Kondo, Fajin Chen, Gui’e Jin, Julian P. Sachs and Meixun Zhao

Neocalanus cristatus (Copepoda) From a Deep Sediment-Trap: Abundance and Implications for Ecological and Biogeochemical Studies

Takahito Ikenoue, Shigeyoshi Otosaka, Makio C. Honda, Minoru Kitamura, Yoshihisa Mino, Hisashi Narita and Takuya Kobayashi

Dissolved Organic Carbon Along a Meridional Transect in the Western North Pacific Ocean: Distribution, Variation and Controlling Processes

Tiantian Ge, Chunle Luo, Peng Ren, Hongmei Zhang, Hongtao Chen, Zhaohui Chen, Jing Zhang and Xuchen Wang

Mesoscale eddies induce variability in the sea surface temperature gradient in the Kuroshio Extension

Rui Tang, Yi Yu, Jingyuan Xi, Wentao Ma and Yuntao Wang

Seasonal variability of upper ocean primary production along the Kuroshio off Japan: Roles of eddy-driven nutrient transport

Xu Zhang, Yusuke Uchiyama, Eiji Masunaga, Yota Suzue and Hidekatsu Yamazaki

Abrupt fluctuations in North Pacific Intermediate Water modulated changes in deglacial atmospheric CO2

Yanguang Liu, Yue Qiu, Dongling Li, Antonina V. Artemova, Yuying Zhang, Aleksandr A. Bosin, Sergey A. Gorbarenko, Qingsong Liu, Debo Zhao, Longbin Sha and Yi Zhong

Stable carbon isotopes of dissolved inorganic carbon in the Western North Pacific Ocean: Proxy for water mixing and dynamics

Tiantian Ge, Chunle Luo, Peng Ren, Hongmei Zhang, Di Fan, Hongtao Chen, Zhaohui Chen, Jing Zhang and Xuchen Wang

Export of particulate organic carbon (POC) in the eddy region of the tropical northwest Pacific

Junhyeong Seo, Guebuem Kim, Jae-Hyoung Park, Hojong Seo, Taehee Na, Sok Kuh Kang and Jeomshik Hwang

Benthic nitrogen cycling in the deep ocean of the Kuroshio Extension region

Haoming Xu, Guodong Song, Siqi Yang, Ruosi Zhu, Guiling Zhang and Sumei Liu

Spatial and temporal distribution of phytoplankton community in relation to environmental factors in the southern coastal waters of Korea

Yanxu Sun, Seok-Hyun Youn, Hyun Joo Oh, Hui-Tae Joo, Yejin Kim, Jae Joong Kang, Dabin Lee, Kwanwoo Kim, Hyo Keun Jang, Naeun Jo, Mi Sun Yun, Linhe Sun and Sang Heon Lee

The structure, characterization and dual-activity of exopolysaccharide produced by Bacillus enclensis AP-4 from deep-sea sediments

Xin Hu, Fengshu Li, Xiuli Zhang, Yaping Pan, Jinren Lu, Yiming Li and Mutai Bao

Insignificant effects of eddies and typhoons on the biogeochemistry of the tropical northwest Pacific Ocean

Junhyeong Seo, Doshik Hahm, Guebuem Kim, Inhee Lee, Jihyun Park, Taehee Na, Jae-Hyoung Park, Sok Kuh Kang and Jeomshik Hwang

Further refinements of a continuous radon monitor for surface ocean water measurements

Chunqian Li, Shibin Zhao, Chenglun Zhang, Meng Li, Jinjia Guo, Natasha T. Dimova, Tong Yang, Wen Liu, Guangquan Chen, Huaming Yu and Bochao Xu

Latitudinal-dependent emergence of phytoplankton seasonal blooms in the Kuroshio Extension

Xiying Sun, Zhaohui Chen, Chao Zhang and Siyu Meng

High-resolution distribution and emission of dimethyl sulfide and its relationship with pCO2 in the Northwest Pacific Ocean

Shi-Bo Yan, Xiao-Jun Li, Feng Xu, Hong-Hai Zhang, Jian Wang, Yueqi Zhang, Gui-Peng Yang, Guang-Chao Zhuang and Zhaohui Chen

Exploring the plankton bacteria diversity and distribution patterns in the surface water of northwest pacific ocean by metagenomic methods

Yafei Wang, Hongmei Lin, Ranran Huang and Weidong Zhai

The distribution and emission of CO2, CH4 and light hydrocarbons in an anticyclonic eddy of the Kuroshio extension

Xiao-Jun Li, Jian Wang, Hao Qiao, Rui-Chen Zhu, Hong-Hai Zhang, Zhao-Hui Chen, Andrew Montgomery, Shan Zheng and Guang-Chao Zhuang





ORIGINAL RESEARCH

published: 06 May 2022

doi: 10.3389/fmars.2022.865142

[image: image2]


Phytoplankton Distributions in the Kuroshio-Oyashio Region of the Northwest Pacific Ocean: Implications for Marine Ecology and Carbon Cycle


Yaoyao Wang 1,2, Rong Bi 1,2*, Jing Zhang 1,2,3, Jiawei Gao 1,2, Shigenobu Takeda 4, Yoshiko Kondo 4, Fajin Chen 5, Gui’e Jin 1,2, Julian P. Sachs 1,6 and Meixun Zhao 1,2*


1Frontiers Science Center for Deep Ocean Multispheres and Earth System, and Key Laboratory of Marine Chemistry Theory and Technology, Ministry of Education, Ocean University of China, Qingdao, China, 2Laboratory for Marine Ecology and Environmental Science, Qingdao National Laboratory for Marine Science and Technology, Qingdao, China, 3Faculty of Science, University of Toyama, Toyama, Japan, 4Graduate School of Fisheries and Environmental Sciences, Nagasaki University, Nagasaki, Japan, 5College of Ocean and Meteorology, Guangdong Ocean University, Zhanjiang, China, 6School of Oceanography, University of Washington, Seattle, WA, United States




Edited by:

Hongbin Liu, Hong Kong University of Science and Technology, Hong Kong SAR, China

Reviewed by: 

Ricardo Maria Letelier, Oregon State University, United States

Sarat Chandra Tripathy, National Centre for Polar and Ocean Research (NCPOR), India

*Correspondence: 

Rong Bi
 rongbi@ouc.edu.cn

Meixun Zhao
 maxzhao@ouc.edu.cn

Specialty section:
 This article was submitted to Marine Biogeochemistry, a section of the journal Frontiers in Marine Science


Received: 29 January 2022

Accepted: 06 April 2022

Published: 06 May 2022

Citation:
Wang Y, Bi R, Zhang J, Gao J, Takeda S, Kondo Y, Chen F, Jin G, Sachs JP and Zhao M (2022) Phytoplankton Distributions in the Kuroshio-Oyashio Region of the Northwest Pacific Ocean: Implications for Marine Ecology and Carbon Cycle. Front. Mar. Sci. 9:865142. doi: 10.3389/fmars.2022.865142



The Northwest Pacific Ocean (NWPO) is a significant sink for atmospheric CO2 but a paucity of large-scale phytoplankton surveys in the upper and lower euphotic zone results in uncertainties in estimates of the efficiency of the biological carbon pump there. Here, we report the spatial distribution of lipid biomarkers from diatoms (brassicasterol/epi-brassicasterol), dinoflagellates (dinosterol), and haptophytes (C37 alkenones) as proxies of phytoplankton biomass and community structure in suspended particles from the surface and deep chlorophyll maximum (DCM) layers across low- and mid-latitude regions of the NWPO. Our observations suggest that these lipid biomarkers can be used as indicators of the vertical distributions of phytoplankton biomass, which was comparable between the surface and DCM layers. Water masses with different nutrient concentrations strongly controlled the variations of lipid biomarkers, showing high biomass and the dominance of diatoms in the eutrophic Oyashio region, whereas low biomass and high proportions of dinoflagellates and haptophytes occurred in the oligotrophic Kuroshio region. Diatoms predominated in the DCM, likely enhancing carbon sequestration in the deep ocean and in sediments. Our results quantitatively demonstrate the horizontal and vertical variations of phytoplankton biomass and community structure, leading to an improved understanding of ecosystem function and biogeochemical cycles in this important region of the NWPO.
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Introduction

The Northwest Pacific Ocean (NWPO) is a key region of the global carbon cycle, where the highly effective biological carbon pump leads to intense biological drawdown of CO2 from surface waters (Takahashi et al., 2002; Honda, 2003; Chierici et al., 2006; Takahashi et al., 2009). The western boundary currents in the NWPO include the southward-flowing cold, low salinity and nutrient‐rich Oyashio current, and the northward-flowing warm, high salinity and nutrient‐deficient Kuroshio current, that converge in the Kuroshio-Oyashio mixed water region east of Japan (Figure 1; Kawai, 1972; Qiu, 2001; Yasuda, 2003). Moreover, a branch of the Kuroshio current intrudes into the East China Sea (ECS) and mixes with continental shelf water, forming the Tsushima Warm Current which enters the Japan Sea/East Sea (Lie and Cho, 1994; Qiu, 2001). These currents vary spatially and temporally and transport large quantities of heat and salt that impact the hydrography, climate, nutrient supply, and ecosystems of the NWPO (Sakurai, 2007; Hu et al., 2015; Schlundt et al., 2017).




Figure 1 | Oceanographic setting of the Northwest Pacific region and sampling locations in this and previous studies. Stations from this study are indicated by solid symbols (solid square: sampled only at surface; solid circle: sampled at both surface and DCM), and those from previous studies discussed are indicated by unfilled triangles [ are from Bi et al. (2018);  are from Lin et al. (2020)]. KC, Kuroshio Current; KE, Kuroshio Extension; TC, Tsushima Current; OC, Oyashio Current; OE, Oyashio Extension; OSMW, Okhotsk Sea Mode Water; EKC, East Kamchatka Current. The current map is adapted from Yang et al. (2018) and Qiu (2001).



Phytoplankton production and community structure in the NWPO have been extensively studied on regional scales, highlighting nutrient availability as the most important environmental driver in different water masses. For example, the generation and spatial extent of spring blooms in the Oyashio region are related to the transport and pathway of the nutrient-rich coastal Oyashio water and its modified waters (Okamoto et al., 2010; Kuroda et al., 2019). In the Kuroshio Extension (KE), dissolved inorganic nitrogen and phosphorus (DIN and DIP) are the major factors controlling phytoplankton community structure in the northern and southern sections of this area, respectively, resulting in a decrease in diatoms and an increase in dinoflagellates and cyanobacteria from the eutrophic Oyashio region to the oligotrophic KE (Wang et al., 2021). Similarly, nutrient composition (i.e., N:P ratios) in the shelf mixed water and Kuroshio water also strongly regulate the phytoplankton community structure of the ECS (Guo et al., 2014; Liu et al., 2016). On the basin scale, previous studies using remote sensing have shown regional, seasonal, and interannual evolution of chlorophyll a (Chl a) in the NWPO (Yoder and Kennelly, 2003; Messié and Radenac, 2006; Hou et al., 2014); however, relatively few studies have examined phytoplankton community structure, principally through DNA metabarcoding, pigments, and microscopy (Suzuki et al., 1997; Endo et al., 2018; Endo and Suzuki, 2019; Lin et al., 2020). The relative scarcity of direct observations over large parts of the NWPO hinders our understanding of the spatial distributions of phytoplankton biomass and community structure, and by extension, their impact on the region’s biogeochemistry and carbon cycling.

Lipid biomarkers are source-specific, chemically stable, sensitive to environmental changes, and they have been widely utilized as proxies for phytoplankton productivity and community structure changes in both paleoenvironments and the modern ocean (Schubert et al., 1998; Zhao et al., 2006; Hernandez et al., 2008; Tolosa et al., 2008). In the NWPO, previous studies have focused on shelf-marginal sea and marginal sea-open ocean interactions by measuring lipid biomarkers in suspended particles (Li et al., 2014; Dong et al., 2015; Wu et al., 2016; Bi et al., 2018; Ko et al., 2018). These studies have shown that lipid biomarkers can be used to reconstruct Holocene phytoplankton productivity and community structure changes in the ECS and the Yellow Sea (Wu et al., 2016). They have also demonstrated the control of water masses on the spatiotemporal variations of phytoplankton in the Northeastern ECS and the Western Tsushima Strait (Bi et al., 2018; Figure 1). In the Southeast Pacific, the distribution of lipid biomarkers in suspended particles at different depths demonstrated that vertical distribution patterns differed between lipid biomarkers and Chl a, resulting in the biomarker/Chl a ratio decreasing with depth (Tolosa et al., 2008). However, over a large area of the NWPO there is insufficient data from direct field observations to characterize horizontal and vertical distributions of phytoplankton biomass and community that Chl a alone cannot reveal (Cullen, 1982).

In this study, we report lipid biomarker concentrations in suspended particulate samples collected from surface water and at the depth of the deep chlorophyll maximum (DCM) from more than 28 stations in the NWPO during summer. The concentrations of brassicasterol/epi-brassicasterol, dinosterol, and C37 alkenones are used as proxies for the biomass of diatoms, dinoflagellates, and haptophytes, respectively, with their sum (ΣPB) representing the total phytoplankton biomass (Schubert et al., 1998; Wu et al., 2016; Bi et al., 2018). While abundant in number, cyanobacteria were excluded from our study due to their lower biomass as compared to that of eukaryotic phytoplankton we are quantifying (Wang et al., 2021). We also measured temperature, salinity, Chl a and major nutrients (DIN [nitrite and nitrate], DIP, and silicate [Si]) to elucidate the mechanisms controlling phytoplankton biomass and community structure in the study area. Our aims are to determine (i) the horizontal and vertical variations of phytoplankton biomass and community structure as discerned from lipid biomarkers, and (ii) the influences of different oceanographic characteristics on distribution patterns of phytoplankton over a large region in the NWPO and the implications for the marine carbon cycle.



Materials and Methods


Study Area and Sample Information

The study area covers latitudes between 21–51°N and longitudes between 122–165°E in the NWPO, spanning the Kuroshio and KE (hereafter Kuroshio) and Oyashio and Oyashio Extension (hereafter Oyashio) regions (Figure 1; Qiu, 2001). The Kuroshio flows northward from the Luzon Island, along the east coast of Taiwan and the shelf break of the East China, to east of Japan (Nitani, 1972) and was defined in this study by temperatures higher than 14°C at 200-m depth (Kawai, 1972). The Tsushima Warm Current, as a branch of the Kuroshio, mixes with lower salinity continental shelf water and flows northward through the Tsushima Strait into the Japan Sea/East Sea (Uda, 1934; Nitani, 1972; Lie and Cho, 1994). The Oyashio Current, originating from the East Kamchatka Current and mixing with Okhotsk Sea Mode water, flows southwestward over the continental slope to the Hokkaido coast and then returns northeastward (Qiu, 2001). The cold, low-salinity Oyashio water is defined here as having a salinity below 33.7 PSU at 100-m depth (Kawai, 1972). The region between the KE and Oyashio Extension, where waters of the Oyashio, the Kuroshio, and Tsugaru Currents meet and mix is characterized by steep temperature and salinity gradients (Kawai, 1972; Talley et al., 1995).

Samples were collected during four summer cruises (16 July to 4 August 2011, 19–28 July 2017, 8–18 July 2019, and 20 July to 9 August 2019; Supplementary Figure S1). A total of 34 stations were sampled at the surface layer (depth: 0–5 m; water volume: 77–715 L), and 28 of those were also sampled at the depth of the DCM (depth: 22–136 m; water volume: 30–120 L; Figure 1). The nutrient sampling depths were close to those of the particulate samples.



Sample Analysis

Suspended particles for lipid biomarker analyses were obtained by filtration on pre-combusted glass microfiber filters (Whatman GF/F filters) that were subsequently stored at –20°C. The quantification of lipid biomarkers followed published methods (Wang et al., 2019). Briefly, freeze-dried samples were extracted with a solvent mixture (dichloromethane/MeOH 3:1, v/v) after adding a C19 n-alkanol standard, and then saponified with 6% KOH in MeOH. The polar fraction was isolated using silica gel column chromatography and eluting with dichloromethane/methanol (95:5, v/v), followed by derivatization with N,O-bis(trimethylsilyl)-trifluoroacetamide (BSTFA). Sterols and C37 alkenones were analyzed with an Agilent 7890N gas chromatograph (GC) equipped with a flame ionization detector (FID), using an HP-1 capillary column (50 m × 0.32 mm × 0.17 μm). Quantification of lipid biomarkers was conducted by GC-FID comparing peak areas with that of the C19 n-alkanol internal standard with a precision of 10%.

Salinity, temperature and Chl a fluorescence were measured in situ with a CTD instrument (SBE-911plus, Sea Bird Electronics Inc., USA). At 27 of the 34 stations, Chl a was also extracted using 90% acetone (four stations) and N, N-dimethylformamide (DMF) (23 stations), respectively, and the concentration of Chl a was measured using a fluorometer (Lorenzen, 1967; Suzuki and Ishimaru, 1990; Welschmeyer, 1994). A high correlation between CTD-based fluorescence and solvent-extracted Chl a indicated that the difference between the two methods was not significant at the suspended particle sampling depths (Supplementary Figure S2A). CTD-based fluorescence was therefore used in this study to determine Chl a spatial distributions, and for the correlation analyses between Chl a and lipid biomarkers.

For nutrients (nitrate, nitrite, phosphate and silicate), samples collected during the cruise of 20 July to 9 August 2019 were filtered through cellulose acetate membranes (pore size: 0.45 μm) and samples collected during other cruises were unfiltered. Nutrient concentrations were measured with a SWAAT auto-analyzer (BLTEC Japan) for samples from the cruise during 16 July to 4 August 2011, an AACS-IV auto-analyzer (BLTEC Japan) for the 19–28 July 2017 cruise, a QuAAtro39 auto-analyzer (BLTEC Japan) for the 8–18 July 2019 cruise, and a San++ continuous flow analyzer (Skalar, Netherlands) for the 20 July to 9 August 2019 cruise. Standard colorimetric analysis protocols were applied for the four auto-analyzers, i.e., nitrate + nitrite by a Cu-Cd reduction and an azo dye formation method, nitrite by an azo dye formation method, phosphate by a molybdenum blue method, and silicate by a molybdenum blue method. Data were calibrated against certified reference materials for nutrients (National Center of Ocean Standards and Metrology for the cruise of 20 July to 9 August 2019, and KANSO TECHNOS for other cruises) to minimize the difference in measuring precision between the four auto-analyzers.

The vertical stratification index (VSI) was estimated to quantify the degree of vertical stratification of the water column (Mena et al., 2019; Chen et al., 2021): VSI = Σ [σ0(m+1) – σ0(m)], where “σ0” is the potential density anomaly, and m is the depth in meters ranging from 5 to 200 m. A larger VSI indicates stronger stratification. In our study, the VSI ranged from 1.3 to 5.1, with higher values in the Tsushima region and lower ones in the Oyashio and mixed water regions (Supplementary Figure S2B).



Data Analysis

Spearman’s rank correlation analyses were applied to test the relationship between ΣPB and Chl a, between lipid biomarker concentrations (and their proportions) and environmental parameters (temperature, salinity and nutrients), and between VSI and environmental parameters. Wilcoxon signed-rank tests were used to evaluate the differences in lipid biomarker concentrations (and their proportions) between the surface and DCM layers. All statistical analyses were conducted using IBM SPSS Statistics 26, with a significance level set at p < 0.05.




Results


Hydrological Data and Nutrients

A DCM layer occurred at all stations and varied widely in depth (22 to 136 m), showing an overall shoaling from south to north (Supplementary Figures S3N–Q). Owing to this wide depth range of the DCM, we show our data graphically at the surface and DCM layers rather than at depth layers in the main text (Figures 2–4) but provide those data in depth space in the Supplementary Material (Supplementary Figures S3 and S6).




Figure 2 | Distributions of temperature, salinity and nutrients in Northwest Pacific Ocean surface and DCM waters during summer:  (A) temperature (°C), (B) salinity (PSU), (C) dissolved inorganic nitrogen (DIN; μmol L−1), (D) dissolved inorganic phosphorus (DIP; μmol L−1), and (E) dissolved silicate (Si; μmol L−1). Note the difference in color scales.



The temperature ranged from 8.8 to 30.4°C in surface waters, and 4.4 to 25.2°C in DCM waters (Figure 2A and Supplementary Table S1). The salinity ranged from 31.8 to 35.0 PSU in surface waters and 32.9 to 34.9 PSU in DCM waters (Figure 2B). The density revealed well stratified water columns (Supplementary Figures S3J–M). Temperature and salinity decreased from south to north at both surface and DCM layers, showing significant spatial differences associated with the different water masses (Figures 2A, B). Four distinct regions were identified according to the distributions of salinity and temperature (Figure 1 and Supplementary Figure S3). In the Oyashio region, water masses were constrained by salinity < 33.7 PSU and temperature < 7°C at 100-m depth, while in the Kuroshio region water masses were constrained by salinity > 34.7 PSU and temperature > 14°C at 200-m depth (Supplementary Figures S3B–I). In the mixed water region, temperature and salinity were markedly lower than those in the Kuroshio region and higher than those in the Oyashio region. Temperature in the Tsushima region was similar to that of the KE, but the salinity was clearly lower in the former region. The depth of the DCM varied between the four areas, ranging from 25 to 60 m (35 m on average) in the Oyashio region, 22 to 70 m (40 m on average) in the mixed water region, 36 to 72 m (56 m on average) in the Tsushima region, and 75 to 136 m (105 m on average) in the Kuroshio region (Supplementary Figures S3N–Q).

The concentrations of DIN, DIP and Si were low in all surface water samples, ranging from 0 to 15.42 μmol L−1, 0 to 1.48 μmol L−1, and 0.1 to 25.7 μmol L−1, respectively (Figures 2C–E and Supplementary Table S1). Nutrient concentrations in DCM waters were higher than in surface waters, ranging from 0 to 19.93 μmol L−1 for DIN, 0 to 1.85 μmol L−1 for DIP, and 0.6 to 31.4 μmol L−1 for Si, respectively. Nutrient concentrations displayed similar spatial patterns between the surface and DCM layers, showing higher values in the Oyashio region.



Lipid Biomarker and Chl a Concentrations

Brassicasterol/epi-brassicasterol concentrations ranged from 8.3 to 218 ng L−1 in surface waters and 19 to 194 ng L−1 in DCM waters over the entire study area, being highest in the Oyashio region (Figure 3A and Supplementary Table S1). The concentration of dinosterol ranged from 1.0 to 41 ng L−1 in surface waters and 0.9 to 26 ng L−1 in DCM waters, differing in its spatial distribution relative to brassicasterol/epi-brassicasterol in both surface and DCM waters, and highest in the Tsushima region (Figure 3B). The concentrations of C37 alkenones ranged from 0 to 52 ng L−1 in surface waters and 0 to 20 ng L−1 in DCM waters, with high values in the mixed water region (Figure 3C). Overall, brassicasterol/epi-brassicasterol concentrations were similar in surface and DCM waters, while dinosterol and C37 alkenone concentrations tended to be higher in surface waters than in DCM waters. ΣPB concentrations were similar between surface (9.3–226 ng L−1) and DCM (20–209 ng L−1) waters, resembling the spatial pattern of brassicasterol/epi-brassicasterol (Figures 3A, D). Unlike ΣPB, Chl a in DCM waters (0.09–1.97 μg L−1) was five times higher than in surface waters (0.01–0.71 μg L−1; Figure 3E).




Figure 3 | Distributions of lipid biomarkers and chlorophyll a in surface and DCM waters of the Northwest Pacific Ocean in summer: (A) brassicasterol/epi-brassicasterol (ng L−1ng L−1), (B) dinosterol (ng L−1), (C) C37 alkenones (ng L−1), (D) the sum of brassicasterol/epi-brassicasterol, dinosterol, and C37 alkenones (ΣPB; ng L−1), and (E) chlorophyll a (μg L−1). Note the difference in color scales.





Lipid Biomarker Proportion (% of ΣPB)

The ratios of brassicasterol/epi-brassicasterol to ΣPB (B/ΣPB) ranged from 35% to 97% in surface waters and 73% to 97% in DCM waters, with high-values in the Oyashio region (> 90%; Figures 4A, 5 and Supplementary Table S1). In contrast, the ratios of dinosterol to ΣPB (D/ΣPB) were relatively high outside the Oyashio region in both surface (1–29%) and DCM (1–20%) waters, especially in the Tsushima region (Figures 4B, 5). The ratios of C37 alkenones to ΣPB (A/ΣPB) ranged from 0 to 64% in surface waters and 0 to 19% in DCM waters, with high values in the mixed water region (Figures 4C, 5). B/ΣPB tended to be higher in DCM relative to surface waters, while D/ΣPB and A/ΣPB tended to be higher in surface waters relative to DCM waters (Figure 5).




Figure 4 | Distributions of individual lipid biomarker proportions (% of the sum of the three lipid biomarkers [ΣPB]) in surface and DCM waters of the Northwest Pacific Ocean in summer: (A) (brassicasterol/epi-brassicasterol)/ ΣPB, (B) dinosterol/ΣPB, and (C) C37 alkenones/ΣPB. Note the difference in color scales.






Figure 5 | Mean values (± SD) of individual lipid biomarker proportions (%), ΣPB concentrations (the sum of the three lipid biomarkers; ng L−1) and chlorophyll a concentrations (μg L−1) in surface and DCM waters of the four regions and the whole study area (WR). OR, Oyashio Region; MWR, Mixed Water Region; TR, Tsushima Region; KR, Kuroshio Region.





Correlation Analyses and Wilcoxon Signed-Rank Tests

ΣPB and Chl a had highly significant positive correlations in both surface (Spearman’s correlation coefficient r = 0.708; p < 0.001) and DCM (r = 0.611; p = 0.001) waters over the whole study area. These two parameters also correlated positively across the surface and DCM layers (r = 0.336; p = 0.009).

Across the two water layers, the concentrations of ΣPB correlated positively with DIN and Si (p ≤ 0.042; Table 1), but negatively with temperature and salinity (p ≤ 0.024). The concentrations of brassicasterol/epi-brassicasterol and B/ΣPB correlated positively with nutrients (DIN, DIP and Si; p ≤ 0.044) and negatively with temperature (p ≤ 0.002), opposite to the correlations for dinosterol and D/ΣPB, which correlated negatively with nutrients (DIN and DIP; p < 0.001) and positively with temperature (p < 0.001). Non-significant correlations were found between the concentrations of C37 alkenones (and A/ΣPB) and nutrients. VSI had a positive correlation with temperature (p < 0.001) and negative correlations with nutrients (DIN, DIP and Si; p < 0.05) in both surface and DCM layers. Between the two water layers, the dinosterol concentrations and D/ΣPB were significantly higher in surface waters than in DCM waters (Wilcoxon signed rank test: p ≤ 0.006; n = 28), opposite to B/ΣPB, which was significantly higher in DCM waters than in surface waters (p ≤ 0.001; n = 28). Non-significant differences between surface and DCM waters were observed for the concentrations of ΣPB, brassicasterol/epi-brassicasterol, C37 alkenones, as well as A/ΣPB (p > 0.05; n = 28).


Table 1 | Spearman’s correlation coefficients between lipid biomarkers and temperature, salinity, and nutrients across the surface and DCM layers.






Discussion


Spatial Distribution Patterns of Lipid Biomarkers in the NWPO

Lipid biomarkers in the NWPO were characterized by distinct horizontal and vertical distribution patterns. Surface and DCM waters of the Oyashio region were characterized by high concentrations of ΣPB and high concentrations and relative proportions of brassicasterol/epi-brassicasterol, while the Tsushima and Kuroshio regions had the highest concentrations and relative proportions of dinosterol (Figures 3–5). The mixed water region was characterized by highest concentrations and relative proportions of C37 alkenones (Figures 3C, 4C, 5). Similarly, published enumerations of phytoplankton (cell size > 5 or 10 μm) and pigment analyses showed that the maximum phytoplankton abundance and biomass occurred in the Oyashio region where diatoms predominated, while the proportion of dinoflagellates increased significantly in the oligotrophic Kuroshio region (Suzuki et al., 1997; Lin et al., 2020; Wang et al., 2021; Figure 1). Coccolithophore blooms (revealed by high reflectance in satellite imagery) were observed between 35°N and 50°N (Takahashi et al., 1995), and electron microscopic studies verified coccolithophore abundances were high south of 41°N in the Western Pacific (Hattori et al., 2004), overlapping with our mixed water region (35–40°N) that had high proportions of C37 alkenones. In addition, we observed highly significant positive correlations and similar distributions between ΣPB and Chl a in both surface (r = 0.708; p < 0.001) and DCM (r = 0.611; p = 0.001) waters. However, the correlation was weaker between the two layers (r = 0.336; p = 0.009). The weaker correlation may be attributed to different vertical distributions between Chl a and lipid biomarkers.

Vertically, the distribution patterns of lipid biomarker concentrations were broadly comparable between the surface and DCM layers, e.g., non-significant differences for ΣPB between the two layers (Wilcoxon signed rank test: p > 0.05). However, we observed strong vertical variations in the concentrations of Chl a, with the mean value in DCM waters (mean value: 0.61 μg L−1) being five times higher than that in surface waters (mean value: 0.13 μg L−1; Figures 3E, 5 and Supplementary Table S1). Consequently, the ratio of ΣPB to Chl a was lower at the DCM than in the surface (Supplementary Figure S4). Similar finding was reported in the South Pacific Gyre, where the ratio of lipid biomarkers (the sum of C28△5,24(28) sterol, dinosterol and total alkenones) to Chl a decreased with depth (calculated based on the data in Tolosa et al. (2008)). It is well known that the depth of Deep Biomass Maximum (DBM) often differs from the depth of the DCM since the two are generated by different mechanisms: the DBM occurs where phytoplankton growth rate is balanced by losses (e.g., respiration and grazing) and the divergence in sinking velocity, and the DCM is primarily determined by photoacclimation (Steele, 1964; Cullen, 1982; Fennel and Boss, 2003; Cullen, 2015). Thus, phytoplankton carbon to Chl a ratios generally decrease with depth as phytoplankton become acclimated to low irradiance and nutrient-replete conditions. The occurrences, drivers and characteristics of the DCM and DBM have been shown to have strong latitudinal and reginal patterns in the global ocean, with three distribution patterns identified in the NWPO (Cornec et al., 2021). The Shallow Maxima Zone is characterized by low occurrence of shallow DCMs and DBMs with high Chl a. The Deep photoAcclimation Zone is characterized by the weakest and deepest DCMs with the highest yearly occurrence. And the Deep Biomass Zone is characterized by the highest proportion of DBM profiles (Cornec et al., 2021). In our study, the ratio of ΣPB to Chl a varied between different regions at both the surface and DCM layers (Supplementary Figure S4). In particular, we observed a substantially higher ΣPB to Chl a ratio in the DCM within the Oyashio region compared to other regions (Supplementary Figure S4). This result is consistent with the findings of Cornec et al. (2021) suggesting that high phytoplankton biomasses occur within the DCM (Shallow Maxima Zone: sporadic and event-driven DCM) in high-latitude regions of the NWPO.

In summary, we observed overall comparable concentrations of total lipid biomarkers between the surface and DCM layers; and the vertical decrease of ΣPB to Chl a ratio is consistent with previous work on lipid biomarkers in other oceanic regions such as the South Pacific Gyre (Tolosa et al., 2008). Our results further support the use of lipid biomarkers as a proxy for the vertical distributions of phytoplankton biomass, and the biomarker/Chl a ratio change with depth has important implications for ecological and biogeochemical studies. For example, a low availability of dietary sterols has been observed to constrain zooplankton growth and reproduction (Martin-Creuzburg and Elert, 2009; Peltomaa et al., 2017), and thus dietary sterol deficiency may potentially reduce carbon transfer efficiency in food webs and subsequently lower the production of high trophic levels. Therefore, our results on sterols and alkenones will provide an important basis for investigations on food web dynamics and the biological carbon pump in the NWPO.



Controlling Mechanisms of Phytoplankton Biomass and Community Structure as Revealed by Lipid Biomarkers

As mentioned above, lipid biomarker results clearly reveal the spatial distribution of phytoplankton biomass and community structure in the NWPO in summer. Furthermore, significant correlations between lipid biomarkers and hydrological (and nutrient) parameters (Table 1) show that the concentrations and distributions of lipid biomarkers were strongly associated with the chemical and physical characteristics of different water masses, throughout the Kuroshio-Oyashio region (Supplementary Figure S5). Thus, our results provide the biomarker data and environmental parameters to evaluate the mechanisms controlling phytoplankton biomass and community structure in this oceanographically diverse region.


Phytoplankton Biomass

In the Oyashio region, blooms are an annual spring-time phenomenon, and primary production and phytoplankton abundance in summer are higher than other regions in the western subarctic Pacific Ocean (Saito et al., 2002; Liu et al., 2004; Hayakawa et al., 2008). Indeed, nutrient concentrations in the Oyashio region were the highest in the region, with the concentrations of DIN (5.78–19.93 μmol L−1; at the surface and DCM layers), DIP (0.86–1.85 μmol L−1) and Si (2.5–31.4 μmol L−1) well above the threshold for limiting phytoplankton growth (DIN = 1.0 μmol L−1, DIP = 0.1 μmol L−1, Si = 2 μmol L−1, respectively; Fisher et al., 1992). Thus, the high ΣPB in the Oyashio region in summer (Figures 3D, 5 and Supplementary Table S1) reflected sufficient nutrient supply for phytoplankton growth in this area. Within the Oyashio region, a notable phenomenon was observed at station TR16 (47°N and 160°E) near the Kuril island chain (Supplementary Figure S1), characterized by high surface concentrations of ΣPB (Figure 3D). A plausible explanation is an abundance of iron (as reviewed by Nishioka et al. (2021)). Dissolved Fe originating from the Sea of Okhotsk is transported into the NWPO through intermediate water (Nishioka et al., 2013). The ratio of dissolved Fe to DIN (nitrate plus nitrite) in the intermediate water decreases east of 155°E in the subarctic Pacific, and the Kuril island chain is a hot spot for nutrient being upwelled from intermediate to surface waters (Nishioka et al., 2020). High availability of both dissolved Fe and macronutrients may therefore be responsible for the high phytoplankton biomass (as ΣPB) west of the Oyashio region.

Conversely in the region directly influenced by the Kuroshio Current, nutrient concentrations are quite low throughout the year, resulting in low phytoplankton biomass (Guo, 1991; Longhurst, 2007). Similar results were observed in our study, with low DIN (0.01–1.98 μmol L−1; at the surface and DCM layers) and DIP (0–0.14 μmol L−1) concentrations, and the lowest ΣPB of the study area found in the Kuroshio region during summer (Figures 2C, D, 3D, 5) reflecting low productivity. ΣPB concentrations in the Tsushima region were about twice that in the Kuroshio region at the surface and DCM layers (Figures 3D, 5), but surface salinity was markedly low (≤ 34 PSU; Figure 2B). This is likely a result of the mixing of Kuroshio water with eutrophic shelf waters (containing nutrients from the Changjiang Dilute Water) enhancing nutrient availability and phytoplankton biomass in the Tsushima region in summer, consistent with previous findings from physical-biogeochemical models (Liu et al., 2010), pigments (Gong et al., 2003; Kim et al., 2009; Wang et al., 2014) and lipid biomarkers (Bi et al., 2018).

Similarly, higher ΣPB concentrations at the surface and DCM layers in the mixed water region (Figures 3D, 5) indicated higher phytoplankton abundance and biomass than south of the KE, likely a result of the KE merging with the eutrophic Oyashio water from the north. This feature was also revealed by phytoplankton enumerations and Chl a (Wang et al., 2021). We found that nutrient concentrations strongly increased from the surface to the DCM layers in the mixed water region, with a more muted difference in most of the rest of the study area (Supplementary Table S1). A clear indication of nutrient upwelling at 35°N along the d section supports this conclusion (Supplementary Figure S6). The interaction between the KE and Oyashio can stimulate the formation of eddies and fronts (Yasuda, 2003; Itoh and Yasuda, 2010), potentially affecting biological production through vertical mixing of nutrients from the subsurface to the euphotic zone (Kimura et al., 2000; Uchiyama et al., 2017). Our results thus provide biomarker evidence that the interactions between Oyashio water and Kuroshio water accompanied by the upward transport of nutrients were the primary mechanism fueling higher phytoplankton biomass in the mixed water region.

It should be noted that we observed a negative effect of temperature on phytoplankton biomass (i.e., ΣPB; Table 1). Although temperature plays an important role in phytoplankton metabolic rates and subsequently photosynthesis and primary productivity (Davison, 1991; Gillooly et al., 2001; Yvon-Durocher et al., 2010), temperature may indirectly affect nutrient availability through physical mixing (Lewandowska et al., 2014). Indeed, we observed that VSI had a positive correlation with temperature (p < 0.001) and negative correlations with nutrients (DIN, DIP and Si; p < 0.05), implying that temperature-induced stratification hindered the vertical supply of nutrients to the surface. The cruises in our study were conducted in summer in mid- and low-latitude areas making temperature an unlikely direct factor controlling phytoplankton production; but in colder seasons, particularly in high-latitude regions where low temperatures might limit phytoplankton growth, there could be positive effects of increasing temperature on phytoplankton production (Feng et al., 2021).



Phytoplankton Community Structure

As a proxy for the diatom contribution to the community of primary eukaryotic phytoplankton groups in the NWPO (diatoms, dinoflagellates, haptophytes), the B/ΣPB ratio was positively correlated with nutrients and negatively correlated with temperature over the entire study area (Table 1). It was the highest in the productive and nutrient-rich Oyashio region (> 90%; Figure 4A), consistent with previous findings of high diatom abundances during summer based on cell counts (Lin et al., 2020). Diatoms are known to outcompete other phytoplankton groups in eutrophic settings with low temperature and high turbulence due to their high maximum carbon-specific nutrient uptake rates and abundant storage vacuoles (Margalef, 1978; Litchman and Klausmeier, 2008; Edwards et al., 2012; Bi et al., 2021).

Conversely, dinoflagellate abundances inferred from the dinosterol (D) to ΣPB ratio were negatively correlated with nutrients and positively correlated with temperature over the whole study area (Table 1). The highest D/ΣPB ratio (29%) occurred in surface waters of the Tsushima region, which were slightly higher than in the Kuroshio region (Figures 4B, 5). In the mixed water region, the D/ΣPB ratio was 4–9% lower than in the Kuroshio region at the surface and DCM layers (Figure 5). This is consistent with the observation that dinoflagellates tend to prevail in stratified waters where phosphorous concentrations are low (Margalef, 1978; Lin et al., 2016; Xiao et al., 2018), due to their vertical migration capabilities, and ability to utilize dissolved organic phosphorus and nitrogen (Stoecker, 1999; Huang et al., 2005; Lin et al., 2016). Indeed, P deficiency was more extreme in the Tsushima region in summer where DIP was below the detection limit at most stations due to mixing of Kuroshio water with shelf water (high N:P ratios up to 195 mol mol−1; Figure 2D and Supplementary Table S1; Wang et al., 2003). P deficiency was less extreme in the mixed water region where Kuroshio water mixes with Oyashio water and/or upward subsurface water with high P concentration (Figure 2D and Supplementary Figure S6H). As a result, the proportion of dinoflagellates, as revealed by D/ΣPB, was highest in the Tsushima region and relatively low in the mixed water region.

The proportion of C37 alkenones relative to the three phytoplankton lipids (A/ΣPB) indicates that haptophyte abundances were proportionally high in the Tsushima and mixed water regions (Figures 4C, 5), consistent with haptophytes being more adaptive to oligotrophic conditions compared to the diatoms (Baumann et al., 2005; Winder and Sommer, 2012). Non-significant correlations between A/ΣPB and nutrients (Table 1) are potentially attributed to the weaker competitiveness of haptophytes compared to flagellates in oligotrophic environments, as the mobility makes lower frequency of nutrient limitation on flagellates (Sommer, 1989). In addition, the mixed water region characterized by the occurrence of cold-core rings and fronts may also potentially explain the increase of haptophytes (Yasuda, 2003; Itoh and Yasuda, 2010). The most common haptophytes in this region are Emiliania huxleyi and Gephyrocapsa oceanica (Hattori et al., 2004; Hagino et al., 2005), which occur in abundance near other oceanic fronts such as those in the South Atlantic Ocean (Eynaud et al., 1999), the Northern Indian Ocean and the Red Sea (Kleijne et al., 1989), and the Benguela Current region south of Africa (Mitchell-Innes and Winter, 1987). The high proportion of haptophytes in the mixed water region in our study may therefore be attributed to mixing processes associated with nutrient mitigation, frontal systems where eutrophic Oyashio water mixes with Kuroshio water.

Our lipid biomarker results suggest that the phytoplankton community structure remained broadly similar between the surface and DCM layers in the Oyashio region, while clear differences occurred in the other three regions where higher B/ΣPB at the DCM layers and higher D/ΣPB and A/ΣPB at the surface layers occurred (Figure 5). It is hypothesized that ample nutrients in the euphotic zone promoted phytoplankton growth in the eutrophic Oyashio region where productivity was likely to be limited by light, and the DCM was shallow (Supplementary Figure S3Q). Similar results have been found in the ECS, where the summer phytoplankton community varied little with depth (B/ΣPB: 81% at the surface layers and 83% at the DCM layers; Wang et al., 2019). In the oligotrophic Kuroshio, Tsushima and mixed water regions, strong vertical stratification (Supplementary Figure S2B) and consequent nutrient limitation in surface waters was accompanied by a deep DCM layer (Supplementary Figures S3J–Q) where diatoms were abundant owing to more efficient response to increased nutrient concentrations (Revelante and Gilmartin, 1995). Since diatoms are among the largest phytoplankton their prevalence in the DCM is likely to increase the efficiency of the biological pump, leading to greater sequestration of carbon in the mesopelagic ocean and in sediments, even in the oligotrophic Kuroshio region (Gomi et al., 2010; Tripathy et al., 2015; Tréguer et al., 2018). Further work in combination with in situ light availability (i.e., photosynthetically active radiation (PAR)) would help to better constrain the mechanisms of phytoplankton variations in surface and DCM layers.

In summary, our results show that spatial distribution patterns and correlations with hydrographic conditions and nutrients were clearly different between brassicasterol/epi-brassicasterol, dinosterol and C37 alkenones, implying niche differentiations between diatoms, dinoflagellates, and haptophytes in the NWPO. The characteristics of dominant phytoplankton groups have important effects on sinking rates and carbon fluxes to the mesopelagic ocean. A phytoplankton community dominated by dinoflagellates is more likely to be decomposed in the water column, while a diatom-dominated community is more efficient at transferring carbon into the ocean interior and to sediments (Passow, 1991; Guo et al., 2016). Our lipid biomarker analysis provides strong support for the predominance of diatoms and high phytoplankton biomass in the Oyashio region that contribute to among the highest biological utilization rates of surface water CO2 and strongest carbon sinks in the world’s oceans (Takahashi et al., 2002; Isada et al., 2009; Fassbender et al., 2017).





Conclusions

This study illustrates for the first time the spatial distributions of lipid biomarkers and their likely controlling mechanisms in a large area of the NWPO in summer. Overall, the concentrations of total lipid biomarkers were comparable between the surface and DCM layers. Importantly, the ΣPB to Chl a ratio at the surface layers was higher than the DCM layers, which is consistent with previous findings and indicates that lipid biomarkers can be applied as a proxy for the vertical distribution patterns of phytoplankton biomass in the NWPO.

Water masses with different nutrient concentrations strongly controlled the variations of lipid biomarkers in our study area. In the eutrophic Oyashio region, sufficient nutrients led to high biomass and the dominance of diatoms, indicating a biological hot spot of this area for global carbon cycling. In contract, phytoplankton biomass was very low in the oligotrophic Kuroshio region, where the proportions of haptophytes and dinoflagellates markedly increased. The interplay between the Kuroshio and eutrophic Oyashio water enhanced nutrient availability and consequently stimulated high biomass and the proportion of haptophytes. Dinoflagellates tended to prevail in Tsushima region, owing to the increased N:P ratios accompanied by the mixing of Kuroshio with shelf water. Furthermore, sufficient nutrients and low light determined similar phytoplankton communities between the surface and the shallow DCM layers in the Oyashio region, while nutrient deficiency with a deep DCM caused clearly different phytoplankton communities between the two layers outside the Oyashio region, i.e., higher diatom proportions at the DCM layers but higher dinoflagellate and haptophyte proportions at the surface. It highlights the utility of vertical profiles of lipid biomarkers in ecological and biogeochemical studies, especially in hot spots of carbon cycling such as the NWPO. Our study further highlights the potential of lipid biomarker profiles (sterols and alkenones) to elucidate ecosystem functioning and carbon sequestration in the NWPO and elsewhere since these analyses are less cumbersome and potentially more quantitative than cell counts, flow cytometry, and other phytoplankton enumeration techniques. If continued global warming shifts the Pacific polar front northward, it would likely result in decreased phytoplankton productivity and a diminished carbon sink in the Oyahsio region.
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We studied seasonal variations of the mesozooplankton swimmer community collected by a sediment trap moored at 873 m in the Kuroshio–Oyashio Transition region off the east coast of Japan from 5 August 2011 to 23 June 2013, with sampling bottles rotating at 26-day intervals. The total flux of mesozooplankton swimmers varied between 0 and 11.1 individuals m–2 d–1, with a mean of 3.1 individuals m–2 d–1 during the sampling period. In total, 89 taxa were found in the trap material, of which copepods comprised 87.1% of all swimmers on average. Among the Copepoda, Neocalanus cristatus was the most dominant taxon (76.2% of copepods on average during the sampling period), and all of them were stage C5 copepodite to adult. The species composition of the swimmers closely reflected the mesopelagic mesozooplankton of the Oyashio region. Because all N. cristatus observed in the trap were stage C5 to adult, its flux represents a time series of variations in life history and response to environmental changes at the depth of the sediment trap. The fluxes of Neocalanus species (N. cristatus, N. flemingeri, and N. plumchrus) reflected ontogenetic vertical migration, but may have been overestimates of active fluxes if they included dormant individuals that accidentally entered the sediment trap. The apparent active carbon flux of Neocalanus species ranged from 0 to 22.3 mg C m–2 d–1 during the sampling period, with a mean value of 4.9 mg C m–2 d–1.




Keywords: swimmer, Copepoda, ontogenetic vertical migration, sediment trap, Kuroshio–Oyashio transition region



Introduction

In the western North Pacific Ocean, the sea around Japan is roughly divided into north and south by the Kuroshio Front (around 35°N in the sea around Japan), which is caused by the Kuroshio Extension, a current that continues eastward from the Kuroshio Current south of the Japanese Islands (Figure 1). In addition, there is the subarctic front around 40°N at 50–200 m depth, which is caused by subarctic circulation represented by the Oyashio Current (Kawai, 1972). The subtropical region is south of the Kuroshio Front, and the subarctic region is north of the subarctic front (Kawai, 1972). The area between the Kuroshio Front and the Subarctic Front is called the Kuroshio–Oyashio Transition region, where subtropical and subarctic waters mix. The cold, dense Oyashio Current moving southward reaches the Japanese coast in spring and early summer, submerges into the transition region at 300–500 m depth, and forms North Pacific Intermediate Water (Yasuda et al., 1996; Yasuda, 1997; Yasuda, 2003). The North Pacific Intermediate Water circulates in the ocean interior along the Subtropical Gyre and extends to depths of 300–800 m in the mid-latitudes of the North Pacific (Reid, 1965; Talley, 1993).




Figure 1 | Map of the study area. The solid circles represent the location of the sediment-trap mooring at station FS1. The solid arrows represent surface currents. The dotted arrow represents submerged flow.



The Kuroshio–Oyashio Transition region is an important foraging area for many pelagic fishes and is important for fishery production, because many species visit the area from early summer to autumn (Noto and Yasuda, 1999; Tian et al., 2004). Fluctuations in mesozooplankton abundance and catches of Pacific saury are suggested to be synchronized in the transition region (Odate, 1994; Sugisaki and Kurita, 2004). Thus, it is important to monitor the time-series variation of mesozooplankton, the food of small pelagic fish, in the transition region. In addition, mesozooplankton can play a crucial role in vertical material export within the pelagic food web via ontogenetic vertical migration (active flux) and sinking carcasses and fecal pellets (passive flux) (Steinberg et al., 2001; Kobari et al., 2003). Among these roles, the contribution of ontogenetic vertical migration of mesozooplankton to carbon sequestration in the deep ocean is thought to be important (Boyd et al., 2019). However, it is difficult to observe vertical distributions of mesozooplankton, even at one-month intervals, by water sampling and/or net collection from ships, and studies showing time-series variations in marine ecosystem structure at a monthly scale are rare (Tsuda et al., 2004; Shoden et al., 2005).

The analysis of swimmers in samples collected by time-series sediment traps deployed in the shallow layer (<250-m depth), where mesozooplankton abundance is high and swimmers are collected in large numbers, has received much attention, even in recent years (Willis et al., 2008; Makabe et al., 2016; Tokuhiro et al., 2019). Swimmers are living mesozooplankton that are thought to actively enter sediment-trap collection bottles and augment the trap contents, and they have been traditionally separated from the sinking particles collected in most sediment-trap studies (Steinberg et al., 1998; Ikenoue et al., 2019). Swimmers in sediment-trap samples can be used to analyze seasonal variability of mesozooplankton at continuous intervals over time, albeit qualitatively, at fixed depths in inaccessible ocean (or pelagic) areas (Makabe et al., 2010; Matsuno et al., 2014). However, few studies have analyzed the time-series variability of swimmers in the open ocean of the western North Pacific (Ohashi et al., 2011; Yokoi et al., 2018; Amei et al., 2020), and this is the first to analyze those in the hemipelagic waters around Japan.

In this study, we used time-series sediment traps moored in the Kuroshio–Oyashio Transition region to reveal the temporal variation of mesozooplankton swimmers in the samples. We focused on Neocalanus cristatus, a large copepod that is outstanding in terms of both population and biomass among mesozooplankton in the subarctic region. We also examined the usefulness of swimmers collected in deep traps for ecological and biogeochemical studies and estimated the amount of carbon export by ontogenetic vertical migration of Neocalanus species (N. cristatus, N. flemingeri, and N. plumchrus).



Materials and Methods


Field Sampling

A bottom-tethered time-series sediment-trap mooring was deployed at station FS1 in the Kuroshio–Oyashio Transition region (37°20.1′N, 142°10.0′E; seafloor depth, 992 m) (Figure 1). The sediment trap (SMD6000-13W, NiGK; aperture area, 0.5 m2) was installed at 873-m depth (119 m above the bottom) and collected samples with sampling bottles that rotated at consecutive intervals of 26 d from 5 August 2011 to 23 June 2013. Because of replacement of the mooring array, sampling was interrupted from 8–20 July 2012. The sampling bottles of the sediment trap were filled with a 5% formalin neutral buffer solution with salinity controlled at 38‰ to prevent biological degradation of collected material. The sea surface temperature (SST) around station FS1 from National Oceanic and Atmospheric Administration (NOAA) local area coverage data (multi-channel sea surface temperature, MCSST) was obtained from the Agriculture, Forestry and Fisheries Research Information Center, Tsukuba, Japan (http://rms1.agsearch.agropedia.affrc.go.jp/sidab/index-ja.html. Accessed 10 April 2014). The sea surface chlorophyll-a concentration data were obtained from MODIS-Aqua from the National Aeronautics and Space Administration (NASA) Ocean Color website (https://oceancolor.gsfc.nasa.gov. Accessed 17 Feburuary 2021), and the daily averaged values of chlorophyll-a concentration for an area 27 km square centered at station FS1 were calculated. The winter monsoon index was obtained from the Japan Meteorological Agency website (https://www.data.jma.go.jp/kaiyou/data/db/obs/knowledge/stmw/moi.txt. Accessed 22 January 2022).



Analysis of Mesozooplankton Swimmers

After recovery of the sediment trap, mesozooplankton swimmers were collected with tweezers from each sediment-trap sample. Identification and enumeration of mesozooplankton swimmers were made under a dissecting microscope. In this study, swimming mesozooplankton with no physical defects due to decay or predation were defined as swimmers according to Ikenoue et al. (2019). Identification of mesozooplankton swimmers mainly followed Chihara and Murano (1997). Species identification of copepods mainly followed Brodsky (1967) and Miller (1988) for Neocalanus spp. The mesozooplankton swimmers were divided into six groups by habitat according to Chihara and Murano (1997): Oyashio species (cold water), Kuroshio–Oyashio Transition species, Kuroshio species (warm water), mesopelagic species, benthic species, and others. For species with high biomass, such as Neocalanus and Eucalanus species, we counted them by copepodite stage. For other species, such as Gaetanus species, it was difficult to identify each copepodite stage, so stages C1 to C5 were collectively categorized as C. Adult male, and female copepods were represented as M and F, respectively. Adult females of Neocalanus cristatus, the most dominant copepod species, were discriminated into two stages according to the criteria of Miller et al. (1984): Fnm (newly mature) and Fspw (spawning). The stage 5 copepodite of N. cristatus contains a large oil sac in the prosome. To evaluate the seasonal variation in lipid storage of the C5 stage, the oil sac length relative to prosome length (PL) was scored into three groups: C5a (oil sac length less than 4% of PL), C5b (4–40% of PL), and C5c (>40% of PL).

The ontogenetic vertical migration observed in copepods is expressed as active flux, whereas the total flux of swimmers is expressed as flux, since it is the total amount of mesozooplankton collected in the trap because of various mesozooplankton behaviors near the mooring depth of the sediment-trap. The flux of mesozooplankton swimmers (no. of individuals m–2 d–1) was calculated from the counted number of swimmers, the aperture area of the sediment trap (0.5 m2), and the sampling interval (days). The flux of Neocalanus species is expressed as the apparent active flux, taking into account the possible overestimation due to factors detailed in the discussion section below. The apparent active carbon flux of Neocalanus species (mg C m–2 d–1) was calculated based on their dry weight according to the growth stage (stage C5 to adult), the ratio of carbon to dry weight (45.4%) (Kobari et al., 2003), and the apparent active flux of Neocalanus species observed in this study.



Chemical Analysis of Sinking Particles

After the collection of “swimmers” described above, sediment-trap samples were collected on a pre-weighed 0.6-μm pore size membrane filter (Millipore Co.). Samples were rinsed with deionized water (>18.2 MΩ) during the filtration procedures and were dried under a vacuum at 60°C. After the dried samples were weighed to calculate the total mass flux, the sinking particles were crushed and powdered. Aliquots of powdered samples were used for chemical analysis. The powdered samples were used to analyze the bulk components (lithogenic matter, biogenic carbonate, biogenic opal, organic matter). Concentrations of lithogenic matter and biogenic carbonate were calculated from Al and Ca concentrations measured by ICP atomic emission spectrometry. Concentrations of biogenic opal were analyzed using a modified alkaline extraction method. The loss of ignition method was used to determine the organic-matter content. Details of the chemical analysis methods and bulk component data can be found in Otosaka et al. (2014). For analysis of organic carbon content, a portion of a dried sample was fumigated with concentrated hydrochloric acid for about 5 h and then placed in a vacuum desiccator for 24 h, followed by measurement of carbon content using an elemental analyzer (vario PYRO cube, Elementar, Germany).




Results


Hydrography

The SST at station FS1 exceeded 20°C from June to November in summer and autumn and decreased below 10°C in February and March in winter (Figure 2A). The sea surface chlorophyll-a concentration around station FS1 began to rise after the decrease of SST in winter, and peaks above 10 mg m–3 were observed at the end of April in 2012 and at the end of March in 2013 (Figure 2B). The winter monsoon index in 2012 (24.4) was higher than that in 2013 (21.7). The total mass flux of sinking particles was higher than 500 mg-dry m–2 d–1 during January–May 2012 and January–April 2013, and there were two maxima during each of these periods (Figure 2C). Similar seasonal changes were observed for biogenic-opal flux and organic-matter flux. Detailed results of the chemical components of sinking particles have been described by Otosaka et al. (2014).




Figure 2 | Seasonal variations at station FS1 of (A) sea surface temperature, (B) average surface chlorophyll-a concentration for a 27-km-square area centered at the station, (C) passive sinking particle total mass flux and flux of main components, and (D) flux of zooplankton swimmers. The line with open circles in (D) indicates the total flux of zooplankton swimmers, and the fill patterns indicate the percentages of the flux by taxon.





Mesozooplankton Swimmer Community

Eighty-nine taxa of swimmers were collected in the sediment trap during the sampling period. The total flux of mesozooplankton swimmers varied between 0 and 11.1 ind. m–2 d–1, with a mean value of 3.1 ind. m–2 d–1 during the sampling period (Figure 2D). The flux was higher than the mean value during August–November 2011, May 2012–January 2013, and May–June 2013, with minimum values observed in December 2011–March 2012 and February–March 2013 during winter. For December 2011–March 2012, there is no evidence of problems collecting sinking particles, and the fact that swimmers were not collected at all during this period is probably neither a sampling error nor an artificial error.

Among the higher order taxa, Copepoda was the most dominant taxon (87.1% of all swimmers on average during the sampling period), followed by Gastropoda (2.7%) and Euphausiacea (2.6%) (Figure 2D). In terms of zooplankton habitat, on average, cold water species belonging to the Oyashio Current accounted for 72% of total mesozooplankton swimmers during the sampling period, mesopelagic species for 9.6%, warm water species belonging to the Kuroshio Current for 6.1%, transition region species for 0.5%, benthic species for 0.4%, and others for 11.4% (Figure 3).




Figure 3 | Seasonal variations in the percentage composition by habitat group of zooplankton swimmers collected in a moored sediment trap at station FS1. The open circles indicate the total flux of zooplankton swimmers.





Copepod Community

Among the Copepoda, Neocalanus cristatus was the most dominant taxon (76.2% in the abundance of Copepoda on average during the sampling period), followed by Rhincalanus nasutus (4.6%), Neocalanus plumchrus (2.4%), and Eucalanus bungii (2.1%) (Supplementary Table S1). Most of the Copepoda occurred as stage C5 copepodite to adult. The flux of N. cristatus varied between 0 and 9.6 ind. m–2 d–1, with a mean value of 2.1 ind. m–2 d–1 during the sampling period (Figure 4). Their flux was higher than 2.0 ind. m–2 d–1 during August–September 2011, May–January 2012, and May–June 2013, with minimum values observed in winter. Neocalanus cristatus occurred as stage C5 copepodite to adult; stage C5c appeared from April to August, C5b throughout the year, and C5a from May to February. The adult M stage appeared mainly from May to August, Fspw mainly from August to December, and Fnm from March to April. The flux of R. nasutus showed no clear seasonality; fluxes of N. plumchrus and E. bungii showed generally similar seasonal changes as N. cristatus, but fluxes of E. bungii showed little increase during May–June 2013 (Supplementary Table S1).




Figure 4 | Seasonal variations in the flux and copepodite-stage composition of Neocalanus cristatus collected in a moored sediment trap at station FS1. The open circles indicate the total flux of N. cristatus. Fnm, female (newly mature); Fspw, female (spawning); M, male (adult); CVa, copepodite stage C5a (oil sac length less than 4% of prosome length [PL]); CVb, (4–40% of PL); CVc (>40% of PL).





Apparent Active Carbon Flux of Neocalanus Species

The apparent active carbon flux of Neocalanus species at station FS1 ranged from 0 to 22.3 mg C m–2 d–1 during the sampling period, with a mean value of 4.9 mg C m–2 d–1. Organic carbon fluxes by passive sinking particles at station FS1 varied from 4.5 to 61.1 mg C m–2 d–1, with a mean value of 20.3 mg C m–2 d–1 (Supplementary Table S2, Figure 5). The apparent active carbon flux of Neocalanus species was comparable to the passive organic carbon flux during ontogenetic vertical migration in spring and early summer, and in autumn when the proportion of adults increased, but the passive carbon flux was higher most of the time. Thus, the mean value of the apparent active carbon flux of Neocalanus species at station FS1 is 24% that of organic carbon flux by sinking particles.




Figure 5 | Seasonal variations of apparent active carbon flux of Neocalanus species and passive organic carbon flux by sinking particles at station FS1.






Discussion


Swimmers Collected in Deep Trap

On average, over 80% of the swimmers collected by the sediment trap at station FS1 were Oyashio species and mesopelagic species (Figure 3), indicating that the Oyashio water mass is more dominant than the Kuroshio at station FS1. The absence of any coastal species indicates that the zooplankton of this area are pelagic in nature (Figure 3). Although the Oyashio is a surface current, most of the Oyashio species observed in this study were Neocalanus species and Eucalanus bungii (Supplementary Table S1), which are known to be species that undergo ontogenetic vertical migration, descent from the surface to the mesopelagic layer (>200 m depth) for overwintering (Miller et al., 1984; Tsuda et al., 1999; Tsuda et al., 2001a; Tsuda et al., 2004). The Neocalanus species collected were all stage C5 to adult and are life history stages that inhabit the mesopelagic layer and never return to the surface after descent to the mesopelagic layer. Although E. bungii is also one of the major species in the Oyashio region (Tsuda et al., 2004), it was rarely collected in the sediment trap at station FS1, probably because of its life cycle, in which it returns to the surface to spawn and its preferred overwintering depth, which is shallower than the trap mooring depth. N. flemingeri and E. bungii prefer to overwinter at depths of 300–500 m due to ontogenetic vertical migration, whereas N. cristatus and N. plumchrus prefer to overwinter at depths greater than 500 m (Shimizu et al., 2009). Therefore, the smaller percentage of N. flemingeri and E. bungii in the flux in this study compared to N. cristatus and N. plumchrus is probably because their ontogenetic vertical migrations rarely reached the depth of the sediment trap. Rhincalanus nasutus, also rarely collected in the sediment trap, is a relatively common species in the Kuroshio Current and is known to be a species showing ontogenetic vertical migration, with adults inhabiting the mesopelagic depths (Shimode et al., 2012a). Other than R. nasutus, four Kuroshio species, Eucalanus californicus, Eucalanus hyalinus, Pleuromamma xiphias, and Paraeuchaeta elongate, were observed very rarely in the sediment trap (Supplementary Table S1). Of these, E. californicus and P. elongate have been reported to undergo ontogenetic vertical migration in their life cycles (Shimode et al., 2012b; Yamaguchi et al., 2019), but for E. hyalinus and P. xiphias, it is unknown so far whether they undergo ontogenetic vertical migration. Considering the mooring depth of the trap, it is possible that these four species also invaded the sediment trap by ontogenetic vertical migration.

It is noteworthy that the number of swimmers and the sinking particle flux showed opposite seasonal variation, which means that the change in the number of swimmers collected in the trap is not primarily a result of seasonal changes in shallow zooplankton abundance (which, like changes in sinking particle flux, depends in general on primary and secondary production in the surface layer), but rather a result of ontogenetic vertical migration. These facts suggest that the species composition of the mesozooplankton swimmers collected in the trap reflects variations in the species composition of mesozooplankton at the mooring depth of the trap. The fact that no swimmers were observed from December 2011 to March 2012, while fewer were observed during the same period in 2013, could be due to changes in hydrography, such as currents in the upper layer of the trap mooring depth, but the factors could not be clearly identified.



Seasonal Variation in Flux of Neocalanus cristatus

In the Oyashio (subarctic) region, water temperature, nutrients, phytoplankton density, and zooplankton density show large seasonal variations with the spring bloom (Saito et al., 2002). Increases in fluxes of organic matter and biogenic opal were observed at station FS1 from January to March and from April to June, suggesting production by siliceous-shelled plankton (e.g., diatoms, silicoflagellates, radiolaria and phaeodaria) and an associated increase in biogenic sinking particles during this period. The winter peak in biogenic sinking particles would be due to contributions from siliceous Rhizaria (radiolaria and phaeodaria) rather than silicious phytoplankton (e.g., diatoms or silicoflagellates) because it does not coincide with the increase in chlorophyll-a concentration (Figures 2B, C). On the other hand, the spring peak would be mainly derived from silicious phytoplankton because it coincides with the increase in chlorophyll-a concentration. The spring increase in chlorophyll-a concentration and sinking particles at station FS1 coincides with the general peak of chlorophyll-a concentrations in the Oyashio region (April–May; Saito et al., 2002).

The peak of the lithogenic-matter flux in February 2012 was about 2.3 times that in 2013 and is possibly weather-related. The winter monsoon index is expressed as the pressure difference between Irkutsk (east-central Russia) and Nemuro (Hokkaido, Japan); the stronger the index, the stronger the monsoon and the deeper the mixed layer (Hanawa et al., 1988). The winter monsoon index in 2012 was higher than that in 2013, so the enhanced 2012 monsoon and deeper mixed layer would have caused an increase in lithogenic-matter flux.

Neocalanus species have a lifespan of one or two years, growing in the surface layer during winter to early summer and migrating from the surface layer to the mesopelagic layer as they grow (Miller et al., 1984). Among Neocalanus species, N. cristatus ascends to the surface as stage C1 for feeding in January and migrates to the deeper layers as stage C5 in July–August in the Oyashio region (Tsuda et al., 2004). The period when the N. cristatus flux reaches a minimum coincides with the peak fluxes of organic matter and biogenic opal (Figures 2, 4). This means that N. cristatus was not collected in the deep sediment-trap at station FS1 during this period because it inhabits the surface layer as a copepodite in winter as in the Oyashio region (Tsuda et al., 2004). In addition, the following two observations point to the beginning of ontogenetic vertical migration in April–May: 1) the peak N. cristatus flux was observed in May 2013, and 2) a high percentage of this flux consisted first of stage C5c containing much oil, followed by an increase in stage C5a without oil, and spawning Fspw. It is unclear how spawning Fspws reached the sediment trap, but they might be precocious individuals. On the other hand, the appearance of stage C5c in the autumn of 2012 and the slight appearance of Fnm during the winter flux minimum may be related to the delayed ontogenetic vertical migration of individuals carried by the submerged Oyashio Current (August–December), which will be discussed in the next section.

The flux of stage C5 to adult N. cristatus began to increase in May–June, about two months earlier than its vertical migration in the Oyashio region (Figure 4). In the eastern North Pacific, N. plumchrus is known to grow faster in coastal waters where sea surface temperatures are higher than in the open ocean, and the timing of ontogenetic vertical migration near the coast is accelerated (Goldblatt et al., 1999; Mackas et al., 2007). In the Oyashio region, SST is below 5°C during winter (Saito et al., 2002), but at station FS1 in the transition region, SST rarely drops below 10°C, even in winter, and is warmer than in the Oyashio region (Figure 2A). Therefore, the earlier onset of ontogenetic vertical migration of N. cristatus in this study than in the Oyashio region may be related to the difference of SST between the two areas.

The earlier vertical migration of N. cristatus may also be related to the increase in winter food availability. Siliceous Rhizaria are reportedly a major component of the vertical flux in the eastern North Pacific along the North American coast (Gutierrez-Rodriguez et al., 2019). Although we did not perform microscopic examination of sinking particles in this study, siliceous Rhizaria may contribute to the increase in opal flux in sinking particles during winter when chlorophyll-a concentrations are low. Therefore, N. cristatus at station FS1, located in the transition region, might have fed not only on phytoplankton, which increases in spring, but also on siliceous Rhizaria and other zooplankton that increase during the same period in winter, resulting in faster growth at the surface than in Oyashio waters.

Previous studies of swimmers collected in mid-depth to deep-sea sediment traps have sometimes described new species by taking advantage of the frequency of collection at depths that are difficult to survey (Ivanenko et al., 2011). However, there are few examples of ecological studies using deep-trap swimmers (e.g., Gislason and Astthorsson, 1992; Kraft et al., 2011) because of the small number of organisms that can be collected compared to plankton net tows. In this study we used swimmer samples collected in the trap to clarify the relationship between flux variations and the life cycle of N. cristatus at the mooring depth of the trap. Therefore, the analysis of surface and mid- to deep-water swimmer samples from sediment traps at multiple depths could be used to study the ecology of species whose life cycles are still unknown.



Carbon Export Through Neocalanus Active Flux

There are several cases whereby swimmers are collected in sediment traps: passively sinking, actively moving downward, following a sinking prey, or falling in a straight line after contacting an obstacle (e.g., Alldredge, 1972; Gilmer, 1974). Therefore, depending on the behavioral pattern of a species, the flux may be underestimated or overestimated, and it is difficult to quantitatively assess the active flux by swimmers. It may however be possible to perform quantitative studies for specific species where the growth stage and life history of the specimens can be confirmed.

The Neocalanus species collected in this study were stage C5 to adult, and they were clearly collected either during the process of ontogenetic vertical migration or as dormant individuals drifting after migration. There are two sources for the Neocalanus populations appearing in the sediment-trap samples: one is the population that migrates southward with the Oyashio Current during surface development and then undergoes ontogenetic vertical migration; the other is the population undergoing ontogenetic vertical migration and dormancy that is transported to the transition region by the submerged Oyashio flow (Kobari et al., 2008). The submerged Oyashio flow in the transition region reaches 400-m depth in November–December (Kobari et al., 2008). Therefore, of these Neocalanus populations, only individuals that were collected through ontogenetic vertical migration and those that were dormant near the sediment-trap depth after migration and were collected incidentally during their residence reached the sediment trap at station FS1.

It is difficult to determine whether individuals were transported by the submerged Oyashio flow or not, but, considering the time of arrival of the flow, those transported by the flow were probably collected in the sediment trap later than those during ontogenetic vertical migration in spring. Because of the residence time of dormant individuals after migration, the flux of dormant individuals per sampling period cannot be regarded as an accurate active flux. Therefore, in this study, assuming that Neocalanus species do not avoid the sediment-trap structure during their migration, the flux of Neocalanus species is expressed as the apparent active flux, taking into account the possible overestimation due to the entry of dormant individuals into the sediment trap.

The mean value of the apparent active carbon flux of Neocalanus species at station FS1 is 42–175% of the range of 2.8–11.7 mg C m–2 d–1 for organic carbon in the sinking particle flux of the North Pacific open ocean at water depths of around 1000 m, as reported by Honda et al. (2002). Note that for convenience, many studies, including that by Honda et al. (2002), have treated the fractions of sediment-trap samples larger than 1 mm as swimmers and fractions smaller than 1 mm as passive sinking particles. Therefore, the values for passive organic carbon fluxes reported by Honda et al. (2002) may be overestimates if the <1-mm fraction included active fluxes. On the other hand, if they do not include passive sinking particles in the >1-mm fraction as reported by Ikenoue et al. (2019), the passive organic carbon fluxes would have been underestimated. The possible active flux in the <1-mm fraction is due to oncaeid copepods. They are widely distributed in the world ocean with an adult body length of 0.2–1.6 mm, and they have a tendency to attach to large sinking particles while swimming in the water column (Alldredge, 1972). At a depth of 1000 m in the western North Pacific, passive sinking particles >1 mm account for an average of 12% of the passive organic carbon fluxes and cannot be ignored (Ikenoue et al., 2019). In this study, we did not use a 1-mm sieve, but rather picked out swimmers from the bulk sediment-trap samples using tweezers, so the passive-sinking-particle fraction at station FS1 includes passive sinking particles >1 mm.

Among the Copepoda collected in this study, the three Neocalanus species, Eucalanus bungii and Rhincalanus nasutus, which undergo ontogenetic vertical migration during their life histories, are all larger than 1 mm in body size from stage C5 to adult (Bradford-Grieve,1994; Tsuda et al., 2001b; Shimode et al., 2012a). There were no copepod species smaller than 1 mm in our swimmer samples. Therefore, we assumed that the active flux in particles <1 mm was negligible at station FS1. However, the method used in this study to pick out only the swimmers with tweezers makes it difficult to divide the passive sinking particles evenly with a rotary splitter (e.g., wet sample divider WSD-10; McLane, East Falmouth, Massachusetts, USA) when the sediment sample includes many passively sinking particles >1 mm. Furthermore, if the <1-mm fraction includes a large number of swimmers, it is difficult to remove them from the bulk sediment-trap sample. Therefore, it would be more efficient to follow the conventional method using a 1-mm stainless-steel sieve together with tweezers to pick out the swimmers. In other words, after sieving, for the <1mm fraction, the residue after removing small swimmers with tweezers should be treated as <1mm passive sinking particles, and for the >1mm fraction, the residue after removing large swimmers with tweezers (e.g., large detrital particles or aggregates) should be treated as >1mm passive sinking particles. Accurate separation of swimmers and passive sinking particles is very important to correctly evaluate passive sinking particle fluxes, and separation methods should continue to be devised according to sample composition and inter-compared with previous studies (Buesseler et al., 2007).The apparent annual active carbon flux of Neocalanus species in the transition region at station FS1 was 1.8 g C m–2 yr–1, which is 36% of the value of 5.0 g C m–2 yr–1 reported by Kobari et al. (2003) for 1000-m depth in the Oyashio region. Because the abundance of Copepoda decreases with increasing distance south of the Oyashio region (Omori, 1967; Omori and Tanaka, 1967), it is reasonable that the apparent active carbon flux of Neocalanus species in this study is lower than that of Kobari et al. (2003) for the Oyashio region. On the other hand, the value of Kobari et al. (2003) may be overestimated because it was calculated assuming that the entire Neocalanus population descended from the surface to 1000-m depth. Therefore, the difference between the two areas may be smaller than that estimated in this study.

Estimating the irreversible carbon sequestration of active fluxes into the deep ocean is important for understanding the biologically mediated ocean carbon cycle (Boyd et al., 2019). In the Oyashio region, 14% of the Neocalanus active flux returns to the surface as eggs in winter and spring (Kobari et al., 2003). Thus, 86% of the Neocalanus active flux is sequestered in the deep ocean. Applying this ratio from the Oyashio region to the present study, we estimate that 1.6 g C m–2 yr–1 of organic carbon would be irreversibly sequestered by the active flux of Neocalanus species around station FS1. If Neocalanus species avoid sediment-trap structures during ontogenetic vertical migration, then this may be an underestimate of the active flux of Neocalanus. It would therefore be necessary to observe Neocalanus species’ behavior using a deep-sea camera and acoustic Doppler current profiler (ADCP) at the mooring depth of the trap to properly evaluate the active flux of Neocalanus using a deep sediment-trap (De Leo et al., 2018).




Concluding Remarks

We investigated the flux variations of N. cristatus at different copepodite stages collected in a deep sediment trap in the Kuroshio–Oyashio Transition region. The flux variations represent a time series of stages during the life history of N. cristatus at the sediment-trap depth and its response to environmental changes. The study of swimmer fluxes collected in sediment traps at multiple depths could provide a qualitative but higher-resolution view of the time series variation of zooplankton with unknown life histories. On the other hand, it is currently difficult to guarantee the accuracy of the estimated swimmer flux. Although we attempted to quantify the active flux of Neocalanus species, we could not distinguish between individuals collected in the sediment trap during ontogenetic vertical migration and those collected by chance during dormancy. Therefore, we may have overestimated the true active flux. To ensure the accurate quantification of the flux of Neocalanus species collected by sediment traps, it is necessary to conduct supplementary surveys on their vertical distribution in the study area using plankton nets, as well as develop methods to observe their behavior near sediment traps using video imagery combined with ADCP backscatter time-series data and to identify dormant individuals.
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Dissolved organic carbon (DOC) in the ocean is one of the largest reduced and exchangeable organic carbon pools on Earth and plays important roles in carbon cycling and biogeochemical processes in the ocean. Here, we report the concentrations and distributions of DOC in water samples collected along a meridional transect in the western North Pacific (NP) Ocean in November 2019. Concentrations of DOC ranged from 33-102 μM, were higher in surface water, decreased rapidly with depth to 1,000 m, and then remained relatively constant. The labile fraction of DOC accounted for 20-40% of the surface bulk DOC and was respired very rapidly in the upper 200 m depth. The semi-labile fraction of DOC accounted for 15-20% of the surface bulk DOC and was exported downward and turned over at water depths of 200-2,000 m. The formation of NP Intermediate Water (NPIW) in the Kuroshio Extension (KE) region is a major process carrying some surface semi-labile DOC down. The Low concentrations of DOC (33-44 μM) were present in the entire water column below 1,000 m along the transect in the NP. Primary production and microbial consumption played major roles in the concentration and distribution of DOC in the euphotic zone, and hydrodynamic mixing and circulation of different water masses appear to be dominant factors controlling the distribution and dynamics of DOC in the deep water of the western NP.




Keywords: ocean carbon cycle, dissolved organic carbon, Western North Pacific Ocean, Kuroshio Extension, North Pacific Intermediate Water



Introduction

Dissolved organic carbon (DOC) in the ocean, which amounts to ~ 680 Pg C, is one of the Earth’s greatest reservoirs of bioactive and exchangeable carbon, comparable in volume to atmospheric CO2 (Hansell et al., 2009; Carlson and Hansell, 2015). Although the pool size of DOC is only ~2% of the dissolved inorganic carbon (DIC, 38,000 Pg C) in the ocean, its sources, production, removal, and cycling are more complicated than those of DIC and play more crucial roles in biological and biogeochemical processes in the ocean (Lee and Wakeham, 1988; Hansell and Carlson, 2013; Carlson and Hansell, 2015; Repeta, 2015; Druffel et al., 2019). In the last three decades, analytical methods have been developed and improved, and in particular, a high-precision high-temperature catalytic oxidation (HTCO) technique has been introduced that has supplied quantitative and detailed oceanic DOC distributions in the global ocean (Sharp et al., 1995; Sharp et al., 2002; Hansell et al., 2009; Carlson et al., 2010; Hansell and Orellana, 2021). The information gathered through international collaborations led to a better understanding of the roles of DOC in ocean biogeochemistry and carbon cycling (Sharp et al., 1995; Sharp et al., 2002; Hansell et al., 2009; Carlson et al., 2010; Druffel et al., 2016; Druffel et al., 2019).

The majority of DOC in the ocean is produced biologically by autotrophic plankton in the ocean’s euphotic zone. After its production, the distribution of DOC is modulated rapidly by microbial degradation and physical processes such as the hydrographical structure and horizontal and vertical water mixing (Doval and Hansell, 2000; Hansell and Carlson, 2001; Carlson et al., 2010; Fontela et al., 2016). In the open oceans, concentrations of DOC usually present a strong vertical gradient, found at relatively high levels (70-90 μM) in the surface layer and rapidly decreasing down to extremely low levels (34-40 μM) at deep water depths (>1,000 m) (Carlson and Hansell, 2015; Druffel et al., 2016; Ding et al., 2019; Shan et al., 2020). The bulk DOC pool comprises countless compounds (Lee and Wakeham, 1988; Kujawinski, 2011; Repeta, 2015; Shen and Benner, 2020) that exhibit different reactivities and turnover times (Hansell and Carlson, 2013; Shen and Benner, 2020) and is operationally resolved into at least three fractions, i.e., the most biologically labile fraction of DOC (LDOC), biologically refractory DOC (RDOC) and material of intermediate lability or semi-lability (SLDOC). LDOC with rapid turnover accounts for less than 1% of the DOC in seawater. More than 90% of the DOC in seawater exists as RDOC (Hansell et al., 2009) that survives multiple meridional overturning cycles, with average 14C ages of up to 6,000 years (Williams and Druffel, 1987; Bauer et al., 1992; Druffel et al., 2019; Druffel et al., 2021).

Hydrodynamic processes are important factors in the distribution and dynamics of DOC in the western North Pacific (NP) Ocean and are influenced by major oceanic western boundary currents, including the Kuroshio Current, the Oyashio Current, and the Kuroshio Extension Current (KE) formed by the mixture of these two currents (Figure 1A). However, few observations during the World Ocean Circulation Experiments (WOCE) and the Climate Variability Predictability (CLIVAR) cruises have focused on the distribution of DOC in the western NP Ocean. The only available data on DOC in the western NP Ocean were obtained during these two observation cruises at the P02 longitudinal transect (30°N). In a recent study, we reported the concentrations and distributions of DOC at nine stations in the KE region of the NP in May 2015 and revealed that the concentrations of DOC were significantly lower (54-63 μM) in the surface waters of the KE than in other areas (Ding et al., 2019). The DOC distribution in the KE region appeared to be controlled largely by the hydrodynamic mixing of different water masses rather than biological processes and was estimated to account for 8%–20% of the shaping of the DOC distribution in the KE region (Ding et al., 2019).




Figure 1 | (A) Map of the study region plotted using Ocean Data View (ODV, Schlitzer, 2015) and the sampling transect stations of line P1 (red dots) in the northwestern North Pacific in November 2019. (B) Plot of sampling depth at the sampling transect stations of line P1. Seawater samples were collected for the full water depth at 7 stations (blue dots) and for only the upper 2,000 m at 19 stations (yellow dots).



Although the western NP Ocean, as a terminus of deep water circulation in global oceans and a region of high biological activity, is of interest in terms of the carbon cycle, data resolution remains spatially and temporally too sparse to resolve the details of the distribution and dynamics of DOC. In this work, we report the distribution of DOC and its influencing factors along a meridional transect (Figure 1B, Transect P1, 13°N-40°N, 150°E) in the western NP Ocean. This is the first data set of this large size of DOC concentration and distributions presented along a north-south transect in the western NP Ocean obtained in the recent 20 years. We focus on the North Pacific Intermediate Water (NPIW) formation area as well as the KE to evaluate for DOC dynamics and to estimate the liability of different DOC fractions in the whole water column in this region. These new results combined with other chemical and hydrological data provide useful information not only on the DOC distribution and dynamics as influenced by biological processes, water exchange and circulation patterns in the western NP, but also for the carbon cycle as a whole in the global oceans.



Materials and Methods


Study Areas

The western NP Ocean is a highly dynamic region that is largely influenced by western boundary currents, such as the Kuroshio and Oyashio Currents. The largest CO2 flux into the NP Ocean was found in and around the Kuroshio Current and its extension into the North Pacific transition zone (NPTZ) (Takahashi et al., 2002; Takahashi et al., 2009). The Kuroshio transports warm, saline, and oligotrophic waters of the subtropical gyre north and flows eastward at the south coast of Japan toward the open Pacific Ocean, where it is known as the KE. The Oyashio carries low temperature, low salinity, and high nutrient water south from subarctic regions. At approximately 34°N-37°N, the Oyashio front meets the KE Current and forms the Kuroshio-Oyashio interfrontal zone (Yasuda et al., 1996; Yasuda, 2004; Qiu and Chen, 2011; Hu et al., 2015). The KE is the most dynamic region that changes spatially and seasonally in the NP with respect to sea surface height, eddy activity, and sea surface temperature (SST), and it is the region where the most heat is lost from the ocean to the atmosphere (Qiu and Chen, 2011). The confluence of different oceanographic processes and the formation of eddies cause turbulence and transport of nutrients from deeper waters, fueling more phytoplankton blooms (Isada et al., 2009; Shiozaki et al., 2014).

The NPIW is a water mass characterized by a low salinity (as low as 33.8) and low oxygen (50–150 μM) at a potential density range of 26.6–27.4σ0 in the Pacific subtropical gyre (Talley et al., 1995; Tsunogai et al., 1995). Fresh NPIW is transported through the south-flowing Oyashio along the western boundary from the subarctic region to the Kuroshio-Oyashio interfrontal zone (Yasuda, 2004). In this area, cold and fresh subarctic Oyashio water merges with the KE and intrudes into the intermediate layer of warm and salty subtropical Kuroshio water, forming a new NPIW (Figure 1B). Newly formed NPIW consists of 55% Kuroshio and 45% Oyashio waters and eventually mixes into the intermediate layer of the NP subtropical gyre as a low salinity tongue (Talley et al., 1995). The depth range for NPIW is from 300 to 1,000 m, and the position of its southern boundary varies from 15°N-20°N seasonally (Talley, 1993; Yasuda et al., 1996; Talley, 1997; Itou et al., 2003). NPIW is important for anthropogenic CO2 absorption and long-term climate variability, as it is the densest and deepest water mass with abundant anthropogenic CO2 ventilated in the NP (Tsunogai et al., 1995; Yasuda et al., 1996; Qiu and Chen, 2011).



Sample Collection

Water samples were collected at 26 stations along the north–south transect P1 (13°N-40°N, 150°E) in the NP onboard the R/V Dongfanghong 3 during 6-18 November 2019 (Figure 1). General information on the sampling stations is provided in the Supplementary Material (Supplementary Table 1). Seawater samples were collected at greater water depths at 7 stations and only to the upper 2,000 m depth at 19 stations (Figure 1, Supplementary Table 1). Water was collected using 12-L Niskin bottles attached to a rosette sampler with a calibrated SeaBird CTD (model SBE 911) that recorded the water temperature, salinity, and depth profiles. After the CDT recovery, water samples for dissolved oxygen (DO) were collected first from the Niskin bottles. Immediately after sampling, samples for DO measurement were fixed by adding 1 mL of manganese chloride and 1 mL of alkaline iodide reagent. For DOC analysis, water was collected (after allowing ~100 mL to overflow) directly into a 1 L precombusted (at 550°C for 4 h) glass bottle that had been rinsed three times with in situ seawater. Water in the upper 500 m was immediately filtered through 0.7 μm Whatman GF/F filters (precombusted at 550°C for 4 h), and water below 500 was unfiltered. All samples for DOC were acidified with ultrapure 85% H3PO4 (Aladdin®) to a pH = 2 and then kept frozen at -20°C for chemical analysis.



Concentration of DOC, TDN and DO Analyses

The concentration of DOC was analyzed by HTCO methods (Sharp et al., 2002) using a Shimadzu TOC-L analyzer equipped with an ASI-V autosampler. As an important nutrient for reference, we also simultaneously analyzed the total dissolved nitrogen (TDN) in the samples. Potassium hydrogen phthalate (KHP) and potassium nitrate (KNO3) dissolved in high-purity Milli-Q water were used as the DOC and TDN standards, respectively (Ding et al., 2019; Shan et al., 2020). The quality assessments for the DOC and TDN measurements were checked against a deep seawater reference (CRM Batch 13 provided by Dr. Hansell’s Biogeochemical Laboratory at the University of Miami, USA). The instrument was calibrated using 6-point calibration curves derived from prepared DOC and TND standard solutions. Blank subtraction was carried out using Milli-Q water, which was analyzed before running each sample. The average blank of the DOC and TDN measurements was ≤ 4 μM, and the analytical precision on triplicate injections was ±3%. The DO concentration was analyzed by the traditional Winkler titration method (Bryan et al., 1976) with a precision < 2 μM.




Results


Hydrography

The water temperature, salinity, and concentrations of DO, DOC and TDN of all samples are summarized in Supplementary Table 1 of the Supplementary Material. The hydrographic parameters (temperature, salinity and density) of the 26 stations along the P1 transect are plotted as depth profiles and cross transect latitudinal distributions in Figure 2. The temperature of the surface water (5 m depth) ranged from 14.5°C to 29.4°C and was higher at low latitudes than at high latitudes. Surface water had the lowest water temperature (14.5°C) at Station P1-1 (40.04°N, 149.89°E) and the highest temperature (29.4°C) at Station P1-28 (13.00°N, 149.99°E). The water temperature decreased rapidly from the surface down to 1,500 m (<3°C) and then remained constant below 1,500 m (Figure 2A). As shown in Figure 2B, the latitudinal distributions of water temperature along the P1 transect exhibited very clear layers in the upper 1,000 m. In the KE region (36°N-40°N), low surface water temperature was largely influenced by the Oyashio Current, which brings cold subarctic water into the region (Ge et al., 2022).




Figure 2 | Depth profiles and latitudinal distributions of water temperature (A, B), salinity (C, D), and density (E, F) for stations along the P1 transect in the western NP in November 2019. The potential density data (σ0) were calculated by ODV (Schlitzer, 2015). Data from the upper 2,000 m depth of the sampling stations are shown as black dots in the depth profiles. This figure is cited in our recent publication (Ge et al., 2022).



The water salinity ranged from 33.463 to 35.044 and exhibited a reversed S shape profile (Figure 2C), i.e., lower at the surface, increasing with depth to the maximum at ~150 m, then decreasing again to 300-500 m. Water salinity remained relatively constant below a 1,500 m depth at all stations. The largest variations in water salinity were also observed in the upper 1,000 m of the water column (Figure 2). Salinities in the upper 500 m of the high latitude stations (P1-1, P1-2, P1-3 and P1-4) were lower than those at the other stations (Figure 2D). Station P1-2 had the lowest salinity (33.463), and Station P1-10 had the highest salinity (35.044) in the surface layer. The water density along the P1 transect stations was consistent with the salinity, showing dense water at high northern latitudes and low-density water at the surface at low latitudes (< 25°N) (Figure 2F). Water density was also quite constant (>34.5, σ0 ≥ 27.5) below a 1,500 m depth at all stations (Figures 2E, F).



Concentrations and Distributions of DO, DOC and TDN

Depth profiles and latitudinal distributions of the concentrations of DO, DOC and TDN for all stations are shown in Figure 3. The concentrations of DO ranged from 35 μM to 239 μM, with the highest values (164 μM to 239 μM) in the upper water layer (< 200 m) and decreasing rapidly with depth to ~ 1,000 m for all stations (Figure 3A). The largest changes in DO were seen in the upper 1,000 m depth along the P1 transect. Concentrations of DO were the highest in the upper 200 m water depth at Station P1-1 and decreased very rapidly to the lowest concentrations at 800 m. For Station P1-9, the concentration of DO was well mixed down to 500 m and then decreased to a minimum level at 1,000 m before increasing again (Figures 3A, B). The lowest DO values, ranging from 35 μM to 98 μM, were found between 700 and 1,500 m depths at all stations in the oxygen minimum zone (OMZ) and then increased with depth. The minimum values at the OMZs at high latitudes (25°N-40°N) were lower than those at low latitudes (13°N-24°N).




Figure 3 | Depth profiles and latitudinal distributions of DO (A, B), DOC (C, D) and TDN (E, F) in water samples collected from stations along the P1 transect in the northwestern NP in November 2019. Data from the upper 2,000 m depth of the sampling stations are shown as black dots in the depth profiles.



The concentrations of DOC ranged from 33 μM to 102 μM, and the depth profiles appeared more similar across all stations (Figure 3C). In general, the concentrations of DOC had maximum values in the upper 50 m, decreased from the surface down to ~1,000 m, and then remained relatively constant at levels of 33-44 μM (Figure 3C). The small concentration variations in DOC below the 1,000 m water depth among the stations most likely reflected analytical errors (4-5 μM). As plotted in Figure 3D, the latitudinal distribution of DOC along the P1 transect showed that DOC concentrations (72-102 μM) in the upper water (<55 m) at low latitudes (13°N-28°N) were significantly higher than those at other stations (63-82 μM, 29°N-40°N). Low DOC concentrations (≤ 40 μM) were seen in the entire water column below a 1,000 m depth along the P1 transect in the western NP (Figure 3D). As a comparison, we summarized the available concentrations of DOC measured in the NP Ocean from other cruises (Supplementary Table 2). Due to the different sampling sites, we summarized the concentrations of DOC into three water depths: the euphotic zone < 200 m, intermediate water depth of 200-1000 m and deep water depth >1000 m. It can be seen that the concentrations of DOC in the NP obtained in different cruises in recent 20 years are quite consistent, in general, with the same distribution patterns.

Concentrations of TDN also varied largely from 3 μM to 56 μM and the depth profiles showed an opposite trend from those of the DOC concentration profiles, with low TDN concentrations in the surface water that rapidly increased with depth (Figure 3E). The surface layer (5 m) in the P1 transect had the lowest TDN values, all of them being less than 10 μM (3-8 μM). The largest variations in TDN concentrations were seen in the upper 1,000 m at the P1-1 to P1-4 Stations at high latitude in the KE region where a significantly higher TDN was found than in other stations (Figures 3E, F). The highest values (38-56 μM) of TDN were observed between the depths of 1,000 and 1,500 m for all stations and then decreased slightly with depth.




Discussion


Vertical Distribution of DOC Along the Transect in the NP

Autotrophic production in the euphotic zone is the main source of DOC in the open ocean, while microbial mineralization is the dominant sink (Ogawa et al., 2001; Hansell et al, 2009). Biological and physical processes could both affect the level of DOC and its spatial and temporal distribution in the ocean (Hansell et al., 2009; Carlson et al., 2010; Bercovici and Hansell, 2016; Hansell and Orellana, 2021). A high accumulation of DOC (72-102 μM) was observed in the surface layer (<55 m) along the P1 transect (Figures 3C, D). The relative high concentrations and the strong gradient of DOC in the upper 1,000 m water depth along the P1 transect (Figure 3C) clearly indicates this balance between autotrophic production and microbial respiration of DOC. The fractions of LDOC and SLDOC in the upper 1,000 m represent a large flux of organic carbon in the ocean, but with rapid turnover, they constitute a very small fraction (< 1%) of the deep ocean DOC inventory (Hansell et al., 2009; Jiao et al., 2010). The results of relatively constant and low concentrations of DOC (33-44 μM, average 37 μM) found in the entire water column below 1,000 m along the P1 transect in the western NP (Figure 3B) are consistent with distribution of DOC reported for the deep NP Ocean (Hansell et al., 2009; Ding et al., 2019; Druffel et al., 2019) and the deep South Pacific (34–43 μM) (Druffel and Griffin, 2015). These uniformly low levels of DOC indicate a homogeneous distribution and a more refractory fraction presumably left behind in deeper waters in the NP (Carlson et al., 2010; Hansell and Carlson, 2013; Follett et al., 2014; Druffel et al., 2019). The old radiocarbon ages of DOC (5,900-6,300 years) in the deep waters of the KE region (Wang et al., unpublished data) provide strong evidence confirming the fraction of RDOC that has been cycled in the ocean for a long time (Williams and Druffel, 1987; Ding et al., 2018; Druffel et al., 2019; Druffel et al., 2021).

Using 37 μM as the background RDOC level in the deep NP and the DOC concentration at ~200 m as the average SLDOC level in the upper 200 m, we calculated the depth distributions of the fractions of LDOC, SLDOC and RDOC based on the concentration gradient with depth along the P1 transect (Figure 4). Considering that the LDOC with a lifetime of days to months is largely limited to the euphotic zone (Hansell and Carlson, 2001; Carlson et al., 2010; Jiao et al., 2010), the fraction of LDOC (15-35 μM) accounted for 20-40% of the bulk DOC and was respired very rapidly in the upper 200 m depth (Figure 4). The SLDOC fraction (10-20 μM) accounted for 15-20% of the surface DOC and was further exported downward and turned over at a water depth of 200-2,000 m, making it as dominant fraction reducing the vertical concentration gradient and contributing to carbon export at intermediate (to 1,000 m) and upper layer depths (Figure 4). In contrast, the RDOC fraction dominated (> 90%) the deep water DOC pool in the western NP, consistent with the previous studies on DOC in the ocean (Hansell et al., 2009; Carlson et al., 2010; Druffel et al., 2019). The small fractions of SLDOC below 2,000 m at some stations (Figure 4) are perhaps due to abiotic transformation of organic particles that could sink quickly and introduce DOC to great depths (Druffel et al., 1992; Smith et al., 2018; Lopez et al., 2020; Hansell and Orellana., 2021).




Figure 4 | Plot of the depth profiles of calculated fractions of LDOC (blue diamonds), SLDOC (green triangles) and RDOC (red squares) in water samples collected at the 26 stations along the P1 transect in the western NP in November 2019.





Correlation of DOC With Other Parameters Along the Transect

We examined other processes influencing the distribution of DOC along the P1 transect in the western NP. As shown in Figure 5, the concentrations of DOC in the upper 105 m water depth had a negative correlation with increased latitude (Figure 5A). This is strongly related to the water temperature. Positive correlations existed for DOC and water temperature in both the upper 105 m depth (R2 = 0.52, p<0.001) and below the 105 m depth (R2 = 0.81, p<0.001) along the P1 transect, as shown in Figure 5B. This influence of water temperature on DOC may stem from the high production of DOC from plankton degradation, grazing and excretion at upper water depths (Lee and Wakeham, 1988; Arıstegui et al., 2002; Hansell and Orellana, 2021; Moran et al., 2022). In deep water, a reduced microbial degradation rate at low temperatures could play an important role in affecting the concentration of DOC (Carlson et al., 2010; Hansell and Carlson, 2013). Concentrations of DOC were also well correlated with the Apparent oxygen utilization (AOU) (R2 = 0.73, p<0.001; Figure 5C) along the P1 transect. The concentrations of DOC decreased more rapidly with a rapid increase in AOU, suggesting that oxygen respiration might dominate the microbial consumption of DOC at water depths along the P1 transect. Overall O2 consumption rates are low in bathypelagic waters relative to surface waters, but total bathypelagic respiration in the dark part of the ocean is a major component of the carbon flux in the biosphere. DOC respiration accounts for only <10% of the AOU below 200 m, and the bulk of the respiration within the mesopelagic zone might be mainly supported by the flux of sinking POC (Druffel et al., 1992; Arıstegui et al., 2002). At the upper 105 m water depth where the concentration of TDN was low (<10 μM), the correlation of DOC and TDN was poor (R2 = 0.10), but it was much stronger (R2 = 0.74, p<0.001) at deeper water depths (>105 m). The concentration of DOC changed less, but TDN increased more rapidly (Figure 5D). This is consistent with the refractory nature of DOC and the production of nitrogen from the degradation of sinking POC in the deep oceans (Maita and Yanada, 1993; Hansell and Carlson, 2013). In the deep NP, hydrodynamic processes such as water mixing and circulation likely play a more dominant role in affecting the distribution of DOC, as found in other oceanic regions (Bercovici and Hansell, 2016; Beaupre et al., 2020; Ding et al., 2020).




Figure 5 | Plots of (A) concentrations of DOC versus latitude in the upper 105 m water depth; (B) concentrations of DOC versus water temperature in the upper 105 m depth and below the 105 m water depth; (C) concentrations of DOC versus apparent oxygen utilization (AOU) for water samples along transect P1; and (D) concentrations of DOC versus TDN for water samples in the upper 105 m depth and below the 105 m water depth along the P1 transect in the western NP. The lines are linear regressions that are fit to the data.





Seasonal Variations of DOC in the KE Region

The KE in the western NP is a highly dynamic region with high production and rapid hydrodynamic mixing (Isada et al., 2009; Shiozaki et al., 2014). In our previous study, we collected limited water samples and measured DOC and TDN during spring high production in May 2015 (Ding et al., 2019; 29°N-37°N, TDN data is not published). Here, we compared the seasonal distributions of DOC in November 2019 and May 2015, and plotted DOC, TDN as well as Net Primary Production (NPP) in the euphotic zone (<200 m) as a function of latitude in Figure 6. In the same region (29°N-37°N), the DOC concentrations (68-72 μM) were actually higher than the DOC values (43-63 μM) in the surface water (< 200 m) in May 2015 (Figure 6), but the DOC concentrations in the low latitudes were more accumulated than in the high latitude region (Figure 6). In contrast, the concentration of TDN was much lower in May 2015 (Figure 6B), but the NPP was much higher, especially in the high latitude KE region (up to 2,500 mg/m2/day), and less DOC was accumulated in the water column (Figure 6B). This indicated that during the high NPP spring season, dissolved N was used up rapidly and reached a very low level in the western NP. Nutrient availability, NPP and microbial degradation acted together to control the concentration and distribution of DOC in the upper water depth along the P1 transect in the NP.




Figure 6 | Plots of concentrations of DOC (red) and total dissolved nitrogen (TDN, blue) in the upper water depth (< 200 m) and net primary production (NPP, black) as a function of latitude for samples collected in (A) November 2019 and (B) May 2015. The May 2015 DOC values (Ding et al., 2019) and TDN values (unpublished data) were from our previous study. The calculated NPP was for the surface water in the 145°E -155°E, 13°N -40°N region in the northwestern NP. The NPP was calculated based on satellite chlorophyll data using a vertically generalized production model (VGPM, http://sites.science.oregonstate.edu/ocean.productivity/custom.php, Behrenfeld and Falkowski, 1997).



The temperature of the upper water (200 m) around the KE region was significantly lower in late spring than in November in 2019 (see Supplementary Figure S1), which could be caused by the variability in the Kuroshio/Oyashio system. In May, strong westerly winds in spring drive the cold and nutrient-rich subarctic water south across the subarctic-subtropical boundary (Liu et al., 2004; Isada et al., 2009; Shiozaki et al., 2014), which is related to phytoplankton blooms in the KE region (Figure 6B). The relative high contribution of the subarctic Oyashio water caused the surface water in May 2015 with lower temperature and higher density, resulting in a weak vertical stratification of the upper water column. This could not favor the accumulation of DOC in the surface layer (Hansell et al., 2009; Ding et al., 2019; Hansell and Orellana, 2021). However, our data is still limited in the KE region and further studies are necessary to gain better understanding of the production and cycling of DOC in this region.



Export of DOC in the NPIW

The formation of NPIW in the KE in the western NP is a dominant oceanographic process affecting the water movement in the NP (Yasuda et al., 1996; Talley, 1997; Itou et al., 2003; Qiu and Chen, 2011). By examining the T-S diagram (water temperature versus salinity, Figure 7 as well as the significant correlation between DOC and σ0 (Supplementary Figure S2), it demonstrates that the distribution of DOC was strongly related to water masses with different physical properties (temperature and density) along the P1 transect. As shown in Figure 7 and referred to in Figure 2E, we divided the water masses to five regions. Region A has low-density and high-temperature water at the upper 200 m depth at low latitudes (13°N-30°N) with highest DOC concentrations. Region B represents the mixed water at the upper 200-300 m depth, which also has relatively high DOC concentrations. The C region is the mixed water at depths of 300-1,000 m and represents the NPIW water mass in the western NP. Region D represents deep water below a 1,000 m depth along the P1 transect in the western NP, and this water mass has the lowest DOC concentrations. Region E represents the denser and colder water in the upper water of the KE region (36°N-40°N) that is characterized by a relative low DOC concentration.




Figure 7 | DOC concentrations superimposed on plots of potential temperature vs. salinity at the sampling stations along the P1 transect in the western NP in November 2019. The σ0 isolines are included in the figures. The five circular areas (A–E) represent different water masses with different water temperatures and densities (see discussion in the text). The color bar on the right side indicates DOC concentrations.



The newly formed NPIW in the subtropical Pacific is transported eastward at depths of 300–1,000 m (Figure 1B), and it is characterized by low salinity (as low as 33.8) and low oxygen (50–150 μM) levels and a relatively narrow density range (26.6–27.4σ0, averaging 26.8σ0; Dickson et al., 2000). The NPIW is considered to be the initial mixture of the ventilated subpolar water and subtropical water of equal densities in the mixed water region, and is considered a significant sink for anthropogenic carbon dioxide (Tsunogai et al., 1995; Yasuda et al., 1996; Qiu and Chen, 2011). The eastward transport of newly formed NPIW out of the mixed water depth was estimated at 6.1 Sv (1 Sverdrup = 106 m3/s) for 26.6–27.4σ0 (Talley, 1993; Talley, 1997). Based on the DOC concentration gradient in the density range of 26.6–27.4σ0 in our study (see Supplementary Figure S3), we estimated that the export of SLDOC from the mixed water depth could be ~100 ± 20 Tg C y-1 (1 Tg = 1012 g). These SLDOC fractions were mixed into the subtropical gyre along the NPIW circulation paths. There was a slight southward decrease in the DOC concentrations with latitude (Supplementary Figure S3), and the net export of DOC with the subduction of the NPIW water could be 26 Tg C yr-1, based on the concentration gradient between the subpolar water site (Station P1-1) and the south boundary site (Station P1-27). Microbial consumption could have significantly reduced the concentration of SLDOC as the NPIW travels southward. Ogura (1970) reported that one-third of the biological consumption of oxygen in the beginning of the newly formed NPIW was due to the oxidation of DOC. In the upper water, our results are consistent with this value (~ 30%, Supplementary Figure S3). However, in our study, there was far more oxygen consumption than what could be accounted for by DOC utilization in the subduction of the NPIW water, which accounted for only ~10% of the oxygen consumption (Supplementary Figure S3). Most of the SLDOC mineralization could have occurred at the very beginning of the water circulation of the NPIW, when the water masses met with intensive force. Other factors, such as diapycnal mixing and horizontal mixing, as well as sinking biogenic particles, could also influence the distribution of DOC (Hansell et al., 2002). As reported by Druffel et al. (1996), only approximately 7% of the sinking POC could account for the influence on the DOC at intermediate depths of the NP. We expect that the solubilization process from the sinking POC might not have a quantitatively significant influence on the changes in DOC in the NPIW water in the NP. Previous analyses of this physical system (Yasuda et al., 1996; Talley, 1997) have suggested that the NPIW was dominated by horizontal mixing. Our recent study along the P1 transect also showed different trends in temporal variations of Δ14C-DIC from north to south in the NPIW, indicating a strong influence of advection-diffusion of material at intermediate water depths (Ge et al., 2022).




Conclusion

The results of our study revealed that the concentration of DOC showed large variations in the water depth of the euphotic zone along the P1 transect in the western NP in November 2019. High levels of DOC (63-102 μM) were present in the surface water (25 m) with higher concentrations of DOC at lower latitudes (13°N-25°N) and lower concentrations of DOC at middle to high latitudes (25°N-40°N). The KE region had a high primary production but low concentrations of DOC, largely due to the rapid mixing of the water in the region. The depth profiles of DOC showed a strong vertical gradient, with concentrations of DOC decreasing very rapidly from the surface to a 200 m depth. We estimated that the LDOC fraction that accounted for 20-40% of the surface bulk DOC was respired rapidly at the upper 200 m depth, and the SLDOC fraction that accounted for 15-20% of the surface bulk DOC was exported downward and turned over at water depths of 200-2,000 m. Low concentrations of DOC (~37 μM) were uniformly distributed in deep water (>1,000 m) along the P1 transect in the western NP. In addition to these biological processes, water mixing and regional circulation could play dominant roles in modulating the distribution of DOC below the surface along this transect in the NP. The NPIW is a major transport belt that could carry ~100 ± 20 Tg C y-1 of SLDOC to great depths from the upper mixed layer. The net export of DOC with the subduction of NPIW could be 26 Tg/yr, thus serving as an important pathway of carbon cycling in the deep NP Ocean.
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The Kuroshio Extension (KE) region is one of the most energetic regions in the global ocean where prominent mesoscale dynamics persistently occur. The spatial distribution and temporal evolution of the sea surface temperature (SST) gradient and mesoscale eddies in the KE are investigated. The SST gradient can be applied for identifying the fronts, and the SST gradient within two times the radii of the eddies is composited to quantify the impact of eddies on frontal activities. Depressed SST gradients are identified for eddies with both polarities, but prominent spatial variance in the SST gradient reveals that a large SST gradient is located to the north of anticyclones and along the south periphery for cyclones. The eddies are further separated into two groups depending on their location relative to the main path of the KE, as the background fields to the north and south of the KE are largely different. The spatial pattern, e.g., monopole and dipole features, and temporal variation in the SST gradient are fully studied over the lifespans of eddies. The results show that most eddies can significantly weaken the internal SST gradient and induce the horizontal redistribution of the SST gradient in surrounding regions. Cyclonic eddies north of the KE elevate the fronts along the periphery of eddies. The temporal variability in the SST gradient is prominent and largely varies for each group of eddies. This study offers quantitative analyses of the spatial and temporal relationships between eddies and fronts that are important for understanding the mesoscale dynamics in the world’s oceans.
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Introduction

The Kuroshio Current, as the western boundary current of subtropical circulation in the North Pacific Ocean, flows northward along the continental margin and is associated with the substantial transport of heat meridionally (Qiu, 2002). To the north of the Kuroshio Current, there is another western boundary current of subarctic circulation, namely, the Oyashio Current, characterized as cold and nutrient-rich, which flows southward and merges with the Kuroshio Current (Tatebe and Yasuda, 2004). The confluence of the Kuroshio Current and Oyashio Current takes place and then turns eastward into the open ocean, which is referred to as the Kuroshio Extension (KE) (Itoh and Yasuda, 2010). There are abundant mesoscale activities in the KE region, e.g., fronts and eddies, owing to the large instability established as these two distinctive currents converge (Mizuno and White, 1983; Yasuda, 2003; Itoh and Yasuda, 2010; Kida et al., 2015), and two quasi-stationary meanders with ridges are located at 144°E and 151°E, indicating the instabilities of currents (Qiu, 2002). These processes have a significant impact on the energy budget, air-sea interactions, and fisheries (Sugimoto and Tameishi, 1992; Kida et al., 2015; Shan et al., 2020). Therefore, the KE region has drawn much attention due to the complex dynamic processes.

Eddies, as the major category of mesoscale dynamics (Chai et al., 2020), have a spatial scale where the radius ranges from 25-250 km and the lifespan is longer than 10 days (Chelton et al., 2011b). The majority of eddies are characterized by a westward propagating tendency, similar to Rossby waves (Chelton et al., 2007), leading to a gentle sea surface height (SSH) gradient of the leading edge and a steepened SSH gradient of the trailing edge (Early et al., 2011). As a result, the geostrophic current induced by eddies is stronger at the eastern side than at the western side, which makes the anticyclonic (cyclonic) eddies have a slightly equatorward (poleward) propagation tendency (Chelton et al., 2007). Eddies have important influences on water properties, e.g., temperature, salinity and chlorophyll-a, in both the horizontal and vertical directions (Nurser and Zhang, 2000; Itoh and Yasuda, 2010; Early et al., 2011; Frenger et al., 2015) via several dynamical processes, including eddy trapping, eddy pumping, eddy stirring, etc. (Gaube et al., 2014). For example, there are often positive (negative) SST anomalies and elevated (reduced) wind stress aloft inside anticyclonic (cyclonic) eddies, which is due to the downwelling (upwelling) induced by eddy pumping (Ma et al., 2015).

The response caused by the above dynamic mechanisms can be divided into monopoles and dipoles according to the characteristics of the responses (Siegel et al., 2011). Eddy trapping caused by eddy nonlinear characteristics means that the rotational speed of eddies is larger than the velocity of the background field (Chelton et al., 2007). Through this dynamic mechanism, eddies can carry water masses from the background origin over a long period of time and remain sealed (Chelton et al., 2011a). In the process of eddy formation, eddy pumping induced by the convergence/divergence of sea surface water can induce upwelling (downwelling) in cyclonic (anticyclonic) eddies (Benitez-Nelson et al., 2007). These two mechanisms lead to monopole anomalies (Gaube et al., 2014). Based on the rotation of eddies, another dynamic mechanism called eddy advection affects the distribution of water masses in eddies, which stirs the background field and leads to upwelling near the eddy edge (Mizobata et al., 2002; Chelton et al., 2011a) and finally develops a dipole anomaly (Siegel et al., 2011). In general, the anomalies caused by eddies can be considered a combination of these anomalies induced by the above dynamic mechanisms. The importance of each dynamic mechanism varies during the whole lifecycle of eddies; for example, the effect of eddy stirring is larger than that of eddy pumping after eddy generation, but eddy pumping is stronger than eddy stirring before eddies vanish (Gaube et al., 2014).

In the KE region, eddies are mostly generated by horizontal shear instability and KE main path meander instability (Ji et al., 2018). For the first mechanism, the inconsistent horizontal flow rate results in the curl of flow that gradually develops into eddies, which are usually smaller in scale and short-lived. Accordingly, the westward retroflection, derived from the KE, can generate anticyclonic (cyclonic) eddies in the south (north). The second mechanism of eddy generation is caused by the meandering of the main path of the KE, which means that the “meanders” are split away from the KE. The eddies generated by this mechanism can be long-lived and have a relatively stable structure. Thus, the anticyclonic (cyclonic) eddies are mostly on the north side (south side) of the main path of the KE, which is contrary to the other mechanism. Because the eddies produced by these two mechanisms have different features, the eddies are not evenly distributed in the KE region. Long-lived anticyclonic (cyclonic) eddies are mainly distributed on the north side (south side) of the KE path, while short-lived eddies are the opposite (Ji et al., 2018).

The eddy-induced responses in oceanic features in both the horizontal and vertical directions are highly complex due to their underlying dynamic processes (Nurser and Zhang, 2000; Wang et al., 2018; Sun et al., 2020). For instance, in the horizontal direction, eddy stirring is the azimuthal advection around eddy peripheries associated with the transport of water properties, while eddy trapping is caused by the nonlinear characteristics of eddies, for which the rotational velocities of the eddy are faster than the eddy propagation speed, leading to inside fluid trapping (McWilliams and Flierl, 1979; Gaube et al., 2014). In the vertical direction, eddy pumping is the vertical motion of the eddy center caused by eddy-induced isopycnal displacement during the intensification of eddies (Gaube et al., 2015). Eddy-induced Ekman pumping is another vertical motion, which is a nonlinear process formed by the interaction between eddies and sea surface wind (Yang et al., 2021). Eddy-induced Ekman pumping is usually characterized by an opposite impact to that of eddy pumping (Gaube et al., 2014).

In addition, there are significant spatial variabilities in local dynamics and ecosystems in the KE region, especially in the meridional direction. For example, the SSH varies prominently and generally decreases poleward (Qiu and Chen, 2011), and the region with the largest meridional sea surface temperature (SST) gradient is used to represent the main path of the KE (Qiu et al., 2014). The spatial variation also varies over time; for instance, the SST has a larger range in the north than in the south of the KE main path, resulting in a larger meridional SST gradient during winter than during other seasons (Sato et al., 2016). Under these conditions, another mesoscale process, referred to as the front, which is defined as a narrow transition zone between water masses by using SST gradients (Kostianoy and Lutjeharms, 1999; Wang et al., 2015), is established (Xi et al., 2022). The SST fronts induced by the confluence of cold and warm water in the KE region are mainly distributed from 35°N to 45°N, e.g., the Kuroshio Extension Front and the Subarctic Boundary Front (Yasuda, 2003; Itoh and Yasuda, 2010; Kida et al., 2015). The intensity of the front, i.e., the SST gradient, over the Subarctic Boundary Front is stronger than that over the Kuroshio Extension Front (Jing et al., 2019). Temporal variability in frontal intensity also varies, and Sato et al. (2016) observed that the SST gradient is weak in summer, although the SST front on the north side of the KE near the coast of eastern Japan is maintained or strengthened in June and July. These SST fronts have an important impact on primary production and fisheries (Rykaczewski et al., 2015). Wang et al. (2021b) found a positive spatial-temporal correlation between the SST gradient and chlorophyll-a concentrations (Chl-a) in the KE region after investigating the variability in the SST gradient and Chl-a and indicated that the SST gradient can be used to predict the interannual variability in Chl-a.

Most previous studies have mainly focused on the SST anomaly induced by eddy-related dynamical processes (Frenger et al., 2015; Gaube et al., 2015). For example, in the North Pacific, anticyclonic (cyclonic) eddies represent a warm (cold) internal core (Hausmann and Czaja, 2012; Sun et al., 2020). Regarding the SST gradient, which is used as a proxy for fronts (Xi et al., 2022), few studies have investigated the influence of eddies on modulating the SST gradient. For instance, Wang et al. (2020) revealed that eddies in the KE region can carry the front as they move westward and that the front gradually weakens. The eddies can expand the region with a large SST gradient in the preexisting frontal zone (Yuan and Castelao, 2017). However, an understanding of the effects of eddies on SST gradients and of the spatial variability in SST gradients induced by eddies is still lacking. In this study, we used a dataset of mesoscale eddies and long-term satellite observations of SST gradients to analyze the influence of eddies on SST gradients in the KE region. The data and method are described in section 2. The results are summarized in section 3. The discussion and the conclusions are presented in sections 4 and 5, respectively.



Data and method

Satellite observations of SST are used to obtain the SST gradient in the study region (140°E-170°E, 30°N-40°N). The daily SST data are measured by the Moderate Resolution Imaging Spectroradiometer (MODIS), which is onboard the Aqua satellite. The spatial resolution of SST data is 1/24°, which is approximately 4.5 km, and the time spans from July 2002 to the present. SST gradients have been widely used to describe frontal activities in the global oceans. SST gradients are calculated at each pixel for their zonal component (Gx) and meridional component (Gy) as the ratio of the SST difference among the surrounding pixels following Wang et al. (2021b). The total gradient (G) is subsequently calculated as  .

The applied SSH data, with a spatial resolution of 1/4° covering the period from July 2002 to December 2015, are obtained from the Copernicus Marine Environment Monitoring Service (CMEMS). The daily KE main path is defined by the SSH contour with a constant value following Qiu et al. (2014). In a former study, the contour of 100 centimeters is applied to depict the main path of KE, but a value of 170 centimeters is used with the SSH data here. The difference in SSH data between CMEMS and the one used in Qiu et al. (2014) is assessed, and the identified KE main paths are mostly identical between both studies.

The mesoscale eddies are identified with satellite altimeter data, which are acquired from Archiving, Validation and Interpretation of Satellite Oceanographic (AVISO) data, which is released by Chelton et al. (2011b) with the location, radius, date, and amplitude information for each eddy’s trajectory. The dataset is also provided by the CMEMS, and the spatial resolution and temporal period are the same as those of the SSH data. Note that the eddy can exist or be distinct without being included in the dataset because its amplitude is too small to be detected in the altimeter data. The life cycle for each eddy is calculated using the entire identified trajectory as the existing period divided by the total length of the lifetime. This dataset has been widely used in the global ocean, and the identified eddy feature is highly representative of the KE region (Meng et al., 2021). The spatial distribution of eddies in the KE region is described with the frequency of eddy occurrence, which is calculated at each pixel as the counted number of days that it was inside an eddy divided by the total number of days, i.e., 4932 days. Although eddies have different shapes, we adopted the feature following Chelton et al. (2011b), where all eddies are defined as circles and their area is equivalent to the identified area of eddies.

To quantitatively investigate the impact of eddies on the distribution of the SST gradient, the composite method is applied. Because of substantial cloud coverage, seven-day averaged SST gradient at daily intervals is applied. The snapshot of the SST gradient within twice of each eddy’s radius is first obtained, and those with more than 50% cloud coverage are eliminated to reduce the cloud impact. Due to the different sizes of eddies, the snapshots are linearly interpolated to be the same size, e.g., a radius of 375 km. In this study, small eddies, which have a radius of less than 65 km, are eliminated since each pixel within small eddies will be interpolated into 6 pixels or more, leading to limited spatial variation for eddy-induced patterns. Finally, all snapshots are composited by calculating their average, and the standard deviation is subsequently obtained. Moreover, the SST gradient anomaly is calculated for each snapshot by removing the spatial average of each corresponding eddy. The eddy-induced SST gradients are separated into monopole and dipole features, where the monopole feature is calculated as the average of the concentric circles over different distances from the eddy center and the dipole feature is the residual of the total SST gradient eddy after removing the monopole feature (He et al., 2019).



Result

Based on daily satellite SST observations, the SST gradient in the KE region shows a large spatial variation (Figure 1A). A strong SST gradient is identified in the KE region, particularly in the northern KE, i.e., the Subarctic Boundary Front, and near the coast of Japan. In comparison, a weaker SST gradient is found to the south of the KE, i.e., the Kuroshio Extension Front (Jing et al., 2019). The meridional difference of the strong and weak SST gradient can be prominently identified along the KE, especially in the region to the west of 155°E. In the region to the east of 155°E, the meridional difference is less prominent and has a weakened SST gradient for the entire region. The region with a strong SST gradient is similar to the formerly identified frontal region, such as the Subarctic Front and the Kuroshio Bifurcation Front (Itoh and Yasuda, 2010), revealing that the SST gradient can be applied as an indicator of fronts.




Figure 1 | (A) Averaged sea surface temperature (SST) gradient (°C/km) and (B) averaged eddy occurrence (%) in the Kuroshio Extension (KE) region. In (B), the averaged eddy occurrence for each pixel is equal to the number of days the eddy exists divided by the total number of days.



The spatial distribution of eddies (Figure 1B) has a very different pattern than that of the SST gradient. In particular, the difference in eddy occurrence between the north and south sides of the KE is much less obvious than the SST gradient. The region with a high frequency of eddy occurrence is mainly distributed zonally along 35°N, which is consistent with the main path of the KE. The two large meanders of the KE also show a high frequency of eddy occurrence. Thus, the instability of the KE fosters a large number of eddies. Notably, there are almost no eddies between 35° N and 40° N near the coast, but a high eddy occurrence generally occurs in the surrounding areas.

To avoid cloud contamination and bias induced by interpolation, eddies with cloud coverage greater than 50% or those with a radius less than 65 km are eliminated. There are 65,010 snapshots of eddies in total (29,185 anticyclonic eddies and 35,825 cyclonic eddies) for compositing use in the study region. The mean radius and lifetime of anticyclonic eddies are 93.43 km and 136 days, respectively, and those of cyclonic eddies are 87.09 km and 137 days, respectively. The overall SST gradients for anticyclonic and cyclonic eddies are approximately the same, and their values are 18.5×10-3°C/km and 18.2×10-3°C/km, respectively. For anticyclonic eddies, the SST gradient is largely weakened within the eddy, and the minimum SST gradient reaches 12.3×10-3°C/km near the center (Figure 2A). An anticyclonic eddy strengthens the SST gradient on its north side, and the maximum SST gradient appears outside one radius of the eddy, reaching 27.2×10-3°C/km. For cyclonic eddies, the SST gradient is generally weak near the center of the eddy and to the north, and a small SST gradient is identified at nearly twice the eddy radius in the south, with a minimum reach of 15.2×10-3°C/km (Figure 2B). A band with a strengthened SST gradient appears along the south side of the eddy periphery, where the maximum SST gradient reaches 22.7×10-3°C/km. Thus, the anticyclonic eddies are associated with a slightly larger SST gradient, with an inhibited value inside the eddy; cyclonic eddies have an elevated SST gradient in the south periphery, associated with complex spatial variation in the SST gradient.




Figure 2 | Composite of the SST gradient (×10-3°C/km) for (A) an anticyclone and (B) a cyclone within twice the eddy radius. The red (blue) circle represents the radius of the anticyclonic (cyclone) eddy, and the total number of composite eddies is shown in each panel.



To evaluate the eddy impact to the north and south of the KE main path, the SSH is used to delineate the main path of the KE following Qiu et al. (2014). The daily eddies to the north and south of the KE are subsequently distinguished (Figure 3A), and the overall eddy occurrence percentage is further obtained (Figures 3B, C). Compared with the averaged main path of the KE, obtained as the 170 cm contour of climatologically averaged SSH, the distribution of eddies is well divided. The overall number of eddy occurrences is approximately the same between the north and south, although the number of eddy occurrences does not equally separate in space. For example, two regions with high eddy occurrences along the main path of the KE to the west of 155°E are both present on the south side (Figure 3C). However, the high eddy occurrence east of 155°E is mostly separated into the north side. Note that the eddies located at the boundary of the study region are not included in this study.




Figure 3 | (A) Example of delineating the north and south sides of the KE with daily sea surface height (SSH) on September 26, 2004, and the corresponding eddies on each side. The black dotted line is the 170 cm SSH contour, representing the main path of the KE. Red (blue) circles represent the centers of the anticyclone (cyclone), and solid (hollow) circles represent eddies in the north (south). (B, C) represent the percentages of eddy occurrence to the north and south of the KE main path, overlaid with the averaged main path of KE (dashed line).



Based on the polarities of eddies and their relative locations to the main path of the KE, four groups of eddies are delineated. Their temporal evolution of the averaged SST gradient within two radii of the eddies shows prominent variation over the lifetime of the eddies (Figure 4). For all groups of eddies, the fluctuation in the SST gradient over the lifetime is more than 1×10-3°C/km, although the variation over time is different for each group. The SST gradient in the anticyclonic eddies in the north rapidly weakens after generation and rebounds to a larger value than the initial gradient at approximately 0.4 of their lifetimes but weakens quickly and remains at approximately the initial gradient until their termination (Figure 4A). For cyclonic eddies in the north, the SST gradient decreases during the first half of their lifetime and increases during the second half of their lifetime to a value similar to the initial gradient (Figure 4B). The anticyclonic eddy in the south is the only group with an enhanced SST gradient during the first 0.6 of their lifetimes until a sudden weakening and enhancement of approximately 0.65 and 0.84 occur, respectively (Figure 4C). The SST gradient in south cyclonic eddies weakens after eddy generation, with a large strengthening during the middle phase of their lifetime, and returns to normal at the end (Figure 4D). The south eddies have more complex mechanics, where two crests and two troughs are generally identified during their lifetimes, but the SST gradient is larger in the north. Note that eddies are not detected during the time of their generation due to the small sea level anomaly (SLA) (Gaube et al., 2014); thus, the initial SST gradient actually incorporates the impact of eddies after a period of eddy intensification.




Figure 4 | Temporal evolutions of the averaged SST gradient (×10-3°C/km) for (A) an anticyclone and (B) a cyclone in the north and (C) an anticyclone and (D) a cyclone in the south over the lifetimes of the eddies. The dashed horizontal line represents the corresponding overall average. The gray shading represents standard errors.



The SST gradients of eddies in the four groups are further composited to obtain their respective spatial patterns (Figure 5). The background average of the SST gradient for each eddy is removed before composition; thus, the influence of eddies on the SST gradient is revealed in the anomalous field. The eddies with different polarities have a generally consistent pattern with the overall average (Figure 2); the strengthened SST gradient zone is located on the north (south) side of the anticyclonic (cyclonic) eddy, and the value is weakened near the eddy center. The maximum (minimum) SST gradients are 12 (-9)×10-3°C/km, 5.9 (-5) ×10-3°C/km, 6.4 (-4) ×10-3°C/km and 1 (-2) ×10-3°C/km for the anticyclone and cyclone in the north and the anticyclone and cyclone in the south, respectively. Obviously, the eddies on the north side induce larger variations in the SST gradient. A detailed comparison shows that the distribution of the SST gradient in eddies also varies in space. For anticyclonic eddies in the north, a large SST gradient is located slightly outside the north of the periphery, and the range of the SST gradient anomaly is large (Figure 5A). However, for anticyclones in the south, the large SST gradient is located closer to twice the radius in the north, which is associated with a limited range of the SST gradient (Figure 5G). In terms of cyclonic eddies, the SST gradient for eddies in the north is highly consistent with the spatial pattern of the overall average in cyclones (Figures 2B, 5D), but those in the south show large negative values near the center associated with weak positive values outside the periphery (Figure 5J).




Figure 5 | Composite of the SST gradient (×10-3°C/km) for (A–C and G–I) an anticyclone and (D–F and J–L) a cyclone in the (A–F) north and (G–L) south of the KE main path. The value within twice the radius is used for the composite, and the background field is removed in advance. The second (B, E, H, and K) and third (C, F, I, and L) columns correspond to the monopole and dipole features, respectively. The red (blue) circles represent the peripheries of anticyclonic (cyclonic) eddies. The total number of eddies used for the composite is shown for each row.



The total SST gradient anomaly is further separated into monopole (Figures 5B, E, H, K) and dipole (Figures 5C, F, I, L) features. For all eddies in the KE region, the dipole features show a negative SST gradient anomaly in the eddy center, and the SST gradient anomaly changes to positive outside the eddies. The zone with an SST gradient anomaly close to zero is located near the radius, although it is slightly inside (outside) the periphery of the eddy for a cyclone (anticyclone). The only exception is the cyclonic eddies in the north, where a positive circle is identified around the periphery of the eddy, while the remaining regions have negative values. The structure of the monopole is intuitively shown by calculating the averaged SST gradient anomaly over different distances from the center (Figure 6).




Figure 6 | Averaged monopole of the SST gradient (×10-3°C/km) over different distances from the eddy center for (A) an anticyclone and (B) a cyclone in the north and for (C) an anticyclone and (D) a cyclone in the south. The horizontal dotted line represents the value of zero. The distance labeled on the x-axis shows the center C, radius (R) and twice the radii (2R) of the composited eddies. The gray shading represents the range between 30% and 70% of the total distribution.



The monopole feature in the eddies delineates the spatial variation in the SST gradient over different distances from the eddy centers (Figure 6). Consistent with the spatial pattern (Figure 5), the SST gradient anomaly for all eddies is that the KE region shows negative values near the center of the eddy. The SST gradient anomaly is larger in the anticyclonic eddies than in the cyclonic eddies; this pattern is particularly true for eddies in the north (Figure 6A). Outside the radius of the eddy, the SST gradient anomaly mostly becomes positive. The only exception is the cyclonic eddies in the north, where the SST gradient is positive around one radius of the eddy and negative near the eddy center and twice the radius (Figure 6B). Thus, these eddies are characterized by a unique distribution of three bands from the center to the surroundings. Based on this pattern, the cyclonic eddies in the north are divided into three bands for the following analysis.

Dipole features present very different patterns in anticyclonic (Figures 5C, I) and cyclonic (Figures 5F, L) eddies. For anticyclonic eddies, the SST gradient anomaly is positive and negative in the north and south, respectively, and their areas are approximately equal to each other. The cyclonic eddies in the north have prominent dipole features, where the positive (negative) gradient is advected anticlockwise toward the south (north) (Figure 5F). A similar but scattered pattern is identified for the cyclonic eddies in the south (Figure 5L).

In addition to the temporal evolution of the overall averaged SST gradient (Figure 4), the averaged SST gradient over different areas of eddies also varies over time (Figure 7). In particular, the averaged SST gradient is obtained for the area with a negative (positive) anomaly, which is mostly inside (outside) the radii of eddies (Figure 6). An exception is the cyclonic eddies in the north, where the SST gradient is positive for the area near the radius and negative for the remaining area (Figure 6B); thus, the group is divided into three areas, e.g., inside, middle and outside. The anticyclonic eddies in the north have a negative SST gradient inside eddies with a value of approximately -5.7×10-3°C/km and a positive SST gradient outside, e.g., 2.7×10-3°C/km, where both values are highly stable (Figure 7A). The feature is similar for the anticyclonic eddies in the south, although the values are smaller than those in the north (Figure 7C). The cyclonic eddies in the north are the most unique group, and the positive SST gradient in the middle is strengthened after generation and weakened before vanishing, which is associated with the large variation in the SST gradient inside and outside the eddies (Figure 7B). The cyclonic eddies in the south have a negative SST gradient of approximately -0.8×10-3°C/km, and the SST gradient outside is only approximately 0.2×10-3°C/km (Figure 7D). The difference in the SST gradient inside and outside anticyclonic eddies is more prominent than that in cyclonic eddies. For example, the mean SST gradient inside the anticyclone in the north (south) is greater than 4 ×10-3°C/km (3 ×10-3°C/km) but is less than 1 ×10-3°C/km for cyclones. However, the fluctuation in the SST gradient is more prominent for cyclones than anticyclones.




Figure 7 | Temporal evolutions of the averaged SST gradient (×10-3°C/km) inside (blue) and outside (yellow) (A) anticyclonic and (B) cyclonic eddies in the north (the black line is the averaged SST gradient over the middle area of cyclonic eddies in the north) and (C) anticyclonic and (D) cyclonic eddies in the south. The gray, blue and yellow shading represents the standard error.





Discussion

The KE region is characterized by abundant mesoscale dynamics, such as eddies and fronts, which are common characteristics of boundary current systems (Yuan and Castelao, 2017). A front is generated when different water masses converge and can be identified via the SST gradient (Castelao and Wang, 2014). The spatial distribution of the SST gradient and eddies was investigated in this study, and the strong SST gradient region is mainly to the north of the KE and nearshore, especially near currents (Figure 1A). Due to the large stratification in the northern region, the corresponding SST and SST gradients are more sensitive to local upwelling, which introduces largely different features than those of surrounding water masses (Sato et al., 2016). Similarly, ocean currents, e.g., the Kuroshio and Oyashio Currents, can transport water with largely different features to their surroundings (Chelton et al., 2011a), leading to enhanced frontogenesis. Indeed, the frontal region with a strong SST gradient (Figure 1A) coincides well with the boundary of major currents, e.g., the Subarctic Front and the Kuroshio Bifurcation Front (Itoh and Yasuda, 2010). Mesoscale eddies are mainly distributed along the main path of the KE; in particular, the region with high eddy occurrence matches the large meanders of the KE main path (Ji et al., 2018). The meridional swing of the KE mainly occurs downstream of the KE, e.g., east of 155°E (Figure 3). As the meander of KE forces negative SSH anomalies southward, the KE rides over the ridges and introduces instability downstream of the KE (Qiu and Chen, 2005). The spatial variation in the SST gradient induced by eddies is fully investigated for the underlying dynamics.

The frontal variability induced by mesoscale eddies is quantitatively assessed in the KE region. Both anticyclonic and cyclonic eddies weakened (strengthened) the SST gradient inside (outside) the eddies (Figure 2), although their areas with elevated SST gradients were different. This result is at least related to the propagation of eddies and the associated dynamic processes. In particular, eddies have a westward propagation in the KE region (Itoh and Yasuda, 2010) such that their velocity on the east side is intensified by the steep SSH gradient, but the gentle SST gradient on the west side induces reduced velocity (Early et al., 2011). Hence, in anticyclonic (cyclonic) eddies, the increased equatorward (poleward) flow in the east transports more water southward (northward), while reduced poleward (equatorward) flow in the west transports less water northward (southward). As a result, the water masses diverge and induce upwelling in the north (south) of anticyclonic (cyclonic) eddies, converge in the south (north) and induce downwelling. As the local upwelling outcrops subsurface water to the surface, the upwelled water further expands and converges with surrounding surface water (Wang et al., 2021a). The resulting horizonal deformation between upwelled cold water and surrounding warm water at the surface subsequently elevates the SST gradient (Hoskins and Bretherton, 1972). Thus, the SST gradient north of anticyclonic (cyclonic) eddies is larger (smaller) than that south. Furthermore, eddy-related dynamic processes can introduce variations in the SST gradient. Because the largest contrast in SST takes place across the main path of the KE (Jing et al., 2019), the eddies in the main path induce prominent changes in SST. For example, the advection of anticyclonic eddies drives warm (cold) SST intrusion northward (southward) on their west side (east side) and elevates the corresponding SST gradient. This feature can be widely identified from the daily satellite observations of SST and location of eddies (not shown). Additionally, anticyclonic (cyclonic) eddies are mainly generated around the KE (Figure 1B) via instability in the meanders, which are mostly distributed to the north side (south side) of the main path (Ji et al., 2018). As the SST gradient generally increases toward the north (Figure 1A), the anticyclonic (cyclonic) eddies preferably maintain a large (small) SST gradient during its generation due to eddy trapping. Thus, the overall SST gradient is slightly larger in anticyclonic eddies than in cyclonic eddies. Additionally, because of the small equatorward propagation tendency of the anticyclonic eddies (Early et al., 2011), the large background SST gradient in the north shifts toward the north during meridional migration, leading to a further intensified SST gradient in the north of anticyclonic eddies (Figure 2A). In comparison, cyclonic eddies are moving northward (Early et al., 2011), and the larger background SST gradient will be gradually included in the northern eddies (Figure 2B). These dynamics introduce the complex spatial distribution of the SST gradient for each polarity of the eddies.

By further delineating eddies with different polarities to the north and south of the KE main path, eddies with different SST gradient backgrounds are individually investigated (Wang et al., 2021b). The temporal evolution of the SST gradient shows that they vary by more than 1×10-3°C/km over their lifetimes (Figure 4), and the variation is different for each group (Figure 5) due to the eddy-induced variability in the SST gradient (Yuan and Castelao, 2017). In particular, eddy trapping can separate the water mass from its origins and carry the water over a substantial time (Chelton et al., 2007). The SST gradient around the eddy periphery is becoming largely elevated due to the prominent difference in the SST trapped inside eddies during their generation and the SST outside eddies during their propagation (Figures 5A, D, G, I). In this case, monopole features are important, and the SST gradient gradually weakens due to eddy pumping and interior mixing (Figures 5B, E, H, K). Eddy strings can change the horizontal distribution of the background SST gradient (Chelton et al., 2011a), leading to a crescent shape with an enhanced SST gradient along the periphery (Figures 5C, F, I, L). The eddy-induced SST gradient is related to the background SST gradient, as many processes introduce the redistribution of the background field; thus, the SST gradient to the north of eddies is usually associated with a strengthened SST gradient.

The complex spatial distribution in the eddy-induced SST gradient (Figure 5) is revealed by calculating the monopole average of the eddy center, and the dipole feature induced by eddy advection is cancelled out. Except for northern cyclonic eddies, the eddies have a reduced SST gradient region inside their peripheries and a strengthened SST gradient outside, with the transitional zone mostly occurring near their radius (Figure 6). Thus, eddies mostly reduce the interior SST gradient, which contrasts with former studies where eddy-induced vertical transport results in anomalous changes in the SST and Chl-a within eddies (Gaube et al., 2014). The reduced SST gradient within eddies can also rely on eddy pumping, which introduces mixing and downwelling that result in relatively similar SST values (Siegel et al., 2011). The northern cyclonic eddies intensely strengthen the SST gradient along the southern periphery of eddies and overcome the reduction in the northern section (Figure 5D). Corresponding eddies are mostly generated by horizontal shear instability with a smaller scale and shorter lifetime (Ji et al., 2018). Considering the large background field in the SST (Wang et al., 2021b), these eddies originating from the KE converge with the surrounding water, leading to large differences along the eddy edge (Figure 5).

The averaged SST gradients outside of eddies are relatively stable because the background field is persistent (Figure 7). The values vary more prominently inside the eddy’s lifespan and are associated with several weak strengthening and weakening periods. This result is due in part to eddy-induced dynamics, such as upwelling, which transports subsurface water to the surface and results in a large contrast between internal cold water and warm water in the surroundings (Sun et al., 2020). Note that there is large variance during the lifespans of eddies, indicating that the feature is largely different in each case. The middle area in the northern cyclonic eddies shows a clear trend: increasing during the first half of their lifetime and decreasing afterward (Figure 7B). This trend might be related to the intensities of eddies, which also peak in the middle of the lifetime and can introduce upwelling to elevate the SST gradient between the interior and outside of eddies (Gaube et al., 2014). Thus, the change in the spatial pattern of eddies indicates the intensity of underlying dynamics, although multiple processes may simultaneously generate the same feature.

The KE has prominent interannual variability, classified as stable and unstable modes, and each mode can last for a few years (Qiu and Chen, 2011). The dynamic energy is different for the KE region, which is characterized by more (less) mesoscale dynamics during unstable (stable) modes (Qiu et al., 2014). However, the corresponding information is not included in this study. The investigated relationship between eddies and SST gradients focuses only on the ocean surface due to the limitation of remotely sensed data (Ritchie et al., 2003). The vertical structure of eddies can reach a depth of 160 meters (Sun et al., 2019), and the depth of the front can reach more than 300 m (Wang et al., 2020). Thus, the entire structure of eddies and fronts is not fully incorporated in the current study. With the development of autonomous underwater vehicles, e.g., glider and Argo floats, and high-resolution numerical models, the relationship between the mesoscale dynamics is expected to be resolved in a more comprehensive manner (Chai et al., 2020). The dependence between mesoscale dynamics can provide a complete picture for understanding the ocean.



Conclusion

In this study, the spatial distribution of the SST gradient and mesoscale eddies and their dependence are fully investigated. As the SST gradient is widely applied for gauging frontal activities, the information is new for understanding the relationship between major mesoscale dynamics, e.g., fronts and eddies. Furthermore, the northern regions have much larger SST gradients, and the eddies located to the north and south of the KE are separated to investigate their respective features without interference by the background field (Wang et al., 2021b). The spatial pattern and associated temporal variation are fully presented to assess the eddy-induced dynamics for modulating frontal activities. In comparison, former studies have mostly focused on investigating the impact of eddies on oceanic features, e.g., SST or Chl-a, but the influence on SST gradients or fronts is not yet available (Liu et al., 2020). Thus, the current study offers some new insight into the impact of eddies on modulating the distribution of frontal activities.
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We assessed spatial and seasonal variabilities of eddy-driven vertical nutrient fluxes, which are essential for maintaining primary production in the upper ocean. A climatological model based on a Regional Oceanic Modeling System (Regional Oceanic Modeling System) coupled with a Nutrient Phytoplankton Zooplankton and Detritus (NPZD) biogeochemical model at a submesoscale eddy-permitting resolution was used to investigate the mechanisms driving such variabilities around the Kuroshio, off the coast of Japan. The model realistically reproduced the spatial segmentations in primary production on both sides of the Kuroshio path with a higher chlorophyll-a concentration on the northern side than the southern side. In winter, downward eddy-induced nitrate flux is predominantly provoked in the upstream Kuroshio region (KR), while upward nitrate fluxes prevail in the downstream Kuroshio Extension (KE) region, due to both shear and baroclinic instabilities. Baroclinic instability plays a crucial role in inducing seasonal variability, leading to enhancement (reduction) of the eddy flux in winter (summer), particularly in regions away from the Kuroshio axis. Furthermore, we found that the influence of the Izu-Ogasawara Ridge, located in the KR, on regional dynamics and resultant spatial variability of the biogeochemical response are mostly confined in the KR. The Kuroshio is less turbulent in the upstream of the ridge, while it becomes unstable to shed mesoscale eddies in laterally wider and vertically deeper regions downstream. Consequently, although the near-surface nitrate concentration is lower downstream, the upward eddy-driven nitrate flux is more effective in maintaining active primary production due to the shear and baroclinic instabilities in winter.
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1 Introduction

Carbon exchange between the atmosphere and ocean substantially regulates climate change. Previous studies have reported that approximately one-half of total CO2 emissions are taken up by a combination of terrestrial and marine carbon reservoirs (e.g., Schimel et al., 2001; Ballantyne et al., 2012). Nellemann et al. (2009) reported that 55% of all biological carbon is captured by marine organisms, commonly referred to as “blue carbon”. Falkowski et al. (1998) showed the biogeochemical controls and feedbacks on global ocean primary productivity, which are responsible for pelagic blue carbon. Meanwhile, carbon cycling in coastal waters is a major component of global carbon cycles and budgets (Bauer et al., 2013). In general, localized upwelling due to mesoscale cyclonic eddies brings nutrient-rich subsurface water to the surface to enhance near-surface primary productivity. Particularly in pelagic upper ocean, subsurface nutrients are the only source, which are greatly influenced by vertical transport due to eddy-induced localized upwelling (e.g., Falkowski et al., 1991). Satellite observations revealed that spatial variability in surface chlorophyll was distributed on both mesoscale and submesoscale. Numerical simulations have also been conducted with particular concerns about biological responses to mesoscale and submesoscale variability. It has been recognized that biogeochemical cycles could be affected by mesoscale eddies in the global upper ocean (e.g., Chelton et al., 2011; Gaube et al., 2013). For instance, Lee and Kim (2018) investigated regional variability and turbulent characteristics of submesoscale surface chlorophyll concentrations and demonstrated that spring (fall) blooms are more active in the coastal areas in the Japan sea because of the stronger submesoscale horizontal shear and vertical processes that increase vertical mixing. Liu and Levine (2015) also concluded that the chlorophyll concentration was increased by 38% on average (83% maximum) at submesoscales during the cold season in the North Pacific Subtropical Gyre. The offshore transport of nutrients and carbon driven by filaments and mesoscale eddies in the California Current System was discussed based on a coupled physical-biogeochemical model in a climatological configuration (Nagai et al., 2015).

The Kuroshio is one of the most energetic western boundary currents accompanied by vigorous eddy activity at mesoscale and submesoscale. It originates from the eastern area of Philippines, drifts north along the East China Sea shelf, and veers northeast to flow past the southern coast of Japan. The Kuroshio then separates from the shelf near 140°E and 35°N, forming a free jet known as the Kuroshio Extension, in the North Pacific Ocean (Kawai, 1972; Qiu, 2002). Both nutrient concentrations and their inventories in the northern South China Sea are affected by abrupt Kuroshio intrusions through the Luzon Strait on seasonal scales (Du et al., 2013). The total annual nitrogen input due to the frontal eddies could result in a carbon production rate of 40 g C m-2 y-1 in the Enshunada Sea (Kimura et al., 1997; Nakata et al., 2000). Kaneko et al. (2013) reported that segmentation of vertical nitrate fluxes on both sides of the Kuroshio is observed in the Kuroshio region (hereinafter referred to as KR; see the thick black box in Figure 1A). Kodama et al. (2014) analyzed seasonal and spatial variabilities of nitrate concentration in the upper ocean along 138°E in the KR and demonstrated a higher value in winter. In the eastern part of the KR, the Kuroshio passes over the Izu-Ogasawara Ridge, a unique shallow topography consisting of two major island chains located off the south coast of Japan along 140–141°E. Sugimoto and Hanawa (2012) reported that the Kuroshio tends to be unstable downstream after it passes over the shallower part of the ridge at a depth of ~1000 m, leading to intense eddy mixing. Studies on the volume transport of the Kuroshio (e.g., Isobe and Imawaki, 2002) and the westward propagation of eddies near the Izu-Ogasawara ridge (e.g., Ebuchi and Hanawa, 2001; Xu et al., 2016) have been extensively conducted despite the lack of biogeochemical connections. In contrast, in the Kuroshio Extension (KE) region (east of M5 in Figure 1B), primary production in spring is occasionally lowered by a lack of nitrate and silicic acid (Nishibe et al., 2015). Intermittent nutrient transport induced by ageostrophic vertical circulation and mixing has been detected on a timescale of a few days near the Kuroshio front in the KE (Clayton et al., 2014) due to the combination of diabatic turbulence and adiabatic subduction (Nagai et al., 2012). The importance of cyclonic (anticyclonic) eddy generation and related eddy core migration for enhancement (reduction) of phytoplankton production in the KE has been discussed (e.g., Sasai et al., 2010; Kouketsu et al., 2014). More recently, a climatological model (Uchiyama et al., 2017) showed significant differences of the biogeochemical responses to eddy activities in the KR and KE. In the KR, persisting cyclonic eddies developed between the Kuroshio and coastline are responsible for upwelling-induced eutrophication. However, the eddy-induced vertical nutrient flux counteracts and promotes pronounced southward and downward diapycnal nutrient transport from the mixed-layer down beneath the main body of the Kuroshio, which suppresses the near-surface productivity. In contrast, the KE has a 23.5% higher productivity than the KR, even at comparable eddy intensity. Upward nutrient transport prevails near the surface due to predominant cyclonic eddies, particularly to the north of the KE, where the downward transport barely occurs, except at depths deeper than 400 m and to a much smaller degree than in the KR. In addition to abundant mesoscale eddies shed around the Kuroshio, smaller but more intensive submesoscale eddies with sizes of O (1-10 km) are known to appear mainly in colder seasons due to the mixed-layer deepening and surface cooling (e.g., Kamidaira et al., 2018). Although submesoscale eddies are mostly confined in the surface mixed layer, they promote quite energetic vertical secondary circulations that are anticipated to enhance vertical transport of subsurface nutrient and thus to affect upper-ocean primary production.




Figure 1 | (A) The ROMS-NPZD model domain encompassing the Kuroshio Region (KR) and the Kuroshio Extension Region (KE). The thick black box indicates the KR, while the outer square corresponds to the perimeter of the model domain. The blue line annotated with N1 is the selected transect along 145°E, a representative of the KE, with three black dots on N1 showing the sampling locations for Hovmöller plots (Figure 4). (B) The enlarged view of (A) corresponding to the black box in (A). The five blue lines represent the selected transects along 138°E, 138.9°E, 139.7°E, 140.5°E, and 141.4°E in the KR, named M1-M5, that are used for the subsequent analyses. The black dots on M1-M5 again show the locations used for Hovmöller plots in Figures 3,  6–8. Red contours indicate the approximate Kuroshio path with surface velocity magnitudes ≥ 0.5 m/s at intervals of 0.3 m/s. Colors are bathymetry.



There are abundant studies concerning seasonal and interannual variabilities of primary production and related parameterization, including those conducted by Uitz et al. (2010), who analyzed seasonal and interannual variabilities of global phytoplankton class-specific primary production. Analyses in several specific regions have also been undertaken. For example, subsurface chlorophyll maxima (SCM) are seasonal features and have strong effects on depth-integrated primary production estimates in the Arctic Ocean when the surface nitrate is depleted, while its interannual variability is very limited (Ardyna et al., 2013). For SCM, Cullen (2015) summarized that phytoplankton growth is controlled by a balance between available light intensity and nutricline depth, presumably influenced by seasonal variations in vertical nitrate flux that could directly change the structure of SCM. Lomas et al. (2012) reported seasonal primary production on the Eastern Bering Sea shelf in spring and summer 2008 and 2009, concluding that the integrated rate of net primary production is generally lower in summer, while phytoplankton growth rate is higher. The pattern of seasonally integrated primary production dynamics in the Kara Sea, Russia, was discussed based on satellite data obtained in 2003–2015 (Demidov et al., 2017). Seasonal variability of the integrated net primary production dominates over the interannual signal in the Mediterranean Sea (Lazzari et al., 2012). However, studies on the seasonal variability of the primary production in the KR and KE are limited, particularly in conjunction with the eddying Kuroshio currents affected by the ridge topography in the KR.

In the present study, we aimed to analyze the seasonal variability of eddy-driven vertical nutrient fluxes that play essential roles in maintaining upper-ocean primary production, as well as its driving mechanisms in the KR and KE regions. To this end, we employed a high-resolution model based on the Regional Oceanic Modeling System (ROMS; Shchepetkin and McWilliams, 2005; Shchepetkin and McWilliams, 2008) coupled with a nitrogen-based nutrient, phytoplankton, zooplankton, and detritus (NPZD) biogeochemical model described by (Fasham et al., 1990). The model is initialized by the assimilative Japan Coastal Ocean Predictability Experiments (JCOPE2) oceanic reanalysis (Miyazawa et al., 2009) and is run in a climatological configuration for 10 years. This model was originally developed and validated in a previous study (Uchiyama et al., 2017), where the annually averaged eddy-driven nitrate fluxes were discussed to highlight the opposing downward and upward vertical nutrient supply in the KR and KE regions, emphasizing that downward nutrient flux suppresses primary production in the KR. In contrast, the present study was focused on the seasonal variability of eddies and associated vertical nutrient fluxes along the Kuroshio path (or axis) around the KR and KE regions with additional emphasis on the ridge topography. The remainder of this paper is organized as follows. The design and configuration of the coupled model are described in Section 2. Section 3 introduces the model results including the seasonal variability of surface biogeochemistry and eddy activity in relation to the Kuroshio dynamics, as well as the effects of the oceanic ridge in the KR. The dynamics and the eddy generation mechanisms are discussed in Section 4, followed by concluding summary in Section 5.



2 Methods


2.1 Ocean circulation model

We exploited a downscaling ocean circulation model based on the Regional Oceanic Modeling System (ROMS; Shchepetkin and McWilliams, 2005; Shchepetkin and McWilliams, 2008), coupled with a nitrogen-based pelagic NPZD biogeochemical model (Section 2.2), encompassing both KR and KE regions (Uchiyama et al., 2017). The initial and side boundary conditions for the ROMS were provided by monthly climatology of the assimilative JCOPE2 oceanic reanalysis (Miyazawa et al., 2009). A one-way offline nesting technique was employed to convey the parent JCOPE2 to the child ROMS model with grid resolution refinement (e.g., Mason et al., 2010; Uchiyama et al., 2014; Kamidaira et al., 2017; Uchiyama et al., 2017; Kamidaira et al., 2018; Uchiyama et al., 2018a; Uchiyama et al., 2018b; Uchiyama et al., 2018c; Tada et al., 2018; Masunaga et al., 2018; Kamidaira et al., 2019; Masunaga et al., 2019; Zhang et al., 2019; Kurosawa et al., 2020; Kamidaira et al., 2021; Takeda et al., 2021; Uchiyama et al., 2022; Masunaga et al., 2022; Matsushita et al., 2022). Therefore, the horizontal grid spacing was successfully reduced from 1/12° (~10 km) of the JCOPE2 reanalysis to 3 km of the ROMS model, and vertically into stretched 32 s-layers (Shchepetkin and McWilliams, 2005) with grid height refinement near the surface and bottom to adequately resolve the boundary layers. We employed the K-Profile Parameterization (KPP) mixed-layer turbulence model described in Large et al. (1994) and Lemarié et al. (2012) to represent the vertical momentum and tracer mixing. With a 3-km grid resolution, the present model is considered to be a submesoscale eddy-permitting model, in which submesoscale eddies are marginally represented (e.g., Uchiyama et al., 2017). The SRTM30_PLUS product (Rodriguez et al., 2005; Rodriguez et al., 2006; Becker et al., 2009) at a 30 arc second resolution complemented by the J-EGG500 (http://www.jodc.go.jp/data_set/jodc/jegg_intro.html) data set at a 500 m resolution was utilized to represent the bathymetry. The ROMS model was forced by the daily climatology of the GPV-GSM surface wind stress (Roads, 2004) provided by the Japan Meteorological Agency (JMA). The surface heat and freshwater fluxes were obtained from the monthly climatology of the Comprehensive Ocean-Atmosphere Data Set (COADS; Woodruff et al., 1987). Additionally, four-dimensional temperature and salinity (TS) nudging (also known as robust diagnostic; e.g., Marchesiello et al., 2003) was used to improve the Kuroshio path reproducibility, with a weak nudging inverse time scale of 1/20 per day. Table 1 summarizes the detailed numerical configurations of the ROMS models.


Table 1 | Ocean circulation model configurations.





2.2 Biogeochemical model

We employed a simple nitrogen-based pelagic NPZD biogeochemical model based on (Fasham et al., 1990), with a modification described by Gruber et al. (2006), where we consider five components: nitrate , ammonium  , phytoplankton [Phyt], zooplankton [Zoo] and detritus [Det]. The conservation equations are given as follows:











where D/Dt is the material derivative that includes 3-D advection, vertical settling of [Phyt], [Zoo] and [Det], and vertical eddy diffusive fluxes computed by the KPP model (Large et al., 1994). Q1 indicates the rate of nitrate uptake by phytoplankton, Q2 denotes the rate of ammonium uptake by phytoplankton, and G is the rate of phytoplankton grazing by zooplankton. These three terms are given by:







where αj is the light limited growth rate, with unit of d-1, as a function of photosynthetically active radiation (PAR) and maximum growth rate (see Eqs. 4-5 in Fasham et al., 1990). The other model parameters are summarized in Table 2.


Table 2 | Biogeochemical model configurations.



The seasonal climatology of the World Ocean Atlas 2005 (WOA05. e.g., Garcia et al., 2006) and the monthly climatology of the MODIS/Aqua satellite data (https://oceandata.sci.gsfc.nasa.gov/MODIS-Aqua/) provided the initial and lateral boundary conditions for nitrate and phytoplankton. In the present study, we followed the configuration described by Gruber et al. (2006) and Uchiyama et al. (2017) to set zooplankton to be proportional to chlorophyll-a (Chl-a) concentration for its initial and boundary conditions. Meanwhile, ammonium and detritus were initialized to zero. More details on the modeling approach of the current ROMS-NPZD model are reported in Uchiyama et al. (2017). The model was run for 10 years in a climatological mode, and the results for the last (10th) year of data were used for the following analyses.

The present study investigates the upper-ocean primary production, which is synthesis of organic compounds from CO2, mainly by photosynthesis that uses light as its energy while it often appears through chemosynthesis that relies on oxidation as the energy. Yet photosynthesis and primary production are not the same concept, Chl-a concentration and primary production are closely related to each other. For example, Behrenfeld et al. (1998) evaluated the primary production from Chl-a concentration with an empirical relation:



where P is primary production with the unit of mgC m-2 d-1, C is the Chl-a concentration with the unit of mgC m-3. Because P could be evaluated more complicatedly with Chl-a specific absorption coefficient of phytoplankton, PAR, etc, Eq. (9) is just a simplified representation. Although P may also be evaluated from the nitrate and ammonium uptakes, viz., Eqs (6) and (7), with some assumptions such as the canonical Redfield C/N ratio of 6.625 (e.g., Koné et al., 2005), in-situ P is still underway to be quantified precisely and universally (e.g., Oschlies, 2001). Instead, we simply view Chl-a as a good proxy of P relying empirically on Eq. (9) in the present analysis by presuming that spatiotemporal variabilities of P could be qualitatively represented by surface Chl-a field in the study area. Hence, we leave the detailed quantification of P to future works.




3 Results


3.1 Surface Chl-a and eddy activity

The reproducibility of the hydrodynamic kernel of the present coupled ROMS-NPZD model has been extensively confirmed to show a good agreement in the annual and seasonally averaged values against satellite altimetry and sea surface temperature (SST) data, in situ cross-sectional density measurements, resultant 3D velocity fields, including the Kuroshio, and eddy intensity (Uchiyama et al., 2018b). More importantly, the NPZD model was also validated with the climatological satellite Chl-a data to show overall agreement, such as enhanced upper-ocean primary productivity enriched by the nutrient stream accompanied by the Kuroshio (Uchiyama et al., 2017; Nagai et al., 2019). Although this simplified nitrogen-based pelagic model is not perfectly correct, Uchiyama et al. (2017) concluded that the present model performs reasonably well in diagnosing biological responses to eddy activities in the upper ocean around the Kuroshio. However, there are several subtle discrepancies between the model and observations, which are generally considered to play minor roles in the present study. For example, modeled primary production is slightly overestimated in the north of the Kuroshio path in the KE compared to satellite observations, likely due to the use of a suboptimal set of the biological parameters and the biogeochemical model equations. Another possible cause may be the lack of an iron limitation mechanism (e.g., Fiechter et al., 2009; Moore et al., 2013). In addition, the Chl-a concentration near coastal areas is underestimated because the model ignores land-derived nutrient input that should affect coastal productivity significantly. In turn, as the coastal Chl-a from the satellite is often contaminated by influences of suspended particulate matters (e.g., sediments), the present inconsistency must be diagnosed carefully in future works. It is worth noting that we intentionally excluded the land-derived nutrient source because the primary aim of the present study was to understand the influence of oceanic eddy dynamics on vertical nutrient transport and their role in sustaining upper-ocean productivity, while avoiding terrestrial influences in the upper ocean that may introduce additional seasonality.

Figure 2 shows the spatial distributions of seasonally averaged surface Chl-a concentrations from winter (Dec.–Feb.) to fall (Sep.–Nov.). An obvious spring bloom (Mar.–May) occurs extensively on the northern side of the Kuroshio, between Hokkaido Island (~144°E, 45°N) and the central Honshu Island (~140°E, 35°N), because of abundant nutrient supply from deeper layers to the surface in early spring (Figure 2B). By contrast, although the Chl-a concentration on the southern side of the Kuroshio is enhanced slightly, it remains lower than that on the northern side. A possible reason is that the nitrate-depleted subsurface mode water is dominant underneath the south of the Kuroshio (e.g., Nishikawa et al., 2013). The surface Chl-a concentration is the lowest in summer (Jun.–Aug.; Figure 2C), and then it generally increases in colder seasons from fall to winter (Figures 2D,A). Meanwhile, the Chl-a concentration is the highest in the Japan Sea in winter, compared to other seasons (Figure 2A), which is inconsistent with observations (e.g., Yoo and Kim, 2003; Yamada et al., 2004; Park et al., 2014), most likely due to the lack of the land-derived nutrient input in the model. Nevertheless, the modeled seasonal variability of surface productivity on the Pacific side is largely consistent with the MODIS/Aqua satellite data and previous measurements (Sasai et al., 2007; Nagai et al., 2019). Qualitative evidence of the importance of eddies to seasonal productivity is demonstrated in the lower panels of Figure 2, in which snapshots of relative vorticity normalized by the local Coriolis parameter at the surface are depicted for the four seasons in the enlarged area (shown in the rectangular black boxes in the upper panels) around the KR and KE regions. While intensive mesoscale vortices are particularly significant around the Kuroshio, submesoscale eddies are generated more evidently in colder seasons, with relatively smaller spatial scales in the northern area (Figures 2E,F). In contrast, mesoscale eddies are more predominant in warm seasons (Figures 2G,H). This area is known to be occupied by intensive submesoscale coherent structures in winter, mainly due to the mixed-layer deepening and surface cooling (e.g., Kamidaira et al., 2018). Satellite ocean color images have proven that such mesosocale and submesoscale structures significantly affect the upper ocean dynamics to alter surface Chl-a concentrations at these scales (e.g., Sangrà, 2015; Hsu et al., 2020).




Figure 2 | Upper panels: Seasonally averaged modeled surface chlorophyll-a (Chl-a) concentrations in four seasons. Note that we define four seasons as winter (December-February), spring (March-May), summer (June-August), and fall (September-November), respectively. Lower panels: Daily snapshots of relative vorticity normalized by the Coriolis parameter at the surface on the middle day of the four seasons. Note that we use the Chl-a unit of μg/L here for comparisons to in-situ Chl-a data (e.g., Hsu et al., 2020). In contrast, phytoplankton concentrations shown in Figures 3, 4 and 7 are depicted with the nitrogen unit of mmol N m-3 for comparisons to other nitrogen compartments such as phytoplankton and nitrate to diagnose the nitrogen budget represented by the NPZD model. Nevertheless, the phytoplankton concentration can readily be converted into the Chl-a unit with a Chl-a:N ratio of 2.0 (see Gruber et al., 2006).










3.2 Comparison between Kuroshio Region and Kuroshio Extension Region


3.2.1 Vertical structures and eddy-driven nitrate flux

The surface Chl-a in Figure 2 shows noticeable differences in spatial patterns between the upstream (i.e., the KR; e.g., M1 along 138°E, Figure 1) and downstream (i.e., the KE; N1 along 145°E) regions along the Kuroshio. In the KR, a shoreward-confined high Chl-a is formed, compared with that in the KE. To understand the mechanisms of the different responses of primary production in the two regions, we investigated the vertical structures across the Kuroshio path and at two locations ±0.8° away from the path (Figure 1). Note that the Kuroshio path is defined by the maxima of the surface current velocity. In the present model, we assume that the nitrogen source is distributed as nitrate in the subsurface, beneath the mixed-layer (Sec. 2). Figure 3 shows Hovmöller diagrams of the nitrate concentration (left column), phytoplankton concentration (middle column), and vertical eddy-induced nitrate flux (right column) in the northern, central, and southern sides of the Kuroshio, from the top to the bottom rows along 138°E (M1, Figure 1B) in the KR. The magenta lines indicate the corresponding mixed-layer depth determined by the KPP boundary-layer sub-model of ROMS. To examine the impacts of eddies on vertical nitrate transport, the vertical nitrate flux FV was evaluated by applying Reynolds decomposition of relevant variables into the mean and eddy components using the following equation:

 

where w is the upward vertical velocity, N is the nitrate concentration  , the overbar denotes an ensemble (time) averaging operator, and the prime indicates the fluctuating (eddy) component for periods shorter than 90 days, calculated with a Butterworth frequency filter. Upward transport is defined as positive. We confirmed the cross terms are sufficiently small.

As expected, intra-annual, seasonal variability is evident in nitrate supply to the surface and the mixed-layer depth (Figures 3A-C). The mixed-layer deepens in colder seasons from December to April, along with an enhanced nitrate supply to the surface. This pattern is most significant on the northern side of the path in the KR, where nitrate concentration is the highest near the surface (Figure 3A). As the upper bound of the subsurface nitrate source (e.g., intermediate concentration at ~15 mmolN m-3 depicted in cyan) is lowered in the southward direction, as represented from Figures 3A-C, a meridional transition occurs with a southward upper-ocean decline in nitrate concentration. Although the upper bound is elevated at the northern location in warmer seasons from May to October, surface nitrate concentration is as low (Figure 3A) as those at the central and southern locations where the warm season upper bound is lowered (Figures 3B, C). Phytoplankton (viz., Chl-a concentrations) fluctuates quite sensitively in response to fluctuations in nitrate concentration in the mixed-layer (Figures 3D-F), depending on nitrate concentrations and geographical locations relative to the Kuroshio axis. Chl-a is distributed much deeper in colder seasons than warmer seasons because of deep convective vertical mixing, indicated by deepening of the mixed-layer, that promotes upward entrainment of subsurface nutrient-rich water, thereby maintaining high productivity.

Figure 4 shows the same plots as Figure 3, but along 145°E (KE, N1 in Figure 1A) to represent the KE region. Similar to the KR in Figure 3, primary production is largest on the northern side of the Kuroshio, particularly in colder seasons with a southward meridional phytoplankton downgradient (Figures 4D-F), where the nitrate upper bound descends (Figures 4A-B), even at the same distances from the Kuroshio path as compared to those in the KR. The spring blooms occur along the Kuroshio path and its south side from April to May (Figures 3E-F), while at the northern location, Chl-a concentrations in colder seasons are occasionally as high as those in spring (e.g., Dec. 20 and Feb. 10 in Figure 3D). The vertical eddy-driven nitrate transport is positive (upward) in the southern region. However, downward fluxes appear in the mixed-layer in winter along the Kuroshio path and its north side (Figures 3G, H), suppressing upper-ocean primary production associated with eddy influences.

Chl-a within and around the mixed-layer appears to be higher in the KE, exhibiting a reddish color from April to June (Figures 4E-F; up to ~1 mmol N m-3) than that in the KR (Figures 3E-F; ~0.4 mmolN m-3), except for the northern location where the nitrate concentration below the mixed-layer is much higher in the KR (Figure 3A). The spring bloom is also more remarkable in the KE than in the KR. The eddy-induced flux tends to exhibit upwelling at depths of ~100-300 m in the KE, particularly in colder seasons rather than warmer seasons, in the northern location (Figure 4G). As the sign of eddy nitrate flux fluctuates rapidly and repeatedly in time, we will look into time-averaged spatial distributions later. It should be noted that a high correlation (a correlation coefficient of ~0.62) between the nitrate concentrations and vertical eddy nitrate fluxes in both regions demonstrates that nitrate supply to the surface layer is strongly influenced by mesoscale and submesoscale eddies. Such a high correlation is more pronounced in the colder season, particularly on the north side of the Kuroshio path (Figures 3A and 4A). These results demonstrate that nutrient fluxes from the nutrient-rich subsurface layer to the nutrient-depleted surface layer are substantial for maintaining primary production near the surface.




Figure 3 | Hovmöller diagrams of nitrate concentrations (left column), phytoplankton concentration (middle column), and vertical eddy-driven nitrate flux (right column) in the northern (top row), central (middle row) and southern (bottom row) locations along 138°E in the Kuroshio Region (KR, M1 as shown in Figure 1). The magenta lines are the corresponding mixed-layer depth determined by the K-Profile Parameterization sub-model in ROMS.






Figure 4 | Same as Figure 3, but for 145°E in the Kuroshio Extension (KE, N1 as shown in Figure 1).



The other biological components (zooplankton, ammonium, and detritus) are briefly described below with the supplemental Figures S1 and S2. Increase in zooplankton concentration on the north side of the Kuroshio is delayed for a month or two (Figures S1A and S2A) compared with phytoplankton concentration, while zooplankton concentration is fairly low along the Kuroshio path and its south side (Figures S1B-C and S2B-C). During the spring bloom, nitrate is mainly consumed by phytoplankton, which is subsequently grazed by zooplankton. Nitrogen is mostly stored in phytoplankton and zooplankton compartments in the KR and KE. Therefore, the nitrate concentration decreases significantly, exhibiting an obvious negative correlation between plankton and nitrate concentrations. Phytoplankton and zooplankton death further enriches detritus sinking to ~100 m from the base of the mixed-layer (Figures S1D-F and S2D-F). Hence, the detritus concentration is commonly distributed relatively deeper in colder seasons than in warmer seasons because of the enhanced vertical mixing in colder seasons. Detrital decomposition and zooplankton death concurrently contribute to the increase of ammonium concentrations. Hence, inorganic nitrogen deduced from detritus is the major source of ammonium in the deeper region below the mixed-layer, especially on the northern side. Uptake of both nitrate and ammonium by phytoplankton leads to the depletion of ammonium in the mixed-layer, particularly along the Kuroshio path and on the southern side. The ammonium and detritus concentrations are higher in the KE than in the KR. The largest difference between the two regions is the subsurface ammonium on the northern side, which is distributed to 300 m depth in the KE, while it exists down to ~100 m below the mixed-layer base (Figure S2G). In addition, high-frequency fluctuations associated with eddy-driven nutrient transport are significant in all these compartments, showing substantial impacts of eddies on the biogeochemistry to depths of several hundred meters.



3.2.2 Averaged horizontal structures of vertical eddy-induced nitrate flux

In the upper ocean, the transient (eddy) component of the vertical nitrate flux dominates over the mean flux, as mentioned later. Therefore, we computed the vertically integrated eddy-induced nitrate flux Fv (Eq. 10) from the surface to a depth of 300 m to examine seasonal patterns of the horizontal distribution. We adapted 300 m here for the lower bound of the vertical integral in both seasons because it mostly encompasses highest productivity in winter (Figures 3 and Figure 4), whereas it shallows in summer that may lead to underestimation of Fv. However, this choice does not actually cause much problems according to our sensitivity tests with different depths for the lower bound. The upper panels of Figure 5 show the spatial distribution of vertically integrated and seasonally averaged Fv for winter and summer, while the lower panels are the enlarged views of the KR, shown by the blue boxes in the upper panel. The mean eddy-induced nitrate flux is generally large around the Kuroshio path, with several sign changes occurring as the Kuroshio flows northeastward in both seasons. Downward (bluish colors; ~136°E–139°E & ~33°N–34°N; ~140°E–142°E & ~34°N–35°N) and upward (reddish colors; ~138°E–140°E & ~33°N–34°N; <~141°E & <~35°N) fluxes alternately occur along the Kuroshio path, with an overall downward (upward) dominance in the KR (KE). Coastline topographies are also responsible for magnifying the eddy flux and enhance the complexity of the spatial distribution. The Enshunada Sea, located in the north of the Kuroshio in 136°E–140°E & 33.4°N–34.6°N, is characterized by a clear downward eddy flux in winter (Figures 5A, C), but by an overall positive (upward) flux in summer (Figures 5B, D).




Figure 5 | Upper panels: Spatial distribution of vertically integrated and seasonal averaged eddy-induced nitrate flux to 300 m depth in winter and summer. Lower panels: Enlarged plots of those shown in the upper panels for the Kuroshio Region (KR) shown by the blue boxes in the upper panels.



Seasonal differences in vertical eddy-driven nitrate fluxes are also apparent. The magnitude and extent of influences are largely increased (decreased) in winter (summer) when vertical mixing is stronger (weaker). Focusing on differences in the KR and KE regions, we note that the major trend of eddy nitrate flux is negative (downward) in the KR, particularly in the Enshunada Sea in winter, which competes with coastal upwelling nitrate transport from the nutrient-rich subsurface water as downward nitrate flux serves to reduce productivity. The spatially averaged eddy flux in the KR is dominated by downward flux, except during summer because of the intensive subsurface downward flux underneath the Kuroshio axis, as illustrated by the prominent negative flux in Figure 5 (see also Uchiyama et al., 2017). In contrast, the eddy nitrate flux is broadly positive (upward) in the KE (Figure 5A), particularly during winter, while it is negligibly small north of the Kuroshio during summer (Figure 5B). The sign change occurs around the Izu-Ogasawara Ridge, where the negative downward eddy flux in the upstream region (<139°E) becomes positive over the ridge (139°E–140°E), and then reverts back to negative in the downstream (140°E–142°E), before reaching the KE, particularly in winter.




3.3 Effects of the oceanic ridge in the Kuroshio Region: island mass effects

The Kuroshio flows over an oceanic ridge (Izu-Ogasawara Ridge; Figure 1B), located on the south coast of Japan in the KR, meridionally stretching along 139–140°E. This unique topography is considered to have remarkable influences on the Kuroshio and eddies, further affecting the associated biogeochemical responses. To examine changes in biogeochemistry due to the ridge, we set four more cross-sections along 138.9°E, 139.7°E, 140.5°E, and 141.4°E, both upstream and downstream of the ridge (M2-5, Figure 1B).

Figure 6 illustrates Hovmöller diagrams of nitrate concentrations on the time-averaged Kuroshio main axis, from west to east, and the two meridionally remote stations ±0.8° from the axis. The sampled stations represented by black dots in Figure 1B were selected on the M2-5 transects. Sets of the three vertically aligned panels, for example, Figures 6M2a-c (for M2), are similar to Figures 3A-C (for M1). Note that the depths at the northern stations along M3 and M4 are ~300 m, and thus the data below that depth are null. In addition, the northern station along M4 is so close to the shore, with a depth of ~100 m, that it was replaced by a slightly offshore station at +0.4° (not +0.8°) from the Kuroshio path. Figures 7, 8 show the same sets of plots as Figure 6 but present phytoplankton concentrations (Figure 7) and upward positive vertical eddy nitrate fluxes Fv (Figure 8).




Figure 6 | Hovmöller diagrams of the nitrate concentrations in the northern (top row), central (middle row) and southern (bottom row) locations represented by black dots Figure 1B along M2-5 in the KR. The magenta lines denote the corresponding mixed-layer depth.






Figure 7 | Same as Figure 6, but for the phytoplankton concentrations.






Figure 8 | Same as Figure 6, but for the vertical eddy-driven nitrate fluxes.



The general structure and variability are similar to those along M1, as discussed in Section 3.2.1. For instance, the mixed-layer deepens in colder seasons, thereby promoting nitrate supply to the surface layer from the subsurface at all stations except for the northern station along M5 (Figure 6M5A), where nitrate concentration varies intermittently in the upper 300 m layer, with a longer fluctuation period, presumably as a result of the reduced topographic constraint, to be a more freely fluctuating Kuroshio jet. Chl-a concentrations are also highest in the northern stations with prominent spring blooms in Apr.–Jun. (Figure 7M5A), consistent with the increased nitrate distributions, with a lag of a few months. A strong eddy nitrate flux occurs in the mixed-layer during the colder season (Dec.–Apr.), followed by enhanced flux mainly below the mixed-layer, but extended to the surface layer in the subsequent spring (Apr.–Jun.). Therefore, the increased vertical mixing due to surface cooling in winter promotes upper-ocean eddy nitrate fluxes, bringing subsurface nitrate to the surface layer persistently for a few months, which preconditions the subsequent Chl-a bloom under optimal radiation conditions in spring. During the spring bloom, the near-surface nitrate is consumed by phytoplankton, leading to a depletion.

The ridge area (M3) is demonstrated to significantly alter the nitrate distribution, where the near-surface nitrate is moderately higher downstream compared to the upstream region, especially at the northern stations (Figures 6M2a-M5a). Phytoplankton is distributed shallower in the upstream region, but is distributed below the mixed-layer at a depth of ~200 m in the downstream region. By contrast, at stations on the Kuroshio (Figures 6M2b-M5b), near-surface nitrate concentration is higher in the upstream region, while subsurface nitrate is lower, leading to steeper vertical nitrate gradients in the upstream region than downstream. Such an increase in the vertically extended nitrate gradation in the downstream region is also visible at the depths of ~100–300 m at the southern stations (Figures 6M2c-M5c). Upper-ocean Chl-a is distributed consistently with the vertically elongated nitrate, leading to increased thickness of the high Chl-a water towards the downstream region at the central and southern stations. Primary production appears in spring along the eastern-most transect (Figures 7M5a-M5c), although the nitrate concentration is relatively low (Figures 6M5a-M5c), again perhaps due to the nature of the Kuroshio jet that could promote abrupt vertical flux and horizontal nitrate transport from the upstream region (e.g., Nagai et al., 2019), thereby enhancing the production of phytoplankton. Eddy-driven nitrate flux is the strongest along the main axis (Figures 8M2b-M5b), exhibiting considerable vertically elongated structures, demonstrating the predominance of quasi-geostrophic mesoscale eddies, especially around the oceanic ridge (Figure 8M3b). In turn, enhanced eddy fluxes in the mixed-layer in colder seasons indicate the emergence of susbmesoscale eddies, which can be marginally resolved in the present ROMS model (see Figure 2). Hence, the influence of mesoscale eddies is most apparent on the Kuroshio path, near the ridge, and within the downstream region on the north side of the path, where the vertical Chl-a gradient is less obvious. For example, in winter and spring, the vertical eddy flux is larger at the northern station in the downstream (Figure 8M5a) than that in the upstream (e.g., Figure 8M2a) according to both mesoscale and submesoscale eddies that sustain local upwelling of nitrate, resulting in surface-concentrated high nitrate (Figure 6M5a) and subsequent spring blooms (Figure 7M5a).




4 Discussion


4.1 Eddy generation mechanisms

To investigate the generation mechanism of eddies that play a central role in stimulating eddy nitrate fluxes, we assessed the energy conversion terms relevant to eddy kinetic energy (EKE). We focus on KmKe, the conversion of mean kinetic energy to eddy kinetic energy due to shear instability, and PeKe, the conversion of eddy potential energy to eddy kinetic energy due to baroclinic instability, as defined by the following equations (e.g., Klein et al., 2008; Oey, 2008):





where (x,y,z) are the horizontal and vertical coordinates, u and v are eastward and northward horizontal velocities, P is the density of sea water, P0=1025.5kg m-3 is the reference density, and g is the gravitational acceleration. As KmKe and PeKe are dominant source terms in the EKE conservation equation, EKE is increased (decreased) to let the mean flow be unstable (stable) when KmKe and PeKe are positive (negative).

Figure 9 is the same set of plots as Figure 5, but shows the horizontal distributions of vertically integrated PeKe to a depth of 300 m in two seasons. Positive PeKe is distributed broadly along the Kuroshio path in winter (Figures 9A, C), consistent with previous studies (e.g., Sasaki et al., 2014; Uchiyama et al., 2017; Kamidaira et al., 2018), which suggested that surface cooling and associated mixed-layer deepening give rise to baroclinic instability, resulting in the generation of vigorous mesoscale and submesoscale eddies much more extensively in colder seasons in this area. The enhanced vertical eddy-driven nitrate flux in winter shown in Figures 5A, C is generally collocated with the areas where large positive PeKe is distributed. In contrast, PeKe decreases to narrow to the Kuroshio path and is largely negative in summer (Figures 9B, D), resulting in reduced eddy intensity; the vertical eddy nitrate flux is reduced accordingly (Figures 5B, D). In the KR, negative PeKe appears near the Izu-Ogasawara Ridge in both seasons. This ridge has a unique topographic feature, consisting of many islands and submerged seamounts, with depths shallower than 1000 m. Therefore, the ridge is considered to interact with the Kuroshio even at depths of ~800–1000 m (Figure 10), which influences subsurface water to a depth of 1000 m in the KR, sometimes called island mass effects. Further analyses of the influence of the ridge will be provided in the subsequent section. It must be noted that the horizontal distribution of KmKe is more or less similar to the distribution of PeKe in winter, with almost no clear seasonal variability, and is therefore not shown here.




Figure 9 | Same as Figure 5, but for the baroclinic conversion rate, PeKe.






Figure 10 | Cross-sectional plots of the seasonally averaged barotropic conversion rate, KmKe (top row), and baroclinic conversion rate, PeKe (bottom row), along 138°E (M1) in the KR (left column) and 145°E (N1) in the KE (right column) in winter. The magenta lines denote the mixed-layer depth computed by KPP model. The black dotted contours show eastward velocity perpendicular to the transects, denoting approximate positions of the Kuroshio.



To highlight the differences between the two EKE source terms in the KR and KE regions, cross-sectional plots of seasonally averaged KmKe (upper panels) and PeKe (lower panels) in winter along 138°E (KR; M1 in Figure 1) and 145°E (KE; N1 in Figure 1) are shown in Figure 10. The associated mixed-layer depth is depicted by magenta lines. The black dotted contours are the eastward velocity normal to the cross-sections, representing the Kuroshio main body. In the KR, eddies are generated by a combination of the positive KmKe and PeKe around the Kuroshio path in the upper ocean, while PeKe prevails over KmKe within the mixed-layer, extending to ~32.1°N on the southern side of the path, as well as up to the coastline at ~34.6°N to the north, to a lesser degree (Figures 10A, B). Therefore, shear instability (positive KmKe) due to the energetic Kuroshio mainly promotes mesoscale eddies near the path (e.g., ~32.9°N–33.6°N & 138°E) that leads to negative downward eddy-driven nitrate flux in the KR, i.e., the downstream region of the ridge, in winter (bluish areas: ~136°E–139°E & ~33°N–33.5°N, ~140°E–142°E & 33.5°N–35°N. Figures 5A, C). Baroclinic instability (positive PeKe) in winter is also important to the broadly distributed high EKE off the path, resulting in the downward Fv near the coast to the north (~136°E–140°E & ~33°N–34.5°N), and the upward Fv to the south (>~33°N) in the mixed-layer (Figure 5C).

In contrast, in the KE region, the positive KmKe and PeKe (Figures 10C, D) jointly give rise to upward eddy nitrate flux (Figure 5A) in the upper ocean in winter along the N1 transect, maintaining near-surface primary productivity. Similar to the KR, shear instability occurs only near the Kuroshio, whereas baroclinic instability is extensive along the meridional length more evidently on the north side of the path, thereby promoting eddy intensity and increased upward eddy flux due to vigorous vertical mixing that bring the subsurface nitrate to the upper ocean, even away from the path. This meridional asymmetry of PeKe distributions is key to the more active primary production occurring broadly in the KE around the Kuroshio path and its northern region in winter (Figure 5A), despite the upper bound of the subsurface nitrate source being located deeper in the KE (Figure 4), than in the KR (Figure 3).

Figure 11 shows the same plots as Figure 10, but in summer. Compared to winter, the surface mixed-layer becomes thinner in summer, clearly reducing baroclinic instability as PeKe is only significant near the Kuroshio path in both KR and KE regions. The summer KmKe is similarly distributed to that in winter, with almost no obvious seasonal variability, as mentioned earlier in this subsection. In the KR, positive PeKe (Figure 11B) promotes the eddy-driven downward nitrate flux (Figure 5B) through baroclinic instability only near the Kuroshio path (~136°E–139°E & ~33°N–33.5°N) in summer, although positive PeKe in the mixed-layer in winter (Figure 10B) is attributed to the much wider appearance of non-trivial eddy fluxes Fv (Figure 5B). Likewise, in the KE, PeKe is considerably diminished, becoming negligible, while the development of positive KmKe near the path plays a role in maintaining modest eddy nitrate flux in this location. A sign of Fv largely depends on the background nitrate distribution; Fv > 0 (upward) occurs if eddy mixing reaches down to the subsurface nitrate reservoir, otherwise Fv < 0 (downward) or if near-surface nitrate supply is expected in case of coastal upwelling etc.




Figure 11 | Same as Figure 10, but in summer.



In summary, baroclinic instability is the most important factor accounting for seasonal variability in eddy generation. It vitally stimulates the downward and upward eddy-induced nitrate fluxes in the upper ocean in the KR and KE in winter, while its influence becomes much weaker in both regions in summer.



4.2 Altered dynamics around the oceanic ridge

To investigate a possible mechanism responsible for spatial changes in vertical nitrate transport in the KR, we examined the cross-sectional distributions of seasonally averaged values of several variables in winter (Dec.–Feb.) along the three transects (M1, M3, and M5, Figure 1B) in Figure 12 (more detailed spatial structures are shown in Figure S3). The displayed variables are  , colors) and eastward horizontal velocity normal to the transects (white contours) in the upper panel, while nitrate concentrations (colors) and potential density σθ (black contours) are shown in the lower panels. The magenta lines are the seasonally averaged mixed-layer depth estimated by the KPP model. The Kuroshio main body is inclined to extend southward to ~800 m depth. It is shaped by topographic influences of the ridge near M3, as shown in Figure 12C. EKE peaks near the surface and slightly northward of the maximum velocity of the Kuroshio, in conjunction with the maximum horizontal velocity shear, with magnified complexity exhibited by two EKE peaks around the ridge at ~34.4°N and ~33.7°N (Figure 12C). Similarly, nitrate concentration and potential density are also inclined southward, with elevated values near the coast inducing northward upwelling of subsurface nitrate and potential energy from the base of the Kuroshio main body to the coast. Mixed-layer depth is consistently shallower on the shore side than offshore (magenta lines in Figure 12). Near-surface nitrate is higher in the upstream region, whereas elevated nitrate does not reach the coast along M5 (Figure 12F). The concentrated EKE peak along M1 spreads meridionally in the upstream, while it is decreased and distributed not only near the surface but also at depth, downstream along M5. A simple but plausible description of the dynamical effects of the ridge on the Kuroshio and associated eddy activity is a squashing by islands and submerged seamounts, as illustrated in Figures 12C, D, which spontaneously accelerates and occasionally bifurcates the Kuroshio, amplifies the lateral velocity shear, and promotes mesoscale eddies around the topographies, even at depth. Such enhanced mesoscale eddies shed by the ridge make vertical and horizontal mixing more energetic, thereby inducing vertically extended intensive eddy flux (Figure 11M3c). After passing over the ridge, the squashed Kuroshio is relaxed to expand laterally downstream, resulting in deceleration of the Kuroshio main body and reduced eddying fluctuations spreading over wider and deeper areas (see Figures 12A, E).




Figure 12 | Cross-sectional plots of seasonally averaged EKE (upper) and nitrate concentrations (lower) along the transects M1, M3, and M5 in winter (colors). Contours are eastern velocity [m/s] normal to the transects (upper) and potential density σθ [kg/m3] (lower). The magenta lines are seasonally averaged mixed-layer depths.



It is noteworthy that the seasonal variability in these cross-sectional structures is insignificant, except for a minor meridional shift of the Kuroshio path up to ~0.4°, and a shallower mixed-layer, particularly in summer, as supplemented in Figure S4. As shown in Figures 2 and Figure 11, the deepened mixed-layer is accompanied by energetic submesoscale activities occurring mostly within the mixed-layer in colder seasons, which are attributed to additional near-surface eddy nitrate fluxes that promote upward nutrient supply through enhanced vertical mixing. These submesoscale eddies are primarily provoked by baroclinic and mixed-layer instabilities, triggered by surface cooling and down-front wind, which makes the Ertel potential vorticity negative and preconditions symmetric instability in the upper ocean (Thomas and Lee, 2005; Thomas and Taylor, 2010; Kamidaira et al., 2018; Nagai et al., 2019), regardless of the ridge topographies.



4.3 Eddy generation by the oceanic ridge

Thus far, we have understood that spontaneous generation of mesoscale eddies by the Kuroshio shear and submesoscale eddies by surface cooling are the two substantial elements that affect eddy nitrate fluxes responsible for sustaining primary production in the KR and KE regions. An additional key mechanism may be the topographically-generated mesoscale variability due to the ridge. Therefore, we next examined the influences of the local topography on eddy generation by decomposing the barotropic conversion rate KmKe into horizontal and vertical components, as well as the baroclinic conversion rate PeKe along the three transects (M1, M3, and M5, Figure 1B) in winter (Figure 13) (more details are supplemented in Figure S5). Consistent with the mean variables in Figure 12, an apparent spatial asymmetry in the conversion rates is observed between the upstream and downstream regions, with respect to the ridge (M3; Figures 13D-F) as a pivot. In the upstream region, the positive horizontal KmKe and PeKe due to horizontal shear instability and baroclinic instability that concurrently induce eddy-driven nitrate flux near the Kuroshio. Positive PeKe is induced in the upper ocean due to submesoscale eddies, particularly near and on the south side of the path, with significant amplification in the downstream region, where the near-surface PeKe is strengthened broadly to extend on the north side of the Kuroshio. The vertical KmKe is largely centered on the path and near the topography but is mostly negative or weak (notice the different scales), indicating that horizontal shear instability dominates over the vertical shear instability. All three conversion rates are significantly energized along M3 (139.7°E) around the ridge. When the Kuroshio passes over the ridge, it is squashed to enhance the horizontal velocity shear and subsequent eddy shedding, mostly at mesoscale, except for the upper ocean, where baroclinic submesoscale instability takes over shear instability, as anticipated in the preceding subsection. Moreover, an interaction between ridge topography and the Kuroshio front at depth triggers pronounced baroclinic instability below the mixed-layer along M3 (Figure 13F), leading to continuous subsurface destabilizing effects downstream (Figure 13I), with increased subsurface EKE (Figure 12E). Therefore, the deeper ocean is influenced by a combination of horizontal shear instability and baroclinic instability, provoking significant mesoscale eddy-driven nitrate transport downstream (Figures 8M4b, M5b), particularly on the northern side of the path (Figures 8M4a, M5a).




Figure 13 | Cross-sectional plots of seasonally averaged EKE source terms. Horizontal component of barotropic conversion rate KmKe (top row), vertical component of KmKe (middle row), and baroclinic conversion rate, PeKe (bottom row), along the transects M1, M3, and M5 in winter. The magenta lines show the mixed-layer depth computed by the KPP model. The black dotted contours show eastward velocity normal to the transects, representing approximate positions of the Kuroshio.



We should mention the distributions of conversion rate in warmer seasons (data not shown). Similar to the mean structures discussed in Section 4.2, the surface mixed-layer becomes thinner, resulting in considerable weakening of the near-surface submesoscale baroclinic instability. In addition to the modest northward shift of the Kuroshio path that culminates with the northward shift of the subsurface peak location of PeKe along M2, the overall patterns of the three conversion rates are predominantly the same as those for winter (Figure 13). However, the subsurface horizontal KmKe and PeKe are less significant or even negative (for PeKe, i.e., stabilizing effects) in the downstream region, particularly along M5 in warmer seasons. Thus, the eddy fluxes are weakened (Figures 8M5a-c). Consequently, warmer seasons are characterized by a modest northward shift of the Kuroshio by ~0.4° in the present climatological model results. This subtly affects changes in the conversion rates, whereas the interaction between the Kuroshio and the ridge topography is crucial to alterations in eddy intensity in the downstream region. In turn, the warmed upper ocean and increased incoming surface heat and radiation fluxes greatly suppress near-surface submesoscale fluctuations, which resulted in reduced vertical mixing, eddy nitrate fluxes, and thus primary production in the upper ocean in warmer seasons.




5 Concluding Summary

The Kuroshio has been recognized as a nutrient stream that supplies nutrient-rich subsurface water to the upper ocean, most effectively by vertical eddy-driven nitrate fluxes (e.g., Uchiyama et al., 2017; Nagai et al., 2019). In the present study, we investigated seasonal variability of eddy fluxes that sustain upper ocean primary production, and the driving mechanisms behind them in the Kuroshio Region (KR) and Kuroshio Extension (KE) regions off the Pacific coast of Japan by using the JCOPE2-ROMS downscaling circulation modeling suite coupled with an NPZD biogeochemical model. The upper-ocean primary production is found to be maintained by two completing effects associated with oceanic eddies: 1) the downward eddy nitrate flux that suppresses the production by near-surface nitrate extraction, and 2) the upward eddy nitrate flux that promotes the production by localized upwelling of the subsurface nutrients. The balance between these two effects varies with seasons and areas due to the different eddy generation mechanisms. In addition, we showed the shallow topography of the Izu-Ogasawara Ridge, which lies underneath the Kuroshio path, alters the eddy generation mechanisms significantly.

We paid a particular attention to surface chlorophyll-a (Chl-a) as the most important indicator of the upper-ocean primary production. Its distributions demonstrated that the segmentations in primary productivity occurred on both sides of the Kuroshio, with a higher Chl-a concentration in the northern area. An obvious spring bloom occurred on the northern side of the KE and on the main path of the Kuroshio. Enhanced vertical mixing in winter and subsequent improvement of the light environment in spring resulted in enhanced primary production around the Kuroshio, both in the KR and KE. The overall upward entrainment from the nutrient-rich subsurface to the nutrient-exhausted surface is important for maintaining near-surface primary productivity. However, downward eddy nitrate fluxes were apparent in winter in the upstream (Enshu-nada Sea region) and downstream regions, relative to the ridge in the KR. Eddy generation analysis indicated that, in winter, the topographic eddy shedding, positive barotropic conversation rate (KmKe), and baroclinic conversion rate (PeKe) jointly promoted eddy-driven downward nitrate fluxes through shear and baroclinic instabilities most vigorously in the mixed-layer along the Kuroshio path and its northern side in the KR, which eventually suppressed biological productivity. Positive PeKe leads to a relatively weak upward nitrate flux that maintained primary production on the southern side. In the KE, upward eddy flux, due to the combination of positive KmKe and PeKe, enhanced primary production in the upper ocean. Influences of submesoscale eddy-driven, near-surface baroclinic instability extends broadly in the meridional direction, with a southward bias in the upstream region, and a northward bias in the downstream region, attributed to the spatially heterogeneous Chl-a distributions. By contrast, in summer, the mixed-layer depth became very shallow, and thus the upper ocean PeKe almost vanishes in both KR and KE. Positive KmKe and PeKe arise mostly at depth beneath the mixed-layer, which strongly interacted with the ridge topography in the KR, increasing in the upstream region and decreasing in downstream region. In the KE, as PeKe was prominently reduced in summer, eddy nitrate flux decreased significantly, particularly in the north of the Kuroshio. Therefore, baroclinic instability is the key influencer on seasonal variability in eddy generation near the surface, where vertical eddy mixing is inevitably important to promote subsurface nutrient supply to the upper ocean.

In terms of the topographic influences of the Izu-Ogasawara Ridge, one essential regional difference is that the spatial variability of the vertical eddy nitrate flux fluctuates more in KR than in KE. The spatial variability of the eddy-driven nitrate flux, and the underlying eddy generation mechanism, are significantly altered by ridge topography, characterized by flow squash and mesoscale eddy shedding. Turbulence associated with the Kuroshio tends to be less energetic in the upstream, while the ridge generates intensive eddy mixing more broadly and deeply in the downstream, mainly due to the interaction between the Kuroshio front and ridge topography, which results in mesoscale eddy-generating baroclinic instability. Although the near-surface nitrate concentration is lower in the downstream, the upward eddy-driven nitrate flux is stronger in maintaining primary production due to shear and baroclinic instabilities in winter. Quantitative comparison among the three major EKE source terms demonstrated that PeKe and the horizontal KmKe dominate over vertical KmKeon eddy generation in the KR. The horizontal KmKe increased in the Kuroshio path and the region near the ridge, while PeKe was intense and highly variable in time in the mixed-layer. The seasonal meridional shift in the Kuroshio path was observed in the present model, which introduced changes in the interaction between the ridge and the front responsible for PeKe on an intra-annual time scale.
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As a major reservoir of heat and CO2, the Pacific Ocean is an important component of the global climate system, but the nature of its circulation under different climatic conditions remains poorly understood. We present sedimentary records of surface water hydrography and nutrient dynamics from the subarctic Pacific Ocean, with the aim of investigating changes in sea-ice coverage, biological productivity, and sea surface temperature in the subarctic Northwest Pacific since 32 kyr. Our records indicate an enhanced North Pacific surface water stratification from the last glacial to Heinrich Stadial 1, which generally limited the siliceous productivity supply to the surface water. A productivity peak during the Bølling/Allerød warm interval was associated with an increase in the atmospheric pCO2, and it was driven by the increased supply of nutrient- and CO2-rich waters. This process can be attributed to the collapse of the North Pacific Intermediate Water formation at the onset of the Bølling/Allerød interstadial. Moreover, a northward shift of the westerly winds and the gyre boundary could have modulated the expansion of the subpolar gyre, driving changes in poleward heat transport, biogeochemistry, and the hydroclimate of the North Pacific. Our results are consistent with modern evidence for a northward shift of the westerlies in response to global warming, which will likely result in CO2 outgassing from the subarctic Pacific Ocean in the future.
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1 Introduction

Deglacial variations in the thermohaline overturning circulation have played a key role in changing atmospheric CO2 concentrations via changes in the upper ocean stratification at high latitudes of the North Pacific and the Southern Ocean (Sigman et al., 2010). In both regions, vertical mixing brings nutrient- and CO2-rich deep waters into the euphotic zone and facilitates the biological pump, which sequesters atmospheric CO2 back into the deeper ocean interior (Figure 1A) (Toggweiler, 1999; Honda et al., 2002). Abrupt changes in Southern Ocean stratification occurred during Pleistocene deglaciations, with the reorganizations of circulation and productivity at high latitudes leading to changes in the oceanic oxygen content and a rapid rise in atmospheric CO2 (Pahnke et al., 2008; Burke and Robinson, 2012; Basak et al., 2018). However, these processes in the North Pacific are poorly understood due to uncertainties regarding its nutrient cycle and the oceanic release of CO2 via deep/intermediate water formation, upwelling, and the associated changes in biogenic productivity (Gray et al., 2018; Praetorius et al., 2020; Rae et al., 2020).




Figure 1 | Locations of the cores that were referred to in this paper and the modern regional settings in the study area. (A) Global map of the mean annual silicic acid concentration. The sediment cores are from the following locations: (i) the subarctic Pacific Ocean LV63-4-2 (this study), GGC-37 (Lam et al., 2013), MD01-2416 (Gebhardt et al., 2008), SO202-27-6 (Maier et al., 2015), and MD02-2489 (Rae et al., 2014); (ii) the Bering Sea SO201-2-85KL (Max et al., 2014) and PC-23A (Rella et al., 2012); (iii) the Sea of Okhotsk SO178-13-6 and PC4 (Hoshiba et al., 2006); and (iv) other GH02-1030 (Okazaki et al., 2010), GGC05 (McManus et al., 2004), and TN057-13PC4 (Anderson et al., 2009). Map of the salinity distribution of intermediate water in the North Pacific in the right corner(B) Mean annual sea surface salinity (Antonov et al., 2010) and ocean surface currents (after Dodimead et al., 1963; Stabeno et al., 2004); abbreviations: ACC, Alaska Coastal Current; AS, Alaskan Stream; EKC, East Kamchatka Current. The maps were created using Ocean Data View (www.odv.awi.de).



The modern subarctic Pacific Ocean (SPO) is characterized by a steep salinity gradient, with low-salinity surface waters sustained by a large freshwater influx and relatively low regional evaporation (Figure 1B; Warren, 1983; Broecker, 1990; Emile-Geay et al., 2003). Several modeling studies have shown that perturbations in the surface ocean in the North Pacific can substantially impact the Northern Hemisphere climate via changes in the sea-ice extent and poleward moisture transport (Praetorius et al., 2018). Several studies have suggested that North Pacific Intermediate Water (NPIW) formation increased during glacial and stadial conditions (Matsumoto et al., 2002; Herguera et al., 2010; Okazaki et al., 2010), and therefore the North Pacific deep water has been regarded as an efficient glacial CO2 store (Galbraith et al., 2007). Although there is an increasing amount of evidence for deglacial upwelling that may have led to enhanced biological productivity during the Bølling/Allerød interstadial (B/A; Galbraith et al., 2007; Kohfeld and Chase, 2011), it remains controversial how deep convective overturning processes influence the entire atmospheric CO2 store and its release.

Past changes in deep convective overturning can be reconstructed from records of sea-ice cover, surface temperature, and biological productivity (Gray et al., 2018). Since diatoms are the main component of phytoplankton in this region, high diatom productivity results in pulses of opal flux that are indicators of marine productivity variations (Honjo, 1984; Takahashi, 1986). Diatom assemblages are also sensitive to changes in water mass, sea-ice conditions, and biological productivity (Ren et al., 2014). Therefore, we obtained records of diatom assemblages and biogenic opal and sea surface temperature (SST) from the SPO, at a millennial-scale resolution, during the Last Glacial Maximum (LGM) and the interval following the last deglaciation. Our main objective was to investigate changes in sea-ice coverage, biological productivity, and SST in the SPO, and to determine the driving mechanisms. Our findings potentially improve our understanding of deglacial circulation in the North Pacific and its role in changing atmospheric CO2.



2 Oceanographic setting

The SPO has an extremely complex pattern of past climate change, and it plays an important role in Earth’s oceanic and climatic evolution (Davis et al., 2020). It is linked with the Sea of Okhotsk in the west via the many straits of the Kuril Islands, and the Bering Sea in the north via the straits of the Aleutian Islands. The subarctic Northwest (NW) Pacific is a eutrophic environment, with a shallow (15–25 m) euphotic zone (Venrick, 1991). Core LV63-4-2 was collected from the Detroit Seamount, which lies at the northernmost end of the Hawaiian-Emperor Seamount Chain (Figure 1).

The surface circulation in the North Pacific Ocean, including the Subarctic Gyre (Dodimead et al., 1963) and the Subtropical Gyre, regulates the exchange of heat and nutrients between different ocean regions (Qiu, 2002). The Subarctic Gyre, bounded by the high surface temperature gradient of the Subarctic Front in the south, consists of two counterclockwise circulating systems: the Alaskan Gyre (AG) in the east and the Western Subarctic Gyre (WSG) in the west (Figure 1B). The WSG is located at the confluence of the Bering Sea, the Sea of Okhotsk, and the North Pacific Ocean, and it exhibits varying characteristics, depending on the relative dominance of these water types (Sancetta, 1979). The Alaskan Stream (AS) forms the northern boundary current and transports water masses from the AG along the Aleutian Islands into the western subpolar gyre, which then enter the Bering Sea through several passages between the Aleutian Islands. There are upwelling domains in the easternmost and westernmost areas of the western subarctic Pacific. The water mass associated with the easternmost upwelling is advected to the west by the effect of the AS, which flows westward. This upwelled water mass thus reaches the euphotic layer above the Emperor Seamount Chain (Venrick, 1991).

As a consequence of the halocline, no deep water is formed in the modern subarctic Pacific realm. Intermediate water formation is restricted to the marginal Sea of Okhotsk, from where well-ventilated Okhotsk Sea Intermediate Water, produced in coastal polynyas by brine rejection during sea-ice formation in winter (Shcherbina et al., 2003), exits via the Kurile Straits, mixes with waters from the WSG (Yasuda, 1997; You, 2003), and further south with Kuroshio waters, thereby forming NPIW. Due to these ocean current systems, the western North Pacific has a steeper temperature gradient than the eastern North Pacific. High concentrations of macronutrients (nitrate, phosphate, and silicate), iron, and chlorophyll are recorded in the western North Pacific, while no substantial differences are found between the primary productivity in the western and eastern North Pacific (Ren et al., 2014).

In the high-latitude areas of the North Pacific, the light limitation allows for nutrient concentrations to build up over winter (Harrison et al., 1999), and iron limitation results in year-round high nitrate but low chlorophyll concentrations in the surface water (HNLC) (Martin and Fitzwater, 1988). The abundant nutrients in SPO regions are partially utilized during spring blooms, with diatom productivity dominating the large phytoplankton community. In spring, there is an outbreak of siliceous (diatom) phytoplankton and this spring peak in productivity extends from April to July, thus capturing the beginning of summer (Honjo and Doherty, 1988; Okazaki et al., 2005). Phytoplankton blooming continues in summer due to the active vertical mixing of water in local eddies and upwellings and enhanced remineralization within the upper active highly-stratified layer. The bulk of this material is supplied during relatively short periods: more than 50% of the annual runoff of diatoms was recorded from May to June. In autumn, a less pronounced productivity peak is caused by the development of calcareous microorganisms (coccolithophorids during August to September), siliceous protozoa (radiolarians during March to June), and, to a lesser extent, diatoms (Tanimura, 1992; Tsoy and Wong, 1999; Onodera and Takahashi, 2005). The lowest diatom productivity was recorded between November and February.



3 Material and methods


3.1 Core locations and stratigraphy

Gravity core LV63-4-2 (51.63°N, 167.81°E; 2,946 m water depth) was recovered during the joint Russian-Chinese cruise 63 of the R/V “Akademik M.A. Lavrentyev” in 2013. The core site is on the Detroit Seamount in an area influenced by the WSG (Figure 1). The sediment lithology is relatively uniform, mainly consisting of gray to grayish-green mud. Age models for the deglacial part of the core are provided by Zhong et al. (2020). Accelerator mass spectrometry 14C ages were measured based on the planktonic foraminifer Neogloboquadrina pachyderma (Ehrenberg; sinistral) by Beta Analytic Inc., USA. Calendar age conversions were performed using Marine13 with Calib 7.0.2 software (Reimer et al., 2013). All the measured 14C ages were then corrected for a sea surface water reservoir age (△R) of 500 years (Table 1). The stratigraphic framework of the entire core was obtained by linear interpolation between the 14C ages. The uncertainty of the age model was reasonably constant and relatively small throughout the core. The studied interval of core LV63-4-2 is 203-cm long, comprising the last glacial-deglacial-Holocene interval (the last ~32 kyr).


Table 1 | Age model for the upper part (0-190 cm) of core LV63-4-2 according to AMS 14C data of Zhong et al. (2020).





3.2 Diatom analysis

A total of 67 diatom samples were collected from the uppermost 203 cm of core LV63-4-2. Diatom samples were taken every 2–4 cm and prepared using standard methods. The diatom concentration per 1 g of dry sediment was then determined, together with the species compositions (Jousé, 1962). Diatom identification and counting were conducted using a Mikmed-6 microscope (LOMO, Russia) at ×900 and ×1300 magnifications, and 300–350 frustules were identified for each slide. To determine the diatom concentration, the number of frustules in several horizontal traverses was counted and recalculated as the absolute number per 1 g of sediment. Thereafter, we used a heavy potassium-cadmium liquid containing cadmium iodide (CdI2) and potassium iodide (KI) in the following ratio H2O:CdI2:KI = 1:2.5:2.25 to extract the frustules from the diatom-depleted sediment. Diatom assemblage analysis was conducted at the V. I. Il’ichev Pacific Oceanological Institute, Far East Branch of the Russian Academy of Sciences, Russia.



3.3 Glycerol dialkyl glycerol tetraethers lipids

Analyses of glycerol dialkyl glycerol tetraethers (GDGTs), membrane lipids of archaea and certain bacteria, can be used to determine the organic matter source, microbial community, and paleo-temperature and pH (Schouten et al., 2013). The 68 sediment samples (~5 g) were freeze-dried and homogenized and then 10 µg of C46-GDGT was added as an internal standard. The samples were then extracted using an accelerated solvent extractor (Dionex ASE200, Thermo Scientific™, USA) with 22 mL cells and dichloromethane (DCM). Methanol (MeOH) 2:1 (vol/vol) was used as the solvent and the extraction was conducted at 100°C and 6.895×106 Pa, with three cycles of 5 min each. The total lipid extracts were dried using a rotary evaporator. The samples were then hydrolyzed with 0.1 N potassium hydroxide (KOH) in MeOH:H2O 9:1 (vol/vol). Neutral compounds (including GDGTs) were extracted with n-hexane. Thereafter, different compound classes were separated using column chromatography and deactivated silicon dioxide (SiO2). The polar fraction was eluted using n-hexane. Polar compound classes, including GDGTs, were eluted with MeOH : DCM 1:1 (vol/vol). After dissolution in hexane:isopropanol 99:1 (vol/vol) the polar fraction was filtered using a polytetrafluoroethylene filter (0.45 μm pore size) according to the methods of Hopmans et al. (2004). The samples were then brought to a concentration of 2 μg/μL prior to the GDGTs analysis.

GDGTs were analyzed using high-performance liquid chromatography coupled via an atmospheric pressure chemical ionization interface to a single quadrupole mass selective detector, following the methods of Chen et al. (2014). The mass selective detector was set for selected ion monitoring of the following [M + H]+ ions: m/z 1302.3 (GDGT-0), 1300.3 (GDGT-1), 1298.3 (GDGT-2), 1296.3 (GDGT-3), and 1292.3 (GDGT-4+4′/crenarcheol + regio-isomer). Kim et al. (2010) suggested that  , one of the modified versions of TEX86, has the best correlation with annual mean surface temperatures within the range of -3°C to 30°C and is applicable of temperature reconstruction in the subpolar ocean. It is defined as:



where the structure of GDGT-1, GDGT-2, and GDGT-3 are given in Schouten et al. (2002).

To convert   to temperature, we applied the regional calibration for the Sea of Okhotsk and the NW Pacific of Seki et al. (2004). The calibration equation is as follows:



In most areas of the modern ocean, Thaumarchaeota, as the primary GDGTs producers in archaea, reach their maximum abundance near the base of the euphotic zone or in the epipelagic zone (50–200 m), and decrease towards the mesopelagic zone (Mincer et al., 2007; Church et al., 2010; Dong et al., 2015). As a result,   can be used as a temperature proxy for near-surface to shallow subsurface (< 200 m) waters (Zhang and Liu, 2018).




4 Results


4.1 Diatoms as paleoenvironmental indicators

Diatoms are widespread in marine environments and are highly sensitive to the environmental conditions. Changes in diatom abundance and species composition in marine sediments can often be used for palaeoenvironmental reconstruction. Sixty species of diatoms were identified in the sediment of core LV63-4-2, mainly marine planktonic species, but a few freshwater species were sporadically identified, including Pinnularia borealis Ehrenberg, Grammatophora oceanica Ehrenberg, and Fragilaria spp. The relative abundance (%) of the most important diatom species, with specific environmental significance, are illustrated in Figure 2.




Figure 2 | Relative abundance (%) of selected paleoenvironmental indicators in the diatom assemblages of core LV63-4-2. According to the results of stratigraphically-constrained cluster analysis, the diatom assemblages of core LV63-4-2 over the past 32 kyr can be divided into four zones (Zones I–IV). The plot was created using Tilia software.



The marine diatoms in core LV63-4-2 can be divided into several ecological groups, which are indicative of paleoceanographic conditions, including open-oceanic cold-water species, sea-ice related species, benthic species, and warm-water species. The ecological groups and their environmental significance are as follows:

Open-oceanic cold-water species: Rhizosolenia hebetata var. hiemalis Gran, Shionodiscus latimarginatus Makarova, Thalassiothrix longissima Cleve and Grunow, the Actinocyclus group (Actinocyclus curvatulus Janisch, Actinocyclus ochotensis Jousé, and Actinocyclus divisus Grunow), and Coscinodiscus marginatus Ehrenberg. Open-oceanic cold-water species comprised up to 98% of the total diatom and were dominant in the study area during the last 32 kyr, except for the interval of 14.5–11.5 kyr BP (Figure 2).

Sea-ice related species: Fragilariopsis cylindrus (Grunow) Krieger in Helmcke and Krieger, Fragilariopsis oceanica (Cleve) Hasle, and Fossula arctica Hasle, Syversten and Von Quillfeldt. These diatoms vegetate both on and beneath the ice and are considered reliable tools for reconstructing the coverage or drifting of sea-ice (Horner and Alexander, 1972). Hasle and Heimdal (1968) reported that Thalassiosira gravida Cleve (=Thalassiosira antarctica Comber) is restricted to coastal or ice-margin waters under conditions of low temperature (-1–4°C) and salinity (25–34‰). However, a map of the relative abundance of diatom species in the surface sediments of the North Pacific suggests a more complicated ecology for T. gravida, and its highest abundances occur on the Bering Shelf, along the Kamchatka Peninsula, and off the Kuril Islands (Ren et al., 2014). Other studies have shown that T. gravida resting spores are confined to cold-water neritic areas (on the continental shelf and slope), and it is also abundant among early spring phytoplankton communities, both within and beyond areas of seasonal sea-ice (Poulin et al., 2010; Thomas et al., 2018). Also, several researchers have proposed that the abundance of T. gravida is positively correlated with the sea-ice concentration (Koc Karpuz and Schrader, 1990; Shiga and Koizumi, 1999). Since it is a bipolar species, it is widely distributed among the Antarctic and Arctic plankton; however, it is rarely observed in the Antarctic, since it lives within the ice and is therefore more often observed within the under-ice plankton and in the surface water layer (Gogorev, 2013). Okada (2002) used the relative abundance of this species as an index of the amount of sea-ice at observation sites in the western subarctic Pacific. Therefore, T. gravida was included as an ice-margin species in this study.

Benthic species: Diploneis smithii (Brébisson) Cleve, Actinoptychus senarius (Ehrenberg) Ehrenberg, Cocconeis costata Gregory, and Cocconeis scutellum Ehrenberg.

Warm-water (subtropical to temperate water) species: Thalassiosira eccentrica (Ehrenberg) Cleve, Thalassiosira lineata Jousé, Thalassionema nitzschioides (Grunow) Mereschkowsky, Azpeitia nodulifer (Schmidt) Fryxell and Sims, Thalassiosira pacifica Gran and Angst, Fragilariopsis doliolus (Wallich) Medlin and Sims, and Thalassiosira oestrupii (Ostenfeld) Hasle. These species are recognized as warm-water oceanic taxa and are distributed in the subtropical and temperate waters of the North Pacific Ocean (Sancetta and Calvert, 1988; Sancetta, 1992; Tanimura, 1992; Crosta et al., 2005; Onodera and Takahashi, 2005).

Neodenticula seminae (Simonsen and Kanaya) Akiba and Yanagisaw, the most dominant species in core LV63-4-2, is an endemic planktonic diatom species of subarctic Pacific waters, which have moderate summer SSTs and relatively high salinity (Onodera and Takahashi, 2005). A high abundance (> 10%) of this species has been recorded in surface sediment samples from areas with temperatures between 8 and 15°C (Sancetta, 1982; Ren et al., 2014; Sattarova and Artemova, 2015). Previous studies found that this species is abundant in the northernmost NW Pacific, Bering Sea Basin, Gulf of Alaska, and along the Aleutian Islands, but it is rare in the shallow continental shelf area and the Chukchi Sea at higher latitudes. It is also rarely found south of 42°N (Ren et al., 2014). Additionally, surface sediment samples, collected along the Aleutian Current, from the Gulf of Alaska to the Bowers Ridge, contained > 50% N. seminae (Ren et al., 2014). This species, therefore, is regarded as a tracer for the Aleutian Current and a decrease in its abundance suggests a reduction in the inflow of AS water (Teraishi et al., 2016; Stroynowski et al., 2017). N. seminae is also characteristic of high nutrient concentrations and was dominant during interglacial periods when it made a large contribution to the subarctic ocean ecosystem (Jousé, 1962; Sancetta, 1982; Katsuki et al., 2003).



4.2 Temporal variations of the diatom groups

According to the results of stratigraphically-constrained cluster analysis (Grimm, 1987), the diatom record of core LV63-4-2 over the past 32 kyr can be divided into the following four assemblage zones (Figure 2):


4.2.1 Zone I (32–18 kyr BP)

This zone is dominated by the open-ocean cold-water diatoms R. hebetata (16.0–26.7%), S. latimarginatus (8.1–15.6%), T. longissima (12.0–20.0%), C. marginatus (9.6–16.0%) and the Actinocyclus group (4.8–15.5%). The coastal or ice-margin species, T. gravida resting spores, is also abundant (6.6–17.2%), but its abundance fluctuates. In contrast, the proportion of N. seminae, typical of the subarctic Pacific, is low in this zone (0.8–9.4%; Figure 3D). Although the proportion of the sea-ice species F. cylindrus is relatively low (< 5.5%), it reached its maximum level within the entire sequence (Figure 3H).




Figure 3 | Records reflecting changes in sea surface temperature (SST) and biological production in core LV63-4-2 over the past 32 kyr: (A)   -SST, (B) opal concentration, (C) diatom abundances, (D) Neodenticula seminae, (E) warm-water species, (F) freshwater species, (G) cold-water species, and (H) sea-ice species. The pink and dark shading denote the warm intervals of the Bølling-Allerød [B/A] and the Holocene Thermal Maximum [HTM], respectively, and the blue shading denotes the cold intervals of Heinrich Stadial 1 [HS1] and the Younger Dryas stadial [YD].





4.2.2 Zone II (18–15 kyr BP)

The diatom composition of this zone is relatively constant compared to Zone I (Figure 2). The proportion of most of the open-ocean cold-water species, such as T. longissima, C. marginatus, and R. hebetata, gradually decrease, while the ice-margin species T. gravida gradually increases, reaching ~20% at ~15 kyr BP (Figures 2,  3G). The abundance of the typical North Pacific indicator species N. seminae also increases continuously, reaching 26% at ~16 kyr BP (Figure 3D). However, freshwater and warm-water diatom species are absent in this zone (Figures 3E, F). In this zone, as in Zone I, the number of diatom species (species diversity) is very low. Generally, in the diatom communities of Zone I and Zone II, with unfavorable conditions and low nutrient concentrations, prolonged ice conditions and limiting factors resulted in few species, reduced species (taxonomic) richness, and the assemblage became monodominant: that is, 4–5 species had a high abundance and biomass.



4.2.3 Zone III (15–11.7 kyr BP)

The typical North Pacific species N. seminae is the most abundant species (47–54%) in this zone (Figure 3D). The sea-ice species F. cylindrus is absent, and the abundances of the cold-water species S. latimarginatus and the ice-margin species T. gravida sharply decrease and almost disappear. Additionally, there is the abrupt appearance and increase in the proportion of the warm-water species T. nitzschioides, T. lineata, T. eccentrica, T. pacifica, and F. doliolus, and of the freshwater species G. oceanica (2–4%), which reached a short-term maximum during 14.5–12 kyr BP.



4.2.4 Zone IV (11.7 kyr BP to present)

The abundance of the warm-water species decreased significantly after 11.7 kyr BP and remained relatively constant during the Holocene (Figure 3E). Freshwater diatoms were absent during 11–8 kyr BP but increased slightly thereafter (Figure 3F). The cold-water species S. latimarginatus, the ice-margin species T. gravida, and the typical North Pacific species N. seminae, were dominant during the Holocene, with an average abundance of 25% (Figure 3G). In contrast, sea-ice species were absent in this zone (Figure 3H). An increase in the content of the resting spores of diatoms of the genus Chaetoceros spp. was observed in the sediments of this zone.




4.3 Export productivity and seasurface temperature

Modern observations in the Subarctic Pacific have shown that total mass flux and biogenic opal flux are highly correlated (Honda et al., 2002), suggesting that opal and diatom assemblages are the main export productivity for organic carbon (Otosaka and Noriki, 2005). The diatom abundance was very low (0.04–1.31×106 frustules/g) between 32 and 15 kyr BP (Figure 3C). However, it then increased abruptly, from 1.11 to 10.33×106 frustules/g, at ~14.5 kyr BP, and remained relatively high until 11.7 kyr BP. Subsequently, the diatom abundance decreased gradually from 4.75 to 0.38×106 frustules/g during 11–8 kyr BP and remained at a low level thereafter. The biogenic opal concentration was low during 32–15 kyr BP, with an average of 10.5%, but it increased abruptly after 15 kyr BP (Yao et al., 2022; Figure 3B). Higher values were maintained during 14.7–10.5 kyr BP, with an average of 24.1%, reaching a peak of 31.2% at ~13 kyr BP. The opal concentration then decreased and remained relatively uniform at 9% during 10–2 kyr BP (Figure 3B). There is a strong correlation between changes in the biogenic opal and diatom abundance (r=0.82, p<0.01; Figures 3C, B), which suggests that diatoms were the main components of the biogenic material in the subarctic NW Pacific in the last 32 kyr.

The   records reveals that SST ranged from 4 to 10.8°C in the core LV63-4-2 during the last 32 kyr (Figure 3A). The   -based SST (  ) increased gradually from 5.0 to 10.8°C during 30–19 kyr BP, but with a brief decrease from 8.2 to 5.4°C during 22–20 kyr BP. The SST then decreased substantially, from 8.4 to 5.3°C, during 19–16 kyr BP, followed by a rapid increase after 16 kyr BP. Higher SSTs, from 8.2 to 10.1°C, continued during 14–8 kyr BP, followed by a modest decrease during 8–4 kyr BP (Figure 3A).




5 Discussion

The records of diatom assemblages and   for the interval of 32-26 kyr BP (which records a minimum in  ) (Figures 2, 3) are inconsistent with comparable records from the North Pacific, and therefore the subsequent discussion focuses on the interval from 26 kyr BP to the present.


5.1 Possible mechanisms driving productivity variations in the Subarctic Pacific Ocean


5.1.1 Last Glacial Maximum (23–18 kyr BP)

In general, extensive sea-ice, low productivity, and moderately warm SSTs occurred in the subarctic NW Pacific during the LGM (Figure 4), in contrast with the lowest SST which occurred during 32-26 kyr BP (Figures 2, 3). There was no significant decrease in   during the LGM (Figure 4A), which is supported by a warm SSTs reconstructed from diatom and δ18O records from core MD01-2416 (Figure 5D; Gebhardt et al., 2008). However, the maximum proportion of sea-ice diatoms in core LV63-4-2 (Figure 4E) points to extensive sea-ice coverage in the subarctic NW Pacific during this period, as evidenced by the lowest proportion of warm-water diatom species and the fluctuating increase in the ice-margin species T. gravida. The presence of ice-related diatoms in core ES (49.73°N, 168.32°E; 2,388 m water depth) from the NW Pacific further indicates the occurrence of sea-ice in this area (Katsuki and Takahashi, 2005). In addition, ice proxy 25 (IP25) concentrations in cores SO202-07-6 (51.3°N, 167.7°E; 2,345 m water depth; Figure 4D) and SO202-27-6 (54.2°N, 149.6°W; 2,919 m water depth) from the NW and northeastern (NE) Pacific Ocean both increased during the LGM, which demonstrates the distribution of sea-ice throughout the subarctic region (Méheust et al., 2018). Nevertheless, diatom records from the Bering Sea and subarctic Pacific show that core ES from the western subarctic Pacific contained a higher proportion of open-water diatoms and fewer ice-related diatoms compared to the cores from the eastern Bering Sea during the LGM. This indicates that seasonal sea-ice prevailed in the western Bering Sea and subarctic Pacific during the LGM, whereas in the eastern Bering Sea more stable and persistent sea-ice conditions occurred (Katsuki et al., 2003).




Figure 4 | Comparison of paleoenvironmental proxies between core LV63-4-2 and other regional records. (A–C): Sea surface temperature (SST) records from cores LV63-4-2, SO202-27-6 (Maier et al., 2015), and SO202-07-6 (Serno et al., 2015). Sea-ice proxies: (D) Ice proxy 25 (IP25; μg/g) concentration from core SO202-07-6. (E) Abundance of sea-ice diatom species from core LV63-4-2. Paleoproductivity proxies: (F) Opal concentration (%) from core LV63-4-2; (G) Opal content (%) of core GGC-37 (Keigwin et al., 1992); (H) Total organic carbon (TOC; wt.%) from core SO202-07-6 (Serno et al., 2015); and (I) δ18O record of the North Greenland Ice Core Project (NGRIP) ice core (‰; Rasmussen et al., 2006).






Figure 5 | Comparison between northern and southern hemispheric processes for the last glacial termination. (A) Atmosphere pCO2 (Marcott et al., 2014) and the near-surface subpolar North Pacific (Gray et al., 2018). (B) δ18O record of the North Greenland Ice Core Project (NGRIP) ice core (NGRIP Dating Group, 2006) and insolation at 65°N, as references Northern Hemisphere climate signals. (C) Opal content (%) of cores LV63-4-2 (this study), GGC-37 (Keigwin et al., 1992), and SO202-7-6 (Serno et al., 2015). (D) Sea surface temperature (SST) records from cores LV63-4-2 and MD01-2416 (Gebhardt et al., 2008). (E) Freshwater diatom species in core LV63-4-2. (F) δ13C record of Cibicidoides spp. (versus the Vienna Pee Dee Belemnite) from the intermediate Bering Sea (SO201-2-85KL) and Okhotsk Sea (SO178-13-6; Max et al., 2014). (G) Benthic-planktonic (B-P) 14C age difference at the intermediate depths (< 1,500 m) in the northwest Pacific (NW Pacific): core CH84-14 (circles), core GH02-1030 (triangles), and core MR01K03-PC4/PC5 (diamonds; Okazaki et al., 2010). (H) Reconstructed changes in the position of the subpolar gyre boundary (Gray et al., 2020). (I) Chinese speleothem δ18O record (Cheng et al., 2016). (J) 231Pa/230Th ratio on the Bermuda Rise (McManus et al., 2004). (K) Opal flux records from South Atlantic sediment core TN057-13PC4, showing changes in the upwelling of nutrient-rich deep water (Anderson et al., 2009). (L) δ18O record of the European Project for Ice Coring in Antarctica (EPICA) Dome C (EPICA Community Members, 2006), as a reference Southern Hemisphere climate signal. Abbreviations: HS1, Heinrich Stadial 1; YD, Younger Dryas Stadial; BA, Bølling-Allerød; N. Pacific, North Pacific; N-Atlantic, North Atlantic; and ACR, Antarctic Cold Reversal.



Low biological productivity during the LGM is indicated by the lowest biogenic opal content and diatom abundance in core LV63-4-2 (Figures 3B, C). According to Artemova et al. (2018), very cold climatic conditions and low bio-productivity in the Sea of Okhotsk occurred during Marine Isotope Stage 2 until 21 kyr BP. Low concentrations of sterols in core SO202-27-6 also point to reduced productivity in the eastern subarctic Pacific at this time (Méheust et al., 2018). Additionally, a decrease in the biogenic opal concentration during the LGM was also observed in core RAMA-44PC (53°N, 164.65°E; 2,980 m water depth) from the NW Pacific (Keigwin et al., 1992). The upwelling of Pacific Deep Water was weaker in the study area during glacial periods, and it also shifted southward (Narita et al., 2002). Therefore, the decreased biological productivity in the subarctic NW Pacific region was likely caused by the combination of a reduced nutrient supply due to weakened/retreated North Pacific upwelling and an extended sea-ice cover during the LGM (Narita et al., 2002). Therefore, the supply of nutrients was low during glacial periods and biological productivity was reduced (Narita et al., 2002), which is consistent with the low biogenic opal concentration and diatom abundance in core LV63-4-2 (Figure 4F).



5.1.2 Heinrich Stadial 1 (~17.5–14.9 kyr BP)

The   record indicates that the SST during 18.0–15.0 kyr BP, corresponding to Heinrich Stadial 1 (HS1) (Hemming, 2004; Naafs et al., 2013), was generally colder than during the LGM (Figure 4A). In addition, the oxygen isotope record from the Greenland ice cores indicates that colder climatic conditions occurred during HS1 than during the LGM (Rasmussen et al., 2006; Figure 4I). However, the abrupt decrease in the sea-ice-related diatom abundance during this interval indicates the onset of deglaciation and the occurrence of open water in the subarctic NW Pacific, which was barely affected by sea-ice (Figure 4E). This inference is supported by the high proportion of the open-ocean cold-water species S. latimarginatus in core LV63-4-2 (Figures 2 and 3G), and by the low abundance of sea-ice related diatoms in the Bering Sea and the subarctic NW Pacific during HS1 (Caissie et al., 2010; Max et al., 2012). These records suggest that extensive sea-ice production in the Arctic Ocean resulted in the decreased export of sea-ice from the Arctic Ocean, and subsequently to a pronounced reduction of drifting ice in the subarctic Pacific from the LGM to the HS1.

The low biogenic opal content and diatom abundance indicate constant low productivity throughout HS1, showing the same pattern as that during the LGM (Figures 3B, C). A low biogenic opal content was also observed in the western subarctic Pacific (core SO201-2-12KL) and in the Bering Sea (core SO201-2-77KL), suggesting reduced biological productivity, most likely caused by marginal sea-ice cover (Méheust et al., 2015). In addition, the slight increase in the high-nutrient indicator species N. seminae and in the   record indicate a temperature increase from 5.8°C to 8°C after ~16.0 kyr BP (Figures 3D and 4A), which is in good agreement with the occurrence of open water in the subarctic NW Pacific. These observations suggest that primary productivity began to increase at the end of HS1, which is consistent with the increase in the total organic carbon (TOC) content of core SO202-07-6 during the same period (Figure 4H; Méheust et al., 2015), indicating the early stage of the last deglaciation.



5.1.3 Bølling/Allerød warm interstadial (14.7–12.8 kyr BP)

There was a rapid increase in the   during 14.7–12.8 kyr BP, corresponding to the B/A (Figure 4A). Abrupt changes in the diatom composition at the HS1-B/A boundary (~14.7 kyr BP) occurred across the entire northern Pacific, as well as in the Bering Sea (Katsuki and Takahashi, 2005; Takeda and Tsuda, 2005; Max et al., 2012). Also, rapid increases in freshwater and warm-water diatoms (to ~40%; Figures 3E, F), and in the typical Pacific indicator species N. seminae species (from 10% to 65%; Figure 3D), during this period indicate a pronounced amelioration of regional climatic conditions and the enhancement of the AS, which was coeval with a rise in sea level (Gorbarenko and Malakhova, 2021). The increase in the warm-water species suggests a probable northward shift of the subtropical water masses and an increase in the penetration of warm-water masses towards the Detroit Seamount from the low-latitude Pacific, with the Kuroshio Current (Lembke-jene et al., 2018). The study area at this time was likely affected by both subarctic and subtropical water masses, possibly creating a frontal zone of subtropical and subarctic gyres, where a zone of water mixing occurred and high productivity was created (Venrick, 1971). Changes in the diatom assemblages from the nearby core MD01-2416 also show an increase in freshwater and warm-water species during this period (Gebhardt et al., 2008). Additionally, the large-scale melting of sea-ice from the decay of the Kamchatka glaciers may have led to the influx of large amounts of river and glacial meltwater to the subarctic NW Pacific (Gorbarenko et al., 2019).

High proportions of N. seminae, which is a reliable tracer of the nutrient-rich AS (Sancetta, 1982), suggest high biological productivity in the SPO during the B/A interstadial (Figure 3D). This is supported by a major increase in the biogenic opal content and the highest diatom abundance in core LV63-4-2 occured at this time (Figures 3B, C). In addition, deglacial meltwater incursions in the Aleutian Current and silica input from North American rivers promoted increased productivity in the North Pacific after ~15.5 kyr BP (Gebhardt et al., 2008). Numerous observations also confirm a rapid rise in the SST and collapse of NPIW, which promoted a large increase in biological productivity (Lam et al., 2013; Gray et al., 2018). The maximum TOC values and increases in the phytoplankton biomarker concentrations of cores SO202-07-6 (Figure 4H, Méheust et al., 2015) and SO202-27-6 reflect the enhancement of biological productivity in the subarctic Pacific. This high-productivity event was also reported in the NW Pacific (Keigwin et al., 1992; Gebhardt et al., 2008) and in the NE Pacific (Gebhardt et al., 2008) during 15.8–13.3 kyr BP.



5.1.4 The Holocene and Younger Dryas (12.8 kyr BP to the present)

Despite a stable and nonsignificant decrease in SST records in the subarctic NW Pacific during the Younger Dryas (YD) stadial (12.8–11.7 kyr BP; Figure 3A), a YD-like cold event is indicated by a sudden rise in the sea-ice diatom species and a dramatic decrease in warm-water and freshwater species (Figures 3H, E, F). Additionally, the SST reconstruction for the nearby core MD01-2416 shows a small cooling event in the study area during the YD stadial (Gebhardt et al., 2008). The reason for this discrepancy in temperature is likely to be the seasonality of different proxies, as diatom reconstructions are mainly used for summer and GDGTs-based SST estimates are used for annual temperature (Müller et al., 1998). In the western Pacific, a slight increase in the IP25 concentration probably reflects occasional sea-ice incursions in the area (Méheust, 2014). However, in the eastern subarctic Pacific (core SO202-27-6), the lack of IP25 and minimal IP25 values at the onset of the YD show an inverse pattern (Méheust et al., 2018). A rapid decrease in the biogenic opal content and the proportion of N. seminae, together with reduced diatom abundance and diversity, also support a YD-like cold event in the subarctic NW Pacific (Figure 3). A decrease in productivity is also suggested by the decrease in the biogenic opal in cores SO201-2-12KL and SO201-2-77KL, and by the reduced TOC content in core SO202-07-6 (Figure 4H; Riethdorf et al., 2013; Méheust, 2014). Hence, as in the western subarctic Pacific, previous studies based on biogenic opal and TOC content also point to occasional sea-ice occurrences which limited the primary productivity during the YD.

During the early Holocene (11–9 kyr BP) there was a decrease in   in core LV63-4-2, which reached 10°C in the subarctic NW Pacific (Figure 4A), corresponding to the Holocene Thermal Maximum (HTM), which is supported by the disappearance of sea-ice diatom species in the core (Figure 4E). In the western Bering Sea, an abrupt decrease in IP25 (cores SO201-2-114KL and SO201-2-77KL) also indicates reduced sea-ice or ice-free conditions during the Holocene. Reduced sea-ice was also recorded by the diatom composition of core SO201-2-12KL (Méheust, 2014). Concurrently, the highly variable abundance of N. seminae suggestes several incursions of AS water into the subarctic NW Pacific during the HTM (Figures 3D). Notably, there is an increase in the proportion of the shallow marine transported mesohalobic species Odontella aurita in the diatom assemblage, which is associated with transport from shallower areas of the shelf, indicating periods of active lateral inflow, which may have been associated with the increased influence of currents or drifting sea-ice.

From 8.3 kyr BP onwards, a substantial decrease in   (by ~3°C; Figure 4A), and a ~3°C fall in alkenone SST was recorded in core SO202-07-6 (Méheust et al., 2018), indicating a cooling trend in the Holocene in the subarctic NW Pacific (Figure 4C). A prominent cooling event was also observed at high latitudes during this interval (Alley et al., 1997; Clarke et al., 2004). Thereafter, decreased SSTs were also reconstructed from cores RAMA44 and MD02-2486 from the western and eastern North Pacific, respectively (Keigwin et al., 1992). Additionally, a substantial increase in the IP25 concentration in core SO202-18-6 from the continental shelf of the northeastern Bering Sea was recorded after 8.5 kyr BP, and it remained at a high level during the mid-Holocene (Méheust et al., 2018). Various Holocene climatic records from the North Pacific were reviewed by Max et al. (2012), and they demonstrate a consistent cooling trend since 7 kyr BP, which is consistent with the   record of core LV63-4-2. Moreover, sea-ice diatom species almost disappeared during the Holocene (Figure 4E) and IP25 was almost absent in cores SO202-07-6 (Figure 4D) and SO202-27-6 (Maier et al., 2015), suggesting ice-free conditions in the subarctic Pacific.

Low biological productivity during the Holocene is reflected by low diatom abundances, both in the western North Pacific (cores LV63-4-2, MD01-2416, and RAMA44) and in the eastern North Pacific (core MD01-2489; Gebhardt et al., 2008), and by low biogenic opal concentrations in cores LV63-4-2 and SO202-07-6 from the NW Pacific (Méheust, 2014; Figure 5C). In addition, a prominent halocline developed in the subarctic North Pacific at ~11.1 kyr BP (or at 9.3 kyr BP), which limited the transport of deep water to the surface and weakened the deep-ocean transport of nutrients (Haug et al., 1999), possibly resulting in low productivity in the subarctic North Pacific from the onset of the Holocene. Notably, the proportion of freshwater diatoms increased gradually during 8–6 kyr BP (Figure 5E). The surrounding continental area did not supply major fluvial runoff and neither did it contain large ice sheets to sustain continuous meltwater discharge (Sarnthein et al., 2006). Therefore, we infer that the increased representation of freshwater diatoms was likely the result of the influence of fluvial runoff from the Kamchatka Peninsula and the low-salinity Aleutian Current in the study area (Sarnthein et al., 2004; Riethdorf et al., 2013).




5.2 Deglacial upwelling, productivity, and CO2 outgassing in the North Pacific Ocean

Although the glacial/interglacial changes in paleoceanographic conditions in the Southern Ocean and Subarctic Pacific (Jaccard et al., 2010) were similar, these two regions exert different controls on heat transport, marine biological productivity, and ocean-atmospheric CO2 exchange (Sigman et al., 2021). The degassing of CO2 from the Southern Ocean during the last deglaciation was related to the upwelling of CO2-enriched deep waters, which was interrupted by the Antarctic Cold Reversal (Skinner et al., 2010; Burke and Robinson, 2012). These processes are generally assumed to have played a dominant role in the deglacial rise in atmospheric pCO2 of ~90 ppm (Schmitt et al., 2012; Parrenin et al., 2013; Marcott et al., 2014). These warm intervals coincided with HS1 and the YD, when the Northern Hemisphere experienced abrupt cooling and a weakening or collapse of the Atlantic meridional overturning circulation (Figure 5J; McManus et al., 2004; Bohm et al., 2015). The corresponding slowdown of northward heat transport led to the warming of the Southern Hemisphere and consequently to the southward shift of the westerly wind belt (Toggweiler and Lea, 2010). Anderson et al. (2009) suggested that the shifts in the Antarctic Polar Front caused a strengthening of wind-driven upwelling and led to higher productivity during HS1 and the YD (Figure 5K). These mechanisms are supported by the close relationship between atmospheric pCO2 (Figure 5A) and Antarctic temperatures (Figure 5L). However, Southern Hemisphere processes cannot explain some of the CO2 equilibrium states during the B/A intervals, and several studies have suggested that the CO2 may also have degassed from the deglacial subarctic Pacific (Lam et al., 2013; Rae et al., 2014), which is characterized by CO2-rich deep water (Figure 5A).

A distinct and large increase in productivity during the B/A interstadial (14.7–12.9 kyr BP) was recorded in sediment cores from the SPO (LV63-4-2, GGC-37, and SO202-7-6) (Figure 5C), indicated by high accumulation rates of biogenic opal (Lam et al., 2013). These high biogenic accumulation rates could have contributed to the reduced oxygen concentrations at intermediate depths in the NW Pacific, which were related to the substantial weakening of the NPIW and the expansion of the oxygen minimum zone at the intermediate-water level (Crusius et al., 2004; Schmittner et al., 2007; Chikamoto et al., 2012). Deglacial high biological productivity is also indicated by the occurrence of laminated and biogenic opal-rich sediments and an increase in open-water diatoms in sediments from the western Bering Sea (Max et al., 2012; Riethdorf et al., 2013). Large-scale deep water upwelling results in the mixing of nutrient-rich intermediate and deep water (Gray et al., 2018), which can trigger a productivity explosion. The greatly reduced NPIW formation at the onset of the B/A also weakened the upper-water stratification of the SPO, which accelerated the upwelling of nutrient-rich Pacific deep water, thus increasing the biological productivity (Sarnthein et al., 2006; Rella et al., 2012; Ren, 2015). Further support for a deglacial increase in export production comes from δ13C measurements of epibenthic foraminifera throughout the subarctic Pacific and the Bering Sea (Rella et al., 2012; Max et al., 2014), indicating a basin-wide increase of the rate at which nutrients were supplied to the surface ocean (Figure 5F).

The timing and magnitude of the changes in productivity are supported by other independent reconstructions from the mid-to-high latitudes in the North Pacific Ocean (Okazaki et al., 2010). This is supported by a compilation of radiocarbon ages for the NW Pacific (Figure 5G; at water depths< 1500 m), which reflect the deep ventilation of NPIW transport (Okazaki et al., 2010). Specifically, high benthic-planktic events were initiated during strong monsoon intervals, whereas low benthic-planktic events tended to occur in concert with weak monsoons (Figures 5G, I). This is further supported by recent radiocarbon and sedimentological results from the Gulf of Alaska, which indicate the role of moisture and heat transport from low latitudes in the paleoclimate of the North Pacific (Walczak et al., 2020). However, warming in the North Pacific, via a northward diversion of the polar front, could also have driven changes in oceanic heat transport, supporting increasing benthic-planktic offsets after the B/A interstadial (Gray et al., 2020). Temperature fluctuations in the thermocline depth indicated by our   record (Figure 5D) are typically attributed to spatial shifts in the Subpolar Front, as an expansion of the front would increase thermocline warming and northward heat transport to the Subarctic Gyre. The observed warming of the subpolar North Pacific by 5°C from ~16.5 kyr BP, during the interval of increasing Northern Hemisphere insolation (Figure 5B), would have promoted a decrease in the pole-to-equator temperature gradient and a northward shift of the westerly jet (Figure 5H; Gray et al., 2020). This in turn led to enhanced moisture transport and an increase in the annual mean precipitation over the ice sheets, contributing to the net negative mass balance and the retreat of the marine margin of the Kamchatka glaciers and the Cordilleran Ice Sheet (Walczak et al., 2020; Gorbarenko et al., 2022). This scenario is consistent with evidence for the presence of freshwater diatom species observed in core LV63-4-2 (Figure 5E), representing meltwater fluxes from the Kamchatka glaciers and Cordilleran Ice sheet. In general, increased subsurface heat advection to the Subarctic Gyre would lead to weaker thermocline stratification in the western and northeastern Pacific, thus creating a subsurface channel for latitudinal heat transport via the deep thermocline.

Additional evidence attributes the interaction between Pacific and Atlantic ice sheet retreat events to atmospheric heat transport and adjustments in the Arctic (Praetorius et al., 2018), especially the net freshwater transport from the Pacific to the Arctic when the Bering Strait is open, and/or rapid sea-level rises from ice melting (Praetorius et al., 2020). Increased heat transport from a more tilted subarctic gyre could explain the anomalous warmth of the SPO during the B/A interstadial and it may have driven wider Northern Hemisphere warming and the mountain glaciers and ice sheet collapses at this time (Lora et al., 2016). The increase in the pCO2 within the near-surface ocean at the onset of the B/A interstadial would have resulted in significant outgassing of CO2, with the previously reconstructed ocean-atmosphere pCO2 difference being ~130 μatm (Gray et al., 2018; Figure 5A). Also, the release of CO2 from the subpolar Pacific at the onset of the B/A may have contributed to the rapid (~10 μatm) increase in atmospheric CO2 which was observed at this time. Although some portion of this CO2 drawdown may have been countered by carbonate compensation, it is likely that other mechanisms, such as changes in iron fertilization and destratification in the Southern Ocean (Figure 5K), may also have operated to offset this CO2 fall and to achieve the observed deglacial CO2 rise. Overall, our study demonstrates that changes in the mid-depth circulation of the NW Pacific may have played a crucial role in glacial nutrient availability and biological productivity in the NW Pacific, and intensified the release of CO2 from the subpolar Pacific during the warm intervals may have contributed to the breakdown of stratification in the North Pacific.




6 Conclusions

The modern SPO is strongly stratified by a buoyant, low-salinity surface layer, which is sustained by an excess in precipitation and runoff relative to evaporation, and restricted meridional exchange between subpolar and subtropical surface waters. We present a centennial-to-millennial-scale record of changes in the vertical mixing of water masses, SST, and paleoproductivity from core LV63-4-2, in the subarctic NW Pacific, during the LGM. The results showed that productivity, inferred by the low biogenic opal concentration and diatom abundance, was low in the subarctic NW Pacific region, possibly because of the extended sea-ice cover and weakened vertical mixing of water masses during the LGM. Moreover, the deglaciation accelerated at the onset of the B/A interval, leaving the subarctic Pacific and Bering Sea-ice-free, and coinciding with high   and maximum productivity, possibly due to the vertical admixture of old, nutrient-rich Pacific deep water and nutrient-depleted surface water. We propose that the strengthening of the subpolar gyre would have increased the poleward heat transport, warming the high latitudes and suppressing the formation of the NPIW. Overall, our results indicate that past changes in the NW Pacific mid-depth circulation may have played a crucial role in glacial nutrient availability and biological productivity in the NW Pacific. This inference supports the notion that CO2 outgassing from the North Pacific helped to maintain high atmospheric CO2 concentrations during the B/A interstadial and contributed to the deglacial CO2 rise.
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The uptake of atmospheric CO2 and the cycle of dissolved inorganic carbon (DIC) in the ocean are the major mechanisms and pathways controlling global climate change and carbon cycling. The stable carbon isotope (δ13C) of DIC, therefore, provides an important tracer for processes such as air-sea exchange, photosynthesis, and water dynamics in the ocean. Here, we present new δ13C-DIC data on water samples collected from a north-south transect (13°N–40°N, 150°E) in the western North Pacific (NP) Ocean in November 2019 and compare the results with those previously reported for similar transects (149.3°E) during WOCE and CLIVAR projects over the past three decades. The values of δ13C-DIC, ranging from -0.83‰ to 0.86‰, were higher in the surface waters and decreased with depth. The high δ13C-DIC values in the surface waters were influenced primarily by isotopic fractionation during air-sea exchange and photosynthesis. With depth, the movement of different water masses and mixing, as well as bathypelagic respiration in the dark water of the ocean, all play important roles in influencing the distribution and isotopic signatures of δ13C-DIC in the western NP Ocean. The δ13C-DIC values of the 0–200 m water layer varied from -0.17‰ to 0.86‰, with lower values at high latitudes, affected by the low δ13C-DIC values carried by the Oyashio Current to the Kuroshio Extension (KE) region. A downward trend was present in the δ13C-DIC signature from north to south in the North Pacific Intermediate Water (NPIW) and Pacific Deep Water (PDW) in the western NP, which reflected the remineralization of organic matter with a horizontal transport of NPIW and PDW. We found a strong 13C Suess Effect in the upper 2,000 m in the western NP Ocean, and δ13C-DIC at the surface (<50 m) has decreased by 0.60‰-0.85‰ since 1993. The mean δ13C-DIC change in the surface ocean was estimated at 0.28‰ per decade between 1993 and 2019. The air-sea exchange and water mixing in the study area may have accelerated the absorption of anthropogenic CO2 in recent years, which likely caused a slightly faster rate of decrease in the δ13C-DIC from 2005–2019 than that observed from 1993–2005.
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Introduction

The distribution of dissolved inorganic carbon (DIC), as the largest reservoir of carbon (38,000 Gt C) in the oceans (Key et al., 2004; Schuur et al., 2016), has a vast potential impact on the global carbon cycle and climate change (Broecker et al., 1985; Key et al., 2004; Tagliabue and Bopp, 2008). The stable carbon isotopic composition of oceanic DIC is influenced by physical, biological, and anthropogenic processes and has been used as an important tracer for studies of processes such as air-sea exchange, carbon remineralization, water mixing, and ocean circulations (Broecker et al., 1985; Gruber et al., 1999; Quay et al., 2003; Key et al., 2004; Druffel et al., 2008; Tagliabue and Bopp, 2008). The notation δ13C is typically used, representing deviations in the 13C/12C ratio relative to a standard, Vienna Pee Dee Belemnite (VPDB, Craig, 1957). Studies have shown that the δ13C values of DIC distributions are largely dominated by air-sea exchange in the surface ocean and that water mixing and ocean circulation play important roles in affecting the DIC δ13C values in the deep ocean (Key et al., 2004; Druffel et al., 2008; Ding et al., 2018; 2020 Ge et al., 2022a). Typically, δ13C values of DIC are relatively high in the upper waters and low in the deeper ocean (McNichol and Druffel, 1992). In surface water, the pool of residual DIC is slightly enriched in 13C due to isotope fractionation in biological processes. During photosynthesis, phytoplankton preferentially incorporate lighter carbon into organic matter, also leading to an increase in surface water δ13C-DIC (Schmittner et al., 2013). The gradient of high δ13C at the surface water and a lower δ13C in the deep ocean water is the result of the remineralization of sinking particulate organic matter releasing low δ13C carbon (Druffel et al., 2008). This gradient has been weakened with the intrusion of δ13C-depleted anthropogenic CO2 into the upper ocean since the Industrial Revolution from the atmosphere, i.e., the 13C Suess effect (Olsen and Ninnemann, 2010). Anthropogenic CO2 from the burning of fossil fuels and deforestation is very low in 13C, reflecting the preferential utilization of 12C during photosynthesis. The combustion of fossil fuels has added low δ13C carbon into atmospheric CO2 and decreased the value δ13C by nearly 2% since 1850 (Keeling et al., 2010). A strong 13C Suess effect in the upper 1,000 m of all ocean basins was found based on the observations of 2011–2013, and δ13C-DIC in the upper water has been depleted by more than 0.8‰ since the industrial revolution, with the strongest decrease in the subtropical gyres of the Northern Hemisphere (Eide et al., 2017). Understanding and quantifying the distribution of δ13C and the magnitude of the 13C Suess effect for DIC in the oceans is important both for understanding the efficiency of current sinks for anthropogenic CO2 and for unraveling ocean circulation.

It has been well recognized that the western North Pacific (NP) Ocean is of interest in terms of the oceanic carbon cycle. One aspect is a highly dynamic region that is largely influenced by western boundary currents (Hu et al., 2015; Ma et al., 2016), the Kuroshio and Oyashio Currents, and the Kuroshio Extension (KE) formed by the mixture of these two currents. Furthermore, the western NP Ocean acts as a major sink for anthropogenic CO2, accounting for ~25% of the annual oceanic uptake of CO2 from the atmosphere (Takahashi et al., 2009). The North Pacific Intermediate Water (NPIW) in the western NP is important with respect to anthropogenic CO2 because the subarctic water (Oyashio) mass is abundant in anthropogenic CO2 and is transported southward to the subtropical gyre and then widely distributed in the intermediate layer of the NP (Tsunogai et al., 1993; Yasuda et al., 1996; Qiu and Chen, 2011). The global survey of oceanic 13C in DIC in the western NP Ocean was conducted accompanied by radiocarbon measurement in DIC during the World Ocean Circulation Experiment (WOCE) in the 1990s and continued during the Climate Variation and Predictability Program (CLIVAR) in the 2000s (Key, 1996; McNichol et al., 2000; Kumamoto et al., 2013). The variations in oceanic δ13C collected in the same region during these surveys at different times have been estimated by comparing two individual data sets (Quay et al., 2003; Sonnerup and Quay, 2012; Eide et al., 2017). The decadal changes and regional variations in the δ13C of DIC since the WOCE project have indicated anthropogenic CO2 accumulation and natural variations in the ocean (Quay et al., 2007; Eide et al., 2017). However, the δ13C data of DIC in the western NP are still limited.

With the continuous climate change and the concomitant changes in hydrography as well as in biological productivity and communities, assessing and further examining the modern distribution of DIC δ13C in the NP is important to understanding these changes. In this study, we present new δ13C-DIC results for water samples collected in 2019 from P1 (13–40°N, 150°E), a meridional transect, in the northwestern NP Ocean (Figure 1). Our transect is close to those that were investigated during the WOCE cruise (P10 transect, ~149.3°E) in 1993 (Key et al., 2004) and during the CLIVAR cruise (P10N transect, ~149.3°E) in 2005 (Kumamoto et al., 2013). This paper outlines the use of stable isotopic carbon tracers to distinguish the sources and influences of waters around the western North Pacific to provide further constraints on physical, biological, and anthropogenic processes. Furthermore, comparison of the data obtained during our cruise with the CLIVAR and WOCE cruises along these close transects in the western NP in the last 26-year time period (2019–1993) enables us to improve the estimate of changes in δ13C in the western NP and to promote understanding of the carbon cycles that are linked to oceanic circulation and anthropogenic influence in the western NP. The δ13C data presented in this paper are the addition to the concentration and radiocarbon results of DIC collected from the same cruise we recently published (Ge et al., 2022a).




Figure 1 | Map of the study region plotted using Ocean Data View (ODV, Schlitzer, 2015) and the sampling transect stations of line P1 in the northwestern North Pacific in November 2019. Red diamonds are the stations for measuring δ13C throughout the sampling water depth.





Materials and methods


Study areas

In the western NP ocean, the Kuroshio and Oyashio Currents are the two important western boundary currents of the subtropical and subarctic gyre (Yatsu et al., 2013; Hu et al., 2015). Separating from the Japanese east coast near 35°N, 140°E, the warm, saline Kuroshio Current flows eastward toward the open Pacific Ocean, which is recognized as the Kuroshio Extension (Qiu and Chen, 2005; Qiu et al., 2014). The cold and fresh Oyashio Current flows southward to the subtropical gyre. At approximately 34–37°N, the Oyashio front meets the KE Current and forms the mixed waters at the Kuroshio-Oyashio interfrontal zone, and then flows eastward (Rogachev et al., 2000; Qiu and Chen, 2011; Hu et al., 2015). An important feature of the Kuroshio-Oyashio interfrontal zone is that it is the most dynamic region in the NP, undergoing well-defined decadal fluctuations of sea surface height, eddy activity, and sea surface temperature (SST) (Qiu and Chen, 2005; 2010 Taguchi et al., 2007; Qiu et al., 2014). The newly formed NPIW originates as a vertical salinity minimum in the Kuroshio-Oyashio Mixed Water region, just east of Japan. In the western NP, the NPIW is characterized as water with a salinity minimum and a potential density of 26.6–27.4σ0 (Talley et al., 1995).



Sample collection, processing, and isotope measurement

Water samples were collected along a south-north transect P1 onboard R/V Dongfanghong 3 during the cruise in the western NP in November 2019 (Figure 1). Seawater samples were collected from the entire water depth at 7 stations (P1-1, P1-5, P1-9, P1-13, P1-19, P1-21, and P1-25) and from only the upper 2,000-m layer at 19 stations. The sampling schedule and methods used have been described in detail in our recently published paper, so readers can refer to Ge et al. (2022a; 2022b).

In the laboratory, water samples were measured for the concentrations and radiocarbon (Δ14C) compositions of DIC for all 26 stations (Ge et al., 2022a). For stable carbon isotopes, the δ13C values of DIC were measured for water samples from the seven stations with full water depths and P1-2, as well as for selected water samples at water depths of 1,000–2,000 m at other selected stations only (Supplementary Table 1). The results of concentrations and Δ14C values of DIC have been published recently (Ge et al., 2022a), and the data will be used for comparison here and help for interpretation of the δ13C results.

The δ13C values were measured using a MAT 253 plus isotope ratio mass spectrometer (IRMS) with a dual-inlet system at the Center for Isotope Geochemistry and Geochronology (CIGG) of Qingdao National Laboratory for Marine Science and Technology (QNLM) in Qingdao, China. The δ13C-DIC values were measured for purified CO2 gas extracted during sample processing for Δ14C measurement, and a small fraction was pre-saved (Ge et al., 2022a). The details of the method used for seawater DIC extraction and CO2 gas purification are described in Ge et al. (2022a). The δ13C values are reported in ‰ relative to the VPDB standard and expressed as δ13C (‰) = (Rsample – Rreference)/Rreference×1000, where R = 13C/12C. The δ13C analytic precision was ≤ 0.2‰.




Results


Hydrography

The salinity, temperature, and concentrations of DIC and δ13C-DIC of all the water samples collected in P1 transect are presented in Supplementary Table 1 of the Supplementary Material. The water temperature, salinity, and DO and DIC concentration data from the samples (Ge et al., 2022a, b) are used for δ13C-DIC results comparison and interpretation. As shown in the plots of the water potential temperature versus salinity (T-S), the water in the sampled region can be divided into different water masses with different potential densities (Figure 2). The largest variations in water temperature and salinity are at above a depth of 1,000 m, showing that the water temperatures and salinities in the upper water at the high-latitude stations (P1-1, P1-2, P1-3, P1-4, and P1-5; 36-40°N) were obviously lower than those at the other stations (Figure 2). Water temperature generally decreased unevenly with depth at above 500–1,000 m at all the stations (Ge et al., 2022a), and was relatively stable in deep water. Salinity had a different vertical gradient. The salinity increased slightly with depth in the upper water (>155 m), then decreased to the minimum level by 500–750 m (~26–27σ0), and then began to increase at greater depths before levelling off (>34.5, σ0 ≥ 27.5) below 1,500 m (Figure 2).




Figure 2 | Plots of water temperature versus salinity with density (Sigma-0) associated with different water masses (represented by different colored points) along the P1 transect in the western NP in November 2019 using ODV. The color bar on the right side indicates the potential density. The solid line represents Station P1-1 in the KE region. The dotted line represents Station P1-24. The A-E regions represent low-density and high-temperature water in the upper 200 m depth (A) and the mixed water in the upper 200–300 m depth (B) at low latitudes (13°N–30°N), the denser and colder water in the upper water of the KE region [(36°N–40°N, (C)], the NPIW water mass (D), and deep water below a 1,000 m depth (E) along the P1 transect in the western NP.



The cold and fresh water observed at the northern stations (35°N-40°N) reflected the properties of the Oyashio Current. As the subsurface salinity minimum structure and relatively cold water documented at the density of 26.6–27.4σ0 indicated, the relatively new NPIW salinity was lower than 34.0 (Figure 2) (Itou et al., 2003). The T-S structure at 13°N–34°N was typical of subtropical gyre water (Itou et al., 2003; Ge et al., 2022a), which showed high temperatures and limited salinity fluctuations for the surface water in the subtropical gyre water region (13°N–34°N, Figure 2).



Concentrations and distributions of DO and DIC

The concentrations of DO were high in the upper water and low in the deep water, ranging from 35 μM to 239 μM. The largest changes in DO were seen in the upper 1,000 m depth along the P1 transect. The high values (164 μM to 239 μM) in the upper water layer (< 200 m) decreased rapidly with depth to the lowest concentrations at ~ 1,000 m at all the stations (Figures 3A, B; Ge et al., 2022b).




Figure 3 | Depth profiles and latitudinal distributions of DO (A, B), DIC (C, D) and δ13C (E, F) in water samples collected from stations along the P1 transect in the northwestern NP in November 2019. Distribution of DO along the P1 transect is cited and replotted from Ge et al. (2022b). Data from the upper 2,000 m depth of the sampling stations are shown as black dots in the depth profiles.



The depth profiles and latitudinal distributions of the DIC concentrations for all stations along the P1 transect showed that the DIC concentrations ranged from 1,816 µmol kg-1 to 2,354 µmol kg-1 (Figures 3C, D). Although the DIC profiles exhibited some variation among the stations, in general, the concentrations of DIC showed minimum values in the upper 50 m (1.816–2,014 µmol kg-1), increased rapidly from the surface down to ~1,000-1,500 m, and then remained relatively constant or decreased slightly (Figure 3C). Laterally, large concentration variations across the north-south transect were seen in the upper 1,000 m depth (Figure 3D). In comparison with the other stations, stations in the KE region (36°N–40°N) had the highest DIC concentrations in the surface water, which were influenced by Subarctic water (Oyashio Current) characterized by high DIC concentrations originating in the northwestern subarctic gyre (Ge et al., 2022a).



Isotopic distributions of DIC

Depth profiles and latitudinal distributions of the δ13C-DIC values along the P1 transect are shown in Figure 3E and 3F. The δ13C values measured for DIC samples ranged from -0.83‰ to 0.86‰ (Supplementary Table 1 and Figure 3C). The δ13C-DIC values appeared to vary more in the upper 1,000 m than in deep waters. The δ13C-DIC profiles were relatively high in the surface water and decreased slightly with depth (Figures 3E, F). At 1,000–2,000 m depths, the δ13C-DIC values reached a minimum, then increased slightly with depth and remained relatively constant below a 3,000 m depth. The minima of δ13C at 1,000–3,000 depths were located around 30°N–40°N, and had upward trends from north to south (Figure 3F).




Discussion


Processes influencing the distribution of δ13C-DIC

The vertical distributions of δ13C-DIC (-0.83‰–0.86‰) that we measured in the water column along the P1 transect generally agree well with the values reported in previous studies in the NP (Quay et al., 2003; Druffel et al., 2008; Liu et al., 2010). Large variations in δ13C-DIC occur mainly in the upper 1,000 m water depth (Figures 3C, D), with the highest values in the surface water layer (< 200 m, -0.17‰ to 0.86‰), decreasing to the minimum values at 1,000–2,000 m, and increasing slightly again with depth to deeper water. The average global 13C value of atmospheric CO2 is approximately -8.0‰, which has decreased from -6.5‰ of the Holocene preindustrial atmospheric CO2 13C value as influenced by the increased concentration of 13C-depleted CO2 produced from fossil fuel combustion (Keeling et al., 1989; Siegenthaler and Sarmiento, 1993). Compared with the average atmospheric CO2 13C value, the high values of 13C in DIC in the surface water are clearly affected by isotope fractionation. Low DIC concentrations and high δ13C-DIC values at the water surface are attributable to photosynthesis. During photosynthesis, phytoplankton preferentially fix light 12C into organic carbon and thus leave 13C-enriched DIC in the surface waters, which increases the δ13C values of DIC (Schmittner et al., 2013). On the other hand, sinking and remineralization of organic carbon in and below the euphotic zone release light CO2 and may have caused the low δ13C-DIC values below 200–500 m at most stations. The values decrease to the minimum as the oxygen minimum zone (OMZ, ~1,000 m) is approached because of the addition of isotopically light CO2 from the oxidation of organic matter (McNichol and Druffel, 1992). Below this level, deep circulation patterns replenish the bottom waters and may cause the value of δ13C-DIC to increase (Kroopnick, 1985).

The δ13C-DIC values in the 0–200 m water layer also varied largely along the P1 transect from the lower value (-0.17‰) at high latitudes to the higher value (0.86‰) at lower latitudes (Figure 3D). The high latitudes of the western NP are considered to be one of the strongest anthropogenic CO2 sinks as a consequence of deep convection as well as strong biological activity (Takahashi et al., 2009; Qiu and Chen, 2011). Without taking other factors into account, the high productivity of upper seawater could correspond to the high δ13C-DIC value and vice versa, as organisms preferentially take up lighter isotopes of 12C during photosynthesis. Net primary production (NPP) was much higher in the KE region along the P1 transect (Ge et al., 2022b), which should have caused the high values of δ13C-DIC in the KE region. But the low values of δ13C-DIC in this region might not have been controlled by primary production but may be principally influenced by the contributions of the Oyashio Current, which carries low δ13C-DIC values in waters from the sub-Arctic. Distributions of DIC and radiocarbon (Δ14C) measurements in samples from the same cruise help explain these isotopic 13C data (Ge et al., 2022a). Compared to other stations, stations between 35°N and 40°N that are influenced by the Oyashio Current mass have denser water with high DIC concentrations and low Δ14C values in the upper 500 m (Ge et al., 2022a). The contribution of the Oyashio water to the KE water was calculated to be more than 50% in the western NP (Ding et al., 2018), which could greatly affect the distribution of δ13C-DIC. The clearly lowest δ13C-DIC values at depths of 500–3,000 m (Figure 3D) had an upward trend from north to south. The horizontal variation in δ13C was consistent with the change in DO (Figures 3B, F). Southward advection-diffusion of material at intermediate water depths and Pacific Deep Water was demonstrated by a horizontal variation in Δ14C-DIC and dissolved organic carbon (DOC) in our recent studies (Ge et al., 2022a; Ge et al., 2022b). Remineralization of organic matter with the horizontal transport of water masses may lead to this north-south horizontal variation in δ13C.

We use the temperature, salinity, oxygen, DIC and Δ14C of DIC data to help explain these isotopic δ13C data. As shown in Figure 4A, the δ13C-DIC values had negative correlations with DIC concentrations (R2 = 0.61, p<0.001), i.e., lower 13C-DIC values were associated with higher DIC concentrations. Positive correlations for δ13C-DIC and water temperature in the upper 1,000 m depth (R2 = 0.59, p<0.001), as shown in Figure 4B, indicated that the values of δ13C-DIC decreased with depth. The DIC concentration and temperature showed the opposite trend, i.e., the deeper the water, the higher the DIC concentration. In the upper water, the influence of water temperature on δ13C-DIC could be primarily controlled by air-sea exchange as well as ocean circulation and mixing, but the photosynthesis and respiration of organic matter also affected the distribution of δ13C-DIC. Below 1,000 m, as plotted in Figure 4B, the values of δ13C-DIC may not be influenced by water temperature, as the water is cold and uniform below this depth. In deeper water, microbial degradation of organic matter with water circulation and mixing may play a key role in affecting δ13C-DIC. We used the AOU to infer the biological effects. As shown in Figures 4A, D, δ13C-DIC decreased rapidly with increasing AOU and increasing DIC. These correlations were due to photosynthesis in the surface water and the oxidation of organic matter depleted in 13C in the deep water. In the upper 500 m (R2 = 0.68, p<0.001; Figure 4D) and below 500 m (R2 = 0.67, p<0.001; Figure 4D), there were highly linear correlations existing between δ13C-DIC and AOU along the P1 transect. The slope of these two regression lines in the upper 500 m and below 500 m was similar, but the intercepts were different (Figure 4D). The variation in the intercepts may represent various sources and influences of water masses. By estimating the net annual air–sea CO2 flux using the sea–air pCO2 difference and the air–sea gas transfer rate, the Western NP Ocean was determined to be a sink of atmospheric CO2 (Takahashi et al., 2009), which could explain the negative shift in the intercept of the linear curve in the upper water comparing with that in deep water. In the upper 500 m, the penetration of CO2 through the air-sea interface and photosynthesis are the primary factors affecting the values of δ13C-DIC (Takahashi et al., 2000). In deeper water, the movement of different water masses and mixing as well as bathypelagic respiration of POC in the dark part of the ocean influence the distribution of isotopic DIC signatures in the western NP Ocean.




Figure 4 | Plots of concentrations of δ13C-DIC versus (A) DIC, (B) water temperature, (C) Δ14C and (D) apparent oxygen utilization (AOU) for water samples along transect P1 in the western NP. The AOU data is cited and replotted from Ge et al. (2022b) for comparison discussion. The lines are linear regressions that fit the data.



The air-sea exchange signature of δ13C (δ13Cas) could provide crucial information on different water masses (Itou et al., 2003). If there was no air-sea exchange, the relationship between δ13C and PO4 concentrations in the ocean would be established (δ13C = (1.1PO4 + 2.8); Broecker and Maier-Reimer, 1992). By subtracting the equation of PO4 concentration as a biological factor from δ13C-DIC (Itou et al., 2003), we calculated the values of δ13Cas for upper 200 m water (δ13Cas = δ13C - (1.1PO4 + 2.8), PO4 unpublished data in our study) (Broecker and Maier-Reimer, 1992; Lynch-Stieglitz et al., 1995). As shown in Figure 5, the upper waters in the Kuroshio-Oyashio Mixed Water and in its southern region have different thermodynamic imprints on δ13Cas, indicating different physical properties of water masses in the two regions. If surface waters circulate for an adequate amount of time, giving the oceanic carbon sufficient time to establish isotopic equilibrium with the atmosphere, it is most likely that δ13Cas can have a linear relationship with water temperature, defined as an apparent equilibrium fractionation line (E-F Line, δ13C = -0.104T + 0.269, Figure 5; Zhang et al., 1995; Mook et al., 1974; Itou et al., 2003). The surface water (<200 m) south of the KE region should have approached relative air-sea isotopic equilibrium at relatively high temperatures, as shown in Figure 5. However, the temperature-δ13Cas relationship in the surface water (<200 m) in the Kuroshio-Oyashio Mixed Water along the P1 transect largely deviated from the E-F line (Figure 5), which may reflect the effect of anthropogenic CO2 penetration. The depleted deviation in the Kuroshio-Oyashio Mixed Water implies an apparent air-sea carbon isotopic disequilibrium resulting from the rapid penetration of surface water into the ocean interior occurring as water cooling (Itou et al., 2003). The invasion of anthropogenic atmospheric CO2 tends to decrease δ13Cas in surface water, and the depleted δ13Cas relative to the E-F line indicated that the Kuroshio-Oyashio Mixed region is an important oceanic anthropogenic CO2 sink area.




Figure 5 | The δ13Cas versus temperature diagrams for water upper 200 m at subtropical gyre water Sea Water and Kuroshio-Oyashio Mixed Water Region. The dashed line is the equilibrium fractionation line when ocean DIC is in complete isotopic equilibrium with the atmosphere (Itou et al., 2003).





Decadal variations in δ13C along the P1 transect

The δ13C values for seawater DIC provide important information for understanding the movements and mixing of water masses and the penetration of anthropogenic CO2 into the ocean. An inventory of anthropogenic CO2 in the global ocean indicated that it was 92 ± 46 Gt C with the continuous addition of lower 13C values of atmospheric CO2 produced from fossil fuel combustion (Keeling et al., 1989; Siegenthaler and Sarmiento, 1993; Eide et al., 2017). To examine the decadal changes in δ13C-DIC in the western NP over the last three decades, we compared our results with the WOCE data measured in November 1993 (P10 line, ~149.3°E) and the CLIVAR data from June 2005 (P10N line, ~149.3°E). The δ13C data in 1993 and 2005 that we used for comparison were extracted from the GLOPAD data set (https://www.glodap.info/; Key et al., 2004). The values of δ13C-DIC ranged from -0.61 to 1.56‰ and -0.66 to 1.47‰ in the 1993 and 2005 cruises, respectively. The distributions of the δ13C-DIC values for the P1 transect in the western NP and the previous values along nearby transects (WOCE line P10 149.331°E, 1993 and CLIVAR line P10N 149.331°E, 2005) showed a similar distribution pattern with noticeably different values (Figure 6). The δ13C-DIC signal in the upper water (<2000 m) has negatively deviated since 1993 (Figure 6), as the emission of anthropogenic CO2 from fossil fuel resulted in a reduction in the 13C/12C ratio of the atmosphere (Druffel et al., 2008). Reflecting its organic source, the δ13C value of fossil fuel CO2 (-28‰) was much lower than the atmospheric δ13C value of -7‰ to -8‰ (Andres et al., 1996, Keeling et al., 1989; Keeling et al., 2005). As indicated in previous studies, the decrease rate of δ13C was approximately 0.25‰ per decade in the upper 1,000 m of the NP Ocean (Gruber et al., 1999; Körtzinger et al., 2003; Olsen et al., 2016). Changes in the atmospheric bomb 14C due to the Suess effect, as well as transport into deeper waters and/or advection away from the region, have decreased the Δ14C signature of the upper ocean along the P1 transect (Ge et al., 2022a), which is consistent with the decrease in δ13C-DIC along the P1 transect.




Figure 6 | Latitudinal distributions of the δ13C-DIC values measured for (A) transect P1 in 2019 in our study; (B) CLIVAR line P10N in 2005; and (C) WOCE line P10 in 1993 in the northwestern NP using ODV. The data for lines P10N and P10 were obtained from the GLODAP database (https://www.glodap.info/).



To quantitatively calculate decadal variations in δ13C-DIC in the western NP, the depth profiles of δ13C-DIC for the stations sampled along the P1 transect during 2019 were also compared with those of similar stations sampled along the WOCE project’s P10 transect in 1993 and the CLIVAR project’s P10N transect in 2005, as shown in Figure 7. The surface δ13C-DIC values for samples in the P1 transect declined by approximately 0.60‰–0.85‰ compared to those obtained at adjacent stations along the P10 section in 1993 and by approximately 0.31‰–0.51‰ compared to those obtained along the P10N section in 2005 (Figure 7, Supplementary Table 1). This was consistent with previous results (Gruber et al., 1999; Körtzinger et al., 2003; Olsen et al., 2016). The increases in anthropogenic CO2 (ΔanCO2) in the upper thermocline along the P10 section were mostly 10–13 μmol kg-1, which were estimated using high-quality data for dissolved inorganic carbon and the related water properties obtained by two cruises separated by 12 years (1993–2005), and significant changes in ΔanCO2 were found down to a maximum depth of approximately 800 m (Murata et al., 2009). As calculated, an increase in DIC by 10 μmol kg-1 of pure fossil carbon would lower the δ13C-DIC values by ~0.2‰ from 1993 to 2005 (fossil fuel CO2 has a δ13C value of -28‰, and the average δ13C-DIC was 1.37‰ in the upper water in 1993). This is basically the same as the determination of δ13C-DIC between 1993 and 2005. The average rate of decrease in δ13C-DIC (<50 m) from 1993 to 2019 was 0.28‰ per decade. The temporal changes in δ13C show that the δ13C content of surface seawater (<50 m) decreased steadily at a rate of 0.11–0.32‰ per decade from 1993 to 2005 and that it accelerated at a rate of 0.22–0.37‰ per decade from 2005 to 2019. Considering the different seasons of these three observations (our transect was in November 2019, the transects in the WOCE and CLIVAR projects were in November 1993 and in May-June 2005, respectively), photosynthetic activity in summer may be characterized by higher 13C-DIC values (Racapé et al., 2014). This seasonal effect would increase the declining rate from June 2005 to Nov. 2019 compared to that from Nov. 1993 to June 2005. However, the increase in pCO2 due to warming might to some extent offset the increase in δ13C through biological effects in summer (Takahashi et al., 2009). The monthly mean values for sea–air pCO2 differences in the global ocean show that there was not a great difference between June and November (Takahashi et al., 2009). A study of the decadal variations in anthropogenic CO2 inventoried along the 147°E transect in the western NP showed that the rate of increase in the water column in recent decades (2005-2018) was 75% greater than between the 1990s and 2000s (Li et al., 2022), which may have caused the recent acceleration of the decreasing δ13C rate in recent years. Active air-sea exchange in the study area may be the main factor accelerating the absorption of anthropogenic CO2.




Figure 7 | Comparison of the depth profiles of the δ13C-DIC values measured for stations along transect P1 in 2019 in our study with those obtained at nearby stations along CLIVAR line P10N in 2005 and WOCE line P10 in 1993 in the upper 3,000 m of water in the northwestern NP. The data for lines P10N and P10 are from the GLODAP database (https://www.glodap.info/).



At depths of ~500–3,000 m, especially between 30°N and 40°N, the minimum value of δ13C-DIC along the vertical profile has also significant declined since 1993 (Figures 6 and 7), which indicated that the signal of 13C-depleted atmospheric CO2 from anthropogenic sources should have reach at least 3,000 m. The δ13C-DIC values for samples from depths between 1,000 and 3,000 m as a function of latitude (10°N–40°N) from 1993, 2005 and 2019 showed that the δ13C values of the three transects increased slightly with latitude in a southward direction (Figure 8). Well-ventilated water masses in this area may be most affected by perturbations that reduce δ13C-DIC. The KE region is a high-productivity area with rapid hydrodynamic mixing (Isada et al., 2009; Shiozaki et al., 2014). However, the low temperature and weak vertical stratification of the upper water column do not favor the degradation of POC in the surface. The particles from plankton degradation are quickly carried to the deep water by sink water (Ge et al., 2022b). The lowest DO values at depths of ~500–3,000 m at 30°N–40°N showed that biological oxygen consumption in this area is relatively high. Remineralization of POC (δ13C ranging from -21‰ to -18‰ in the Pacific Ocean) (Druffel et al., 1992; Shan et al., 2020) from the surface could provide sufficient source transport of anthropogenic carbon to the NPIW and Pacific Deep Water.




Figure 8 | The δ13C-DIC values for samples between 1,000 and 3,000 m depths as a function of latitude (10°N–40°N) from 1993, 2005 and 2019.






Conclusions

Our study revealed that δ13C-DIC values ranged from -0.83‰ to 0.86‰ for water samples along the P1 transect in the western NP, and the values decreased with increasing water depth. The relatively high δ13C-DIC values (-0.17‰ to 0.86‰) in the surface water are influenced by mixed processes of air-sea exchange of atmospheric CO2 and isotope fractionation during phytoplankton photosynthesis. In the upper 200 m, δ13C-DIC values were lower at high latitudes than at lower latitudes, likely controlled by contributions of the Oyashio Current with low δ13C-DIC values in the KE region. A downward trend from north to south occurred in the δ13C-DIC signature in the western NP in the NPIW and deep water, which reflects the remineralization of organic matter with the horizontal transport of NPIW and Pacific Deep Water. At depth, the movement of different water masses and mixing as well as bathypelagic respiration in the dark water of the ocean all play important roles in influencing the distribution of isotopic signatures of DIC in the western NP Ocean.

The values of δ13C-DIC in the upper water layers along the P1 transect decreased in the NP compared with observations of the nearby transect of P10 in 1993 and P10N transect in 2005 due to increased anthropogenic carbon penetration into the ocean. The values decreased at an average rate of 0.28‰ per decade from 1993 to 2019. This decrease was generally consistent with that calculated from the increase in anthropogenic CO2 input in the NP. The rate of decrease in δ13C-DIC from 2005 to 2019 was slightly faster than that between 1993 and 2005, which could suggest that air-sea exchange in the study area may have accelerated the absorption of anthropogenic CO2 in recent years.
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We examined particulate organic carbon (POC) export using 238U–234Th disequilibrium in the tropical northwest Pacific Ocean, where numerous eddies are present. We obtained data from an anticyclonic eddy in 2019 and from both anticyclonic and cyclonic eddies in 2020. In 2019, excess 234Th and higher POC concentrations were observed in the upper 100 m layer inside the anticyclonic eddy compared with the outer area of the eddy (the reference site). We speculate that the peculiar feature of excess 234Th in the surface layer was caused by horizontal transport of POC into the eddy and consequent POC degradation and release of particulate 234Th to a dissolved form. However, in 2020, lower POC concentrations with 234Th deficiency were observed in both cyclonic and anticyclonic eddies relative to the reference site. In both years, POC export was lower in the cores of the anticyclonic and cyclonic eddies relative to the reference site. We propose that severe nutrient depletion in the upper 150 m layer hindered nutrient supply by vertical water movement in the eddies. Despite the low POC export at 100 m depth, POC export at 500 m depth was comparable to values observed at 500 m depth at Station Papa in the more productive northeastern Pacific region. Our results imply that POC export into the deep ocean interior in this region may not be as low as expected from the low primary productivity in the euphotic zone.




Keywords: Th-234, POC export, anticyclonic eddy, cyclonic eddy, tropical northwest Pacific



Introduction

The tropical northwest Pacific (NWP) is one of the world’s largest oligotrophic regions. This region is characterized by low nutrient concentrations, particulate organic carbon (POC) inventory (Liu et al., 1995), and primary production (PP), with a dominant contribution from cyanobacteria (Li et al., 2018). Thus, any process that supplies external nutrients into the euphotic zone, such as mesoscale eddies are expected to affect biogeochemical processes in this oligotrophic ocean. Anticyclonic (warm) eddies usually exhibit lower phytoplankton biomass and PP than ambient water owing to their deeper thermocline (McGillicuddy and Robinson, 1997), whereas cyclonic (cold) eddies usually have higher phytoplankton biomass and PP due to the vertical transport of nutrient-replete deep water into the euphotic zone (Uchiyama et al., 2017). However, some studies have reported results that are inconsistent with these patterns (Franks et al., 1986; Greenwood et al., 2007; Fong et al., 2008). Dufois et al. (2017) suggested that PP in anticyclonic eddies is controlled by several competing processes, such as advection of productive waters and deeper vertical mixing.

In the NWP, mesoscale eddies are prevalent because of baroclinic instability associated with vertical shears between the North Equatorial Current and the eastward-flowing North Pacific Subtropical Countercurrent (Qiu, 1999) (Figure 1). Xu et al. (2019) reported that ~5,000 eddies were detected in the NWP over 20 years (1993–2013), with a mean lifespan of ~7 weeks and a mean speed of 6 km d−1 westward. Yun et al. (2020) reported no clear differences in phytoplankton biomass and PP between the outer area of the eddies and the mesoscale eddies in the tropical NWP.




Figure 1 | (A) Map showing the study region (black rectangle) and surface currents in the tropical northwest Pacific (modified from Gallagher et al., 2015). Blow-up map showing (B) the sampling stations (Eddy 1) in September 2019 and (C) sampling stations (Eddy 2 and Eddy 3) in September 2020. Circle (white) and squares (black) represent particulate and hydrography sampling, respectively. The background color shows the sea surface height anomaly (SSHA) averaged over the sampling period. The black arrows indicate the geostrophic current.



POC export out of the euphotic zone or the surface mixed layer is an essential process to transport carbon into the ocean interior. Export efficiency, defined as the ratio of POC export to primary production, was reportedly lower than 10% in this oligotrophic region (Buesseler et al., 1998; Hung and Gong, 2007). Mesoscale eddies may also affect the export efficiency in addition to primary productivity. Compared to the physical structure and PP of the eddies, the effect of mesoscale eddies on POC export processes is not well studied.

In this study, we examined the distributions of nutrients, POC, together with the distributions of total and particulate 234Th activities, to investigate the characteristics of POC export in the eddies of the tropical NWP. 238U–234Th disequilibrium has been successfully utilized to determine the scavenging rates of particle-reactive elements and POC export in the ocean (Buesseler et al., 1992; Owens et al., 2015). This method is based on the fact that 238U (t1/2 = 4.5 x 109 y) is conservative while its daughter 234Th (t1/2 = 24.1 d) is particle-reactive and scavenged by sinking particles from the surface layer. We applied this method in the oligotrophic tropical NWP.



Materials and methods

Samples were collected in the tropical NWP (16–22°N, 126–132°E) from 30 August to 11 September 2019 and from 8 to 25 September 2020 aboard the R/V Isabu (Figure 1). Eddies were identified from the daily sea-level anomaly and the corresponding surface geostrophic current data from the Copernicus Marine Environment Monitoring Service (http://marine.copernicus.eu). The vertical distributions of temperature and salinity were also consulted to determine the presence of eddies (Figures 2, 3). In 2019, the hydrographic survey was conducted in and around an anticyclonic eddy (Eddy 1: ~220 km in diameter, ~45 days since formation, centered at 19°N, 130°E) from 3 to 5 September. In 2020, both an anticyclonic eddy (Eddy 2: ~660 km in diameter, ~180 days since formation, centered at 19°N, 129°E) and a cyclonic eddy (Eddy 3: ~110 km in diameter, ~30 days since formation, centered at 17°N, 128°E) were sampled from 13 to 18 September.




Figure 2 | Vertical distributions of (A) temperature, (B) salinity, (C) DIN, (D) density, (E) POC, (F) Chl-a, (G) 234Thp, and (H) 234Tht at the reference site, the edge, and the core of an anticyclonic eddy in the tropical northwest Pacific in September 2019. The depths of SML (solid line) and euphotic zone (dashed line; 1% of PAR, photosynthetically active radiation) are denoted. The euphotic zone at AE19-C were not shown because PAR data are not available. Particle samples were > 0.7 µm.






Figure 3 | Vertical distributions of (A) temperature, (B) salinity, (C) DIN, (D) density, (E) POC, (F) Chl-a, (G) 234Thp, and (H) 234Tht at the edges, the core of an anticyclonic eddy, and the core of a cyclonic eddy in the tropical northwest Pacific in September 2020. The depths of SML (solid line) and euphotic zone (dashed line) are denoted. The euphotic zone at AE20-E2 were not shown because PAR data are not available. Particle samples were 0.8–51 µm in size.



Water samples were collected using a Rosette sampler equipped with Niskin bottles and a conductivity-temperature-depth (CTD) instrument (SeaBird, SBE-911 plus). Water samples used to analyze nutrients and chlorophyll-a (Chl-a) were immediately filtered through a pre-combusted (4 h at 450°C) glass fiber filter (GF/F, Whatman, 0.7 μm pore size). For nutrients and Chl-a analyses, samples were collected in high-density polyethylene bottles and stored at −20°C and −70°C, respectively. For the measurement of total 234Th activity, each 4 L seawater sample was collected in a polyethylene bottle without filtration in 2019. We increased the sample volume to 10 L in 2020 to reduce measurement uncertainties. Within one hour after the collection, samples were acidified (pH < 1) with 8 N HNO3.

In 2019, particulate samples used for 234Th and POC analyses were collected on a pre-combusted (4 h at 450°C) GF/F (142 mm diameter) using a single-filter head large volume filtration (WTS-LV, McLane, USA). In 2020, a dual-filter head McLane system was used with a Supor filter (Pall, 0.8 μm pore size, 142 mm diameter) and a pre-combusted GF/F (47 mm diameter) in line with a 51 μm pore size pre-filter. The particulate samples were collected at four depths each at three sites (AE19-R, AE19-E, and AE19-C) in 2019 and at four sites (AE20-E1, AE20-E2, AE20-C, and CE20-C) in 2020 (Figure 1). Approximately 400 L was filtered at a flow rate of 4–5 L m−1. Filtered samples were stored immediately at −70°C. As for site naming, AE19-R, AE19-E, and AE19-C represent the outer area (reference site), the edge area, and the core site of the anticyclonic eddy observed in 2019, respectively. For stations in 2020, AE20-E1, AE20,E2, AE20-C, and CE20-C represent the edge areas (E1 and E2), the core area of the anticyclonic eddy, and the core of the cyclonic eddy, respectively.

Analytical methods for Chl-a and nutrients are reported in Seo et al., (submitted-this issue). Briefly, Chl–a concentrations were determined using a fluorescence sensor (WET Labs ECO-AFL/FL), calibrated by a high-performance liquid chromatography (HPLC; n=88, r2 = 0.41, Figure S1). Nutrients (NH4+, NO2−, NO3−, PO43−, and Si(OH)4) were measured using an automatic nutrient analyzer (New QuAAtro39, SEAL Analytical), with a measurement accuracy of < 5% for a certified nutrient reference material (KANSO Co., LTD). For POC concentration, a 25 mm diameter circle was punched out from the GF/F filter. The sample was decarbonated by HCl fumigation in a desiccator, and POC concentration was measured using an elemental analyzer (EA 2400 CHNS/O Series II, PerkinElmer, USA) (Knap et al., 1996). The procedural blank was < 1% of the average sample concentration, and measurement uncertainty was < 2% based on multiple analyses of a sulfanilamide standard.

For the total 234Th (234Tht) measurement, an internal standard (230Th, 6.5 dpm) was added to the 4 L seawater sample collected in 2019 after acidification. KMnO4 and MnCl2 were added and allowed to stand for > 6 hours to form ~4 mg of MnO2 precipitate (Benitez-Nelson et al., 2001). The precipitates were collected using a quartz microfiber filter (Whatman 1.0 μm pore-size, 25 mm diameter), which took 24–28 hours. The filter with the stainless steel disc was covered with two layers of aluminum foil on board the research vessel. Beta-counting of 234Th for the covered filter was performed using a low-level beta counter (RISØ National Laboratories, Denmark) in a land-based laboratory. After beta counting, the recovery of 230Th was measured by adding a 229Th spike, and Th was further separated using an anion exchange column (Bio-Rad Laboratories, Hercules, CA). Both 229Th and 230Th were measured using a magnetic sector-field inductively coupled plasma-mass spectrometer (ICP-MS, Element 2, Thermo Scientific) (Pike et al., 2005). The activity of particulate 234Th (234Thp, > 0.7 µm) was measured using a beta counter in the punched-out portion (25 mm diameter) of each filter from the large volume filtration. The measured activities were considerably higher than the GF/F filter blank (~0.7 cpm).

To increase the sample volume with higher throughput, we used a modified method of the traditional Fe-precipitation method for the Th samples collected in 2020. The details of the method are described in Seo et al. (2021). In brief, for each measurement of 234Tht, an internal standard (230Th, 6.5 dpm) and Fe carrier (70 mg) were added to ~10 L of acidified seawater sample. After equilibration (~12 hours), the pH was adjusted to ~8 using NH4OH to form Fe precipitates. After siphoning off the supernatant, Fe precipitates were collected on filter paper (Whatman Grade 54). The precipitates were dissolved using 8 N HNO3 and heated for 1–2 hours in a hot block. The Th separation was then conducted using a UTEVA resin (Eichrom Industries, Darien, IL) on board the research vessel. In a land-based laboratory, Th was co-precipitated with CeF3 and placed on a filter paper (Eichrom, 0.1 μm pore size, and 25 mm diameter) for alpha and beta counting of 230Th and 234Th, respectively. The 234Thp activity was determined using the same method as the 234Tht method after acid digestion (using a mixture of concentrated HCl and HNO3) of a portion of the Supor filter sample, corresponding to ~50 L of seawater volume. The measured 234Th activity was corrected for chemical recovery, decay, and ingrowth from 238U. The initial beta-counting of all 234Th samples in 2019 and 2020 was performed within 15 days after the sampling. A series of counting was conducted to ensure the purity of the samples and for the calculation of counting uncertainties. The mean chemical recovery for the 234Th measurements in 2019 and 2020 was 82% ± 10% and 89% ± 12%, respectively. The procedural blank was < 1% of the samples, and the uncertainties of blank measurement and recovery (~10%) are based on 2-sigma counting statistics. Compatibility of the two methods of 234Tht measurement was ascertained by analysis of the equilibrium activities of 234Th and 238U (~2.5 dpm L−1) in a seawater standard (Seo et al., 2021).



Results

Sea surface height anomaly (SSHA) showed the presence of anticyclonic (positive SSHA values) and cyclonic (negative SSHA values) eddies with a spatially alternating pattern in both years. In 2019, the maximum SSHA was ~0.2 m for Eddy 1 (Figure 1). Vertical temperature distribution in the entire study region showed that the surface mixed layer (SML; defined as the depth at which the temperature was 0.5°C lower than that in the surface layer; Price et al., 1986; Kelly and Qiu, 1995) ranged from 35 to 59 m (50 ± 8 m; mean ± σ) in thickness. The thickness of the SML at AE19-R (reference site), AE19-E (edge site), and AE19-C (core site) was approximately 35, 45, and 55 m, respectively, deepening toward the eddy core (Figure 2). In 2020, the maximum SSHAs in Eddy 2 and Eddy 3 were ~0.4 m and about −0.1 m, respectively (Figure 1). The vertical gradients in temperature and density in 2020 were smaller than in 2019 (Figure 3). The SML ranged from 25 to 75 m in thickness (60 ± 14 m; mean ± σ). The thickness of the SML at AE20-E1 (edge of the anticyclonic eddy), AE20-E2 (edge of the anticyclonic eddy), AE20-C (core of the anticyclonic eddy), was about 50, 57, and 50 m, respectively, whereas that at CE20-C (core of the cyclonic eddy), 25 m, was notably shallower.

In 2019, Chl-a concentrations determined by a fluorescence sensor in the entire study region were < 0.38 μg L−1. Subsurface chlorophyll maximum (SCM) was observed in the 100–150 m layer, which is deeper than the euphotic zone (1% PAR, Photosynthetically Active Radiation) (Figure S2). At the three sites in Eddy 1, the Chl-a concentrations were < 0.35 μg L−1, with the SCM at 90–120 m depth (Figure 2). In 2020, the maximum Chl-a concentration in the entire study region was 0.29 μg L−1. The SCM was in the 100–150 m layer and therefore, in a similar position to that in 2019. In Eddy 2 and Eddy 3, the Chl-a concentrations were < 0.28 μg L−1, with the SCM in the 120–140 m depth range, which is slightly deeper than in 2019 (Figure 3). In both years, the Chl-a concentrations inside the eddies were not significantly different from those in the reference and edge sites. The Chl-a concentrations and the position of the SCM in the study region were similar to those observed in the Kuroshio-Oyashio confluence region in the subtropical northwest Pacific Ocean (Chl-a: 0.01–0.93 μg L−1 and SCM: 100–120 m) (Venrick, 1990; Li et al., 2018) and in the subtropical North Pacific gyre (ALOHA) in summer (Chl-a: 0.18 ± 0.08 μg L−1, SCM: ~120 m) (Prahl et al., 2005).

Dissolved inorganic nitrogen (DIN) concentrations in 2019 showed depletion (< 2 μmol L−1; here 2 μmol L−1 was adopted as the threshold following Reynolds, 2006) between the surface and a depth of 100–120 m and increased gradually with depth, with no clear differences observed between the reference site and the eddy sites (Figure 2). Here, DIN is equivalent to NO3−, as the concentrations of NO2− and NH4+ were below the detection limit for all samples. Vertical distribution patterns of dissolved inorganic phosphate and silicate were similar to that of DIN (not shown). In 2020, the vertical distributions of DIN at AE20-E1, AE20-E2, and AE20-C were similar to those observed in 2019 (Figure 3). In both years, the mean DIN concentration at 150 m was 0.74 ± 0.24 μmol L−1 at all stations, except in the core of the cyclonic eddy (CE20-C), which showed a slightly higher concentration (2 μmol L−1). This thick nutrient-depleted layer (~150 m) is commonly observed in the NWP region (Kitajima et al., 2009; Chen et al., 2013) and is much deeper than in the productive area (e.g., at Station Papa in the northeastern Pacific) (Signorini et al., 2001). In 2020, the DIN concentrations at 500 m depth at all sites were similar, with a mean value of 23 ± 4 μmol L−1 (Figure 3).

The mean POC concentrations (> 0.7 μm particle size) in the upper 100 m layer in 2019 were 1.06 ± 0.20, 1.82 ± 0.09, and 1.67 ± 0.16 μmol L−1 at AE19-R, AE19-E, and AE19-C, respectively (Figure 2). Thus, the POC concentrations were higher at the core and edge of the anticyclonic eddy than at the reference site. The vertical distributions of POC showed a small variation. In 2020, the mean POC concentrations (0.7–51 μm particle size) in the upper 100 m layer were 1.73 ± 0.03, 1.45 ± 0.03, 0.92 ± 0.07, and 0.83 ± 0.10 μmol L−1 at AE20-E1, AE20-E2, AE20-C, and CE20-C, respectively (Figure 3). The POC concentrations were lower in the cores of the anticyclonic and cyclonic eddies. In general, small particles (< 51 μm) are the largest fraction of POC in the oceanic environments (Lam et al., 2015; Lam et al., 2018). Thus, the POC concentrations of 0.7–51 μm particles are likely similar to those of > 0.7 μm particles. In this sense, POC concentrations in 2020 were not likely different from those observed in 2019. POC concentrations in this study region were lower than those observed (2.0 to 6.1 μmol L−1; > 0.45 μm particle size) in other parts of the northwest Pacific Ocean (20–32°N and 130–153°E; Zhong et al., 2021). The POC concentrations in the deeper layer (100–500 m) in 2020 ranged from 0.14 to 0.47 μmol L−1 (0.29 ± 0.12 μmol L−1; mean ± σ). The POC concentrations decreased sharply to similar values at 300 m and 500 m (Figure 3).

The 238U activity based on the salinity (Owens et al., 2011) ranged from 2.39 to 2.43 dpm L−1 in both years. The 234Tht activities in the upper 100 m layer in 2019 were 1.35–2.63, 1.18–2.84, and 2.26–3.67 dpm L−1 at AE19-R, AE19-E, and AE19-C, respectively (Figure 2). 234Tht activity increased toward the core of the anticyclonic eddy, with excess 234Tht in the edge and core. In 2020, the 234Tht activities in the upper 100 m layer were 1.61–2.58, 1.96–2.62, 2.06–2.28, and 2.08–2.42 dpm L−1 at AE20-E1, AE20-E2, AE20-C, and CE20-C, respectively (Figure 3). The vertical distributions of 234Tht showed no clear difference between the anticyclonic and cyclonic eddies. The 234Tht activities (2.35 ± 0.16 dpm L−1) in the deeper layer (100–500 m) were close to the equilibrium value, but slight excess activities at AE20-E1 and deficiency at AE20-E2, AE20-C, and CE20-C were observed (Figure 3).

In 2019, 234Thp (> 0.7 μm particle size) activities in the upper 100 m layer ranged from 0.33 to 0.56 dpm L−1 (Figure 2). Slightly higher activities were observed at the edge and core of the anticyclonic eddy (0.44–0.56 dpm L−1) than at the reference site (0.33–0.47 dpm L−1). In 2020, 234Thp (0.8–51 μm) activities in the upper 100 m layer ranged from 0.24 to 0.38 dpm L−1. The 234Thp activity in large particles (> 51 μm) was below the detection limit. Thus, the 234Thp activity of 0.8–51 μm particles should be the same as that of > 0.7 μm particles. The 234Thp activities in 2020 were slightly lower than those observed in 2019 (Figures 2, 3). Unlike in 2019, we observed no spatial differences in 234Thp activity associated with the eddies. However, the vertical distribution of 234Thp in the upper 100 m layer showed similar patterns in 2019 and 2020. In 2020, 234Thp ranged from 0.14 to 0.25 dpm L−1 (0.19 ± 0.04 dpm L−1) in the deeper layer (100–500 m). 234Thp activities decreased sharply from 100 m to 300 m, but the values at 500 m were similar to those at 300 m (Figure 3).



Discussion


Distributions of POC and 234Th

In 2019, POC concentration in the upper 100 m of the water column was higher within the anticyclonic eddy than at the reference site, as was the 234Thp activity (Figure 2 and Figure 4). The POC:234Thp ratio (μmol:dpm) in the upper 100 m layer increased from ~2.4 at the reference site to ~3.2 at the edge of the eddy (Figure 4). The 234Tht activity was also higher within the eddy than at the reference site. In the eddy core, we observed excess 234Tht activity over 238U (Figure 2), which is a unique feature not observed in the surface layer of the ocean since it is only possible when 234Th is imported from outside the system. Excess 234Tht is mainly caused by the presence of the dissolved form of 234Th (~0.72 dpm L−1 difference between the core and the reference site) and only minorly by the particulate form (~0.15 dpm L−1 difference). Therefore, we speculate that 234Th was imported in the particulate form, being attached to POC that was horizontally transported into the eddy, and was released into a dissolved form as POC decomposed. This suggests that processes that typically occur vertically in the oceanic water column (i.e., scavenging of Th in the surface layer then releasing to the water below, forming excess Tht), occur horizontally from outside the eddy to the eddy core. However, suspended particles will be moved with the water movement within the eddy while large particles are prone to gravitational settling. Thus, if an eddy is mature with age much longer than the half-life of 234Th, equilibrium within the eddy should be reached for 234Th, and no horizontal gradient is expected. Only ~45 days passed since its formation of Eddy 1, and thus equilibrium may not have been reached. The distribution of Chl-a did not show a commensurate increase toward the eddy core likely because it represents only living biomass and thus, in situ phytoplankton production (Savoye et al., 2003). Conversion of POC to DOC (dissolved organic carbon) may involve an increase in DOC concentration. However, such an increase was not clearly observed in our study (Seo et al., submitted-this issue), presumably because the fresh DOC and nutrients are consumed rapidly upon release.




Figure 4 | The concentrations of (A) POC, (B) 234Tht, (C) 234Thp, (D) POC:234Thp, (E) 234Th flux, and (F) POC flux in the upper 100 m layer at the reference site, the edge, the core of the anticyclonic eddy, and the core of the cyclonic eddy in the tropical northwest Pacific in Septembers 2019 and 2020.



In contrast to 2019, excess 234Tht was not observed in either eddies in 2020. In 2020, POC concentrations in the upper 100 m layer was lower in the cores of both eddies relative to the edge (Figures 3 and Figure 4), which is the opposite trend to that observed in 2019. It is not clear whether the excess 234Tht observed in 2019 was a persistent feature or only an ephemeral feature observed briefly soon after the formation of an eddy that collected POC from the surrounding water. However, because deficiencies of 234Tht relative to 238U are commonly observed in the surface layer, the excess of 234Tht observed in 2019 seems a special case.



Fluxes of 234Th

A generally used one-dimensional particle flux model based on the disequilibrium of 238U–234Th was applied to the study region (Savoye et al., 2006). The vertical flux of 234Th at a given depth (z) under the steady-state and negligible advection/diffusion is:

	

where PTh is the export flux (or removal from the water column) of 234Th; AU and ATh are the 238U and 234Th activities, respectively; and λTh is the decay constant of 234Th (0.02876 d−1). For the 2019 data, we attempted to estimate the flux at a depth of 100 m as recommed by Buesseler et al. (2006). This depth is below the euphotic zone in the study region (Figures 2, Figure 3 and Figure 5). The calculated 234Th fluxes were 1680 ± 680, 290 ± 410, and −1400 ± 900 dpm m−2 d−1 in the reference site, the edge, and the core of the anticyclonic eddy, respectively (Figure 4). The negative flux clearly indicates that the assumption is not justified and that the one-dimensional model is not applicable. The decrease in 234Th flux toward the eddy core and the negative flux in the core is most likely explained by horizontal particle transport because i) vertical upward transport of particles carrying 234Th should be negligible, and ii) convergence of water mass is usually predominant toward the core in the upper part of anticyclonic eddies. To fully simulate the process, a 3-dimensional physical model combined with behaviors of 234Th and POC will be necessary, which is not feasible in this study. The horizontal particle transport was apparently faster than the lifetime of 234Th (35 d). Qualitatively, the flux out of the water column at the reference site was large enough to support the negative flux of the core site. However, in 2020, the calculated 234Th fluxes, which ranged from 190 to 710 dpm m−2 d−1 at the four stations, did not show any trend toward the eddy core and no negative flux was observed. The 234Th fluxes at 100 m depth in 2020 were within the range of the values observed in the tropical oceans between 10°N and 30°N (740 ± 560 dpm m−2 d−1; Le Moigne et al., 2013).




Figure 5 | Vertical distributions in the upper 500 m layer of (A) Chl-a, (B) DIN, (C) POC, (D) 234Th flux, (E) POC:234Th ratio, and (F) POC flux in the tropical northwest Pacific in September 2020. The data for comparison are from Buesseler et al. (2009b) and Buesseler et al. (2020).



We expanded 234Th flux estimation to deeper depths than the euphotic zone in 2020. Below the particle production layer, the 234Th flux generally remains unchanged or decreases with increasing depth (Buesseler et al., 1995; Savoye et al., 2004). Decreasing 234Th flux with depth can be caused by releasing 234Th from particles as biogenic particles dissolve, and/or decomposition of POC resulting in a reduced POC:234Thp ratio. Steady-state and no lateral advection are a required condition. However, deviation from this condition results in small errors in the open ocean (Buesseler et al., 2020). The fluxes of 234Th at depths of 300 and 500 m in 2020 ranged from 250 to 1450 dpm m−2 d−1. The 234Th flux increased significantly with depth with the exception of AE20-E1, where it decreased with depth (Figure 5). At AE20-E1, the vertical distribution of the 234Th flux was different from that in the other stations: it was higher at shallow depths (< 100 m) and lower at greater depths (Figure 5). Increasing 234Th flux with depth implies net scavenging of 234Th. At 500 m water depth, the 234Th fluxes in the eddies (1300−1450 dpm m−2 d−1) except for AE20-E1 were surprisingly high and comparable with those at Station Papa (1530 ± 1120 dpm m−2 d−1; Buesseler et al., 2006) although PP in our region was only ~50% of the Station Papa (PP = 72 mmol m−2 d−1; Buesseler and Boyd, 2009a). This comparison implies the efficient export of particles into the deeper ocean in this oligotrophic ocean, which is further discussed in the following section.



POC export

The POC export flux (mmol m−2 d−1) at 100 m was calculated by multiplying the calculated 234Th flux (dpm m−2 d−1) by the POC:234Thp ratio (mmol dpm−1) measured at 100 m depth (Buesseler et al., 2006). We measured POC:234Thp ratio only for one size fraction i.e., >0.7 μm in 2019 and 0.8−51 μm in 2020. The ratio reportedly either remains invariant or increases with particle size (Buesseler et al., 2006). Thus, our POC flux estimates can be considered as a lower limit (Buesseler et al., 2006). In 2019, the POC fluxes at 100 m depth were calculated as 4.2 ± 0.3, 0.7 ± 0.1, and −3.0 ± 0.1 mmol m−2 d−1 at the reference site, the edge, and the core of the anticyclonic eddy, respectively (Figure 4F). Ideally, the non-steady state two-dimensional model together with the physical convection model based on high-resolution vertical and horizontal sampling will be needed to properly estimate the vertical and horizontal fluxes of POC (Buesseler et al., 2020). Zhou et al. (2013) proposed that particle redistribution within the eddy by sub-mesoscale advection is important for POC export and should be considered in flux estimation. An independent determination of the vertical flux by deployment of neutrally buoyant sediment traps will help to deconvolve the fluxes. Unfortunately, we were not able to separate the vertical and horizontal fluxes of POC with the limited information that we have. Thus, the estimated POC flux in 2019 should be considered as apparent values only. Instead, the results are meaningful in suggesting a process of POC convergence toward the eddies.

In 2020, the POC fluxes at 100 m depth ranged from 1.0 to 3.4 mmol m−2 d−1, with no evidence for horizontal transport inside the eddies (Figure 4F). The POC flux at 100 m depth in the study region was comparable to that in other oligotrophic oceans such as the gyre region in the subtropical North Atlantic (1.2−5.9 mmol m−2 d−1; Buesseler et al., 2008) and at Station ALOHA in the North Pacific gyre (1.3−1.9 mmol m−2 d−1; Buesseler et al., 2009b; Grabowski et al., 2019), but much lower than those in other productive regions (10 ± 6 mmol m−2 d−1; Figure 6). The lower POC export in the cyclonic eddy in 2020 is not consistent with the general understanding of higher POC production facilitated by nutrient supply due to the vertical water movement. As speculated by Seo et al., (submitted-this issue), the depletion of nutrients reaching as deep as ~150 m resulted in an insignificant supply of nutrients to the upper 100 m layer.




Figure 6 | Distribution of 234Th-derived POC fluxes in the ocean. The boxes in the inset indicate the study regions. The data for comparison are from Moran et al. (2003) for the arctic Atlantic, Thomalla et al. (2008) for the equatorial Atlantic and the North Atlantic, Buesseler et al., 2003; Buesseler et al. (2001) for the Southern Ocean I, Rutgers van der Loeff et al. (1997) and Morris et al. (2007) for the Southern Ocean II, Kawakami and Honda (2007) for the North Pacific, Buesseler et al. (1998) for the Arabian Sea, Buesseler et al. (2020) for Station Papa, Buesseler et al. (1995) and Murray et al. (1996) for the equatorial Pacific, Buesseler et al. (2008) for the North Atlantic (gyre), and Buesseler et al. (2009b) for Station ALOHA.



The inconsistency in POC dynamics between 2019 and 2020 suggests that the factors controlling the POC flux in eddies are complex, with various influencing factors including the eddy’s stage, age, and the initial conditions of the water mass (Bishop et al., 1992; Shih et al., 2020 and the references therein). Hydrographic conditions in the surface layer were different in the sense that the study region in 2020 was mainly occupied by a large anticyclonic eddy. Mean sea surface temperature of the study region during the cruise was higher in 2020 than 2019 by ~0.4°C. The SML was shallower and the thermocline was less clear in 2020 than in 2019. The different ages of the eddies, ~180 days of Eddy 2 in 2020 vs. ~45 days of Eddy 1 in 2019, may have been a factor. However, it is not clear why the POC dynamics in 2019 and 2020 were so different.

An interesting finding from the observation in 2020 is the high POC flux at depths deeper than 100 m. We compared our deep POC flux data (> 100 m) with that from Station Papa, where POC fluxes based on the same method are available at several depths below the euphotic zone (Buesseler et al., 2020). The PP at Station Papa is about two times that in our study region (Buesseler and Boyd, 2009a). The POC flux at 100 m depth at Station Papa was ~3 times that observed at our sites. However, the mean POC flux at 500 m at our sites (1.6 ± 1.1 mmol m−2 d−1) is similar to that at Station Papa (Figure 5). At our sites except for AE20-E1, POC flux at 300 and 500 m were higher those at 100 m whereas POC flux remained unchanged or decreased below the primary production zone at Station Papa. We speculate that the production in the deep SCM contributed to the POC flux in the deeper layer. The depth of the SCM in our study sites (~120 m) was greater than that at Station Papa (~75 m; Buesseler et al., 2020). Since the deep layer is biogeochemically less dynamic, our results suggest that such higher POC export may occur in the deep layer of the oligotrophic ocean. If this is the case, the examination of POC export at 100 m depth may have been underestimated in the extremely oligotrophic ocean. Thus, further evaluation by the deployment of sediment traps with high-resolution in the twilight zone are needed.




Conclusions

We investigated POC fluxes in the eddy-rich northwest tropical Pacific in Septembers 2019 and 2020. In 2019, excess 234Th activities within the anticyclonic eddy were observed, which was speculatively caused by horizontal particle transport into the eddy core at the early stage of eddy formation. However, when we examined an anticyclonic eddy and a cyclonic eddy in 2020, such horizontal particle convergence was not observed. POC flux in the cyclonic eddy was not higher than that in the anticyclonic eddy, because the nutrient-depleted layer was so deep (~120 m) that water advection did not help to bring nutrients up from below. However, we observed that the POC fluxes based on 234Th at 300 and 500 m depths were not so low and comparable with that at more productive Station Papa. This result suggests that POC flux to the ocean interior in the oligotrophic region may be higher than expected, presumably because production in the deep subsurface chlorophyll maximum layer and a smaller vertical density gradient may lead to more efficient POC settling. This implication that POC flux at deeper depths in the oligotrophic region may be higher than thought is intriguing. However, further studies are necessary by a well-orchestrated campaign including 234Th-based flux determinations with sediment trap deployments at multiple depths in the mesopelagic zone to better characterize the biological pump in the oligotrophic regions.
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Benthic nitrogen cycling, including nitrification, N-loss, and other nitrogen transformations, plays a crucial role in the marine nitrogen budget. However, studies on benthic nitrogen cycling mainly focus on marginal seas, while attention to the deep ocean, which occupies the largest area of the seafloor, is severely lacking. In this study, we investigate the benthic nitrogen cycling in the Kuroshio Extension region (KE) of the northwest Pacific Ocean at water depths greater than 5,000 m through 15N enrichment slurry incubation and pore-water dissolved oxygen and inorganic nitrogen profiles. The slurry incubation indicates nitrification is the predominant process in benthic nitrogen cycling. The potential nitrification rates are nearly an order of magnitude higher than dissimilatory nitrate reduction. Nitrification and total N-loss flux estimated from pore-water nitrate and ammonium profiles are 6–42 and 5–30 μmol N m−2 d−1, respectively. Generally, anammox is the predominant N-loss process in KE sediment. The temperature gradient experiment indicates that the optimum temperature for anammox and denitrification is 13 and 41°C, respectively, partially explaining anammox as the dominant process for deep-ocean benthic N-loss. Both the low concentration of ammonium in pore-water and the discrepant results between anoxic incubation amended with 15NO3− and 15NH4++14NO3− suggest that ammonium is another limiting factor for benthic anammox. N-loss activity gradually declines with the distance from the Oyashio–Kuroshio transition zone. However, nitrification has the opposite trend roughly. This reveals that the sediment in KE transfers from nitrate sink to source from north to south. This trend is mainly caused by the variation of primary production and the supplement of active organic matter, which is the energy source for microbes and the potential source for ammonium through remineralization. Overall, our results highlight temperature and ammonium as two limiting factors for deep-ocean benthic N-loss and also exhibit a tight coupling relationship between pelagic primary production and the benthic nitrogen cycle in KE.
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Introduction

As an essential element for biological growth, reproduction, and evolution, nitrogen limits the primary production of marine phytoplankton, which regulates global atmospheric CO2 levels (Howarth and Marino, 2006; Canfield et al., 2010). Therefore, the study of marine nitrogen biogeochemical cycling has always been a hotspot in studies related to global change (Gruber and Galloway, 2008). Marine sediment is the most active zone for nitrogen turnover processes, where more than 50% of fixed nitrogen loss occurs (Devol, 2015). The benthic nitrogen cycle generally includes the mineralization of organic nitrogen, aerobic nitrification, and anaerobic dissimilatory nitrate reduction (Kuypers et al., 2018; Hutchins and Capone, 2022). The primary nitrogen source of marine sediments is the deposition of particulate organic nitrogen. Mineralization then converts burial organic nitrogen into ammonium, supporting other processes (Thamdrup and Dalsgaard, 2008). The removal of nitrogen relies on two dissimilatory nitrate reduction processes: heterotrophic denitrification (NO3−→ NO2−→ NO → N2O → N2 ) and autotrophic anaerobic ammonium oxidation (anammox, NH4++ NO2−→ N2 ) in the anoxic sediments (Thamdrup and Dalsgaard, 2002), which are collectively known as nitrogen loss processes with a final product of N2. Unlike denitrification and anammox, dissimilatory nitrate reduction to ammonium (DNRA, NO3−→ NO2−→ NH4+ ) converts nitrate to ammonium, which is retained in the aquatic environment in ion form (Tiedje, 1988). Aerobic nitrification (NH4+→ NO2−→ NO3− ), including ammonium and nitrite oxidation processes, occurs in the oxic sediment layer and is linked to mineralization and dissimilatory nitrate reduction (Ward, 2008).

The marine benthic nitrogen cycle has been extensively studied in the last decades with the wide application of the 15N amended incubation experiment and the development of the 15N analysis technique. However, most of these studies focused on marginal seas, while attention to the deep ocean, which covers about 60% of the seafloor, was relatively scarce. N-loss processes have been studied directly in limited deep continental slope and basin sediments with water depths greater than 1,000 m based on 15N incubation (Engström et al., 2009; Trimmer and Nicholls, 2009; Sokoll et al., 2012; Na et al., 2018; Rich et al., 2020). Compared with coastal or continental shelf sediment, although the total nitrogen loss rate is relatively low, the psychrophilic and autotrophic anammox processes seem to show a rather substantial contribution to N-loss with increasing water depth (Dalsgaard et al., 2005; Devol, 2015). Thamdrup et al. (2021) first investigated the benthic N-loss in two hadal trenches, Atacama and Kermadec, with water depths of 7,720–7,915 and 9,300–9,555 m, respectively, which is currently the N-loss result with the greatest water depth reported in the marine sediment. Despite being the deepest part of the ocean, hadal trenches receive both vertical and lateral inputs of organic matter and are believed to be the hotspots for benthic early diagenesis and N-loss processes in deep marine environments (Glud et al., 2021; Thamdrup et al., 2021).

Unlike continental shelves and slopes with relatively shallower overlying water or hadal trenches with abundant organic matter accumulation, in abyssal plain sediment, O2 is thought to be the significant electron acceptor according to the model results because of the low organic matter deposition. Hence, aerobic nitrification is the predominant nitrogen transformation process (Middelburg et al., 1996; Soetaert et al., 1996). The nitrification and N-loss rates were estimated based on pore-water dissolved inorganic nitrogen (DIN), the natural 15N abundance profiles, and benthic DIN fluxes supported the viewpoint above as well (Christensen and Rowe, 1984; Brunnegård et al., 2004; Wankel et al., 2015). Nevertheless, few direct measurements of N cycling processes in abyssal plain sediment using 15N amended incubation have been reported. Therefore, the benthic N cycling behavior and the controlling environmental factors in abyssal plain areas are still unclear.

The Kuroshio Extension region (KE) is located in the North-West of the Pacific Ocean. The submarine topography of KE is mainly an abyssal plain referred to as the Northwest Pacific Basin (Jamieson and Stewart, 2021), which provides an appropriate field for studying benthic nitrogen cycling behavior in the abyssal plain area. In this study, we measured the pore-water dissolved inorganic nitrogen (DIN) profiles and estimated the total rates of nitrification and N-loss. Potential nitrification, anammox, denitrification, and DNRA rates were obtained through oxic and anoxic 15N amended slurry incubation under in situ conditions. Additionally, a temperature gradient anoxic 15N incubation was conducted to investigate the temperature response of denitrification, anammox, and DNRA in the deep ocean. This study provides the first direct measurement of nitrification, denitrification, anammox, and DNRA in KE sediment, and further explores the benthic nitrogen cycling behavior and the environmental factors regulating these processes in abyssal plain areas.



Materials and methods


Station description and sampling procedures

Sampling stations are located in the abyssal plain area of KE (146°12ʹ–151°12ʹ E, 32°24ʹ–41°00ʹ N) with water depths of 5,408–6,011 m (Figure 1 and Table 1). Intense eddy activity and complex currents, which affect nutrient transport, make the pelagic net primary production (NPP) highly variable (Uchiyama et al., 2017; Clayton et al., 2021) and generally decrease from north to south with the distance from the Oyashio–Kuroshio transition region (Figure 1 and Table 1). Sampling and onboard incubation experiments were conducted during the cruise in May and June 2021 by R/V Dongfanghong 3. Sediment was successfully collected using a box corer at five stations (D2, D4, D6, E4, and E10), with visually clear overlying water and an undisturbed sediment surface. Sub-cores were obtained using polycarbonate tubes (length = 30 cm, i. d. = 9.5 cm), sealed with silica gel stoppers. Sediment cores were then transferred to a temperature-controlled incubator and preserved temporarily under the in situ temperature for O2 profile measurement, pore-water sampling, and layered 15N slurry incubation afterward. At Sta. D6, extra surface sediment (about 0–5 cm) was collected for a temperature gradient 15N incubation. A portion of segmented sediment for 15N slurry incubation was collected in zip-lock PE bags and stored at −20°C, subsequently freeze-dried for determination of sediment porosity, total organic carbon (TOC), total nitrogen (TN), and chlorophyll a (Chl-a) contents.




Figure 1 | Sampling stations in KE. The NPP distribution is based on the online data of Copernicus Marine Environment Monitoring Service (CMEMS, https://marine.copernicus.eu/).




Table 1 | Water depth, positions, bottom water temperature, salinity, NO3− and NH4+ concentration, and pelagic net primary production (NPP) at each sampling station.



Sediment O2 profiles were determined in duplicate or triplicate at each station within 2 h after sampling using an oxygen microelectrode (OX-25, Unisense, Denmark) installed on a micromanipulator with a resolution of 200 μm. Sub-cores for pore-water extraction were segmented immediately every 0.5 or 1 cm in the upper 10 cm and 1 cm in the remaining section. Pore-water was extracted using Rhizon samplers as described by Song et al. (2013) and preserved in 15 ml centrifuge tubes under −20°C for DIN (including NO3− , NO2− , and NH4+ ) analysis. Bottom water was collected from about 20–50 m above the seafloor, using Niskin bottles coupled to a Conductivity–Temperature–Depth sensor (CTD)-rosette system at each station, except for E10, where the cast was only down to 1,000 m. Water temperature and salinity were simultaneously measured by CTD. The bottom water for DIN analysis was filtered using 0.7 μm GF/F membranes and stored in polyethylene bottles at −20°C.



15N slurry incubation under in situ temperature

Both oxic and anoxic 15N enrichment slurry incubations under in situ temperature were carried out to determine the potential rates of nitrification and dissimilatory nitrate reduction processes (including denitrification, anammox, and DNRA), respectively. We chose the bag incubation style (Hansen et al., 2000), and the operating procedure of the slurry incubation referred to by Thamdrup and Dalsgaard (2002) and Song et al. (2013) with slight modifications as described below. The division of oxic and anoxic incubation was conducted according to the O2 profile at each station. For Sta. D2, a pore-water O2 profile under 6 cm was not obtained (see Results). Thus, 17–19 and 19–21 cm of sediment were predicted to be anoxic and were used for anoxic 15N enrichment slurry incubation.

For oxic incubation, 20 ml of homogenized sediment and 180 ml of air-flushed bottom water were mixed in a gas-tight bag. The artificial seawater described below was used for Sta. E10. Each bag was amended with 15NH4+ or 15NO2− with the final 15N tracer concentration of about 100 μmol L−1. The slurry was sub-sampled from the incubation bag at five time-points within 72 h at Sta. D2 and 48 h at Sta. D4, D6, E4, and E10, respectively. The sub-samples were preserved in 5.9 ml vials (Labco, United Kingdom) prefilled with 0.1 ml of saturated HgCl2 solution for the determination of 15NOX− (15NO3− and 15NO2− ). Dissolved oxygen in the slurry was determined by the O2 microelectrode mentioned above before the Exetainer bottle cap was tightened to ensure the oxic conditions during the incubation process.

For anoxic incubation, 20 ml of homogenized sediment and 180 ml of He-flushed artificial seawater (35 g NaCl and 0.2 g NaHCO3 in 1 L of purified water, with a nitrate background less than 3 μmol L−1) were mixed in a gas-tight bag. The slurry was preincubated under in situ conditions for 2–4 days to remove the residual O2. The anoxic condition in the incubation bag was confirmed by the O2 microelectrode described above. After the preincubation, each bag was amended with He-flushed 15NO3− or 15NH4++14NO3− stock solution with a final 15N tracer concentration of about 100 μmol L−1. The slurry was sub-sampled from the incubation bag at five time-points within 96 h at Sta. D2 and 48 h at Sta. D4, D6, E4, and E10, respectively. The preservation of the samples was the same as for the aerobic incubation. Nevertheless, the target parameters for the assay were 15N2 (29N2 and 30N2) and 15NH4+ instead of 15NOX−. For DIN analysis, a portion of each sub-sample was filtered using a 0.2 μm syringe filter and stored at −20°C.



Temperature gradient experiment

To investigate the temperature response of dissimilatory nitrate reduction processes in deep-ocean sediment, a temperature gradient anoxic 15N slurry incubation was conducted using the upper 5 cm of sediment at Sta. D6. The incubation and sub-sampling procedures were the same as described above but under 16 different temperature gradients (1, 2, 4, 7, 10, 13, 16, 19, 22, 25, 29, 33, 37, 41, 45, 49 °C) in individual temperature-controlling incubators. The optimal temperature at which denitrification or anammox had the highest potential rate was thought to be the optimal temperature (Topt). The obvious activation energy (Ea) was calculated using the Arrhenius equation according to Dalsgaard and Thamdrup (2002).



Analytical methods

The isotopic ratios of 29N2/28N2 and 30N2/28N2 were determined using a homemade membrane-inlet mass spectrometer (MIMS) according to Kana et al. (1994). The typical precision of the 29N2/28N2 and 30N2/28N2 determinations is 0.1% and 1%, respectively. Concentrations of 29N2 and 30N2 were calculated according to Thamdrup and Dalsgaard (2000). The linear calibration factor α was determined by the standard working solution, which was made using the same salinity of seawater collected in the investigated region at 20 ± 0.01°C using the air equilibrium method (Kana et al., 1994). The concentration of 15NH4+ was determined using a hypobromite oxidation MIMS method (Yin et al., 2014). 15NO2− was first converted to 29N2 by the sulfamic acid reduction method (Granger and Sigman, 2009), then its concentration was determined by the same MIMS described above. 15NOX− was reduced to 15NO2− by the vanadium trichloride method (Schnetger and Lehners, 2014), then its concentration was determined as 15NO2− described above. The concentration of 15NO3− was calculated from the difference between 15NOX− and 15NO2− . The DIN of bottom water, pore-water, and incubation samples was determined by the spectrophotometric method using a nutrient auto-analyzer (AA3, SEAL, United Kingdom), except for the bottom water NH4+ concentration, which was determined by a high-sensitivity fluorescence method (Holmes et al., 1999).

Sediment porosity was calculated from the difference between the wet and dry weight of the sediment, considering the dry sediment density of 2.65 g cm−3 and the seawater density of 1.02 g cm−3. Sediment TOC and TN content were determined using an elemental analyzer (Vario EL III, Elementar, Germany). The precision for TOC and TN determination is 5% (standard sample TOC = 0.56%) and 2% (standard sample TN = 0.06%), respectively. Sediment Chl-a was determined in triplicate using a fluorometric method (Pinckney et al., 1994).



Rate calculations

Benthic O2 and DIN fluxes from profiles were calculated using Fick’s first law of diffusion from the steady state assuming a section with linear O2 and DIN concentration gradient through Equation (1) (Brunnegård et al., 2004; Engström et al., 2009):

 

where Fsed is the flux in sediment, Ø is the porosity of the sediment, dc/dz is the linear concentration gradient in sediment pore-water; Dsed is the diffusion coefficient in sediment and is calculated by Equation (2) according to Boudreau (1997):

 

where Dsw is the diffusion coefficient in seawater, obtained by Li and Gregory (1974).

Total nitrification and N-loss rates were estimated from DIN fluxes in sediment (Brunnegård et al., 2004; Engström et al., 2009; Thamdrup et al., 2021). DIN fluxes in the sediment oxic zone (OZ) and anoxic nitrogenous zone (NZ) were calculated separately. The estimations were based on the following assumptions: (1) Nitrate from nitrification supplied the N-loss processes and diffused to the overlying water meanwhile; (2) Downward nitrate flux in NZ was used for N-loss through denitrification and anammox; (3) Upward ammonium flux in NZ was used for anammox. Thus, rates of nitrification, denitrification, anammox, and total N-loss were calculated using Equations (3–6):

 



 

 

where NF, DF, AF, and NLF were the total rate of nitrification, denitrification, anammox, and N-loss from DIN fluxes, respectively;   (OZ),   (NZ) and   (NZ) represents nitrate or ammonium flux in the sediment oxic zone or the anoxic nitrogenous zone.

The potential rates of nitrification, denitrification, anammox, and DNRA were calculated from 15N slurry incubation using the isotope pairing technique (IPT). Equations according to Thamdrup and Dalsgaard (2002) were used in this study without considering the minor influence of DNRA on anammox. Therefore, the potential rates were calculated using Equations (7–12):

 

 

 



 

 

where NP1 and NP2 were the potential nitrification rate from 15NH4+ and 15NO2− amended incubation, respectively; DP was the potential denitrification rate from 15NO3− amended incubation; AP1 and AP2 were the potential anammox rates from 15NO3− and 15NH4++14NO3− amended incubation, respectively; DNRAp was the potential DNRA rate from 15NO3− amended incubation; P29, P30,  ,  , and   were the production rates of 29N2 , 30N2 , 15NOX− , 15NO3− , and 15NH4+ , respectively; FA, FNI, and FN were the 15N abundance of ammonium, nitrite, and nitrate in the 15N enrichment incubation, respectively.

The relative contribution of anammox to N-loss was calculated using Equation (13):

 

where A and D were the anammox and denitrification rates, respectively, including potential rates (AP and DP) and rates estimated from DIN fluxes (AF and DF).



Statistical analysis

The significance of 15N2 and 15NOx− production in 15N slurry incubation was tested by linear regression between the 15N concentration and time, with a critical p-value of 0.05. Correlations between potential nitrification or anammox rates and environmental factors (TOC, TN, and Chl-a) were conducted by Pearson correlation with a critical p-value of 0.10. Correlations between total nitrification or NO3− loss rates and water depth or pelagic net primary production (NPP) were conducted by Pearson correlation with a critical p-value of 0.05. All statistical analyses were run using the Sigmaplot software.




Results


Bottom water and sediment characteristics

Bottom water characteristics at all stations are shown in Table 1, except Sta. E10, where the bottom water was not sampled at that time. The bottom water temperature and salinity were all about 2°C and 35 during the cruise, respectively. The nitrate and ammonium concentrations of bottom water at each station varied little (36.24–36.74 μmol L−1 and 12–15 nmol L−1 for nitrate and ammonium, respectively). Four sediment cores from Sta. D2, D4, D6, E10, and surface and bottom sediment from Sta. E4 in the KE were obtained and characterized. The general characteristics of the investigated sediments are shown in Table 2. The porosity of the sediment had an average value of 0.80 ± 0.06 and declined with depth generally. Sediment TOC, TN, and Chl-a content were 0.28%–0.80%, 0.11%–0.19%, and 0.03–2.02 μg g−1, respectively. All generally decreased vertically with sediment depth. Sediment at northern Sta. E4 had the highest organic matter content (TOC = 0.80%; TN = 0.18%; Chl-a = 2.02 ± 0.07 μg g−1) and sediment at southern Sta. D2 had the lowest (TOC = 0.28%; TN = 0.11%; 0.03 ± 0.00 μg g−1). Though the bottom water at different stations varied little, the characteristics of sediments showed a significant discrepancy from north to south in KE.


Table 2 | General characteristics of investigated sediments.





Pore-water O2 and dissolved inorganic nitrogen distribution

Pore-water O2 generally decreases with depth and eventually depletes (except at Sta. D2). The penetration depths of O2 at Sta. D4, D6, and E10 were 15, 20, and 50 mm, respectively. While at Sta. D2, the O2 concentration in pore-water can still come up to about 100 μmol L−1 at a depth of 60 mm, the maximum measurement depth for our O2 electrode, and the O2 penetration depth at Sta. D2 was supposed to be far more than 100 mm (Figure 2A). Benthic O2 consumption flux ranged between 867 and 2,017 μmol O2 m−2 d−1 (Table 3) and was highest at the northern station D6, with high pelagic NPP and sediment TOC content. Generally, the penetration depth of O2 gradually increased from north to south in KE, revealing a decrease in benthic O2 consumption as well.




Figure 2 | Pore-water (A) O2 and (B) DIN profiles.




Table 3 | O2 fluxes (μmol O2 m−2 d−1) and DIN fluxes (μmol N m−2 d−1) estimated from pore-water profiles and rates of benthic N cycle processes (μmol N m−2 d−1) of each station estimated from DIN fluxes (OZ, oxic zone; NZ, anoxic nitrogenous zone).



The nitrate profiles in sediment pore-water showed distinctly different patterns from south to north at different stations (Figure 2B). For Sta. D2, the southernmost station, nitrate accumulated downward; no consumption was observed for the whole sediment core obtained was oxic; for Sta. D4 and E10, nitrate accumulated in the oxic zone (0–1 cm and 0–5 cm for D4 and E10, respectively) and started to accumulate in the lower anoxic zone. Nitrate was depleted at 15 cm for Sta. D4 still existed at 25 cm with a concentration near 30 μmol L−1 for Sta. E10; for Sta. D6, nitrate was consumed at the beginning and was depleted at 5 cm. Nitrate accumulation at surface sediment was not detected in Sta. D6 for the high-N-loss rates, similar to coastal and shelf sediments. Limited by the sediment sampling method (box corer), we could hardly obtain sediment samples under 30 cm. It might be possible to observe nitrate consumption and even depletion in the deeper layer at stations with low-N-loss activities like Sta. D2 and E10, using a gravity corer. Generally, pore-water nitrate first accumulates in the oxic layer and is then consumed in the anoxic layer. However, the nitrate accumulation layer was relatively thicker in southern KE with lower pelagic primary production.

Unlike the profiles of ammonium in sediment pore-water on the continental shelf of the marginal seas, the profiles of ammonium in sediment pore-water at all three stations on this cruise, except at station D6, showed extreme values in the surface layer (Figure 2B). This result is similar to previous studies in the deep ocean and is likely due to artifacts during the sampling and transportation processes (Hall et al., 2007; Engström et al., 2009). As the sediment depth increased, the concentration of ammonium in the pore-water gradually decreased until it could no longer be detected at the respective depths (Figure 2B). At Sta. D6, the concentration of ammonium in the pore-water showed accumulation with increased sediment depth (Figure 2B). Pore-water ammonium concentrations are maintained at a lower level in KE but higher at northern stations.



DIN fluxes and nitrogen cycling processes rates estimated from pore-water profiles

The estimated nitrate and ammonium fluxes in the oxic and anoxic zones of the sediment at each station, based on pore-water profiles, are shown in Table 3. Nitrate accumulated downward in the oxic zone at Sta. D2, D4, and E10, with fluxes of −6 ± 1, −29, and −14 ± 5 μmol N m−2 d−1, respectively. For Sta. D6, nitrate was consumed in the oxic zone with a flux of 5 μmol N m−2 d−1. Nitrate consumption fluxes at Sta. D4, D6, and E10 in the anoxic zone were 13 ± 2, 22 ± 2, and 4 ± 0 μmol N m−2 d−1, respectively. The downward ammonium accumulation in the anoxic zone was observed only at Sta. D6 with a flux of −8 ± 1 μmol N m−2 d−1.

Nitrification estimated from DIN fluxes at Sta. D4, D6, and E10 was 42 ± 2, 17 ± 2, and 18 ± 5 μmol N m−2 d−1, respectively. For Sta. D2, because of unobserved nitrate consumption, nitrification is supposed to be more than 6 ± 1 μmol N m−2 d−1, the downward nitrate accumulation flux in the oxic zone. Meanwhile, the N-loss rate at Sta. D2 cannot be estimated for the same reason. Sta. D6 is the only station where downward nitrate consumption and ammonium accumulation in anoxic sediment are observed. Thus, denitrification and anammox can be estimated with rates of 14 ± 2 and 16 ± 2 μmol N m−2 d−1, respectively. The relative contribution of anammox to total N-loss (ra) at Sta. D6 is 52.8 ± 7.5%. Due to the relatively higher TOC in sediment at D6, the contribution of anammox as an autotrophic process is supposed to be greater at other stations. Thus, with the prediction of ra of 50%–100%, total N-loss at D4 and E10 is about 17–26 and 5–8 μmol N m−2 d−1, respectively. There is a correlation between total N-loss and pelagic primary production (p = 0.084, confidence coefficient = 0.90), while the correlation for nitrification is not significant (p = 0.407).The N-loss rate estimated from DIN fluxes generally decreases from north to south, while the nitrification rate was relatively higher at the middle station D4.



Oxic 15N slurry incubation experiments under in situ temperature

The linear production of 15NOx− (15NO2− , and 15NO3− ) over time in both 15NH4+ and 15NO2− amended oxic incubations proved the presence of nitrification (including ammonium oxidation and nitrite oxidation) in the oxic sediments of KE (Figures 3A, B). Potential nitrification rates calculated from 15NO2− amended incubations were about 3–18 times higher than 15NH4+ amended incubations (Figure 4A). In 15NH4+ amended incubation, the 15NO2− production rate was lower than 15NO3− at each station, contributing about 0%–45% (Figure 5, average 24 ± 17%) to total ammonium oxidation.




Figure 3 | Production of 15NOX− (15NO3− and 15NO2−) and 15N2 (29N2 and 30N2) over time in anoxic and oxic 15N enrichment slurry incubations, respectively. (A) oxic incubation amended with 15NH4+; (B) oxic incubation amended with 15 NO2−; (C) anoxic incubation amended with 15NO3−; and (D) anoxic incubation amended with 15NH4++14NO3−.






Figure 4 | Comparison between (A) potential nitrification rates obtained from oxic incubations amended with 15NH4+ and 15NO2−; (B) potential anammox rates obtained from anoxic incubations amended with 15NO3− and 15NH4++14NO3−.






Figure 5 | Potential rates of nitrification and anammox in different sediment layers estimated from 15NH4+ amended oxic incubations and 15NH4++14NO3− amended anoxic incubations, respectively. Denitrification is not displayed as it is not detected.



Potential nitrification rates (NH4+ to NO3− ) calculated from 15NH4+ modified incubations varied between 1.03 ± 0.98 and 9.81 ± 0.93 nmol N cm−3 (wet sediment) d−1, with neither a significant correlation with TOC, TN nor Chl-a (Figures 6A–C, p = 0.588, 0.731, and 0.815, respectively). Nitrification activity was highest in near-surface sediment and decreased gradually with depth (Figure 5). Integrated potential nitrification rates from 15N incubation in the oxic sediment zone generally showed an increasing trend from north to south (Table 3), with the distance from the Kuroshio–Oyashio transition region.




Figure 6 | Correlations between TOC (A, D), TN (B, E), and Chl-a (C, F) content in sediment and potential nitrification or anammox rates.





Anoxic 15N slurry incubation experiments under in situ temperature

The linear production of 29N2 over time in 15NH4++14NO3− amended anoxic incubation at each station (except for Sta. D2 17–19 cm) proved the presence of anammox in the anoxic sediments of KE (Figure 3C, D). However, 30N2 and 15NH4+ 15NH4+ were not significantly produced in 15NO3− amended incubation at any station, indicating the deficient activity of denitrification and dissimilatory nitrate reduction to ammonium (DNRA) under in situ conditions. Potential anammox rates calculated from 15NH4++14NO3− incubations were mainly higher than amended (Figure 4B).

Potential anammox rates calculated from 15NH4++14NO3− ranged from 0 to 0.31 ± 0.06 nmol N cm−3 (wet sediment) d−1 with significant linear correlation with TOC, TN, and Chl-a (Figures 6D–F, p = 0.012, 0.003, and 0.088, respectively), showing a decreasing trend from north to the south with the distance from the Kuroshio–Oyashio transition region (Figure 5). For Sta. D6, the maximum anammox rate appeared in the 5–7 cm layer where nitrate was depleted and ammonium started to accumulate, while rates in other layers had little difference. Limited by data of layered potential anammox rates and nitrate penetration depth we obtained, we cannot calculate the integrated potential rate of anammox in the sediment anoxic zone at each station.



Temperature gradient experiment

Potential rates of denitrification and anammox at Sta. D6 increased with temperature at the beginning and started to decrease after the optimal temperature (Topt), which is 41°C for denitrification and 13°C for anammox (Figure 7A). The relative contribution of anammox to N-loss (ra) was highest at low temperatures and decreased with temperature to near zero eventually. The potential DNRA rate rose wavelike before 29°C, and the Topt for DNRA is unidentified (Figure 7B). The apparent activation energy (Ea) calculated by the Arrhenius equation was 174.2 ± 9.6, 54.5 ± 10.2, and 91.9 ± 22.9 kJ mol−1 for denitrification, anammox, and DNRA, respectively. As a whole, the temperature response of denitrification, anammox, and DNRA differed sharply in deep-ocean sediment.




Figure 7 | (A) Potential N-loss processes rates and ra and (B) potential DNRA rates at station D6 under different temperatures.






Discussion


Anammox as a predominant process of N loss in KE sediment

Denitrification and anammox are two major fixed inorganic nitrogen removal pathways in marine sediment. The relative contribution of denitrification and anammox to total nitrogen loss, which affects the nitrogen budget, varies in different marine environments. Therefore, it has gained much attention over the last two decades (Devol, 2015; Chen et al., 2021). However, compared to marginal seas, studies on deep-ocean sediment are still scarce. Previous studies on benthic N-loss in the deep marine environment based on DIN flux and 15N slurry and intact core incubation (Table 4) all indicate anammox as a significant N-loss process in deep-sea sediment (most ra >40%). In our results, fluxes of denitrification and anammox are in the same order of magnitude compared to previous studies. It seems to be a consensus that the contribution of anammox has a decreasing trend with the increasing TOC content in sediment because denitrification as a heterotrophic process is enhanced (Dalsgaard et al., 2005). On account of the ra of 52.8% at the station with the highest TOC content in sediment, we predict that anammox is not only a significant but also the predominant process of benthic N-loss in KE, similar to in the Ulleung Basin (Na et al., 2018), and the Atacama and the Kermadec trench (Thamdrup et al., 2021).


Table 4 | Nitrification, denitrification, anammox rates, and ra reported from other deep-ocean sediment (water depth >1,000 m).



On the other hand, meager denitrification (all under the detection limit) in 15N slurry incubation under in situ temperature can partly support the point that anammox is the predominant N-loss process in KE sediment as well. Denitrification is undetected mainly because of the high detection limit of 30N2 for membrane inlet mass spectrometer (MIMS) due to the interference of NO+, whose molecular weight is also 30 produced in quadrupole mass spectrometer (An et al., 2001). Because ra calculated by flux or 15N slurry incubation is approximately the same (Engström et al., 2009; Rich et al., 2020; Thamdrup et al., 2021), we assume that ra is also 52.8% in sediment from Sta. D6 (5–7 cm), where anammox rate is the highest determined by 15N incubation. The highest denitrification rate estimated in this way is about 0.22 nmol N cm−3 (wet sediment) d−1, still far below the detection limit of our MIMS (about 0.66 nmol N cm−3 (wet sediment) d−1 in our home-made MIMS). It might remind us that MIMS is not likely suitable for determining denitrification with low activity in deep-ocean sediment.



Temperature response of deep-ocean benthic dissimilatory nitrate reduction processes

Temperature affecting microbial enzyme activity is critical for dissimilatory nitrate reduction processes (Dalsgaard and Thamdrup, 2002; Brin et al., 2014). In the deep ocean with consistently low temperatures, present studies paid more attention to the effects of substrates like nitrate and organic carbon (Na et al., 2018; Rich et al., 2020), while the temperature responses were always selectively ignored. Our results of the temperature gradient 15N slurry incubation experiment in sediment with a water depth of over 5000 m precisely emphasize temperature as a crucial limiting factor for denitrification, anammox, and DNRA in deep ocean sediment. The lower Topt (13°C) for anammox compared with denitrification confirms that marine anammox bacteria are psychrophile (Van De Vossenberg et al., 2008). It partly explains anammox as the dominant process for deep-ocean benthic N-loss in KE under low in situ temperature (~2°C). The activities of denitrification and DNRA can still increase significantly with temperature, indicating that temperature might be the primary limiting factor rather than substrates for denitrification and DNRA in northern KE with high pelagic primary production and organic matter supplement. The maximum rates of anammox and DNRA at 49°C are most likely non-biological processes for few microorganisms could live under such a high temperature.

We summarize the results of temperature gradient experiments for N-loss processes reported from different marine sediments around the world in Table 5. The Topt (13°C) and Ea (54.5 ± 10.2 kJ mol−1) for anammox in our results are similar to marine sediment from high latitude areas where the temperature is constantly low (Dalsgaard and Thamdrup, 2002; Rysgaard et al., 2004; Canion et al., 2014a, Topt = 9–17°C; Ea = 51–61 kJ mol−1). However, Topt for anammox is slightly lower than sediment from middle or low latitude areas, while Ea is generally higher (Canion et al., 2014a, b; Brin et al., 2017; Tan et al., 2020, Topt = 20–33°C; Ea = 30.1–68.5 kJ mol−1). This result suggests that anammox bacteria may adapt to higher and more variable temperatures. However, Topt (41°C) and Ea (174.2 ± 9.6 kJ mol−1) for denitrification in our results are both surprisingly higher than in other areas (Topt = 17–37°C Ea = 35.8–123.5 kJ mol−1). This result emphasizes the much greater temperature dependence of heterotrophic denitrification bacteria in KE sediment with extremely low in situ temperature, explaining the low activity of benthic denitrification in the deep ocean from another perspective. Interestingly, the benthic denitrification bacteria community does not seem to show good adaption to the low-temperature environment in the deep ocean of KE compared to the results on the Svalbard and Greenland coasts (Rysgaard et al., 2004; Canion et al., 2014a), but the reason for this result is still unclear.


Table 5 | Temperature gradient experiments for N-loss processes reported from other sediment (Tins, in situ temperature; Topt, optimal temperature; Ea, apparent activation energy).



Several studies have proved that DNRA can be enhanced with rising temperatures (King and Nedwell, 1984; Dong et al., 2011; Yin et al., 2017). Nevertheless, the results of the temperature gradient experiments reported were rare. The Topt for DNRA in our results is hard to identify for the fluctuant increasing trend before 29°C (Figure 7B), while the temperature gradient incubation over 30 ℃ has never been conducted before. Thus, the Topt for DNRA is still uncertain. The Ea for DNRA in our results (91.9 ± 22.9 kJ mol−1) is comparable to the results reported in urban wetland sediments (50–107 kJ mol−1, Rahman et al., 2019) but much higher than the results in coastal sandy sediments (28 kJ mol−1, Kraft et al., 2014). The temperature dependence of DNRA is between denitrification and anammox in KE sediment (Ea: denitrification >DNRA >anammox). Our result is different from previous results, which indicated that the temperature dependence of denitrification was slightly lower than DNRA (Kraft et al., 2014; Rahman et al., 2019).



Anammox and nitrification limited by ammonium

The concentration of substrates in pore-water is considered to be another significant factor for benthic N cycling processes (Dalsgaard et al., 2005). In continental margin sediment with high nitrate removal and ammonium production from mineralization activity, nitrate can be entirely depleted in the sediment at a few centimeters depth, and its concentration is usually below the half-saturation constant of nitrate (Km_NO3 ) for anammox (2.5 μmol L−1, Lotti et al., 2014). While ammonium accumulates with depth, its concentration in the anoxic layer is generally much higher than Km_NH4 for anammox reported (<5 μmol L−1, Strous et al., 1999). Thus, anammox is mainly limited by nitrate as the electron acceptor of the reaction in continental margin sediment (Gihring et al., 2010; Song et al., 2013; Brin et al., 2014). However, in our results, the low concentration of ammonium in pore-water (<10 μmol L−1) and the discrepant anammox rates determined by anoxic incubation amended with 15NO3− and 15NH4++14NO3− (AP1 and AP2) both suggest that ammonium is the limiting substrate instead of nitrate for benthic anammox in the deep-ocean of KE (Figures 2B, 4B). The addition of ammonium in slurry incubations can significantly enhance anammox (AP2 >AP1), especially for the southern Sta. E10 and D2, which display entirely different characteristics compared to the result of continental margin sediments. The abnormally higher anammox rates detected in 15NO3− than in 15NH4++14NO3− amended incubation at Sta. D4 and E4 are possibly caused by overproduction of 29N2 via undetected denitrification. Despite similar pore-water ammonium profiles having been reported in deep margin and abyssal plain sediment (Christensen and Rowe, 1984; Berelson et al., 1990; Rich et al., 2020; Thamdrup et al., 2021), we first prove the significant influence of ammonium deficiency on anammox using 15N experimental methods. The excellent correlation between potential autotrophic anammox rates and TOC and TN also indicates that the mineralization of organic matter could be a crucial pathway of ammonium supplement under this condition (Figures 6D, E).

It is difficult to demonstrate whether nitrification is limited by ammonium in KE sediment like anammox using the 15N experiment for the excess addition of 15NH4+ in the incubation system. Nevertheless, the comparison between total nitrification estimated from DIN fluxes (NF) and integrated potential nitrification rates (NIP), which respectively represent the genuine rates and potential nitrification activities in the oxic sediment zone, may provide some evidence (Figure 8). A similar comparison has been conducted in the Arabian Sea (Sokoll et al., 2012). NIP is 1–2 orders of magnitude higher than NF in our results, except for Sta. D4 and D6 (NIP/NF = 3.5 and 1.3, respectively), where sediment has a relatively abundant supplement of ammonium, indicating the possible existence of ammonium limitation for nitrification at other stations more or less. Moreover, an exponential decrease in the NIP/NF ratio may also indicate the growing effect of ammonium limitation from southern to northern stations (D2 to D6). It might be the reason why NF has the highest value at the central Sta. D4, where potential nitrification activity and ammonium supplement are relatively high simultaneously. No significant correlation between potential rates of nitrification and either TOC, TN, or Chl-a might indicate that mineralization of organic matter might not be the only ammonium source. However, the ammonium limitation still exists for nitrification. We predict that the release of ammonium by microbes and meiofauna in the surface oxic sediment mentioned above could be another alternative ammonium source (Hall et al., 2007; Engström et al., 2009). Otherwise, the strong benthic O2 consumption could inhibit the growth of nitrification bacteria in the northern KE region (Ward, 2008), which could be the reason for the abnormally low nitrification rates in sediments with high TOC and TN content (Figures 6A, B). Whereas more directly measured benthic nitrification rates in the deep ocean are required to verify the hypotheses above.




Figure 8 | Comparison between total nitrification estimated from DIN fluxes (NF) and integrated potential nitrification in sediment oxic zone (NIP) and the ratio of NIP and NF.





Benthic nitrogen cycling regulated by pelagic primary production in KE

Organic matter plays a crucial role in benthic nitrogen cycling as both an energy source and an electron donor for heterotrophic denitrification, as well as a source of ammonium, which is the substrate for autotrophic anammox and nitrification (Devol, 2015). The organic matter in sediment is mainly derived from the transportation of biogenic elements like carbon via the biological pump, especially for the open ocean, with little effect from human activity (Lutz et al., 2007). Thus, as the first step of the biological pump, pelagic primary production, which transfers inorganic carbon into organic carbon, might also be a critical regulating factor for benthic nitrogen cycling.

Present studies based on satellite and underway observations demonstrate the high variability of NPP in KE (Lin et al., 2014; Clayton et al., 2021), agreeing well with the spatial distribution of total benthic N-loss in our results (Figure 1 and Table 3). In the northern KE (Sta. D6, which might include Sta. E4) with higher NPP, more abundant organic matter stimulates N-loss processes but limits nitrification because of the high O2 consumption via the mineralization process. While in the southern KE (Sta. D4, E10, and D2), less organic matter supplemented, which makes autotrophic aerobic nitrification the predominant nitrogen cycling process. The sediment in KE generally shifts from nitrate sink to source from the north to the south with decreased pelagic NPP (Table 3). Therefore, the pelagic primary production still significantly regulated the benthic N budget and the N cycling behaviors in KE with a water depth of over 5,000 m.

The limited data we obtained during this cruise makes it hard to deeply understand the nitrogen cycling processes in deep ocean sediments regulated by organic matter supplements. Therefore, we extracted the pore-water DIN data of the worldwide continental slope and abyssal plain sediments reported previously. The total nitrification and NO3− loss rates were estimated using the method described in the present study (see Materials and methods). NO3− loss rates (NO3− to N2 by denitrification and anammox) are used here to represent total N-loss activity because pore-water ammonium hardly accumulates with sediment depth, and the upward flux of ammonium cannot be obtained in abyssal plain sediments. The correlation between nitrification or NO3− loss and water depth or NPP is shown in Figure 9. In abyssal plain areas, either benthic nitrification or NO3− loss has a good correlation with NPP (Figures 9B, D, p <0.001). However, the correlations between the two processes and water depth are relatively poor (Figures 9A, C, p = 0.046 and 0.064, respectively), unlike the traditional point claimed (Thamdrup and Dalsgaard, 2002; Dalsgaard et al., 2005; Na et al., 2018). It means pelagic primary production as the production step of the biological pump might play a more crucial role in organic matter supplementing the benthic N cycle in abyssal plain areas with relatively more minor depth variation (Figure 10). While in steep continental slope areas, nitrification or NO3− loss shows a better correlation with water depth than NPP (Figure 9, p = 0.032 or <0.001 for water depth and p = 0.063 or 0.083 for NPP, respectively). For the variation of water depth is much more significant than the horizontal variation of NPP at different stations, the different decomposition levels of produced particulate organic matters during the vertical transportation and burial processes from the surface seawater to the seafloor might have more effect on the benthic N cycle (Figure 10). Our results highlight that benthic nitrogen cycling processes in abyssal plain areas are mainly regulated by pelagic primary production from the perspective of organic matter supplements, helping further understand the deep ocean benthic nitrogen cycle and the global nitrogen budget.




Figure 9 | Correlations between water depth (A, C) or pelagic net primary productivity (B, D) and benthic nitrification or NO3− loss rates in worldwide abyssal plains and continental slopes. Stations with water depths over 3,800 m are considered to locate in abyssal plain areas. N cycling rates are estimated from published pore-water NO3− profiles using the method described in this study (Emerson et al., 1980; Christensen and Rowe, 1984; De Lange, 1986; Sorensen et al., 1987; Nath and Mudholkar, 1989; Berelson et al., 1990; Balzer et al., 1998; Grandel et al., 2000; Hensen et al., 2000; Brunnegård et al., 2004; Engström et al., 2009; Jaeschke et al., 2010; Chong et al., 2012; Sokoll et al., 2012; Wankel et al., 2015; Rich et al., 2020; Thamdrup et al., 2021; This study) or are presented directly in the original article estimated via NO3− fluxes obtained by a benthic lander (Jahnke and Jahnke, 2000) or measured using intact core incubation (Na et al., 2018). Pore-water NO3− concentration not shown directly is extracted from the NO3− profile images using WebPlotDigitizer (Version 4.5, https://automeris.io/WebPlotDigitizer).






Figure 10 | (A) Production, transportation, and burial of organic matters in continental slope and abyssal plain areas and (B) different pore-water nitrate and ammonium profiles and benthic nitrogen cycling behaviors caused by various organic matter supplement conditions. (NPP, net primary production; DCP, decomposition of organic matters; BOM, burial organic matters; OZ, oxic zone; NZ, anoxic nitrogenous zone; AZ, NO3− depleted anoxic zone).






Conclusions

In summary, our results demonstrate the spatial distribution and the limiting environmental factors of benthic nitrogen cycling processes (including nitrification and dissimilatory nitrate reduction) in the deep ocean of the Kuroshio Extension region. The N-loss rate decreases from north to south, while the nitrification rate is relatively higher in the central stations. Anammox is considered to be the predominant N-loss process. The temperature gradient experiment indicates temperature as one of the limiting factors for benthic dissimilatory nitrate reduction processes. Compared to dominant psychrophilic anammox, denitrification with a surprisingly high optimal temperature and apparent activation energy is inhibited in consistently cold deep ocean sediment. Pore-water ammonium concentration is another limiting factor for anammox and nitrification in deep ocean sediment, unlike in margin sediment. The significant correlation between anammox and TOC, TN, and Chl-a indicates that mineralization of organic nitrogen is the primary ammonium source for anammox, while the supplement of ammonium might have other pathways for nitrification. Moreover, benthic N cycling is regulated by pelagic primary production, which produces organic matter and acts as both an energy source and a substrate source in the deep ocean. Overall, benthic N cycling in the deep ocean displays an entirely different feature from the marginal seas. Despite several relative studies that have led us to learn about the deep ocean benthic N cycling generally, however, actual measured data is severely lacking. Some fundamental problems, such as the primary limiting factor of benthic N cycling processes in different deep ocean environments and their global implications, are still unclear and need more experimental evidence in the future.
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The spatial and temporal environmental conditions in the southern coastal waters of Korea (SCWK) as a complex area, which is influenced by both ocean currents and anthropogenic nutrient inputs, are highly variable. The impacts of environmental factors on the distribution of phytoplankton community structure in the SCWK remain unclear. Based on high-performance liquid chromatography (HPLC) analysis of a variety of photosynthetic pigments, spatial and temporal variations in phytoplankton community compositions were investigated in the SCWK. Cluster analysis, correlation analysis, and generalized additive models (GAMs) were used to explore the major phytoplankton groups and their response patterns to temperature, salinity, depth, and macronutrients. The results indicated that diatoms were the absolute dominant groups in the SCWK for all seasons, especially in cold seasons. Diatoms mainly concentrated at 1% light depths, while high chlorophyll-a concentrations (>3 µg/L) occurred at 100% and 30% light depths with good light conditions. Both clustering and correlation analyses showed that diatoms had a strong positive correlation with macronutrients such as dissolved inorganic nitrogen (DIN), dissolved inorganic phosphate (DIP), and dissolved silica (DSi). The temperature and salinity discrepancy between surface and bottom layers in summer caused a strong water stratification resulting in blocking nutrient-rich bottom water upwelling and leading cyanobacteria to become the dominant groups at 100% and 30% light depths in summer. Consistently, the cyanobacteria were highly associated with high temperature and low salinity in the correlation analysis and GAM results. Compared with diatom-predominant sites, cryptophytes and diatom-dominated sites are characterized by higher average excess nitrate (ExN). Further research on the responses of small-sized prokaryotic phytoplankton especially cyanobacteria to environmental variations and their primary production contributions would warrant a better understanding of the SCWK ecosystem.
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Introduction

Phytoplankton as primary producers contribute approximately 50% of the global primary production and play a pivotal role in marine food webs as well as in the biogeochemical cycling of aquatic ecosystems (Fehling et al., 2012; Falkowski and Raven, 2013). The distribution of environmental factors has a major impact on phytoplankton composition and abundance (Eppley et al., 1969; Kilham and Hecky, 1988). The growth of phytoplankton is often limited by one or more environmental factors, which has been well established in previous studies (Sommer, 1994; Smayda, 1997; Olsen et al., 2001). One of the research hotspots of phytoplankton is to use the phytoplankton community as a useful indicator to investigate the long-term impact of global warming and the anthropogenic impacts on the marine ecosystem (Boyce et al., 2010; Salmaso et al., 2012; Barton et al., 2016; Ajani et al., 2020).

The southern coastal waters of Korea (SCWK) is a complex system influenced by both ocean currents and anthropogenic nutrient inputs. Nutrients derived from the ocean are mainly inflowed by water masses in different directions, represented by Changjiang diluted water (CDW) from the world’s second largest Changjiang (or Yangtze) river from the south, Yellow Sea Cold Water (YSCW) from the west, and the Kuroshio Water (KW) from the east (Jeong et al., 2001; Affan and Lee, 2004; Min et al., 2012). The Nakdong and Seomjin rivers are the main rivers in the southern coastal area of the Korean Peninsula. Through those rivers, agricultural and industrial water discharged by human activities is also an important source of nutrient inputs for the SCWK (Lee et al., 2018; Baek et al., 2019). In addition, bivalve mollusks (oysters and ark shells) and fish farms in the Nakdong River estuary lead to the accumulation of organic matter in sediments which is also one of the major nutrient sources in the eastern SCWK waters (Baek et al., 2020). Generally, the environmental conditions vary from the eastern part to the western part and from the surface layer to the bottom layer in the SCWK. These various water masses cause heterogeneous and complex environmental characteristics temporally and spatially (Zhang et al., 1996; Baek et al., 2020).

Previous studies on the phytoplankton community usually divided geographically SCWK into the southern waters of the Korean Peninsula (Kang et al., 1999; Baek et al., 2020) and the adjacent waters of Jeju Island (Yoon, 2003; Affan and Lee, 2004; Boopathi et al., 2015; Kim et al., 2019) for a regional comparison. These studies used microscopic methods to mainly analyze the large-cell phytoplankton groups (e.g., diatoms), but small-cell phytoplankton (e.g., cyanobacteria) are usually ignored because it is difficult to fix these cells with standard methods (Mackey et al., 1996). These traditional approaches resulted in the lack of overall understanding of the phytoplankton community and abundance in the SCWK, both in terms of spatial distribution and groups. In terms of time, most previous studies on phytoplankton community structure in the SCWK focused primarily on short-term seasonal variations at the surface layer (Yoon, 2003; Affan and Lee, 2004; Boopathi et al., 2015). To date, no studies have been performed on phytoplankton communities encompassing the entire euphotic zone for all seasons in the SCWK.

Based on pigment analysis through high-performance liquid chromatography (HPLC), this study adopted a new analysis method, 1) investigated four typical phytoplankton groups and their different environmental characteristics in the SCWK by cluster analysis, and then 2) explored how environmental factors influence major phytoplankton distributions by correlation analysis and generalized additive models (GAMs). The major aims of this study were to comprehensively understand the distribution of phytoplankton communities in the SCWK from the temporal and spatial dimensions and to explain mechanistically how seasonal variability in environmental factors impacts phytoplankton community structure in the SCWK ecosystem.



Materials and methods


Sampling sites and water samplings

Twelve cruises were seasonally conducted in the SCWK for four seasons from 2018 to 2020 (Table 1). The sampling sites for these cruises are shown in Figure 1, which cover the southern waters of the Korean Peninsula and the waters around Jeju Island. Water samples (sampling points) for measurements of phytoplankton pigments and physicochemical parameters (temperature, salinity, and major nutrients; DIN, DIP, and DSi) were obtained from three light depths (100%, 30%, and 1% penetration of surface irradiance, PAR), using a CTD/rosette sampler fitted with Niskin bottles. The light depths were determined at each station based on Lambert–Beer’s law. Light depths (30% and 1%) were calculated by a Secchi disk using a vertical attenuation coefficient (Kd = 1.7/Secchi depth) described in Poole and Atkins (1929). The vertical hydrographic measurements (temperature and salinity) were collected using SBE9/11 CTD (Sea-Bird Electronics, Bellevue, WA, USA) sensors.


Table 1 | Summary of samples collected during each cruise period, 2018–2020.






Figure 1 | Sampling stations in the southern coastal waters of Korea (SCWK), 2018–2020. The annual sampling sites (right images) were the sum of four cruises in that year. The colors of the sites represented the sampling seasons of that year. Blank indicated missing data.



Water samples for dissolved inorganic nutrients including ammonium (NH4+), nitrate (NOx = NO2− + NO3−), phosphate and silica at the three light depths were obtained from Niskin bottles at all the sampling sites. After the seawater samples were filtered through GF/F filters (Whatman, Maidstone, United Kingdom; 0.7 μm pore), the filtrated samples were transferred into polyethylene bottles which were kept under frozen conditions (−80°C) until analysis. The nutrient concentrations were determined using an automatic analyzer (QuAAtro, Bran+Luebbe, Germany) at the National Institute of Fisheries Science (NIFS), Korea. Dissolved inorganic phosphate (DIP) was PO43-, dissolved silica (DSi) was Si(OH)4, and dissolved inorganic nitrogen (DIN) concentrations were calculated as the sum of NH4+, NO2−, and NO3−. Excess nitrate (ExN) in nutrient samples was calculated using the formula: ExN = DIN − (DIP * R) (Wong et al., 1998), where R is the Redfield N:P ratio of 16 (Redfield, 1934). Density-mixed layer depth (or isopycnal layer depth, MLD) was calculated by a formula described in de Boyer Montégut et al. (2004).

In addition, because water samples were collected from 100%, 30%, and 1% light depths, the average values of environmental parameters and all the nutrients derived from the three different light depths were used in this study for the statistical analysis (Table 3).



Pigment concentrations and CHEMTAX analysis

Samples for phytoplankton pigment concentrations were filtered through 47-mm GF/F filters, stored in a deep freezer (−80°C), and transferred to the home laboratory at Pusan National University, Busan, Korea, immediately after the cruise. Pigments were extracted in 100% acetone (5 ml) with canthaxanthin (100 µl) as an internal standard, and the specific pigment methods are described in Kang et al. (2018) and Kim et al. (2020). Quantification was performed using standards from DHI water (Denmark), and the following pigments were detected and quantified: chlorophyll-a, peridinin (perid), 19′-butanoyloxy-fucoxanthin (19but), fucoxanthin (fuco), 19′-hexanoyloxy-fucoxanthin (19hex), neoxanthin (neo), prasinoxanthin (prasin), violaxanthin (viola), alloxanthin (allo), lutein, zeaxanthin (zea), and chlorophyll-b (chl_b). The concentrations of pigments in the samples were calculated as follows: Concentration = Area × Rf × (Ve/Vs) [µg L−1], where Rf (standard response factor) was calculated based on the standard pigment and dividing the concentration of the standard by the measured peak area [µg L−1 area−1], Area is the area of the peak [area], Ve is AIS/(peak area of IS added to sample) × (Volume of IS added to sample) [L], Vs is the volume of the filtered water sample [L], AIS is the peak area of IS when 1 ml of IS is mixed with 300 µl of H2O, and IS is the internal standard (canthaxanthin) (Lee et al., 2011).

The input pigment ratio matrix (Table 2) used in the CHEMTAX calculation was based on the Korean Peninsula pigment ratio (Lee et al., 2011). CHEMTAX used an iteration and steepest descent algorithm to find the best fit (minimum residual) of the data to an initial pigment ratio matrix of chlorophyll-a ratios for each phytoplankton community (Mackey et al., 1997). More details on deriving the appropriate proportions of phytoplankton groups from chlorophyll-a, using the CHEMTAX program, are described in detail in our earlier work (Sun et al., 2022).


Table 2 | Initial pigment ratios to the total chlorophyll-a for eight taxonomic groups based on CHEMTAX analysis.




Table 3 | Temperature, salinity, and dissolved inorganic nutrient concentrations at the euphotic depths (100%, 30%, and 1%) of the water column in the SCWK, 2018–2020.





Statistical analysis

The relative contributions of each phytoplankton group to the total chlorophyll-a in the euphotic zone from 2018 to 2020 were classified by cluster analysis using SPSS (version 24.0). All 285 sampling points were divided into four clusters by k-means cluster iterative algorithm (Pham et al., 2005). After the cluster analysis, we used the average chlorophyll-a concentrations at that site if there were chlorophyll-a concentration data at different times at the same site. Environmental factors (temperature, salinity, depth, DIN, DIP, Si(OH)4, and ExN) and chlorophyll-a concentrations of the four clusters were visualized as raincloud plots (Allen et al., 2021). A correlation matrix (based on Pearson correlation) was also produced between environmental factors and phytoplankton community structure and visualized as a heatmap. The correlation coefficients were divided into three clusters according to hierarchical clustering, and the methods are described in Stefanescu et al. (2021). All statistical analyses were performed using the function “corrplot” in R (Wei, 2016). To determine the effectiveness in addressing the non-linear relationship between response variables (phytoplankton group contributions) and explanatory variables (environmental factors), response curves for GAMs with Gaussian distributions were generated (Hastie and Tibshirani, 1986). The GAM formations were as follows: Y = α + s(X), where Y represents the contribution of three dominant phytoplankton groups, namely, diatoms, cryptophytes, and cyanobacteria, to the total chlorophyll-a; X represents environmental factors; α is the grand mean of dominant phytoplankton group contribution; and s is the smooth function of each parameter. To avoid overfitting, the maximum of basic dimension (k) was constrained within 5. The details of GAMs are described in Sun et al. (2022). The GAM modeling function from the “mgcv” package was used in this study (Wood and Wood, 2015).




Results


Variations of environment factors, phytoplankton biomass, and community structure

The average temperature in the SCWK from 2018 to 2020 was the highest in summer and the lowest in winter and ranged from 23.56°C ± 4.98°C to 23.86°C ± 5.74°C and from 13.68°C ± 1.62°C to 15.40°C ± 1.71°C, respectively. The average salinity was the highest in winter and spring (>34) and the lowest in summer (<33) from 2018 to 2020. Nutrient concentrations showed obviously annual and seasonal differences from 2018 to 2020 for all seasons. DIN and DIP concentrations in winter were higher than those in other seasons, and the average concentrations were over 5 and 0.3 µM, respectively, for DIN and DIP. DIN concentrations in spring 2018 and summer 2019 at 2.56 ± 1.06 and 2.08 ± 1.88 µM, respectively, were lower than those in the same periods of the other 2 years. DIP concentrations were 0.57 ± 0.28 µM in summer 2019, which were significantly (p < 0.05, t-test) higher than those in 2018 and 2020. DSi concentrations in winter and summer were higher than those in spring and autumn, and the average concentrations in winter and summer were all over 7 µM in these 3 years. The average ExN values were all higher than 0 µM except for winter 2018 and summer 2019. The most obvious ExN difference was in the summer periods among the seasons, which were at 1.13 ± 1.06, −7.01 ± 3.82, and 0.84 ± 0.85 µM in 2018, 2019, and 2020, respectively (Table 3).

From 2018 to 2020, the monthly average chlorophyll-a concentrations from 100% to 1% light depths were the highest (>0.9 µg/L) in spring and autumn except spring 2020 and the lowest (<0.5 µg/L) in summer (Figure 2A).




Figure 2 | Seasonal phytoplankton groups and chlorophyll-a concentrations (μg/L) (A) and contributions of phytoplankton groups to total chlorophyll-a concentrations (B) averaged from all the stations for each cruise period in the SCWK, 2018–2020.



In terms of average (2018–2020) relative contributions to total chlorophyll-a, diatoms (37.9%), cryptophytes (16.2%), and cyanobacteria (15.2%) were the major taxa. On the other hand, the remaining phytoplankton groups (prasinophytes, chlorophytes, prymnesiophytes, chrysophytes, and dinoflagellates) contributed less than 10% each to total biomass.

Considerable variabilities were found in absolute chlorophyll-a concentrations among seasons throughout the 3 years (Figure 2A). Diatoms were the main dominant groups in all seasons except summer (Figures 2A, B). High chlorophyll-a concentrations (>1.0 µg/L) were observed in winter 2020, and diatom contributions were over 70% (Figures 2A, B). Although diatoms still maintained certain contributions, cyanobacteria replaced diatoms as the dominant groups in the summer of 2018 (45.5% ± 32.2%), 2019 (33.3% ± 25.0%), and 2020 (50.8% ± 35.1%) (Figure 2B). Cryptophytes as one of the main dominant groups were observed in all seasons, and their average contributions in cold winter (averaged 18%) and autumn (averaged 25%) were higher than in summer (averaged 5%) from 2018 to 2020 (Figure 2B). Other phytoplankton groups represented by chlorophytes, chrysophytes, prymnesiophytes, and prasinophytes were not the main dominant groups in SCWK, but they also had considerable contributions to the total chlorophyll-a at some times from 2018 to 2020. The contributions of chlorophytes were 23.0% ± 10.1% in winter 2018 and 17.5% ± 7.5% in summer 2019. Chrysophytes and prasinophytes contributed 17.3% ± 11.2% in winter 2018 and 22.8% ± 2.9% in spring 2020, respectively (Figure 2B). Prymnesiophytes were observed in all seasons and showed a trend of high concentration (averaged 0.09 µg/L) in spring and low concentration (averaged 0.02 µg/L) in winter (Figure 2A).



Relationship between phytoplankton community structure and environmental factors

Cluster I (n = 38) assembled those sampling points where cyanobacteria (69.6% ± 17.0%) were the major contributors to chlorophyll-a, mainly during summertime (Figures 3A, C). Cluster I chlorophyll-a concentrations at the westernmost points (<0.1 µg/L) were relatively lower than those of other points both at 100% and 30% light depths. The average chlorophyll-a concentrations at 30% light depths were higher than those at 100% light depths, and the highest concentrations (>0.3 µg/L) were observed around Jeju Island areas (Figure 3B). From the light depth distribution, cyanobacteria were mainly distributed at 100% light depths (n = 22) and 30% light depths (n = 15) (Figure 3D).




Figure 3 | Cluster I points’ phytoplankton community structure (%) (A) and season distributions (C), light depth distributions (D), and horizontal distributions of chlorophyll-a concentrations (μg/L) (B) averaged from three light depths in the SCWK, 2018–2020.



Cluster II (n = 83) assembled those sampling points where cryptophytes (30.2% ± 7.9%) and diatoms (28.7% ± 13.4%) were the major contributors to chlorophyll-a. More than half of these points in cluster II were in autumn (Figures 4A, C). No distinct vertical difference was observed at the three light depths in cluster II points (Figure 4D), but chlorophyll-a concentrations in the eastern and western waters of Jeju Island were higher than those in the northern and southern waters at 100% and 30% light depths. The highest concentrations (>2.5 µg/L) of cluster II were observed in site 313-03 (Figure 4B). The second-highest chlorophyll-a concentrations (>2 µg/L) were in site 205-05 in all three light depths, close to the Kyushu Island of Japan in our study area.




Figure 4 | Cluster II points’ phytoplankton community structure (%) (A) and season distributions (C), light depth distributions (D), and horizontal distributions of chlorophyll-a concentrations (μg/L) (B) averaged from three light depths in the SCWK, 2018–2020.



Cluster III (n = 81) assembled those sampling points where diatoms (71.59% ± 14.44%) were the major contributors to chlorophyll-a, mainly during winter and autumn (Figures 5A,C). High chlorophyll-a concentrations were mainly distributed in the southern coastal water of the Korean Peninsula at 100% and 30% light depths, and the highest concentrations (>4 µg/L) in the SCWK from 2018 to 2020 were observed in site 400-14. Meanwhile, the chlorophyll-a concentrations in the southwestern waters of Jeju Island were much lower (p < 0.05, t-test) than those at other points which were all less than 0.5 µg/L. The average concentrations of 1% light depths were lower than those of 100% and 30% light depths (Figure 5B).




Figure 5 | Cluster III points’ phytoplankton community structure (%) (A) and season distributions (C), light depth distributions (D), and horizontal distributions of chlorophyll-a concentrations (μg/L) (B) averaged from three light depths in the SCWK, 2018–2020.



Cluster IV (n = 83) was also predominated by diatoms (24.02% ± 13.35%), but compared to other clusters, relatively higher contributions of chlorophytes, chrysophytes, prasinophytes, and prymnesiophytes were observed in cluster IV, mainly during spring and wintertime (Figures 6A, C). No obvious difference was observed at the three light depths in cluster IV points (Figure 6D). Relatively higher chlorophyll-a concentrations (>1.75 µg/L) were observed at the southwestern and northeastern points of our study area. Meanwhile, the chlorophyll-a concentrations in the waters around Tsushima Island were also higher (>1.5 µg/L) than those of other areas (Figure 6B).




Figure 6 | Cluster IV points’ phytoplankton community structure (%) (A) and season distributions (C), light depth distributions (D), and horizontal distributions of chlorophyll-a concentrations (μg/L) (B) averaged from three light depths in the SCWK, 2018–2020.



Figure 7 shows the difference in environmental factor data distributions for the four different clusters. Cluster I showed the highest average temperature (26.80°C ± 2.23°C) and the lowest average salinity (32.15 ± 0.88) among the four clusters (Figures 7A, B). Compared to the other three clusters, cluster I showed the lowest average concentrations in DIN (1.97 ± 0.74 µM), DIP (0.13 ± 0.19 µM), and ExN (−0.12 ± 3.25 µM) (Figures 7C, D, F). The average depth of cluster I points was 5.76 ± 8.21 m, and the average chlorophyll-a concentration was 0.22 ± 0.11 µg/L, which was also the lowest among the four clusters (Figures 7G, H). Cluster II showed the second-highest average temperature (19.36°C ± 3.43°C) and the second-lowest average salinity (33.51 ± 0.99) among the four clusters (Figures 7A, B). The chemical factors in cluster II showed the second-lowest average concentrations in DIN (3.31 ± 2.66 µM) and DIP (0.16 ± 0.19 µM), the lowest average concentrations in DSi (5.75 ± 3.18 µM), and the highest ExN (0.70 ± 2.32 µM) (Figures 7C-F). The average depths of cluster II points were 13.53 ± 15.36 m, and the average chlorophyll-a concentrations were 1.02 ± 0.6 µg/L, which were also the second highest among the four clusters (Figures 7G, H). Cluster III showed the second-lowest average temperature (16.87°C ± 3.00°C) and the second-highest average salinity (34.0 ± 0.63) among the four clusters (Figures 7A, B). For chemical factors, cluster III showed the highest average concentrations in all nutrients including DIN (5.44 ± 3.04 µM), DIP (0.32 ± 0.24 µM), and DSi (7.30 ± 3.76 µM) (Figures 7C-E). The average depth of cluster III points was 17.20 ± 18.94 m, and the average chlorophyll-a concentration was 1.13 ± 1.07 µg/L, showing the highest value among the four clusters (Figures 7G, H). Cluster IV showed the lowest average temperature (16.34°C ± 4.08°C) and the highest average salinity (34.09 ± 0.87) among the four clusters (Figures 7A, B). The chemical factors in cluster IV showed the second-highest concentrations in DIN (4.27 ± 2.05 µM), DIP (0.26 ± 0.18 µM), DSi (7.31 ± 2.21 µM), and ExN (0.14 ± 2.58 µM) (Figures 7C-F). The average depth of the cluster IV points was 12.47 ± 13.22 m, and the average chlorophyll-a concentration was 0.85 ± 0.67 µg/L, which was also the second lowest among the four clusters (Figures 7G, H).




Figure 7 | Raincloud plots of the four clusters (clusters I, II, III, and IV) concerning temperature (A), salinity (B), dissolved inorganic nitrogen (DIN) (C), dissolved inorganic phosphorus (DIP) (D), dissolved silica (DSi) (E), excess nitrate (ExN) (F), average euphotic depth (the average value of 100%, 30%, and 1% light depths) (G), and average total chlorophyll-a concentrations (H), illustrating data probability distribution (the “cloud”), with jittered raw data (the “rain”) supplemented by a boxplot in the middle. The dots and error bar next to the “cloud” represent the mean and mean range for each cluster.



The correlation coefficients between the major phytoplankton groups and environmental drivers for each season from 2018 to 2020 are presented in Figure 8. All correlation coefficients were divided into three clusters according to hierarchical clustering. Temperature, cyanobacteria, dinoflagellates, NH4, cryptophytes, and ExN were divided into one cluster. Cyanobacteria had a strong positive correlation with temperature (r = 0.75, p < 0.001, n = 285) and a negative correlation with cryptophytes (r = −0.31, p < 0.001, n = 285). Dinoflagellates had a weak negative correlation with temperature (r = −0.17, p < 0.001, n = 285) and a weak positive correlation with NH4 (r = 0.14, p < 0.05, n = 285). Cryptophytes had a negative correlation with temperature (r = −0.24, p < 0.05, n = 285). Diatoms, depths, NOx, DIN, DIP, and DSi were divided in the second cluster. Diatoms had positive correlations with all environmental factors (0.21 < r < 0.35, p < 0.01, n = 285) except DSi. Meanwhile, depths had positive correlations with other environmental factors (0.26 < r < 0.39, p < 0.001, n = 285) and diatoms (r = 0.21, p < 0.001, n = 285). The third cluster included prasinophytes, prymnesiophytes, chrysophytes, chlorophytes, and salinity. The phytoplankton groups in this cluster all had positive correlations with salinity (0.18 < r < 0.54, p < 0.01, n = 285) except prymnesiophytes (r = −0.15, p < 0.01, n = 285). Meanwhile, these four phytoplankton groups also had positive correlations with each other (0.14 < r < 0.31, p < 0.05, n = 285) except prasinophytes showing a negative correlation with chlorophytes (r = −0.16, p < 0.05, n = 285).




Figure 8 | Heatmap of the correlation coefficients between the major phytoplankton communities and environmental drivers of each cruise period in the SCWK, 2018∼2020. Only significant coefficients and absolute correlation coefficients (if >0.10) are indicated. The size of a circle indicates the absolute correlation coefficient.



Three main phytoplankton groups responding differently to environmental factors in the SCWK from 2018 to 2020 in all four seasons were compared in GAMs. Only data with significant differences (p < 0.01, t-test) after fitting with GAMs were used to ensure high accuracy of the comparison between phytoplankton groups and environmental factors. The results indicated that the contribution of diatoms to chlorophyll-a concentrations decreased when the temperature was between 20°C and 26°C, and the contribution of cryptophytes decreased starting at 22°C. Cyanobacteria increased with temperature increasing especially when the temperature was higher than 20°C (Figure 9A). In salinity GAMs, cyanobacteria contribution showed negative correlations with salinity, and diatoms increased significantly in the salinity range between 30 and 33 (Figure 9B). Although the contribution of diatoms fluctuated greatly in DIN GAMs, it showed an increasing trend when DIN concentrations were between 0 and 13 µM. Cyanobacteria decreased significantly (p < 0.01, t-test) when DIN was lower than 6 µM, and the intersection of the diatom and cyanobacteria contribution curves was at 3 µM (Figure 9C). The contribution of diatoms generally increased with the increase of DIP, but the contribution decreased obviously when the concentrations of DIP were between 0.2 and 0.35 µM and increased when the concentration of DIP was greater than 0.35 µM. Cyanobacteria contribution decreased when DIP concentration was <0.3 µM, and the intersection of the contribution curves of diatoms and cyanobacteria was at 0.1–0.2 µM (Figure 9D).




Figure 9 | Results of the generalized additive models (GAMs) describing the contributions of major phytoplankton to chlorophyll-a with environmental factors in the SCWK from 2018 to 2020. (A) Changes in the contributions of cyanobacteria, diatoms, and cryptophytes with temperature. Changes in the contributions of cyanobacteria and diatoms with (B) salinity, (C) dissolved inorganic nitrogen (DIN), and (D) dissolved inorganic phosphorus (DIP). The contributions of different phytoplankton groups to chlorophyll-a are plotted as differences between concentrations and mean values (Y-axis). Solid lines with significant relationships (asterisks on the phytoplankton group legends, p < 0.001) represent smoothing lines from GAMs, and shaded areas indicate 95% confidence intervals. The inward tick marks on the X-axis show data distributions.






Discussion

One of the major phytoplankton groups in the SCWK was cyanobacteria which were predominant at 100% (0 m) and 30% (5–19 m) light depths in summer (Figures 3C, D). Generally, cyanobacteria in the SCWK were hardly observed at 1% light depths. The high cyanobacteria concentrations were in the northern and southern waters of Jeju Islands. The temperature and salinity discrepancy between surface and bottom layers in summer caused a strong water stratification resulting in blocking nutrient-rich bottom water upwelling (Lee et al., 2016; Xu et al., 2019). The nutrient-limited conditions at the surface layer cause larger phytoplankton groups to be at a disadvantage in terms of competition, whereas these conditions induce small phytoplankton to be favored because of their higher nutrient affinity associated with their small size (Tilman, 1982). Compared with nutrients, temperature was the decisive environmental factor that determines the distribution of cyanobacteria in this study, based on the results of the correlation heatmap and GAMs (Figures 8, 9). In cluster I dominated by cyanobacteria, the average temperature was considerably higher than those of other clusters by more than 6°C (Figure 7A). The GAM results indicated that the contribution of cyanobacteria to the total chlorophyll-a concentrations begins to increase sharply when the temperature is above 20°C (Figure 9A). The DIN and DIP models showed a sharp decrease in cyanobacterial contribution at low concentrations, but these changes were not obvious over the concentrations of 7.0 and 0.4 µM, respectively (Figures 9C, D). The distribution of ExN, which reflects the nutrient limitation conditions (Wong et al., 1998), showed a wide range from −3.52 to 2.98 µM in cluster I (Figure 7F). However, neither the cyanobacteria concentrations (Figure 2A) nor their contributions to the total chlorophyll-a concentrations (Figure 2B) changed greatly under DIN or DIP limitation conditions in summer from 2018 to 2020. This also proves that nutrient limitation is not the decisive factor for cyanobacteria in the SCWK. The relatively low cyanobacteria concentrations at the westernmost points in the present study area were probably related to the strong stratification caused by the bottom water mass affected by the YSCW, which is also consistent with previous studies indicating that cyanobacteria are the dominant groups in the southern Yellow Sea in summer (Le et al., 2010; Lee et al., 2012). Kang (2000) and Kim et al. (2011) indicated that the sea surface temperature (SST) in the SCWK has been continuously increasing mainly due to global warming. Therefore, we could predict that the cyanobacteria will gradually become mostly the predominant groups at the 100% and 30% light depths of the SCWK in summer. The cyanobacteria species (marker pigment: zeaxanthin) that can be discriminated by pigment analysis are mainly Prochlorococcus, Synechococcus, and Trichodesmium (Morel et al., 1993; Liu et al., 2016; Dupouy et al., 2018; Xu et al., 2019). The divinyl chlorophyll-a as a characteristic pigment for Prochlorococcus was not found in this study, so we concluded that the main cyanobacteria dominant species in the SCWK were Synechococcus or Trichodesmium. Consistently, Lee et al. (2014) and Choi et al. (2016) observed that the dominant cyanobacteria were in the northern part of the East China Sea (ECS). Lee et al. (2014) and Xu et al. (2022) indicated that Prochlorococcus is the dominant species in Kuroshio Current-influenced regions. The different dominant species of cyanobacteria between adjacent sea areas should be verified in further research.

Cryptophytes and diatoms as the other major phytoplankton groups in the SCWK were classified into cluster II and cluster III. Cluster II was predominated by cryptophytes (30.2% ± 7.9%) and diatoms (28.7% ± 13.4%), and cluster III was predominated mostly by diatoms (71.6% ± 14.4%) only. Relatively high concentrations of cryptophytes and diatoms were observed in autumn, and no obvious vertical distribution was found among the three light depths (Figures 4C, D), while diatom-dominated waters were detected mainly at 1% light depths, especially in autumn and winter (Figures 5C, D). From the spatial distributions of these two phytoplankton groups, high concentrations of diatoms were mainly observed in the southern water of the Korean Peninsula where the total chlorophyll-a concentrations were significantly (p < 0.05, t-test) lower at 1% light depths than at the surface layer. The chlorophyll-a concentrations in the southwestern water of Jeju Island were extremely low (Figure 5B). The high concentrations of cryptophytes and diatoms were observed in the east and west waters of Jeju Island (Figure 4B). The average salinity of waters dominated by cryptophytes and diatoms was relatively lower than that of waters dominated by diatoms (Figure 7B), but all nutrients including DIN, DIP, and DSi were higher (but not significant) in diatom-dominated waters than in the waters dominated by cryptophytes and diatoms (Figures 7C-E). The average ExN in the diatom-dominated waters was 0.38 ± 2.59 µM (Figure 7F), which is nearly identical to the Redfield N:P ratios of 16 in the four clusters. The average total chlorophyll-a concentrations in the diatom-dominated waters were the highest among the other phytoplankton groups (Figure 7H). Wong et al. (1998) observed that the effects of the limitations of macronutrients N, P, and Si on diatoms were particularly obvious. They also found that diatoms have significantly higher absolute nutrient requirements than other phytoplankton groups and that their N and P requirements are closest to the Redfield ratio of 16 (Wong et al., 1998), which is consistent with the results in this study (Figure 7F). The great diversity of diatoms encompasses many ecological strategies such as colonist, stress-tolerant, and ruderal species, and the latter ones tend to have high maximum carbon-specific nutrient uptake rates (Alves-De-Souza et al., 2008; Edwards et al., 2012; Xiao et al., 2018). It may make the growth of diatoms largely limited under conditions of nutrient deficiency (Smayda and Reynolds, 2001) and also makes diatoms more tolerant to other environmental constraints (such as temperature and light conditions) than other phytoplankton groups (Malviya et al., 2016). In this study, diatom-dominated points were mostly found at 1% light depths in winter with low temperature and weak light conditions but sufficient nutrients. According to Ahn et al. (1999) and Baek et al. (2020), the southern water of the Korean Peninsula has regional characteristics of nutrient-enriched and low turbidity conditions, which is consistent with the highest chlorophyll-a concentrations (>3.5 µg/L) in this study (Figure 5B). Meanwhile, diatoms also require enough DSi to build intricate and hard but porous cell walls called frustules (Wikfors, 2003), which is consistent with our results of the correlation heatmap (Figure 8). Generally, diatoms, being one of the most important contributors to the total chlorophyll-a concentration in the phytoplankton community, account for about 40% of the total oceanic primary production (Wetz and Wheeler, 2007), making them a significant component of marine food webs (Sarthou et al., 2005; Amin et al., 2012). We also found that diatoms were the highest contributor to the total chlorophyll-a concentrations in this study. Previous studies in the SCWK indicated that the dominant diatom species associated with summer blooms were Chaetoceros didymus and Skeletonema costatum, and the dominant species of diatoms were Eucampia zodiacus and Thalassiosira curviseriata in winter (Yoon, 2003). Cryptophytes were also one of the dominant groups in autumn, and their ExN average concentration was higher than that of diatoms in this study, which is consistent with the results of the different response patterns of these two phytoplankton groups to ExN in other studies (Kang et al., 2021; Sun et al., 2022). Meanwhile, although no relationship between cryptophytes and NH4+ or NOx was found via correlation analysis, hierarchical clustering grouped cryptophytes and NH4+ into one cluster (Figure 8), which is also consistent with the result from Kang et al. (2021) who found that cryptophytes have a more positive correlation with NH4+ than NOx in Yeongil Bay on the southeastern coast of Korea. According to previous studies, phytoplankton is unable to directly use NO3−. NO3− is firstly reduced to NO2− by nitrate reductase (NR) which is converted to NH4+ by nitrate reductase (NiR), and finally, NH4+ was incorporated into amino acid by glutamine synthetase (GS) and glutamate synthase (GOGAT) (Glibert et al., 2016; Jo et al., 2021). Differences in NOx and NH4+ uptake rates among different phytoplankton groups require more research in the future.

Chlorophytes, chrysophytes, prasinophytes, and prymnesiophytes were not the main phytoplankton groups in the SCWK, but they still had relative contributions to the total chlorophyll-a in winter and especially in spring during this study period (Figures 2, 6C). From the spatial distribution of these four phytoplankton groups, the high concentrations were mainly observed in the southwestern water of Jeju Island (Figure 6B), which is greatly influenced by the ECS. The average temperature was lower at these points than in other phytoplankton group-dominant points, but the average salinity at these points was higher than in other points (Figures 7A, B). The average chlorophyll-a concentrations of these four phytoplankton groups were relatively lower than those of diatoms and cryptophytes and diatom-dominated points (Figure 7H). The correlation heatmap grouped these four phytoplankton groups into one cluster, and chlorophytes, chrysophytes, and prasinophytes showed positive correlations with salinity, whereas only prymnesiophytes showed a negative correlation with salinity (Figure 8).

Based on cluster analysis, the niche spaces for these groups are mainly located between (pico)cyanobacteria and large cells of diatoms and cryptophytes (Figure 7). Therefore, this taxonomically complex assemblage of pico- and nano-sized phytoplankton confirms the general perception of a broad structuring role of cell size in phytoplankton community composition (Litchman et al., 2007; Liu et al., 2016). Chlorophytes have been largely observed in the Changjiang Estuary and in the adjacent coastal waters (Furuya et al., 2003; Zhu et al., 2009), which is consistent with the high concentrations of total chlorophyll-a being found in the southwestern water of Jeju Island (close to the ECS) in this study (Figure 6B) in which chlorophyll-b (the marker pigment of chlorophytes) accounted for a large contribution. According to different CHEMTAX ratios, chrysophytes and prymnesiophytes are sometimes grouped as haptophytes because both of them have the characteristic pigment 19′-hexanoyloxy-fucoxanthin (Latasa, 2007; Pinckney et al., 2015). Chrysophytes, prymnesiophytes, and prasinophytes, as small-sized eukaryotic phytoplankton, have been identified as mixotrophs and major predators of prokaryote cells (Zubkov and Tarran, 2008; McKie-Krisberg and Sanders, 2014), which expands their ecological roles important in pelagic food webs (Mitra et al., 2014; Liu et al., 2016).



Summary and conclusion

This study is the first to document the spatiotemporal variations in the phytoplankton biomass and community structure in relation to the nutrient stoichiometry for the three light depths in the euphotic zone and four seasons in the SCWK. The combination of cluster analysis, correlation heatmaps, and GAMs revealed strong relationships between the phytoplankton community structure and nutrient stoichiometry. Diatoms were the dominant groups mainly concentrated at 1% light depths in the SCWK, while their concentrations were still relatively high within more illuminated conditions (at 100% and 30% light depths). Diatoms were highly associated with the total chlorophyll-a, DIN, DIP, and DSi concentrations based on cluster analysis. The positive correlations between diatoms and all macronutrients were also confirmed in correlation heatmaps and GAMs. Cyanobacteria were the main dominant groups at the surface layer in summer, and they were highly associated with low chlorophyll-a and high temperature. Cryptophytes and diatom-dominated points were mainly concentrated in autumn, showing the highest average ExN among the four clusters. Additional groups which included chlorophytes, chrysophytes, prasinophytes, and prymnesiophytes contributed significantly to the total biomass of phytoplankton based on their chlorophyll-a concentrations in the southwestern water of Jeju Island, especially during spring.

Future studies in the SCWK should closely look at 1) the different dominant species of cyanobacteria between the SCWK and the Kuroshio Current-influenced region, 2) the differences in NOx and NH4 uptake rates between different phytoplankton groups, and 3) the responses of these small-sized phytoplankton groups to environmental variations. The limitation of this study focused on the different phytoplankton groups based on HPLC pigment analysis. Future research should combine species-associated primary productivity with observational studies of specific phytoplankton species through microscopic methods because different phytoplankton species have their own specific primary productivities and respond differently to environmental changes.
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In recent years, the exopolysaccharide (EPS) produced by deep-sea bacteria has attracted the interest of various researchers. In the present study, we have explored the properties and structure of a novel exopolysaccharide (called BPS) produced by Bacillus enclensis AP-4 from deep-sea sediments. The maximum yield of BPS was 4.23 ± 0.17 g L−1 in a 2216E modified medium. 1H NMR studies of the purified BPS displayed α and β-configuration sugar residues, including mannose, glucosamine, glucose, galactose, and xylose in a molar ratio of 1.00: 0.09: 0.04: 0.09: 0.07. BPS showed a molecular weight of 23,434 Da and was abundant in hydroxyl and amino residues. In addition, BPS exhibited a rod-like structure with a rough surface and was dominated by C, N, and O elements. The exopolysaccharide demonstrated remarkable thermal stability, high degradation temperature, and excellent emulsification capacity compared to most reported exopolysaccharides. Moreover, BPS displayed better quenching activities against the four radicals, which provided favorable protection for the strain. Finally, the freezing experiment investigated the cryoprotective effect of BPS on E. coli and S. aureus. BPS effectively improved the cell survival ratio and maintained the activity of Na+/K+-ATPase, which facilitates culture preservation. To the best of our knowledge, our work is the first report suggesting that marine exopolysaccharide has dual-activity. This work presents the foundation for the analysis of the structure and properties of exopolysaccharides produced by deep-sea bacteria. 
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Introduction

Microbial resources are abundant in nature and rich in beneficial biological properties. Microbes can survive in diverse environments such as high salinity, high pressure, and low temperature since they strengthen themselves through molecules or mechanisms (Andrew and Jayaraman, 2020). The defense mechanisms that lead to microbial adaptability are achieved through various metabolites such as enzymes, peptides, and polysaccharides (Poli et al., 2017). Furthermore, microbial polysaccharides are classified into exopolysaccharides (EPSs), intracellular polysaccharides, and cell wall polysaccharides. EPSs have received extensive consideration owing to their excellent oxidation resistance, emulsification properties, and protection ability in recent years (Jing et al., 2017; Feng et al., 2021; Chen et al., 2022).

EPS-producing bacteria are widely distributed in marine ecosystems and can be isolated from water, sediments, and animals (Costaouëc et al., 2012). EPSs produced by marine bacteria usually have multiple physiological roles involved in the responses to environmental stress, intercellular interactions, and in adherence to surface substances (Wang et al., 2019). The relative significance of these functions often depends on the environment in which bacteria survive. Moreover, marine EPSs can capture nutrients, maintain enzyme activities and provide protection against other toxic substances (Satpute et al., 2010). Furthermore, several factors such as chemical composition, residual moisture, and freezing rate, can affect the stability of the active components during the frozen storage of foods, pharmaceuticals, and organisms. Cryoprotectants are effective for protecting cells from freezing damage. Dimethyl sulfoxide (DMSO) and glycerol are the most widely used cryoprotectants, however, their high doses can be toxic to the cells (Hasan et al., 2018). Hence, it is crucial to screen suitable cryoprotectants to improve bacterial survival ratio and maintain enzymatic activity.

Several scholars have investigated EPS-producing bacteria in sediments of different seas. Pseudoalteromonas sp. MD12-642 was isolated from Madeira Archipelago sediments and its EPS had a high molecular weight of 1000 kDa (Roca et al., 2016). Further, Colwellia psychrerythraea 34H was isolated from subzero Arctic sediments and its EPS displayed improved freeze protection (Casillo et al., 2017). Wei et al. (2021) isolated Bacillus sp. H5 from South China Sea sediments and reported that EPS could be utilized as an immune adjuvant. Furthermore, Bacillus sp. can effectively secrete EPS, which is considered a significant antioxidant (Pei et al., 2020). Isolation of EPS-producing bacteria and investigation of the structure and properties of EPS has recently gained popularity among researchers.

However, to the best of our knowledge, there are no studies on EPS-producing bacteria collected from Western Pacific sediments. In this work, we explored the structure and properties of EPS secreted by Bacillus sp. AP-4 from deep-sea sediments. EPS yield was optimized by changing external conditions and further purified by the Cellulose and Sepharose column. The structural characterization of EPS was done by High-Performance Liquid Chromatography (HPLC), one-dimensional 1H and 13C Nuclear Magnetic Resonance (NMR), Fourier-transform infrared (FTIR) analysis, Scanning electron microscopy (SEM), and X-ray photoelectron spectrometer (XPS) analysis. Further, the properties of EPS were investigated by thermogravimetry (TG), differential scanning calorimetry (DSC), gel permeation chromatography (GPC), and emulsification experiment. Finally, the dual-activity of EPS was established by the antioxidant test and freeze protection test. Moreover, our work also provides a reference value for the exploration of the structure and properties of EPS produced by deep-sea bacteria.



Materials and methods


Biochemical reagents and medium

Molecular biology reagents were purchased from BGI Co., Ltd. (Beijing, China). All chemical reagents were purchased from Sinopharm Group Co., Ltd. (Shanghai, China). Luria-Bertani (LB) medium contained (g L-1): NaCl 10.0, yeast powder 5.0, peptone 10.0 and pH 7.2. LB solid medium was formed by adding 20 g L-1 agar to the LB medium. 2216E modified medium contained (g L-1): yeast powder 1, peptone 5.0, ferric citrate 0.1, NaCl 20, MgCl2·6H2O 12.8, Na2SO4 3.24, CaCl2 1.8, KCl 0.55, Na2CO3 0.16, (NH4)2SO4 0.0016, Na2HPO₄ 0.008, pH 7.5. Minimal salts medium contained (g L-1): Na2HPO4 1.5, KH2PO4 3.48, (NH4)2SO4 4, MgSO4 0.7, yeast powder 0.01, pH 7.2. All mediums were sterilized at 121°C for 30 min.



Selecting and identification of deep-sea bacteria

Sediments were derived from the bottom mud of 6,000 m in the Western Pacific Ocean (32°32N, 146°13E). The sediments were suspended in minimal salts medium for 72 h and then inoculated into LB medium for 48 h at 20°C. Next, mixture was diluted and spread on LB solid medium. Strains with large apparent viscosity were chosen for sequential enrichment and cultivation. The extraction and identification of microbial genomes were presented in Section S1 (Supplementary Information).



EPS extraction and purification from Bacillus enclensis AP-4

Strain AP-4 was inoculated in LB medium until logarithmic growth phase and then transferred into 2216E modified medium. Incubation process was implemented under aerobic conditions at 25°C for 72 h. Extraction steps of crude BPS refer to our previous work (Hu et al., 2021). Briefly, the strain was inoculated in 2216E modified medium and fermented at 25°C for 72 h. The cultures were centrifuged and the supernatant was concentrated about ten times (i.e., volume reduction from 100 to 10 mL) by reduced pressure distillation. And 70% (w/v) trichloroacetic acid (TCA) was added to the cell-free supernatant with a final concentration of 15% (w/v), kept at 4°C overnight, and centrifuged at 11,000 ×g and 4°C for 20 min to remove protein. Subsequently, the supernatant was precipitated by mixing with three times volume of pre-cooling 95% (v/v) ethanol and kept at 4°C for 12 h, and BPS was collected with centrifugation at 11,000 ×g and 4°C for 20 min. The obtained BPS was dialyzed (8 kDa-14 kDa cut-off, Leibusi, Shanghai, China) in deionized water for 72 h. The crude BPS was obtained after freeze-drying.

Further, the crude BPS was separated by Cellulose column (3.0 × 30 cm) and eluted with gradient concentration of NaCl solutions (0, 0.2, 0.4, 0.6, 0.8 and 1.0 M) at a flow rate of 1 mL min-1. Five mL per tube was collected by BSZ-100 auto fraction collector (Shanghai Jiapeng Technology Co. Ltd., Shanghai, China). Next, the content of carbohydrate was determined by phenol sulfuric acid method (Dubois et al., 1956). The fractions of BPS were dialyzed overnight and lyophilized. BPS was further purified by Sepharose column (1.6 × 80 cm) and eluted with ultrapure water at a flow rate of 1 mL min-1. Finally, the major fraction was pooled, dialyzed and lyophilized for subsequent analysis.



Effect of carbon source and physicochemical factors on EPS yield

The strain AP-4 was cultured at different glucose concentration (0-10%, w/v), NaCl concentration (0-24%, w/v), pH (5-10) and temperatures (10-30°C) in 2216E modified medium to investigate the BPS yield. The obtained BPS was weighed on the electronic balance.



Structural characterization of BPS


Ultraviolet-visible analysis and monosaccharide composition analysis

The purified BPS was analyzed by an UV-VIS spectrophotometer (T9, Presee, China). Briefly, BPS was dissolved in deionized water to form 1 mg mL-1 of solution, and UV-VIS spectrum was recorded in a wavelength ranging from 200-600 nm. Monosaccharide composition of BPS was estimated by HPLC, which referenced our previous work (Hu et al., 2020b). Briefly, the 10 mg of BPS was dissolved in 5 mL of 2 mol L-1 trifluoroacetic acid (TFA) and hydrolyzed at 110°C for 2 h. TFA was removed by vacuum evaporation, and solution pH was adjusted to 7.0 with 5 mol L-1 NaOH. Monosaccharide standards and acid-hydrolysate of BPS were heated with l-cysteine methyl ester in pyridine at 70°C for 2 h followed by the addition of arylisothiocyanate and reaction for 90 min. The water phase was filtered with a 0.45 μm microporous membrane and then subjected to HPLC injection analysis. The monosaccharide composition was analyzed by a Thermofisher U3000 HPLC system equipped with a WAD detector reversed-phase C18 analytical column (4.6 mm × 250 mm, 5 μm, Agilent Technologies). A mobile phase system consisting of 15% acetonitrile and 85% KH2PO4 buffer solution (0.1 mol L-1, pH 6.7) was used for experimental analysis, and the flow rate was 1 mL min-1. The UV spectrophotometric detector wavelength was 245 nm for the derivatized monosaccharides.



FTIR spectra analysis

The main functional groups of BPS were determined by FTIR spectra. The dried BPS was mixed with KBr and pressed into pellets for FTIR analysis (NICOLET iS10, Thermo Scientific, Waltham, Massachusetts, USA) in the scanning range of 4000 to 400 cm-1 at room temperature (25 ± 0.1°C).



NMR spectra analysis

NMR spectra were used to analyze the positions of anomeric hydrogen and anomeric carbon in sugar chains. In short, the 20 mg of BPS was dissolved in 0.5 mL D2O (99.9%) and then centrifuged at 11,000 × g for 20 min. The supernatant was repeatedly lyophilized three times to fully remove the hydrogen. In the end, BPS was dissolved in D2O and transferred to the NMR tube. BPS was analyzed by a 600 MHz NMR spectrometer (Bruker Avance IIIHD, Germany) loaded with a 5 mm inverse probe (QXI).



Microstructure of Bacillus enclensis AP-4 and BPS

The surface morphology of strain AP-4 and BPS were observed by our previous method (Hu et al., 2020a). In brief, strain AP-4 was inoculated (2%, v/v) into 2216E modified medium and fermented at 25°C for 72 h. Cells were harvested by centrifugation (8,000 × g, 10 min) and washed three times after 48 h cultivation. Then, cells were fixed by glutaraldehyde and dehydrated. The freeze-dried BPS and dried cells were pasted on copper platform. Microstructure of cells and BPS were observed by SEM (FEI-Verios 460L, Waltham, Massachusetts, USA) with an accelerating voltage of 10 kV.



XPS analysis

The elemental composition and electronic states of BPS were performed on XPS (Thermo Scientific ESCALAB Xi +, USA) with the Mg Kα (1253.6 eV, 300 W) (Pan et al., 2021).




Characterization of BPS


Biochemical composition of BPS

The carbohydrates and protein of BPS were determined by phenol sulfuric acid method and description of Bradford (1976). In short, the 800 μL of Bradford reagent was added and mixed well with 200 μL of 5 mg mL-1 BPS. The mixture was incubated at room temperature for 30 min. The absorbance was measured at 595 nm and the protein content was calculated from the standard curve.



Molecular weight analysis

The weight average molecular weight (Mw) and number average molecular weight (Mn) of BPS were investigated by GPC (Liao et al., 2022). HLC-8320 GPC system (EcoSEC, Tokyo, Japan) equipped a chromatograph column (TSKgel GMPWXL, 7.8 mm × 30 cm, Beijing, China) and refractive index detector (RID-20A, Shimadzu, Tokyo, Japan). The mobile phase was 0.15 mol L-1 of NaNO3, and flow rate was 0.6 mL min-1 at 40°C. The 1 mg mL-1 of BPS and 1 mg mL-1 of dextran standards were injected 20 μL. Finally, dextran standards with a molecular weight range of 5-500 kDa were utilized to calculate the Mw and Mn of BPS. The polydispersion index (PDI) was deduced as follows:

	



Thermostability analysis

Thermostability of BPS were measured by simultaneous thermal analysis (STA, 449 F3, Netzsch, Germany). BPS was placed in Al2O3 crucible and heated from 30 to 800°C at a rate of 10°C min−1.



Emulsification capacity of BPS

Emulsification capacity of BPS was determined our previous description (Hu et al., 2022). The 5 mL of 1 g L-1 BPS, Span-20, and Xanthan gum were fully mixed with 5 mL peanut oil, sesame oil, olive oil, corn oil, rapeseed oil, and soybean oil. The mixture was vortexed for 2 min and then stood for 48 h. Emulsification Index (EI) was deduced as the following formula:

	

Height of emulsification layer and mixture was denoted as He and Ht, respectively.




Antioxidant activity of BPS


DPPH radical scavenging assay

The 2,2-diphenyl-1-picrylhydrazyl (DPPH) radical scavenging activity of BPS was determined as the previous description (Cai et al., 2019). BPS was dissolved in ultrapure water to prepare different solutions (1.0-5.0 mg mL-1). The 1 mL of solution was equably mixed with 5 mL of 0.1 mM DPPH solution and then stood for 30 min at room temperature in darkness. The radical scavenging activity was measured the absorbance at 517 nm. Ascorbic acid (Vc) was considered as positive control. DPPH radical scavenging efficiency was deduced as the following equation:

	

where Ablank was the absorbance of DPPH, Asample was the absorbance of mixture, and Acontrol was the absorbance of ultrapure water.



ABTS radical scavenging assay

The 2, 2’-azino-bis(3-ethylbenzothiazoline-6-sulfonic acid) (ABTS) radical scavenging assay is usually used to evaluate the antioxidant capacity of extracts or compounds. ABTS radical scavenging activity of BPS was determined by the previous method with some modifications (Ma et al., 2018). In brief, equal volumes of ABTS solution (7.00 mM) and K2S2O8 solution (2.50 mM) were homogeneously mixed and incubated for 12 h under dark condition at room temperature. Then, the mixture was diluted with an ethanol to prepare the ABTS working solution. Then, 1 mL of ABTS working solution was added to the 1 mL BPS solutions (1.0-5.0 mg mL-1). The mixture was stood for 30 min at room temperature and measured the absorbance at 734 nm. ABTS scavenging efficiency was deduced as the following equation:

	

Where Ablank was the absorbance of ABTS working solution, Asample was the absorbance of mixture, and Acontrol was the absorbance of ultrapure water.



Hydroxyl radical scavenging assay

Hydroxyl radical scavenging capacity is an essential indicator for antioxidant capacity of substances, which referenced the method of Zhang et al. (2022). Briefly, equal volumes of FeSO4 solution (10 mM), salicylic acid solution (10 mM), H2O2 solution (10 mM) and BPS solutions (1.0-5.0 mg mL-1) were equably mixed and incubated at 37°C for 30 min. The absorbance of mixture was measured at 510 nm. Hydroxyl radical scavenging efficiency was deduced as the following equation:

	

where Ablank was the absorbance of mixture (FeSO4, salicylic acid solution and H2O2 solution) without BPS, Asample was the absorbance of mixture with BPS, and Acontrol was the absorbance of ultrapure water.



Superoxide anion radical scavenging assay

Superoxide anion radicals, as a type of free radical generated by metabolism of living organisms, can attack biological macromolecules such as lipids, proteins and fatty acids thus causing the damage of cell structure and function (Jie et al., 2022). The superoxide anion radical scavenging activity was assessed by the previous method (Yang et al., 2022). In brief, 1 mL of BPS solution (1.0-5.0 mg mL-1) and 5 mL Tris-HCl (50 mM, pH 8. 2) buffer was mixed and incubated at 25°C for 30 min. Then, 1 mL of pyrogallic acid (7 mM) was added to mixture and shocked for 5 min. Eventually, a drop of concentrated hydrochloric acid (10 M) was used to stop the reaction. The absorbance of sample was measured at 320 nm and Vc was used as the positive control. The superoxide anion radicals scavenging efficiency was deduced as the following equation:

	

where Ablank was the absorbance of pyrogallic acid, Asample was the absorbance of mixture, and Acontrol was the absorbance of ultrapure water.




Evaluation of cytoprotective activity


Determination of cell viability

Determination of cell viability were measured by the method of Dimopoulou et al. (2016) with some modification. The representative Gram-negative bacteria (Escherichia coli DH5a) and Gram-positive bacteria (Staphylococcus aureus ATCC25923) were selected for the investigation of cell viability. The 50 mL of E. coil and S. aureus culture broth in logarithmic growth phase (OD600≈1.8) were centrifuged (10,000 × g, 10 min, 4°C). Then, cells were washed twice with sterile water and centrifuged again. BPS was dissolved in sterile water to prepare different concentration (0.5, 1.0, 1.5, 2.0 and 2.5%, w/v). The 0.8 mL of BPS solutions and cells were mixed and frozen at -80°C for 7 d. Equal volumes of 20% glycerol and sterile water were used as positive control and negative control, respectively. Finally, the frozen cells were inoculated into LB medium and cultured at 30°C for 36 h. Then, 200 μL of suspension was coated on LB solid medium to examine the cell survival ratio. Each sample was repeated three times. The cell survival ratio was calculated by the following equation:

	

where N A was the number of cells after freezing (CFU/mL); N Bwas the number of cells before freezing (CFU/mL).



Na+/K+-ATPase activity assay

Na+/K+-ATPase activity of cells was determined by Na+/K+-ATPase activity kit from Solarbio Science & Technology Co. (Beijing, China). The content of enzyme activity was defined as Units/104 cells.




Statistical analysis

One-way analysis of variance (ANOVA) was adopted to analyze all data, relying on SPSS v22.0 (SPSS Inc., Chicago, IL, USA). Statistical significance was determined by Duncan’s multiple-range tests. p < 0.05 was considered statistically significant. In all cases, experiments were performed in triplicates (n = 3).




Results and discussion


Isolation and identification of an EPS-producing bacteria

A total of eight culturable bacteria were isolated from the deep-sea sediment after continuous isolation and purification. Three strains with large apparent viscosity were named AP-4, BP-1, and BP-2, respectively, and were selected to measure the EPS yield. EPS yields of strains AP-4, BP-1, and BP-2 were 3.256, 2.485, and 2.793 g L−1 in the 2216E modified medium, respectively. Strain AP-4 secreted maximum EPS, so it was regarded as the target strain for the subsequent identification.

Strain AP-4 was a Gram-positive bacterium and was non-motile and long rod-shaped. The colonies were yellow and the edges were intact on LB solid medium (Figure 1B). Besides, the colonies were opaque and round, and the bulge on the surface was shiny. Notably, colony size was only 0.8–2.2 μm (Figures 1C, D). Figure 1A shows that strain AP-4 had the highest similarity (100%) to Bacillus enclensis SGD-1123 (GenBank accession No. NR_133700.1). Based on the results of the phylogenetic tree and sequence alignment, the strain was designated as Bacillus enclensis AP-4 (GenBank accession No. ON159709).




Figure 1 | Phylogenetic tree of strain AP-4 and the related twenty strains by Neighbor-joining method (A) Image of strain AP-4 on LB solid medium (B) SEM image magnified 3710 times (C) SEM image magnified 8800 times (D).





Optimization of EPS yield

Deep-sea bacteria are mostly salt-tolerant, which enables their expected growth and metabolism (Anburajan et al., 2021). Figure 2A shows the effect of NaCl concentration on the EPS yield and the growth of strain. The Strain AP-4 could grow in the range of 0–24% NaCl (OD600>0.5), and the growth of strain exhibited an increasing trend followed by decrement with increasing salinity. Furthermore, the highest yield of EPS appeared at 9% NaCl and was estimated to be 3.59 ± 0.11 g L−1. Moreover, bacteria usually accumulate active substances inside the cells or secrete EPS outside the cells to assist themselves against environmental stress (Hu et al., 2020a). The external stress induces the strain to secrete more EPS, which avoids cellular damage. Therefore, the presence of a certain amount of NaCl was beneficial to increasing the EPS yield.




Figure 2 | The effect of single factor optimization on EPS yield. The effect of NaCl on EPS yield at 25°C, 0% Nacl and pH=7 (A) The effect of glucose on EPS yield at 25°C, 9% NaCl and pH=7 (B) The effect of pH on EPS yield at 25°C, 9% NaCl and 2% glucose (C) The effect of pH on EPS yield at 9% NaCl, 2% glucose and pH =7 (D).



The microorganisms mainly use two carbon sources, glucose and sucrose, to synthesize EPS (Freitas et al., 2017). Several research groups have reported that Bacillus sp. utilizes glucose to produce EPS. The growth of strain gradually decreased with the increase in the concentration of glucose (Figure 2B). It was noteworthy that EPS yield reached the highest value (3.86 ± 0.30 g L−1) at a glucose concentration of 2%. In a similar study, Wagh et al. reported that Bacillus sp. SGD-03 produced 2.16 g L−1 EPS in nutrient broth containing 2% glucose (Wagh et al., 2022). Furthermore, Bacillus licheniformis isolated from the thermal fluid sample can secrete 165 mg L−1 EPS in MD 162 minimal medium containing 0.6% glucose (Caccamo et al., 2020).

Microorganisms are sensitive to the variation of pH and prefer to survive in neutral or alkaline conditions, and not acidic conditions (Jia et al., 2022). Figure 2C shows strain AP-4 had a wide pH tolerance range (pH 5-10), allowing it to tolerate the superacid or peralkalic conditions (Figure 2C). In addition, the maximum yield of EPS reached 3.97 ± 0.17 g L−1 at pH = 7. The previous reports have shown that the optimum pH for EPS produced by Antrodia camphorata was 5.0, and the yield reached 5.05 mg g−1 (Shu and Lung, 2004).

Our previous study demonstrated the regulatory role of temperature on the secretion of EPS, hence, the synthesis of specific EPS requires incubation at a specific temperature (Hu et al., 2021). Further, it was found that temperature affected the EPS yield secreted by Streptococcus thermophilus strains DGCC7785 and St-143 (Khanal and Lucey, 2018). Figure 2D displays that strain AP-4 displayed growth in the range of 10–30°C. The EPS yield did not vary drastically with temperature variation, and the maximum yield was 4.23 ± 0.17 g L−1 at 15°C. Moreover, the optimal fermentation of EPS was 9% NaCl, 2% glucose, pH=7, and 15°C. The EPS produced by Bacillus enclensis AP-4 was called BPS.



Purification of crude BPS

The preliminary separation and decolorization of crude BPS were carried out on the Cellulose column. Figure 3A shows three sharp peaks suggesting successful elution of BPS-1, BPS-2, and BPS-3 with different concentrations of NaCl solution. The neutral polysaccharide was eluted with distilled water, while the acidic polysaccharide was eluted with a NaCl solution. Moreover, previous reports have described the potential antioxidant activity of acidic polysaccharides (Yuan et al., 2019). The main fraction appeared in the eluate of 0.8 M NaCl and was pooled, dialyzed, and freeze-dried for further purification. The sample was further purified through a Sepharose column, and a single peak suggests the purification of BPS (Figure 3B). Further, the purified BPS solutions were collected, dialyzed, and freeze-dried for structure and properties analysis.




Figure 3 | Elution profile of crude BPS on Cellulose column (A) and Sepharose column (B). HPLC chromatograms of standard monosaccharide (C) and BPS (D).





Structural characterization of BPS


UV-VIS analysis

UV-VIS spectrum of the purified BPS was recorded (Figure S1). The maximum absorption of purified BPS was obtained at 220 nm, which is a characteristic absorption peak of carbohydrates. Moreover, there were no absorption peaks at 260 nm and 280 nm, indicating the absence of protein and nucleic acid in the sample. Furthermore, the result demonstrates that BPS was effectively purified. Several researchers had also reported similar purification results (Wang et al., 2020; Kumar et al., 2022).



Monosaccharide composition analysis

Figures 3C, D shows the HPLC analysis of the monosaccharide composition of BPS. Similarly, the retention time of standard monosaccharides and BPS was demonstrated (Tables S1, S2). BPS hydrolysates displayed peaks at 13.78, 15.97, 27.66, 31.46, and 32.62 min, corresponding to mannose, glucosamine, glucose, galactose, and xylose, respectively. The content of mannose was higher than other monosaccharides components, while xylose was the least. Moreover, the molar ratio of mannose, glucosamine, glucose, galactose, and xylose was 1.00: 0.09: 0.04: 0.09: 0.07. Wei et al. reported that EPS5SH produced by Bacillus sp. H5 was composed of Man, GlcN, Glc, and Gal in a molar ratio of 1.00: 0.02: 0.07: 0.02 (Wei et al., 2021).



FTIR spectra analysis

FTIR spectroscopy was employed for the analysis of the functional groups of BPS (Figure S2). The peaks at 3550 cm−1 and 3408 cm−1 could be attributed to the amino and hydroxyl groups (Ashraf et al., 2022; Kailasam et al., 2022). Further, the peaks at 1687 and 1620 cm−1 could be ascribed to the presence of the C=O group (Wang et al., 2013). A strong peak at 1132 cm−1 indicated the presence of α-(1→4) glycosidic linkages (Lee et al., 2007). The peak at 671 cm−1 was attributed to the existence of the C-C=O group (Wiercigroch et al., 2017). Furthermore, the peak at 605 cm−1 displayed the vibrations of pyranose rings (Mitić et al., 2009). The hydroxyl and amino groups in BPS facilitate the realization of the reductive properties.



NMR spectra analysis

NMR was used to explore the structural characteristics of BPS (Figure 4). Figure 4A shows the proton signal of H2-H6 that appeared between chemical shifts 3 and 4. Further, the 1H NMR spectrum showed seven anomeric proton signals at 5.22, 5.07, 5.04, 5.02, 4.97, 4.89, and 4.82 ppm, explaining that BPS contained α and β-configuration sugar residues. Similarly, five anomeric carbon signals were also present at 103.01, 102.19, 100.56, 99.98, and 98. 20 ppm, respectively (Figure 4B). All sugar residues were pyranose rings, which could be deduced due to the absence of signal in the region of 82–88 ppm. Furthermore, BPS did not contain uronic acid, which was also supported by the absence of signal (δ > 170 ppm). There was no found δ< 20 ppm, elaborating the absence of fucose and rhamnose. The NMR results were in reasonable agreement with HPLC and FTIR data.




Figure 4 | NMR spectra of the BPS: (A) 1H NMR spectrum; (B) 13C NMR spectrum.





Microstructure of BPS

The SEM micrographs of BPS exhibited a rod-like structure and a rough surface (Figure 5). Each bar structure was sufficiently stacked indicating sufficient toughness of BPS. EPS secreted by marine Bacillus sp. exhibited a fibrous network structure with a relatively smooth surface (Wagh et al., 2022). EPS produced by probiotic Bacillus licheniformis AG-06 showed uneven smooth surfaces with a network-like structure (Vinothkanna et al., 2021). Furthermore, our previous research reported that EPS also represented the network structure (Hu et al., 2021). However, the microstructure of BPS is rare in Bacillus sp. Moreover, the rough surface and sufficient toughness can be employed as plasticized biofilm materials (Saravanan and Shetty, 2016), which prove more stable compared to the other microscopic material. Further, the rod-like structure can form hydrated polymers to increase the water retention ability and solubility of products, impelling their more competitive potential in the food, pharmaceutical, and cosmetic industries.




Figure 5 | SEM images of BPS. SEM image magnified 1,000 times (A) and 5,000 times (B).





XPS analysis

XPS analysis was used to verify the properties of functional groups. The wide spectra revealed that BPS contained 70.15% C, 2.41% N, and 27.44% O (Figure 6A). The trace elements such as S and P accounted for less than 1%, indicating that C, N, and O were predominantly present in BPS. Figures 6B-D exhibits the high-resolution spectra of C, N, and O. In the high-resolution spectrum of C1s, peaks at 287.2, 284.7, and 283.2 eV could be attributed to the C=O, C-OH, and C-(C/H) group (Li et al., 2017; Moreira et al., 2017). Further, the N1s peaks at 397.9 eV formed the amino nitrogen (N-H), explaining the presence of the amino group (Safaei et al., 2018). The O1s peak at 531.7 and 530.5eV belonged to the C=O and C-O (Puziy et al., 2008). These results are in good agreement with FTIR analysis.




Figure 6 | The wide spectra (A) and high-resolution XPS peaks of C1s (B), O1s (C), and N1s (D).






Characterization of BPS


Biochemical composition and Mw of BPS

The total carbohydrate and protein content in BPS were measured to be 96.18 ± 0.36% and 1.67± 0.18% (w/w). The higher content of carbohydrates indicates wider applications of the exopolysaccharide. Analogously, the quantity of carbohydrate and protein were found to be 96.10 ± 0.2% and 58.3 ± 0.02% in EPS (Shankar et al., 2021). Asgher et al. reported the production of EPS by Bacillus licheniformis (2.855 g L-1), and the total carbohydrate content was 87.3% (Asgher et al., 2021). The BPS isolated in the present study had more carbohydrates and less protein suggesting its potential application in industries such as cosmetics.

The Mw of EPS is the most influential parameter affecting their biological activity. The Mw of BPS was examined by GPC, and the result indicated a single peak (Figure S3). The Mw and Mn of BPS were estimated to be 23,434 and 7,601 Da. Furthermore, the PDI of BPS was 3.08, which elaborated that BPS was a dispersed state.



Thermal behavior of BPS

The thermostability of EPS is fundamental for its application in the food industry (Abid et al., 2019). Figure 7A shows two different steps of TGA. In the first stage, a weight loss of 2.40% was recorded at 107.83°C, which could be attributed to the loss of residual water in polysaccharides (Wang et al., 2010). In the second stage, the depolymerization of BPS resulted in a weight loss of 28.13% from 107.83°C to 798.16°C, due to the breaking of the chemical bonds. Finally, only 69.36% of BPS remained at 798.16°C as the weight loss plateaued. Furthermore, the degradation process of EPS was observed from the DTG curve. The peak at 130.5°C was regarded as degradation temperature (Td), as weight loss was most rapid at that temperature. The Td of BPS was smaller than the previously reported EPS (Rani et al., 2017). DSC was used to characterize the thermal transition of BPS. BPS demonstrated an amorphous to crystalline transition (Tc) temperature at 134.17°C, which was slightly lower than EPS DU10 (Venkatesh et al., 2016). Subsequently, the melting transition of BPS started at 145.33°C, which was higher than some previously studied EPS (Wang et al., 2010). Furthermore, BPS revealed distinct endothermic peaks at 705.67°C. BPS displayed high thermal stability, suggesting its potential application in food or hydrocolloid industries.




Figure 7 | The TG (pink line), DSC (red line) and DTG (blue line) curves of BPS (A). Emulsification performance of BPS, Span-20, and Xanthan gum in peanut oil, sesame oil, olive oil, corn oil, rapeseed oil, and soybean oil (B). All values are mean values (n = 3) (∗P < 0.05, ∗∗P < 0.01, ∗∗∗P < 0.001).





Emulsification capacity of BPS

Emulsification capacity is employed to evaluate the capacity of two insoluble liquids to establish a stable liquid dispersion system under certain conditions. Additionally, emulsification stability also reflects emulsification capacity. BPS exhibited excellent hydrophilicity and formed stable emulsions between the aqueous and oil phases. We explored the emulsification capacity of BPS with six oils i.e., peanut oil, sesame oil, olive oil, corn oil, rapeseed oil, soybean oil, and Span-20, and xanthan gum was used as the control group. Figure 7B shows the excellent emulsification capacity of BPS with EI values greater than 60% in all six tested oils. The highest EI was found in soybean oil, which presented as 84.06 ± 0.72%. Although xanthan gum displayed a strong emulsification capacity in all six tested oils, the emulsification performance of BPS was significantly higher than Span-20 (∗P< 0.05). Many emulsification experiments on EPS utilize edible oil as the oil phase, such as EPS produced by Pseudomonas fluorescens presented the highest emulsification for diesel and olive oil (>50%) (Vidhyalakshmi et al., 2018). Kodali et al. reported EPS from Bacillus coagulans RK-02 that exhibited better emulsification activity in sunflower oil than in mustard oil, soybean oil, castor oil, and rice oil (Kodali et al., 2009). The molecular structure, Mw, and functional groups of EPS has substantial effects on emulsification performance. BPS has a strong emulsification capacity, which may be ascribed to the interaction between hydrophilic groups and electrostatic interaction (Yang et al., 2022). Moreover, the formed emulsion was stable for one month (Figure S4), which suggests the employment of BPS for the preparation of oil/water emulsions in the food and cosmetic industries.



Antioxidant activity of BPS

Figure 8 displays the antioxidant activities of BPS under different stress responses. The scavenging efficiency of Vc for DPPH was better than BPS, and BPS exhibited dose-dependent scavenging efficiency in the range of 1–5 mg mL−1 (Figures 8A-D). Figure 8A shows that the highest scavenging efficiency of BPS was achieved up to 83.1 ± 1.9% at 5 mg mL−1. Interestingly, only 1 mg mL−1 of BPS has demonstrated an extremely strong scavenging efficiency (>60%). Although previous reports had explored the DPPH scavenging efficiency of EPS produced by Bacillus sp. (Hu et al., 2019; Gangalla et al., 2021). However, the scavenging efficiency of BPS was recorded to be higher at the same concentration. Furthermore, ABTS scavenging efficiency gradually increased in a dose-dependent manner for Vc and BPS. BPS exhibited 80.3 ± 1.5% of ABTS scavenging efficiency at the highest concentration (5.0 mg mL−1) (Figure 8B). Moreover, an excellent scavenging efficiency at the lowest dose (>55%) was demonstrated. EPS secreted by Bacillus licheniformis AG-06 showed 70.99% ABTS scavenging efficiency at a concentration of 3mg mL−1 (Vinothkanna et al., 2021). ABTS clearance percentage of CPS produced by Bacillus velezensis SN-1 exceeded 50.0% when the concentration was 6.0 mg mL−1 (Cao et al., 2020). Moreover, hydroxyl radicals and superoxide anion radical scavenging efficiencies were also increased to 74.6 ± 1.1% and 87.5 ± 1.2% with increasing concentration of BPS, respectively (Figures 8C, D). However, the hydroxyl radical scavenging efficiency of BPS was weak at the low concentrations (1 mg mL−1), which may be related to its structure. In a similar study, BL-P1 and BL-P2 produced by Bacillus licheniformis to scavenge hydroxyl radicals reached 50.07% and 65.13% at 120 μg mL−1, respectively (Xu et al., 2019). Furthermore, the presence of hydroxyl groups (-OH) in polysaccharides can promote binding to hydroxyl radicals, thereby enhancing the scavenging efficiency (Zhao et al., 2018). In addition, it has been demonstrated that acidic polysaccharides have superior superoxide anion scavenging activity than neutral polysaccharides (Xu et al., 2011). Further, various functional groups (e.g., C=O, C-O-C, and C-O) maybe involved in the biological activity of EPS (Farinazzo et al., 2020). BPS had displayed better quenching activities against hydroxyl radical and superoxide anion radical compared with the previous EPS reports.




Figure 8 | Antioxidant activities of BPS in vitro. DPPH scavenging activity (A); ABTS scavenging efficiency (B); Hydroxyl radical scavenging efficiency (C). Superoxide anion radicals scavenging efficiency (D). All values are mean values (n = 3).





Evaluation of cytoprotective activity

Figure 9 shows the cryoprotective effect of BPS on E. coli and S. aureus using 20% glycerol as the positive control and sterile water as the negative control. E. coli containing 20% glycerol exhibited the highest survival ratio (95.29 ± 1.24%) after being frozen for 7 d (Figure 9A). In contrast, sterile water maintained only 81.44 ± 2.60% of cell survival ratio. Moreover, the cell survival ratio of E. coli decreased with the increase in BPS concentration (2.0–2.5%), which may be attributed to the bacteriostatic effect of BPS. The highest survival ratio (95.22 ± 1.86%) was presented at 0.5% BPS, which was a 13.78% increase compared with the sterile water. Likewise, S. aureus with 20% glycerol displayed the highest survival rate (96.87 ± 0.85%) after being frozen for 7 d (Figure 9B). On the contrary, the cell survival ratio of S. aureus did not significantly decrease with the increase of BPS concentration. The highest survival ratio (96.66 ± 1.26%) was presented at 1.5% BPS, which reflected a 14.58% increase compared with the sterile water. BPS provided a certain level of cryoprotective effect against Gram-positive as well as Gram-negative bacteria. Moreover, previous studies had reported the cryoprotective effect of EPS on other microorganisms (Carrión et al., 2015; Ali et al., 2021). Additionally, as a common cryoprotectant, DMSO and methanol are harmful to cells at high concentrations, while EPS with biodegradability and biocompatibility is relatively safe (Guerreiro et al., 2020). Cryopreservation of cells is a common technique in biotechnology, and BPS with cryoprotective effects can be explored as a cryoprotectant in cosmetics and pharmaceutical domains.




Figure 9 | The number of cells and cell survival ratio of E coli (A). The number of cells and cell survival ratio of S. aureus (B). Na+/K+-ATPase activity in E coli after different treatments (C). Na+/K+-ATPase activity in S. aureus after different treatments (D). E represents the unfrozen E coli. E1-E7 represent E coli supplemented with BPS (0.5, 1.0, 1.5, 2.0 and 2.5%, w/v), 20% glycerol, sterile water and then frozen for 7 d. S represents the unfrozen S. aureus. S1-S7 represent S. aureus supplemented with BPS (0.5, 1.0, 1.5, 2.0 and 2.5%, w/v), 20% glycerol, sterile water and then frozen for 7 d. All values are mean values (n = 3).



Further, Na+/K+-ATPase is a special protein in the cell membrane that can break down the ATP to obtain energy. It mainly balances the concentration difference between K+ and Na+ ions inside and outside the cell membrane, thus maintaining the cellular osmotic pressure. The unfrozen E. coli showed high Na+/K+-ATPase activity (Figure 9C). The 20% glycerol also protected the cells to some extent. The low concentration of BPS (0.5–1.5%) well protected the cells and stabilized their enzymatic activity. However, the high concentration of BPS (2.0–2.5%) restricted the growth of bacteria and thus inhibited the activity of Na+/K+-ATPase. In the same way, different concentrations of BPS all well protected S. aureus, and its enzymatic activity tended to be stable (Figure 9D). They had only 40.11% and 53.63% of the initial enzymatic activity for E. coli and S. aureus without cryoprotectants. Therefore, as a cryoprotectant, BPS can also maintain the enzymatic activity of cells.





Conclusions

To the best of our knowledge, this is the first report on EPS derived from Bacillus sp. isolated from Western Pacific sediments. BPS produced by Bacillus enclensis displayed a maximum yield of 4.23 ± 0.17 g L−1 in the 2216E modified medium during 72 h incubation. BPS is composed of mannose, glucosamine, glucose, galactose, and xylose and existed in both α and β-configuration sugar residues. The main functional groups of BPS were found to be hydroxyl and amino groups. Furthermore, BPS showed a rod-like structure with a rough surface and exhibited high thermal stability and degradation temperature. In addition, BPS displayed excellent hydrophilicity and formed stable emulsions between the aqueous and edible oil phases. BPS revealed excellent performance against DPPH radical, ABTS radical, hydroxyl radical, and superoxide anion radical and provided a certain level of cryoprotective effect against Gram-positive as well as Gram-negative bacteria. The dual-activity of BPS (antioxidant activity and cryoprotective activity) has potential applications in industry and commerce. Exploring the structure and properties of EPS produced by deep-sea bacteria can be exploited by various industries due to its profound practical value.
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We investigated the effects of eddies and typhoons on the biogeochemistry of the tropical northwest Pacific by examining the distribution of nutrients, dissolved oxygen (DO), chlorophyll-a (Chl-a), gross primary production (GPP), dissolved organic carbon (DOC), and fluorescent dissolved organic matter (FDOM). Water samples were collected from anticyclonic and cyclonic eddies in September 2019 and 2020, and before and after the passage of a Category 2 typhoon in 2019. The study region was characterized by a deep nitracline (~150 m), which was deeper than both the pycnocline (~50 m) and the FDOM-depleted layer (~75 m). A subsurface chlorophyll maximum layer was observed at 100–150 m depth. No clear differences in Chl-a, DO, GPP, DOC, and FDOM were observed for the anticyclonic and cyclonic eddies, indicating that the eddies did not have a significant influence on biological production. Similarly, there were no discernable changes in Chl-a concentrations or other biogeochemical parameters after the passage of the typhoon, which induced water mixing to a depth of ~60 m. We conjecture that the nutrient-depleted layer was too deep for any eddy- or typhoon-induced vertical mixing to cause upwelling of nutrients to the euphotic zone. Our results imply that the disturbances caused by mesoscale processes in the upper layer of the highly oligotrophic northwest Pacific may have a smaller effect than in oceans in other parts of the world.
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Introduction

Mesoscale eddies, which are ubiquitous phenomena in the surface ocean (McWilliams, 2008), play a crucial role in global ocean circulation, regional water mixing and redistribution (Chelton, 2013; Lao et al., 2022). Mesoscale eddies have also been reported to affect primary production (PP) by transporting nutrients (Williams and Follows, 2003). Cyclonic (cold) eddies generally have high PP because localized divergence and subsequent upwelling increase nutrient supply to the euphotic zone (Falkowski et al., 1991; Oschlies and Garcon, 1998; Benitez-Nelson et al., 2007). McGillicuddy et al. (1998) reported that the upward flux of nitrate via upwelling in a cyclonic eddy accounted for ~40% of the annual nutrient budget in the Sargasso Sea. The upwelling of nutrients can induce plankton blooms and shifts in the compositions of planktonic communities (McGillicuddy et al., 2007). For example, the expansion of eukaryotic phytoplankton biomass with an intensification of subsurface chlorophyll maximum (SCM) was observed in the cyclonic eddy of the North Pacific Subtropical Gyre (Barone et al., 2022). In contrast, anticyclonic (warm) eddies generally have low PP because of convergence and deepening of the thermocline (Siegel et al., 1999; Ning et al., 2008; Gaube et al., 2013), although exceptions have been reported. Mizobata et al. (2002) reported chlorophyll-a (Chl-a) concentrations that were three times higher at the edge than in the core of an anticyclonic eddy. Similarly, the phytoplankton communities at the edges of anticyclonic eddies were markedly different from those at the cores of the eddies in the northern South China Sea (Wang et al., 2018). Furthermore, Martin and Richards (2001) observed enhanced PP in the core of an anticyclonic eddy induced by the vertical transport of nutrients associated with ageostrophic circulation. These results suggest that the influence of eddies on biogeochemistry is highly variable.

Approximately 80–100 tropical cyclones (typhoons and hurricanes) occur annually worldwide (Frank and Young, 2007), and 31% of which develop in the northwest Pacific (NWP), appointing it the most active basin for the formation (Ramsay, 2017). The tropical cyclones formed in the NWP (hereafter typhoons) can trigger heavy rainfall on land and dynamical responses in the ocean; Shen et al. (2021), for example, reported that an eddy in the open ocean was triggered by inertial-Ekman pumping under the forcing of a typhoon. Following the transit of a tropical cyclone, seawater temperature restoration takes about 30–60 days for the surface layer and > 6 months for the subsurface layer (Dare and McBride, 2011; Mei and Pasquero, 2013). The supply of nutrients from the deep ocean to the euphotic zone by tropical cyclone-induced vertical mixing has been widely observed, and this process is considered the main cause of enhanced PP associated with typhoons (Babin et al., 2004; Zheng and Tang, 2007; Wang and Xiu, 2022). Lin et al. (2003) showed a 20%–30% increase in PP in the South China Sea after the transit of a Category 2 typhoon. Chen et al. (2013) reported a 40% increase in particulate organic carbon flux after a Category 2 typhoon passed through the northwest Pacific (NWP) region. Additionally, the tropical cyclone can affect the biogeochemistry in the water column, such as particle decomposition with oxygen consumption (Zhou et al., 2021; Lu et al., 2022), development of hypoxia (Meng et al., 2022), and changing of phytoplankton size structure (Ma et al., 2021).

The NWP region is characterized by a high occurrence of eddies. Yang et al. (2013) observed ~50,000 eddies in the NWP region (12–28°N, 122–170°E) from October 1992 to February 2012 based on satellite altimeter data. The modal radius and mean lifespan of eddies in this region are ~130 km and ~10 weeks, respectively, with the westward flow at a speed of 6 km d−1. The tropical NWP also generates the highest number of typhoons. Webster et al. (2005) reported that ~45% of typhoons greater than Category 4 between 1975 and 2004 occurred in the NWP region, with an increasing trend after 1980. However, the effects of eddies and typhoons on ocean biogeochemistry in this region are poorly understood.

In this study, we measured the distribution of Chl-a, nutrients, dissolved organic carbon (DOC), fluorescent dissolved organic matter (FDOM), dissolved oxygen (DO), and gross primary production (GPP) in the NWP to examine the influence of eddies on ocean biogeochemistry and biological production. We also examined how the biogeochemistry of the upper layer of the ocean responded to a typhoon that passed through the vicinity of the study area during one of our field surveys.



Materials and Methods


Water sampling in the areas affected by eddies and typhoons

Two expeditions were carried out in the NWP (16–22°N, 126–132°E) aboard the R/V Isabu from 30 August to 11 September 2019 and from 8 to 25 September 2020 (Figure 1). Sea surface height anomaly (SSHA) and geostrophic surface current data which were obtained from the Copernicus Marine Environment Monitoring Service (http://marine.copernicus.eu) were used to identify locations of eddies in the study area (Figure 1). The boundaries and depths of the eddies were confirmed by examining the sections of temperature, salinity, and density (Figures 2, 3). Water samples were collected in two anticyclonic eddies (Eddy 1 at 19°N, 130°E in 2019 and Eddy 2 at 20°N, 128°E in 2020) and a cyclonic eddy in 2020 (Eddy 3 at 17°N, 127°E). Hydrographic data, including temperature, salinity, and fluorescence, were measured using a CTD profiler (SBE911-plus, Sea-Bird Electronics Inc., WA, USA). Seawater samples were collected using 10-L Niskin bottles mounted on a CTD-Rosette sampler.




Figure 1 | Maps showing the surface current systems and sampling regions in the tropical NWP. (A) Map showing the study region, major landmasses, and dominant current systems. (B) Map for 2019 showing the eddy sites (yellow circles), and study sites in the reference areas for measuring biogeochemical parameters (yellow squares). Stations recording information before and after the transit of the typhoon are denoted as triangles (TY01 to TY04). The typhoon track and category are indicated by different colors (black: tropical storm; green: Category 1; pink: Category 2). Dashed circles indicate the typhoon boundary where the wind speed was 30 knots. (C) Map for 2020, where the study sites for eddies 2 and 3 are denoted as squares and circles, respectively. The background color shows the sea surface height anomaly (SSHA) averaged over the sampling period. Gray arrows indicate the geostrophic current.



During the 2019 cruise, typhoon Lingling developed at 15.2°N, 126.1°E at 00:00 on 2 September (all times are in UTC) and intensified into a Category 1 storm (wind speed > 33 m s−1) at 21.3°N, 124.2°E (12:00 on 3 September) and a Category 2 storm (wind speed > 44 m s−1) at 22.9°N, 125.3°E (12:00 on 4 September) nearby our study area (Figure 1B). The migration speeds of Lingling in the vicinity of the study area were < 5 m s–1, lower than those of typical typhoons in the NWP (5–7 m s–1; Kossin, 2018). Four stations (TY01, TY02, TY03, and TY04) were revisited two days (11:00 on 7 September) after the typhoon’s transit. Stations TY03 and TY04 were within the radius of the strong winds (> 15 m s−1) of the typhoon. Hydrographic data in the upper 100 m layer were measured using the CTD profiler. Seawater sampling was also conducted in the upper 100 m layer at six depths. The typhoon track data were obtained from Japan’s Regional Specialized Meteorological Center (RSMC; http://www.jma.go.jp). The typhoon’s intensity, according to the Saffir-Simpson Hurricane Wind Scale, was evaluated using 1-min averaged maximum wind speeds from the RSMC (Harper et al., 2010).



Analyses of biogeochemical parameters

Seawater samples for Chl-a, nutrient, DOC, and FDOM analyses were filtered using pre-combusted (4 h, 450°C) glass fiber filters (GF/F, Whatman, 0.7 μm pore size). The filter pads for Chl-a analysis were stored in a deep freezer at −70°C and the filtered samples for nutrient analysis (~10 mL) were stored in pre-cleaned polyethylene bottles at −20°C. The filtered samples (~20 mL) for DOC measurements were immediately acidified with 6 N HCl to a pH of ~2 in pre-combusted (4 h, 450°C) glass ampoules. The FDOM samples (~40 mL) were stored in pre-combusted (4 h, 450°C) amber vials without any treatment and kept in a refrigerator at 4°C.

The Chl-a concentration was determined using a fluorescence sensor (WET Labs ECO-AFL/FL) calibrated with high-performance liquid chromatography (HPLC) analyses of Chl-a extracted from the filter samples (Zapata et al., 2000). The linear correlation was used to convert the fluorescence to Chl-a concentration (n = 88, r2 = 0.41). Concentrations of dissolved inorganic nitrogen (NO3−+NO2−+NH4+), dissolved inorganic phosphorous ( ), and dissolved silicate (DSi: Si(OH)4) were measured using an auto nutrient analyzer (New QuAAtro39, SEAL Analytical). The procedural blank was < 2% of the average concentration of the samples. The measurement uncertainties for the reference material (Batch CA from KANSO Technos, Japan) were < 3% for   and DIP. DOC concentrations were determined via a high-temperature combustion method using a total organic carbon analyzer (TOC-L, Shimadzu, Japan) with < 3% accuracy (Benner and Strom, 1993). Accuracy was determined by cross-checking with the reference material (deep seawater reference, 40–44 μM provided by University of Miami). The detection limits of  ,  ,  , and DOC were 0.05, 0.04, 0.2, and 5 μmol L−1, respectively.

FDOM intensity was determined using a fluorescence spectrometer (Aqualog, Horiba, USA), with emission and excitation wavelengths in the ranges of 240–700 nm at 3 nm intervals and 250–500 nm at 5 nm intervals, respectively. Parallel factor analysis (PARAFAC) was performed using the Solo software, following Stedmon and Bro (2008). Raman Unit (R.U.) values were calculated based on the intensity of FDOM normalized by the Raman peak area at 350 nm of ultrapure water (Lawaetz and Stedmon, 2009). The PARAFAC model identified terrestrial humic-like (C peak), marine humic-like (M peak), and protein-like (T peak) components (Coble, 1996; Coble et al., 1998).

GPP was measured according to the 18O in vitro method adopted from Ferrón et al. (2016). Briefly, water samples used for the incubation were collected in Niskin bottles at six light depths (100%, 50%, 30%, 12%, 5%, and 1% of photosynthetically active radiation; PAR) and introduced into acid-cleaned borosilicate glass bottles with ground-glass stoppers. The glass bottles were spiked with   before stopping. Each incubation bottle was inserted into a container covered with a screen to mimic the light level of the sampling depth. The incubation was carried out in an on-deck bath, which was supplied with continuously flowing surface water. After 24 hours, incubated samples were sub-sampled into 40 mL serum bottles under a N2 atmosphere. Mercuric chloride solution was added to serum bottles to inhibit biological activity before crimp-sealing. The 18O/16O of DO in seawater was measured using a membrane inlet mass spectrometer (Kana et al., 1994), which consisted of a 2.5-cm-long silicone membrane (Bay Instruments) and a PrismaPlus QMG220 quadrupole mass spectrometer (Pfeiffer). The standard deviations of triplicate measurements of 18O/16O were typicality < 0.5‰. See Ferrón et al. (2016) for further details of the experiment and calculation of GPP.

The temperature and salinity of the surface waters along the cruise tracks were measured with a thermosalinograph (SBE 45, Sea-Bird Scientific). The surface waters were supplied to the laboratory through the clean water intake system positioned at a nominal depth of 7 m. The raw data from the thermosalinograph were calibrated against surface values (< 10 m) collected from CTD downcasts (n = 57, r2 > 0.98). In addition, DO concentrations were measured with an optode (Oxygen Optode 4531, Aanderaa). The raw data were corrected for salinity according to the manufacturer’s manual and for the gain of the optode (Johnson et al., 2015; Lee et al., 2021). The corrected values were within the 1% range of the values determined by amperometric titration (Langdon, 2010) and further corrected using the linear correlation with the titration-determined values (n = 62, r2 > 0.99). This final correction should make any effect of respiration on O2 concentrations in the water intake system negligible (Juranek et al., 2010).




Results


Hydrological characteristics and physicochemical parameters in the upper layer

The depth of the surface mixed layer (SML), which is defined as the depth at which the temperature is 0.5°C less than the sea surface temperature (Price et al., 1986; Kelly and Qiu, 1995), was ~50 m in 2019 (Figure 2). From the bottom of the SML, the water temperature decreased gradually downward up to a depth of 200 m. Salinity increased below the SML up to ~200 m water depth, with a maximum value at 150–200 m. In 2020, the temperature and salinity in the upper 200 m layer were slightly higher than that in 2019 (Figure 3). In the deeper layers (200–500 m), the temperature and salinity decreased gradually with depth without any significant differences between the 2019 and 2020 profiles.




Figure 2 | Sectional distributions of (A) temperature, (B) salinity, (C) density, and (D) Chl-a in the upper 200 m layer of the northwest Pacific from August to September 2019.






Figure 3 | Sectional distributions of (A) temperature, (B) salinity, (C) density, and (D) Chl-a in the upper 200 m layer of the northwest Pacific in September 2020.



The Chl-a concentrations measured in 2019 ranged from 0.01–0.38 μg L−1, with a SCM layer between 100–150 m depth (Figure 2). There were no significant differences between the stations. However, the SCM layer was observed at slightly shallower depths along Transects 3 and 4. The euphotic zone (Ez), defined as the depth at which photosynthetically available radiation (PAR) decreases to 1% of the surface value, ranges from 40–130 m, with an average of 80 ± 30 m. In 2020, Chl-a concentrations ranged from 0.01–0.36 μg L−1, with an SCM layer at 100–150 m depth (Figure 3). The distribution of Chl-a and Ez in 2020 was similar to that in 2019.

Dissolved inorganic nitrogen (DIN, the sum of  ,  , and   concentrations) was equivalent to nitrate ( ) concentration because the nitrite ( ) and ammonium ( ) concentrations were below the detection limit for all the samples. In 2019, the nutrient-depleted layer (DIN < 2 μmol L–1, following Reynolds, 2006) was 150 m thick (Figure 4A). Below ~150 m, the DIN increased gradually with depth. The vertical distribution of DSi (Si(OH)4; Figure 5C) and  (data not shown) was similar to that of DIN. In 2020, the nutrient distribution in the upper 150 m layer and the thickness of the nutrient-depleted layer were comparable to those observed in 2019 (Figure 4E). Nutrient concentrations increased gradually with depth in the deeper layers (200–500 m), with no significant differences between 2019 and 2020 (Figure 4).




Figure 4 | Vertical distributions of (A) DIN, (B) DOC, (C) C peak, and (D) M peak in 2019 and (E) DIN, (F) DOC, (G) C peak, and (H) M peak in 2020 in the upper 500 m layer of the northwest Pacific. The data present as the mean and standard deviations.






Figure 5 | Vertical profiles of (A) Chl-a, (B) DIN, (C) DSi, (D) DOC, (E) C peak, and (F) M peak in the upper 500 m layer in the NWP in September 2019 and 2020. Data are from Buesseler et al. (2020), the Hawaii Times Series, and the Japan Meteorological Agency.



The DOC concentrations in the upper 200 m layer ranged from 42–85 μmol L–1 (Figure 4B) in 2019. The DOC concentration in the SML showed less variation (72 ± 5 μmol L–1, mean ± SD) and decreased gradually with increasing depth below the SML. In 2020, DOC concentrations in the upper 200 m layer ranged from 46–87 μmol L–1 (Figure 4F). Within the deeper layers (200–500 m), DOC concentration decreased gradually with depth to 45 ± 4 μmol L–1. Overall, the DOC distribution in 2019 and 2020 was similar.

The concentrations of the C and M peaks (FDOM humic like; hereafter FDOMH) in the upper 200 m layer were 0.04–0.29 and 0.003–0.13 R.U., respectively, in 2019 (Figure 4). The FDOMH concentration increased gradually with depth through layers deeper than 200 m; their vertical distribution was a mirror image of DOC distribution. In 2020, the concentrations of the C and M peaks in the upper 200 m layer were 0.02–0.35 and 0.002–0.09 R.U., respectively (Figure 4), with a distribution comparable to that observed in 2019. In both years, the FDOMH concentrations in the deeper layer (200–500 m) increased uniformly with depth to a mean value of 0.32 ± 0.05 R.U. for the C peak and 0.13 ± 0.03 R.U. for the M peak at a depth of 500 m (Figure 4). The measured T peak concentrations in both the years were lower than the detection limit in the entire water column.



Distribution of temperature, salinity, and dissolved oxygen in the surface waters along the cruise track

In 2019, surface temperature and salinity ranged from 28.7–29.9°C (29.2 ± 0.2°C, mean ± SD), and 34.0–34.6 psu (mean 34.4 ± 0.1 psu), respectively (Figure 6; Table 1). In 2020, the surface temperature and salinity ranged from 28.8–31.0°C (mean 30.0 ± 0.3°C), and 34.2–34.8 psu (mean 34.5 ± 0.1 psu), respectively (Figure 6; Table 1). The mean temperature in 2020 was ~0.8°C higher than that in 2019. DO concentrations in 2019 ranged from 194–199 μmol kg−1, with a mean of 197 ± 1 μmol kg−1. These values were slightly higher than the saturation concentration of 194 μmol kg−1, calculated using average temperature and salinity values of 29.2°C and 34.4 psu (Garcia and Gordon, 1992), and corresponded to a saturation anomaly of 1.4 ± 0.3%. The saturation anomaly is calculated as ΔO2(%) = ([O2]obs/[O2]sat− 1)×100 ΔO2, where [O2]obs and [O2]sat are the measured and air-saturated concentrations of DO, respectively. In 2020, DO concentrations ranged from 188–219 μmol kg−1, with a mean of 191 ± 1 μmol kg−1. The mean saturation anomaly for DO was 0.1% ± 0.6% and the variability along the cruise track was greater than that in 2019.




Figure 6 | Map showing the cruise tracks in (A) 2019 and (B) 2020. Time series of in situ measurements of (C) temperature, (D) salinity, (E) DO concentrations, and (F) DO saturation anomaly in 2019 (left) and 2020 (right).




Table 1 | Properties of surface waters in the eddies and reference site. The data present as the mean and standard deviations.






Discussion


Extreme oligotrophy of the northwest Pacific

The DIN concentration in the 50–150 m layer of the study region was much lower than that observed in the northeastern subarctic Pacific in August (Station Papa; Signorini et al., 2001) and the central subtropical North Pacific in September (32.6–38.0°N, 165.0°E, Japan Meteorological Agency; JMA; http://www.data.jma.go.jp; Figure 5). Nutrient depletion (< 2 μmol L–1) in our study regions was similar to that observed in the oligotrophic regions, such as Station ALOHA (A Long-term Oligotrophic Habitat Assessment) of the Hawaii Ocean Time-series (https://hahana.soest.hawaii.edu/hot/) in September (Figure 5). However, the DIN concentrations below 200 m depth were lower than those at station ALOHA.

The thick DIN-deficient layer appears to be responsible for the deeper location of the SCM layer at 100–150 m. The SCM layer, similar to DIN concentration distribution, was deeper than that observed at station Papa (75 m; Buesseler et al., 2020) and the central North Pacific (80 m; JMA) (Figure 5). The depth of the SCM layer in the study region was similar to that observed at station ALOHA (100–120 m). A deep SCM layer might be a characteristic of oligotrophic regions. The deeper SCM layer at station ALOHA is attributed to photoacclimation to low light (Fennel and Boss, 2003).

The GPP observed in 2019 and 2020 was in the range of 0.1–0.6 μmol O2 L−1 d−1 in the euphotic layer, except for one higher GPP value at the periphery of the anticyclonic eddy (Eddy 1; 1.0 μmol O2 L−1 d−1; Figure 7). The GPP values (< 0.6 μmol O2 L−1 d−1) were half of those at station ALOHA measured using the same 18O in vitro method (Ferrón et al., 2016), indicating extreme oligotrophy in the study area. The depth-integrated GPP values in the upper 100 m layer were 24 and 15 mmol O2 m−2 d−1 in 2019 and 2020, respectively. These are equivalent to 210 and 130 mg C m−2 d−1, assuming a photosynthetic quotient of 1.4 (Laws, 1991). Given that the typical 18O-GPP/14C-NPP value range is 2.0–2.7 (Marra, 2002; Quay et al., 2010), these values are consistent with the NPP value of 76–80 mg C m−2 d−1 measured using the 13C incubation method in the study region in 2018 (Yun et al., 2020).




Figure 7 | Depth profiles of GPP rates measured using the 18O in vitro method. ALOHA data are from Ferrón et al. (2016).



DOC concentrations in the upper 200 m layer (53–74 μmol L–1) were higher than those at station Papa (48–59 μmol L–1; Siegel et al., 2021) and similar to those at station ALOHA (56–76 μmol L–1; HOT). However, DOC concentrations below the 200 m layer in our study area were comparable to those at these sites (Figure 5). Hansell et al. (2009) suggested that high DOC concentrations in subtropical gyres (the NWP and ALOHA sites) could be due to the accumulation of organic matter facilitated by vertical stratification in the upper layer. Indeed, the vertical stratification of the surface layer at the NWP and ALOHA stations was stronger than that at Station Papa. The T peak of the FDOM indicates the biological production in the euphotic zone and degrades rapidly with depth (Jørgensen et al., 2011). The concentrations of the T peak in 2019 and 2020 were below the detection limits in the study region, indicating insignificant biological production. In summary, the study region was found to be extremely oligotrophic, with a thick nutrient-depleted surface layer, low FDOM concentrations, and a deeper SCM layer.



Effects of eddies on biogeochemistry

The magnitude of SSHA indicates the occurrence of eddies in the study region. The highest magnitude of SSHAs during 2019 and 2020 was 0.20 m for Eddy 1, 0.40 m for Eddy 2, and −0.10 m for Eddy 3 (Figure 1). The SML of the cyclonic eddy (Eddy 3; ~20 m) was much shallower than that of the anticyclonic eddies (Eddies 1 and 2; ~55 m; Figs 2 and 3).

Continuous underway measurements of temperature, salinity, and DO concentration in the anticyclonic or cyclonic eddies were largely indistinguishable from those in the adjacent areas (Table 1). One exception was a slight decrease in DO concentration (~5 μmol kg–1) in the cyclonic eddy around 12 – 13 September 2020 (Figures 6E, F). This decrease is in contrast with previous studies reporting that DO concentrations in the cyclonic eddies were higher than in the outer areas of the cyclonic eddies (Sukigara et al., 2014; Jayalakshmi et al., 2015). The studies ascribed the increase in DO concentration to upward nutrient supply resulting in enhanced biological production. The decrease in DO concentration in our observations may be explained by the decomposition of organic matter. The difference in apparent oxygen utilization (AOU) between –1.9 to 2.7 μmol kg–1 for the surface layers of the outside and inside of the cyclonic eddy should result in 0.48 μmol L–1 higher DIN inside of the cyclonic eddy, assuming O2/N ratio of 9.5 (Anderson, 1995; Barone et al., 2022). Given virtually no difference in the DIN concentrations between inside and outside of the eddy (< 0.1 umol L–1), while the decomposition of organic matter is an important process responsible for the significant change of DO concentration in the coastal area with large amounts of organic matter (Lu et al., 2022), the process within the eddy was very limited and not likely the main cause of the decrease in DO concentration. Considering similarly low values observed on September 10 and 22, 2020 in the anticyclonic eddy, it is difficult to ascribe the small difference in DO concentration to the eddy.

There were no discernible differences between the distributions of Chl-a, DIN, DOC, and FDOMH concentrations in the upper layers of anticyclonic eddies and the reference sites (Figure 4). Similarly, there were no significant differences in biogeochemical parameters between the cyclonic eddy and the reference sites (Figure 4). The GPP results also indicated indistinguishable changes in PP between the eddy regions and the reference sites (Figure 7). These observations imply that the upward/downward displacement of the thermocline did not have any significant impact on the biogeochemistry of the surface layer, presumably because of the thickness of the nutrient-depleted layer (~150 m).

Our observations differ from previous studies demonstrating pronounced increases in biological production. For example, Gao et al. (2017) observed in situ phytoplankton blooms in a cyclonic eddy in the NWP (18–20°N, 135–140°E). Despite a similar degree of nutrient depletion in our study region, the cyclonic eddy lifted cold water and the SCM layers to shallower layers, resulting in an increase in PP. The pronounced effects may be attributed to larger vertical displacement resulting from larger SSHA of the eddy; the SSHA magnitude of the eddy (−0.50 m) is much larger than that of Eddy 3 (−0.10 m). Chow et al. (2017) observed 2,000 km long phytoplankton blooms lasting over one month in the subtropical gyre of the North Pacific (130–180°E centered at 22°N). These blooms were attributed to a northward shift of the North Equatorial Current and horizontal spreading of nutrients by eddy activity. These observations suggest that in many subtropical areas topped with a thick nutrient-depleted layer, eddies have little influence on biogeochemistry unless they are exceptionally strong to lift the subsurface to the nutrient-depleted surface layers or fed with nutrients from external sources such as the North Equatorial Current.



Effects of typhoons on biogeochemistry

The vertical distributions of temperature, salinity, and DO concentration did not differ significantly among the four stations (TY01, TY02, TY03, and TY04; Figure 8) before the typhoon transit in 2019. After the passage of the typhoon, salinity in the surface layer decreased by ~0.1 psu at stations TY01, TY02, and TY03. Temperature and DO concentration in the SML decreased by ~0.5°C and ~13 μmol kg−1 at these stations, respectively. The SML deepened from 40 to ~60 m based on the vertical distributions of temperature, salinity, and DO concentration (Figure 8). The continuous underway observations at higher spatial resolution also revealed a similar temperature decrease of 0.4°C along Transect 1 after the typhoon had passed (Figure 6). This was accompanied by a subtle drop in ΔO2 of ~0.5%. The observed cooling and freshening that accompanied the increase in the SML depth could be due to typhoon-induced vertical mixing and precipitation. Similar surface cooling by Typhoon Lingling were also observed by wave-glider, satellite, and reanalysis data (Qiu et al., 2021; Son et al., 2022). Specifically, Qiu et al. (2021) observed that the maximum temperature decrease was ~0.6°C by wave-glider (18.2°N, 124.8°E), which was positioned close to the transit of the typhoon. Son et al. (2022) reported that these surface cooling persisted approximately two weeks based on the results from Medium-Range Weather Forecasts Ocean Reanalysis System 5.




Figure 8 | Vertical profiles of (A) temperature, (B) salinity, (C) Chl-a, (D) DO, and (E) DIN in the typhoon region for stations TY01, TY02, TY03, and TY04 in September 2019. Black solid and red dashed lines denote conditions before and after the passing of the typhoon, respectively.



The DO concentrations and saturation anomalies in the upper layer decreased slightly (~8 μmol kg–1 and several percent, respectively, for the surface) after the typhoon passage (Figure 8D). The depths of the subsurface maxima of saturation anomalies deepened from 60 m to 80 m and the magnitudes decreased from 10% to ~3% after the passing (Figure S2). This change of the saturation anomalies can be explained by entrainment of subsurface water with excess O2 and enhanced air-sea gas exchange during the passage of the typhoon. Under the condition of 14 m s–1 wind speed (Figure S3), the saturation anomalies in a 60 m-thick mixed layer should become less <0.5% after 2 days from an unlike high initial saturation anomaly of 10% (Pilson, 2013). For the calculation of gas transfer velocity, we used the parameterization of Wanninkhof (1992) and assumed temperature and salinity of 29°C and 34.5 psu, respectively. The newly developed subsurface maxima may be ascribed to the adaptation of phytoplankton community to the deepened mixed layer depth and nutricline (Cullen, 2015). Contrary to some of the previous studies reporting marked decrease in DO concentrations due to organic matter decomposition after typhoons (Xu et al., 2019; Lu et al., 2022), the AOU decrease (~5 μmol kg–1 at surface; Figure S2) and no increase in DIN in the study area indicate minimal effect of organic matter either brought up from subsurface or produced in the surface layer.

In contrast to the other stations, salinity dropped by ~0.2 psu at TY04 without an accompanying temperature drop in the surface layer (Figure 8). Shoaling of the SML and absence of cooling contradict the assumption that typhoon-induced vertical mixing is the probable cause of freshening. Ocean reanalysis data revealed that freshening might result from the inflow of external water masses into the edge of the anticyclonic eddy (Figure S1, the data are from Copernicus; http://marine.copernicus.eu). Based on these results, we did not consider TY04 to be a typhoon-influenced area despite it being the closest to the typhoon’s path.

The changes in temperature and salinity before and after the transit of the typhoon indicated that typhoon-induced vertical mixing was confined to a depth of 60–70 m (Figures 8A, B). The vertical distributions of Chl-a and nutrients did not exhibit clear differences before and after the typhoon (Figures 8C, E). Moreover, the time-series of Chl-a concentrations based on the satellite data (Remote Sensing Systems, level 4, version 5.0) did not reveal any significant change (only ~0.05 μg L–1 increase) after the passing of the typhoon (Figure S4). These results imply that water column mixing up to 60 m does not cause a significant upward supply of nutrients in this oligotrophic ocean.

These observations are consistent with those of Lin (2012) using satellite data and numerical experiments. Lin (2012) demonstrated that PP only increases in the NWP region (15–25°N, 127–180°E) when intense typhoons (Categories 4 and 5) induce a temperature drop of > 2.5°C and physical mixing reaches depths of ~180 m with slow migration speed (1.7–3.6 m s−1). Lin (2012) argued that an anticyclonic eddy can act as an insulator to restrain the entrainment of cold water to the surface layer even under a Category 5 typhoon. Although the migration speed was sufficiently slow to induce the vertical mixing by typhoon, the weakness of Typhoon Lingling (Category 2) and the presence of an anticyclonic eddy (Transect 1) may explain the shallow vertical mixing of ~60 m and insignificant influence of the typhoon on PP along its passage. Given that a large portion of the NWP region is covered with a nutrient-depleted layer (Figure S5; data from JMA), our results imply that the impact of typhoon-induced mixing in this oligotrophic ocean may not be as significant as previously thought.




Summary and conclusions

We investigated the biogeochemical parameters of the eddies in the oligotrophic NWP. We observed isopycnal displacement in the mesoscale eddies compared to the adjacent sites. However, the distribution of Chl-a, nutrients, DOC, FDOM, and GPP did not exhibit discernible differences across anticyclonic and cyclonic eddies or between the reference sites. Our results indicate that in this oligotrophic ocean, where the nutrient-depleted layer is very deep (~150 m), the upward advection associated with the cyclonic eddy has an insufficient impact on PP. The typhoon-induced disturbance (up to 70 m depth) after the passage of a Category 2 typhoon also appeared to cause no clear changes in Chl-a concentration or other biogeochemical parameters in the upper layer. Typhoon-induced mixing was confined to the upper 60 m of the water column, which was shallower than both the nitracline and SCM layers. A large portion of the oligotrophic NWP is topped with a thick nutrient-depleted layer and, therefore, may not experience significant changes in biogeochemistry due to eddies and typhoons.
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Radon is an excellent natural tracer for studying various geophysical processes. In the past centuries, radon isotopes measurement approaches for marine research have been fully developed but still suffer limitations. Here we present the setup and validation of an improved continuous online measurement system (PIC-ORn) to measure dissolved radon in the surface ocean and other water bodies. We demonstrated that the PIC measurement efficiency is ~2 times higher than a RAD7 and is less affected by relative humidity and produces reliable results. Laboratorial measurements indicated that the new PIC-ORn system responded timely to the change of radon activities in water. The new system was successfully deployed during a cruise to the northwest Pacific Ocean in June 2021. Despite low radon-in-water activities, the results obtained by the new PIC-ORn system matched the traditional measurement systems within the estimated uncertainties. The PIC-ORn detector takes advantage of higher efficiency, lower cost, and power consumption, and is less affected by air moisture. The new system does not rely on drying units, further reducing on-site supervision, which would benefit the researches in submarine groundwater advection and diffusion and ocean-atmosphere gas exchange.
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1 Introduction

Natural radon isotopes can be used as tracers of various chemical and physical processes in the environment. Because the half-lives of 219Rn (t1/2 = 3.96 s) and 220Rn (t1/2 = 55.6 s) are so short, it is difficult to measure them precisely. However, 222Rn (t1/2 = 3.83 d) is often measured and has been widely employed for studies such as upwelling and downwelling (Sarmiento et al., 1976), air-sea interactions (Broecker and Kaufman, 1970; Broecker and Peng, 1971), diffusion from sediments (Corbett et al., 1998), earthquake prediction (Kuo et al., 2010; Chen et al., 2018a) and submarine groundwater discharge (SGD) (Null et al., 2012; Prakash et al., 2018; Santos et al., 2021). Simultaneous measurements of radon and other natural gases (such as CO2 and CH4) were used recently to delineate the significance of SGD and thus better understand carbon and nutrient biogeochemical transformations (Santos et al., 2012; Schubert and Paschke, 2015; Chen et al., 2018b; Chen et al., 2022).

Radon isotopes measurement approaches for marine research have been fully developed in the past centuries. For grab samples, the radon in water is traditionally trapped via a radon extraction line system and transferred to Lucas alpha scintillation cells followed by measurement by a counting system after being sealed for 3 hours to allow the 222Rn progenies (218Po, 214Po) to reach radioactive equilibrium (Stinger and Burnett, 2004). This method benefits by having maximum measurement efficiencies approaching 300% which was widely used in multiple international research programs including GEOSECS, TTO and GEOTRACES (Broecker et al., 1967; Key et al., 1979; Xu et al., 2022). This approach, however, is time consuming and may present numerous logistical difficulties. Most recently, continuous measurement of radon was achieved by combining a commercial radon-in-air analyzer RAD7 (Durridge, Inc., USA) with a water/gas exchanger (RAD AQUA) (Burnett and Dulaiova, 2003). In this approach, radon is continuously degassed from a water stream and circulated in a closed air loop with a RAD7 counting chamber. After reaching an air-water equilibrium, such a system allows continuous on-site radon monitoring in surface waters (Burnett et al., 2001; Wang et al., 2019). Another approach uses a RAD7 connected to a small (40 or 250 mL) glass bottle (RAD-H2O system) that provides a portable on-site method for measuring radon samples with relatively high activities, such as groundwater or some river waters (Lee and Kim, 2006). Note that the passivated implanted planar silicon alpha detector that used in the RAD7 is sensitive to humidity in its chamber. An extra drying unit is always need to remove moisture from the air stream to meet the requirement that the relative humidity in the RAD7 chamber remains below 10%, typically less than 6% (Burnett et al., 2001; Xu et al., 2010). Although a humidity correction for the RAD7 could be automatically made by the Capture softer provided by Durridge, the data precision will be partly degraded compared with readings taken in dry conditions.

A technological advance for radon measurements that is independent of some of the above limitations suggests using a pulsed ionization chamber (PIC) (Curtiss and Davis, 1943; Seo and Kim, 2021; Zhao et al., 2022). The PIC sensor measures charge pluses created during air ionization by α-particles generated by radon. Compared to other radon detectors, such as semiconductors and scintillators, almost all generated α-particles can be deposited in the ionization chamber and counted, so the absolute detection efficiency is much higher than other conventional methods (Gavrilyuk et al., 2015). Liu et al. (2022) reported that by changing the relative humidity from<5% to 65%, the counting efficiency of the PIC sensor is not significantly affected by air moisture. A drying unit is not a necessary part while utilizing a PIC sensor, which not only helps to reduce the total volume of the system, but offers a possibility for a long-term radon field monitoring with less on-site supervision.

We present here a miniaturized, inexpensive active PIC Oceanic Rn monitor (“PIC-ORn”) with high efficiency and sensitivity, which provides an alternative method for the surface seawater survey of radon. The new PIC-ORn system requires minimal operator intervention and produces high-resolution readings, thereby overcoming some of the disadvantages of the currently available instrumentation.



2 Materials and methods


2.1 System setup

The PIC-ORn onboard measurement system consists of two main components: (i) a commercially available water-gas equilibrator (RAD AQUA, Durridge, In., USA) for radon-gas extraction from the pumped seawater connected via closed air loop to (ii) a PIC-ORn detector (described in detail in section 2.2) for radon-in-air activity measurements (Figure 1). The RAD AQUA water-gas equilibrator (also called exchanger) has been widely used in conjunction with RAD7 radon analyzers for on-site radon surveys and time-series observations (Burnett and Kim, 2001; Dulaiova et al., 2005; Chanyotha et al., 2018). Other gas extraction modules, such as membrane contactors, can also be used for this purpose (Schubert et al., 2008; Petra and Aleš, 2019). During operation, the equilibrated radon-in-air is circulated through an air filter (with 0.45 μm pore size) to prevent dust particles and radon Po-daughters from entering the measurement system. Then the air is directed to the measurement system via an internal air pump and is returned to the RAD AQUA exchanger. A one-way valve in the air stream just upstream of the RAD AQUA is used to prevent unanticipated water backup causing damage to the detector (Figure 1). The measured radon-in-air activities can easily convert into to corresponding radon-in-water activity through a specific radon partitioning coefficient which is dependent upon the temperature and salinity of the water (Schubert et al., 2012). The temperature and salinity are parameters that are routinely measured during oceanic surveys.




Figure 1 | Schematic diagram of an automated radon measurement system for continuous measurements of radon-in-water. Everything inside the dotted lines is the PIC-ORn detector, which consists of the measurement and control units. Equilibrated air from the RAD AQUA exchanger is directed to the measurement unit via a diaphragm air pump. Every ten minutes or other manually set-up interval, the combined information including radon activity, temperature, humidity, pressure, and GPS locations are stored in the data logger and/or transmitted from the microcontroller unit (MCU) inside the PIC-ORn detector to a self-programed PC software. One can download all the data afterwards if a computer is not readily available on field site.





2.2 PIC-ORn equipment


2.2.1 Hardware design

The PIC-ORn system is designed in two separate sections: the control unit and the measurement unit (Figure 1). This design is convenient and avoids any electrical noise interference generated by the control unit and from the vibration caused by the diaphragm air pump to the measurement unit. The entire system can be powered by either 12 V batteries or AC via an eight-core watertight cable. Real-time interactive communication between PIC-ORn and the ship-based PC is accomplished through a USB cable. Fitting on the measurement and control chambers are IP67 waterproof grade, meeting the requirements of long-term continuous field survey monitors.

The control unit is composed of a microcontroller (MCU), a data logger, a diaphragm air pump, and a GPS module. The built-in MCU is the core of the PIC-ORn detector, which provides the appropriate power to the other devices and contains the command control and data transmission between the PIC-ORn and the PC software. For each integration time (minimum at 1 minute), the combined information, including radon activity, temperature, humidity, pressure, and GPS locations, are transmitted from the MCU to the PC interfaced by the program software. A data logger (a TF card) automatically stores the dataset once the MCU receives the data. The data can be revised and downloaded using a remote terminal via WiFi. An STM32F103 chip (STMicroelectronics Inc., Italy) was selected as the MCU. This chip contains multiple serial interfaces and general-purpose input/output (GPIO) ports and has the advantages of low cost and power consumption. The ATK1218-BD positioning module (Xingyi Electronic Technology Co., Ltd, China) is used to obtain longitude and latitude coordinates during the radon survey measurements. This module has dual positioning functions from both GPS and Beidou systems, which have an update rate of up to 20 Hz with a positioning accuracy of up to 2.5 m circular error probability (CEP). The KLC-2 micro diaphragm air pump (Kamoer Company, China) provides a maximum airflow rate of 1.5 L/min, which guarantees a rapid equilibrium of radon-gas between air and water phases. It has the advantages of a large voltage regulation range, low heating effect, low noise, and long service life.

The measuring unit can be sealed with an air inlet port and an air outlet port, in which a PIC radon probe (HS Radon Co., China, or FT-lab Co., Korea) and an environmental sensor are assembled. This commercially available radon probe with an active volume of 0.2 L is used to monitor the radon-in-air activities. It has a power consumption of about 1 W (12 V DC, 0.065 A) with an operating temperature from 10 °C to 40 °C. We used a BME680 sensor (Bosch Company, Germany) to monitor air temperature, humidity, and pressure simultaneously. The sensor uses an I2C interface, an onboard power supply voltage stabilizing chip, and a level chip with good compatibility. When the sampling rate is set at 1 Hz, the current consumption is only 3.7 microamperes.

Based on a conceptual diagram of the hardware system (Figure 2A), we designed the hardware circuit board and packaged the electronic control system (Figure 2B). The total power consumption of PIC-ORn with the air pump running is approximately 5 W.




Figure 2 | (A) A conceptual diagram of the hardware system. (B) A picture of our packaged electronic control system.





2.2.2 Software design

We developed a PC Software package (“Radon-Survey-Software v2.0”) to run the command control, real-time data display, and storage of the PIC-ORn detector data. A corresponding Embedded Software was implanted into the MCU of the PIC-ORn to control each sensor, acquire data, and interact with the PC Software, based on the RS-232 Modbus protocols with the baud of 19200 bps.

The Embedded Software on the MCU is programmed with C-language based on Keil software platform. The control flow diagram of PC Software and Embedded Software were shown respectively (Figure 3). The PC Software is programed based on Visual Studio 2017 platform with C-language which has a concise user interface. The control commands can be easily sent to the PIC-ORn by clicking corresponding buttons. The menu functions of the PC Software include communication setting, system configuration, diagram display, status display, and air pump setting, etc. After the connectivity between PC Program and PIC-ORn established, the PC Software can further configure the PIC-ORn system with different manual set-up, including device reset, single data acquisition, data save, algorithm optimization, and data type selection. The operation mode of air pump can be set as on, off, automatic or periodical modes, which improves the adaptability of the PIC-ORn detector to meet various requirements during survey measurements with different radon activities. The radon concentration reported by the PIC-ORn detector can be displayed in diagram display area of the PC Software in real time. The software can conduct preliminarily data analysis such as full screen views, clipped views, single point display and data smoothing.




Figure 3 | Control flow charts of the PC Software (A) and Embedded Software on the MCU (B), respectively.







3 Results


3.1 Leakage test and efficiency calibration of PIC-ORn

Any gas leakage in the system will affect the radon measurement accuracy and sensitivity. A routine leak check was conducted by injecting high purity helium gas into the system until the inner pressure increased to 130 Kpa, ~30% higher than atmospheric pressure (i.e., 101 Kpa). A long-time monitor of air pressure, humidity, and temperature was conducted at 10-min intervals via the internal BME680 sensor. The results show that the above parameters remained constant for 17 hours after the air inlet and outlet valves were closed, proving the monitor’s airtightness (Figure 4A). Any residual radon gas in the system was also removed during the helium purging process. This provided an excellent opportunity to check the background of the system. The background of the PIC sensor averaged at 0.37 ± 0.80 Bq/m3 (n=102, Figure 4B), about two times higher than a typical RAD7 background (0.2 Bq/m3) but still very low. Slight variations were observed during the background test may be due to some unanticipated circuit noise signals. The inherent background of RAD7 rises due to the 210Pb (t1/2 = 22.3 yr) deposition on its probe as service time increases. However, this not a problem for a PIC since radon radioactive progenies can never be counted. Based on these results, the detection limit of the PIC sensor is estimated at 2.7 Bq/m3 (Currier, 1968).




Figure 4 | (A) The internal pressure of the PIC sensor injected with up to 130 Kpa with pure helium gas. After the air inlet and outlet valves of the PIC sensor were closed, the air pressure, humidity and temperature were monitored simultaneously for 17 hours via the BME 680 sensor installed inside the instrument. (B) The background radon activities of the PIC sensor over a 17-hour period.



The measurement efficiency of the PIC-ORn detector was standardized against a recently calibrated RAD7. A rock standard sample (Durridge, Inc., USA) with known radon activity was prepared as the radon source by being sealed for over one month to allow 222Rn to equilibrate with the 226Ra in the rock. The radon was introduced to the calibration system and create a peak signal via PIC-ORn’s internal air pump. The system was run for five minutes to let radon gas homogeneously mix inside. We held the air flow for another five minutes to allow the complete decay of 220Rn (t1/2 = 55.6 s) as well as 219Rn (t1/2 = 3.96 s) after removal of the radon source. A desiccant column was connected to the system to ensure that the air relative humidity is below 10% since high moisture can affect the sensitivity of RAD7’s semiconductor detector. The RAD7 and PIC detectors were connected in series with each other and the rock sample and the counting intervals for both instruments were set to 30 min. The radon activity (counts per minute, cpm) of a rock standard sample we used was 32.7 ± 2.8 cpm and 59.5 ± 2.6 cpm measured by the RAD7 and PIC-ORn detectors, respectively. The errors represent 2-σ uncertainties. These results, expressed in terms of radon sensitivity at 0.012 cpm/(Bq/m3) for the PIC detector and 0.0065 cpm/(Bq/m3) for the RAD7 indicates that the measurement efficiency of the PIC-ORn detector was approximately 1.8-fold of the RAD7 detector used in this case.



3.2 Laboratory tank experiments

We conducted an indoor-tank laboratory experiment for more than 24 hours to compare PIC-ORn to the commercial RAD AQUA-RAD7 setup. We used two tanks (3 meters in length and width) filled with water: tank #1 was filled to 1 meter depth with “old” water, while tank #2 was filled with the same water up to 3 meter depth. To ensure that the water in the tanks has background levels of radon equilibrated with radon in the atmosphere, we kept the waters in the tanks for >30 days while continuously aerating them. We deployed a submersible pump to provide a steady water flow into a RAD AQUA exchanger at a rate of 2 L/min. Radon activities were then measured both by the PIC-ORn and RAD7 systems setup in series. We set both instruments to collect data in 10-min counting intervals and measured the “background” activity in the aged water for about 30 min. After that, we started filling the tank with tap water (groundwater source) known to have high radon levels. After 6 hours of data acquisition, we ceased input of the high radon tap water, and continued to monitor radon in the tank water for another 17 hours. Finally, we moved both systems to tank #2 which was filled with low radon-aged water. The radon-in-water data were characterized using a 1-h interval averaging approach to smooth out the statistical scatters.

During the tank experiment, the PIC-ORn was controlled by user-customized software, and the data transmission as well as data storage worked without any issues. As the first tank started filling up, the radon-in-water activities measured by both PIC-ORn and RAD7 rapidly rose from an initial background level of 20 Bq/m3 to over 300 Bq/m3 (Figure 5A). After the groundwater input was ceased, within 17 hours monitoring period we observed a gradual decreasing trend of radon activities due to radon escape into the atmosphere as well as decay loss. We also found a rapid decline in radon-in-water concentrations after these two systems were moved to the 2nd tank that contained aged low-radon waters (Figure 5A). The responses of the two radon-detection systems were almost identical when switching between tank waters with different radon activities (Figure 5A). Based on statistical analysis, we found that the testing results of the PIC-ORn were consistent with the RAD7 (R2 =0.98, Figure 5B). Due to higher measurement efficiency of PIC, The error bars of the PIC-ORn were generally smaller than the RAD7 within 1-σ uncertainties.




Figure 5 | (A) A continuous laboratorial measurements via a commercial RAD AQUA-RAD7 system (blue squares) and the PIC-ORn (red triangles). (B) Scatter plot of the radon-in-water activities measured by the PIC-ORn versus the RAD7. The error bars represent the 1-σ uncertainties based on counting statistics.





3.3 Field measurements

The PIC-ORn system was deployed on the R/V Dongfanghong 3 during a cruise to the northwest Pacific Ocean in June 2021. Surface seawater was continuously delivered into the RAD AQUA exchanger through the ship-based submersible water supply system. The water flow rate was set to 3 L/min and the air flow rate at 1.5 L/min during the entire period, as recommended by Dimova et al. (2009). Radon was measured both by the PIC-ORn and a RAD AQUA-RAD7 system setup in series. To meet the RH requirement of RAD7 (<10%), the airstream was dried by passing through a large laboratorial desiccant column that filled with 8-mesh CaSO4-CoCl2 drierite (W. A. Hammond, Co., USA). Since the expected radon in surface ocean water was relatively low, the integration measurements intervals of the PIC and RAD7 system were set at 1 hour to reduce the analytical uncertainties. A portable temperature probe (HOBO data logger) was attached to monitor the temperature variations at the air/water interface of the RAD AQUA with 30-min intervals. The radon-in-air activities (Cair) measured by the PIC-ORn and RAD AQUA-RAD7 systems were then converted to corresponding radon-in-water activities (Cwater) by applying the temperature radon partition coefficient (Kw/air) via the following equation 1 (Weigel, 1978; Schubert et al., 2012).



To further verify the accuracies of PIC-ORn system results, seven discrete grab samples were collected during the cruise period in 6 L HDPE bottles equipped with a three-port screw-on cap. The radon activity of each water sample was immediately measured on-board by using a four-port Rn extraction line system and Lucas cell counting following the method described by Stringer and Burnett (2004). The system was calibrated using NIST-traceable 226Ra standard solutions several times on each of four ports, with an average uncertainty below 10%. The radon-in-water concentrations (Cwater) could be calculated with the following equation:



where CPM is the radon in counts per minute for a measurement period of 100 minutes; E is the calibrated efficiencies of each port of the Lucas cell counting system (cpm/Bq); and V is the water sample volume (m3).




4 Discussion


4.1 Radon survey measurements in the northwest Pacific Ocean

During the survey experiments, the radon activities in surface seawater measured by PIC-ORn ranged from 0.80 Bq/m3 to 7.4 Bq/m3 (i.e., 0.048-0.44 dpm/L) with an average of 3.7 ± 1.4 Bq/m3 (n=96). The radon distribution showed a typical trend of lower concentrations in the open ocean and higher concentrations in coastal regions, such as the South Yellow Sea area (Figure 6). This is relevant to more terrestrial inputs in shallow areas, such as riverine input, pore-water exchange, and submarine groundwater discharge, which result in relatively high radon activities (Kim et al., 2005; Liu et al., 2017; Wang et al., 2021).




Figure 6 | Distributions of dissolved radon activities measured by the PIC-ORn (A) and RAD7 (B) in surface waters of the northwest Pacific Ocean in June 2021, respectively. The circled numbers 1-7 represent discrete grab samples collected and measured via Lucas cell counting to compare with the automated systems.



Despite the very low activities, the radon results for both automated systems were consistent with the Lucas cell results within the estimated 1-σ uncertainties (Figure 7). Whether the instrumentation is portable and whether operations require less manual supervision need to be considered when a user conduct radon survey measurements in the field or on a boat. The laboratory radon determination using a Rn-gas extraction line and Lucas cell counting, as a traditional method in the last century, has an advantage of high efficiency (up to three hundred percent) which results in lower counting uncertainty (<10%, Figure 7). However, a big disadvantage of this method is the fewer data point collection and heavy operator involvement. Additionally, many extra parts needed for this system make it difficult to carry, such as a vacuum pump, compressed helium, Lucas cells, photomultiplier tubes, and liquid nitrogen (or dry ice for the cold trap) (Peterson et al., 2009). The RAD AQUA-RAD7 system currently provides a much portable approach for continuous radon survey measurements. The RAD7 is a high performance instrument that can discriminate different alpha-emitting energies from radon and thoron radioactive progenies. Specific alpha particles end up in its specific windows (A-H) in each measurement. A useful software (“Capture” provided by Durridge) is also available for free, which would help user to simplify the transfer of data from the RAD7 to a terminal computer. However, the RAD7 suffers from two dominating drawbacks: (i) relatively low inherent measurement efficiency of RAD7’s semiconductor alpha detector; (ii) maintain low internal relative humidity while operates since the detector efficiency is affected by moisture. The field results of the RAD7 shown much larger uncertainties (~50%, Figure 7) compared to the PIC-ORn method. Dulaiova et al. (2005) shown that with multiple RAD7 detectors coupled, it could achieve greater efficiency and throughput for assessment of radon in the coastal ocean.




Figure 7 | Seven surface seawater samples were collected during the boat survey (the locations of the sampling points are shown on Figure 6). Bar diagram shows the radon in surface water results from a comparison between three independent techniques: a radon-gas extraction line combined with Lucas cell counting (grey), the PIC-ORn detection system (blue) and the RAD7 systems (green). The error bars represent the 1-σ uncertainties based on counting statistics.



In comparison, the new automatic continuous radon survey measurement system (PIC-ORn) we present here overcomes some of above limitations versus above two conventional radon-in-water measurement techniques and builds in with customized hardware and software. The new system has relatively higher uncertainties (<30%, Figure 7) compared to the Rn line (<10%) but benefits of automatic measurements. We demonstrated that the PIC measurement efficiency is ~2 times higher than a RAD7 and is less affected by relative humidity and produces reliable results. The uncertainties are uniformly lower for the PIC relative to the RAD7. It does not rely on a drying unit and has low power consumption, further reducing manual supervision when applies it to continuously measure dissolved radon in the surface ocean and other water bodies. Customized software interfaces the combined survey measurements for radon activity, temperature, humidity, pressure, GPS continuously stored in a data logger and/or be transmitted to a PC onboard. The new software also allows radon concentrations can be viewed in real time. We thus believe that the PIC-ORn system offers the user the most benefit for automatically continuous radon survey because one can start the measurement at one’s convenience and leave it counting as long as necessary to achieve the desired monitoring time and uncertainty level.



4.2 Perspectives

The PIC-ORn detection system was applied for continuous radon measurements in surface water and good agreements among three different approaches achieved. The measurement efficiency of single PIC sensor is about two times higher than a RAD7 detector. Further higher efficiency can be accomplished with PIC-ORn system by adding more PIC sensors. However, air volume dilution and delayed equilibrium should be carefully considered on this occasion. Presumably, a PIC-ORn detector could be used with various sized sampling bottles for grab sample determination of radon in water. The next step would be to mate the PIC-ORn approach to a good oceanographic pump, add a marine GPS module with depth sounder. In this manner, one could do depth profiles by sending the pump to different depths of interest, quickly measure the radon activities in the ocean anywhere. Research in submarine groundwater advection and diffusion and ocean-atmosphere gas exchange will benefit from utilizing this system.
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The bimodal and unimodal seasonal cycles of surface Chlorophyll-a (Chl-a) concentration (SCC) are ubiquitous in the mid-latitude oceans. The nutrient and light are regarded as two key factors affecting such seasonal differences. However, our quantitative knowledge of distinguishing these two factors is still inadequate in mid-latitude regions where they limit primary productivity simultaneously. It hinders the full understanding of the underlying mechanisms of seasonal blooms. In this study, the bimodal and unimodal variations of SCC in the Kuroshio Extension (KE) region have been investigated, with a special focus on the emergence latitudes of the secondary peak, i.e., the phytoplankton fall bloom. Based on satellite observations, we have found that the SCC bloom emerges in spring and fall in the northern region, and that spring (fall) bloom starts later (earlier) as the latitude gets higher. In the southern part of KE, by contrast, the SCC tends to peak in late winter or early spring with its bloom time delaying gradually with increasing latitude. A regression model regarding the role of the nutrient and light has been proposed to reconstruct the seasonal variations of the observed SCC, and the relative contributions of the two factors have been assessed quantitatively. It is shown that the regression model has reasonably captured the seasonal variations of SCC in terms of the bimodal/unimodal feature as well as the time of occurrence. Specifically, we have found the boundary between bimodality and unimodality areas moves northward as KE flows eastward, which corresponds to the equivalent contribution of the nutrient and light to the SCC variation and the eastward-decreasing nutrient at the same latitude. Moreover, we have used the model to explore the lag effect of light on regulating the seasonal cycle of SCC, which is associated with the light-heating process, the resultant ocean vertical stratification and the nutrient deficiency, the time interval between the growth rate and SCC, as well as light attenuation within the mixed layer. In the context of global warming, our study has provided insights into the switch pattern between bimodality and unimodality of SCC in mid-latitude oceans.
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  1 Introduction

The Northwest Pacific (NWP) is the most productive area characterized by high primary productivity (PP) and active fishing grounds with the highest fishery production in the world (Kim, 2010; Yatsu and Ye, 2011), among which the Kuroshio Extension (KE) and its adjacent regions are regarded as a “hotspot” of PP with significant carbon sinks (Ogawa et al., 2006; Takahashi et al., 2009; Fassbender et al., 2017). Meanwhile, it is one of the most dynamical regions full of varying oceanic processes and air-sea interactions in multi-temporal and spatial scales (Qiu, 2003; Taguchi et al., 2009; Xie et al., 2011; Jing et al., 2020; Joh et al., 2021; Yang et al., 2021), which exerts an important effect on PP and the process of carbon export (Takamura et al., 2010; Fassbender et al., 2017). Chlorophyll-a (Chl-a), as an important indicator of phytoplankton biomass, can reflect the production levels to a large extent (Antoine et al., 1996). The temporal and spatial variability of surface Chl-a concentration (SCC), therefore, acts as an important agent to estimate and predict the carbon fixation and associated export process in this special region.

The KE region spans from subtropical to subpolar gyres of the NWP, leading to the pronounced variations in SCC from sub-seasonal to seasonal scales as revealed by the decade-long accumulation of satellite-oriented ocean color data. The SCC at lower latitudes of the KE region generally only peaks in late winter or early spring (i.e., SCC unimodality, Yoo et al., 2008), which is predominantly determined by nutrient availability. At higher latitudes, the combined effect of the nutrient and light leads to the spring and fall blooms of SCC (i.e., SCC bimodality, Kim et al., 2007; Yoo et al., 2008; Matsumoto et al., 2014; Yu et al., 2019). The diagram of seasonal change in the nutrient and light availability has been schematically described to shape the unimodality/bimodality of SCC (Lalli and Parsons, 2004), but our knowledge of their transition latitudes and the quantitative role of the nutrient and light in this specific region is fragmented. Moreover, although numerous studies have explored the relationship between phytoplankton growth and nutrient and/or light availability at species and community levels, it is still difficult to extrapolate these theories and equations to large-scale oceans, where various factors, e.g., the lag effect of light on sea water temperature and isopycnal heaving induced by upwellings, can affect the large-scale responses of phytoplankton (Bindloss, 1976; Le et al., 2022).

Apart from the unimodality/bimodality of SCC in the KE region, the magnitudes and time of fall blooms at higher latitudes are of vital ecological impact, mainly impacting fisheries (Zhang et al., 2000; Friedland et al., 2009) and biogeochemical cycles (Honda and Watanabe, 2010). For lack of knowledge on the quantitative contributions of environmental factors, it is also difficult to explain the emergence latitudes of the fall bloom, as well as the misalignment with the transition zone Chl-a front defined as 0.2 mg/m3 SCC (Polovina et al., 2001), as shown in  Figure 1 . With the ongoing global warming, the seasonal cycles of SCC and PP in the KE region may be inevitably influenced by the changing environmental backgrounds, such as the shifting of the KE axis and the strengthening of upper ocean stratification (Coma et al., 2009). In this regard, it is necessary to figure out the combined effects of nutrient and light in a quantitative way to better predict the future responses of SCC and the carbon cycle to climate change.

 

Figure 1 | The standardized seasonal cycle of SCC in the KE region. The seasonal cycles of SCC, derived from the monthly averaged data from 2003 to 2018, are plotted within a bin of 2×1°. Colored shadings represent the multi-year-averaged SCC, and the transition zone (i.e., 0.2 mg/m3 contour) is denoted as the bold orange line. The unimodality and bimodality of SCC are indicated by red and blue lines, respectively, and the boundary of them as the bold purple line. 



To better understand the quantitative role of the nutrient and light on the regulation of SCC and the future changes of SCC seasonal cycles, we have used 16-year remote sensing data to map the spatial pattern of the SCC seasonal cycle and identify the boundary between bimodal and unimodal variations of SCC in the KE region. The different roles of the nutrient and light in regulating the seasonal variations of SCC have been qualitatively assessed using a mathematically-oriented regression model. The mechanisms accounting for the latitudinal-dependent emergence of SCC seasonal blooms have also been explored. With this model, we provided insights into the switch pattern between bimodality and unimodality of SCC in mid-latitude oceans.


 2 Data

In this study, SCC data were derived from merged multi-sensor satellite remote sensing ocean color observations data in Copernicus Marine Environment Monitoring Service (CMEMS). Level-4 monthly averaged SCC data with 4 km spatial resolution between January 2003 and December 2018 in the KE region (25°N to 41°N, 136°E to 165°E) were used to explore its spatial and temporal variations.

The variations of Nitrate (N) concentration and photosynthetically available radiation (PAR) were used to determine the dominant factors of the SCC seasonal cycle. Due to the limited observation data of seawater N concentration, we employed the PISCES biogeochemical model output of monthly N (mg/m3) in CMEMS Level-4 datasets with 0.25° spatial resolution, and we chose to utilize 0.5m-layer N extracted from 75 levels to be consistent with other variables in depth. Daily and monthly PAR (Einstein/m2·day) data with 4 km resolution were derived from the MODIS-Aqua satellite observations on the National Aeronautics and Space Administration Ocean Color website by Ocean Biology Processing Group (Frouin et al., 1989). Since this study mainly aims to reveal the overall pattern of SCC in the KE region, we used a 1-degree average of SCC data to minimize the mesoscale effect on our result.

In addition, the daily SCC data with a high spatial resolution (0.25×0.25°) derived from the CMEMS model were also used to investigate the lead-lag relationship between SCC and N/PAR. Here, temporal linear interpolation was utilized to fill in the missing values of daily PAR data. The daily optimum interpolation SST (°C) data with 0.25° spatial resolution were obtained from National Oceanic and Atmospheric Administration (NOAA). All daily data spanned from the first day of 2012 to the last day of 2013. Details of data sources are shown in  Table 1 .

 Table 1 | Description of data used in the study. 




 3 Results

 3.1 Seasonal cycle of SCC

The bimodal/unimodal features of SCC at higher/lower latitudes have been introduced, which are characterized by a coarse zonal boundary at approximately 32°N ( Figure 1 ). To better characterize the month of peaks and valleys at different latitudes, as well as the accurate emerging latitudes of SCC bimodality, we used high-resolution SCC data in the subsequent analysis.

The primary and secondary peak (valley) months are defined as the months when SCC reaches the highest (lowest) value in each season. Generally, the magnitude of spring blooms is larger than fall blooms in the region of SCC bimodality, so the peak occurring from February (August) to July (January) is denoted as primary (secondary) peak. The single peak during a year, usually blooming in early winter in the region of SCC unimodality, is only regarded as the primary peak. The primary (secondary) valley, which usually occurs from May (November) to October (April), can be identified accordingly right after the previous peak.

The spatial pattern of peak/valley months of SCC in the KE region is shown in  Figure 2 , from which we can easily identify the geographical boundary between the bimodal and unimodal SCC seasonal cycles. It should be noted that, in the KE region, the occurrence of each peak is not synchronous, characterized by up to five (three) months delay as the latitude gets higher (lower) for the primary (secondary) peak. For the primary peak, SCC tends to peak from February to May with the increasing latitudes gradually. Concerning the secondary peak, it displayed an opposite pattern that the occurrence time lags gradually as the latitude gets lower, roughly in late fall and early winter. Unlike the peak, the month of primary (secondary) valley is almost synchronous, occurring in August/September (January). The potential controlling mechanisms of these phenomena will be discussed later.

 

Figure 2 | Peak and valley months of SCC seasonal cycle in the KE region. 



The above features are similar to the result of Obata et al. (1996), who used Coastal Zone Color Scanner (CZCS) data and defined the bloom time as the month when the pigment concentration doubled compared to the previous month. Differently, in our study, we defined blooms as the peak value point of SCC in each season to avoid swelling caused by occasional processes like typhoons and eddies. Regarding the meridional variation of bloom months, the previous study has noted such a pattern but only analyzed the primary peak, while the zonal difference of SCC peak months was not captured as well (Siswanto et al., 2015). Here we have found that about half of the KE region is characterized by bimodal SCC seasonality. A more accurate characterization of the secondary peak has been formed based on the latest satellite observations available and the northward shifting feature of secondary peak months has been revealed as the longitude increases.


 3.2 Regression model

To better understand the above-mentioned features and explicitly identify the role of decisive factors, we proposed a simple regression model to reconstruct the seasonal cycle of SCC. Here, only two key factors, N and PAR, were selected as the input, and their seasonal cycles are shown in  Figures 3A, B . It is worth noting that the impact of temperature was ignored in this model, not only because it is shown to be less important in regulating the spatial-temporal variations of SCC compared with nutrients and light based on the basin-scale model results (Wang et al., 2009), but also the temperature-growth relationship could be overestimated by laboratory experiments, as the dominate phytoplankton community in natural conditions could adapt better to the ambient temperature at large scales (Sherman et al., 2016). Also, there is a strong co-variation between temperature and PAR/N through heating and stratification. This co-variation makes the effects of temperature inseparable, going against the fundamental principle of independence in linear regression. The effects of PAR were categorized as direct and indirect ones, which represent biological and physical effects, respectively. In this model, we focused on the direct effect of PAR that is independent of N.

 

Figure 3 | Seasonal cycle of (A) N, (B) PAR in the surface layer, (C) PAR in the mixed layer, and (D) Mixed Layer Depth. 



A series of previous laboratory studies have formulated the nutrient- and light-dependent functions of growth rate or phytoplankton biomass to separate the effects of each single factor. Classical models consider growth rate as an asymptotic function of N. Specifically, the growth rate increases with N before gradually reaching a saturation value (Monod, 1942; Droop, 1973; Morel, 1987). Phytoplankton biomass as a function of N can be calculated by the definition of growth rate as a Logistic growth equation in Eq. (1) (Tsoularis and Wallace, 2002):

 

where µ is the growth rate, B and K are biomass and the maximal population size at carrying capacity, and t is the time. Considering the time duration dt stays unchanged and that the growth rate matches well with the Michaelis-Menten equation ( Figure 4A ), the integration in time is shown in  Figure 4B . It is worth mentioning that N is a limiting nutrient in most open oceans (Sambrotto et al., 1993), hence the phytoplankton biomass exhibits an exponential relationship with N. With regard to PAR-related biomass, a classical function can be constructed based on the relationship that phytoplankton biomass increases and then decreases along with the intensification of light (Ryther and Menzel, 1959; Steele, 1962; Platt and Gallegos, 1980), as shown in  Figure 4C .

 

Figure 4 | Schematic graph of (A) growth rate, (B) phytoplankton biomass as a function of N concentration according to Michaelis-Menten equation and (C) phytoplankton biomass as a function of light intensity with Steele equation. The bold lines represent multi-year averaged range of N and PAR in x-axis. 



As is shown in  Figures 4B ,  C , it is a reasonable and simple way to describe the relationship between phytoplankton biomass (indicated by SCC) and N/PAR with quadratic equations in the form of y = a(x–b) 2 + c. Before we established the model, all variables were averaged into a box of 1×1°, and then a base-10 logarithm was applied to SCC and N. Each variable was finally normalized in a range of 0 and 1 (noted as N', PAR' and SCC'). It should be noted that N'=0/PAR'=0 (N'=1/PAR'=1) is the lower (upper) bound of N/PAR. Here we proposed two dependent functions, f(N) and g(PAR), which represent the response of SCC to N and PAR, respectively. To better reveal the relative importance of each factor, these two functions are represented as follows ranging from 0 to 1 ( Figure 5 ):

 

Figure 5 | Normalized SCC responses to (A) N and (B) PAR. 



 

 

The selection of specific coefficients in Eq. (2) was based on the statistical relationship between SCC' and N' by fitting all these data we used in our model with the quadratic equation y = a(x–b) 2 + c, and that of Eq. (3) was based on the statistical relationship between SCC' and PAR' –1 data with the same equation. In the function of g(PAR), it is more effective to reproduce the seasonal cycle of SCC' as we use the PAR' one month in advance (i.e., PAR' –1, Lag=1), which will be discussed later.

To further identify the role of N and PAR at different latitudes and their relationship with the diverse seasonal cycles quantitatively, a regression model was adopted to reconstruct the SCC annual cycle at different latitudes, based on the two functions above:



where k1 , k2 , and b are constants only dependent on latitudes, obtained from curve fitting at designated latitudes ranging from 25°N to 41°N. k1  and k2  represent the relative contribution of the nutrient and light to SCC', respectively. b is to adjust the SCC' seasonal cycle within an acceptable range between 0 and 1. Comparing the normalized seasonal cycle of observed SCC' shown in  Figure 6A , the regression model well reproduces the general features of seasonal cycles at different latitudes in both magnitude and phase with a high coefficient of determination R2 = 0.96 ( Figure 6B ). In particular, the model reasonably captures the peak and valley months, and the shift pattern of peaks as the latitude gets higher, as well as the transition latitudes from unimodal to bimodal seasonal cycles. If we use the concurrent monthly PAR' (Lag=0) as the input, as shown in  Figure 6C , the regression model fails to capture the characteristic of the bimodal pattern at higher latitudes. More discussions on this issue will be addressed in section 4.1.

 

Figure 6 | Seasonal cycle of (A) Observed SCC, (B) Reconstructed SCC using PAR and N with PAR one month ahead of SCC, (C) Reconstructed SCC with concurrent PAR, (D) Gradient of observed SCC and (E) Reconstructed SCC with concurrent PARg, at different latitudes. The seasonal cycles of SCC are generated by averaging the data from 2003 to 2018 between 143°E-165°E. 




 3.3 The relative role of N and PAR

To investigate the relative role of N and PAR at different latitudes, the relative values of coefficients k1  and k2  are shown in  Figure 7 , representing the weight of N and PAR in contributing to the seasonal cycles of SCC. As for N, it can be well identified that the relative contribution of the nutrient, i.e., k 1/(k 1+k 2), to the seasonal cycle of SCC moderates from subtropical to mid-latitudes, and stabilizes relatively north of 35°N. Whereas PAR follows an opposite pattern. It should be emphasized that the crossing latitude of these two curves, as shown in  Figure 7 , resides at approximately 31.6°N, where the relative contributions of the nutrient and light are equally important. The crossing latitude is close to the mean boundary between unimodality and bimodality roughly at 32.1°N in  Figure 2 .

 

Figure 7 | Relative values of coefficients as a function of latitudes. The bold lines indicate the relative values of coefficients derived from multi-year averaged seasonal cycles at different latitudes. The shading areas denote the standard deviations of coefficients calculated from the seasonal cycle of each year at different latitudes. 



To further explain the emergence latitudes of bimodality and their northward shifting pattern as the longitude gets higher, the regression model was then applied to the seasonal cycles of SCC at different longitudes. It is shown in  Figure 8  that the general features of relative contributions from N and PAR are similar at different longitudes. However, the crossing latitude moves northward in a wavy manner, which indicates the gradual dominance of N in forming the seasonal cycle of SCC.

 

Figure 8 | Relative values of coefficients as a function of latitudes at (A) 143°E, (B) 146°E, (C) 149°E, (D) 152°E, (E) 155°E, (F) 158°E, (G) 161°E and (H) 164°E. The bold lines indicate the relative values of coefficients derived from multi-year averaged seasonal cycles at different latitudes. The shading areas denote the standard deviations of coefficients calculated from the seasonal cycle of each year at different latitudes. 



The rough coincidence of the crossing latitude from the model and the emergence latitude of the fall bloom from observations implicates the hidden role of N and PAR in setting up bimodality of the SCC seasonal cycle. To confirm this relation, we further calculated the two boundaries and found a close relationship between them with a correlation over 0.7 ( Figure 9 ). Therefore, the emergence of the fall bloom (i.e., secondary peak) can be explained as a critical state where N and PAR contribute equally to the seasonal cycle of SCC in this model.

 

Figure 9 | The modelled crossing latitude and the observed boundary between bimodality and unimodality at different longitudes. 





 4 Discussion

 4.1 The lag effect of PAR in the regression model

The seasonal cycle of SCC has been simulated by a variety of models, either simple or complex, to study the controlling factors of SCC variations. However, most of these models have involved multiple factors but still have not well reproduced the magnitude and the phase of fall blooms. Without considering the one-month lag effect of PAR, we also met a similar problem as reported in previous studies (Kim et al., 2007; Xiu and Chai, 2012), i.e., the seasonal cycle of SCC is not properly simulated especially at higher latitudes (recall  Figure 6C ), which illustrates that the phase difference between PAR and SCC (termed as the lag effect of PAR on SCC) might be decisive in simulating seasonal cycles across varying latitudes. The phase difference has also been found to be several days long in the nearshore regions (Trombetta et al., 2019; Moradi, 2020), but little is known about the month-scale lag effect in open oceans.

To understand the reason for the inadequate representation of the SCC seasonal cycle by using the regression model in  Figure 6C , we adopted a lead-lag correlation regarding the PAR and SCC to explore the lead-lag effects of physical and non-physical processes. Considering that the nonlinear lag effects might exist in the transition regions from unimodal to bimodal seasonal cycles, the northernmost (41°N) and southernmost (25°N) latitudes were selected, which are characterized with the most obvious lag and non-lag effects. The correlation between PAR and SCC involves many processes, among which physical processes can be understood as follows: PAR regulates SST via thermal heating, then SST regulates surface N through vertical stratification, and finally N regulates SCC. Suppose there are only physical processes, the integral of the lag time in the above three physical processes should be consistent with the lag time of total processes between PAR and SCC.

The actual consequences are as follows: At 25°N, the SCC varies concurrently with PAR, i.e. the lead-lag correlation is highest when the lag is 0 day ( Figure 10A ). Considering the physical processes mentioned above are synchronous as well ( Figures 10C, E, G ), PAR exhibits no lag effect on SCC at lower latitudes. At 41°N, as shown in  Figure 10B , PAR is about 105 days ahead of SCC. In terms of physical processes, however, PAR leads SCC only by 76 days, which is regarded as a linear superposition of the following lag time among the factors: (1) PAR leads SST by 58 days due to the required time of energy transfer from sunlight to seawater, (2) SST leads N by 13 days due to the mixing time for N entrainment, and (3) N leads SCC by 5 days due to phytoplankton growth ( Figures 10D, F, H ). These timescales are consistent with those of the general heating process lasting for about two months (Prescott and Collins, 1951) and the phytoplankton response to nutrient supply of about a week (Shi et al., 2012; Zhang et al., 2019). The resultant 29-day difference between total and physical processes implies that non-physical lag does exist, and we consider it as a biological process. Earlier in section 3.2, we mentioned that we focused on the biological effect of PAR which is independent of N, and only acts on SCC in our regression model. We further calculated the gradient of SCC ( Figure 6D ) which partly represents the growth rate, and found the gradient was one month ahead of SCC at higher latitudes. The response time of the growth rate to PAR is generally at a second or hour scale (Reynolds, 1990), and can be considered as a simultaneous process in our study. Therefore, this one-month biological lag between the growth rate and SCC likely accounts for the phenomenon that the bimodal SCC seasonal cycle is reproduced at higher latitudes only with PAR leading by one month.

 

Figure 10 | Lead-lag correlation result between (A), (B) PAR and SCC (C), (D) PAR and SST, (E), (F) SST and N, (G), (H) N and SCC, at 25°N (left module) and at 41°N (right module), black dash lines indicate the maximum correlation. 




 4.2 The effect of light changes in the mixed layer in the regression model

Mixed Layer Depth (MLD) is usually considered as a dynamic process that impacts SCC by modulating the vertical distribution of phytoplankton ( Figure 3D ). This mixture has the potential to redistribute the Chl profile, resulting in subsurface Chl-driven changes in SCC (Letelier et al., 2004; Xing et al., 2021). In this condition, Chl and N are quasi-homogeneous in the MLD (Kara et al., 2003; de Boyer Montégut et al., 2004). On the contrary, PAR has a rapid attenuation in the mixed layer. Therefore, we applied the USRGR model of Xing et al. (2022) to combine with the monthly diffuse attenuation coefficient at 490nm (Kd490) from MODIS-Aqua sensor and MLD data from BOA-Argo, to calculate the averaged PAR in the MLD (PARg,  Figure 3C ), aiming at illustrating the effect of PAR in the mixed layer in our model.

The result is shown in  Figure 6E , a bimodal seasonal cycle of SCC at higher latitudes can be reconstructed without a lag time, and thus it could be another explanation for the lag effect of PAR. In addition, we also analyzed the lead-lag correlation between PARg and SCC with PARg calculated with daily numerical-model MLD data from CMEMS, and found lag time between PARg and SCC in the total process was almost synchronous with that in physical processes at both lower and higher latitudes ( Figure 11 ).

 

Figure 11 | Lead-lag correlation result between (A), (B) PARg and SCC (C), (D) PARg and SST, black dash lines indicate the maximum correlation. 



However, the model using PARg performs not as well as the original model in winter and spring, partly because PARg is a function of MLD, which makes PARg unable to be independent of N, inconsistent with the fundamental principle of linear regression. In winter and spring, PAR is decisive to SCC and MLD varies sharply, leading to PARg being more related to N through MLD. Additionally, although the SCC data we used in our study were derived from merged multi-sensor satellite and monthly averaged, we cannot uncover whether these snapshots can represent Chl in the MLD, hence further studies are necessary to explore the relationship between satellite-derived Chl and average Chl in the mixed layer.


 4.3 The dominant role of N in determining the emergence of fall bloom

Our study has found that N is the primary factor that affects the emergence latitude of the fall bloom while PAR is suitable. At the same latitude, PAR generally changes little at different longitudes, while N decreases constantly moving forwards to the open ocean ( Figures 12A, B ). According to the result of our model shown in  Figure 8 , as it moves eastward, the relative role of N becomes stronger, consequently that of PAR becomes weaker, leading to the northward heading of the intersection of two lines. Another evidence is the overlap between the emergence latitude and the contour of N concentration of 10-1.2 mmol/m3 averaged during the fall season (from October to December) in  Figures 12A, B . Here we compared the boundaries identified by averaged seasonal cycles of the first five years (2003 to 2007) and the last five years (2014 to 2018), and found that the tendency of boundary coincides with that of 10-1.2 mmol/m3 N isoline, moving northward from 31.5°N to 32.4°N and 31.3°N to 32.2°N, respectively. The coincidence of position and tendency between boundary and N suggests that the fall blooms are mainly triggered by the transportation of nutrients from the deep layer to the upper ocean when light is still suitable, consistent with the conclusion of the previous study (Obata et al., 1996). This is different from spring blooms triggered by light intensification when nutrients are still available. In the east of the KE region, the circumstance is similar to that in the lower latitude region: N dominates the seasonal cycle of SCC when it is in short supply, therefore the phenomenon of bimodality in the west and unimodality in the east exists at the same latitude around the boundary, determining the southwest-northeast direction of fall bloom latitudinal boundary.

 

Figure 12 | Emergence boundaries of fall blooms and averaged surface 10-1.2 mmol/m3 N (broken black line) in fall (October-December) averaged during (A) 2003 to 2007, (B) 2014 to 2018, the emergence latitudes of the fall bloom (solid line), and averaged surface N in fall (shading), and (C) the comparison between three boundaries, broken lines indicate average latitude of each boundary. 



Combing the light-controlled spring bloom result with our nutrient-dominant fall bloom result, we can explain the phenomenon in  Figure 2  that primary (secondary) bloom starts later (earlier) as the latitude gets higher. As shown in  Figure 13 , we used Hovmöller diagrams to describe the changes of representative PAR or N isoline with latitude and month. In spring, the isoline PAR=39 Einstein/m2·day delays as latitude increases, leading to bloom time varying from February to May in succession. On the contrary, in fall, the N=10-1.2 mmol/m3 isoline advances as latitude increases, leading to bloom time varying from December forward to October.

 

Figure 13 | (A) PAR and (B) N varying with latitudes and months. Color represents the values of PAR and N, the broken lines indicate isoline PAR=39 Einstein/m2·day and N=10-1.2 mmol/m3, respectively. 




 4.4 Prediction of the SCC change and its potential effect

Under the context of global warming, we have reckoned the tendency of SCC in the KE region on the basis of the conclusions drawn above. It is generally supposed that global warming has an uncertain effect on PAR that consists of both a boost from positive feedback (Loisel et al., 2012) and an offset from opaque types of clouds (Bala et al., 2011), while N in the upper ocean is almost certainly lower due to the enhanced stratification (Behrenfeld et al., 2006; Polovina et al., 2008; Thomas et al., 2017). Excluding the fluctuations of PAR, we only concentrated on the probable consequences of decreased N in the upper layer in the global warming scenario.

The first effect is the magnitude of SCC. The magnitude of SCC would become lower in lack of N for the whole year. In the previous study, it has been found that increasing SST would weaken the mixing process, leading to an obvious decrease of N and SCC in the surface layer (Watanabe et al., 2005). In section 4.1, we found that physical responses are swifter at lower latitudes than at higher latitudes, therefore, the decrease of SCC is exacerbated due to the rapid response of a thin mixed layer here. As for the fall bloom, its magnitude might not be decided by the spring bloom because the consumption in summer is also crucial (Mikaelyan et al., 2017). Secondly, the emergence boundary of fall blooms would move northward according to our results, considering that the general decrease of nutrients has the potential to broaden nutrient-limited regions, which has been substantiated by previous studies that the area of least productivity has expanded by 0.9% per year from 1998 to 2018 (Meng et al., 2021), and up to 2.2% per year from 1998 to 2006 in the oligotrophic gyre of North Pacific (Polovina et al., 2008). In our study, we also found a northward movement of the boundary at a rate of 8.3 km per year approximately in  Figure 12C , with averaged SST increasing from 20.9°C, 21.0°C to 21.2°C. The increasing SST intensified stratification, depressed surface N, and led to a northward movement of N isoline. Due to the dominant role of N isoline in the emergence boundary of fall blooms, the boundary moves northward correspondingly.

The change in the magnitude and the coverage of fall blooms have the potential to influence air-sea carbon exchanges, according to the seasonal distribution of averaged surface water-atmospheric partial pressure difference (ΔpCO2) from 2003 to 2016. In general, the seasonal cycle of ΔpCO2 in the KE region is closely associated with SST, MLD, and biological activities (Ishii et al., 2014). As shown in  Figure 14 , phases and seasonal features of ΔpCO2 are similar to those of SCC with bimodality and unimodality at higher and lower latitudes. This implies the key role of the biological effect in regulating ΔpCO2 in this region. Moreover, the carbon sink might be less efficient due to not only the decrease of dissolved inorganic carbon, but also the northward movement of the boundary and the consequent contraction of fall carbon sinks under the context of global warming. Meanwhile, substantial and high-resolution ΔpCO2 data is further needed to investigate the change of emergence latitude.

 

Figure 14 | The averaged seasonal cycle of standardized surface oceanic-atmospheric partial pressure difference (blue and orange) and SCC (green) from 2003 to 2016, orange (blue) color means ΔpCO2<0 (ΔpCO2>0) and ocean serves as a carbon source (sink). 





 5 Summary

In this study, we have investigated the seasonal cycle of SCC at different latitudes in the KE region and explored the impacts of two fundamental factors, N and PAR, on the unimodal-to-bimodal switching latitudes with both the remote sensing data and numerical data. We have found that bimodal and unimodal peak seasonal cycles exist at higher and lower latitudes respectively. It is found that the month of primary bloom delays northward from February to May but that of secondary bloom delays southward from October to December, which can be explained by the isoline of PAR and N respectively. SCC generally reaches the minimum in August in the whole region and the second minimum in January in the region with double peaks. To demonstrate the effect of the nutrient and light on SCC, we reconstructed SCC with a mathematical model, which can generally reveal the features of seasonal cycles at different latitudes. The coefficient analysis of N and PAR in the model shows that N dominates the seasonal cycle of SCC at lower latitudes while PAR dominates that at higher latitudes. The comparable contribution of N and PAR to SCC variations, which is represented as the boundary between bimodality and unimodality, shows a northward moving characteristic with increasing longitude (31.5°N-33.5°N approximately). We categorized the impacts of PAR on SCC as physical and biological processes, and the contribution of each process differed regionally. Especially, there is about a 30-day lag time induced by biological processes at higher latitudes but no obvious lag time at lower latitudes. Apart from the light-induced change in the extent of ocean stratification, light attenuation within the mixed layer and the interval between growth rate and SCC peak contribute to modulating the lag phase of reconstructed SCC. The well-constructed model that elucidates the pattern of the SCC seasonal cycle can help us better evaluate the changes of air-sea carbon exchanges and associated carbon export in the KE region, characterized by an important carbon sink, especially in the context of intensified global warming.
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Ocean-derived dimethyl sulfide (DMS) is widely concerning because of its hypothesized influence on global climate change. This study aims to explore the distribution characteristics and influencing factors of DMS and partial pressure of carbon dioxide (pCO2) in the Northwest Pacific Ocean, as well as the potential relationship between DMS and pCO2. A high-resolution, underway, shipboard measurement device was used to determine the DMS and pCO2 of the surface seawater and atmosphere in the Northwest Pacific and its marginal seas during November 2019. The result show that atmospheric and surface seawater DMS concentrations ranged from 3 to 125 pptv and 0.63 to 2.28 nmol L-1, respectively, with mean values of 46 ± 19 pptv and 1.08 ± 0.34 nmol L-1. The average sea surface pCO2 was 371 ± 16 μatm (range from 332 to 401 μatm). The trends in the surface seawater DMS in different current systems were primarily associated with phytoplankton abundance and composition. Biological activity and physical processes such as cooling jointly influenced the sea surface pCO2. A cold eddy along the transect in the Northwest Pacific Ocean increased DMS at the sea surface by 10% and CO2 uptake by 3%. We found a significant negative correlation between DMS and pCO2 in the Northwest Pacific Ocean at the 0.1° resolution [DMS]seawater = -0.0161[pCO2]seawater + 7.046 (R2 = 0.569, P < 0.01). The DMS and pCO2 sea-air fluxes were estimated to range from 0.04 to 25.3 μmol m-2·d-1 and from -27.0 to 4.22 mmol m-2·d-1 throughout the survey area. The Northwest Pacific Ocean, especially the Oyashio Current, is an important sink of CO2 and a source of DMS.




Keywords: dimethyl sulfide, pCO2, shipboard underway measurements, sea-air flux, Northwest Pacific Ocean



1 Introduction

Dimethyl sulfide (DMS) is the most important volatile biogenic sulfide in the ocean and its sea-air flux is estimated to be ~ 27.1 Tg·S·a-1 (Hulswar et al., 2022). DMS in the ocean is mainly produced by certain marine algae and by bacteria though the cleavage of the precursor compound dimethylsulfoniopropionate (DMSP) (Stefels et al., 2007; Todd et al., 2007; Alcolombri et al., 2015). More than 95% of the DMS in the atmosphere is released from the ocean (Kettle and Andreae, 2000). Atmospheric DMS can be rapidly oxidized by free radicals (Glasow and Crutzen, 2004). The produced DMS oxidants enhance the production of atmospheric sulfate aerosols, which can act as of cloud condensation nuclei (CCN) and regulate surface solar radiation, creating a negative feedback mechanism that counters the global greenhouse effect (Charlson et al., 1987; Gabric et al., 2004). Since the Industrial Revolution, human activities have rapidly increased the atmospheric CO2 concentration from 280ppm to 418ppm at present (Global Monitoring Laboratory - Carbon Cycle Greenhouse Gases (noaa.gov)), driving global warming and ocean acidification (Caldeira and Wickett, 2003; Allen et al., 2009; Landman, 2010). DMS concentrations in seawater are sensitive to ocean acidification (Mélançon et al., 2016; Gao et al., 2021), and because the carbon and sulfur cycles are both heavily influenced by phytoplankton activity, it is likely that the two cycles are closely linked (Suess, 1980; Chisholm, 2000; Riebesell et al., 2007; Mélançon et al., 2016; Dani and Loreto, 2017).

The Northwest Pacific Ocean is one of the most productive regions in the global ocean and an important global carbon sink (Honda, 2003; Takahashi et al., 2009; Friedlingstein et al., 2022). Under the influence of the strong western boundary current, the Northwest Pacific Ocean contains an abundance of dynamic marine processes, complex ecosystems, active biological processes, and strong exchanges of matter and energy at the air-sea interface (Sakurai, 2007; Hu et al., 2015; Karl and Church, 2017; Schlundt et al., 2017). The southward Oyashio Current of the subpolar gyre transports cold, low salinity, and nutrient‐rich water from high latitudes to low latitudes where it, meets the warm, high salinity, and nutrient‐deficient Kuroshio Current off the east coast of Japan, forming the Kuroshio-Oyashio Confluence Region (KOCR) (Mitsudera et al., 2004). Furthermore, the Northwest Pacific Ocean, especially the Kuroshio Extension Region, is one of the most active regions in terms of mesoscale eddies in the global ocean (Qiu and Chen, 2010; Xi et al., 2018). Mesoscale eddies are crucial to the vertical transport and horizontal distribution of nutrients (Vaillancourt et al., 2003) and can create quasi-enclosed mesoscale ecosystems with distinct features which have powerful influences on the distributions of dissolved active gases (Zindler et al., 2014).

Shipboard, underway, high-resolution observation methods for pCO2 have become reliable and well-established (Pierrot et al., 2009), while the underway analysis methods for DMS are relatively underdeveloped. Despite this, high-resolution, shipboard, underway DMS measurement methods have recently been applied (Asher et al., 2015; Zhang and Chen, 2015; Kim et al., 2017; Zhang et al., 2019). Kim et al. (2017) used a membrane inlet mass spectrometer (MIMS) to analyze the horizontal distribution of DMS in the Amundsen Sea Polynya region. Wohl et al. (2020); Wohl et al. (2022) used a segmented flow coil equilibrator coupled to a proton transfer reaction mass spectrometer (EI-PTR-MS) to measure dissolved gases (e.g., DMS and isoprene) in the Southern Ocean and the Canadian Arctic. However, there were few studies on the DMS of seawater and atmosphere in the Northwest Pacific Ocean at present, and DMS data were relatively discrete (Figure S1) (DMS data of Northwest Pacific surface seawater was obtained from NOAA-PMEL DMS database, https://saga.pmel.noaa.gov/dms/). At present, only Zhang et al. (2017) reported the underway data of DMS in the East and South China Seas. In the absence of high-resolution field observation data, the distribution characteristics and control mechanism of DMS at the air-sea interface in the Northwest Pacific Ocean are still not well understood. This is not conducive to accurately estimating the sea-air flux of the Northwest Pacific DMS. This variation in the DMS flux will in turn be used to force models of atmospheric sulfur to derive sulfate aerosols (Chin and Jacob, 1996) and their radiative forcing (Meehl, 1996).

Considering the massive amount of CO2 data in the surface Ocean CO2 Atlas database (https://www.socat.info/) and the inadequacy of DMS data in the Northwest Pacific Ocean from the NOAA-PMEL DMS database, it would be of immense value to establish a reliable indicator for DMS using pCO2. In this study, In this study, GC coupled with a custom-made purge and trap device (Zhang et al., 2019) was used to realize the underway observation of DMS. We performed high-resolution surface seawater DMS and pCO2 measurements in the Northwest Pacific Ocean in November 2019 to examine the factors driving the surface DMS and pCO2 distributions in different oceanic regions. The relationship between DMS and pCO2 in the Northwest Pacific Ocean was also examined in detail, providing a convenient method for predicting surface water DMS in the Northwest Pacific Ocean based on pCO2 data. We further calculated their sea-air fluxes to determine the source and sink patterns of DMS and CO2 in the surface ocean. It is also helpful to evaluate the impact of DMS release in the Northwest Pacific on global climate change.



2 Materials and methods


2.1 Description of the cruise

Continuous, high-resolution, underway measurements of DMS and pCO2 in the surface seawater and atmosphere of the Northwest Pacific Ocean were taken on board the R/V “Dongfanghong 3” from 1 November to 29 November 2019. The research vessel crossed the Osumi-kaikyo straight to reach the Northwest Pacific Ocean and then followed a transect along the longitude of approximately 150°E southwards to the southernmost point (13° N) of the cruise. The sampling transect crossed many dynamic oceanographic features, including the Kuroshio Current, Kuroshio Extension, Oyashio Current, North Pacific Subtropical Gyre, and North Equatorial Current (Figure 1). To further investigate the distributions and influencing factors of DMS and pCO2, more thorough discrete sampling was performed every 1° along the 150° E transect. Fortunately, the ship passed through a cold eddy on November 3, which clearly had a great impact on the area and provided a convenient example of the influence of mesoscale eddies on active gases. At the same time, the biochemical parameters such as temperature, salinity, dissolved oxygen (DO), and chlorophyll a (Chl-a) were measured in the surface waters.




Figure 1 | Track of the sampling cruise (R1 to R5) and the major surface currents (solid black arrows) in the Northwest Pacific Ocean (OC: Oyashio Current; KE: Kuroshio Extension; KC: Kuroshio Current; TWC: Tsushima Warm Current; YSWC: Yellow Sea Warm Current; NEC: North Equatorial Current; R1: shallow marginal sea region (SMSR); R2: North Pacific Subtropical Gyre (NPSG); R3: Kuroshio-Oyashio Confluence Region (KOCR); R4: OC region (OCR); R5: NEC region (NECR)).





2.2 Underway measurements


2.2.1 DMS

DMS was determined using a gas chromatograph-flame photometric detector (GC-FPD, 7890B, Agilent Technologies, USA) coupled with a custom-made purge and trap device (Zhang et al., 2019). The analysis process was automated for both seawater and atmospheric samples. Surface seawater samples were collected from the ship’s seawater pump system at a depth of 5 m. The air sampling location was located at the vessel’s bow approximately 10 m above the sea surface to avoid contamination from the ship’s exhaust.

Surface seawater was continuously refreshed through a 5 ml sample loop. Seawater from the sample loop was pushed by flowing high-purity nitrogen (35 ml min-1) into an extraction chamber and purged for 5 min. The purged seawater DMS samples were dehydrated using Nafion drying tubes (Perma Pure, USA) and captured in a trap tube (below -15 °C) filled with Tenax-TA (80 mesh, Supelco, USA). At the same time, atmospheric DMS samples were dehydrated and captured in another trap tube for over 3.5 min at the sampling rate of 100 ml min-1. The trap tubes were heated to over 150 °C and the DMS was carried by N2 into GC-FPD for measurement. The analysis system was calibrated daily to examine the stability of the instrument during the cruise using a certified gas calibration standard (Dalian Special Gases Co., Ltd, China; nominal volume mixing ratio of 1 ppmv for DMS). The relative deviations of the calibration peak areas were typically within 6% of each other. To prevent biofouling, the water tubes and purge vessels were cleaned daily. The large volume of nitrogen purging may cause oxygen depletion in the seawater sample and additional DMS emission in the purging bottle (Omori et al., 2013). Therefore, our results of DMS measurements were possibly slightly higher than those in seawater. However, we believe that these errors are acceptable in field observation given the description by Zhang and Chen (2015).


2.2.2
pCO2

An infrared ray detector (LI-COR Model LI-7000, Lincoln, USA) based underway pCO2 measuring system (Model 8050, General Oceanics Inc., USA) was installed onboard for the underway automatic measurements of pCO2 in surface seawater and atmosphere (Pierrot et al., 2009). Calibration was performed using CO2 standard gases from the National Research Center for Certified Reference Materials, China (NRCCRM) with concentrations of 0, 200, 400, 600, and 1000 ppmv (CO2/N2). The sampling frequency of the system was about 3 min and the system was calibrated every 2 ~ 2.5 h. The accuracy was estimated to be better than 0.1 μatm for atmospheric pCO2 and 2 μatm for seawater pCO2. The pCO2 observations ( ) were corrected for pCO2 in the equilibrator (  ) as follows:

	

where peq represents barometric pressure at equilibration at the measured temperature; and pH2O represents the saturated water vapor pressure, calculated according to the equilibrium temperature and in-situ salinity (Weiss and Price, 1980), the calculation formula is as follows:

	

where Teq is the temperature in the equilibrator; and S is the seawater salinity. Finally,   was converted into in-situ pCO2 (  ) by correcting for temperature using the equation from Takahashi et al. (1993):

	

where, SST is sea surface temperature measured by the temperature sensor installed at the ship’s surface seawater intake. This correction accounts for temperature changes in samples as they transit through the supply lines.



2.2.3 Other hydrographic parameters

Sea surface temperature (SST), sea surface salinity (SSS), Chl-a, and dissolved oxygen (DO) were monitored continuously with a sampling interval of 1 min by the shipboard underway surface multielement measurement system (Seabird Corporation, USA). Underway Chl-a and DO data were linearly validated using the field-measured Chl-a and DO in discrete seawater samples taken from the same seawater sampling source as for the DMS and pCO2 measurements. Meteorological data, including air temperature, pressure, and wind speed were measured from a meteorological observation instrument (approximately 20 m above sea level) located on the compass deck of the ship. All hydrographic and pCO2 data along the cruise track were averaged into 10 min bins and matched with DMS data according to time. Monthly mean sea level anomaly and geostrophic currents were calculated based on daily satellite-observed sea surface heights data from Copernicus Marine Environment Monitoring Service (CMEMS) accessed at https://resources.marine.copernicus.eu/product-detail/SEALEVEL_GLO_PHY_L4_MY_008_047/DATA-ACCESS.




2.3 Discrete sampling and analysis

Discrete seawater samples were obtained using 12 L Niskin bottles mounted on a Seabird 911-plus conductivity-temperature-depth (CTD) rosette system (Seabird Corporation, USA), which simultaneously monitored the salinity and temperature of seawater. Samples for phytoplankton community analysis and Chl-a concentrations were collected, treated, and analyzed according to Zhang et al. (2022). Phytoplankton abundance is expressed as the number of phytoplankton cells per liter of seawater (cells L-1). DO samples were measured on board following the Winkler titration method (Hansen and Koroleff, 1999). DO saturation (DO% = [O2]obs/ [O2]eq × 100%, where [O2]obs is in-situ DO concentration, and [O2]eq is the concentration at equilibrium with the atmosphere) and apparent oxygen utilization (AOU = [O2]eq - [O2]obs) were also calculated (Benson and Krause, 1984). Discrete dissolved inorganic carbon (DIC), pCO2, and Revelle factor (RF) were calculated from the measured pHT, 25 and TA data, using CO2SYS v2.1 program (Pierrot et al., 2006), together with the in-situ temperature and salinity, and with the equilibrium constants of the carbonate acid K1 and K2 from Mehrbach et al. (1973) refit by Dickson and Millero (2007), the KHSO4 was from (Dickson, 1990), and the [B]T value from Uppström (1974), where pHT, 25 and TA data were obtained from Mou et al. (2022).



2.4 Estimation of sea-air flux

The sea-air fluxes (F, μmol m-2 d-1) of gases were generally determined using the bulk flux equation proposed by Liss and Merlivat (1986) as follows:

	

where k (units: cm h-1) is the gas transfer velocity; and Cw and Ca are the gas concentrations in surface seawater and marine atmosphere, respectively.

For DMS sea-air flux, the equation proposed by Liss and Merlivat (1986) was used:

	

where kDMS (units: cm h-1) is the gas transfer velocity of DMS; [DMS]w and [DMS]a are the surface seawater and marine atmosphere DMS concentrations, respectively, [DMS]w is usually several orders of magnitude higher than that [DMS]a and [DMS]a/H is often ignored; and H is the solubility of DMS in seawater, which varies with temperature and can be calculated using the following equation (Dacey et al., 1984):

	

The kDMS is parameterized using wind speed (U, m s-1) and the Schmidt number (Sc), according to commonly used equation (Nightingale et al., 2000) as follows:

	

where Sc for DMS can be calculated from the SST (°C) according to Saltzman et al. (1993).

For estimating sea-air CO2 flux (FCO2, mmol m-2 d-1), the equation is as follows:

	

where kCO2 (units: cm h-1) is the gas transfer velocity of CO2; KH (mol kg-1 atm-1) is the solubility of CO2 in seawater; and ΔpCO2 is the air-sea pCO2 difference. The kCO2 was calculated based on the Wanninkhof (2014) empirical function:

	

where Sc for CO2 was based on Wanninkhof (2014).

The wind speeds were measured at 20 m above sea level, and corrected for speeds at 10 m (U10) based on the logarithmic wind profile established by Hsu et al. (1994) and calibrated according to the speed of the ship’s passage:

	

where Ux is observed wind speed at 20 m; Zx and Z10 are heights of 20 m and 10 m, respectively; and p is set to 0.11 (Hsu et al., 1994).




3 Results and discussion


3.1 Oceanographic characteristics

The circulation features of the dominating surface current systems and the horizontal distributions of SST and SSS in the Northwest Pacific Ocean are shown in Figures 1, 2A, B. SST ranged from 13.99 to 29.64 °C, which was a wide range that illustrated the dynamic nature of the study region. The data were divided into five oceanic regions (i.e., R1 to R5) according to the characteristics of the sea areas and water masses using S-T data and the criteria established by Hanawa and Mitsudera (1987) (Figure S2). The marginal sea region with low SST and SSS, which was mainly affected by the Yellow Sea warm current (Yanagi and Takahashi, 1993), was designated R1. The North Pacific Subtropical Gyre (NPSG), designated R2, was oceanographically characterized by high temperatures and high salinity and mainly influenced by Kuroshio Current. The lowest temperature occurred in the Oyashio Current Region (R4, OCR), where the temperature was 16.26 ± 1.75°C on average, while the North Equatorial Current Region (R5, NECR) experienced the highest temperatures of any region, with an average SST of 29.43 ± 0.16°C. Strong latitudinal gradients in SST and SSS were present through the Kuroshio-Oyashio Confluence Region (Figure 3A, R3, KOCR), which may have been connected to the subarctic front formed by the convergence of the Kuroshio and Oyashio currents (Sugimoto et al., 2014).




Figure 2 | Horizontal distributions of underway (A) SST (°C), (B) SSS, (C) Chl-a (μg L-1), (D) DMSseawater (nmol L-1), (E)   (μatm), (F) n-pCO2 (μatm), (G) DMSair (pptv), and (H)   (μatm). Note that n-pCO2 was calculated using the formula n-pCO2 = pCO2 × exp [0.0423 × (29.5 - SST)]) following Takahashi et al. (2002), where n-pCO2 is the sea surface pCO2 when the temperature is normalized to the mean temperature of NECR (29.5°C).





3.2 Spatial distribution of DMS in surface seawater and its relationship with phytoplankton

The concentrations of DMS (Figure 2D) followed similar trends to those of Chl-a (Figure 2C), they both showed obvious gradients along the ocean front (Figures 3C, F), roughly matching the discrete nutrient measurements which exhibited cliff-like changes (Figure 3B). The mean concentrations of DMS and Chl-a were 1.08 ± 0.34 nmol L-1 (range: 0.63-2.28 nmol L−1) and 0.22 ± 0.24 μg L-1 (range: 0.04-1.60 μg L-1), respectively. It is worth noting that the observations from our cruise track filled in the gaps of previous observations in the same area during the same period (Figure S1). The concentrations of Chl-a and DMS in the five regions are summarized in Table 1. The average concentrations of Chl-a increased from 0.10 ± 0.06 μg L-1 and 0.05 ± 0.01 μg L-1 in the oligotrophic NPSG and NECR to 0.44 ± 0.21, 0.51 ± 0.15, and 0.86 ± 0.24 μg L-1 in the nutrient rich marginal sea, KOCR, and OCR. Meanwhile, the concentrations of DMS in the marginal sea, KOCR, and OCR were about twice than those in the NPSG and NECR. The highest DMS values occurred alongside the highest Chl-a levels in the OCR. The abundant nutrients of the Oyashio Current promoted the growth of phytoplankton in this area, which promoted the production and release of DMS. The concentrations of DMS in the NPSG and NECR were relatively low and did not exhibit significant change, which was related to the limited nutrient availability that restricted phytoplankton growth (Yasunaka et al., 2014; Lin et al., 2020; Wang et al., 2022). The Northwest Pacific Ocean is a significant contributor to the global DMS.




Figure 3 | Latitudinal change along the 150°E transect in November 2019 in (A) underway SST and SSS, (B) discreate  ,  ,  , and  , (C) underway DMSseawater, (D) underway  ,  , and n-pCO2; discreate DIC and pCO2, (E) underway DO, AOU and DO%; discreate DO and AOU, and (F) underway Chl-a, discreate Chl-a, ratio of diatoms to dinoflagellates, and phytoplankton abundance. Samples for discrete parameters were collected at each station.




Table 1 | SST, SSS, DO, Chl-a, DMSseawater, DMSair, pCO2 seawater, and pCO2 air levels in different regions.



We explored the relationship between the DMS and Chl-a in the Northwest Pacific Ocean (Figure 4B) and showed that there was a strong correlation between DMS and Chl-a in the surface seawater of the Northwest Pacific Ocean (Figure 4B), [DMS]seawater = 0.604[Chl-a]seawater + 0.834 (R2 = 0.658, P< 0.01). The discrete phytoplankton abundance of the three stations (P1: 40° N, P2: 39° N, and P3: 38° N) in the OCR were very high, reaching 7800, 33950, and 37000 cells L-1, respectively. However, the concentrations of DMS (P1: 1.91 nmol L-1, P2: 1.67 nmol L-1, and P3: 1.82 nmol L-1) did not change according to the increase of phytoplankton abundance (Figures 3C, F). In the OCR region, the dominance of diatoms increased from north to south (Figure 3F), with the ratios of diatoms to dinoflagellates at P1, P2, and P3 stations being 3.7, 6.0, and 14.8, respectively. However, diatoms are generally considered to be inefficient producers of DMS, the dinoflagellates contributed much more to DMS production (Liss et al., 1994; Stefels et al., 2007). This is why the high phytoplankton abundance in P2 and P3 stations did not correspond to extremely high DMS values. These results indicated that, in addition to phytoplankton abundance, the composition of the phytoplankton community also affects the distribution of DMS in the Northwest Pacific Ocean. The difference in phytoplankton community only existed between the OCR and other regions, which had little effect on the relationship between DMS and Chl-a in the whole survey area.




Figure 4 | Relationship between Chl-a (A, B) and pCO2 (C, D) with observed DMS concentrations. The data presented are means of (A, C) 1° and (B, D) 0.1° grids.



A strong cold eddy, which was accompanied by low SST and SSS, was observed where the cruise track crossed the Kuroshio large meander (Figures 5A, B). This indicated that the cold eddy might be mainly composed of the coastal water mass in southern Japan. The maximum differences in SST and SSS between the center of the cold eddy and the surrounding sea area were 2.9 °C and 0.83, respectively. Correspondingly, the DO increased from 205 ± 1 μmol Kg-1 outside the cold eddy to 215 ± 1 μmol Kg-1 inside the cold eddy. The seawater DMS concentrations increased slightly with the elevation of Chl-a along the path through the cold eddy (Figure 5B). In contrast to the Kuroshio waters, the Japanese coastal waters north of the Kuroshio have abundant nutrients that promote phytoplankton reproduction and DMS release. Meanwhile, surface seawater pCO2 decreased from 370 ± 1 ppm to 360 ± 3 ppm (Figure 5B). Coastal waters generally have lower DIC concentrations than the Kuroshio, which may be the cause of the low pCO2 (Ishii et al., 2001). Overall, the cold eddy increased DMS levels by 10% and the carbon sink intensity by 3%. These rapid changes in DMS levels occurred over a short time (under 0.5 h) and distance (about 9 km), and could not be observed by traditional sampling methods. The high-resolution underway measurements enhance the synchronous changes of DMS with various physical and biological parameters on small spatial scale features. These observations showed that, when estimating the DMS and CO2 air-sea budgets in the Northwest Pacific, the influence of eddies should be taken into consideration.




Figure 5 | Monthly mean sea level anomaly and geostrophic currents in the Northwest Pacific Ocean (A) and underway parameters (SST, SSS, DO, AOU, Chl-a, DMS, pCO2 and n- pCO2) through the cold eddy (B).





3.3 Distribution characteristics and controlling factors of pCO2

The surface seawater pCO2 in the study region ranged from undersaturated at 332 μatm to highly supersaturated at 401 μatm with an average of 371 ± 16 μatm, and showed a spatial distribution pattern similar to SST, with an abrupt drop occurring at 37° N at the Kuroshio front (Figure 2E). In addition, sea surface pCO2 (390 ± 4 μatm) was at or close to equilibrium with the atmosphere (392 ± 1 μatm) in the NECR. The sea surface pCO2 levels of the NPSG, KOCR, and OCR were 376 ± 9 μatm, 350 ± 9 μatm, and 341 ± 6 μatm. Along the 150°E transect, the pCO2 difference between seawater and air ( ) ranged from - 3 ± 12 μatm, - 22 ± 12 μatm, - 51 ± 13 μatm, and - 65 ± 5 μatm in the NECR, NPSG, KOCR, and OCR, respectively (Table 1). The surface seawater pCO2 was normalized to the mean temperature of the NECR (29.5 °C), and the changes in normalized pCO2 (n- pCO2, n-pCO2 = pCO2 × exp [0.0423 × (29.5 - SST)]) (Takahashi et al., 1993) was symmetric with the changes in in-situ surface pCO2 (Figures 2F, 3D) (Note that the average temperature in the NECR was selected as the normalized temperature, which was consistent with the NECR as the “starting area” when discussing the effects of pCO2 distribution below). The latitudinal variation characteristic of n-pCO2 was consistent with that of discrete DIC (Figure 3D), and the difference in n-pCO2 between NECR and OCR might be due to the DIC regional variation. In KOCR and OCR, low surface pCO2 corresponded to relatively high Chl-a and oversaturated DO (Figures 2C, E, 3D and E), indicating that biological activities (photosynthesis) partly induced DO addition and depleted sea surface CO2 (reduce pCO2).

The SST of the survey area had a 15°C change, which may have influenced the spatial distribution of pCO2. Therefore, to further reveal the controlling factors of surface seawater pCO2 distribution in the study area, we plotted the relationship between surface pCO2 and SST using the equation from Takahashi et al. (1993): pCO2 = 390 × exp [0.0423 × (SST - 29.5)], where 390 μatm is the mean surface pCO2 in the “starting zone”. In general, the latitudinal variation in surface pCO2 was roughly controlled by SST change, especially in the NECR where the surface pCO2 had a strong relationship with temperature (Figure S3A). In the NPSG, KOCR, and OCR, the surface pCO2 values were higher than the values forecasted based on SST (Figure S3A), demonstrating that non-thermal processes were elevating the surface pCO2. In other words, DIC concentrations were higher in those areas compared to NECR. In addition, the surface pCO2 in NPSG, KOCR, and OCR was lower than the atmospheric equilibrium pCO2, the process of sea-air exchange also increased their surface pCO2 (Figure S3B).

To quantify the regulators of latitudinal variation in  , from the “starting area” to the OCR, the decomposition of   can be expressed as follows according to Li et al. (2022):

	

where   and   were both 390 μatm in the starting zone, respectively. The  ,  , and   represent the contributions of cooling, biological activities, and atmospheric pCO2 changes to  , respectively, and   primarily indicates contributions of vertical mixing and air-sea exchange on  . Note that the effect of air-sea exchange on pCO2 in the Northwest Pacific is weak (Ishii et al., 2001; Li et al., 2022), and   can be understood to be mainly contributed by vertical mixing which brings CO2 (DIC)-rich waters from depth to the surface layer. The calculation method of each process contribution is shown in the supporting material. The results showed that   changed from 0 ± 2 μatm in NECR to -32 ± 22 μatm in NPSG to -97 ± 25 μatm in KOCR, and -173 ± 3 μatm in OCR, while the changes of   and   were not obvious (Figure S4 and Table S2). However,   values were 0 ± 2 μatm in NECR, 23 ± 17 μatm in NPSG, 62 ± 18 μatm in KOCR, and 132 ± 2 μatm in OCR, respectively. In summary, physical processes such as cooling and vertical mixing mostly influenced the latitudinal changes in  . In the Northwest Pacific, the OCR and KOCR acted as significant carbon sinks.



3.4 Relationship between surface DMS and pCO2

Although previous simulation of surface seawater DMS presented relatively high R2 (0.68 to 0.84) by using the mixed layer depth and Chl-a (Simó and Dachs, 2002), there are few practical data to construct this model, especially the data from the Northwest Pacific Ocean. In addition, the relative uncertainty in quantifying the annual mean concentrations of surface seawater DMS in temperate regions was up to 50% (Belviso et al., 2004). The empirical equation of sea surface DMS in the North Pacific Ocean was constructed using SST, sea surface nitrate (SSN), and latitude (Watanabe et al., 2007). However, due to the lack of observation time series of DMS and other hydrological parameters (especially SSN), the algorithm may be difficult to be applied to future DMS prediction. A comparison of the time series for DMS and pCO2 showed that they tended to exhibit opposing trends (Figures 2D, E). Tortell et al. (2012) and Zhang et al. (2017) compared DMS concentrations and pCO2 in surface seawater and observed a large range of negative correlations (r value ranged from -0.03 to -0.73) in the Southern Ocean, but they were never tested in the Northwest Pacific Ocean. The n-pCO2 could be used as an indicator of net community production (NCP) when the effects of vertical mixing and air-sea gas exchange were negligible (Kameyama et al., 2014), and previous studies also found a good correlation between DMS and NCP (Kameyama et al., 2013). However, our results indicate that vertical mixing was an important factor affecting pCO2 distribution in the Northwest Pacific Ocean (Section 3.3). The NCP calculation process limited the application of this method in a wide range, especially in areas with deep water upwelling, such as OCR.

We explored the relationship between the DMS and pCO2 in the Northwest Pacific Ocean, and plotted DMS concentrations against pCO2 for the 1°-grid and 0.1°-grid mean data sets (Figure 4). There was a significant negative correlation between DMS and pCO2 for both the 1°-grid data set ([DMS]seawater = -0.0183 × + 7.877, R2 = 0.663, P< 0.01, Figure 4C) and 0.1°-grid data set ([DMS]seawater = -0.0161 ×   + 7.0, R2 = 0.569, P< 0.01, Figure 4D). The consistency of the slopes and intercepts between data sets at different spatial resolutions suggested that the influences of controlling factors such as SST, sea-air exchange, and biological activity were consistent over different spatial scales. In the surface seawater of the Northwest Pacific Ocean, the DMS concentration and SST exhibited a significant negative correlation (r = -0.744, p<0.01, Table S1), while there was a significant positive correlation between pCO2 and SST (r = 0.847, p<0.01, Table S1). SST inversely affected the surface ocean DMS and pCO2 values. The surface seawater of the Northwest Pacific Ocean released DMS to the atmosphere and absorbed CO2 through air-sea exchange, which contributed to the negative correlation between DMS and pCO2. High phytoplankton abundance and strong biological activity can enhance the uptake of CO2 from seawater while simultaneously synthesizing more DMS precursor. A significant correlation was found between DMS and Chl-a in the surface seawater of the Northwest Pacific Ocean (Figures 4A, B). Although the variation of its slope (16.5%) with sampling frequency is slightly greater than that between DMS and pCO2 (12%), the correlation between DMS and Chl-a (R2 = 0.658, Figure 4B) is slightly higher than that between DMS and pCO2 (R2 = 0.569, Figure 4C). In the Northwest Pacific Ocean, Chl-a, as an indicator of phytoplankton standing stock, seems to have a more directly effect on DMS concentration than pCO2. Hence, the DMS-vs-Chl-a correlation appears to be useful for estimating the distribution of DMS in the Northwest Pacific Ocean, given the easy availability of remote sensing Chl-a data. On the other hand, direct measurements of pCO2 are relatively abundant (usually below 0.1°) in the SOCAT database and the data were strictly quality controlled, which were better than the Chl-a data obtained from the satellite remote sensing. In addition, our algorithm can explain 56.9% of surface seawater DMS variance in the Northwest Pacific Ocean. Although the use of data with high temporal resolution in the algorithm leads to partial dispersion and underestimation (less than 20%) of the predicted values (Figure S5A), the standard deviation (SD) of the observed DMS value of 0.34 is 1.8 times that of the algorithm the root mean square error (RMSE=0.19), suggesting that the algorithm is also satisfactory in predicting DMS. (Ritter and Muñoz-Carpena, 2013). Note that the RMSE is used to quantify the prediction error of the variable unit calculated by the model, and its definition is  , where Oi and Pi represent the sample (of size N) containing the observations and the model estimates, respectively. Therefore, pCO2 has great potential as an indicator for the distribution of surface seawater DMS in the Northwest Pacific Ocean and may be simpler than previously used DMS parameterization methods. This algorithm may not be suitable for reconstructing more productive spring and summer surface water DMS in the Northwest Pacific (R2 = 0.14, May-June 2021, unpublished). In spring and summer, phytoplankton blooms and changes in phytoplankton community structure leaded to latitude decoupling of DMS, Chl-a and pCO2. However, in OCR and KOCR with the highest biological activity, the relationship between DMS and pCO2 will still be applicable due to the shallower mixing layer in summer, the reduced vertical mixing effect, and the greater influence of thermodynamic effects and biological activities on pCO2.



3.5 Estimation of DMS and CO2 sea-air fluxes in the Northwest Pacific Ocean

The mean atmospheric DMS mixing ratios (range) were 46 ± 19 (3- 125) pptv throughout the survey area (Figure 2G). The KOCR region had the lowest mean wind speed (mean: 5 ± 2 m s-1), which was accompanied by a relatively low DMS mixing ratio, despite the DMS concentration being relatively high in this region (Table 1). The concentrations of sea surface DMS did not correlate with atmospheric DMS mixing ratios (r = -0.017, P > 0.05) (Table S1), likely because, the transport of air mass was much faster than that of seawater, leading to a decoupling between atmospheric and seawater DMS concentrations (Aranami and Tsunogai, 2004; Wohl et al., 2020). The surface seawater DMS concentrations were roughly uniform and generally low in the NECR, but the atmospheric DMS mixing ratios were high (mean: 74 ± 30 pptv), due to the high DMS sea-air flux caused by the high wind speeds (mean: ~12 m/s).

The continuous underway DMS sea-air flux, CO2 sea-air flux, and wind speed measurements during the cruise are shown in Figure 6. The DMS sea-air flux varied over a wide range, from 0.04 to 25.3 μmol m-2 d-1, with an average flux of 5.37 ± 3.86 μmol m-2 d-1. In addition, based on the DMS concentration in the Northwest Pacific Ocean derived from the algorithm in Section 3.4, the sea-air flux of DMS was predicted (Fluxpre). The values of Fluxpre correspond well to the Flux values (Figure S5B), and the SD (3.86) of Flux is 3.6 times that of RMES (1.07) of this algorithm, that is, the algorithm provides a very good prediction of DMS air-sea flux in the Northwest Pacific (Ritter and Muñoz-Carpena, 2013). The DMS sea-air flux was high in the OCR region, which might have been because this area had the highest DMS levels (mean: 1.78 ± 0.21 nmol L-1) and relatively high wind speeds (mean: 7.8 ± 3.6 m s-1). The marginal sea region accounted for only 0.21% of the global ocean area (based on the area of the East China Sea), but contributed to 0.64% of global annual DMS emissions due to the highest sea-air flux of DMS (10.0 ± 4.87 μmol m-2 d-1), making it an important source of global DMS emissions. Although the mean DMS sea-air flux in the open waters of the Northwest Pacific Ocean was only half that in the marginal sea, it remained 5.2% of global DMS emissions given its vast area (3.2% of the global area). Although seasonal variations were not taken into account in the calculation of DMS sea-air fluxes based on one-shot survey data, the season of this observation was at the end of autumn, when biological activity and DMS concentrations were at lower all the year round, which may underestimate the contribution to global DMS emissions. The survey area was more productive and released more DMS in spring and summer, we speculated that the sea-air flux of DMS in spring and summer in the Northwest Pacific Ocean would be higher.




Figure 6 | Time series of DMS and CO2 sea-air fluxes with wind speed in the Northwest Pacific Ocean.



The atmospheric pCO2 in the Northwest Pacific Ocean ranged from 391 to 416 μatm and showed a decreasing trend from high latitudes to low latitudes (Figures 2H, 3D), and the mean CO2 sea-air flux was -4.20 ± 4.21 mmol m-2 d-1 (range: -27.0 to 4.22 mmol m-2 d-1). In the NECR, atmospheric pCO2 (392 ± 1 μatm) was close to the seawater pCO2 (389 ± 4 μatm). The OCR had a much higher flux (mean: -9.59 ± 7.60 mmol m-2 d-1) compared to the NPSG (mean: -4.16 ± 3.54 mmol m-2 d-1) and NECR (mean: -0.46 ± 0.71 mmol m-2 d-1), because the OCR had both higher wind speed (mean: 7.8 ± 3.6 m s-1) and a much larger ΔpCO2 (mean: -65 ± 5 μatm). Although ΔpCO2 was large in the KOCR (mean: -51 ± 13 μatm, Table 1), the pCO2 air-sea flux in this area was only -2.70 ± 2.31 mmol m-2 d-1 because it had the lowest wind speed (mean: 4.6 m s-1). The carbon sink intensity was weak in the low latitude region (NECR), which was even a carbon source in some areas (Figure 6). However, the Northwest Pacific Ocean remains one of the most important carbon sinks in the world, especially in the Oyashio Current Region.




4 Summary

Continuous underway measurements of DMS and pCO2 in the surface water and air of the Northwest Pacific Ocean were taken between 1 November to 29 November 2019. There was much larger variability in the DMS and pCO2 in the surface seawater than in the atmosphere. The highest surface seawater DMS concentration occurred in the region co-influence by the Kuroshio-Oyashio Currents, which had the highest Chl-a levels and the lowest pCO2. The trends in DMS of surface seawater in the Northwest Pacific Ocean under different current systems were primarily associated with phytoplankton abundance and community composition. The distribution of surface seawater pCO2 in the Northwest Pacific Ocean was influenced by both temperature and biological activity. The observed cold eddy in the Northwest Pacific Ocean promoted the growth of phytoplankton, resulting in the elevation of DMS and reduction of pCO2 in the surface layer. By comparing biophysical and chemical parameters, we found a significant negative relationship between the distributions of DMS and pCO2 in surface seawater, which may be helpful in reconstructing the distributions of DMS in surface seawater of the Northwest Pacific Ocean and the sea-air flux of DMS in the Northwest Pacific Ocean. The Northwest Pacific Ocean, especially the OCR, is an important source of DMS and an important sink of CO2.
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The study of marine microbial communities is crucial for comprehending the distribution patterns, adaptations to the environment, and the functioning of marine microorganisms. Despite being one of the largest biomes on Earth, the bacterioplankton communities in the Northwest Pacific Ocean (NWPO) remain understudied. In this research, we aimed to investigate the structure of the surface bacterioplankton communities in different water masses of the NWPO. We utilized metagenomic sequencing techniques and cited previous 16S rRNA data to explore the distribution patterns of bacterioplankton in different seasons. Our results revealed that Cyanobacteria, Proteobacteria, Bacteroidetes, and Actinobacteria dominated the microbial communities, accounting for over 95% of the total. During spring, we observed significant differentiation in community structure between the different water masses. For instance, Prochlorococcus and Pseudoalteromonas were primarily distributed in the nutrient-deficient subtropical countercurrent zone, while Flavobacteriaceae and Rhodobacteraceae were found in the Kuroshio-Oyashio mixing zone. During summer, the surface planktonic bacteria communities became homogenized across regions, with Cyanobacteria becoming the dominant group (68.6% to 84.9% relative abundance). The metabolic processes of the microorganisms were dominated by carbohydrate metabolism, followed by amino acid transport and metabolism. However, there was a low relative abundance of functional genes involved in carbohydrate metabolism in the Kuroshio-Oyashio mixing zone. The metagenomic data had assembled 37 metagenomic-assembled genomes (MAGs), which belong to Proteobacteria, Bacteroidetes, and Euryarchaeota. In conclusion, our findings highlight the diversity of the surface bacterioplankton community composition in the NWPO, and its distinct geographic distribution characteristics and seasonal variations.
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Introduction

The ocean represents the largest ecosystem on the planet and microorganisms are ubiquitous in the marine environment. There are about 104 to 106 cells per milliliter of seawater (Sunagawa et al., 2015), such a high biomass, coupled with a high turnover rate and the complexity of the marine environment make marine microorganisms have diversified characteristics. Microorganisms and the communities they form, play a pivotal role in biogeochemical processes, driving and responding to changes in the environment, including temperature, carbon chemistry, nutrient, and oxygen content associated with climate change, as well as ocean stratification and ocean current change (Doney et al., 2012), etc. Investigating the diversity and distribution patterns of marine microbes is critical to understanding the evolution of contemporary biodiversity, ecological processes and monitoring the response of marine ecosystems to environmental change. In recent years, advances in next-generation sequencing technologies have allowed for large-scale exploration of the taxonomic diversity and geographic distribution of marine microbes. The sequencing of microbial gene sequences using high-throughput sequencing and metagenomic techniques has been applied to characterize genetic diversity, and community composition (Díez et al., 2016; West et al., 2016; Zorz et al., 2019; Kong et al., 2020).

At present, numerous studies have been conducted using high-throughput sequencing to assess the diversity and functional structure of marine microbes, including some of the large-scale global surveys of marine microbes. For example, The Sorcerer II Global Ocean Sampling Expedition (GOS) survey project (Wilhelm et al., 2007; Yooseph et al., 2007; Yutin et al., 2007; Rusch et al., 2010), and the Tara Oceans Global Microbial Survey project (Brum et al., 2015; de Vargas et al., 2015; Pesant et al., 2015; Sunagawa et al., 2015; Carradec et al., 2018). Partial results of these studies suggested that the distribution of microorganisms is environmentally restricted and the community composition is highly heterogeneous (Suh et al., 2014; Sunagawa et al., 2015; Li et al., 2018a). However, some bacteria have a wider latitudinal range than other taxa (West et al., 2016), suggesting that some bacteria may migrate to, or emigrate from adjacent regions through such mechanisms as thermohaline circulation and oceanic currents (Suh et al., 2014). These researches have advanced the study of microbial genetic diversity in the world’s oceans and have made a significant step forward in our understanding of marine biogeochemical processes.

The Northwest Pacific Ocean (NWPO) is one of the largest oligotrophic areas in the world (Polovina et al., 2008; Moore et al., 2013), and represents the largest ocean current on Earth. It is inhabited by phytoplankton and heterotrophic bacteria that have adapted to the oligotrophic environment. Despite low productivity, these microbes significantly impact global biogeochemical cycles. While studies have been conducted on phytoplankton diversity and seasonal variation (Fujiki et al., 2016), phytoplankton diversity and metabolic function (Li et al., 2018a; Wang et al., 2022), pico-eukaryotic microbial community diversity and community structure (Wang et al., 2018a) and patterns of relative and quantitative abundances of bacteria in surface water (Kong et al., 2020) in the NWPO, the area remains understudied (outside the scope of GOS and Tara Oceans studies). There is a need for further investigation into the diversity and community structure of bacterioplankton communities in the region.

Here, we investigated the diversity and community structure of bacterioplankton communities on the surface of the NWPO using metagenomic techniques and compared the distribution patterns of bacterioplankton between different water masses in different seasons by referring to historical data, to provide a reference for microbial studies in the NWPO and improve the understanding of the spatial distribution of marine microorganisms.





Methods and materials




Sample collection and analytical testing

The study investigated environmental parameters in the NWPO (21°N ~ 39°N, 123°E ~ 150°E) and collected sea surface microbial community samples during the August cruise to analyze the community structure and related environmental data. To integrate the analysis of the seasonal distribution patterns of surface bacterioplankton communities in the NWPO, the results of 16S rRNA data of sea surface microorganisms in the same sea area reported (Li et al., 2018b) were discussed in this research. The relevant voyage information is summarized in Table S1.

From August 16, 2018, to September 15, 2018, surface seawater (about 5 m) from 10 sites was collected in the NWPO. In each site, the navigation pump was used to extract about 300L of surface seawater and collected water samples were transferred into 15-L HCl-rinsed buckets. The seawater was pre-filtered through a membrane with a pore size of 1μm (293mm diameter mixed fiber membrane) to remove particles and microorganisms with larger diameters and then passed through a membrane with a 0.2μm pore size (293mm diameter mixed Fiber membrane) to collect microorganisms with a particle size range of 0.2~1μm. All filter membranes were stored frozen in liquid nitrogen and then stored at -80°C until further analysis. The in-situ temperature and salinity of different sites on the surface layer use the data of the navigation probe on board (SBE21).

Physicochemical parameters were also collected on the May 2018 voyage and the August 2018 voyage (Li et al., 2022), including temperature, salinity, dissolved oxygen, pH, nutrients (nitrate, phosphate, and silicate), dissolved inorganic carbon (DIC), and total alkalinity (TA). Temperature and salinity data were obtained using data from the conductivity-temperature-depth/pressure (CTD) probes (SBE911 plus, Sea-Bird Scientific, USA). Dissolved oxygen was sampled, fixed, and titrated to complete the assay on board according to the classical Winkler method. Dissolved oxygen saturation (DO%) is the ratio of measured DO values to DO saturation values at atmospheric equilibrium, where atmospheric equilibrium DO saturation values were calculated by equation(Benson and Krause, 1984), using temperature, salinity, and atmospheric pressure on site. The nutrient concentration was determined using a reorganized Syslyzer III analyzer (Systea S.P.A. Co., Italy). The pH (total hydrogen ion scale) data was calculated by inputting inorganic carbon and alkalinity data into CO2SYS.XLS (Version 24) (Lewis and Wallace, 1998), specifical the steps of quality control of parameter selection and data referred to the literature (Zhai et al., 2014). Water samples for DIC and TA analyses were collected and stored in 250 mL borosilicate glass bottles. Before being sealed with greased (Apiezon-L) ground-glass stoppers, 1 mL of seawater was removed from each sample bottle to allow for thermal expansion, and 100 µL of saturated HgCl2 was mixed into the water samples to halt biological activity. Samples were then preserved at room temperature until determination. DIC was measured using an infrared CO2 detector-based DIC analyzer (AS-C3, Apollo SciTech Inc., United States), and TA was determined at 25°C by Gran acidimetric titration using a semiautomated titrator (AS-ALK2, Apollo SciTech Inc., United States). The physical and chemical parameters of all sampling points were summarized in Table S2.





DNA extraction, sequencing, and metagenomic analysis

Microbial genomic DNA was extracted using a PowerSoil DNA Isolation Kit (QIAGEN, United States), according to the manufacturer’s instructions. For seawater samples, the 0.2 μm-mesh membranes were cut into 0.2 cm pieces with flame-sterilized scissors and added to a PowerBead Tube (Zhang et al., 2018). Sequencing was performed on the Illumina Hiseq2000 platform by Magi Gene Company (Guangdong, China), resulting in 10 sampling points of raw data in Fastq format (around 10G per sample).

The original sequencing data were separated based on the sample’s barcode and then processed with Trimmomatic (Bolger et al., 2014) to eliminate adapters and low-quality sequences (the length of the forward and reverse sequence is 20~150bp, the average quality>30). The quality of the trimmed sequences was checked by FastQC (http://www.bioinformatics.babraham.ac.uk/projects/fastqc/), after which the sequences were assembled with MEGAHIT (Li et al., 2015) for further binning, gene prediction, and functional annotation. The assembled sequences were evaluated with QUAST(Gurevich et al., 2013) statistics and species annotated with Kraken(Wood and Salzberg, 2014). Classification and functional annotation were performed based on high-quality reads. The number of raw reads, average length, number of extracted eligible sequences, average length, and average GC content for each sample were counted in Table S3. The predicted genes were aligned against the Kyoto Encyclopedia of Genes and Genomes (KEGG) (Kanehisa et al., 2017) to determine the best annotation results (the level 1 and level 2 were counted and analyzed). Genes encoding carbohydrate metabolizing enzymes were identified by using the predicted genes against the Carbohydrate-Active enZYmes (CAZY) public database(Cantarel et al., 2009) with the same filtration mechanism. Three methods were used for CAZymes annotation: the first used HMMER to annotate against the HMMs database of dbCANh CAZyme, the second used DIAMOND for fast annotation against the CAZy database, and the third used Hotpep to annotate against the short conservative sequences of the PPR database. The clustering analysis was performed using the function pheatmap in R package (version 3.6.1).

To further annotation of Metagenome-Assembled Genomes (MAGs), MetaBAT2 (Kang et al., 2019), MaxBin2 (Wu et al., 2016), and Concoct (Alneberg et al., 2014) were used to perform initial binning, and the results were evaluated using CheckM (Parks et al., 2015). The species annotation of the metagenome-assembled genomes was performed using Taxator-tk (Dröge et al., 2015), which was based on the NCBI_nt and NCBI_tax databases, and the species classification was estimated accordingly. The average nucleotide similarity with published genomes was calculated using FastANI (ANI: Average Nucleotide Identity) (Jain et al., 2018). MinHash-style sketches were generated to classify genomes and metagenomes based on a database of known species. The species classification of the assembled genomes was identified by searching the published metagenome-based species-level assembled genome database using PhyloPhlAn2 (Segata et al., 2013). The assembled contigs were run through a local installation of the antiSMASH pipeline (version 6.0.1) for identifying the BGCs (Blin et al., 2021).





16S rRNA data analysis

The research on bacterial diversity and taxa associated with nitrogen metabolism in the surface layer (5-10 m) was conducted by the literature (Li et al., 2018b) from March 30 to May 10, 2015, in the NWPO. The original 16S rRNA data were obtained from the NCBI (BioProject ID PRJNA434503) and processed using Qiime2 (version 2019.7.0) (Bolyen et al., 2019) for denoising, clustering, and annotation by SILVA rRNA database (version 132) (Quast et al., 2012). The denoising process resulted in the acquisition of 15,000-22,000 sequences, which were annotated to reveal 375 microbial species (Table S4). In addition, our study listed the physical and chemical parameters of sampling points for the 2015 spring voyage in Table S2.






Results




Environmental characteristics

The study area was in the subtropical Northwest Pacific Ocean from 20°N to 40°N (Figure 1), with the Kuroshio Extension recirculation gyre (KERG) region around 25°N to 35°N (orange boxed area in Figure 1B) (Kitamura et al., 2016; Cheng et al., 2017). ST5, ST6, B1, and A6 (Figure 1B) were located in mixed Kuroshio extensions and oyashio (hereafter Kuroshio-oyashio mixing zone) with low temperature and salinity (Li et al., 2018b; Wang et al., 2018a) and high nutrient concentrations, with NOx-concentrations reaching up to 5.78 μM (Table S2). Salinity in spring (34.3 to 34.7) was higher than in summer (33.8 to 34.2) (Figures 2A, B), and in the region north of 35°N sea surface temperatures were below 17°C in spring and 24.6°C to 27.3°C in summer (Figures 2C, D). Sea surface temperatures could be divided into three zones from north to south in spring, but by August, the sea surface temperatures in the region south of 35°N had increased to around 30°C. ST11 was located in the mixed Kuroshio-East China Sea, which is another region of relatively low temperature and salinity except for north of 35°N, and with higher salinity in spring (34.2 to 34.7) than in summer (33 to 34.2) (Figures 2A, B), the sea surface temperatures of 20°C to 25°C in spring and 28°C to 29.2°C in summer (Figures 2C, D). In the Kuroshio countercurrent zone, ST4, ST7, ST8, K6, B9, B4, and B5 showed low nutrient salinity and NOx- concentrations (0.05 to 0.14 μM) (Table S2), with sea surface salinity of around 34.5 (Figures 2A, B) and sea surface temperatures increasing from 20.9°C to 24.7°C in spring to 27°C to 29.6°C in summer (Figures 2C, D). ST9 and ST10 in the east of the Kuroshio basin, situated in the subtropical countercurrent zone, mainly influenced by the Kuroshio. ST1, ST3, K1, and K3 were located in the southernmost subtropical inversion zone, which had low nutrient concentrations (Table S2) and high salinity at around 34.5 (Figures 2A, B). Due to the low latitude, temperatures were the highest of the three regions, around 27°C to 30°C all year (Figures 2C, D).




Figure 1 | Microbial sampling sites and ocean currents in the study area. (A) Chemical parameter (blue) and microbial samples sampling stations in the NWPO from August to September 2018; (B) The microbial sampling stations in April-May 2015(green dots) and in August-September 2018 (red dots), and ocean current distribution.






Figure 2 | Surface distribution of salinity (A), temperature (C), dissolved oxygen saturation (E), and pH (G) in the northwest Pacific in May 2018; Salinity (B), temperature (D), dissolved oxygen saturation (F), and pH (H) surface distribution in August 2018.



In addition, due to the vigorous growth of phytoplankton during the spring survey (Fujiki et al., 2014; Fujiki et al., 2016; Matsumoto et al., 2021), the dissolved oxygen saturation in the entire NWPO was higher than the atmospheric equilibrium value. In summer, the dissolved oxygen was in equilibrium with the atmosphere (Figures 2E, F). The pH gradually increased from south to north and was lower in summer than in spring (Figures 2G, H). This was caused by the low surface seawater temperature in the high latitude region (spring). Moreover, phytoplankton growth and reproduction were more vigorous in spring than in summer, and the amount of CO2 absorbed by phytoplankton through photosynthesis was higher than in summer. As a consequence, the pH was higher in spring than in summer, and the pH was lower in the low-latitude region than in the high-latitude sea (Zhai et al., 2014; Fujiki et al., 2016).





Correlation analysis of bacterioplankton communities

A metagenomic library of 10 surface samples was established for determining the composition and abundance of planktonic bacterial communities during the summer cruise survey (August to September 2018). The results were compared with the 16S rRNA data published in May 2015 (Li et al., 2018b). The abundance difference between the microbial species in different sampling areas was used to calculate the correlation coefficient between the two sampling areas, and the heat map analysis was performed to study the relationship between the prokaryotic communities in the NWPO.

The sampling sites for both studies were divided into three groups (Figure 3), based on ocean currents, water masses, and environmental conditions, from south to north: The Subtropical countercurrent zone (STCC), which was characterized by high temperature and high salinity, with an annual surface nutrient (N and P) concentration close to 0 and low surface pH; The Kuroshio extension countercurrent zone (KE), which was characterized by high salinity, high seasonal variation in temperature and surface nutrient concentrations close to 0 throughout a year, and higher surface pH than the subtropical countercurrent zone; The Kuroshio Extension-oyashio Mixed Area(MIX) (hereafter referred to as the Kuroshio-oyashio Mixing Zone) was characterized by low temperature, low salinity, high pH. The nutrient concentrations were slightly higher than the other two zones, but also close to 0 in summer.




Figure 3 | Correlation heat map analysis between two sampling cruises based on the relative abundance calculation of the top 20 species. (A) the genus level data of spring cruise in 2015. (B) the species level data of summer cruise in 2018. Pink represents STCC (Subtropical countercurrent), Blue represents KE (Kuroshio extension countercurrent), and green represents MIX (the Kuroshio-Oyashio mixing zone).



In addition, the surface marine environmental conditions were relatively homogeneous in August due to an overall increase in sea surface temperature and a decrease in the north-south temperature difference, showing very little variation in various physical-chemical parameters between different regions. The surface bacterioplankton communities in the NWPO showed very little structural differences (correlation coefficients were all above 0.99 (Figure 3B)) and can be considered as almost one ecological community.





Analysis of planktonic bacterial diversity and community structure in the summer surface

To investigate the structure of the bacterioplankton community in the Northwest Pacific Ocean, we used metagenomic sequencing to analyze surface bacterioplankton from August to September 2018. A total of 127,457,399 available reads were annotated and revealed the presence of over 40 bacterial phyla and over 6000 microorganisms. The most abundant phylum was Cyanobacteria, with an average relative abundance of 78.9%, followed by Proteobacteria (16.2%), Bacteroidetes (1.7%), and Firmicutes (1.1%) (Figure 4A). The dominant species within Cyanobacteria was Prochlorococcus, accounting for 77.6% of the total, while Synechococcus had a relative abundance of only 1.2%, much lower than that of Prochlorococcus, but it had a high abundance in Kuroshio-Oyashio mixing zone (Figure 4B). The Proteobacteria was further divided into alpha-proteobacteria (12.9%) and gamma-proteobacteria (2.2%), with the highest relative abundance and diversity in the subtropical countercurrent area where nutrient concentrations were lower (Figure 4A). The most common alpha-proteobacteria was SAR11 (Pelagibacter), with species ranked within the top 20 in relative abundance including Candidatus Pelagibacter sp. RS39, Candidatus Pelagibacter sp. RS40, Candidatus Pelagibacter sp. HIMB1321, alpha proteobacterium HIMB5, Candidatus Pelagibacter ubique, alpha proteobacterium HIMB59, Candidatus Pelagibacter sp. IMCC9036. The mean relative abundances of Candidatus Pelagibacter sp. RS39 and Candidatus Pelagibacter sp. RS40 ranged from 1.9% to 7.4% and were higher in subtropical countercurrent area, especially at the more southern sites ST1 and ST3. The species with high relative abundance in gamma-proteobacteria was the Vibrio harveyi group, whose relative abundance ranged from 0.2% to 1.1%, and had the highest relative abundance at the ST1 site in the subtropical countercurrent area (Figure 4B). Bacteroidetes, the third most abundant taxon, was mainly distributed in the Kuroshio extension recirculation gyre and the Kuroshio-Oyashio mixing zone, with the highest relative abundance of Flavobacterium found in ST5 in the Kuroshio-Oyashio mixing zone, amounting to 2.1%.




Figure 4 | Relative abundance analysis of metagenomic sequences of ten sampling points in the NWPO surface layer during the summer cruise in 2018. (A) The histogram of the relative abundance of metagenomic sequences at the phylum level (proteobacteria for class level) and only the relative abundances of the top 15 phyla (class) were listed. (B) The heat map of relative abundance at the species level during the summer cruise in 2018 (only the relative abundances of the top 20 species are listed).







Gene functional analysis and diversity of bacterioplankton

In this study, a total of 1,566,315 non-repeat genes were identified through gene prediction. Among these, 12,376 genes were classified as core functional genes and accounted for 7.9% of the functional genes. Additionally, 36,912 functional genes were found to exist only in a single sample, accounting for 23.6% of all functional genes, while the remaining 1,073,431 functional genes made up 68.5% (Figure S1). The non-repeat genes shared between the two samples are counted in Table S5.

The functional genomic classification was performed using KEGG (Figure 5A), and the results indicated that the dominant planktonic microorganisms in the NWPO were metabolism-related genes, followed by genetic information processing and environmental information processing. Specifically, carbohydrate metabolism was the most abundant, accounting for 20% of all metabolic pathways (73,993 non-repeat genes). Amino acid transport and metabolism was the second most abundant, accounting for 18% (68,689 non-repeat genes), which was different from previous studies (Sunagawa et al., 2015). Metabolism of cofactors and vitamins accounted for 14% (51,267 non-repeated genes). Translation, replication and repair, folding, sorting, and degradation were the major sub-pathways of genetic information processing, others are shown in Figure 5A.




Figure 5 | KEGG annotation of summer metagenomic data (A) and relative abundance analysis of subpathways among related samples (B). (A) The number of unigenes of the level 1 (KEGG metabolic pathway first level) and level 2 (KEGG metabolic pathway second level) in KEGG annotation results. (B) Heat map of the abundance of functional genes in different samples (red indicates the higher relative abundance, while green indicates the lower relative abundance).



To further understand the carbohydrate metabolic process of the samples, we performed CAZymes functional gene annotation. We listed the number of non-repeat genes for carbohydrase annotated by the three methods in Figure S2. The results showed that most non-repeat genes were annotated using HMMER. We selected the non-repeat genes that were annotated under both different methods for subsequent statistical analysis, and the results of the first level were listed in Table S6. Upon further analysis, 452 non-repeat genes were found to belong to auxiliary oxidoreductases, 160 non-repeat genes belonged to carbohydrate-binding modules, 810 non-repeat genes belonged to carbohydrate esterase, 3,323 non-repeat genes belonged to glycoside hydrolases, 5,358 non-repeat genes belonged to glycosyltransferases, and 39 non-repeats belonged to polysaccharide lyase. These results suggest that glycoside hydrolase and glycosyltransferase may be more actively transcribed in the samples. In addition, the number of ST5 and ST6 carbohydrates was found to be lower than in other samples, which was consistent with the KEGG annotation results (lower abundance of functional genes for ST5 and ST6 carbohydrate metabolism).

To identify the functional genes that have a significant effect on the differences between groups, a heat map of relative abundance between samples was done for the sub-pathways in this study (Figure 5B). Results showed that the functional gene abundance in the southern subtropical countercurrent zone (ST1 and ST3) and in the Kuroshio-Oyashio mixing zone (ST5 and ST6) was distinct from the other samples. The higher temperature in the southern subtropical countercurrent region was associated with an increased abundance of functional genes, except for the Sensory system and Cellular community-eukaryotes related to cellular processes. Conversely, the lower temperature and salinity in the Kuroshio-Oyashio mixing zone resulted in a lower abundance of functional metabolic pathway genes, except for Immune disease and Excretory system, which were higher than that in other areas. Samples from the mixed East China Sea and Kuroshio region (ST10 and ST11) had a similar functional gene distribution pattern to ST5 and ST6, but with slightly higher relative abundance. Samples from the Kuroshio Extension Return Zone (ST4, ST7, and ST8) and the Subtropical Countercurrent Zone (ST9) had a similar functional gene distribution pattern, with higher abundance compared to the Kuroshio-Oyashio mixing zone, but lower than ST1 and ST3.

We analyzed the functional genes involved in nitrogen, sulfur, and phosphorus metabolism in the metagenomes of our sampling sites. As shown in Figure S3A, key genes in the pathways of assimilatory nitrate reduction to ammonia (ANRA), dissimilatory nitrate reduction to ammonia (DNRA), denitrification, and nitrate assimilation were detected in metagenomes of the sampling sites. In general, the nirA and narG genes encoding the enzymes for nitrate/nitrite removal (ANRA and denitrification) showed high abundance in ST3 and ST11. The narB gene encoding the enzymes for ANRA showed high abundance in ST4 and ST7. However, the other key genes of nitrogen metabolism were most abundant in ST1, which was different from other regional samples.For sulfur metab olism, genes related to assimilatory sulfate reduction, dissimilatory sulfate reduction, and sulfur oxidation were detected in all sampling sites (Figure S3B). For sulfur oxidation, some genes involved in thiosulfate oxidation (soxC and soxD), and sulfite oxidation (soeC) had high abundances in ST5. The aprB gene (a key gene in dissimilatory sulfate reduction), soeA for sulfur oxidation, and the CysJ (a key gene in Assimilatory sulfate reduction) had the highest abundances in ST3. In ST1, the cysI/cysH genes encoding for Assimilatory sulfate reduction, and aprA for Dissimilatory sulfate reduction showed the highest abundances. We also identified key genes in phosphonate and phosphinate metabolism (Figure S3C). PhnP and phnA had the highest abundances in ST3 and were present at low abundance in other sampling sites. Pat and phnL showed the highest abundances in ST7. It is noteworthy that ST1 was also most abundant in phosphonate and phosphinate metabolism, with the same analysis results for the nitrogen anlfur metabolism.

Interestingly, Figure S3 exhibited a consistent trend with Figure 5B. As seen in Figure 5B, the Carbohydrate metabolism of ST1, ST3, ST4, ST7, and ST8, with a very high abundance of genes related to amino acid metabolism, was most likely due to the high summer temperature and lower nutrients content in these sea areas, which required more diverse metabolic pathways of carbon and nitrogen sources to more fully utilize the limited nutrient resources(Huo, 2012; Wang et al., 2021); And it was also found that the relative abundance of genes for transcription, translation, folding, sorting and degradation, and replication and repair functions related to protein metabolism were also higher in these samples than in others, indicating that microorganisms living in the subtropical countercurrent zone and the Kuroshio extension countercurrent area had more active gene transcription and faster cell proliferation or metabolism levels. And according to the results presented in Figure S3, ST1, and ST3 had a very high abundance of genes related to nitrogen, sulfur, and phosphorus metabolism, which was distinct from the other samples collected from the Subtropical Countercurrent Zone. Further, as evident from Figure 1, the sampling points of ST1 and ST3 were geographically separate from the others in the same zone. This suggests that pure geographic factors may play significant roles in shaping bacterial communities. Latitude, longitude, temperature, and salinity may be associated with specific microbial groups. These findings are consistent with previous studies (Wang et al., 2018b; Kong et al., 2020).





Prediction and annotation of metagenome-assembled genomes (MAGs)

We predicted and annotated possible new species based on the surface planktonic microbial metagenomes in the NWPO during summer. We employed MetaBAT2, MaxBin2, and Concoct for the initial binning of metagenomic data, and subsequently evaluated the quality of resulting bins using CheckM. As shown in Table S7, a total of 29 bins were obtained with high completeness and low contamination. These bins were further optimized by integrating the initial bins obtained from MetaBAT2, MaxBin2, and Concoct, resulting in 37 purified bins. The optimized bins were then assessed using CheckM, and the evaluation results are presented in Table S8. The results of FastANI and Sourmash analysis indicated that only two of the assembled genomes, MAG.21 and MAG.26, had an average nucleic acid similarity above 95% with known genomes, suggesting they belong to the same species (Table S9). PhyloPhlAn2 was used to search the published metagenome-based species-level assembled genome database to classify the species of the assembled genomes. It was found that eight of the assembled genomes were similar to published bins (Avg_dist < 0.05) while 29 were newly assembled. Among these 37 assembled genomes, 20 could be annotated to the kingdom level, 3 to the phylum level, 7 to the class level, 5 to the family level, and 2 to the species level, which was Delftia acidovorans for beta-proteobacteria, and Vibrio campbellii for gamma-proteobacteria. The results of the above analysis and assembled genome annotation were listed in Table S9, S10. The majority of the genomes belonged to alpha-proteobacteria, gamma-proteobacteria, and Flavobacteria within the Proteobacteria phylum, suggesting the abundance of Proteobacteria in the western Pacific Ocean and potentially in the global oceans may be underestimated.

We also found that the 37 MAGs could be clustered into four major groups based on their abundance in different samples. As shown in Figure 6, Cluster I was dominated by gamma-proteobacteria and had a higher abundance in all samples, particularly in subtropical countercurrent waters (ST1). Cluster II had a lower abundance in the lower-temperature Kuroshio-Oyashio mixing zone (ST5 and ST6) and the East China Sea-Kuroshio mixed zone (ST10 and ST11). Cluster III was comprised of various Proteobacteria and Archaea, with the highest abundance found in the Northwest Pacific subtropical countercurrent zone (ST3 and ST9). Cluster IV was mainly found in the lower-temperature Kuroshio-Oyashio mixing zone and the East China Sea-Kuroshio mixed zone. And we found that Delftia acidovorans (MAG.21) and Vibrio campbellii (MAG.26) had high abundance in all water masses and were mainly distributed in the high-temperature subtropical countercurrent zone (ST3 and ST1). Erythrobacter showed a similar distribution pattern as Vibrio campbellii, while Pelagibacteraceae (MAG.3) was mainly distributed in the subtropical countercurrent zone and the Kuroshio extension recirculation zone, similar to the spring distribution pattern. Flavobacterium was found in both the recirculation zone (MAG.10) and the mixed zone (MAG.12).




Figure 6 | Heat map of the abundance analysis of MAGs of ten sampling points in the NWPO surface layer during the summer cruise (red indicates the higher relative abundance, while green indicates the lower relative abundance).



The assembled contigs were analysed using antiSMASH, resulting in the identification of 1195 biosynthetic gene clusters (BGCs) on 1172 contigs (Table S11). A total of 1154 BGCs (96.6%) were identified as being on a contig edge and were therefore categorized potentially incomplete, while 41 (3.4%) were full length. The average length of BGCs was 4.06 kb, with a maximum length of 46.9 kb. The most abundant classes of BGCs were terpenes (60.0%), followed by RRE-containing (5.4%), arylpolyene (5.3%) and RiPP-like (4.3%). In particular, BGCs were dominated by few subclasses. For all the 5594 genes in BGCs, 561 genes contained a squalene/phytoene synthase Pfam domain (PF00494). This indicates that the product of these BGCs is a tri- or tetraterpene. 340 genes also contained a lycopene cyclase domain (PF05834), 191 genes contained a Flavin containing amine oxidoreductase (PF01593), while 132 genes contained a Beta-carotene dioxygenase (PF15461).






Discussion




Planktonic bacterial diversity in the summer surface of the NWPO

Microorganisms play a critical role in the cycling of materials and energy in oceans. Therefore, understanding the seasonal distribution and diversity patterns of these microorganisms is crucial. The Northwest Pacific Gyre, known as one of the oligotrophic oceans on Earth, exhibits large temperature and nutrient concentration differences due to the interaction of the Kuroshio and Oyashio (Li et al., 2018b). In this environmental context, the structure of microbial communities in the NWPO varies among distinct water masses, providing an excellent model for studying the adaptation mechanisms of microorganisms to environmental changes.

In this study, more than 40 phyla of bacteria, with over 6000 microorganisms, were analyzed and annotated using metagenomic sequencing techniques. Consistent with previous studies (Fuhrman, 2009; Suh et al., 2014; Li et al., 2018a; Kong et al., 2020), The most abundant phylum was Cyanobacteria, with an average relative abundance of 78.9%, followed by Proteobacteria (16.2%), Bacteroidetes (1.7%), and Firmicutes (1.1%) (Figure 4A). Cyanobacteria had a relatively high abundance at each sampling site, followed by alpha-proteobacteria and gamma-proteobacteria, whose relative abundance was higher at sampling sites ST1 and ST3. The dominant species within Cyanobacteria was Prochlorococcus, accounting for 77.6% of the total (Figure 4B). Prochlorococcus, pico-class phytoplankton, because of its streamlined genome and high adaptability to low nutrient environments (Giovannoni et al., 2014; Milici et al., 2016), was widespread in oligotrophic seas around the world and was an important producer in oligotrophic sea areas, for example, in the central (Rusch et al., 2007; Zhou et al., 2018) and southern (de Jesus Affe et al., 2018) Atlantic Ocean, the eastern(Thompson et al., 2018) and equatorial Pacific (Kent et al., 2016), the northern (Díez et al., 2016) and equatorial eastern Indian Ocean(Ding et al., 2021). Synechococcus of Cyanobacteria was also widely distributed at all stations, but in lower abundance overall. The highest abundance was found in Kuroshio-Oyashio mixing zone. It was consistent with the finding that Synechococcus is more competitive in more trophic sea areas (Partensky et al., 1999; Li et al., 2018b).

The most common alpha-proteobacteria was SAR11 (Pelagibacter), the second dominant species in the study area. SAR11 was widely distributed in all sampling sites, but had the highest relative abundance in ST1 and ST3(Figure 4B). Like Prochlorococcus, SAR11 had a streamlined genome and was well adapted to low-nutrient environments. It had a very high biomass in the ocean and represented 25% or more of the total bacterial cells in seawater worldwide (Giebel et al., 2009; Brown et al., 2012; Giovannoni and Annual, 2017). Compared to Prochlorococcus, SAR11 had a wider geographical distribution, ranging from the hot equator to the poles(Becker et al., 2019; Dinasquet et al., 2022), with the highest biomass in oligotrophic marine environments (Giovannoni and Annual, 2017). In our study area, SAR11 had considerable diversity, with seven species in the top 20 in terms of relative abundance.





Seasonal distribution patterns of surface bacterioplankton in the NWPO

To further investigate the distribution patterns of surface microorganisms in the NWPO, the cited data (Li et al., 2018b) were analyzed, and a total of 22 phyla of bacteria were obtained. The phylum with the top 15 average abundance (Proteobacteria as the class) from the two cruise samples was taken for comparison and analysis of seasonal differences in community composition between water masses (Figure 7A). The results indicated distinct patterns of surface bacterioplankton distribution in the NWPO during spring and summer. In spring, the abundance of Cyanobacteria gradually decreased with increasing latitude, from the subtropical countercurrent zone to the Kuroshio-Oyashio mixing zone. Alpha-proteobacteria, gamma-proteobacteria, and Actinomycetes were more abundant in the Kuroshio extension countercurrent area. Meanwhile, the abundance of the Bacteroidetes and Marinimicrobia (SAR406 Clade) was higher in the Kuroshio-Oyashio mixing zone (Figure 7A). In addition, the Venn diagram of species distribution showed that there were 94 common genus species between the different water masses during the spring survey, accounting for only 31.4% of all genus species. The subtropical countercurrent zone alone contained 73 species of genera, with marked differences in community structure between different water masses (Figure S4A). The summer cruise results showed that the abundance of Cyanobacteria was lower at the two southernmost stations (ST1, ST3) and in mixed sea areas. The abundance of alpha-proteobacteria and gamma-proteobacteria was slightly higher in ST1, ST3, and Kuroshio-Oyashio mixing zone, and the abundance of Bacteroidetes was also slightly higher in Kuroshio-Oyashio mixing zone than in other areas (Figure 7A). The species common to the different water masses were 2153, accounting for 95.7% of all species, while less than 0.5% were endemic to each water mass (Figure S4B). This further demonstrated that there is a large variation in planktonic bacterial communities between water masses during spring. However, the community composition between the different water masses on the surface was almost identical during summer, and it was likely that microbial migration between water masses had occurred.




Figure 7 | Comparison of community composition (A) during the spring cruise in 2015 (left) and the summer cruise in 2018 (right) in the NWPO (only the relative abundance of the top 15 phyla is listed) and comparison of the relative abundance of the top 12 phyla(class) (B) during the two cruises.



As shown in Figure 7, the relative abundance of the bacterial communities was found to be dominated by Cyanobacteria, Proteobacteria, Bacteroidetes, and Actinomycetes, accounting for over 95% of the relative abundance (sequence number relative ratio). And they had different distribution patterns in different seasons. Cyanobacteria were the dominant species in this ecosystem. Interestingly, during the summer cruise, the average relative abundance of Cyanobacteria increased from about 20% in the spring cruise to about 80%, becoming the first dominant species. The second was Proteobacteria, which accounted for 35-61% of the community composition during the spring survey. In contrast, the abundance of both alpha-proteobacteria and gamma-proteobacteria decreased during the summer cruise compared to the spring cruise (10% for the former and 20% for the latter), with the average abundance of the former being 13% and the latter 2.2% during the summer cruise, while the relative abundance of other Proteobacteria increased during the summer cruise (Figure 7B). Bacteroidetes, Actinomycetes, SAR406 Clade (Marinimicrobia) and Chloroflexi were the main constituents of the spring planktonic bacterial community structure. While the abundance of Firmicutes increased significantly during the summer months (Figure 7B). And we detected viruses in all samples in summer with abundances ranging from 0.1% to 3.4%.

We further analyzed the horizontal distribution of genus and species. The heat map of the planktonic bacterial community revealed that the two main genera under Cyanobacteria, Prochloron, and Synechococcus, were comparatively less abundant in the Kuroshio-Oyashio mixing zone compared to the other two areas during the spring survey, with Prochlorococcus not being detected at station B1 (Figure S5). During the spring survey, SAR86 of gamma-proteobacteria and the Rhodobacteraceae of alpha-proteobacteria were abundantly present at all stations, with the former being predominantly present in the nutrient-poor subtropical countercurrent zone and the latter being primarily found in the Kuroshio-Oyashio mixing zone and the Kuroshio Extension countercurrent zone. Although SAR11 was detected at all stations, its relative abundance was low (<5%), especially in the Kuroshio-Oyashio mixing zone and C2 (<1%). The three groups NS4, NS5, and NS9 of Flavobacteriales belonging to the Bacteroidetes were predominantly distributed in the Kuroshio-Oyashio mixing zone (Figure S5). These taxa were found to be adhesive and mainly lived attached to large particulate matter primarily attached to large particulate matter, with their distribution in the Atlantic Ocean being primarily in coastal areas with high nutrient concentrations (Milici et al., 2016). In contrast to the Atlantic Ocean, Pseudoalteromonas, the genus of gamma-proteobacteria, had a high relative abundance in the nutrient-poor subtropical countercurrent zone (K1) (Milici et al., 2016). During the summer survey, slight variations in species abundance were observed between the different water masses, although the community composition remained unchanged. Prochlorococcus was abundant in summer, with its relative abundance far surpassing that of all other species combined, with the highest abundance of 84.4% being found at station ST10 in the subtropical countercurrent zone. The average abundance of Synechococcus was relatively low at around 1%. And the SAR11 (Brown et al., 2012; West et al., 2016; Giovannoni and Annual, 2017; Maturana-Martínez et al., 2022) of alpha-proteobacteria, which was as widely distributed as Prochlorococcus in the surface ocean in previous surveys, had only a maximum abundance of 17.5% in the NWPO. Several species of SAR11, Candidatus Pelagibacter sp. RS39, Candidatus Pelagibacter sp. RS40, Candidatus Pelagibacter sp. HIMB1321, Candidatus Pelagibacter ubique, and Flavobacteriaceae, under the Bacteroidetes, were primarily distributed in the Kuroshio Extension countercurrent zone and the Kuroshio-Oyashio mixing zone (Figure 7B).





Different distribution patterns of SAR11 and Prochlorococcus

Prochlorococcus (Biller et al., 2015) and SAR11 (Giebel et al., 2009; Brown et al., 2012; Giovannoni and Annual, 2017) are two significant players in the marine microbial communities, particularly in the surface layers of the global oceans. Both SAR11 and Prochlorococcus were in fairly high abundance in the surface layers of the global oceans (except in the Southern Ocean). They accounted for 30% to 50% of the total community composition of the surface layer of the ocean, with a high SAR11 abundance of 15-41% (Sunagawa et al., 2015; Becker et al., 2019). However, the abundance of SAR11 was generally low in this research. In particular, the abundance was 0.25% to 4.5% in the May 2015 study of 16S rRNA. In contrast, the abundance of Prochlorococcus was generally high, especially in the August 2018 metagenomic study, where it accounted for more than 80% of the community (Figure S6).

There may be four reasons for the above distribution pattern: (1) Environmental conditions: The NWPO is located in the subtropical circulation and is in a perennial oligotrophic state due to strong stratification. There is a Pacific warm pool in the south. Influenced by the subtropical countercurrent, there is a strong western boundary current, the Kuroshio, to the west, and the influence of the Kuroshio Extension and Oyashio to the north(Fujiki et al., 2016; Kitamura et al., 2016; Cheng et al., 2017; Oka et al., 2018). The warm pool-Kuroshio-Kuroshio Extension has a strong influence on the community composition of the NWPO. The predominant pico-phytoplankton in the western Pacific warm pool and Kuroshio is Prochlorococcus, which can reach a cell abundance of 4~20×104 ml-1 (Choi et al., 2016). It is shown that in addition to the ability of Prochlorococcus itself to adapt to oligotrophic environments, Kuroshio plays a relatively important role in the input of the Northwest Pacific basin. (2) Seasonal change: In the study of Tara Oceans, the microbial samples were in the spring, autumn, and winter seasons corresponding to the northern and southern hemispheres (Sunagawa et al., 2015). Our metagenomic samples were collected from August to September 2018. At this time, it was late summer and early autumn in the NWPO. Previous studies had shown that the abundance of Cyanobacteria increased significantly in summer, especially Prochlorococcus, while the abundance of Proteobacteria decreased (Suh et al., 2014; Fujiki et al., 2016). (3) The interaction between Prochlorococcus and SRA11: There are many different strains of Prochlorococcus and SRA11, and there are some differences in ecological functions between different strains, which also makes the formation of complex interrelationships between Prochlorococcus and SRA11. For example, the potential symbiotic relationship (Carini et al., 2014). The glycolate produced during photorespiration in Prochlorococcus can fulfill the glycine requirements of some SAR11 strains (Carini et al., 2013). (4) Amensalism: In the co-cultivation experiment, when Prochlorococcus proliferates into a stable period, the abundance of SAR11 decreases. The relationship between SAR11 and Prochlorococcus changed from a symbiotic relationship at the beginning of the co-culture to amensalism(Becker et al., 2019). The significantly higher abundance of Prochlorococcus than SAR11 in the NWPO is also likely to be related to a change in the relationship between the two species. Therefore, further research is needed on the structure of microbial communities and species interactions in the NWPO.






Conclusion

In this study, the bacterioplankton community in the surface waters of the NWPO was investigated using metagenomic methods to shed light on the microbial taxonomy and functional diversity in this dynamic region. The distribution patterns of planktonic bacteria in different seasons were also analyzed in comparison with data from the literature. In total, more than 40 phyla and 2246 Prokaryotes, with Cyanobacteria, alpha-proteobacteria, gamma-proteobacteria, and Bacteroidetes being the dominant taxa. The distribution of bacterioplankton varied seasonally, with a clear latitudinal (regional) distribution pattern observed in spring, while environmental conditions such as temperature led to changes in the distribution pattern in summer. During summer, Cyanobacteria became the most dominant species, and the bacterioplankton communities became less diverse between water masses. At the same time, community differences between regions narrowed as environmental heterogeneity became smaller. The spatial separation of planktonic bacteria changed significantly. In addition, unlike the oligotrophic seas of the Eastern Pacific and Atlantic, the NWPO had a unique ocean current environment, with a low abundance of Proteobacteria, such as SAR11 and SAR86. The metabolic processes of microorganisms in the surface layer of the NWPO were dominated by carbohydrate metabolism, followed by amino acid transport and metabolism. And there was a low relative abundance of functional genes for carbohydrate metabolism in the microbial community of the Kuroshio-Oyashio mixing zone. This large-scale microbial metagenomic study also led to the assembly of 37 metagenomic assembled genomes (MAGs) belonging to the Proteobacteria, Bacteroidetes, and Euryarchaeota, providing further insights into the ecological functions of microorganisms in the region.
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Mesoscale eddies are energetic and swirling circulations that frequently occur in the open ocean. The effects of mesoscale eddies on the biogeochemical cycling of climate-relevant gases remain poorly constrained. We investigated the distribution and air-sea fluxes of CO2, methane, and five non–methane hydrocarbons (NMHCs) in an anticyclone eddy of Kuroshio Extension during September 2019. Within eddy core, intense stratification hindered the replenishment of nutrients and favored the growth of small-size phytoplankton, such as Prochlorococcus. Seawater pCO2 decreased from 406.1 μatm at the eddy outside to 377.5 μatm at the eddy core, accompanied by a decrease in surface seawater temperature from 26.7 °C to 25.2 °C. The vertical distribution of methane (0.3-9.9 nmol L-1) was influenced by the eddy process, with a maximum at 80 m in the eddy core, which might be attributed to the degradation of phosphonates sustained by Prochlorococcus. The concentrations of five NMHCs (ethane, ethylene, propane, propylene, and isoprene) ranged from 17.2-126.2, 36.7-168.1, 7.5-29.2, 22.6-64.1, 54.5-172.1, 3.5-27.9 pmol L-1, respectively. Isoprene correlated well with Chl-a concentrations at the eddy core, while no significant correlation was observed at the eddy outside. Air-sea fluxes of CO2 and isoprene associated with the eddy core were higher than those of the eddy outside, while the maximum ventilation of methane and other NMHCs (ethane, ethylene, propane, and propylene) was found at the eddy outside. Collectively, physical processes such as eddies impact the production and distribution of light hydrocarbons in seawater and further influence their regional emissions to the atmosphere.
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1 Introduction

Light hydrocarbons in the marine environment constitute an important part of the carbon cycle and play an important role in global climate change (Kansal, 2009; Exton et al., 2015; Li et al., 2022). Methane (CH4) is a key greenhouse gas with a much higher global warming potential than CO2 (IPCC, 2018). Non-methane hydrocarbons (NMHCs), including ethane, ethylene, propane, propylene, and isoprene, can react with NOx compounds in the atmosphere, and contribute to the formation of atmospheric ozone (Atkinson, 2000). The ocean has been identified as a natural source of climate-active gases, including methane and NMHCs (Borges et al., 2016; Bourtsoukidis et al., 2020; Rosentreter et al., 2021). The global ocean emission rates of CH4 and NMHCs (C2-C4) are estimated to be 10 Tg yr-1and 2.1 Tg yr-1, respectively (Plass-Dülmer et al., 1995; Saunois et al., 2016). Therefore, it is crucial to understand the dynamics and controls of these light hydrocarbons in pelagic marine systems.

The distribution of methane and NMHCs in the upper ocean is controlled by multiple factors. Marine algae are a potential source of hydrocarbons to the marine environment and their production rates are dependent on phytoplankton species (Broadgate et al., 2004; Damm et al., 2008). Additionally, bacterial are also important producers of hydrocarbons. For example, carbon-phosphorus (C-P) substrates (e.g., methylphosphonate and 2-hydroxyethylphosphonate) can be used by marine bacteria to induce methane and ethylene supersaturation in phosphate-depleted water column (Karl et al., 2008; Repeta et al., 2016; Sosa et al., 2020; Mao et al., 2022). In addition, photochemical degradation (Ratte et al., 1998; Riemer et al., 2000; Li et al., 2020) and bacterial oxidation (Steinle et al., 2015) of light hydrocarbons can also influence the balance of dissolved gases.

The Kuroshio and Oyashio currents are two western boundary currents that intersect in the North Pacific where Kuroshio and Oyashio Extension (KOE) are located. Mesoscale eddies frequently occurred in the KOE and their dynamics can influence the local climate and hydrography of the system (Williams et al., 2007; Itoh and Yasuda, 2010; Tozuka et al., 2017; Zhou et al., 2023). The positive/negative sea surface temperature anomalies generally observed in anticyclones/cyclones will influence the sea surface heat and momentum fluxes and further influence the mixed layer depth (MLD, Hausmann et al., 2017; Gaube et al., 2019). Anticyclonic eddy can deepen the MLD by increasing stratification and hindering nutrient upwelling thereby decreasing primary production rates (Shih et al., 2020). In contrast, upwelling in cyclonic eddies can thin the MLD and also transport nutrients vertically from the deeper water to the euphotic zone (Spingys et al., 2021). Furthermore, eddy-induced changes in nutrient profiles and phytoplankton community structure can influence the distribution of dissolved gases (Jickells et al., 2008; Weller et al., 2013; Sugimoto et al., 2017). A previous study demonstrated that a phytoplankton bloom in a southwest Pacific mesoscale eddy was associated with increased CH4 concentrations in the surface mixed layer (Weller et al., 2013). However, the effect of mesoscale eddies on dissolved gases, including CO2, methane, and NMHCs in marine waters remain poorly understood. In order to accurately assess global oceanic carbon emission fluxes, it is necessary to consider the effect of eddies on the climate-relevant gas emission fluxes (Yoshikawa et al., 2014; Li et al., 2019; Farias et al., 2021). As such, we conducted in situ measurements within an anticyclonic eddy in the North Pacific to constrain its influence on CO2, methane, and NMHCs dynamic in the KOE.




2 Materials and methods



2.1 Mesoscale eddy hydrography

A mesoscale anticyclonic eddy was visited in Northern Pacific on board the R/V “DongFangHong 3” during September 8-9, 2019 (Figure 1). This mesoscale eddy formed in early August, separated from the KE in September and dissipated in November (Figure S1). The geostrophic current velocity of the eddy is about 0.47 m s-1, and the eddy radius reached about 41.7 km. These mesoscale parameters were estimated using the sea level anomalies (SLA) data (Faghmous et al., 2015). The distribution of SLA were obtained from the Copernicus Marine Environment Monitoring Service (CMEMS) (https://marine.copernicus.eu) at 0.25° resolution. In addition, the data of temperature and salinity from 5-1000 m for the Oyashio and Kuroshio water masses were also downloaded from CEMES for reference (Figure 1C). According to the SLA data, sampling sites were categorized as the eddy outside (sites E1, E2; 0.05 ± 0.07 m) and eddy core (sites E4-E9; 0.50 ± 0.16 m). Shown in the T-S diagram (Figure 1C), the water mass of eddy core retained the high salinity characteristics of the Kuroshio extension. In addition, the sparse isotherms illustrated the strong stratification of the water mass occurred at the upper column in the eddy core (Figure 2). For the eddy outside, the water mass below the MLD is mainly characterized by low temperature and low salinity, with obvious Oyashio charateristic. Furthermore, the eddy core was accompanied by the formation of deeper MLD (24.20 ± 4.02 m) compared to the eddy outside (12.39-13.58 m).




Figure 1 | (A) Location of the anticyclonic eddy (dash box) in the Northern Pacific during September 8-9, 2019. Contour plots of sea level anomalies (SLA, unit:m; 0.25° resolution) were downloaded from the Copernicus Marine Environment Monitoring Service. (B) Study sites from E1 to E9. (C) Profiles of temperature vs salinity for sites E1-E9. Note that the data of temperature and salinity from 5-1000 m for the Oyashio and Kuroshio water masses were downloaded from CEMES for reference.






Figure 2 | The vertical distribution of temperature, salinity, Chl-a, DO, DOC, DIN, phosphate, silicate in the anticyclonic eddy.






2.2 Sample collection

Water samples above 250 m were collected at sites E1 to E9 during the expedition (Figure 1). The temperature and salinity of seawater were obtained from an SBE 911 plus conductivity–temperature–depth (CTD) probe. The MLD was defined by the threshold value of temperature (0.2 °C) from the surface value at 10 m depth (de Boyer Montégut et al., 2004). Seawater samples for CH4 and NMHCs analysis were collected from 12 L Niskin bottles. Subsamples were gently introduced into 120 mL brown glass bottles through a rubber tube and overflowed 3 times of the bottle volume, and then 50 μL saturated HgCl2 solution was added to inhibit biological activities. Samples were then sealed with aluminum caps containing Teflon septa and temporarily stored at 4 °C in the dark (Wu et al., 2021; Li et al., 2022). About 1 L seawater was filtered through Whatman filter (0.7 μm) for chlorophyll a (Chl-a) measurement and filters were frozen at -20 °C. For the analysis of single phytoplankton cells, 50 mL seawater at sites E1, E5, and E9 was preserved in acidic Lugol’s solution at a volumetric ratio of 1:100. For the nutrients sample, ~60 mL seawater was filtered through 0.45 μm cellulose acetate filters and the filtrates were stored frozen at -20 °C. Dissolved organic carbon (DOC) samples were filtered using precombusted (450 °C, 3 hours) 0.7 μm GFF filters. All DOC samples were preserved in precombusted glass bottles with acid cleaned (10% HCl) and frozen at -20 °C until analysis. Furthermore, air samples for determining atmospheric concentrations of methane and NMHCs from three sites (E1, E4, E9) were collected in 3 L fused-silica lined stainless-steel canister (Restek, USA) from 10 m above the sea surface.




2.3 Biogeochemical analyses

Seawater CH4 concentration was determined using a cryogenic purge and trap system connected to a gas chromatograph with a flame ionization detector (GC, Agilent 8090, USA). Dissolved CH4 of seawater was purged with high-purity nitrogen gas (50 mL min-1) and trapped at 1/8 stainless steel pipe (Porapak Q, 80-100 mesh) by liquid nitrogen. After purging for 10 minutes, methane was released from the trap loop by heating in a boiling water bath. The gaseous sample was introduced into gas chromatography equipped with the flame ionization detector and capillary column (HP-PLOT/Q, 30 m × 0.32 mm × 20 μm). The oven temperature was maintained at 90 °C, and the peak of the sample was shown in 2 minutes after sample introduction. The method detection limit for methane analysis in this study was 0.1 nmol L-1, and the standard deviation was less than 3%.

Similarly, seawater NMHCs concentration was measured using a cryogenic purge and trap system connected to a gas chromatography-mass spectrometer (GC-MS, Agilent 7890A/5975C, USA). About 50 mL seawater was injected into the sparging chamber and purged with high-purity helium gas (50 mL min-1) for 15 minutes. Anhydrous magnesium perchlorate (Mg(ClO4)2) and sodium hydroxide (NaOH) were used as desiccants to remove moisture. The GC was equipped with an Rt-Alumina Bond/KCl capillary column (30 m × 0.32 mm × 5 μm), and the temperature program was set as follows: oven temperature started at 40 °C for 6 minutes, gradually raised to 120 °C with the rate of 5 °C/min, held at 120 °C for 8 minutes, raised to 170 °C at 30 °C min-1 and held at 170 °C for 10 minutes. The detection limit of the method was 0.5 pmol L-1. In addition, atmosphere samples were measured using the GC-MS coupled with an atmospheric pre-concentrator (Nutech 8900DS, USA).

Dissolved oxygen (DO) was measured on board followed by the Winkler titration method (Bryan et al., 1976). The concentration of Chl-a was analyzed with a fluorescence spectrophotometer (Hitachi F-4500, Japan). Flow cytometry was used to determine the single phytoplankter cells (Chen et al., 2017). Pigments were excited with a 488 nm laser beam delivered by a 20 mW solid state laser. Each intercepted cell was characterised by five scatter and fluorescence signals, namely sideward scatter, red fluorescence (FLR; 668–734 nm), orange fluorescence (FLO; 601–668 nm) and yellow fluorescence (FLY, 536–601 nm). The flow cytometer was driven by the CytoSub software and data was analyzed using CytoClus3 software (CytoBuoy). Three sizes of phytoplankton community, namely picophytoplankton, nanophytoplankton and microphytoplankton were determined at sites E1, E5, and E9. The concentration of dissolved inorganic nitrogen (DIN, nitrate plus nitrite), phosphate (PO43-), and silicate (SiO32-) were determined with an AA3 nutrients analyzer (SEAL Analytical, UK). Samples for DOC were analyzed via the high-temperature catalytic oxidation method (Guo et al., 2011). ~10 mL sample was acidified to pH 2-3 with 2 mol L-1 HCl, and bubbled with high-purity nitrogen (N2) gas to remove dissolved inorganic carbon. Organic carbon was catalytically oxidized to CO2 (with 0.5% Pt-Al2O3) at 680 °C, which was measured with a non-dispersive infrared gas analyzer (Shimadzu TOC-VCPH, Shimadzu Co., Japan).




2.4 Underway observation

The underway observation of pCO2 was carried out from 152.0° E to 156.0° E along the transect of 37.6° N. Seawater at approximately 3 m below the sea surface was pumped into the laboratory and the flow rate of seawater was set to 1 L min-1. After separation of gaseous and aqueous phase using a spraying equilibrator, gaseous samples were filtered through a 0.1 μm filter membrane before analysis using a Gas Concentration Analyzer (Picarro G2131-i, USA) with the cavity ring-down spectroscopy (CRDS). Air samples were collected from 10 m above the sea surface at the flow rate of 300 mL min-1. The instrument was calibrated with standard gas at CO2 levels of 200 ppmv, 400 ppmv and 600 ppmv every 3 hours (China National Research Center for Certificated Reference Materials) with an uncertainty is less than 0.1%. Sea surface temperature (SST), salinity (SSS), and Chl-a were measured by Ferrybox (4H-JENA, Germany), a highly integrated, automatic device equipped with multiple probes (SBE45, USA; Seapoint Chlorophyll Fluorometer, USA).




2.5 Nutrients transport fluxes

Nutrient flux (Nflux), representing the vertical diffusive flux of nitrate through the base of the euphotic zone, was calculated using Fick’s first law of diffusion as Eq. 1 (Shih et al., 2020).



In Eq. 1, Kz was the average diffusion coefficient in the upper 150 m water column and dN/dz was the vertical gradient of nitrate between the MLD and 150 m. The diffusion coefficient was estimated using Eq. 2:



where ϵ represented the turbulent energy dissipation rate and was determined by the techniques outlined by Dillon (1982) and n was the buoyancy frequency, which was calculated as the vertical density gradient between the MLD and 150 m. In addition, water column inventories of N(I-N), P (I-P), and Si (I-Si) were calculated by the trapezoidal integration for the upper 150 m.

In the interior of the ocean, the biogeochemical cycle of nitrate and phosphate is affected by physical transport and the process of nitrification and denitrification, which will affect the growth of phytoplankton. N* and P* as a tracer indicating the perturbation of phytoplankton growth was calculated by Eq. 3 and Eq. 4 based on the Redfield ratio (Gruber and Sarmiento, 1997).





In Eq. 3 and Eq. 4, N and P represent the concentration of inorganic nitrogen (nitrite + nitrate + ammonium) and phosphate, respectively. N* or P* value near zero reflects nutrient conditions approximately equal to the Redfield ratio, whereas positive and negative values of N* or P* were associated with non-conservative behavior.




2.6 Air-sea gas flux calculations

The air-sea fluxes of CO2 (unit: g C m-2 y-1), methane and NMHCs (unit: mol m-2 day-1) was calculated with following equation (Eq. 5):



where Csea and Catm were the concentration of hydrocarbons in the surface seawater (unit: mol L-1) and atmosphere (unit: ppm), respectively. k, the gas transfer velocity, calculated by the empirical formula proposed by Wanninkhof (1992) as Eq. 6.



where Sc was the Schmidt number in seawater, and u was the wind speed at 10 m height (unit: m s-1).





3 Results



3.1 Physical and biogeochemical property

The temperature-salinity (T-S) diagrams of sites E1 and E2 reflect the rapid change of temperature and salinity in the water column above 50 m (Figure 1C). In contrast, the sampling sites at the eddy core generated a T-S diagram representing the more stratified water column, and an obvious feature in the isothermal curve and isohaline curve occurred at the eddy core (Figure 2). Additionally, the SST decreased from 26.7 °C to 25.2 °C and SSS varied from 34.2 to 34.6 between sites E3 and E7 (Figure 3). Across all sampling sites, the MLD ranged from 10.9 m to 30.1 m with the shallowest at the site E2 and the maximum of MLD at the edge of eddy (site E8) (Table 1).




Figure 3 | The underway observation of SST, SSS, Chl-a, wind speeds, [CO2] in seawater, [CO2] in the atmosphere, and air-sea fluxes of CO2 at the 37.63°N transect. Noted that shadowed region represent the eddy outside (green) and core (pink).




Table 1 | Summary of environmental variables, including the mixed layer depth (MLD), temperature, and salinity at MLD; the maximum value of Chl-a and its depth (DCM); the average concentration of nitrate, nitrite, DIN, phosphate, silicate, dissolved organic carbon (DOC), and dissolved oxygen (DO), respectively; the abnormal of Redfield ratio for N* and P*; water column inventories (0–150 m) of DIN, silicate, phosphate, and Chl-a for I-N, I-Si, I-P, and I-Chl-a; the calculated values of diffusion coefficient (Kz); the vertical flux of N; the average concentration of methane, ethane, ethylene, propane, propylene, and isoprene, respectively.



We measured biogeochemical parameters along with nutrient distributions between the eddy outside and eddy core (Table 1). The distribution of nitrate and phosphate showed a remarkable difference between the eddy outside (nitrate, 8.43 ± 5.37 μmol L-1; phosphate, 0.41 ± 0.27 μmol L-1) and eddy core (nitrate, 4.03 ± 3.33 μmol L-1; phosphate, 0.11 ± 0.15 μmol L-1). Nflux was higher at the eddy outside (2.46 ± 0.11 mmol m−2 d−1) than at the eddy core (0.67 ± 0.63 mmol m−2 d−1). Phytoplankton biomass might also vary following the change of nutrient distribution. The range of Chl-a at the DCM for the eddy outside and inner were 0.33 ± 0.10 μg L-1 and 0.50 ± 0.09 μg L-1, respectively. The deep chlorophyll maximum (DCM) was considerably deepened at site E5 (80 m) corresponding to elevated DOC concentrations below the MLD (Figure 2). DOC concentration below MLD at the eddy core ranged from 0.59 to 1.42 mg L-1 with a maximum value at 105 m depth for site E6. Furthermore, Synechococcus was the dominant species at site E1, followed by picoeukaryotes, while dominant species switched to Prochlorococcus at the eddy core. The growth of microeukaryotes and nanoeukaryotes was largely inhibited and contributed to less than 0.9%~2.4% of phytoplankton community (Figure 4).




Figure 4 | The proportion of the phytoplankton community in the DCM layer at the eddy outside (site E1), core (sites E5, E9).






3.2 Spatial distributions of methane and NMHCs

The change in dissolved CO2 was similar to that of the SST, decreasing from 406.1 μatm at the eddy outside to 377.5 μatm at the eddy core (Figure 3). Across all sites, dissolved CH4 concentrations ranged from 0.3 nmol L-1 to 9.9 nmol L-1, with an average of 3.4 ± 2.2 nmol L-1. The maximum of CH4 was observed at 80 m at the eddy core (site E05; Figure 5). At the sites E7-E9, CH4 concentrations were< 4 nmol L-1 and did not vary substantially with depth. Average concentrations of ethane, ethylene, propane, and propylene were 33.4 ± 18.3, 62.9 ± 22.8, 14.1 ± 5.6, 33.5 ± 7.3 pmol L-1, respectively. Similar distributions of light alkanes and alkenes (C2-C3) were observed at site E2, and abundant hydrocarbons occurred at the surface layer and 180 m (Figure 5). Higher NMHCs concentrations were observed at the eddy core, with the maximum concentrations observed at site E4. Similar to methane, dissolved ethane, propane, and propene did not vary with depth at the sites E7-E9. In contrast, ethylene concentrations were elevated up to ~85 pmol L-1 at site E7. Isoprene, commonly produced by phytoplankton, ranged from 3.5 pmol L-1 to 27.9 pmol L-1, with an average of 10.4 ± 6.7 pmol L-1. The spatial distribution of isoprene closely matched that of Chl-a concentration with the maximum located above DCM.




Figure 5 | The vertical distribution of methane and five NMHCs (ethane, propane, ethylene, propylene, and isoprene) in the anticyclonic eddy. Note that the blank data points without color filled indicated the depth of DCM.






3.3 Air-sea fluxes of CO2, methane and NMHCs

We compared air-sea fluxes of CO2, methane, and NMHCs throughout the eddy to elucidate the influence of the eddy on the distribution of these compounds (Figures 3, 6). Wind speed was elevated at the eddy core sites and ranged from 1.10 to 4.65 m s-1 with an average of 3.21 ± 0.81 m s-1. The maximum wind speed was observed at site E4 (4.65 m s-1). In contrast, wind speed decreased to 0.35 m s-1 at the site E9. Air-sea fluxes of CO2 across the eddy varied from -3.1 to 0.06 mmol m-2 d-1, with the maximum value calculated at the eddy core (Figure 3). Note that the negative value indicates that the ocean is a sink for the atmosphere, while the positive value represents that the ocean is a source. The air-sea fluxes of CH4 ranged from 0.1-1.6 μmol m-2 d-l and was substantially lower at the sites E8-E9 relative to the other sites (Figure 6). The calculated air-sea fluxes of the five NMHCs varied from 0.9-34.7 (ethane), 2.3-108.3 (ethylene), 0.5-14.0 (propane), 1.2-34.7 (propylene), and 0.4-5.8 nmol m-2 d-l (isoprene), respectively. Except for isoprene, the maximum air-sea fluxes of NMHCs occurred at site E2. Instead, the maximum isoprene (4.2 ± 1.2 nmol m-2 d-1) fluxes were observed at the eddy core (site E5).




Figure 6 | Surface seawater concentration (blue symbol and line) and air-sea fluxes (red symbol and line) of methane (A) and five NMHCs (E–F) at sites E1 to E9.







4 Discussion



4.1 Nutrients dynamic influenced by anticyclonic eddy

Eddy and other mesoscale processes (lateral advection, eddy pumping and eddy-driven stratification) are prevalent in the ocean and influence the distributions of nutrients and organic carbon in the upper water column (Mcgillicuddy, 2016; Shih et al., 2020). The maximum value of N fluxes at the eddy outside manifests the nutrient supplement of the deep water (Table 1), which is consistent with previous studies of nutrient enrichment at the edge of anticyclonic eddies (Zhou et al., 2013; Mcgillicuddy, 2016). Likewise, the value of I-N, I-P and I-Si were higher at the eddy outside compared to other sites in the eddy system (Table 1). Therefore, the upper water column of the eddy core represents a nutrient limitation compared to the eddy outside.

Furthermore, N* increased from 4.44 ± 1.35 μmol kg-1 (eddy outside) to 5.71 ± 2.35 μmol kg-1 (eddy core). Phosphate concentrations were limited as reflected by a decrease in P* (-0.14 ~ -0.26). The limitation of nutrients will restrict the development of phytoplankton in the anticyclonic eddy. In our study, large size eukaryotes such as nanophytoplankton and microphytoplankton were detected with low abundance, but Prochlorococcus was highly abundant at the eddy core. In addition, elevated phytoplankton cell mortality rates and cell lysis rates at the anticyclonic eddy could be responsible for the higher DOC production (Lasternas et al., 2013). Taken together, the process of anticyclonic eddy leads to a change in nutrient conditions, phytoplankton structure in the upper ocean.




4.2 Potential controlling factors of methane and NMHCs in the eddy

Methane production is directly linked to the N, P and C cycles as feedback of environmental perturbations such as changes in phytoplankton structure and nutrient supply (Damm et al., 2008; Karl et al., 2008). The methane maximum at site E5 in the eddy outside may be related to the low nutrient level in the water column (Weller et al., 2013). Under nutrient limited conditions, microorganisms can use compounds such as methylamine and methylphosphonate (MPn) as alternative sources of P and N (Repeta et al., 2016; Ye et al., 2020; Mao et al., 2022). The microbial utilization of MPn lead to the lyase of C-P and CH4 could be produced as a by-product (Repeta et al., 2016; Acker et al., 2022). Furthermore, most semi-labile DOM including MPn is produced by Prochlorococcus in the open ocean (Repeta et al., 2016). Hence, the growth of Prochlorococcus at the eddy core facilitated methane production through the C-P pathway. The vertical distribution of methane is homogenous at sites E7 and E8, which could be caused by the increasing depth of the mixing layer.

Isoprene is produced biologically by phytoplankton, and its distribution reflects the abundance and structure of phytoplankton (Broadgate et al., 2004; Li et al., 2019; Conte et al., 2020). As such, a subsurface maximum was observed for the concentration of isoprene in the water column, generally consistent with the depth of DCM (Figure 5). Interestingly, strong correlation between the isoprene and Chl-a was observed at the eddy core (R2=0.38; n=32; P<0.01), while little correlation occurred at the eddy outside (R2=0.003; n=11; P>0.01). Such difference indicated that phytoplankton structure could be important in the isoprene distribution as the production of isoprene was species-dependent (Broadgate et al., 1997; Kurihara et al., 2010; Li et al., 2021). It has been demonstrated that Prochlorococcus was an important producer of isoprene in the open ocean (Shaw et al., 2003). At the eddy core, the abundance of Prochlorococcus was much higher than other species, suggesting that Prochlorococcus dominate the production of isoprene and also explained the observed correlation between isoprene and Chl-a. Previous laboratory studies have found various species of microeukaryotes, nanoeukaryotes, picoeukaryotes and cyanobacteria (including Prochlorococcus and Synechococcus) are all the isoprene producers (McKay et al., 1996; Shaw et al., 2003). Although the size of the phytoplankton cell influences the production rate, the abundance of Prorochlorococcus is one or two orders of magnitude higher than that of other eukaryotes. Therefore, the succession of small-size phytoplankton leads to the variation of isoprene in the anticyclonic eddy. In contrast to isoprene, other NMHCs have different sources, and the distribution could be impacted by other environmental factors. Previous studies found light NMHCs can be produced through the degradation of polyunsaturated lipids, which originate from marine phytoplankton (Lee and Baker, 1992; Broadgate et al., 2004; Plettner et al., 2005). The concentrations of ethane and ethylene at the eddy outside were higher than those at the eddy core, in which the abundant DOC was enriched at the surface layer. The maximum of NMHCs occurred near DCM at the sites E5 and E6, which could be caused by the degradation of phytoplankton-related organic matter. Similar to methane, ethylene and propylene can also be produced by the bacterial degradation of phosphonates (Repeta et al., 2016). Increased phytoplankton mortality during the eddy process would enhance the autolysis of phytoplankton cells, which could contribute to the subsurface maximum for ethane and propane (McKay et al., 1996). Principal component analysis (PCA) is used to analyze the influence of environmental factors on methane and NMHCs in eddy process (Figure 7). The results of PCA analysis illustrate that two principal components explain >60% of the total variation. For Figures 7A, B, PC1 is related to the temperature and nutrients (DIN, phosphate, silicate) and PC2 is significantly loaded by salinity, DOC. Methane exerts major contribution to PC2, indicating that the spatial distribution of DOC influenced by eddy activity affects the methane production, such as MPn pathway. By contrast, isoprene was strongly loaded in the PC2, illustratate that isoprene may be more sensitive to temperature. Previous studies with phytoplankton monocultures have found positive dependence of isoprene production rate on temperature within -0.8 ~ 23 °C, which is restricted to the enzymatic activities (Shaw et al., 2003; Simó et al., 2022). Our results also indicated 23 °C is the optimum temperature for isoprene production (R2=0.286; n=34; P<0.01; Figure S2), which is responsible for the maximum value at the subsurface (Simó et al., 2022). In addition, the response of light alkanes and alkenes to environmental factors may be complicated, especially the biological factors are relatively weak (Figure 7C). Furthermore, the strong correlation was observed between light alkanes and alkenes, which suggested that similar source or removal processes was affected by eddy activity (Figure 7D).




Figure 7 | Principal component analysis (PCA, A–C) and correlation analysis (D) of methane, NMHCs and environmental factors. For (A–C), the red dot represents the eddy outside station (E1,E2), the black dot represents the eddy core station (E4-E9); 95% confidence was marked by ellipse; the blue arrow indicates the variables used for PCA, and the percentage of variance is displayed on the x and y axis. For (D), Pearson’s correlation coefficient is used for correlation analysis; the asterisk (*) indicates a correlation coefficient of less than 0.05 level.






4.3 Effect of anticyclone eddy on the air-sea fluxes of gases

The occurrence of ocean eddies exerts curial influence on the vertical structure of the marine atmospheric boundary layer and further affects many atmospheric processes including air turbulence, wind speeds, as well as air-sea exchange (Frenger et al., 2013; Weller et al., 2013; Pezzi et al., 2021). Apparently, the sites E2-E7 were influenced by a strong wind field (2.93-3.47 m s-1), while the wind speed at the sites E1 (1.88 m s-1), E8 (0.97 m s-1) and E9 (1.11 m s-1) were relatively calm. For air-sea exchange, the calculated air-sea fluxes of CO2 in this anticyclone eddy (-1.04 ± 0.80 mmol m-2 d-1) were lower than those reported values in the KOE region (-6.5 mmol m-2 d-1, Sutton et al., 2017; -2.70 ± 2.31 mmol m-2 d-1, Yan et al., 2023) and North Pacific extratropic (2.42 ± 0.67 mmol m-2 d-1, Ishii et al., 2014). In addition, the sink of CO2 at the eddy core (-1.27 ± 0.78 mmol m-2 d-1) was stronger than the eddy outside (-0.60 ± 0.57 mmol m-2 d-1). According to Eq. 5 and Eq. 6, the elevated air-sea CO2 exchange at the eddy core could be joint result of lower SST, higher pCO2, and strong winds. Furthermore, air-sea fluxes for methane (0.10-1.64 μmol m-2 d-1) and isoprene (0.42-5.79 nmol m-2 d-1) were lower than the reported values in the Pacific (methane: 1.64-2.93 μmol m-2 d-1, Rehder and Suess, 2001; Isoprene: 2.1-300 nmol m-2 d-1, Matsunaga et al., 2002; Li et al., 2019). Higher methane emission occurred at sites E2 and E5, and the maximum flux of isoprene occurred at site E5 where had the highest surface concentration. For other NMHCs, the emissions of ethane, ethylene, and propylene appear to be attenuated at the site E6-E9 due to the decrease in surface concentration. Collectively, eddy processes can affect local regional sea-air exchange processes by influencing water temperature, gas concentrations and wind fields. Globally, the effect of eddy on gas emissions could be important given the prevalence of mesoscale eddies in the ocean, which should be considered in the estimation of global sea-air fluxes in the future.





5 Summary

In this study, we investigate the distribution and emission of climate-relevant gases including CO2, methane, and NMHCs in an anticyclone eddy in the KOE during September 8-9, 2019. The eddy exhibited remarkable nutrient limitation due to the downward isopycnal displacement, which favored the growth of small-size phytoplankton, especially Prochlorococcus. Phosphorus limitation within the eddy facilitated the production of methane from the C-P pathway. Significant correlation was observed between dissolved isoprene and Chl-a due to the dominance of Prochlorococcus at the eddy core sites. The elevated concentrations of ethane, propane, ethylene, and propylene in the water column could be related to the production of DOC. Air-sea fluxes of gases were largely influenced by the anticyclone mesoscale eddy. The ventilation of CO2 and isoprene increased at the eddy core, while the air-sea fluxes of methane and light NMHCs were lower at the eddy outside due to the reduced wind speeds. Our results indicate mesoscale eddy exerts an important influence on the distribution and emission of light hydrocarbons, short-lived ocean events such as mesoscale eddies should be considered in the future estimates of gas fluxes.
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Station Water Latitude (N) Longitude (E) Temperature (°C) salinity NO;~ NH," NPP

depth (m) (umol L™")  (nmol L) (mg C m2d")
D2 5894 32004’ 146°12' 1.60 3469 36.38 14 1853
D4 5826 37°00" 148°48' 1.60 34.69 36.24 12 2513
D6 5548 41°00 151°12/ 159 3469 36.34 15 287.6
E4 5408 38°30° 146°30° 154 34.69 36.74 15 3137
E10 6011 35°30° 150°00° / / / / 2169

Temperature and salinity were measured using a CTD probe. NPP derived from the monthly remote sensing data (01.09.1997-01.06.2021) was provided by Copernicus Marine
Environment Monitoring Service (CMEMS, https://marine.copernicus.eu/).
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