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Editorial on the Research Topic 


Eddy-current interactions in the ocean and their impacts on climate, ecology, and biology


Oceanic mesoscale eddies are ubiquitous and energetic in the world oceans (Chelton et al., 2011). Mesoscale eddies interact with large-scale currents intensely (Frolov et al., 2004; Magalhaes et al., 2017; Yan et al., 2019; Figure 1), playing important roles in variations of climate, marine ecology and biology (Ma et al., 2016; Baldocchi, 2020).




Figure 1 | A snapshot of the surface geostrophic current speed (m/s) in the global ocean derived from satellite altimeter data.



Eddy-current interactions have been observed in the regional ocean (Nan et al., 2011b; Nan et al., 2017; Wang R et al., 2022). However, the processes and dynamics of eddy-current interactions need to be further explored. How these interactions influence the climate, marine ecology and biology remain unclear. In addition, eddy-current interactions redistribute the nutrients in the ocean, and it is not clear how they impact the primary productivity and the plankton community in different ecoregions. It is important for marine researchers to know the effects of eddy-current interaction on the changes of physical environment for the ocean ecosystem as well as the subsequent biological processes impacted by the changes that can lead to enhanced primary productivity in the ocean.

This Research Topic focuses on studies exploring eddy-current interactions in the ocean based on in-situ observations and/or physical-ecological coupled models, and their impacts on climate, marine ecology and biology.




Eddy-current interactions: observations and modeling

Over the past years, there are more and more observations of eddies, currents, and their interactions. For example, three anticyclonic eddies were detected by both in situ measurement and satellite altimeter data in the northern South China Sea (Nan et al., 2011a). Their horizontal/vertical structure, evolutionary processes associated with large-scale current were investigated. An extra-large subsurface anticyclonic eddy was captured by in-situ measurements east of the Kuroshio axis (Nan et al., 2017). When approaching the strong Kuroshio current, it can significantly increase the subsurface speed of the Kuroshio current. In this Research Topic, using mooring array observations, Huang et al. and Wang, et al. showed that there are significant seasonal and interannual variations of the currents both in the upper layer and in the subthermocline in the northwestern Pacific. In the subthermocline, there exist energetic subthermocline eddies with dominant intra-seasonal variations (Nan et al.). The subthermocline eddies enhanced both the isopycnal and diapycnal mixing of interhemispheric intermediate waters. Using the data from 12 Current–Pressure Inverted Echo Sounder (CPIES) during 2018–2019, Ren et al. observed the three-dimensional structure of eddies and investigated their interactions with Kuroshio current. The results showed that when anticyclonic/cyclonic eddy interacts with Kuroshio, the pycnocline tilt was increased/decreased resulting in a strengthening/weakening of the Kuroshio current speed. Based on CPIES observations in the Kuroshio Extension region, a cold eddy with maximum temperature anomaly (-9.1°C) was captured (Zhang et al.). Its three-dimensional structure and energy budget were investigated. Observational results provide a better understanding on the processes and dynamics of eddy-current interactions.

The state-of-the-art numerical ocean model is a powerful tool for investigating eddy-current interactions in the ocean, as it can provide high-resolution and comprehensive information that is difficult or impossible to obtain by in-situ field observations or remote sensing (Zhu et al., 2015; Cao et al., 2021). Especially, physical-ecological coupled dynamical models are fitted for studying how eddy-currents interactions impact on marine ecology and biology, influencing the primary productivity, plankton community, fishery resources and carbon cycle (Ji et al., 2022). Chen et al. indicated that there was plentiful sub-mesoscale energy in the Kuroshio current along the continental slope of the East China Sea (ECS), and found that a closely connected system with multi-scale dynamical processes, by employing a high-resolution ocean circulation numerical model. Lin et al. investigated the responding of the typhoon-induced upper ocean to the oceanic eddies by using a coupled ocean-atmosphere model, and indicated that both the vertical mixing and horizontal advection of eddy-related currents can enhance sea surface cooling. Xu et al. employed a hydrodynamic ocean model with cyclonic and anticyclonic eddies to reveal the response of the phosphate transportation from the cross-shelf Kuroshio to the ECS. The phosphate transportation could be reduced (increased) by cyclonic (anticyclonic) eddy due to the strong interaction with the Kuroshio Current. Guo et al. compared and evaluated global and regional operational oceanography forecasting systems by focusing on the effect of native typhoons Cempaka and Lupit in 2021 on the oceanic and ecological processes. It is found that typhoon could induce different chlorophyll-a bloom processes from coastal waters to the continental shelf, and river discharge could bring extra nutrients to stimulate chlorophyll-a bloom in coastal waters and its impact could extend to the continental shelf.





Impacts of eddy-current interactions on climate change

Both observations and model simulations have indicated that energetic eddies and their interactions with large-scale ocean currents could greatly affect sea-air interactions and oceanic heat transports in both the horizontal and vertical directions, which further modulated the spatial patterns of interannual-decadal climate variabilities and long-term warming (Ma et al., 2015; Ma et al., 2016; Beech et al., 2022; Guo et al., 2022; Li et al., 2022; Wang et al., 2022; Zhang et al., 2023). Despite significant progress, characteristics and the underlying dynamics of ocean eddies and eddy-current interactions influencing the global and regional climate change and variabilities are still not well understood. This Research Topic presents several detailed studies on the impacts of eddies and eddy-current interactions on regional circulation and climate variabilities. Interannual variations in the Kuroshio Extension in the North Pacific Ocean could remotely cause significant changes of the middle and upper troposphere trough over the Mediterranean and eastern Europe in winter through both Rossby wave propagations and eddy activities in the atmosphere (Jiang et al.). In the tropical Northwestern Pacific Ocean, eddies acted to influence climate change and variabilities in different ways in different regions. In two belts in the tropical Pacific warm pool, short-lived cyclonic and anticyclonic eddies were widespread and regulated variations in sea surface temperature and mixed layer depth, which could influence tropical cyclone formation and sea-air interactions (Liu et al.). East of the Luzon Strait, cyclonic eddies enhanced sea surface cooling during the passage of Typhoon Soulik in July 2013 through changing the three-dimensional temperature structure and generating anomalous horizontal currents (Lin et al.). In the western boundary region, anticyclonic (cyclonic) eddies strengthened (weakened) the Kuroshio current (Ren et al.), which is one of the strongest currents on Earth and brings heat from the tropics to mid-latitudes. The intraseasonal signals induced by eddies resulted an insignificant seasonal variability of the Kuroshio current in 2018 based on mooring observations (Wang, F. et al.). In the subthermocline (>26.5  ) eddies enhanced diapycnal diffusivity up to O(10−4) m2 s−1, which was approximately one order larger than the background value and was also larger than diapycnal diffusivity generated by tides and near-inertial oscillations (Nan et al.). This finding implied that diapycnal mixing caused by subthermocline eddies may be important in closing the global ocean energy budget (Nan et al.). In addition, anticyclonic eddies could relay low potential vorticity of North Pacific Subtropical Mode Water from regions east of the Luzon Strait and transport them over long distances in the South China Sea, conveying large-scale sea-air interaction signals in the North Pacific Ocean to marginal seas (Wang, R. et al.).





Impacts of eddy-current interactions on marine ecology and biology

The interaction between ocean eddies and currents can significantly modify the physical environment such as temperature, salinity and ocean water movement that marine ecosystem heavily depends on. It also affects biological conditions such as the nutrient concentration and light availability (Babin et al., 2004; Walker et al., 2014). Chen and Tang (2012) presented a clear evidence of a phytoplankton bloom with an eddy-shape happened in South China sea in 2009, which could be directly linked to a cold ocean eddy that was caused by tropical cyclone Linfa. Babin et al. (2004) examined the enhanced chlorophyll concentrations within the cool wakes of hurricanes occurred in Sargasso Sea region, North Atlantic Ocean during the period between 1991 to 2001, and showed that the ocean eddy caused by hurricane can push down the mixed layer depth along with lower sea surface temperature, and bring deep nutrients upward that fuel the phytoplankton growth. Gierach and Subrahmanyam (2008) further studied the biophysical responses of the upper ocean water to several hurricanes occurred in Gulf of Mexico in 2005, and reported a maximum temperature about 4-7 °C and chlorophyll-a increase about 2-4 µg/L. Based on these recent progresses about phytoplankton bloom related to ocean eddies, more studies about the ecosystem processes related to eddy-current interaction in South and East China Sea have been conducted. As phytoplankton is crucial to ocean ecosystem, and abundant variety of phytoplankton species co-exists, it is necessary to understand the phytoplankton community that contribute the chlorophyll enhancement. Gong et al. incubated seawater samples that were collected at surface and deep chlorophyll maximum depths, and found that diatom tend to dominate after 72-hour incubation with good light condition and nutrient supplies, which help us to understand the changes of phytoplankton when ocean eddy events happens. Xu et al. found that the anticyclonic eddies can significantly increase the phosphate transport in the ECS.





Contribution and perspectives

In this Research Topic, we introduce the Research Topic to study the eddy-current interactions in the ocean and their impacts on climate, marine ecology and biology. Totally, 15 papers are published in this Research Topic. Usually, eddy-current interactions are highly complex and nonlinear, which involve multiple physical processes and spatiotemporal scales, such as turbulence, mixing, diffusion, mesoscale/submesoscale eddy, internal waves, etc. In order to well represent the eddy-current interactions, all these processes should be included into the numerical/conceptual models. Especially, the coupled three-dimensional atmosphere-ocean and physical-biogeochemical model should be developed to simulate the eddy-current interactions’ impacts on marine ecology and biology. Results from in-situ observations and/or physical-ecosystem coupled models can significantly improve our knowledge and provide a better understanding of the eddy-current interactions and their influences. More targeted observations on eddy-current interactions are strongly recommended to be conducted in the future. The studies included in our Research Topic brought new knowledge about the impact of eddy-current interaction on the ocean ecosystem, which is useful for marine researchers to understanding the phytoplankton blooms that increasingly occur in many regions of the world ocean.
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Interannual variability of the North Equatorial Current (NEC)/Undercurrent (NEUC) in the northwestern Pacific was investigated with the mooring array measurements at 130°E during 2014-2021, in combination with the satellite altimetry. Mooring observations indicate that the velocity of the NEC/NEUC in the upper 900 m exhibits significant variations on the interannual time scale. The westward-flowing NEC strengthens when the underlying eastward-flowing NEUC weakens, and the NEUC branch at 8.5°N is intensified during the mature phase of El Niño and reaches the maximum velocity during the decay phase of El Niño. The phase of the interannual variation of the currents delays with the increasing latitude, with the signal at 15°N lagging that at 8.5°N by about one year. Based on a 1.5 layer reduced gravity model, the interannual variation is suggested to be controlled mainly by the westward propagating baroclinic Rossby wave induced by the wind stress curl forcing in the central Pacific. Different propagating speed of the baroclinic Rossby wave at different latitudes explains the meridional phase lag of the interannual signal. Empirical Orthogonal Function and vertical mode decomposition analysis suggest that the interannual variation of the NEC/NEUC velocity in the northern part is dominated by surface-intensified signals with a vertical structure of the first baroclinic mode, while that in the southern part is dominated by subsurface-intensified signals which is associated with the combination of the first two baroclinic modes. The low-order mode baroclinic response of the ocean to the wind forcing accounts for the interannual fluctuation of the NEC/NEUC velocity observed by the mooring array.




Keywords: North Equatorial Current, North Equatorial Undercurrent, interannual variability, Rossby wave, vertical mode



Introduction

The northwestern tropical Pacific Ocean has a complex three-dimensional ocean circulation system, including the wind-driven currents like the westward-flowing North Equatorial Current (NEC), northward-flowing Kuroshio Current (KC), and southward-flowing Mindanao Current (MC), as well as the subsurface current system beneath them, such as the eastward-flowing North Equatorial Undercurrent (NEUC), southward-flowing Luzon Undercurrent (LUC), and northward-flowing Mindanao Undercurrent (MUC) (e.g., Lukas et al., 1991; Hu et al., 2015). Among others, the NEC, as the boundary of the tropical and subtropical gyres and the origin of the low latitudes western boundary currents, play crucial roles in mass and heat exchange between the mid- and low-latitude North Pacific Ocean, and are of particular importance for understanding the ocean and climate variability (e.g., Qiu et al., 2015b).

Many studies have focused on the characteristics and variability of the NEC on different time scales with hydrographic observations, satellite altimetry and numerical models. The NEC is a stable westward current which is confined between 8°N and 17°N in the surface layer and could extend to 28°N with the increasing depth (e.g., Nitani, 1972; Qiu et al., 2015b). On the seasonal time scale, several studies demonstrated different variations of NEC based on direct/indirect measurements or model simulations, and the difference was mainly attributed to the discrepancy among different datasets, along with the phase lag of the annual cycle across the basin (e.g., Qiu and Joyce, 1992; Donguy and Meyers, 1996; Qiu and Lukas, 1996; Qu and Lukas, 2003; Kim et al., 2004; Wang et al., 2019). They generally associated the dynamics of seasonal variation with local or remote wind forcing through Ekman pumping or propagation of Rossby/Kelvin waves (e.g., Kessler, 1990; Qiu and Lukas, 1996; Ueki et al., 2003; Chen and Wu, 2011; Wang et al., 2019; Liu and Zhou, 2020).

On the interannual time scale, the NEC variation was generally believed to be closely related to El Niño-Southern Oscillation (ENSO). Studies found that the NEC bifurcation, where the western boundary currents change direction, migrated north during El Niño and south during La Niña, while the NEC transport increased in El Niño and decreased in La Niña, which was mainly ascribed to the westward propagating baroclinic Rossby waves generated by anomalous winds in the central Pacific (e.g., Qiu and Joyce, 1992; Qiu and Lukas, 1996; Kim et al., 2004; Kashino et al., 2009; Zhai and Hu, 2012; Zhang et al., 2017b; Azminuddin et al., 2019). Nevertheless, there were also some studies suggesting that not all extremes of the NEC transport were correlated with ENSO events (e.g., Qiu and Lukas, 1996; Zhai and Hu, 2013; Qiu et al., 2015b).

In comparison, the understanding of NEUC remains fragmentary due to the lack of in-situ observations. Based on several CTD transects, Wang et al. (1998) observed the eastward flow under the NEC and named it as NEUC. Using recently accumulating profiling floats, Qiu et al. (2013b) presented the basin-scale structure of NEUC, and suggested that there were three quasi-steady eastward jets under the NEC at 9°N, 13°N, and 18°N, which were called NEUC jets. Regarding the formation mechanism of NEUC jets, Qiu et al. (2013a) proposed it was related to ‘turbulent Sverdrup balance’. The meridional convergence of eddy flux generates the time-mean zonal jets, and the eddies are sourced from wind-driven annual baroclinic Rossby waves in the eastern Pacific through triad interactions. Furthermore, limited observations and numerical simulations demonstrated significant temporal variations of the NEUC. Repeat underwater glider observations during 2009-2014 indicated that the NEUC was strong and had a greater width when the NEC at the surface was weak (Schönau and Rudnick, 2015). Based on 39-year high-resolution LASG/IAP (State Key Laboratory of Numerical Modelling for Atmospheric Sciences and Geophysical Fluid Dynamics/Institute of Atmospheric Physics) Climate Ocean Model (LICOM) simulation, Li et al. (2018) suggested that the NEUC transport exhibited pronounced interannual and decadal variations with periods of 2-7 years and 13-19 years, which were in connection with ENSO and Pacific Decadal Oscillation (PDO), respectively. By analyzing 48-year hydrographic observations at 137°E from the Japan Meteorological Agency, Ishizaki et al. (2019) reported that NEUC had significant interdecadal variability, which was divided into two branches from 1967 to 1976/77, merged into one from 1976/77 to 1997/98, and separated into two branches again after that.

Previous studies on the NEC paid more attention to the integrated transport crossing a certain meridional section. In fact, the NEC is a very broad flow. Due to the β effect, the response of such a broad flow to wind forcing is different at different latitudes, which was often neglected by previous studies. Limited by the lack of in-situ observations, studies on the NEUC often relied on model simulations, which hampered our understanding of the NEUC variability and its relationship with the overlying NEC and ENSO events. To unveil the multi-scale variability of the NEC and NEUC, a mooring array including 5 moorings was deployed at 130°E between 8°-18°N by NPOCE (Northwestern Pacific Ocean Circulation and Climate) program since September 2014 (Hu et al., 2011; Hu et al., 2020). Recent studies used the mooring measurements before January 2018 and investigated the intraseasonal and seasonal variability of the NEC and NEUC (Zhang et al., 2017a; Wang et al., 2019; Wang et al., 2022). In this work, we further extended the mooring measurements to December 2021 and explored the interannual variability of the NEC/NEUC at different latitudes along 130°E.

The rest of the paper is organized as follows. Section 2 describes the data and methods. Section 3 presents the mean structure and interannual variability of the NEC/NEUC. The meridional phase lag and vertical structure of the interannual signal are also depicted and investigated in Section 3. Section 4 includes a brief summary and discussion.



Data and method

A mooring array including 5 subsurface moorings were designed along 130°E in the northwestern Pacific to measure the structure and variations of the NEC/NEUC, and the water depth is approximately 5500 m (Figure 1). These moorings were deployed at 8°N, 10.5°N, 13°N, 15.5°N and 18°N in September 2014 and retrieved after one year. After that, the moorings were moved to 8.5°N, 11°N, 12.5°N, 15°N and 17.5°N in the cruise of September 2015 in order to better capture the NEUC jets, which were retrieved every year since then.




Figure 1 | Location of the subsurface mooring array at 130°E. Black triangles denote the moorings deployed during September 2014 and September 2015 at 10.5°N, 13°N, 15.5°N and 18°N, red circles represent the moorings deployed during September 2015 and December 2021 at 8.5°N, 11°N, 12.5°N, and 15°N, and green circle represents the mooring deployed during September 2015 and January 2018 at 17.5°N. The mean ocean circulation system in this region is shown by red and blue arrows. NEC, NECC, STCC, KC, MC, NEUC, LUC, MUC, ME, and ITF stand for North Equatorial Current, North Equatorial Countercurrent, Subtropical Countercurrent, Kuroshio Current, Mindanao Current, North Equatorial Undercurrent, Luzon Undercurrent, Mindanao Undercurrent, Mindanao Eddy, and Indonesian Throughflow, respectively.



Each mooring was equipped with two RD Instruments (RDI) 75-kHz Acoustic Doppler Current Profilers (ADCPs) on the main float at the depth of 450 m, one of which looks upward and the other looks downward to collect the velocity data hourly. The standard bin size is 8 m, and the two ADCPs are able to capture the currents in the upper 900 m. In this work, the velocity raw data was first processed with standard quality control procedures, and the data with Percent Good 4 (PG4) value (a measure of the percentage of good data collected by the four beams of the ADCP) less than 85% was removed. Then, the hourly velocity was interpolated vertically onto 10 m intervals, and was daily averaged to remove tidal signals. The measurements above 40 m were dropped due to their large biases produced by the backscattering noise from the sea surface. It should be noted that there are one mooring lost and a couple of ADCPs failing to record the data due to instrument damages. Details of the moorings that have ADCP records are listed in Table 1. For convenience, all the records from nine moorings were processed onto five mooring sites at 8.5°N, 11°N, 12.5°N, 15°N, and 17.5°N. In detail, we made corrections to the mooring data at 10.5°N, 13°N, 15.5°N and 18°N before September 2015 by considering the meridional structure of the mean zonal flow at 130°E derived from high-resolution (0.25°×0.25°) T/S profiles of World Ocean Atlas 2018 (WOA18, Garcia et al., 2019). For example, the meridional difference of mean zonal flow between 10.5°N and 11°N was estimated first with WOA18. Then, the mooring data at 10.5°N before September 2015 was corrected with this meridional difference, and the obtained results was considered to be the velocity information at 11°N. Further, the data was merged with the ADCP measurements at 11°N after September 2015. Similar corrections were also made to the ADCP measurements at other latitudes. In addition, several discrete single-point current meters (CMs) distributed between 1000-4000 m on each mooring, including Nortek Aquadopp, ALEC and Aanderaa Seaguard current meters. The vertical interval between these current meters is about 500 m. Their observation period is the same as that of the ADCPs mentioned above, and the sampling period is 1 hour. These CM records will be used in the vertical mode projection in Section 3.4. The vertical mode projection needs the time series of velocity profile over the full depth. But the deep current meter records at 12.5°N for 2019 are abnormal due to instrumental malfunctions, and the current meter records at 17.5°N are only above 1400 m, which are insufficient for the projection. Considering better vertical coverage and continuity of the time series, the current meter records at 8.5°N, 11°N and 15°N were used in the vertical mode projection. Since this work mainly focuses on the interannual variations of the NEC/NEUC, the mooring data were therefore smoothed with a 1-year low-pass filter (moving average) to remove the intraseasonal and seasonal signals, and the values in the first 6 months and last 5 months were abandoned due to the bias near the endpoints of the time series caused by the filter. The filtered time series were used in the following analysis.


Table 1 | Mooring locations along 130°E and corresponding ADCP observation periods.



The gridded Sea Surface Height (SSH) and geostrophic currents from the AVISO (Archiving, Validation, and Interpretation of Satellite Oceanographic) products were also utilized in this study. This dataset merges measurements from different satellites such as Topex/Poseidon, European Remote Sensing Satellite-1 (ERS-1), ERS-2, Geosat Follow-On, Jason-1 and Jason-2. The daily data with the resolution of 0.25°×0.25° for the period of 2001-2021 was downloaded from the Copernicus Marine Environment Monitoring Service (CMEMS) website, and then averaged to obtain monthly time series. Details of the AVISO products are available in Boebel and Barron (2003) and Barron et al. (2009).

In addition, the monthly wind data from the fifth generation of European Centre for Medium-range Weather Forecasting (ECMWF) reanalysis (ERA5) with the resolution of 0.25°×0.25° during 1993-2021 was utilized in this study. It was provided by the Copernicus Climate Change Service (C3S), and the gridded monthly wind speed vector at 10-meter above the sea surface was used to derive the wind stress curl, which was then used to force the 1.5 layer reduced gravity model. The temperature anomalies in this study were derived from the gridded Argo observations since 2014, detailed descriptions can be referred to Roemmich and Gilson (2009).



Results


Mean structure of the NEC/NEUC

Figure 2 shows the time series of zonal velocity measured by mooring ADCPs along 130°E at different latitudes. By and large, the NEC exists stably between 8°N-18°N during the whole observation period from March 2015 to July 2021, while the NEUC beneath that appears intermittently at most of the latitudes. It is obvious that the intensity of NEC/NEUC is stronger at 8.5°N, 11°N, 12.5°N, compared with that at the other two latitudes, while the depth of the NEC deepens with increasing latitudes. Since the ADCP at 8.5°N well captures the structure and variability of the NEC and NEUC, we described the ADCP measurements at this site as an example (Figure 2E). The energetic westward-flowing NEC at this latitude is located in the upper 200 m, with the strongest current appearing in December 2017 and March 2021, with the velocity reaching -0.25 m/s at the depth of 70 m and -0.22 m/s at the depth of 90 m, respectively. Below 200 m, there appears to be an intermittent eastward-flowing NEUC, which seems to be associated with interannual events. It is strong during the period of March 2016-April 2017 and June 2019-June 2020 with the maximum velocity of 0.14 m/s at 430 m and 0.10 m/s at 400 m, when the overlying NEC is weak and shallow. During April 2017-November 2018 and October 2020-July 2021, the NEUC becomes weak, while the NEC strengthens and deepens. Notably, an obvious eastward flow appears in the upper 200 m during March-August 2015 at 17.5°N (Figure 2A), which is probably related to the Subtropical Countercurrent (STCC). STCC is a surface-trapped eastward flow in the upper 200 m with multiple branches between 17°N and 25°N (e.g., Yoshida and Kidokoro, 1967; Kobashi et al., 2006). Based on ADCP records along 135°E and satellite altimetry, a recent study demonstrated that the southern STCC is profoundly intensified by the mesoscale/sub-mesoscale eddy activities in El Niño (Azminuddin et al., 2019). Therefore, the northern part of the NEC could also be affected by meridional fluctuations of the STCC.




Figure 2 | Time series of zonal velocity (m/s) measured by the mooring ADCPs at (A) 17.5°N, (B) 15°N, (C) 12.5°N, (D) 11°N and (E) 8.5°N along 130°E. All the time series have been smoothed with a 1-year low-pass filter.



In order to examine the mean velocity structure of the NEC/NEUC along the 130°E section, the temporally mean zonal current derived from moorings at different latitudes is shown in Figure 3. It is obvious that the main body of the NEC is concentrated above the isopycnal of 26.8 σθ, and therefore 26.8 σθ is considered as the bottom boundary of the NEC in this study. The velocity core of the NEC is located in the upper 100 m south of 12.5°N with a maximum of -0.24 m/s, and it deepens to 200 m with increasing latitudes. Below 26.8 σθ, two pronounced NEUC jets appear at ~8.5°N and ~12.5°N with a zonal velocity of 0.042 m/s and 0.024 m/s, respectively. An eastward flow with a velocity of 0.017 m/s is also observed below the depth of 600 m at ~17.5°N. Qiu et al. (2013b) and Wang et al. (2015) suggested that the northern branch of the NEUC is located around 18°N based on Argo and CTD data. Therefore, the eastward flow below 600 m at 17.5°N is believed to be associated with the northern NEUC jet, and the ADCP captures the upper part of the jet. Furthermore, the NEUC at 8.5°N seems stronger than that at the other two latitudes. The depth of NEUC jet is below 200 m at 8.5°N, which deepens gradually and reaches 600 m at 17.5°N. These results are generally consistent with the mean velocity structure derived from Argo floats and CTD measurements by previous studies in terms of the position and strength of the currents (e.g., Qiu et al., 2013b; Wang et al., 2015). The mean volume transports of the NEC and NEUC estimated from the ADCP measurements are -30.4 Sv and 5.1 Sv, respectively. Here, the NEC transport was defined as the integral of negative velocities from surface to 26.8 σθ between 8.5°-17.5°N, and the NEUC transport was calculated by integrating positive velocities from 26.8 σθ to 900 m between 8.5°-17.5°N. Based on multiple glider transects along 134.3°E between 8.5°-16.5°N, the mean NEC transport from the surface to 27.3 σθ is around -37.6 Sv with a standard deviation of 15.6 Sv (Schönau and Rudnick, 2015), and the ADCP-derived NEC transport generally agrees with the glider observations.




Figure 3 | Mean zonal velocity (color, m/s) along 130°E section derived from all the mooring ADCP measurements during 2014-2021. Black curves denote potential density surfaces derived from WOA18.





Interannual variation of NEC/NEUC

Seven years of ADCP measurements enable us to explore the interannual variability of the NEC/NEUC. Figure 4 shows the time series of zonal velocity anomalies derived from mooring ADCP records at different latitudes. Significant variations of the currents could be noticed on interannual time scale. Interestingly, the zonal velocity in the upper 900 m at 8.5°N and 17.5°N exhibits prominent vertically synchronous fluctuations. For example, positive velocity anomalies appear in both the surface and subsurface layers from March 2016 to March 2017 and from April 2019 to July 2020 at 8.5°N, which turns into negative anomalies simultaneously from April 2017 to October 2018 and from October 2020 to July 2021 (Figure 4E). The vertically synchronous fluctuations also exist at 17.5°N (Figure 4A). Such vertically synchronous fluctuations in the upper 900 m imply that the eastward NEUC is strong when the overlying westward NEC is weak. This phenomenon coincides well with recent repeated glider observations by Schönau and Rudnick (2015). They suggested that persistent eastward undercurrents affected the transport variability of the NEC, with the NEC being weaker when there was a stronger NEUC. Therefore, their vertically synchronous fluctuations might be controlled by the same mechanism. Notably, the currents exhibit subsurface-intensified interannual features at 8.5°N with the strongest signal appearing between 300-500 m, and the signal is surface-intensified at 17.5°N, indicating different oceanic processes occur between these two latitudes. In addition, the interannual variation of the currents in the upper 900 m between 11°N and 15°N is not always vertically synchronous over the observation period (Figures 4B–D), implying the multimodal vertical structure of the interannual signal at these latitudes, which will be investigated in section 3.4.




Figure 4 | Time series of zonal velocity anomalies (m/s) derived from mooring ADCP measurements at (A) 17.5°N, (B) 15°N, (C) 12.5°N, (D) 11°N, and (E) 8.5°N along 130°E. All the time series have been smoothed with a 1-year low-pass filter.



In addition, there seems to be a meridional phase lag between the zonal velocity anomalies at different latitudes on interannual time scale, with the signal at higher latitudes lagging that at lower latitudes (Figure 4). For example, positive velocity anomalies shift to negative velocity anomalies that appears in March 2017 at 8.5°N, in June 2017 at 11°N, in February 2018 at 12.5°N, and in April 2018 at 15°N (Figures 4B–E). The signal at 15°N lags that at 8.5°N by about one year. To further examine the reliability of this meridional phase lag phenomenon, the lagging time was quantified by performing a lead-lag analysis to the time series of velocities averaged in the upper 200 m between every two adjacent sites from 8.5°N to 15°N. The results suggest that the interannual signal at 11°N lags that at 8.5°N by 3 months with a correlation of 0.81, the signal at 12.5°N lags that at 11°N by 8 months with a correlation of 0.77, and the signal at 15°N lags that at 12.5°N by 4 months with a correlation of 0.52. All of the correlations are significant at the 95% confidence level. Therefore, the phase lag of the zonal velocity at different latitudes is reliable. Recent study based on the same ADCP datasets along 130°E and satellite altimetry demonstrated a similar phase lag feature on seasonal time scale except for a slight phase advance from 8°N to 13°N (Wang et al., 2019). The propagation speed change of Rossby wave with latitudes plays a key role in explaining the phase lag feature, and the slight phase advance was attributed to the Asian monsoon (Wang et al., 2019). The difference of lead-lag relations on different time scales implies that the mechanism of the phase lag on interannual time scale might be different, which will be explored in the following analysis.

Considering the significant fluctuations of the velocity in the upper ocean observed by the ADCP measurements, the interannual variation of the currents should be captured well by the satellite altimetry. We firstly compared the altimeter-derived zonal currents with the mooring ADCP measurements, and the two time series agreed well with each other (Figure 5). The correlation between them is 0.74, 0.71, 0.96, 0.77, and 0.97 at 8.5°N, 11°N, 12.5°N, 15°N and 17.5°N, respectively, all of which are above the 95% confidence level. The high correlation indicates that the interannual variability of the currents detected by mooring ADCPs is well reflected by the satellite altimetry. Moreover, the meridional phase lag characteristics of the zonal velocity time series with latitudes are also well captured by the satellite altimetry. The large scale coverage of satellite observations enables us to further investigate the interannual variation of the currents in this region.




Figure 5 | Vertically averaged zonal velocity (m/s) between 50-100 m derived from mooring ADCP measurements (red) at (A) 17.5°N, (B) 15°N, (C) 12.5°N, (D) 11°N and (E) 8.5°N during 2014-2021, compared with the zonal geostrophic velocity (m/s) at the same locations derived from satellite altimetry (blue). All the time series have been smoothed with a 1-year low-pass filter.



Figures 6A, C show the Sea Surface Height Anomalies (SSHA) and corresponding zonal geostrophic velocity anomalies at 130°E between 8°-18°N derived from satellite altimetry (2014-2018). The time series were moving-averaged in every 3° latitude band to avoid the influence of mesoscale features. Obviously, there are phase-lagged signals in the velocity with increasing latitudes. A positive velocity signal appears in July 2016 at 8.5°N, and then appears in November 2017 at 15°N, which is consistent with the results in Figures 4–5. The associated SSHA signals also exhibit pronounced phase-lagged features with latitudes (Figure 6A). The meridional gradient of this phase-lagged SSHA explains the delayed signal in the velocity anomalies shown in Figure 6C, and the reason for the phase-lagged SSHA will be given in the next section.




Figure 6 | Time-latitude diagrams of the SSHA (a, m) and zonal geostrophic velocity anomalies (c, m/s) at 130°E derived from AVISO products. (B) and (D) are same as (A) and (C), but from reduced gravity model simulations.





Mechanism of the meridional phase lag

Interannual variations of SSHA in the western Pacific have been investigated in many previous studies, which were attributed to the basin-scale wind stress curl forcing. SSHA signals are induced by anomalous wind stress curl forcing in the central Pacific through Ekman convergence or divergence process, and then propagate westward in the form of baroclinic Rossby wave and modulate the SSH in the western Pacific (e.g., Qiu and Joyce, 1992; Qiu and Lukas, 1996; Qu et al., 1998; Kim et al., 2004; Kashino et al., 2009). Considering the different phase speed of the baroclinic Rossby wave at different latitudes, similar Rossby wave signals at low latitudes arrive to the western Pacific earlier than that at high latitudes due to its faster propagation speed, which may explain the meridional phase lag of velocity variations at different latitudes. We plotted the time-longitude diagrams of SSHA at 8.5°N, 12°N and 15°N during 2014-2018 in Figure 7. Obvious westward propagating signals could be noticed at all the latitudes, and positive/negative SSHA signals are induced by anomalous wind stress curl in the central Pacific, which arrive to the western Pacific earlier at 8.5°N than that at 15°N, reflecting the faster phase speed of the baroclinic Rossby wave at lower latitudes.




Figure 7 | Hovmöller diagrams of the SSHA (m) along (A) 8.5°N, (B) 12°N, and (C) 15°N from AVISO products during January 2014 and December 2018.



To further investigate the effects of different baroclinic Rossby wave propagation speeds at different latitudes on the meridional phase lag of SSHA, we considered a linear wind-driven first-mode baroclinic Rossby wave model with zero background flow (e.g., Meyer, 1979; Kessler, 1990; Hsin and Qiu, 2012). Qiu and Chen (2006) pointed out that the east boundary forcing was important for capturing the observed SSHA at low latitudes, especially during strong ENSO events. Therefore, besides the wind stress curl forcing, the eastern boundary forcing is also included in the model, and the SSHA is estimated as follows,

	

,  ) denotes the modeled SSHA, and   is for the observed monthly SSHA near the Pacific eastern boundary (Fu and Qiu, 2002). CR is the phase speed of the first-mode baroclinic Rossby wave.   is the wind stress vector, which is derived from the wind data of ERA5. g and ρ0 are the gravity constant and background potential density of 9.807 m/s2 and 1025 kg/m3, respectively. g’ is the reduced gravity. ε is the Newtonian dissipation rate, and εB is the Newtonian dissipation rate associated with the boundary-forced signals. The selection principle of g’, ε and εB is to make sure the difference between model results and observations reaches the minimum. For the baroclinic Rossby wave speed CR, the value estimated by Chelton et al. (1998) based on the global climatological atlas of first-mode baroclinic gravity wave was used, which was further modified with a latitude-dependent amplification factor  , to make the estimated CR closer to the satellite altimeter observations, as suggested by Qiu and Chen (2006).

The simulated-SSHA and corresponding geostrophic velocity are shown in Figures 6B, D, respectively. The simulated-SSHA also displays meridional phase lag signals between 8°-16°N (Figure 6B), which is generally consistent with the satellite altimetry results (Figure 6A). The slight discrepancy between the observed and simulated SSHA could be related to energetic mesoscale eddy activities in this region. Mooring observations at 130°E revealed significant intraseasonal variations and active eddy activities (Zhang et al., 2017a), and mesoscale eddies could modulate the SSH variations through eddy momentum flux forcing (Qiu et al., 2015a). However, the reduced gravity model used here only captures the wind-driven SSH signals and misses the eddy-driven parts, which probably explains the difference between the observed and simulated SSHA (Figures 6A, B). In terms of the simulated velocity anomalies, the meridional phase lag signal with latitudes is obvious (Figure 6D). This result coincides well with the lag time demonstrated by the ADCP observations and satellite altimetry products. Above consistency between the model results and observations confirms that the interannual variation of the currents and SSHA at 130°E in the western Pacific is primarily determined by the wind stress curl variation through westward propagation of Rossby wave, and the different phase speed of the baroclinic Rossby wave at different latitudes accounts for the meridional phase lag of SSHA and associated geostrophic currents observed at the fixed longitude of 130°E.

To distinguish the contribution of wind forcing in different longitude bands, several wind-shield sensitivity experiments were performed with the 1.5 layer reduce-gravity model, which was forced by wind stress curl in the western (120°E-150°E), central (150°E-160°W) and eastern (160°W-110°W) Pacific, independently. The effect of eastern boundary forcing was also investigated with the model. The wind-shield sensitivity experiments at 8.5°N were displayed as an example (Figures 8A–F), and the time series of SSHA at 130°E derived from these experiments were shown in Figure 8G. The relative contribution of each regional wind forcing was further estimated as the standard deviation of the simulated time series divided by the sum of all the standard deviations. The results show that the wind forcing in the western, central, eastern Pacific, and the eastern boundary forcing explains 22.2%, 58.7%, 16.6% and 2.6% of the total interannual variations of the currents at 130°E, respectively. In addition, the wind-shield sensitivity experiments were also performed at 12.5°N and 15°N. The wind forcing in the western, central, eastern Pacific, and the eastern boundary forcing explains 20.4%, 56.8%, 17% and 5.8% of the total variance at 12.5°N, and explains 22.1%, 49.7%, 22.3% and 7.8% of the total variance at 15°N, respectively. Generally speaking, the wind forcing in the central Pacific plays a dominant role in the NEC variation at 130°E, and the wind forcing in the western and eastern Pacific also show substantial contributions, while the effect of eastern boundary forcing is limited.




Figure 8 | Hovmöller diagrams of SSHA (m) at 8.5°N derived from (A) altimeter observation and (B–F) model experiments with period longer than a year. (B) is forced by the wind stress curl from 130°E to 90°W and eastern boundary forcing. (C–E) are only forced by the wind stress curl between 130°-150°E, 150°E-160°W, and 160°-90°W, respectively. (F) is run with the eastern boundary forcing. (G) displays the time series of SSHA at 8.5°N, 130°E derived from above model experiments.





Mechanism of vertical variations

Mooring ADCP records reveal that the NEC/NEUC at 130°E exhibits pronounced vertical variations in the upper 900 m on interannual time scale. To investigate the vertical structure of this interannual variation, we calculated the empirical orthogonal function (EOF) mode of the velocity time series at different latitudes, and the pattern of the first EOF mode was shown in Figure 9. For zonal velocities at all the five mooring sites, the first EOF mode captures most part of the total velocity variance, which explains 93.3%, 45%, 86.5%, 73.6% and 96.4% of the total variance at 8.5°N, 11°N, 12.5°N, 15°N and 17.5°N, respectively. Obviously, the first EOF mode of the currents at 8.5°N seems intensified below the thermocline with the strongest signal appearing between 300-500 m. This subsurface-intensified signal also exists at 11°N, and gradually turns into a surface-intensified signal with increasing latitudes.




Figure 9 | First EOF mode of the zonal velocity (m/s) time series at (A) 8.5°N, (B) 11°N, (C) 12.5°N, (D) 15°N, and (E) 17.5°N from mooring ADCP records in the upper 900 m (red) and ADCP-CM records in the upper 4000 m (blue).



Furthermore, we conducted EOF analysis to the time series of zonal velocity over the full depth by combining the ADCP measurements in the upper 900 m with the CM records between 1000-4000 m at 8.5°N, 11°N and 15°N (Figures 9A, B, D). The first EOF mode still plays a dominant role in the total velocity variations, which accounts for 86.7%, 48.1% and 65.3% of the total variance at 8.5°N, 11°N and 15°N, respectively. Both the surface-intensified signal at 15°N and subsurface-intensified signal at 8.5°N, 11°N are reflected in the first EOF mode over the full-depth, which coincides well with the EOF analysis in the upper 900 m mentioned above.

In fact, oceanic response to the wind forcing could be represented by the combination of signals with different vertical modes (e.g., McCreary, 1981; Kessler and McCreary, 1993). To explain the prominent difference of the first EOF mode among 8.5°-17.5°N, the vertical mode decomposition analysis was performed. Figure 10 shows the vertical structure of the barotropic mode and first three baroclinic modes at 8.5°N, 11°N, 12.5°N, 15°N and 17.5°N, which was estimated with the climatological mean density profile from the WOA18. Obviously, the first EOF mode at 15°N and 17.5°N show similar vertical structure to the first baroclinic mode, and the first EOF mode at 8.5°N, 11°N, and 12.5°N seem to be dominated by the combination of the first and second baroclinic mode (Figures 9 and 10).




Figure 10 | Vertical structure of the barotropic mode and first three baroclinic modes at (A) 8.5°N, (B) 11°N, (C) 12.5°N, (D) 15°N, and (E) 17.5°N along 130°E calculated with the climatological mean density profile from the WOA18.



We further projected the zonal velocity from ADCP and CM observations onto those vertical modes, and obtained the time series for each vertical mode. Considering the vertical mode projection needs the time series of velocity profile within the full-depth, the current meter records at 8.5°N, 11°N and 15°N were used due to their better vertical coverage and temporal continuity. The contribution of each mode was derived through calculating the standard deviation of each time series divided by the sum of all the standard deviations. The contribution of the first three baroclinic modes at each latitude was recorded in Table 2. Notably, the variance contribution of the first and second baroclinic mode reaches 45.38% and 13.81% at 15°N, demonstrating the dominance of the first baroclinic mode and accounting for the surface-intensified interannual variation of the NEC/NEUC velocity at this latitude (Figure 9D). While the contribution of the first baroclinic mode is comparable to that of the second baroclinic mode at the southern part, which reaches 32.99% and 29.9% at 8.5°N, and 32.76% and 23.59% at 11°N. It indicates that the second baroclinic mode substantially modulates the interannual variation of the currents, accounting for the subsurface-intensified characteristics of the interannual variation as revealed by the first EOF mode (Figures 9A, B).


Table 2 | Contribution (%) of the first three baroclinic modes at different latitudes.



In general, above analysis indicates that interannual variations of the NEC/NEUC velocity along 130°E between 8°-18°N are primarily dominated by surface-intensified signals with a vertical structure of the first baroclinic mode, while that in the southern part (8.5°N and 11°N) is also modulated by the second baroclinic mode, exhibiting subsurface-intensified features. We reconstructed the time series of velocity profile at 15°N with the first baroclinic mode and corresponding time series, and that at 8.5°N and 11°N with the first two baroclinic modes and their time series (Figure 11). The reconstructed time series at 8.5°N, 11°N and 15°N exhibit features consistent with the original time series from the moorings in Figure 4, further demonstrating the dominant role of these baroclinic modes in the interannual variation of the currents.




Figure 11 | Reconstructed zonal velocity (m/s) time series in the upper 900 m during 2015-2021 with the first baroclinic mode at (A) 15°N, with (B) and (C) the first two baroclinic modes at 11°N, and 8.5°N.



Previous studies have investigated the excitation of different baroclinic vertical modes in response to wind stress forcing. Iskandar et al. (2006) adopted the wind stress coupling coefficient to examine the efficiency of the wind stress in exciting the vertical modes in the Indian Ocean, and concluded that the first mode was more favorably excited in thicker and milder thermocline regions, while the second mode was more efficiently excited in thinner and sharper thermocline regions. In this study, the basic density stratification along 130°E from 8°N to 18°N varies with latitudes. Hydrographic observations at 130°E indicated that the thermocline was thinner/sharper at 8.5°N, and thicker/milder at 15°N (Wang et al., 2015). Therefore, it is reasonable to hypothesize that the first baroclinic mode is excited more favorably at 15°N, while the second baroclinic mode is excited more favorably at 8.5°N, which to some extent explains the different vertical structure of the interannual variation observed by mooring ADCPs at different latitudes.



Relationship with ENSO

Interannual variations of the NEC are generally modulated by ENSO events (e.g., Qiu and Joyce, 1992; Qiu and Lukas, 1996), while the relationship between NEUC and ENSO events is not clear yet. Thus, this section attempts to discuss the relationship of NEUC with ENSO based on mooring observations. In fact, the mooring array used in this study well covers the NEC, but it seems insufficient to capture the NEUC branches due to their narrow width and active meridional shifts. Also, there are lots of gaps in the ADCP data due to instrument failure (Figure 2). These factors make it difficult to resolve the interannual variability of the multiple NEUC jets. Nevertheless, the ADCP data at 8.5°N is relatively continuous, and the jet appears stable, so this site is taken as an example to analyze the variability of the NEC/NEUC. Figure 12 displays the time series of NEC velocity vertically averaged between 50-150 m and NEUC velocity between 300-800 m derived from ADCP measurements at 8.5°N. The result indicates that the NEC variation is tightly correlated with Niño 3.4 index, which is weak during El Niño and strong during La Niña, considering that NEC is a westward flow. Previous studies demonstrated that the NEC migrated northward during El Niño and shifted to the south during La Niña (e.g., Qiu and Lukas, 1996; Kim et al., 2004; Qiu and Chen, 2010), which might be responsible for the interannual variation of NEC observed by ADCP at 8.5°N. Furthermore, the interannual variation of the NEUC branch at 8.5°N displays different features compared with that of the NEC, and it is intensified during the mature phase of El Niño and reaches the maximum velocity during the decay phase (Figure 12). When the NEUC velocity lags Niño3.4 index by 6 months, their correlation reaches maximum of 0.89, significantly above the 95% confidence level.




Figure 12 | The normalized zonal velocity time series of NEC (blue) and NEUC (red) at 8.5°N derived from mooring measurements during 2016-2021. Shading denotes the Niño3.4 index. Here the normalized NEC velocity is defined as the mean zonal velocity averaged between 50-150 m, which is scaled by its standard deviation. The definition of normalized NEUC is same as the NEC but for the depth range of 300-800 m. All curves are smoothed with a 1-year low-pass filter.



To further demonstrate their interannual variations, the Hovmöller diagram of temperature anomalies in the NEC/NEUC layer (0-150/300-800 dbar) at 8.5°N was examined with Argo data (Figure 13). The temperature phases in the upper ocean are basically consistent with the interannual variation of the NEC (Figures 12 and 13A): cooling during the weakened phase of NEC (July 2014-July 2016 and July 2018-September 2019), and warming during the intensified phase of NEC (January 2017-April 2018 and January 2020-June 2021). For the NEUC layer, the temperature anomalies are relatively weaker but the pattern is similar to that in the NEC layer (Figure 13B). Westward propagating signals are noticeable in both the NEC and NEUC layer, indicating that the interannual variation of both the NEC and NEUC is influenced by the remote wind forcing through Rossby waves. Nevertheless, the positive temperature anomalies in the NEUC layer west of 150°E during August 2016-March 2018 and April 2020-April 2021 exhibit features generated locally (Figure 13B), implying that the interannual variability of the NEUC is probably also modulated by local factors besides the remote wind forcing.




Figure 13 | Hovmöller diagram of the temperature anomaly (°C) averaged between (A) 0-150 dbar and (B) 300-800 dbar at 8.5°N derived from Argo during 2014-2021. Note that the colorbar scale is different in (A) and (B).






Conclusion and discussion

Based on mooring observations along 130°E between 8°-18°N in the northwestern Pacific during 2014-2021, combining with AVISO products, the interannual variability of the NEC and NEUC was investigated. Seven years of mooring ADCP measurements in the upper 900 m indicate prominent interannual variations of the NEC and NEUC, with the interannual signal in the north lagging that in the south. Satellite altimetry also demonstrates consistent phase-lagged features with increasing latitudes. Utilizing a 1.5-layer reduced gravity model, interannual variations of the SSH and associated currents in this area were simulated. It is suggested that the meridional phase lag of velocity at different latitudes on the interannual time scale is related to the different propagating speed of baroclinic Rossby wave, which propagates faster at lower latitudes and slower at higher latitudes. Further model sensitivity experiments suggest that the wind forcing in the central Pacific plays a dominant role in the SSHA variation at 130°E, while the effects of wind forcing in the western and eastern Pacific are not ignorable.

EOF and vertical mode decomposition analysis indicate that interannual variation of the NEC/NEUC velocity structure at 130°E is mostly dominated by the first baroclinic mode with a surface-intensified structure. At 8.5°N and 11°N, the second baroclinic mode also modulates the interannual variation of the currents substantially, and the contribution is comparable to the first baroclinic mode, inducing the subsurface-intensified vertical structure of the interannual signal at these latitudes. The excitation of different baroclinic modes at different latitudes is probably related to the stratification change crossing the NEC/NEUC along 130°E.

The NEUC exhibits pronounced relationship with ENSO. Mooring measurements at 8.5°N indicates that the NEUC branch is intensified during the mature phase of El Niño, and reaches the maximum velocity during the decay phase. Its correlation with Niño 3.4 index reaches 0.89 when the NEUC lags by 6 months, and both the locally generated and westward propagating signals are important for the interannual modulation of NEUC at 130°E.

Previous studies associated the zonal velocity and temperature variations below the equatorial thermocline with vertically propagating equatorial Rossby waves (e.g., Kessler and McCreary, 1993; Marin et al., 2010; Ishizaki et al., 2014; Ma et al., 2020). Yang et al. (2020) utilized the linear continuously stratified model to investigate the oceanic response with different vertical modes and concluded that the seasonal variability of the subsurface currents in the northwestern tropical Pacific was more correlated to the vertical propagation of off-equatorial Rossby waves associated with low-order baroclinic modes in the stratified ocean than that of the equatorial Rossby waves. Statistical analysis (EOF and vertical mode decomposition) in this study indicates that interannual variations of the NEC/NEUC reflect the low-order mode baroclinic response of the ocean to wind forcing, but it is ambiguous what role the vertical propagation of off-equatorial Rossby waves plays in that process on interannual time scale. Therefore, a linear continuously stratified model will be employed in future works to examine the interannual variability of NEC/NEUC and its relationship with the vertical propagation of off-equatorial Rossby waves.
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The substantial productivity of the northern Norwegian Sea is closely related to its strong mesoscale eddy activity, but how eddies affect phytoplankton biomass levels in the upper ocean through horizontal and vertical transport-mixing has not been well quantified. To assess mesoscale eddy induced ocean surface chlorophyll-a concentration (CHL) anomalies and modulation of eddy-wind interactions in the region, we constructed composite averaged CHL and wind anomalies from 3,841 snapshots of anticyclonic eddies (ACEs) and 2,727 snapshots of cyclonic eddies (CEs) over the period 2000-2020 using satellite altimetry, scatterometry, and ocean color products. Results indicate that eddy pumping induces negative (positive) CHL anomalies within ACEs (CEs), while Ekman pumping caused by wind-eddy interactions induces positive (negative) CHL anomalies within ACEs (CEs). Eddy-induced Ekman upwelling plays a key role in the unusual positive CHL anomalies within the ACEs and results in the vertical transport of nutrients that stimulates phytoplankton growth and elevated productivity of the region. Seasonal shoaling of the mixed layer depth (MLD) results in greater irradiance levels available for phytoplankton growth, thereby promoting spring blooms, which in combination with strong eddy activity leads to large CHL anomalies in May and June. The combined processes of wind-eddy interactions and seasonal shallowing of MLD play a key role in generating surface CHL anomalies and is a major factor in the regulation of phytoplankton biomass in the northern Norwegian Sea.




Keywords: mesoscale eddy, eddy-induced Ekman pumping, surface chlorophyll anomaly, mixed layer depth, composite average analysis



1 Introduction

Mesoscale eddies are ubiquitous features of the world’s oceans and can influence biogeochemical cycling through horizontal and vertical transport of nutrients and marine biota (Dufois et al., 2016; He et al., 2019). The northern Norwegian Sea is a region characterized by vigorous mesoscale eddy activities, and the basin-slope-shelf topography largely determines the general circulation pattern, water mass exchange, formation of eddies and transport of nutrients and plankton (Sundby, 1984; Hansen et al., 2010; Richards & Straneo, 2015; Dong et al., 2022). The main water masses in the northern Norwegian Sea are of coastal and Atlantic origin. The Norwegian Coastal Current (NCC) flows as a buoyancy-driven current featured by low salinity and low temperature along the coast, bordering the parallel northeastward Norwegian Atlantic Slope Current (NwASC) (Helland-Hansen & Nansen, 1909; Sætre, 1999). The most unstable areas of the NwASC occur in the steepest part of the continental slope off the Lofoten-Vesterålen Islands, generating a large number of mesoscale eddies being shed from NwASC and propagating westward into the Lofoten Basin (LB) (Isachsen, 2015; Fer et al., 2020; Dong et al., 2021). At this high latitude, the spatial and temporal scales of eddy and eddy-like features are small due to the dynamical control of the Rossby deformation radius (Chelton et al., 2011; Nurser & Bacon, 2014). The dominant scales of the mesoscale eddies in the northern Norwegian Sea range from ten days to several months in time and from twenty to one hundred kilometers in space (Raj et al., 2016; Chen & Han, 2019; Trodahl et al., 2020). Previous studies have reported that mesoscale eddies in the northern Norwegian Sea have strong nonlinear characteristics that can trap water within the eddy, driving nutrient transport and phytoplankton growth (Chelton et al., 2011; Zhang et al., 2014; Raj et al., 2016). The enhanced phytoplankton biomass plays an important role in maintaining the productive and commercially exploited species in the northern Norwegian Sea, such as the copepod Calanus finmarchicus, Northeast Arctic cod (Gadus morhua) and Norwegian spring-spawning herring (Clupea harengus) (Zhou et al., 2009; Toresen et al., 2019).

Efforts have been made to investigate the response of phytoplankton to mesoscale eddies by combining contemporaneous measurements with satellite altimeters, scatterometers, and ocean color remote sensing (McGillicuddy et al., 2007; Siegel et al., 2011; Gaube et al., 2013; Gaube et al., 2014). Sea surface chlorophyll-a concentrations (CHL) are a useful proxy for estimating phytoplankton biomass (Chapman et al., 2020). In recent years, automated methods of identifying mesoscale eddies from satellite altimetry have successfully distinguished anticyclonic eddies (ACEs) and cyclonic eddies (CEs) and extracted the eddy-center location, size, eddy intensity and life cycle of the eddies (Chelton et al., 2011; Raj et al., 2016; Raj et al., 2020). Synergy of these satellite altimeter-derived eddy-centric coordinates with other remote sensing products such as CHL, sea surface temperature (SST) and sea surface wind speed has provided a new perspective for studying the influence of mesoscale eddies on physical-biological processes in the upper ocean (McGillicuddy, 2016; Dawson et al., 2018; Frenger et al., 2018). Owing to the substantial spatio-temporal resolution and long-term coverage of satellite data, the eddy-centric composites constructed from thousands of altimetry observations can help reveal the response of phytoplankton to mesoscale eddies in different regions of the global ocean (Wang et al., 2018; Travis & Qiu, 2020).

The influences of mesoscale eddies on phytoplankton include processes that alter their horizontal distribution, vertical flux of nutrients and plankton, and stratification (Gaube et al., 2014; Dufois et al., 2016; Su et al., 2021). More specifically, eddies can transport phytoplankton to its periphery by stirring the ambient CHL field during propagation and movement within the eddy (Abraham, 1998; Siegel et al., 2007; Siegel et al., 2011). Eddies can also trap water parcels during formation, allowing nutrients and plankton within the eddy to be transported hundreds of kilometers away from the formation site (McWilliams & Flierl, 1979; Lehahn et al., 2011). The vertical flux of nutrients due to isopycnal displacement driven by the eddy pumping can result in elevated CHL inside the CEs and reduced CHL inside ACEs (Omand et al., 2015; Guo et al., 2017). Recent studies have reported that Ekman pumping induced by wind-eddy interactions has the opposite effect, that is, elevated CHL in ACEs and decreased CHL in CEs (Gaube et al., 2013; Dawson et al., 2018). ACEs have also been found to be more productive than CEs in the subtropical regions associated with the eddy-modulated deep winter mixing (Dufois et al., 2016; He et al., 2017). However, it remains unclear how mesoscale eddies in the northern Norwegian Sea affect phytoplankton biomass. In this study, we focused on the mechanisms of phytoplankton biomass regulation by vertical pumping processes within different types of eddies and the seasonal characteristics of vertical transport within the upper mixed layer of the ocean caused by wind-eddy interactions.

We explored the surface CHL anomalies caused by mesoscale eddies in the northern Norwegian Sea, and in particular investigated combined effects between eddy-wind interactions and shallowing of MLD in driving CHL anomalies. A 21-year dataset (2000-2020) of sea level anomaly (SLA), satellite-derived CHL, surface wind fields and Argo-derived mixed layer depth (MLD) was used to investigate mesoscale eddy impacted physical-biological processes. We used two methods: an automatic hybrid eddy detection algorithm and a composite-averaged construction method. The results of two case studies and a 21-year composite analysis revealed the important vertical pumping mechanisms regulating surface CHL by ACEs and CEs in the northern Norwegian Sea.



2 Data and methods


2.1 Satellite data

To investigate the mechanisms generating CHL anomalies induced by mesoscale eddies, we combined satellite altimetry, scatterometry and ocean color data. The study area is the northern Norwegian Sea between 0°E and 20°E and 65.5°N and 72°N (Figure 1).




Figure 1 | (A) Map of bathymetry and main currents in the northern Norwegian Sea. Locations of snapshots of anticyclonic eddies (ACEs) and snapshots of cyclonic eddies (CEs) detected by available ocean color data for April through September, 2000-2020 are shown by black triangles and white dots. The red dot represents the Lofoten-Vesterålen Islands. Histograms of monthly numbers of (B) all ACEs and CEs identified by satellite altimetry and hybrid algorithm, (C) identified ACEs and CEs based on (B) and covered by ocean color data, and (D) Argo floats occurring within ACEs and CEs based on (C).




2.1.1 Altimetry data

Daily gridded SLA with 0.25 × 0.25° resolution during the past 21 years (2000-2020) were used to identify mesoscale eddies. The gridded Level-4 products from Copernicus Marine Environment Monitoring Services (CMEMS, http://marine.copernicus.eu) were constructed by merging TOPEX/Poseidon, Jason-1/2, ERS-1/2, GFO, CryoSat-2, HY-2A, Altika and ENVISAT mission data. The mesoscale eddies determined by altimetry were collocated to CHL fields at the corresponding temporal and spatial locations based on the center and radius of each eddy to evaluate the CHL response to mesoscale eddies. The automated method used for the detection of mesoscale eddies is described in Section 2.2.



2.1.2 Ocean color

Level-2 CHL and SST products from MODIS Aqua with a spatial resolution of 500 m were obtained from the NASA Ocean Color archive (https://oceancolor.gsfc.nasa.gov) and were used in two case studies (8 June 2017 and 3 July 2019). Level-3 CHL products from Ocean Color Climate Change Initiative (OC-CCI, http://www.oceancolour.org/), derived from merged satellite observations of MERIS, MODIS, OLCI, SeaWiFS, and VIIRS, were used to maximize the available coverage. The OC-CCI product has been validated using a globally compiled in-situ database between 1997 and 2018 (Valente et al., 2019; Ferreira et al., 2022). The in-situ database has more than 2000 observations available for validation in the northern Norwegian Sea. The daily CHL products with a 4 km resolution were used to construct CHL anomalies between April and September between 2000-2020. We use daily CHL observation products, which correspond in time and space to the daily SLA fields, to minimize the loss of data due to cloud cover and poor colocation of weekly or monthly averaged CHL and SLA products.



2.1.3 Wind fields

To study the air-sea interaction over mesoscale eddies, Ekman pumping velocities were estimated from 10-m winds inferred from measurements by the SeaWinds scatterometer on the QuikSCAT and the Advanced scatterometer onboard the ASCAT METOP-A (https://www.remss.com). QuikSCAT covers the period between 19 July 1999 and 23 November 2009, and the ASCAT (Metop-A) data are from 19 October 2006 to 15 November 2021. The combination of these two missions (QuikSCAT for 2000-2009 and ASCAT for 2010-2020) allows coverage over the entire time period. The equivalent neutral vector winds are inferred from the radar backscatter measured by the scatterometers at 10 m relative to the moving sea surface, and are referred to as relative winds (Ross et al., 1985; Chelton and Freilich, 2005; Chelton and Xie, 2010; Gaube et al., 2013).




2.2 Identification of mesoscale eddies

There are several automated eddy detection schemes found in the literature (Jeong and Hussain, 1995; Sadarjoen & Post, 2000; Isern-Fontanet et al., 2006; Chelton et al., 2007; Nencioli et al., 2010; Chelton et al., 2011; Faghmous et al., 2015), of which methods based on the dynamical properties of the flow field and geometric properties are two of the most extensively used (Okubo, 1970; Weiss, 1991; Sadarjoen & Post, 2000; Isern-Fontanet et al., 2006). The method based on dynamical properties of the flow field includes the computation of the Okubo–Weiss parameter, which allows the examination of the relative importance of vorticity of the flow field over the deformation or strain rate flow field below a threshold value. On the other hand, geometric properties of eddies are detected based on the macroscopic synoptic curvature shape of the streamlines of sea-surface height. Halo (2012) showed that by combining the two properties (geometric and dynamical) simultaneously to define an eddy (hybrid method) minimizes considerably the presence of threshold values, hence minimizing subjectivity and produce better results. The performance of the hybrid eddy detection algorithm has been tested successfully in the LB and has been validated using Argo floats and surface drifters (Raj et al., 2015; Raj et al., 2016; Raj and Halo, 2016; Raj et al., 2020).

To identify mesoscale eddies, we use the above-mentioned automatic hybrid eddy detection algorithm that combines the geometric and dynamical properties of the flow field (Halo, 2012; Raj et al., 2015; Raj et al., 2016). The dynamical property is described by the Okubo-Weiss parameter (W) (Okubo, 1970; Weiss, 1991; Harrison & Glatzmaier, 2010; Chelton et al., 2011), which quantifies the relative importance of shearing deformation rate (SS), stretching deformation rate (Sn) and relative vorticity (ζ) through following relationships:









where u′ and v′ denote the zonal and meridional components of geostrophic velocity anomalies estimated from SLA using the standard geostrophic relation (Raj et al., 2016). Both shearing (Ss) and stretching (Sn) components are included in Strain (S), S=SS( + ). W< 0 implies that the vorticity dominates the Strain, which is an essential feature of an eddy. In order to reduce the grid-scale noise two passes of a Hanning filter are applied to W, and regions dominated by vorticity (i.e. negative W) are selected. Note that in order to minimize subjectivity no threshold was imposed on W. The geometric properties of eddies are detected by the closed near-circular contour of SLA field. Corresponding approximately to the altimetry precision shown in Volkov & Pujol (2012), the height interval between the isolines is chosen at ΔSLA = 2 cm. Further, a limit to the equivalent diameters of the closed isolines is set to a maximum of 500 km. Next, by combining the regions of negative W and the regions embedded in closed isolines, the spurious detection associated with noise in W and the ambiguities in multi-poles/elongated closed loops are excluded and thus a more consistent pattern of the eddy is obtained. More details of the algorithm are described in Halo (2012).

The geostrophic eddy kinetic energy (EKEg) is computed by:



while the eddy intensity (EI) is defined as the area-weighted mean EKEg and A is the surface area (Raj et al., 2015):





2.3 Collocation of CHL anomalies with mesoscale eddies

To investigate CHL variability induced by mesoscale eddies, CHL anomalies were constructed to quantify the phytoplankton biomass in ACEs and CEs. Daily maps of CHL were interpolated onto a 0.25°× 0.25° grid to be consistent with the resolution of the SLA fields. The daily 0.25° CHL fields were then spatially high-pass filtered with half-power filter cutoffs of 4° × 4°. The first internal deformation radius, Ld=NH/f, is representative of the horizontal scale of oceanic eddies, where H is vertical extension of the eddy (Yu et al., 2017). The Ld in the northern Norwegian Sea is ~ 15 km, and the 4° × 4° filtering is effective in removing large-scale oceanographic features that are not relevant to the mesoscale variability of interest in this study (not shown; Gaube et al., 2013):



where HPsp denotes the high-pass filter. The magnitude of the eddy-driven CHL anomalies in northern Norwegian Sea is influenced by location and season. To reduce these effects, the Chlanom was normalized at longitude x and latitude y by dividing the long-term averaged background fields at the same location:



where Chlave(x,y) is the monthly averaged background CHL field over 21 years. The normalized CHL anomalies (Chlnorm) obtained retain seasonal characteristics and are dimensionless and can be considered as partial deviations from the long-term mean. The same process was also performed on SLA and wind stress data.

The average cloud-free coverage of daily OC-CCI dataset within the entire study area (65.5–72°N, 0–20°E) from April to September 2000-2020 is 15.61%. For all eddies identified by satellite altimetry in the study area from April to September 2000-2020, the average cloud-free coverage within one radius of the eddy is 12.01%. Before composites, eddies with more than 70% of the available pixel points in the Chlnorm results within one radius of each known eddy were selected, and eddies with less than 70%-pixel coverage were removed to minimize errors on the composites caused by cloud coverage within the eddy area. The satellite-based estimates of all Chlnorm were then collocated to each snapshots of eddy identified from the SLA fields for normalized composite averages. Total and monthly composite averages of ACEs and CEs from satellite-based Chlnorm results were created to quantify the structure of the CHL response to mesoscale eddy activities. The centers and radius of all eddies are normalized with the radius R. Values of ±1R correspond to the edges of the eddies, while values of zero correspond to the eddy core, thus allowing us to construct composite averages from eddies of different sizes. We extracted data from -2R to 2R to include the interaction between the eddies and the surrounding waters. This method of constructing average eddy composites has been applied to other regions in the global ocean (Chelton et al., 2011; Gaube et al., 2014; Wang et al., 2018; He et al., 2021).



2.4 Eddy-induced Ekman pumping

To investigate the effect of vertical pumping within the eddy on surface CHL anomalies, eddy-induced Ekman pumping velocities were estimated by altimetry-based SLA and scatterometer-derived relative wind fields. Positive (negative) Ekman pumping implies the upward (downward) pumping velocities within the eddy. The surface wind stress (τ) was estimated from QuikSCAT and ASCAT relative equivalent neutral winds using the formula:



where ρα is the air density (1.25 kg m-3) and urel is relative wind speed to a surface water mass, which is derived from scatterometry data (Gaube et al., 2013; Gaube et al., 2014; Park et al., 2019). CD is the speed-dependent drag coefficient, which was determined following Anderson (1993) and Park et al. (2019):





The eddy-induced Ekman pumping was computed as:



where ρ0=1020 kg m-3 is the surface density of sea water and f=2Ωcosθ is the Coriolis parameter for latitude θ at an Earth rotation rate of Ω (Gaube et al., 2013). Similar to the processing in Section 2.3, spatial high-pass filtering with half-power filter cutoffs of 4° × 4° and composite average estimation were also performed for Ekman pumping fields for consistency.



2.5 Finite-size Lyapunov exponents (FSLEs)

FSLEs were used as an efficient indicator of the sensitivity of mesoscale eddies to the horizontal exchange of water with ambient waters (Lehahn et al., 2007; He et al., 2017). Daily geostrophic velocity fields from the Level-4 altimetry products were used to calculate FSLE fields by backward LCSs. The FSLEs are computed from the time interval τ, at which two fluid particles move from an initial separation distance δi to a final separation distance δf  following their trajectories in the two-dimensional velocity field. At time t and position x, the Lyapunov exponent λ is defined as:



where λ is the local measure of the largest exponential separation rate of two particles (d'Ovidio et al., 2004; d’Ovidio et al., 2009; Dong et al., 2022). The units of FSLEs are d-1. Trajectories were extracted by applying a fourth-order Runge-Kutta scheme with a time step of 3 h. δi and δf were set at 0.02° and 0.4° to capture the mesoscale properties and visualize the details of the structures. These structures in the backward FSLE fields are the so-called Lagrangian Coherent Structures (LCSs), which act as transport barriers in the flow field (Lehahn et al., 2011; Dong et al., 2021).



2.6 Mixed layer depths (MLDs)

To further understand how the different types of ACEs and CEs impact mixing and stratification, MLDs were investigated inside and outside of the eddies. We obtained the density-based MLD estimates for all Argo profiles in the northern Norwegian Sea from the global database compiled by Holte & Talley (2009) (http://mixedlayer.ucsd.edu/). Over the 21 years a total of 4,802 Argo profiles were available in the region of 65.5–72° N, 0–20° E (Table 1; Supplementary Figure 1). MLDs derived from the Argo float data were collocated with the SLA-derived eddies based on their locations and corresponding date. An Argo float was determined to be within eddies if it appeared within the outermost closed profile of the SLA used to define the eddy periphery, and otherwise it was outside the eddy as a background field. There were 258 Argo profiles inside ACEs and 217 Argo profiles inside CEs, and were used for MLD analysis (Table 1; Figure 1D, Supplementary Figure 1). The standard error of the mean was used to account for the uncertainty around the estimates of the monthly average MLD and CHL.


Table 1 | Number of Argo Profiles and tracks of Argo Floats between April and September 2000-2020 in the northern Norwegian Sea.






3 Results


3.1 Spatial-temporal distribution characteristics of mesoscale eddies

A total of 24,086 snapshots of ACEs and 18,083 snapshots of CEs, corresponding to 2,671 ACE tracks and 2,489 CE tracks, respectively, were identified from the altimetry data using the hybrid algorithm. Of which 3,841 snapshots of ACEs and snapshots of 2,727 CEs, corresponding to 1,511 ACE tracks and 1,270 CE tracks, respectively, had available ocean color data to be used in this study (Figures 1, 2, Supplementary Figures 2, 3). To investigate the surface CHL response to different types of mesoscale eddies, 1,984 snapshots of ACEs with reduced CHL inside (ACE-), 1,236 snapshots of CEs with elevated CHL inside (CE+), and 1,857 snapshots of ACEs with elevated CHL inside (ACE+), 1,491 snapshots of CEs with reduced CHL inside (CE-) were identified in the northern Norwegian Sea (Figure 2). The western LB (< 3000 m) and the eastern LB near the continental slope off the Lofoten-Vesterålen Islands are important residing areas for both types of ACEs and CEs. Eddies in these two regions occur more frequently and have stronger eddy intensity than in other regions (Figure 2, Supplementary Figures 2-4). The magnitude of eddy intensity of CEs is comparable in the eastern and western of LB, respectively, while the ACEs in the western LB are more intense than the eastern part. 2,757 snapshots of ACEs and 1,755 snapshots of CEs had a lifespan of more than 10 days, 1,710 snapshots of ACEs and 918 snapshots of CEs had a lifespan of more than 20 days, and 631 snapshots of ACEs and 158 snapshots of CEs had a lifespan of more than 60 days (Tables 2, Supplementary Figure 3). The longer-lived eddies occurred in the western LB and areas near the continental slope (Supplementary Figure 3). In addition, ACEs in the western LB were centered at 3°E, 69.8°N in a circular pattern, coinciding with the location of the LBE; CEs in the western LB are also mainly distributed in the deepest part of the basin. ACEs in the eastern LB are distributed along the continental slope, while the center of distribution for CEs is 12°E, 69.5°N.




Figure 2 | Location of identified (A) 3,841 snapshots of ACEs and (B) 2,727 snapshots of CEs covered by available ocean color data in the northern Norwegian Sea during April to September 2000-2020. (A) The gray and red dots represent ACEs with reduced CHL inside (ACE-) and ACEs with elevated CHL inside (ACE+), respectively, and (B) the gray and blue dots represent CEs with elevated CHL inside (CE+) and CEs with reduced CHL inside (CE-). The size of dots represents the relative magnitude of EI. Monthly numbers of the ACE-, ACE+, CE+, and CE- are shown in the insets.




Table 2 | Number of identified ACEs and CEs with different lifespans covered by available Ocean Color data.





3.2 Revealing CHL anomalies associated with mesoscale eddies from case studies

Two cases (on 3 July 2019 and 8 June 2017) illustrate that mesoscale eddies can considerably affect the distribution of surface CHL in the northern Norwegian Sea (Figures 3, 4). CE+ elevated CHL within the eddy by two orders of magnitude relative to the surrounding waters on 3 July 2019 (Figure 3). ACE- with elevated SLA decreased the CHL within the eddy relative to the surrounding waters on 8 July 2017 (Figure 4). A large number of eddies also exhibited the unusual opposite pattern, with elevated CHL within ACEs and lower CHL within CEs (ACE+ and CE- in Figures 3 and 4). For example, one of the ACE+ located in the region of 70.2–71.2° N, 6.5–10.5° E on 3 July 2019 showed greater CHL and lower SST (Figure 3). Similar patterns are also observed on 8 June 2017 with a pair of dipole eddies in 69–70.2° N, 1–5° E, where a greater CHL within the ACE+ and a lower CHL within the CE- (Figure 4). The extremes of the LCS curves for each eddy correspond to the edge of the eddy with the greatest geostrophic current velocity that separates the water within the eddy from the surrounding waters (Figures 3B, D and 4B, D). The water particles on both sides move along the LCSs, which act as transport barriers limiting the horizontal exchange of water between the two sides, resulting in large differences in CHL and SST field inside and outside the eddies. This effect retains water with larger/smaller CHL inside eddies.




Figure 3 | Spatial distribution of (A) CHL, (B) SLA, (C) sea surface temperature (SST), and (D) Finite-size Lyapunov Exponent (FSLE) for 3 July 2019. ACE- and CE+ in (A, B) are demarcated by solid boxes; ACE+ and CE- in (A, B) are demarcated by dashed boxes. ACEs and CEs in (C, D) are indicated by red and blue stars, respectively.






Figure 4 | Spatial distribution of (A) CHL, (B) SLA, (C) sea surface temperature (SST), and (D) Finite-size Lyapunov Exponent (FSLE) for 8 June 2017. ACE- and CE+ in (A, B) are demarcated by solid boxes; ACE+ and CE- in (A, B) are demarcated by dashed boxes. ACEs and CEs in (C, D) are indicated by red and blue stars.





3.3 Eddy induced Ekman pumping causing unusual CHL anomalies within eddies

To investigate the response mechanism of the unusual surface CHL anomalies to mesoscale eddies, composite averages of the CHL anomalies, SLA and eddy-induced Ekman pumping were constructed. It appeared that elevated SLA (solid contours in Figure 5A) lead to downwelling, resulting in negative CHL anomalies within ACE-, while reduced SLA (dashed contours in Figure 5B) lead to upwelling, resulting in positive CHL anomalies within CE+. Averaged structure and monthly evolution of the composite CHL anomalies of ACEs and CEs show that eddy-induced Ekman pumping was strongly correlated with the unusual CHL enhancements (decreases) in the ACEs (CEs) (Figures 5C, D and 6). Eddy-induced Ekman pumping is generated by sea surface stress curl resulting from surface differential currents associated with mesoscale eddies and wind fields. The polarity of this surface stress curl is opposite to the vorticity of the eddy; hence, the net result is Ekman upwelling within ACEs (solid contours in Figures 5C and 6A–F) and Ekman downwelling within CEs (dashed contours in Figures 6D, G–L). This process is largely responsible for the unusual positive (negative) CHL anomalies at the interior of the ACEs (CEs) (Figures 5C, D, and 6). In particular, our analysis shows that the signal of CHL anomalies within ACE+ is much stronger than that within ACE-, CE+ and CE-, with CHL anomalies over 0.2 mg m-3 appearing close to ±0.5R (Figure 5). The maximum eddy-induced Ekman pumping rate for ACE+ occurred in April and May, whereas the monthly composite averages of CHL anomalies for ACE+ in May and June were more than twice as large as those in April (Figures 6A–C). The signal of CHL anomalies was also stronger in May and June for CE- than in April, but the differences were not considerable (Figures 6G–I, Supplementary Table 1).




Figure 5 | Total composite averages of CHL anomalies for (A) ACE-, (B) CE+, (C) ACE+, and (D) CE- in the northern Norwegian Sea for April to September. The contours in (A, B) represent the composite averages of SLA (contour interval 1 cm), and those in (C, D) represent eddy-induced Ekman pumping (contour interval 1 cm d-1). Positive SLA and Ekman pumping are represented as solid curves; negative SLA and Ekman pumping are represented as dashed curves. The x and y coordinates of the composite averages are normalized by the eddy radius (R). N and N* represent the number of eddy realizations for construction of the composites.






Figure 6 | Monthly composites (April-September) of CHL anomalies for (A–F) ACE+ and (G–L) CE- in the northern Norwegian Sea for 2000-2020. The contours in (A–L) represent the composites of eddy-induced Ekman pumping (contour interval 1 cm d-1); solid lines correspond to upward pumping velocities, dashed lines correspond to downward pumping velocities. The x and y coordinates are normalized by the eddy radius (R). N* represents the number of eddy realizations for construction of the composite.





3.4 MLD variations associated with mesoscale eddies

To further assess whether the CHL anomalies within the different types of mesoscale eddies and their associated Ekman pumping affect the processes occurring below the surface, we investigated the monthly variations of MLD within the ACE-, ACE+, CE+, CE-, and those outside the eddies (Figures 7A, B). For all months, the ACE+ reduced the MLD compared to ACE-, while CE- deepened the MLD (Figures 7A, B). This was caused by the eddy-induced Ekman pumping upward (downward) displacing isopycnals within the ACEs (CEs). This process results in nutrients being introduced into the surface layer from below within the ACE+, so that the increased phytoplankton biomass results in greater CHL in the core of the ACE+ compared to that of the ACE-. Similarly, CHL in the core of CE- has lower CHL in all months compared to CE+ (Figures 7C, D).




Figure 7 | Monthly (A) MLD and (C) CHL for ACE- (blue lines) and ACE+ (red lines); monthly (B) MLD and (D) CHL for CE+ (blue lines) and CE- (red lines); background values (dashed black lines) outside eddies. Standard errors within each month are shown as vertical bars. The differences in MLD between (A) ACE+ and ACE-, (B) CE+ and CE- are significantly at the 95% confidence level. The differences in CHL between (C) ACE+ and ACE-, (D) CE+ and CE- are significantly at the 95% confidence level.



The increase in background CHL from April to June is strongly associated with the seasonal shoaling of the MLD (ΔMLD>100m), which increase the mean irradiance within the mixed layer and stimulates phytoplankton growth. The shoaling of the MLD is also associated with an increase in seasonal heat input into the surface layer. As a result, the background CHL outside eddies also increases from April to June (Figures 7C, D). The presence of ACE+ and CE- caused by eddy-wind interactions further play a role in the vertical mixing of nutrients and CHL within the eddies, so that the CHL anomalies in the eddies peak in May and June (Figure 6). After June, the shallow MLD restricts the vertical input of nutrients into the upper layers, ultimately leading to a decrease in CHL (Figure 7).




4 Discussion


4.1 Radius and lifespan scales of the eddies in the northern Norwegian Sea

The dominant radius scales of the 6568 snapshots of eddies in the northern Norwegian Sea range from 20 to 65 km. More than 2/3 of eddies have radii greater than 30 km and lifespans greater than 10 days (Tables 2, 3). The small radius and lifespan scales of the mesoscale eddies in the study area correspond to the small local Rossby deformation radius (~ 15 km) in this high latitude region. Previous studies have reported that latitudinal dependence is responsible for the smaller radius and lifespan scales of mesoscale eddies in high latitudes than in low and middle latitude regions (Chelton et al., 2011; Chen and Han, 2019). The relatively longer-lived eddies occur in the western LB and areas near the continental slope and are dominated by ACEs (Supplementary Figure 3). In particular, the location of the longer-lived ACEs in western LB coincides with the residence of the LBE, suggesting that the long lifespan of the ACEs may be related to the maintenance mechanism of the eddy mergers in this region (Raj et al., 2015; Raj et al., 2016).


Table 3 | Number of identified ACEs and CEs of different radii covered by available Ocean Color data.





4.2 Do ACEs have greater phytoplankton biomass than CEs?

Our study reveals that ACE+ associated with eddy-induced Ekman pumping plays an important role in elevated phytoplankton biomass in the northern Norwegian Sea. This effect can only be ascertained by separating the ACE+ triggered by eddy-induced Ekman upwelling from ACE-, CE+, and CE- (Figure 5). Downwelling caused by the elevated SLA within ACE- suppresses the increase of phytoplankton biomass in the northern Norwegian Sea. The greatest positive CHL anomalies for ACE+ and the lowest negative anomalies for ACE- occurred in May and June, implying that wind-eddy interactions play an important role in the shift of ACE phytoplankton biomass polarity (Figures 5, 6, Supplementary Table 1). The upwelling caused by the reduced SLA within CE+ also raises the CHL within the eddy, but the positive CHL anomalies within CE+ are much weaker than those within ACE+ (Figure 5). This may be related to the deeper MLD in the LB, which allowed the longer-lived ACE-dominated eddies (Supplementary Figure 3) to have more nutrients; in spring, increased seasonal light, shoaling of MLD in the LB, and eddy-induced Ekman upwelling combine to promote phytoplankton growth and further elevated CHL within the ACE+ (Lévy et al., 1998; Mahadevan et al., 2012; He et al., 2017). In May and June, the seasonal shoaling of the MLD led to greater irradiance levels available for phytoplankton growth, stimulating phytoplankton growth and accumulation in the surface layer of the ACE+ (Figure 7). This seasonal wind-eddy-biological interaction generates conditions within ACEs that results in ACEs being productive mesoscale features and being more productive than CEs in the northern Norwegian Sea.



4.3 Effects of eddy trapping and stirring processes

Spring phytoplankton blooms in the northern Norwegian Sea occur initially on the continental shelf for several weeks and then move off-shelf from late April (Bagøien et al., 2012). Mesoscale eddies play an important role in this cross-slope transport process and move nutrients and plankton from the shelf to deep water (Dong et al., 2021). Our analysis reveals that ACEs in eastern LB are mainly distributed along the continental slope, while CEs are not (Figure 2). This implies that ACEs may be more commonly shed from the NwASC than CEs and play a more important role in transporting nutrients and plankton from the continental shelf to the open sea. Eddy stirring occurs primarily at the eddy peripheries, resulting in dipoles of positive and negative CHL signals depending on the strength and direction of the background CHL gradient and the intensity of the eddies (Travis & Qiu, 2020). These two mechanisms redistribute CHL spatially through horizontal advection and do not affect the changes in phytoplankton biomass associated with vertical pumping and mixing in mesoscale eddies, and thus are not addressed in these study.



4.4 Other vertical pumping mechanisms

Other vertical pumping processes associated with mesoscale eddies include mode-water eddies and submesoscale pumping in eddies. Mode-water eddies are characterized by a lens-shaped water mass within the core that raises the seasonal pycnocline in the surface layer and depresses the main pycnocline below the lens. Previous studies have shown that the mode-water eddies are dominated by downward displacing of main pycnoclines, and have positive SLA, which makes it impossible to distinguish them from regular ACEs by satellite altimetry (McGillicuddy et al., 2007). Due to the elevated productivity and positive SLA of the mode-water eddies, we consider any potential mode-water eddies in the northern Norwegian Sea to be included in ACE+.

At the periphery of the eddy, front-like features can develop at the velocity maximum (corresponding to FSLE extremes of each eddy; Figures 3D and 4D), with submesoscale upwelling and downwelling generated along the eddy front, and where vertical pumping velocities can reach 10 m d-1 (Siegel et al., 2011). This potential submesoscale pumping can greatly increase the nutrient flux and phytoplankton growth around the eddy, but the horizontal scale is not large enough to obtain their composite average results from ocean color and altimetry products. While submesoscale productivity may be important, it cannot be adequately resolved by our methods.



4.5 Potential impacts on higher trophic levels

The dominant copepod in the Norwegian Sea is C. finmarchicus, which serves as a key link between primary producers and higher trophic levels (Planque, 2000; Melle et al., 2014). The spatio-temporal distribution of C. finmarchicus appears to be strongly correlated with CHL (Supplementary Figure 5). As a result, understanding CHL anomalies in different types of mesoscale eddies is not only important for phytoplankton biomass, but also can affect the spatial distribution of zooplankton and higher trophic levels (Melle et al., 2014; Basedow et al., 2019). Other zooplankton are known to have increased biomass and activity in mesoscale and submesoscale “hotspots” (Basedow et al., 2019; Weidberg et al., 2022), and it is likely that the important grazers of the Norwegian system likewise utilize eddies, and particularly the ACE+ with elevated phytoplankton biomass, as important regions in their life cycles.




5 Conclusions

This study reveals unusual surface CHL anomalies caused by mesoscale eddies, manifested as positive CHL anomalies within ACEs and negative CHL anomalies within CEs, and that these CHL anomalies are triggered by Ekman pumping due to wind-eddy interactions. Given their ubiquitous distribution, these eddies play an important role in biogeochemical processes in the northern Norwegian Sea. The composite results of the CHL and wind anomalies indicate that the eddy-induced Ekman upwelling within ACEs cause stronger CHL anomalies than other types of eddies, which is responsible for the large phytoplankton biomass within ACEs in the region.

The CHL anomaly maxima induced by Ekman pumping mechanisms occur in May and June, which are the months associated with the spring blooms in the northern Norwegian Sea. Further analysis of the MLD indicated that from April to June, the MLD were reduced, resulting a greater irradiance environment for phytoplankton growth. After June, the shallow MLD prevented the vertical input of nutrients into the upper ocean. The combined physical-biological processes play a critical role in generating surface CHL anomalies and is a major factor in the regulation of phytoplankton biomass in the northern Norwegian Sea.
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Recent observations prove that subthermocline eddies (SEs) are energetic in the north Pacific western boundary region, where interhemispheric waters meet. Our previous study showed that the SEs play an important role in isopycnal mixing of interhemispheric intermediate waters. Whether the SEs can induce diapycnal mixing in the western boundary region is unknown although it has been found true in the interior region. In this study, based on in-situ observations and fine-scale parameterization method, we show spatial structure and variability of diapycnal mixing induced by the SEs in the north Pacific western boundary region. The SEs are located between 200 and 750 m with a maximum swirl speed reaching 0.5 m s-1 and exhibit significant intra-seasonal variability with the period ranging between 50 and 100 days. Compared with shears induced by tides and near-inertial oscillation, sub-inertial shears induced by the SEs are dominant in the subthermocline layer. Consequently, diapycnal diffusivity is elevated up to O(10-4) m2 s-1 about one order higher than the background value when the SEs were passing by. The integrated diapycnal diffusivity between 200 and 750 m is increased by 210%. Modulated by the SEs, diapycnal mixing in the subthermocline has significant intra-seasonal variations. With more and more SEs being observed around the global oceans, we suggest that SE-induced mixing may not be trivial in closing the global ocean energy budget.




Keywords: subthermocline eddy, turbulent mixing, shear, western boundary region, microstructure observations



Introduction

Diapycnal mixing plays an important role in modifying water masses, maintaining ocean stratification, and modulating the ocean circulation, etc. (Munk, 1966; Thorpe, 2005). Winds and tides are two primary external energy sources for generating diapycnal mixing (Munk and Wunsch, 1998; Wunsch and Ferrari, 2004). An outstanding question in physical oceanography is that how much diapycnal mixing is needed to maintain the observed stratification, to drive the meridional overturning circulation, or to close the global energy budget. In the seminal works (Munk, 1966; Munk and Wunsch, 1998), it has been argued that an average diapycnal diffusivity (κρ) of O(10-4) m2 s-1 is required in the ocean interior. However, observed diapycnal diffusivities in most of the ocean interior are often lower by one order of magnitude, giving rise to the impression that we were ‘missing’ mixing (Gregg, 1987; Ledwell et al., 1993; Waterhouse et al., 2014). It is an opening question and has not been sufficiently addressed. The diapycnal mixing effects must be parameterized in the ocean climate models. Better understanding of the diapycnal mixing processes is necessary to improve model’s parameterizations (Zhu and Zhang, 2018). Since diapycnal mixing remains grossly under-sampled in vast region of the global ocean, the spatial distribution and intensity of diapycnal mixing is an important issue in physical oceanography (Liang et al., 2018).

The western boundary region (WBR) of the tropical Pacific features complicated currents, abundant eddies, and multi-source water masses (Figure 1) and plays a vital role in the global ocean circulation and climate (Hu et al., 2015; Qiu et al., 2015; Schönau and Rudnick, 2017). As sketched in Figure 1B, in the wind-driven ventilated thermolcline (<26.5 σθ), the westward North Equatorial Current (NEC) bifurcates into the southward Mindanao Current (MC) and the northward Kuroshio Current (KC) along the Philippine coast. Most of the southward MC and northward New Guinea Coastal Current (NGCC) form the eastward North Equatorial Counter Current (NECC). The remaining of the MC provides the source water for the Indonesian Throughflow (ITF) (Qiu et al., 2015). Embedding in the main currents, there are energetic mesoscale eddies, such as the commonly known cyclonic Mindanao Eddy (ME) and anticylconic Halmahera Eddy (HE) (Kashino et al., 2013; Chen et al., 2015). In the subthermocline (>26.5 σθ), there seems a mirrored pattern of the thermocline circulation with North Equatorial Undercurrent (NEUC) flowing eastward beneath the NEC, a poleward Mindanao Undercurrent (MUC) underlying the MC, and an equatorward Luzon Undercurrent (LUC) below the KC (Wang et al., 2014; Qiu et al., 2015; Schönau and Rudnick, 2017; Zhang et al., 2017). Note the NEUC comprises several eastward jets (Qiu et al., 2015). Transferred by the complicated currents, interhemispheric water masses converge in the study region (Figure 1C). In the thermocline and below the mixed layer (~23 σθ), the South Pacific tropical water (SPTW) and the North Pacific tropical water (NPTW) are characterized by salinity maxima (Nan et al., 2015). There exist two subsurface salinity minima in the subthermocline. The southern one called the Antarctic Intermediate Water (AAIW) is saltier than the northern one named the North Pacific Intermediate Water (NPIW). Complex interactions among the currents and eddies play important roles in distribution and transformation of interhemispheric water masses through both isopycnal and diapycnal mixings (Fine et al., 1994; Grenier et al., 2011; Nan et al., 2019).




Figure 1 | Observational sites, background currents, and water masses in the northwestern tropical Pacific Ocean. (A) Bathymetry and in situ observational assets. (B) Observed currents by SADCP. Major currents and eddies in the thermocline (black) and subthermocline (blue) are indicated. (C) Observed salinity (psu) along 130°E showing different water masses. The overlaying potential density σθ(kg m-3) contours illustrate the distribution of stratification.



Diapycnal mixing is of crucial importance to the dynamics and thermodynamics in the WBR (Liu et al., 2017). Biases are substantial in ocean climate models due to insufficient parameterization of background diffusivity in the tropical Pacific Ocean (Zhu and Zhang, 2018). Measurement of turbulent dissipation rate was conducted recently (Liu et al., 2017). It was found that in addition to patches of enhanced mixing at eddy’s edge, mixing in the thermocline (under the mixed layer and above the main thermocline) is weak. Generally, diapycnal mixing in the ocean interior is generated by the breaking of internal gravity waves or/and shear instability of horizontal currents (Thorpe, 2005; Liu et al., 2017; Zhang et al., 2018; Zhang et al., 2019). Recent observations prove that there exist energetic subthermocline eddies (SEs) with dominant intra-seasonal variations in the WBR (Firing et al., 2005; Wang et al., 2014). Based on mooring and buoy data, our previous study showed that the SEs in the WBR play an important role in the isopycnal mixing of interhemispheric intermediate waters (Nan et al., 2019). The complex interactions among currents and SEs can provide strong shear for turbulence generation. Zhang et al. (2019) found that diapycnal mixing can be significantly elevated by a SE in the equatorial western Pacific through shear instability. In the subthermocline of the WBR, SE is energetic and stratification is relatively weak facilitating turbulence generation though shear instabilities.

To test whether diapycnal mixing can be elevated by SEs in the subthermocline of the WBR, hydrographic and microstructure observations were conducted along two perpendicular transects (Figure 1A). More than 16 months of mooring data were also obtained to investigate variabilities of SEs and associated shear changes. Based on observational data and fine-scale parameterization method, we show spatial pattern and eddy-induced variability of diapycnal mixing. The rest of the paper is organized as follows. Section 2 describes the data and methods. Section 3 presents the results on SE-induced mixing in the WBR. Section 4 discusses the importance of SE-induced mixing and summarizes the main findings.



Data and methods


Hydrographic observations

Two perpendicular transects designed to observe characteristics of currents and eddies in the WBR were carried out on board of the R/V Kexue during the period of Jan. 14th-28th, 2016 (Figure 1A). A total of 50 stations was sampled at ~0.5°intervals along the zonal section at 8°N and the meridional section at 130°E. Temperature and salinity profiles with 1 m vertical resolution were measured using a 911 plus conductivity-temperature-depth (CTD) manufactured by Sea-Bird Electronics Inc. and expendable CTD (XCTD) manufactured by the Tsurumi Seiki Co. Current velocities along the ship track from surface to 750 m depth are obtained using a 38 kHz SADCP with bin size of 32 m manufactured by Teledyne RD Instruments (Figure 1B). The temperature, salinity, and current data were linearly interpolated to 32-m intervals vertically between 10 m and 750 m depth. The squared buoyancy frequency representative of stratification is defined as   (g is the acceleration of gravity and ρ is the potential density). The Richardson number was calculated from Ri=N2/S2, where S2=(∂u/∂z)2+(∂v/∂z)2 is the squared vertical shear of horizontal velocity.



Mooring data and analysis

To investigate variabilities of currents and diapycnal mixing, a subsurface mooring system (M8) was deployed in the frontal region of interhemispheric water masses at 129° E, 8° N (Figure 1A) from Jan. 14th 2016 to Jun. 2nd 2017. Two (one upward looking and one downward looking) 75 kHz ADCPs manufactured by Teledyne RD Instruments were mounted at ~400 m depth to measure zonal (u) and meridional (v) velocity in the upper 750 m. Quality control was performed by removing data where the percentage of good values was mostly less than 90% and in depths less than 50 m. The ADCPs were configured to measure hourly current velocity with a standard bin size of 8 m (Nan et al., 2019). The kinetic energy (KE) was calculated using KE=(u2+v2)/2. Squared shear (S2) was calculated using the vertical shear of horizontal velocity measured at the M8 mooring. Following Zhang et al. (2018), monthly temperature and salinity data, obtained from the Grid Point Value of the Monthly Objective Analysis (MOAA GPV) based on Argo profiling floats, are used to calculate stratification (N2). The MOAA GPV data is a global 1°×1° grid dataset of monthly temperature and salinity fields from January 2001 to the present (Hosoda et al., 2008). The above temperature, salinity and velocity data were all linearly interpolated to 32-m intervals vertically.



Microstructure measurement

To study mixing characteristics in the WBR, 20 sites (repeated at 130°E, 8°N) of turbulence microstructure measurements were conducted along the 8°N and 130°E sections (Figure 1A). Microstructure data were obtained using free-falling microstructure profile MSS90 manufactured by Sea and Sun Technology Instruments. The MSS 90 is a multiparameter probe for measuring turbulent velocity shear and stratification with falling velocities ranging in 0.5~0.7 m s-1 (Lappe and Umlauf, 2016). Two shear probes sampling at 512 Hz were installed. Measured velocity shear by two shear probes are almost identical at all sites, and the mean of the dissipation estimates from the two probes was used in this analysis.

The TKE dissipation rate (ϵOB) was determined using the isotropic formula as in equation (1) below (Sheen et al., 2014; Bluteau et al., 2016; Liang et al., 2018),



where ν is the kinematic molecular viscosity taken constant at 10-6 m2 s-1. The overbar indicates a spatial average of the shear, u is the horizontal components of velocity, and the shear variance was calculated by integrating the spectrum of the shear signal ψ(k), where k is the vertical wavenumber (Polzin et al., 1995). The upper limit of integration kmax is the highest wavenumber not contaminated by vibration noise (Bluteau et al., 2016; Liang et al., 2018).



Dissipation rate parameterization

The maximum depth of the observed dissipation rate by the MSS90 varied and was limited to the top 400 m due to different oceanographic and weather conditions. A fine-scale parameterization method was used to estimate the dissipation rate above 750 m. There are two well-known fine-scale parameterization methods, i.e., Gregg-Henyey-Polzin (GHP) parameterization (Polzin et al., 1995; Gregg et al., 2003) and MacKinnon-Gregg (MG) parameterization (MacKinnon and Gregg, 2003 and MacKinnon and Gregg, 2005). The GHP parameterization based on internal wave-wave interaction theory has been used in the northwestern Pacific Ocean (Jing et al., 2011; Yang et al., 2014). However, it failed to predict the turbulence over rough topography (Liang et al., 2018) and overestimated diapycnal mixing in the WBR (Liu et al., 2017). The MG parameterization is found to be successful in reproducing the observed full-depth dissipation rates in the northwestern tropical Pacific (Liang et al., 2018). Thus, in this study the MG parameterization was employed. The MG dissipation rate (ϵMG) is expressed in terms of fine-scale shear and stratification as



where S0=N0 = 0.0052 s-1 and ϵ0 is an constant which is set to 7.6 ×10-9 W kg-1 in this study to fit the parameterized dissipations best to the observed dissipations. ϵMGwas estimated using the 32-m resolution shear (S) and buoyancy frequency (N). Note that only ϵMG below the mixed layer was calculated, since in addition to eddy/current effects shears caused by wind and inertial oscillation etc. also play a vital role in the mixed layer. To evaluate the parameterization method, scatterplot of observed dissipation rate (ϵOB) and MG parameterized dissipation rate (ϵMG) were shown in Figure 2. It can be seen that the ϵMG pattern is close to that of the ϵOB. The agreement between ϵOB and ϵMG are within the same order of magnitude and about 80% of predicted ϵMG are within a factor of 2 of ϵOB, suggesting the fidelity of the MG parameterization results.




Figure 2 | Comparison of observed (ϵOB) and parameterized (ϵMG) TKE dissipation rates from 20 microstructure profiles. Solid line indicates the one-to-one relations. Gray bands indicate agreement within factors of 2 and 10.



Diapycnal diffusivity representative of turbulent mixing rate is commonly estimated using the relationship κρ=Γϵ/N2 (Osborn, 1980), whereΓ is the mixing efficiency set to be 0.2. Note that it may be problematic using constant mixing efficiency in the mixed and bottom boundary layers (Lappe and Umlauf, 2016; Salehipour et al., 2016; Wakata, 2018; Monismith et al., 2018). However, this study focuses on the ocean interior (below the mixed layer and far away from the bottom boundary layer). Thus, constant mixing efficiency was reserved.




Results


Observations of SEs

The main currents and eddies are captured in the WBR by the ship-mounted Acoustic Doppler Current Profilers (SADCP) in the winter of 2016 (Figure 1B and Figure 3). It can be seen that the NEC flows westward between 7°N and 16°N with a maximum speed larger than 0.5 m s-1. Most part of the NEC is above the main thermocline. However, there are small branches can reach 750 m. The NECC flows eastward between 2°N and 6°N with maximum speed larger than 1 m s-1. Westward NEC and eastward NECC cause divergence between 5°N and 9°N which uplifts the thermocline by ~100 m (Figure 1C). The MC flows southward along the east Philippine coast (west of 129 °E) with maximum speed larger than 1 m/s. The southward MUC located below the MC were not totally captured limited by observational depth.




Figure 3 | (A, C), Zonal (u) and meridional (v) velocities along the 130°E section measured by the SADCP. (B, D), Similar to (A, C) but for the 8°N section. Contours of 26.5 kg m-3 are shown to indicate the main thermocline depth.



The most striking feature of Figure 3 is that in addition to the main currents, there are also subtermocline currents and SEs. For example, there is an anticylonic SE between 128°E and 131°E at the 8°N section (Figure 3B). It has subsurface-intensified core located at 200~750 m depth with maximum swirl speed of 0.4 m s-1. To observe variations of the SEs, a subsurface mooring system (M8) was deployed for 16.5 months in the frontal region of interhemispheric water masses at 129° E, 8° N (Figure 1A). Hourly zonal (u) and meridional (v) velocities were obtained in the 50-750 m layer (Figure 4). As shown before, the main thermocline (~26.5 σθ) depth is shallower and located at about 200 m depth at the M8 mooring site. It can be seen that the SEs are located between 200 and 750 m (Figure 5A) with a maximum swirl speed reaching 0.5 m s-1. The power spectrum for KE averaged between 200 and 750 m shows that the SEs in this region exhibit intra-seasonal variability with the period ranging between 50 and 100 days (Figure 6). The power is greatest at 90 days. There are both cyclonic and anticyclonic SEs, whose vertical structures have been shown in Figure 2C of Nan et al. (2019). Several SEs passed by the mooring during the observation period (Figure 5A). The formation of SEs, which has been attributed to both barotropic and baroclinic instabilities (Chiang and Qu, 2013; Chiang et al., 2015), is not studied here due to limited observational data. However, the strong velocity shear forms due to interactions among currents and eddies, which tends to contribute to turbulence generation.




Figure 4 | Hourly (A) zonal (u) and (B) meridional (v) velocity measured at the M8 mooring from Jan. 14th, 2016 to Jun. 2nd, 2017.






Figure 5 | (A) Hourly profiles of measured KE at the M8 mooring. (B, C), Time series of squared shear (S2) divided into semidiunal tide, diurnal tide, near-inertial, and sub-inertial frequency bands and averaged for 50-200 m and 200-750 m, respectively.






Figure 6 | PSD of hourly KE averaged for 50-200 m (A) and 200-750 m (B) at the M8 mooring, respectively. The dashed lines denote the 95% significance level.





Spatial structure of diapycnal mixing

To characterize the diapycnal mixing in the WBR, microstructure data were obtained at 20 sites along the 8°N and 130°E sections (Figure 1A) in the winter of 2016. The depths at these sites exceed 2000 m, and the microstructure measurements in the upper 400 m are far away from direct influences of the bottom. The turbulent kinetic energy (TKE) dissipation rate (ϵOB) was calculated (see Methods) along the two sections (Figures 7A, B). It can be seen that the TKE dissipation rate ranges from 10-10 W kg-1 to 10-6 W kg-1 exhibiting nonuniform distributions either horizontally or vertically. Generally, the TKE dissipation rate decreases with depth. It is the largest in the mixed layer with a mean dissipation rate of 4.6× 10-7 W kg-1. Consistent with the TKE dissipation rate, the velocity shear is the largest in the mixed layer and decreases with depth. Correspondingly, the diapycnal diffusivity (κρ) representative of mixing rate is almost always larger than 10-4 m2 s-1 in the mixed layer (Figures 7C, D). Not surprisingly, mixing is the strongest in the mixed layer, which is induced by wind stirring, wave breaking, inertial oscillations, and/or positive buoyancy fluxes as in many other regions (Munk, 1966; Thorpe, 2005; Liu et al., 2017).




Figure 7 | (A, C), Observed dissipation rate and diapycnal diffusivity (κρ) along the 130°E section, respectively. (B, D), Similar to (A, C) but for the 8°N section. Contours of σθ = 23 and 26.5 kg m-3 are shown to indicate the mixed layer depth and the main thermocline depth, respectively.



In the thermocline and subthermocline layers there are patches of enhanced TKE dissipation rates (Figures 7C, D). These enhanced patches are consistent with the patchy shears induced by currents or eddies (Figure 4). Different from the decreasing of TKE dissipation rates with depth, the diapycnal diffusivity (κρ) increased with depth due to weak stratification. In the thermocline, although there are patches of large diapycnal diffusivity, such as at the south edge of the NECC between 2°N and 4°N, the diapycnal diffusivities (κρ) are on the order of 10-6~10-5 m2 s-1, i.e., at the background values in the open ocean (Waterhouse et al., 2014; Liu et al., 2017). Previous observations in the summer of 2014 also show that excluding the eddy enhanced patches, diapycnal mixing in the thermocline is generally weak with diapycnal diffusivity κρ~Ο(10-6) m2 s-1 (Liu et al., 2017). It is known that eddies can enhance diapycnal diffusivity at its edges due to geostrophic shear (Fine et al., 1994; Liu et al., 2017; Yang et al., 2017). Based on the MG parameterization (Figure 8), diapycnal diffusivity in the subthermocline was calculated at the 20 observational sites. Strikingly, the diapycnal diffusivity increased up to 2.66×10-4 m2 s-1 at 750 m (Figure 9). The mean diapycnal diffusivity κρis 0.75×10-4 m2 s-1 in the subthermocline larger than that in the thermocline by a factor of four. The standard deviation of κρ is 0.60×10-4 m2 s-1 comparable with the mean value, indicating that eddy-induced variation of mixing is significant. Limited by observational data, the increase of diapycnal diffusivity below 750 m due to SEs was not fully captured.




Figure 8 | (A–C), Squared shear (S2), squared buoyancy frequency (N2), and diapycnal diffusivity (κρ) derived from parameterized (ϵMG) TKE dissipation rates along the 130°E section. (D–F), Similar to (A–C) but for the 8°N section.






Figure 9 | Vertical distributions (thick lines) of the averaged current speed (A), squared buoyancy frequency (N2) (B), squared shear (S2) (C), Richardson number (Ri) (D), dissipation rate (ϵ) (E), diapycnal diffusivity (κρ) (F), and its standard deviations (thin lines) at 20 microstructure profiles. Dotted lines at 50 m and 300 m indicate the mixed layer and the main thermocline depths, respectively. Gray lines in (E, F) represent results of MG parameterization.



It is argued that the weak thermocline mixing in the WBR is caused by reduced breaking of internal waves (Gregg et al., 2003; Liu et al., 2017). From Figures 8A, D, shear in the thermocline is larger than that in the subthermocline. However, the stratification is strongest in the thermocline indicated by the squared buoyancy frequency (N2) (Figures 8B and 9E). In the subthermocline, direct influences of the surface or bottom boundaries are insignificant. Relatively weak stratification favors turbulence generation whenever the shear is present (e.g., in cases of energetic SEs, Figures 8A, B) to facilitate instabilities. The most striking feature of spatial structure of diapycnal mixing in the study region is that it has a sandwich-like structure above 750 m with weak mixing in the thermocline and strong mixing in the mixed layer and subthermocline.



SE-induced variability of diapycnal mixing

Case studies show that eddies can enhance diapycnal mixing at its edges (Liu et al., 2017; Yang et al., 2017; Fine et al., 2018; Zhang et al., 2019; Cao et al., 2022). However, temporal variability of diapycnal mixing induced by SEs remains unclear. At the M8 mooring site, the main thermocline is uplifted to ~200 m depth due to divergence caused by westward NEC and eastward NECC (Figure 3). Thus, 200 m was selected to separate the thermocline layer and the subthermocline layer at the mooring site. Power spectra for hourly KE show that there are significant contributions from semi-diurnal tide currents, diurnal tide currents, and sub-inertial currents both in the thermocline (50-200 m) and in the subthermocline (200-750 m) (Figure 6). Among them, sub-inertial currents representative of eddy activities dominate with periods between 18 and 120 days. In the thermocline, there is also near-inertial current with period close to the local inertial period (Ti) of 3.58 days. Note that large current velocity does not mean that the associated shear is large. To obtain frequency-dependent components of S2, measured velocity are decomposed into different frequency bands using the third-order Butterworth filter. Specifically, the velocities within the semi-diurnal, diurnal, and near-inertial bands were band-pass filtered with cutoff periods at 10-14 h, 20-27 h, and (0.80-1.18)Ti, respectively (Zhang et al., 2018). Ti (3.58 days) represents the local inertial period at 8°N. For the sub-inertial velocity, it was obtained via low-pass filtering with cutoff periods of 18 days following the previous study (Zhang et al., 2018). Time series of squared shear (S2) in the semi-diurnal tide, diurnal tide, near-inertial, and sub-inertial frequency bands averaged for 50-200 m and 200-750 m are showed in Figure 5B and Figure 5C, respectively. It can be seen that shears induced by near-inertial and sub-inertial currents are dominant in the thermocline. In the subthermocline, shear induced by near-inertial currents is weak, while shear induced by sub-inertial currents remains dominant. Compared with shear induced by near-inertial and sub-inertial currents, shear induced by tidal currents is smaller.

Several SEs passed by the mooring site during our observational period (Figure 10A). If identified by velocity contours larger than 0.1 m s-1, the SE occurrence at the mooring site can reach 79%. The shear variations exhibit a significant correlation with sub-inertial KE. The correlation coefficient between sub-inertial KE and diapycnal diffusivity is 0.62 exceeding 99% significance level, when sub-inertial KE lags diapycnal diffusivity by ~5 days (Figure 10). Peak-to-peak comparisons also show that variation of diapycnal diffusivity leads that of sub-inertial KE. This is because that SEs enhance shear at the edges but not the positions of maximum velocity/KE (Liu et al., 2017; Yang et al., 2017). Based on modeling results, it has been shown that most SEs east of the Philippines propagate westward (Chiang and Qu, 2013). The 5-day lag reflects that the maximum shear formed when the SEs approach the mooring and before the maximum KE appears. It can be seen that the shear was elevated by up to two orders of magnitude when the SEs passed the mooring (Figure 10B).




Figure 10 | Variabilities of measured sub-inertial KE (A), associated squared shear (S2) (B), and estimated diapycnal diffusivity (κρ) (C) based on MG parameterization at the M8 mooring.



Based on the shear induced by the SEs, variabilities of diapycnal diffusivity (κρ) was estimated using the MG parameterization (Figure 10C). Diapycnal diffusivity increases with depth ranging from 10-6 m2 s-1 to 10-4 m2 s-1, which is consistent with the result shown in Figures 8C and 8F. Although there exists strong shear in the thermocline (Figure 10B), diapycnal mixing is mostly weak, suppressed by strong stratification (Figure 11A). In the subthermocline, diapycnal diffusivity is elevated by one order, up to 10-4 m2 s-1 when the SEs pass by the mooring site (Figure 10C). The integrated diapycnal diffusivity between 200 and 750 m is increased by 210% (Figure 12). Note that stratification is derived from the monthly Argo data. Thus, the value (210%) of diapycnal diffusivity increased by the SEs maybe underestimated. Elevated diapycnal diffusivities correlate well with that of low Ri (Figure 11B). The correlation coefficient between diapycnal diffusivity and shear is 0.98 exceeding 99% significance level (Figure 12C). It is not surprising that the shear modulated by the SEs exhibits intra-seasonal variabilities with periods ranging from 18 to 120 days (Figure 13A). Thus, given the strong correlation, the diapycnal mixing in the subthermocline at the mooring site also has significant intra-seasonal variations (Figure 13B).




Figure 11 | Time series of (A) squared buoyancy frequency (N2) from monthly Argo data, and (B) Richardson number (Ri) at the M8 mooring.






Figure 12 | Variabilities of measured sub-inertial KE (A), associated squared shear (S2) (B), and estimated diapycnal diffusivity (κρ) (C) based on MG parameterization averaged for 200~750 m at the M8 mooring. The red solid lines shows central position of three strong SEs.






Figure 13 | PSD of hourly squared shear (S2) (A) and diapycnal diffusivity (κρ) (B) averaged for 200-750 m at the M8 mooring site, respectively. The dashed lines denote the 95% significance level.






Summary and discussion

In summary, this study presents the observational evidences of the SE-induced spatial structure and variability of diapycnal mixing in the WBR. The SEs are located between 200 and 750 m with a maximum swirl speed reaching 0.5 m s-1 and exhibit intra-seasonal variability with the period ranging between 50 and 100 days. Compared with shears induced by tides and near-inertial oscillation, SE-induced sub-inertial shears are dominant in the subthermocline layer. Consequently, diapycnal mixing is elevated by up to one order of magnitude compared to the background value due to relatively weak stratification and incresed shear induced by SEs. Because of the successive arrival of SEs, diapycnal mixing in the subthermocline has significant intreaseasonal variations.

Diapycnal mixing has a strong impact on the transformation of interhemispheric water masses in the WBR and hence on the tropical overturning circulation (Fine et al., 1994; Furue and Endoh, 2005; Zhu and Zhang, 2018). The SEs play an important role on the variation of diapycnal mixing in the subthermocline layer. It has been argued that an average diapycnal diffusivity κρ~O(10-4) m2 s-1 is required to maintain the stratification and drive the meridional overturning circulation (Munk, 1966; Munk and Wunsch, 1998). However, diapycnal diffusivity cannot reach 10-4 m2 s-1 in the interior of the most world’s open ocean. With more and more subthermocline eddies being observed around the global ocean (Pelland et al., 2013; Zhang et al., 2015; Dilmahamod et al., 2018), diapycnal mixing in the subthermocline layer may supply part of the “missing” mixing in the ocean interior. We speculate that a similar picture may apply to other regions where SEs are active. It is worth noting that our observations are limited to above the 750 m depth. More observations targeted on SE-induced mixing are called for.

In a previous study, we investigated the SE effect on isopycnal mixing of interhemispheric water masses in the WBR (Nan et al., 2019). It was found that the horizontal eddy diffusivity has subthermocline maxima induced by SEs off the Philippine coast. Thus, SEs play an important role in both isopycnal and diapycnal mixings of water masses in the study region. Diapycnal mixing effects cannot be resolved by ocean climate models, and instead have to be parameterized. Constant diffusivity value is often used in numerical ocean models (Furue and Endoh, 2005; Koch-Larrouy et al., 2007; Cole et al., 2015), and as a result, biases are substantial in ocean climate models in the tropical Pacific Ocean (Zhu et al., 2018). Our findings in this study suggest that the vertically varying diapycnal diffusivity should be used to improve parameterization of diapycnal mixing in the tropical northwestern Pacific in ocean climate models.
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Utilizing the direct mooring observation along 130°E (10.5°N, 13°N, 15.5°N, and 18°N), 18°N (122.7°E, 123°E, and 123.3°E), and 8°N (127°E) and satellite data, the seasonal variabilities of the North Equatorial Current (NEC), Kuroshio Current (KC), and Mindanao Current (MC) were investigated. The southern part of the NEC along 130°E, the KC along 18°N, and the MC along 8°N featured similar seasonal cycles: that is, the currents were strong in spring and weak in autumn, while the KC along 18°N featured another peak in winter. Moreover, the seasonal phase of the NEC along 130°E was latitude-dependent; it advanced slightly from 10°N to 14°N and delayed poleward. The seasonal variabilities of the three currents were mainly controlled by local winds and Rossby waves via a geostrophic relationship, as the mooring observation was consistent with satellite data. The calculation shows that the local wind was dominant in the above mentioned in-phase areas (i.e., the southern part of the NEC, KC, and MC), while Rossby waves played an important role in the northern part of the NEC. The results indicate that the NEC–KC–MC system had the same zonal dynamics but different meridional dynamics across seasons.




Keywords: North Equatorial Current, Kuroshio Current, Mindanao Current, seasonal variability, Rossby waves



Introduction

Between the tropical and subtropical circulation gyres in the North Pacific Ocean, the North Equatorial Current (NEC) flows westward and then bifurcates east of the Mindanao Island into the northward Kuroshio Current (KC) (e.g., Nitani, 1972; Gordon et al., 2014; Qiu et al., 2014; Chen et al., 2015; Qiu et al., 2017) and southward Mindanao Current (MC) (e.g., Hu and Cui, 1991; Qu et al., 1998; Wang et al., 2016). The surface NEC is confined within 8°N–17°N, and its northern boundary can extend to 28°N with the increase in depth (Qiu et al., 2015). The western boundary currents KC and MC are both limited within 100–200 km offshore of the Luzon and Mindanao Island, respectively (Wijffels et al., 1995; Lien et al., 2015). A part of KC enters the South China Sea via the Luzon Strait (e.g., Chao, 1991; Qu, 2001; Wu and Chiang, 2007; Qu et al., 2009), and the rest flows northeastward via the east of Taiwan Island and the southeast of Japan (Zhang et al., 2001), and finally intrudes into the Kuroshio Extension (e.g., Joyce et al., 2001; Nakano et al., 2013; Sasaki and Minobe, 2015). A part of the MC flows into the Celebes Sea (e.g., Lukas et al., 1991; Ffield and Gordon, 1992), and the other turns eastward to join the North Equatorial Counter Current. The North Equatorial Undercurrent (NEUC), Luzon Undercurrent (LUC), and Mindanao Undercurrent (MUC) exist beneath the NEC, KC, and MC, respectively. The NEC–KC–MC (NKM) system plays an important role in the mass, energy, and heat exchange between the tropical and extratropical Pacific Oceans (Hu et al., 2015).

In the region of the NKM system, intraseasonal, seasonal, interannual, and decadal variations occur. Studies have shown that the interannual variabilities of the NEC, KC, and MC are closely associated with the El Niño–Southern Oscillation (e.g., Qiu and Joyce, 1992; Qiu and Lukas, 1996; Zhai and Hu, 2013). However, the reported seasonal properties for the three currents are inconsistent. According to model results, Tozuka et al. (2002) indicated that the three currents exhibited similar seasonal phases, but Qiu and Lukas (1996) showed that the MC and KC exhibited opposite seasonal phases. Moreover, studies have only focused on the seasonal cycle of a single flow. Although there is a consensus that the NEC is weakest in autumn, its strongest season remains unconfirmed. Inconsistent peak seasons have been reported, including spring (Qiu and Lukas, 1996; Wang et al., 2002), summer (Qiu and Joyce, 1992), winter (Donguy and Meyers, 1996; Yaremchuk and Qu, 2004), and a double-peak structure of winter and summer (Yan et al., 2014). Regarding the KC, while most studies have agreed on autumn as its weakest season, inconsistent results have also been reported for its strongest season, including winter and spring (Lien et al., 2014), spring (Qiu and Lukas, 1996; Yaremchuk and Qu, 2004), and spring and summer (Qu et al., 1998; Chen et al., 2015). Previous results on the seasonal MC are inconsistent. Utilizing a 1.5-layer reduced-gravity model, Qiu and Lukas (1996) denoted that the MC was strongest in autumn and weakest in spring, but Qu et al. (1998) reported an opposite seasonal MC cycle according to hydrological data. According to the mooring data at 6°50′N, 126°43′E, Kashino et al. (2005) indicated that the MC was strongest during boreal summers.

The NKM system is closely associated with the local wind forcing and westward propagation of Rossby waves. Both the local and remote effects strongly influence the sea surface height and the corresponding geostrophic flows. Zhang Z et al. (2021) inferred that the local wind stress was a primary driving force for seasonal surface velocity variations in the South China Sea and other KC regions. Qiu and Lukas (1996) reported that the seasonal variations in the KC and MC were nearly opposite owing to the different phase speeds of the baroclinic Rossby waves at their respective latitudes. Tozuka et al. (2002) indicated that the Mindanao Dome was generated by local Ekman upwelling, and the warm anomaly that propagated from the eastern tropical Pacific played an important role in the attenuation of the Mindanao Dome.

As mentioned above, although previous studies have explored the three currents using numerical models and sparse observations, the seasonal variability of the NKM is still controversial. The direct mooring observations deployed along 130°E (10.5°N, 13°N, 15.5°N, and 18°N), 18°N (122.7°E, 123°E, and 123.3°E), and 127°E/8°N are suitable for investigating the seasonal variability of the three currents and clarifying the relative contribution from local and remote effects. The mooring, satellite, and wind data are introduced in Section 2. Section 3 discusses the seasonal variability and dynamics of the NKM system, and Section 4 presents further discussion and conclusions.



Data


Acoustic Doppler current profilers

To investigate the spatial distribution and temporal variability of the NKM system, mooring arrays were designed along 130°E, 18°N, and 8°N (Figure 1). Four moorings were deployed at 10.5°N, 13°N, 15.5°N, and 18°N along 130°E from September 2014 to September 2015. Three moorings at 122.7°E, 123°E, and 123.3°E were deployed along 18°N from January 2018 to May 2020. A mooring was deployed at 127°E/8°N from December 2010 to August 2014. The information on moorings is detailed in Table 1.




Figure 1 | Bottom topography east of the Philippines. Red circles denote moorings at 10.5°N, 13°N, 15.5°N, and 18°N along 130°E; moorings at 122.7°E, 123°E, and 123.3°E along 18°N; and mooring at 127°E/8°N. The arrows represent the mean geostrophic currents from satellite data (1993–2019).




Table 1 | Positions, total days, and corresponding periods for the ADCPs during mooring observations.



The acoustic Doppler current profiler (ADCP) is a system for measuring the vertical profiles of two horizontal velocity components. In our mooring arrays, 75-kHz ADCPs were set to collect data over 60 bins, with 8 m per bin, so that the measurement scope was 480 m. As two ADCPs were fixed at about 450-m depths, each mooring could receive the velocities in the upper 900 m. Thus, the mooring data were suitable for investigating the spatial distribution and temporal variability of the NEUC, LUC, and MUC. The horizontal currents regularly led to a slight slant of the mooring system, so that the real measurement scope was less than that at perpendicular mooring.

All mooring data were subjected to quality control. The ADCP data with a velocity of >2 m/s, inclination angle of >18°, and percent good of<80% were not used. As the echoes of beam emission are strong in the sea surface, the mooring data for the upper 50 m were bad and deleted. Note that the ADCP data at 13°N were good in the upper 50 m. The hourly ADCP data were translated into daily mean to eliminate tidal signals. The mooring data are available at the Marine Science Data Center of the Chinese Academy of Sciences (https://dx.doi.org/10.12157/iocas.2021.0017).



Global sea surface height dataset

The global sea surface height dataset was estimated via optimal interpolation. Measurements from different altimeter missions were merged. The temporal coverage was from January 1993 to December 2019, and the spatial resolution was 0.25° × 0.25°. The satellite dataset was derived from https://marine.copernicus.eu/.



QuikSCAT wind products

The QuikSCAT wind products are produced by the NASA Scatterometer Projects and distributed by the NASA Physical Oceanography Distributed Active Archive Center (PO.DAAC) at the Jet Propulsion Laboratory. QuikSCAT was launched from California’s Vandenberg Air Force Base aboard a Titan II vehicle on 19 June 1999, then a spatially gridded daily wind field map was produced over the global oceans from October 1999 to November 2009 with a spatial resolution of 0.25° × 0.25°. The QuikSCAT wind data can be freely downloaded from http://podaac.jpl.nasa.gov/quikscat.




Results


Mean structure of NKM

Because the KC and MC are almost parallel with the Luzon and Mindanao Island, they can be represented by meridional velocities (Figure 1), while the NEC is described by zonal velocities. In this study, we set northward and eastward as positive. The mean velocities from mooring observation are shown in Figure 2. Generally, the NEC, KC, and MC occur in the upper 500 m. Along 130°E, the maximum mean NEC velocities at 10.5°N, 13°N, 15.5°N, and 18°N are −0.30 m/s (70 m), −0.24 m/s (surface), −0.16 m/s (163 m), and −0.02 m/s (311 m), respectively. Along 18°N, the maximum mean KC values at 122.7°E, 123°E, and 123.3°E are 72.40 cm/s (63 m), 40.61 cm/s (62 m), and 19.52 cm/s (115 m), respectively. At 127°E/8°N, the maximum MC velocity is 78 cm/s at a 100-m depth. The maximum mean KC and MC velocities are higher than the maximum mean NEC velocity, and the cores of the three currents are concentrated in the upper layer. The SSH-derived geostrophic velocity (not shown in the paper) further indicates that the mooring at 122.7°E is close to the maximum velocity of the KC.




Figure 2 | Mean velocities (red lines) and associated standard deviations (blue lines) at (A) 10.5°N, (B) 13°N, (C) 15.5°N, and (D) 18°N along 130°E; (E) 122.7°N, (F) 123°N, (G) 123.3°N along 18°N; and (H) 127°E/18°N. The black line indicates zero velocity. (Units are m/s.).



Along 130°E, the maximum standard deviation of the NEC occurs at 50 m (0.17 m/s), surface (0.21 m/s), 50 m (0.17 m/s), and 59 m (0.22 m/s) at 10.5°N, 13°N, 15.5°N, and 18°N, respectively. At 122.7°E, 123°E, and 123.3°E, the maximum standard deviation of the KC along 18°N is 25.82 cm/s at a depth of 63 m, 18.98 cm/s at 51 m, and 19.90 cm/s at 51 m. At 127°E/8°N, the maximum standard deviation of the MC is 21 cm/s at 59 m. The maximum standard deviations of the three currents are concentrated in the upper 100 m, which suggests that the temporal variability of the NKM is concentrated in the upper layer. In addition, the standard deviations of the three currents are all lower than their means, indicating that the NKM system is stable.

The vertical scales of the KC and MC are larger than that of the NEC, suggesting that the vertical scale of the NKM is a spatial variable instead of a constant. With increasing latitude, the mean NEC decreases, and the vertical scale of the NEC increases. Similar to the NEC, the mean KC decreases and vertically extends with increasing latitude. The NEUC, LUC, and MUC are under the NEC, KC and MC, respectively. Along 130°E, the mean NEUC is significant at 10.5°N and 13°N but disappears at 15.5°N and 18°N, consistent with the results of Qiu et al. (2013). Along 18°N, the mean LUC occurs under 500 m at 18°N/122.7°E and disappears at 18°N/123.3°E. At 127°E/8°N, the mean MUC occurs under 500 at 127°E/8°N.



Seasonal variability of NKM

The seasonal variation in the NKM was investigated using the daily velocities obtained from ADCPs (Figure 3). The NEC velocities at 10.5°N and 13°N are stronger in spring and summer (exceeding 0.4 m/s in April and June) and weaker in autumn. At 15.5°N, the NEC is strong in autumn and weak in spring, which is almost opposite to the cases at 10.5°N and 13°N, indicating that the seasonal phase of the NEC is latitude-dependent. Note that the westward-flowing NEC and the southward-flowing MC are almost negative except at 18°N, since the eastward and northward are set as positive. At 18°N, the direction of meridional velocities changes frequently, suggesting that 18°N is the northern boundary of the NEC.




Figure 3 | Zonal velocities derived from ADCPs at (A) 10.5°N, (B) 13°N, (C) 15.5°N, (D) 18°N along 130°E and meridional velocities derived from ADCPs at (E) 122.7°E, (F) 123°E, (G) 123.3°E along 18°N and (H) 127°E/8°N. (Units are m/s.).



The maximum KC velocity exceeds 1 m/s, and it decreases eastward from 122.7°E to 123.3°E. Because the eddy activity was strong in 2018, the eddy-induced intraseasonal signals generated a result that the seasonal variability in the KC was not pronounced in 2018. In 2019, the KC was strong in spring and summer and weak in autumn. For the MC, a summer peak occurred in 2011, and spring peaks occurred in 2012, 2013, and 2014, denoting the interannual variation of the MC. The 4-year-averaged mooring data indicate that the MC is strong in spring and summer and weak in autumn. According to the above analysis, the seasonal cycles of the NEC at 10.5°N and 13°N, the KC at 18°N, and the MC at 8°N are almost consistent, although the seasonal phase of the NEC at 15.5°N is almost opposite.

To investigate the intraseasonal variability of the NKM system, the mooring-derived zonal velocities along 130°E and meridional velocities along 18°N and 8°N were processed via power spectrum density (PSD) analysis. The results are presented in Figure 4. At 10.5°N and 13°N, the 70- to 120-day signals are coherent from the surface to 800 m, although the signals are not homogeneous. The maximum signals are located around 400 and 700 m at 10.5°N and 13°N, respectively. At 15.5°N and 18°N, the same-period signals are only concentrated in the upper layer and disappeared in the lower layer. This difference is attributed to thermocline eddies at 10.5°N and 13°N. In addition, the higher frequencies of 30- to 50-day signals are pronounced above 200 m along 130°E, with a northward increase in intensity. At 127°E/8°N, the 60-day coherent peak occupies the whole water column of the mooring measurement. In the upper 150 m, a peak occurred in the 70- to 100-day period signals, and below 500 m, 60- to 80- and 100- to 120-day signals occurred. Along 18°N, significant signals of 50–60 and 80–100 days exist in the upper layers at all three mooring stations. In summary, intraseasonal variability is common in the upper layer of the NKM system. In the lower layer, the existence of intraseasonal signals is location-dependent.




Figure 4 | Power spectral density (PSD) of zonal velocities from ADCPs at (A) 10.5°N, (B) 13°N, (C) 15.5°N, (D) 18°N along 130°E and PSD of meridional velocities from ADCPs at (E) 122.7°E, (F) 123°E, and (G) 123.3°E along 18°N and (H) 127°E/8°N. Units are m2/(s2 cycles per day [cpd]).



In Figure 3, the daily mean velocities contain too much intraseasonal variability, which masks the seasonal variability, and interannual variability is significant as well compared with seasonal variability (Figure 3H), so it is difficult to capture the exact seasonal variations in the NKM system from Figure 3. The satellite dataset is a good choice because the multiyear monthly means are convenient to remove intraseasonal and interannual variability. In this regard, the purpose of the mooring data is really to provide the accuracy of satellite-based observations given the similarity to satellite-based geostrophic current. Here, satellite data of the same time series (Figure 5) are compared with the mooring observation. The satellite data and mooring observations are not well consistent at 10.5°N/130°E but agree well at the other stations. As depicted in Figure 2, the NEC is surface-intensified, particularly at its southern part; therefore, the inconsistency at 10.5°N/130°E is due to the absence of mooring data for the upper 50 m. At 13°N/130°E, the good data for the upper 50 m result in a much better comparison. Thus, the daily satellite data from 1993 to 2019 are suitable for investigating the seasonal variability and dynamics of the NKM system.




Figure 5 | Velocity anomalies from ADCPs (averaged in the upper 150 m) and satellite data during observation period at (A) 10.5°N, (B) 13°N, (C) 15.5°N, and (D) 18°N along 130°E; (E) 122.7°E, (F) 123°E, and (G) 123.3°E along 18°N; and (H) 127°E/8°N. (Units are m/s.).



The monthly mean zonal velocity anomalies along 130°E and the monthly mean meridional velocity anomalies along 18°N and 8°N are depicted in Figure 6. Notice that the stronger/weaker NEC and MC are represented by blue/red colors, as their directions are defined as negative in this study. The seasonal phase of the NEC slightly advances with increasing latitude from 10°N to 14°N and then delays with a further increase in latitude. A double peak of the NEC occurs at 10.5°N, while only one peak occurs at 13°N; thus, the phase advance of the NEC is not significant south of 14°N, resulting in the similarity between the seasonal phases at 10.5°N and 13°N: that is, the current is strongest in spring/summer and weakest in autumn. In the northward continuous delay process, the seasonal phase is reversed at around 16°N, and a peak occurs in both winter and spring at 18°N. As the main body of the NEC is concentrated south of 14°N, the integrated NEC is strongest in spring and weakest in autumn. The KC is strong in winter and spring and weak in autumn, while the MC is maximum in spring and minimum in autumn. The seasonal cycles of the southern part of the NEC, KC, and MC are in phase, although the KC along 18°N has the other peak in winter. The seasonal cycle of the NEC at 18°N is similar to that of the KC, but the seasonal variation of the NEC at 8°N is distinct from that of the MC.




Figure 6 | (A) Mean monthly zonal velocity anomalies from satellite data along 130°E and mean monthly meridional velocity anomalies from satellite data (1993–2019) along (B) 18°N and (C) 8°N. (Units are m/s.) The dotted lines represent the location of moorings. Note that the directions of the NEC and MC are opposite to that of the KC.





Dynamics of seasonal variability of NKM

As mentioned above, the main bodies of the three currents could be considered geostrophic flows; therefore, satellite data are suitable for exploring the dynamics. The seasonal sea surface height anomaly (SSHa) west of 140°E is depicted in Figure 7. The arrows represent the corresponding geostrophic currents. A relatively higher/lower SSHa compared with the surrounding area occurs in 123°E–127°E/15°N–20°N during January–May/August–November and occupies the region 127°E–135°E/5°N–10°N in September–December/March–June, respectively. As the main bodies of the KC and MC are located in the western flank of these relatively higher/lower SSHas, the geostrophic relationship indicates that the strong seasons of the KC are winter and spring, while the MC reaches its maximum in spring and summer. Around 15°N, a relatively higher/lower belt occurs in March–June/September–January. The belt induces a westward/eastward flow anomaly in the southern/northern belt area, resulting in different seasonal features of the meridional NEC.




Figure 7 | Spatial distribution of seasonal SSHa and associated geostrophic current anomalies (represented by arrows) based on satellite data (1993–2019) east of the Philippines. (Units are m.).



The spatial distribution and temporal variability of SSHa are closely associated with the local wind forcing and westward propagation of Rossby waves (e.g., Qiu and Joyce, 1992; Qiu and Lukas, 1996; Qu et al., 1998). Locally, a positive/negative wind stress curl anomaly will generate a negative/positive SSHa, which will then propagate westward as Rossby waves; therefore, the SSHa at the western boundary can be considered the zonal integration of local and remote effects. To investigate the relative contribution between local wind forcing and Rossby waves, the linearized reduced-gravity equation is used:

 

where h(x,y,t) denotes the height deviation from the mean upper layer thickness H0  s the surface wind stress, f s the Coriolis parameter,  the internal wave speed, and  s the reduced gravity, where ρ0 nd Δρ denote the seawater density in the upper layer and the density difference between two layers, respectively.

To solve Eq. (1), the mathematical expression of the wind forcing is necessary. Here, we choose the synthetic wind from Qiu and Lukas (1996), which can well describe the zonal mean wind forcing in the North Pacific Ocean.

 

where y epresents latitude and t = 0 orresponds to January 1. A=0.2[1+0.025(y−7°)]×10−7N m−3 B=3.5A ϕ=60 d, L(y)=40°/(1−0.05(y−15°)) ω=2π/1  year, and α=4° The solution based on Eqs. (1) and (2), as given by Wang et al. (2019), is

 

Where x = 0 s located at the eastern boundary of the North Pacific Ocean, and the propagation speed of baroclinic Rossby waves is expressed as cr=β c2/f2 tan φn(y)=an(y)/bn(y) and the wave number is represented by k This solution is valid under the assumption limited by Eq. (2) that the wind stress curl anomaly is longitude-independent.

The monthly mean wind stress curl anomaly is depicted in Figure 8. In the interior ocean, the zero lines are almost parallel with the equator, suggesting that the wind stress curl anomaly is similar in zonal and that the above analytical model is appropriate for analyzing the seasonal variability of the NEC. Figure 9A shows that the seasonal wind stress curl anomaly along 130°E between 15°N and 20°N is almost the same in meridional; therefore, the meridional phase difference in the SSHa reduces to crt because the φn(y) in Eq. (3) is negligible in this region. The poleward decrease in the propagation speed of the Rossby waves results in northward delays in the seasonal phase of NEC, consistent with the results in Figure 6. The northward delay process generates a reversed seasonal cycle of NEC at 15.5°N, and the seasonal variation at 18°N is similar to those at 10.5°N and 13°N. Because the meridional gradient of the propagation speed of Rossby waves decreases poleward (Chelton et al., 1998), the northward delay process of SSHa is not homogeneous but becomes slower, and its meridional gradient attenuates at a higher latitude, indicating that the seasonal NEC weakens with increasing latitude north of 15°N.




Figure 8 | Spatial distribution of seasonal wind stress curl anomalies based on QuikSCAT products (1999–2009) in the North Pacific Ocean. (Units are 10−7 N m−3.).






Figure 9 | (A) Latitude–time diagram of seasonal wind stress curl anomaly along 130°E based on QuikSCAT products (1999–2009) (units are 10−7 N m−3), and (B) latitude–time diagram of seasonal SSHa from satellite data (1993–2019) along 130°E (units are m). The green line denotes the maximum SSHa in the continuous positive belt of the SSHa in meridional.



As shown in Figure 9A, the phase advance of wind forcing from 7°N to 15°N along 130°E is significant; therefore, φn(y) cannot be neglected in this belt, and directly investigating the seasonal phase using Eq. (3) is difficult. The phase advance of SSHa is also pronounced from 7°N to 15°N along 130°E (Figure 9B), which indicates that the local wind forcing plays a dominant role in the south 15°N along 130°E. The phase advance of SSHa south of 15°N is steeper than the delay process north of 15°N, suggesting that the meridional gradients of SSHa and the associated NEC south of 15°N are stronger than those north of 15°N, consistent with the results in Figure 6.

Because the wind stress curl anomaly varies zonally in the western boundary (Figure 8), the solution based on Eq. (2) is not suitable for describing the seasonal features of the KC and MC. To quantitatively investigate the local wind, the propagation term   in Eq. (1) is neglected, and then the wind-driven SSHa is derived under the transformation 

 

where η(x,y,t) depicts SSHa and    represents eastward and northward; τa denotes the wind stress anomaly.   demonstrates ocean stratification. Here, we set . The satellite SSHa and the local wind-driven SSHa along 8°N derived from Eq. (4) are depicted in Figure 10. As shown in Figures 10A, B, the Rossby waves propagate westward from the eastern boundary, and the maximum/minimum arrives around 130°E in September/March. SSHa propagates eastward from the western boundary to 130°E. Furthermore, the propagation speed of SSHa between 130°E and 140°E is lower than that east of 140°E (Figure 10B), which is inconsistent with the results of Chelton et al. (1998), who found that the propagation speed of Rossby waves was larger toward the west. Thus, the local wind forcing is important and cannot be neglected west of 140°E along 8°N. As shown in Figure 10C, around 127.1°E, a maximum exists in spring and a minimum occurs in autumn. Between 131°E and 135°E, it is almost reversed with that around 127.1°E. This reversed process generates a westward phase advance/eastward propagation of wind-driven SSHa from 127°E to 135°E. As mentioned above, the satellite-derived SSHa propagates eastward from the western boundary to 130°E. This indicates that the local wind plays a dominant role west of 130°E. Between 130°E and 135°E, the satellite SSHa propagates slowly westward, owing to the eastward propagation of wind-driven SSHa and the westward propagation of Rossby waves. In the interior ocean between 135°E and 220°E, the seasonal phase is almost opposite to that between 131°E and 135°E but similar to that around 127.1°E (Figure 10D). The conflicting process (i.e., the near-opposite phases between 135°E–220°E and 131°E–135°E) results in a slow westward phase delay of SSHa, and consequently, the wind-driven SSHa propagates slowly toward the west from 140°E to 130°E. The lower propagation speed of the local wind-driven SSHa and the higher speed of the westward Rossby waves result in a slower westward propagation of the satellite SSHa from 140°E to 130°E, consistent with the results in Figure 10B. When the SSHa signals arrive at 140°E, the SSHa westward propagation will slow down between 130°E and 140°E and stop at around 130°E, owing to the local wind effect. Thus, the local wind is dominant west of 130°E and plays an important role between 130°E and 140°E. The SSHas forced by the wind stress curl anomaly and the zonal wind stress anomaly along 8°N are depicted in Figures 10E–H and, respectively. The former is larger than the latter; therefore, the wind stress curl anomaly is more important than the zonal wind stress anomaly along 8°N in Eq. (4).




Figure 10 | Longitude–time diagrams of seasonal SSHa along 8°N from satellite data (1993–2019) (A) along the western boundary and (B) in the North Pacific Ocean. Diagrams of wind-driven SSHa along 8°N based on QuikSCAT products (1999–2009) calculated from Eq. (4) (C) along the western boundary and (D) in the North Pacific Ocean. Diagrams of wind-driven SSHa along 8°N based on QuikSCAT products (1999–2009) forced by wind stress curl anomaly (E) along the western boundary and (F) in the North Pacific Ocean, and by zonal wind stress anomaly (G) along the western boundary and (H) in the North Pacific Ocean. (Units are m.).



The wind stress curl anomaly along 8°N (Figure 11A) features a comparable reverse process to the wind-forced SSHa (Figure 10D). This confirms that the spatial and temporal variabilities of wind-driven SSHa are mainly determined by that of the wind stress curl anomaly along 8°N at the western boundary. The local wind-driven meridional flow anomaly is calculated (Figure 11B) to be strongest in spring and weakest in autumn, and its core is distributed between 127°E and 128°E, consistent with the results from satellite data (Figure 6C). The wind-forced MC is considerably larger than the observation, which suggests that the Rossby waves, non-linearity, and other factors attenuate the wind-driven MC.




Figure 11 | (A) Longitude–time diagram of seasonal wind stress curl anomaly along 8°N based on QuikSCAT products (1999–2009) (units are 10−7 N m−3), and (B) associated longitude–time diagram of seasonal wind-driven MC along 8°N (units are m/s).



As shown in Figures 12A, B the spatial distribution of satellite SSHa along 18°N west of the dateline is quite different from that in the east side, and the westward intensification is pronounced west of the dateline. This indicates that the local wind plays an important role in the KC region. The local wind-driven SSHa along 18°N, calculated from Eq. (4), is depicted in Figures 12C, D. The wind-driven SSHa along 18°N is smaller than that along 8°N, owing to the inverse relationship between η and f n Eq. (4). East of 122.8°E, the wind-driven SSHa is positive from February to August and negative in the remaining months. The similar zonal phase indicates that there is almost no propagation of the wind-driven SSHa along 18°N in the interior ocean. West of 122.6°E, the seasonal phase is reversed, which results in the generation of a large zonal gradient of wind-driven SSHa and an associated meridional current anomaly. As shown in Figure 13A, the calculated wind-driven KC is strongest in spring and weakest in autumn, and its variability mainly occurs west of 123°E, consistent with the seasonal KC from satellite data (Figure 6B). Similar to the wind-driven MC, the wind-driven KC velocity is higher than the satellite data, owing to the adjustment from Rossby waves, non-linearity, and other factors. In addition, the SSHas along 18°N forced by wind stress curl anomaly and zonal wind stress anomaly are shown in Figures 12E–H respectively. Similar to the case along 8°N, the wind stress curl anomaly term is larger than the zonal wind stress anomaly term. The degree of similarity between Figures 13D, F is higher than that between Figures 10D, F, indicating that the relative contribution from wind stress curl anomaly term along 18°N is larger than that along 8°N; thus, the relative contribution from wind stress curl anomaly term increases poleward, which is expected, considering that the Coriolis parameter is in the denominator of the zonal wind stress term in Eq. (4).




Figure 12 | Longitude–time diagrams of seasonal SSHa along 18°N from satellite data (1993–2019) (A) along the western boundary and (B) in the North Pacific Ocean. Diagrams of wind-driven SSHa along 18°N based on QuikSCAT products (1999–2009) calculated from Eq. (4) (C) along the western boundary and (D) in the North Pacific Ocean. Diagrams of wind-driven SSHa along 18°N based on QuikSCAT products (1999–2009) forced by wind stress curl anomaly (E) along the western boundary and (F) in the North Pacific Ocean, and by zonal wind stress anomaly (G) along the western boundary and (H) in the North Pacific Ocean. (Units are m.).






Figure 13 | (A) Longitude–time diagram of seasonal wind-driven KC along 18°N (units are m/s), and (B) longitude–time diagram of seasonal wind stress curl anomaly along 18°N based on QuikSCAT products (1999-2009) (units are 10−7 N m−3).



The wind stress curl anomaly along 18°N is shown in Figure 13B. Generally, the negative/positive wind stress curl anomaly occupies east of 122.8°E in the first/second half of the year. In comparison, the seasonal phase is almost reversed west of 122.6°E, resulting in the generation of a large zonal gradient of wind-driven SSHa and associated variability of KC. The seasonal phase of wind forcing is not well consistent with that of the wind-driven SSHa, as the latter is derived by the integration of the former according to Eq. (4). Interestingly, the longitude–time diagram of the wind stress curl anomaly at the western boundary along 18°N (Figure 13B) is almost opposite to that along 8°N (Figure 11A); consequently, the northward KC and the southward MC exhibit similar seasonal variation.




Conclusion and discussion

Utilizing the direct mooring observations along 130°E, 18°N, and 8°N and satellite data, the seasonal variability and dynamics of the NKM are discussed. Three currents were generally located in the upper 500 m, and the vertical depths of the KC and MC were greater than that of the NEC. The NKM system was stable, as the standard deviations of the three currents were less than their means. The maximum standard deviations of the three currents were concentrated in the upper 100 m, indicating that the variability of the NKM was concentrated in the upper layer. The PSD analysis revealed that the intraseasonal signals of the NKM were common in the upper layer. Zhang et al. (2017) revealed that the vertical structure of intraseasonal variability along 130°E varied with latitude. Wang et al. (2022) indicated that the atypical seasonal variability of the KC in 2018 was due to the strong intraseasonal signals generated by eddy activity. Along 8°N, subthermocline eddies translated westward and intensified near the Mindanao coast, generating intraseasonal signals over 60–80 days at 127°E/8°N (Zhang et al., 2014).

The seasonal variability of the three currents was investigated using mooring and satellite data (Zhang L. et al., 2021). The MC along 8°N was strongest in spring and weakest in autumn. Qu et al. (2008) showed that the ratio of the semiannual to annual variation at 100 m was ~0.8 at 6°50′N/126°43′E. The annual signals were more than 6 cm from 5°N to 10°N along the western boundary, while the semiannual variation was confined within about 5° of the equator. At our mooring station 127°E/8°N, the ratio reduced to about 2 to 6; thus, the semiannual signals were significant (Figure 4H) but not stronger than the annual signals at 127°E/8°N. The KC along 18°N was maximum in winter and spring and minimum in autumn. Interestingly, the seasonal NEC was latitude-dependent. Along 130°E, it was stronger in spring and weaker in autumn at 10°N; then, the seasonal phase slightly advanced from 10°N to 14°N and delayed northward. Around 16°N, the maximum NEC occurred in autumn, and a peak existed in both winter and spring at 18°N. Because the main body of the NEC was located south of 14°N and was maximum/minimum in spring/autumn, the seasonal phase of the three currents was generally in phase, while the KC featured another peak in winter.

The seasonal variability of the NKM system was closely associated with the local wind and Rossby waves. The positive/negative local wind stress curl anomaly generated a negative/positive SSHa and an associated anticyclonic/cyclonic flow anomaly. The wind-forced SSHa propagates toward the west as Rossby waves (e.g., Qiu and Lukas, 1996; Qu et al., 1998). Thus, the observed SSHa can be considered the results of local winds and Rossby waves. Because the velocities derived from mooring observations along 130°E, 18°N, and 8°N were consistent with those derived from satellite data, the effects of non-linearity and the friction term were much smaller than the effects of the local wind and Rossby waves. Lien et al. (2014) indicated that the geostrophic relationship well describes the KC, except for the upper 100 m of the western flank of the KC.

Along 130°E, the seasonal phase of SSHa from satellite data was latitude-dependent. It delayed from the equator to 7°N and from 15°N to 30°N but advanced from 7°N to 15°N. In comparison, the seasonal phase of the wind stress curl anomaly advanced from the equator to 30°N. The phase similarity between local wind and SSHa from 7°N to 15°N indicates that the local wind was dominant in this region. North of 15°N, the out-of-phase relationship between the local wind and SSHa denotes that the Rossby waves played an important role in the northern part of the NEC. Similar to the seasonal variation, Huang et al. (2022) reported that the phase of the interannual variation of the NEC delayed with increasing latitude, with the signal at 15°N lagging that at 8.5°N by about 1 year. The NEC was strengthened with the weakening NEUC, and the NEUC at 8.5°N was intensified during the mature phase of El Niño and reached its maximum during the decay phase of El Niño.

The wind stress curl anomaly behaviors along 8°N and 18°N were similar; that is, the seasonal phase along the western boundary was opposite to that located farther away in the east. This resulted in the generation of a strong gradient of wind-driven SSHa and an associated current anomaly on the western boundary. A comparison of the mooring and satellite data revealed that the local wind-forced meridional flow anomalies along 8°N and 18°N well reproduced the seasonal phases of the MC and KC, indicating that the local wind played a dominant role in the seasonal variability of the MC and KC. In addition, the wind-forced currents were both larger than the observation, attributable to the adjustment of the Rossby waves and other factors, such as nonlinearity and friction.

In summary, the seasonal variabilities in the southern part of the NEC along 130°E, the KC along 18°N, and the MC along 8°N were similar. In the northern part of the NEC along 130°E, the seasonal cycle delayed with increasing latitude. In the zonal NKM, the local wind played a dominant role in the seasonal variability of the KC and MC via a geostrophic relationship. The seasonal cycle of the meridional NEC was mainly controlled by local/remote effects in the southern/northern part.
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The three-dimensional structure of a supercharged cold eddy, which showed strong temperature anomaly, was continuously investigated for 83 days based on current- and pressure-equipped inverted echo sounder observations in the Kuroshio Extension region. The eddy was generated on December 9, 2004, shed from the Kuroshio approximately 30 days later, and moved out of the observation area on March 1, 2005. During the stable period, the eddy had a radius of approximately 60–80 km, a depth of approximately 3,000 m, and a westward speed of 7.4 km/d. The maximum temperature anomaly in the eddy center reached -9.1°C at 360 dbar, whereas the minimum (maximum) salinity anomaly reached -0.68 (0.20) psu at 340 (780) dbar. Under the stream function coordinate, the kinetic energy of the eddy first increased and then decreased from the center to boundary, whereas the vorticity decreased overall. Energy budget analysis showed that eddy energy mainly originated from the Kuroshio during eddy formation by advection, whereas the baroclinic conversion (BC) and barotropic conversion (BT) played a dissipative role. After the eddy had been completely separated from the Kuroshio, the mean flow energy was transferred to eddy energy through BC and BT, which further enhanced eddy potential energy and eddy kinetic energy.




Keywords: mesoscale eddy, three-dimensional structure, eddy-flow interaction, eddy evolution, kuroshio extension



1 Introduction

Mesoscale eddies are ubiquitous in the oceans with spatial scales of 10–100 km and temporal scales of 10–100 days (Chelton et al., 2007). Mesoscale eddies carry large amounts of water, which significantly contribute to materials and energy transfer in the ocean (Dong et al., 2014; Zhang et al., 2014; Li et al., 2017; Qiu et al., 2022a), and have important effects on the surrounding seawater and marine ecosystems (Gaube et al., 2015; Gaube et al., 2017) as well as deep ocean dynamics (Shu et al., 2022; Zheng et al., 2022a).

Field observations of the 3D structure of mesoscale eddies can be dated back to the Mid-Ocean Dynamics Experiment (MODE) in the 1970s, which investigated and confirmed the existence of mesoscale eddies (The MODE Group, 1978). Since then, several large field observations have been carried out, including the Eddy Flux (E-Flux) experiment in the subtropical North Pacific (Benitez-Nelson et al., 2007), the eddy dynamics, mixing, export, and species composition (EDDIES) experiment off Bermuda (McGillicuddy et al., 2007), and the Northwestern Pacific Eddies, Internal waves, and Mixing (NPEIM) experiment in the North Pacific (Zhang et al., 2018).These large-scale field observations provide us a preliminary understanding of the properties and influence of mesoscale eddies.

With the development of satellite altimeter observations, an increasing number of studies have been focused on surface mesoscale eddies, thereby developing a good understanding of the surface characteristics of mesoscale eddies (Chelton et al., 2011; Yang et al., 2013). Temperature–salinity profiles combined with satellite altimeter observations are an important method to study the 3D structures of eddies. Roemmich and Gilson (2001) analyzed the temperature of mesoscale eddies in the North Pacific by combining temperature profiles from high-resolution eXpendable Bathy Thermograph (XBT) observations with satellite altimetric data. Chaigneau et al. (2011) constructed the mean 3D structure of mesoscale eddies in the Peru–Chile Current System using Array for Real-time Geostrophic Oceanography (Argo) profiles and satellite sea level anomaly data. Zhang et al. (2013a) obtained the 3D structure of a global mesoscale eddy using global Argo float data and sea level altimetry. These observations significantly contributed to the knowledge of mesoscale eddies as well as their influences. However, owing to the limitation of temperature–salinity profiles in eddies, the structures in these studies were synthetic, indicating that the instantaneous structure and its variance cannot be captured.

To address the previous limitations in exploring the real 3D structure of an eddy, quasi-synchronous observations were conducted by previous observations. A vertical tilted cold eddy reaching over 250 m, which was closely associated with recirculation in a coastal baroclinic jet off the Vietnamese coast, was captured in the southwestern South China Sea by conductivity–temperature–depth (CTD) and shipboard acoustic doppler current profiler observations (Hu et al., 2011). Kurczyn et al. (2013) observed a cold eddy generated during a coastal upwelling event in the northeast Pacific Ocean, whose depths reached 750 m during growth. In the South China Sea, 17 moorings were deployed to observe mesoscale eddies (Zhang et al., 2016). Although the 3D structure of these eddies was synthesized, it was not a realistic structure from direct synchronous observation. Shu et al. (2018) released 62 expendable CTD probes (XCTDs) and 12 gliders off the Luzon Strait in the South China Sea in July–August 2017 to observe the 3D structure of mesoscale eddies. The experiment achieved unprecedented simultaneous observations of mesoscale eddies; however, the depth of the observation was limited, thereby missing the deep structure of the eddies.

The Kuroshio Extension (KE) is one of two high eddy kinetic energy regions in the North Pacific (the other being the subtropical frontal zone), and the mesoscale phenomena in this region have been extensively studied. Qiu et al. (2007) used Argo profiles from the Kuroshio Extension System Study (KESS) to investigate the role of mesoscale eddies in controlling the North Pacific subtropical mode water (STMW). They found that the enhanced eddies affect STMW by altering the stratification in the upper ocean, which impedes the formation of a deep winter mixed layer (hence, the source for STMW), and by providing a high-potential vorticity source that mixes with the surrounding low-potential vorticity STMW. Bishop and Watts (2014) pointed out that cold-core ring formation was the mechanism driving the cross-frontal exchange of high-potential vorticity water from the northern side of the Kuroshio to the south. Xu et al. (2016) deployed 17 daily sampled Argo floats to study the effect of anticyclonic eddies on STMW south of the KE. Sun et al. (2017) obtained the mean structure of regional eddies in the KE based on satellite altimetry and Argo profiles, and found that eddy-induced mixed layer depth anomalies have significant seasonal variability, which cause opposite potential vorticity variability. Based on Argo profiles and satellite observations, Dong et al. (2017) indicated that eddies in this region showed enhanced subsurface temperature and salinity anomalies that were caused by differences in background stratification between the two sides of the Kuroshio. Ji et al. (2018) analyzed the size, polarity, and lifetime of regional eddies based on long-term satellite observations. They indicated that Kuroshio meandering enhanced the life of large eddies, whereas barotropic instability shortened their size and life. Zhang et al. (2019) conducted a 5-day observational experiment using XCTD and acoustic doppler current profiler, and observed conical subsurface-intensified eddies.

Despite eddies in the KE region showing a significant influence on STMW evolution and mixed layer variability, most studies have been based on satellite and Argo data. In addition, the understanding of the evolution of the 3D structure of mesoscale eddies remains limited owing to the lack of 3D observations. Previous studies have explored the evolution of mesoscale eddies from the perspective of eddy energy balance based on numerical models and observations (Oey, 2008; Zhang et al., 2013b; Zhang et al., 2016); however, limited by the spatial resolution of observations, the entire lifetime of the eddy can hardly be covered, and the dynamic process of eddy generation can hardly be revealed. Hence, long-term and detailed observations of the 3D structure of mesoscale eddies as well as their evolutionary processes are lacking.

The present study investigated eddy structure and dynamical properties using current- and pressure-equipped inverted echo sounder (CPIES) observations from the KESS project. Section 2 describes the data and methods used in the study, Section 3 describes the observed 3D structure and temporal variation of eddies, Section 4 discusses eddy energy balance and compares it with previous findings, and Section 5 presents the conclusions.



2 Data and methods


2.1 Data


2.1.1 CPIES data

The University of Rhode Island deployed 46 CPIESs in the KESS project from April 2004 to June 2006 (Kennelly et al., 2008) (Figure 1). The experiment was designed to obtain 3D mesoscale density and velocity fields to study cross-frontal exchange of heat, salinity, momentum, and potential vorticity (Donohue et al., 2010).




Figure 1 | Schematic diagram of the Kuroshio Extension System Study (KESS) observation array. White and green triangles indicate pressure-equipped inverted echo sounders (PIESs) and current- and pressure-equipped inverted echo sounders (CPIESs), respectively [region shown in (A) is indicated by the red box in (B)].



The PIES is a bottom-anchored instrument which observes round-trip acoustic travel time from the sea bottom to surface, and bottom pressure. The CPIES is a PIES further equipped with an Aanderaa current meter, which can observe current velocity 50 m above the bottom (Zheng et al., 2021; Zhao et al., 2022). The CPIES transmits four acoustic signals every 10 min with a resolution of 0.03 ms; the bottom pressure sampling interval is 10 min, with an accuracy of 0.01% of the maximum range of the transducer, i.e., 0.6 dbar (1 dbar = 1 × 104 Pa) and the current meter sampling interval is 20 min, with an absolute accuracy of ± 0.15 cm/s (Donohue et al., 2010). The KESS project publishes 72 h low-pass filtered and 12 h interval round-trip acoustic travel times from the sea surface to 1,400 dbar (τ1400 ), bottom pressure anomaly and current velocities (http://www.po.gso.uri.edu/dynamics/kess/CPIES_data.html; Kennelly et al., 2008). Of these, the error of τ1400 is 1.02 ms (Kennelly et al., 2008) and that of the current velocity is 1.5 cm/s (Donohue et al., 2010). The temperature, salinity, and current in the study region were mapped based on the above data.



2.1.2 Historical hydrographic profiles

A total of 15,881 historical hydrographic profiles with depths exceeding 1,400 dbar were collected in the study region (28–40°N, 141–151°E) for the gravest empirical mode (GEM) fields. Of these, 14,934 Argo profiles were obtained from the China Argo Real-Time Data Center (http://www.argo.org.cn), with most of the Argo profiles observed at depths less than 2,000 dbar; 607 CTD profiles were obtained from the World Ocean Database and 340 CTD profiles from the KESS cruise. A total of 319 CTD profiles reached over 4000 dbar.



2.1.3 Other data

Absolute dynamic topography (η) with temporal and spatial resolutions of 1 day and 0.25° × 0.25°, respectively, from the Copernicus Marine Environment Monitoring Service (https://resources.marine.copernicus.eu/products) was used to calculate surface geostrophic currents. The surface geostrophic currents (ug and vg) can be obtained from η as follows:

 

 

where gravitational acceleration g = 9.8 m/s2 and Coriolis parameter f=7.292×10−5 s−1 .

Wind stress data from the Copernicus Marine Environment Monitoring Service with temporal and spatial resolutions of 6 h and 0.25° × 0.25°, respectively, were also used for diagnosing mesoscale eddy energy budgets.




2.2 Methods


2.2.1 Construction of temperature and salinity fields

The GEM method, which is an empirical lookup table from historical hydrographic profiles, was applied to obtain temperature, salinity, and specific volume anomaly fields from CPIES observations (Watts et al., 2001). Following Donohue et al. (2010), we constructed a GEM lookup table based on  τ1400 (Figure 2). The maximum error in temperature and salinity occurred at 0–200 dbar, with τ1400 ranging from 1.86–1.88 s, which was generally consistent with Donohue et al. (2010). Smaller errors appeared in the deep ocean; temperature (salinity) errors were 0.55, 0.16, and 0.03°C (0.10, 0.03, and 0.01) at 500, 1,000, and 2,000 dbar, respectively.




Figure 2 | Gravest empirical mode (GEM) fields for (A) temperature, (C) salinity, and (E) specific volume anomalies in the Kuroshio Extension System Study (KESS) area and their root mean square difference (RMSD) (B, D, and F, respectively). Gray dashed lines frame the Kuroshio water.



Optimum interpolation (Bretherton et al., 1976; Zheng et al., 2021; Zheng et al., 2022b) was used to obtain the distribution of τ1400 in the observation area, which was further used to obtain the 3D temperature and salinity fields using the GEM method. Following Donohue et al. (2010), the mean and residual fields of τ were interpolated separately; the correlation length of the mean field (residual field) was determined to be 200 km (130 km), and the noise-to-signal variance ratios were 0.96 (0.34) for the interpolation.



2.2.2 Construction of current velocity fields

Considering that the number of deep historical hydrological profiles is limited and the baroclinic variation in the deep ocean is negligible, 4,000 dbar was chosen as the reference level. The absolute current velocity fields consisted of the barotropic current velocity field at 4,000 dbar and the baroclinic geostrophic current velocity relative to 4,000 dbar. The barotropic current velocity field is obtained by optimal interpolation of the seabed pressure observed by CPIES and the current field at 50 m from the bottom. The baroclinic current velocity field is obtained using the GEM method. The baroclinic geostrophic current velocity at a certain depth (h dbar) relative to the reference level is obtained by the following equation:

 

Where uh and vh are the eastward and northward components of the baroclinic geostrophic current velocity relative to the 4,000 dbar at h dbar, δ is specific volume anomaly.



2.2.3 Eddy detection method

High-resolution three-dimensional (3D) temperature, salinity, and current fields from numerical simulations have been used to develop methods for detecting and studying the structure of mesoscale eddies (Nencioli et al., 2010; Dong et al., 2012; Lin et al., 2015). Following the method used in the modeling current fields, the center and boundary of the mesoscale eddy were detected based on the CPIES-observed horizontal current fields. The eddy center was detected based on four conditions: 1) opposite directions of meridional flow to the east and west of the eddy center, and flow velocity increases farther away from the center; 2) opposite directions of zonal flow to the north and south of the eddy center, and the flow velocity increases farther away from the center; 3) velocity minimum point in the selected area is approximated as the eddy center; and 4) rotation direction of the velocity vector is the same as that in the vicinity of the approximate eddy center. An eddy is considered to exist if an eddy center meets the above conditions. The eddy boundary is defined as the outermost closed stream function. The relationship between the stream function ψ and the horizontal velocity is as follows:

 

Where u and v are the meridional and zonal current velocities, respectively.

To obtain a 3D structure of an eddy, detection was run separately for each vertical layer. If eddies in two adjacent layers had the same polarity and the horizontal distance of the eddy centers was less than 100 km, it was considered as the same eddy. If the eddy was not detected for 200 m, the detection was stopped.

The radius R of the eddy is defined as:

 

where S is the area enclosed by the eddy boundary. The eddy depth is defined as the maximum depth at which the eddy can be detected.





3 Results


3.1 3D structure

The eddy detection from CPIES observations and from satellite observations show similar temporal and spatial variation (Figure 3). Compared with satellite observations, the root mean square difference (RMSD) of both u and v were 0.2–0.3 m/s, the eddy center difference was less than 30 km, and the eddy boundaries were similar, indicating the accuracy of CPIES observed mesoscale eddy structures.




Figure 3 | Comparison of the surface currents from the satellite altimeter (red) and Kuroshio Extension System Study (KESS) observations (blue). The thin black line shows the observation area, the thick green and black lines mark the current- and pressure-equipped inverted echo sounder (CPIES)-detected and satellite-detected eddy boundaries, respectively.



On December 9, 2004, the Kuroshio curved southward and formed a nearly circular cyclonic eddy (Figure 3B). Subsequently, the eddy grew rapidly near 146°E, 34°N and was completely shed off from the Kuroshio main axis on January 8, 2005 (Figure 3H). The eddy was nearly circular and moved westward at an average speed of 7.4 km/d in the next 2 months. The CPIES array captured the complete structure of the eddy during December 2004–February 2005. In March, part of the eddy had left the CPIES array (Figures 3S, T) and is therefore not discussed in the study. The variability of the eddy over a total of 83 days from generation to the time it partially left the observation area was studied.

On February 1, 2005, the eddy, which had completely shed from the Kuroshio (Figure 3M), was detected as an example to show the 3D structure of the eddy during its stable period. The axis of the eddy was tilted possibly owing to the topography β effect (Zhang et al., 2016; Shu et al., 2018), and the deviation of the eddy center position increased with depth relative to the surface layer, reaching 28.9 km and 76.2 km at 1,000 m and 2,000 m, respectively (Figure 4A). The eddy velocity decreased from top to bottom, with mean (maximum) current velocities at 0, 500, 1,000, 1,500, and 2,000 dbar of 1.18 (1.94), 0.64 (1.25), 0.24 (0.51), 0.14 (0.30), and 0.10 (0.26) m/s, respectively.




Figure 4 | Three dimensional view of the (A) velocity (m/s), (B) temperature anomaly (°C), and (C) salinity anomaly (psu) structure of the eddy on February 1, 2005. The red dashed line connects the eddy centers, the blue dashed line is the projection of the surface eddy center on each layer, and the black line indicates the eddy boundary at each layer.



As shown in Figures 4B, C, only a slight variation in temperature and salinity was observed from 1,500 to 2,000 dbar; therefore, the temperature and salinity structure in the deep ocean is not further discussed. A marked conical cold temperature anomaly core existed in the eddy above 1,000 dbar (Figure 4B), with a maximum anomaly of -9.1°C at 360 dbar. The salinity anomaly had a vertical dipole structure with a boundary at 600 dbar. There was a conical negative anomaly core in the upper layer, with a maximum anomaly (-0.68) at 340 dbar. A positive anomaly lay in the lower layer, with a maximum anomaly (0.20) at 780 dbar (Figure 4C). The temperature and salinity anomalies in the eddy were resulted from the water property differences between two sides of the Kuroshio. The eddy packaged cold Oyashio water to the south, which caused the cold temperature anomaly core. The Oyashio water showed lower and higher salinity in the upper layer and below ~ 600 dbar, respectively, which resulted in the vertical dual-core salinity anomaly.

The kinetic energy ( ) decreased from the surface to bottom and was greater on the boundary than at the center of the eddy (Figure 5A). The stream function (Ψ) coordinate was used to show the distribution of each parameter clearly. The Ψ is set to 0 at the eddy center (Figures 5E–H). The kinetic energy, vorticity ( ), temperature, and salinity in the stream function coordinate were less discrete than those in the traditional distance coordinates (not shown). Under the stream function coordinates, the kinetic energy of the eddy first increased and then decreased from the inside to the outside at all depths. Taking the surface layer as an example, the mean kinetic energy reached a maximum value (1.27 m2/s2) at a stream function Ψ = -1.45 × 105 m2/s and decreased to 0.37 m2/s2 at the eddy boundary (Ψ = -2.50 × 105 m2/s), and the distribution of kinetic energy under stream function coordinates showed an arc shape (Figure 5E). As the kinetic energy was higher in the northwest and lower in the southeast on the eddy boundary, the same stream function corresponded to different kinetic energies. At the same stream function, the stronger the anisotropy was, the more discrete the kinetic energy distribution was. In the center of the eddy, the anisotropy was not notable, and the kinetic energy was similar under the same stream function coordinates; however, the currents at the eddy boundary was influenced by the Kuroshio, and the velocity in the same stream contour line varied in different directions and kinetic energy was more discrete under the stream function coordinates. This phenomenon was highly notable below the subsurface. The vorticity showed largest value near the eddy center, and decreased when leaving the center (Figures 5B, F). When close to the eddy boundary, the vorticity nearly decreased to 0. Although similar spatial variance was identified in different layers, the lower layer showed smaller vorticity than the upper layer.




Figure 5 | Three-dimensional structure of (A) eddy kinetic energy ( ), (B) vorticity ( ), (C) temperature, and (D) salinity on February 1, 2005 at 0, 250, 500, 750, 1,000, 1,500, and 2,000 dbar. Blue dashed line marks the vertical projection of the surface eddy center, and red solid line connects the eddy centers in the layers. Gray lines indicate the contours of the stream function of each layer relative to the eddy center. (E–H) Black dots correspond to the stream function values at depth with respect to kinetic energy, vorticity, temperature, and salinity. Red solid line indicates the mean value at the stream function per 1 × 10-6 m2/s.



The temperature for each layer increased outward from the center (Figures 5C, G), with the temperature difference between the inside and outside of the eddy reaching a maximum (8°C) at 500 dbar. The salinity increased outward above approximately 600 dbar, whereas decreased outward at depths deeper than 600 dbar (Figure 5D, H), which is consistent with the dual-core structure of the salinity anomaly in Figure 4C. The difference in salinity between the inside and outside of the eddy could be up to 0.6 psu.



3.2 Temporal variation

Before January 8, 2005, when the eddy had not been completely shed from the Kuroshio, the eddy showed radii varying from 20 to 60 km (Figure 6A). The depth of the eddy was less than 2,000 dbar before December 29, 2004; however, it increased considerably thereafter. After shedding from the Kuroshio, the radius reached 60–80 km, and the depth of the eddy decreased. In early January 2005, the eddy depth was approximately 3,000 dbar, whereas in February it decreased to 2,000 dbar. Although the surface eddy was captured by the CPIES array, the eddy in the deep ocean might have left the study region by the end of February owing to the westward tilt of the vertical axis, which caused the decrease in the detected depth of the eddy. The total volume of the eddy remained stable after it shed from the Kuroshio on January 8, 2005. Temporal changes in eddy volume were highly consistent with the changes in eddy mass and heat (Figures 6B–C). The heat anomaly first changed with volume before January 8, 2005, and then decreased slowly overall (Figure 6C). The total salt anomaly in the eddy increased with volume in mid-December, stabilized from late December to mid-January, and continued to decrease slowly from late January (Figure 6D). The variances in total kinetic energy ( ) and vertical averaged vorticity flux were also similar with that of volume (Figures 6E, F); they first increased then decreased in December 2004, and were stable after shedding from the Kuroshio.




Figure 6 | Time series of (A) depth and mean radius of the eddy, (B) total mass and volume, (C) total heat for the eddy and its anomalies, (D) total salt anomalies, (E) total kinetic energy ( ), and (F) vertical averaged vorticity fluxes from December 9, 2004 to March 1, 2005. Total salt is calculated as the salinity multiply by the total mass of the eddy. Anomalies are calculated as the daily value minus the 1-year average at that location.






4 Discussion

The full water depth currents obtained from CPIES observations provides an opportunity to analyze the eddy energy budget during generation and movement. According to Oey (2008), the eddy energy evolution can be calculated by the following equation:

 

The left-hand of the equation shows the time variation of the total eddy energy (EE), and the first and second terms in the middle bracket are the eddy kinetic energy (EKE) and eddy potential energy (EPE), respectively. The overbar indicates the 30-day smoothing average. On the right side are the energy terms. The first term of the right-hand of the equation is wind stress work (WW), where τw is wind stress, vtop is the surface current, and ' represents the anomaly in which the time average was removed. The second and third terms of the right-hand of the equation are baroclinic conversion (BC) and barotropic conversion (BT), respectively. When these terms are positive, the mean flow energy is converted to eddy energy. The fourth and fifth terms are the pressure perturbation term and Kelvin–Helmholtz instability, respectively, which are not discussed in this paper because their values were considerably smaller than those of the other parameters (Zhang et al., 2013b). The square of the buoyancy frequency   was obtained from the profiles obtained from the GEM. The average density of seawater was considered as ρ0 = 1,030 kg/m3.

The temporal variations in the distribution of eddy energy (EKE and EPE) and energy terms (ADV, BC, BT, and WW) in the observed region are shown in Figure 7. ADV= ∫ v·∇ EE dz is the advective term of the total EE, representing the variation caused by the EE transported through advection. Considering that each energy term is small and negligible below 2,000 m, all terms except WW are integrated from 0 to 2,000 m.




Figure 7 | Daily maps of (A) eddy kinetic energy (EKE, m3/s2), (B) eddy potential energy (EPE, m3/s2), (C) baroclinic conversion (BC, m2/s2), (D) barotropic conversion (BT, m2/s2), (E) wind stress work (WW, m2/s2), and (F) advective term (ADV, m2/s2) patterns. The black line represents the Kuroshio axis, the green circle marks the eddy boundary, and the black box is a 3° × 3° concentric square with the eddy.



The EKE became strong on the south of the Kuroshio in November 2004 (Figures 7A1–3), which was the initial energy source of the eddy. The EPE at the region where the Kuroshio meanders, was increased at the same time (Figures 7B1–3). Both EKE and EPE increased after the formation of the eddy but decreased after February 2005 (Figures 7A1–9 and B1–9). High EKE values were mainly observed along the boundary of the eddy (Figures 7A6–9), whereas the high-EPE area was concentrated near the center of the eddy (Figures 7B6–9). During November and early December 2004, BC was negative in regions with high eddy energy (Figures 7C1–3), suggesting that the EPE was converted to mean available potential energy. The BT was smaller and negative (Figures 7D1–3), indicating that the EKE was converted to mean kinetic energy. High positive values of ADV occurred during this period (Figures 7F1–3), indicating that EE originates mainly from Kuroshio advection transport and is reduced through BC and BT. After the eddy completely separated from the Kuroshio, the BC inside the eddy had a dual-dipole structure (Figure 7C6), with a positive value at the northeast/southwest and a negative value at the northwest/southeast. All four poles were located at the boundary of the high-EPE region within the eddy (Figures 7B6, C6), indicating that the conversion of EPE to mean available potential energy occurs mainly at the boundary of the high-EPE region, and compared with adjacent quadrants, showed opposite energy conversion. The BT was mainly distributed at the boundary of the high EKE region (Figures 7 A6, D6), which indicates that the conversion of EKE to mean kinetic energy occurs at the boundary region with high EKE. The WW (Figures 7E1–9) was one order smaller than BC and BT (Figures 7); therefore, its effect was negligible. The above results suggest that the exchange between eddy and mean flow energy was mainly caused by barotropic and baroclinic instabilities, which is consistent with the results of previous studies on BC-driven eddies in the regions of the North Atlantic Current (White and Heywood, 1995).

To quantify the role of each energy term during evolution of the eddy, we integrated the terms EKE, EPE, BC, BT, ADV, and WW in the black box in Figure 7, which is showed in Figure 8. Figure 8A shows that the EPE increased markedly after January 15, 2005 and reached a maximum at the end of January, and the EKE increased gradually from December and reached a maximum almost simultaneously with the EPE. During the first 10 days of eddy formation, the ADV was high (Figure 8B), indicating that the EE was primarily sourced from advection. Therefore, the Kuroshio is speculated to be the source of EE. In general, BT was negative in the first 10 days, which means that EKE is converted to mean kinetic energy. BC also performed negative work at these period, indicating that EPE converted to mean available potential energy. From late December to early March, BT continued to positive values, converting mean kinetic energy to EKE. As shown in Figure 3F, the eddy was stretched in the north–south direction and compressed in the east–west direction in late December, causing a narrow elliptical boundary and a minimum radius (Figure 6A). The negative BC reached its minimum in this period, i.e., the eddy energy was lost to the mean available potential energy more rapidly during the eddy stretching process. The ADV reached a peak at similar time (Figure 8B), possibly caused by the violently deformation of the eddy (Figure 7F5). The eddy shape returned to nearly circular in early January, and the eddy was completely shed on January 8 (Figure 3H). During this process, BC increased to near 0, and EPE was no longer lost to mean available potential energy. After the eddy was shed off in mid-January, BC in the eddy generally did positive work, and the mean available potential energy was converted to EPE; however, the contribution was small compared to that of BT, i.e., BT played a major role after the eddy was stabilized. After February 20, because the eddy was close to the boundary of the CPIES array, calculations of energy terms were subject to errors; hence, they are not discussed in the study.




Figure 8 | Time series of the plane integrals of the energy terms in the region where the eddy is located (black box in Figure 7). (A) shows eddy kinetic energy (EKE) and eddy potential energy (EPE), and (B) shows baroclinic conversion (BC), barotropic conversion (BT), advective term (ADV), and wind stress work (WW) values. White, cyan and pink background color indicate the periods of generation, separation, and stabilization, respectively.



The main source of EE in the ocean is considered to be BC (Wang and Ikeda, 1997; Stammer, 1998). Both BC and BT are important energy sources for anticyclonic eddies shedding from the Kuroshio near the Luzon Strait (Zhang et al., 2013b). Sub-mesoscale ageostrophic motion play important roles in the Kuroshio intrusion zone and was thought to enhance the strength of eddies (Qiu et al., 2022b). Unlike in the previously mentioned studies, in the present study, advective transport of kinetic energy originating from the Kuroshio was the main energy source of the eddy during generation and development, whereas BC and BT dissipated the eddy energy. After the eddy shed off from the Kuroshio, BC and BT converted mean flow energy to EE, which further enhanced EKE and EPE.

The KE is one of two high-energy eddy regions in the North Pacific; however, previous studies of eddies here have mostly been based on satellite altimetry (Ichikawa and Imawaki, 1994; Itoh and Yasuda, 2010; Chu et al., 2017; Ji et al., 2018), satellite sea surface temperatures (Dong et al., 2011a), and drifter trajectories from the Global Drifter Program (Dong et al., 2011b). The investigation of the deep structure of eddies is lacking in these studies. The 3D structure of the mesoscale eddies presented in this paper exhibits a monopole structure for temperature and a dipole structure for salinity in the vertical direction, which is similar to the vertical structure of the mesoscale eddies south of the KE, based on previous studies like the Argo as well as underway observations (Sun et al., 2017; Dong et al., 2017; Zhang et al., 2019). This suggests that the mesoscale eddies in this region may have a similar 3D-structure and water characteristics. Compared with the 3D-structure composited from Argo profiles (Sun et al., 2017; Dong et al., 2017), the CPIES-observed structure showed detailed horizontal variance and vertical structure of temperature single-core and salinity double-core structures. The detailed 3D structure of the eddy temperature, salinity, and currents is similar to the 3D structure of the eddy obtained by Zhang et al. (2019) based on underway observations in the KE; however, in the present study, the detailed process of the evolution of eddy generation and westward propagation was additionally obtained. Compared to the eddies observed by Zhang et al. (2019), the eddies in the present study are located further west. Both have almost the same depths of temperature and maximum and minimum salinity; however, the eddies in the present study were found to have greater temperature and salinity anomalies. This may be owing to the greater temperature and salinity differences between the two sides of the Kuroshio where the eddies were produced. The eddy studied here had a maximum temperature anomaly of -9.1°C, which was much larger than that in other areas such as in the South China Sea (-6.1°C; Zhang et al., 2013b), east of the Ryukyu Island chain (-3.0°C; Zhu et al., 2008), and the KE region (-7.3°C; Zhang et al., 2019). To the best of our knowledge, the temperature anomaly of the eddy presented in the present study is the strongest in the North Pacific Ocean and its adjacent seas; thus, the eddy is supercharged.



5 Conclusion

The KE is a region with high mesoscale eddy occurrence. In the present study, based on the CPIES observations acquired by KESS, we conducted the first long-term, continuous, full-depth simultaneous detection of the 3D structure of a supercharged mesoscale eddy generated from Kuroshio in December 2004. In early December, the Kuroshio meandered southward, and the Kuroshio water wrapped around cold water from the north, which shed to form a cold eddy. In early January of the following year, the structure stabilized after completely detaching from the Kuroshio. After stabilization, the eddy exhibited a radius of 60–80 km, depth up to 3,000 dbar, and propagated westward with a speed of 7.4 km/d.

The eddy had a negative temperature anomaly above 1,000 dbar with an anomaly maximum of -9.1°C at a depth of 360 dbar. The salinity anomaly had a vertical dual-core structure, i.e., a negative anomaly above 600 dbar and a positive anomaly below this depth. The negative and positive anomalies at 780 dbar and 340 dbar were -0.68 psu and 0.20 psu, respectively. Under the stream function coordinate, kinetic energy of the eddy first increased and then decreased from the center toward the boundary, whereas the vorticity decreased overall.

The present study first shows the temporal variation in the main parameters of an eddy throughout its generation, development, and stabilization period based on in situ observations. The radii and depth of the eddy gradually increased during the generation and development period before complete shedding from the Kuroshio. During its stabilization period after shedding, the temporal variations in eddy volume, heat, kinetic energy, and vorticity flux were highly consistent. The heat and salt anomalies of the eddy gradually decreased with time, and the temperature and salinity in the eddy tended to match those of the surrounding water, indicating the existence of material and energy exchanges between the eddy and the external environment.

Eddy energy changes were mainly influenced by ADV, BT, and BC, with minimal influence from WW. During eddy formation, the EKE transported by the Kuroshio was the initial source of energy for eddy formation, whereas BC and BT played a dissipative role in converting EPE to mean available potential energy. When the eddy stretched in late December, BC reached its minimum value and EPE was converted to mean available potential energy at an accelerated rate, and ADV intensified and reached its peak value. After the eddy was completely shed and stabilized, BC appeared as a dual-dipole structure at the boundary of the high-EPE region in the eddy, and BT varied positively and negatively in different directions at the outer side of the high EKE region. Overall, BC and BT did positive work to convert mean kinetic energy to EKE, resulting in a considerable increase in EPE and EKE.

Based on CPIES observations, the present study obtained the 3D structure of parameters including temperature, salinity, and currents over a sustained period, which were used to calculate the distribution of vorticity, kinetic energy, and other parameters as well as their temporal variation, thereby elucidating the energy conversion mechanisms in eddy generation, development, and stabilization. These findings deepen our knowledge of the 3D structure of eddies in the KE region and are important for studying the influence of eddies on the mixed layer, thermocline, and STMW as well as the ecological effects of eddies in the region.



Data availability statement

Publicly available datasets were analyzed in this study. This data can be found here: http://www.po.gso.uri.edu/dynamics/kess/CPIES_data.html.



Author contributions

XZ and X-HZ contributed to conception and design of the study. XZ performed the data analysis. XZ, X-HZ, HZ wrote the first draft of the article. RZ, CX, JC, MW gave comments for revising the article. All authors contributed to the article and approved the submitted version.



Funding

This study was sponsored by the National Natural Science Foundation of China (Grants 41920104006 and 41976001), the Scientific Research Fund of Second Institute of Oceanography, MNR (Grants JZ2001 and QNYC2102), the Project of State Key Laboratory of Satellite Ocean Environment Dynamics, Second Institute of Oceanography (SOEDZZ2106 and SOEDZZ2207), the Oceanic Interdisciplinary Program of Shanghai Jiao Tong University (Project SL2021MS021), and the Innovation Group Project of Southern Marine Science and Engineering Guangdong Laboratory (Zhuhai) (311020004).



Acknowledgments

The authors are grateful to the KESS project for sharing their data (http://www.po.gso.uri.edu/dynamics/kess/CPIES_data.html).



Conflict of interest

The authors declare that the research was conducted in the absence of any commercial or financial relationships that could be construed as a potential conflict of interest.



References

 Benitez-Nelson, C. R., Bidigare, R. R., Dickey, T. D., Landry, M. R., Leonard, C. L., Brown, S. L., et al. (2007). Mesoscale eddies drive increased silica export in the subtropical pacific ocean. Science. 316, 1017–1021. doi: 10.1126/science.1136221

 Bishop, S. P., and Watts, D. R. (2014). Rapid eddy-induced modification of subtropical mode water during the kuroshio extension system study. J. Phys. Oceanogr. 44, 1941–11953. doi: 10.1175/JPO-D-13-0191.1

 Bretherton, F. P., Davis, R. E., and Fandry, C. B. (1976). A technique for objective analysis and design of oceanographic experiments applied to MODE-73. Deep-Sea Res. Oceanogr. Abstr. 23 (7), 559–582. doi: 10.1016/0011-7471(76)90001-2

 Chaigneau, A., Texier, M. L., Eldin, G., Grados, C., and Pizarro, O. (2011). Vertical structure of mesoscale eddies in the eastern south pacific ocean: A composite analysis from altimetry and argo profiling floats. J. Geophys. Res. Oceans. 116, C11025. doi: 10.1029/2011jc007134

 Chelton, D. B., Schlax, M. G., and Samelson, R. M. (2011). Global observations of nonlinear mesoscale eddies. Prog. Oceanogr. 91 (2), 167–216. doi: 10.1016/j.pocean.2011.01.002

 Chelton, D. B., Schlax, M. G., Samelson, R. M., and Szoeke, R. A. (2007). Global observations of large oceanic eddies. Geophys. Res. Lett. 34 (15), 87–101. doi: 10.1029/2007GL030812

 Chu, X., Dong, C., and Qi, Y. (2017). The influence of ENSO on an oceanic eddy pair in the south China Sea. J. Geophys. Res. Oceans. 122, 1643–1652. doi: 10.1002/2016JC01264

 Dong, D., Brandt, P., Chang, P., Schutte, F., Yang, X., Yan, J., et al. (2017). Mesoscale eddies in the northwestern pacific ocean: Three-dimensional eddy structures and heat/salt transports. J. Geophys. Res. Oceans. 122 (12), 9795–9813. doi: 10.1002/2017JC013303

 Dong, C., Lin, X., Liu, Y., Nencioli, F., Chao, Y., Guan, Y., et al. (2012). Three-dimensional oceanic eddy analysis in the southern California bight from a numerical product. J. Geophys. Res. Oceans. 117, C00H14. doi: 10.1029/2011JC007354

 Dong, C. M., Liu, Y., Lumpkin, R., Lankhorst, M., Chen, D. K., McWilliams, J. C., et al. (2011b). A scheme to identify loops from trajectories of oceanic surface drifters: An application in the kuroshio extension region. J. Atmos. Ocean Technol. 28 (9), 1167–1176. doi: 10.1175/JTECH-D-10-05028.1

 Dong, C., McWilliams, J. C., Liu, Y., and Chen, D. (2014). Global heat and salt transports by eddy movement. Nat. Commun. 5 (1), 3328–3345. doi: 10.1038/ncomms4294

 Dong, C. M., Nencioli, F., Liu, Y., and McWilliams, J. C. (2011a). An automated approach to detect oceanic eddies from satellite remotely sensed sea surface temperature data. IEEE Geosci. Remote. Sens. Lett. 8 (6), 1055–1059. doi: 10.1109/LGRS.2011.2155029

 Donohue, K. A., Watts, D. R., Tracey, K. L., Greene, A. D., and Kennelly, M. (2010). Mapping circulation in the kuroshio extension with an array of current and pressure recording inverted echo sounders. J. Atmos. Ocean Technol. 27 (3), 507–527. doi: 10.1175/2009JTECHO686.1

 Gaube, P., Barceló, C., Mcgillicuddy, D. J., Domingo, A., and Swimmer, Y. (2017). The use of mesoscale eddies by juvenile loggerhead sea turtles (Caretta caretta) in the southwestern Atlantic. PloS One 12 (3), e0172839. doi: 10.1371/journal.pone.0172839

 Gaube, P., Chelton, D. B., Samelson, R. M., Schlax, M. G., and O'Neill, L. W. (2015). Satellite observations of mesoscale eddy-induced ekman pumping. J. Phys. Oceanogr. 45 (1), 104–132. doi: 10.1175/JPO-D-14-0032.1

 Hu, J., Gan, J., Sun, Z., Zhu, J., and Dai, M. (2011). Observed three-dimensional structure of a cold eddy in the southwestern south China Sea. J. Geophys. Res. Oceans. 116, C05016. doi: 10.1029/2010JC006810

 Ichikawa, K., and Imawaki, S. (1994). Life history of a cyclonic ring detached from the kuroshio extension as seen by the geosat altimeter. J. Geophys. Res. 99, 15953–115966. doi: 10.1029/94JC01139

 Itoh, S., and Yasuda, I. (2010). Characteristics of mesoscale eddies in the kuroshio-oyashio extension region detected from the distribution of the sea surface height anomaly. J. Phys. Oceanogr. 40 (5), 1018–1034. doi: 10.1175/2009JPO4265.1

 Ji, J., Dong, C., Zhang, B., Liu, Y., Zou, B., King, G. P., et al. (2018). Oceanic eddy characteristics and generation mechanisms in the kuroshio extension region. J. Geophys. Res. Oceans. 123 (11), 8548–8567. doi: 10.1029/2018JC014196

 Kennelly, M., Donohue, K., Greene, A., Tracey, K. L., and Watts, D. R. (2008). “Report No.: 2008-02. Inverted echo sounder data report, Kuroshio Extension System Study (KESS). University of Rhode Island GSO Tech.

 Kurczyn, J. A., Beier, E., Lavín, M. F., Chaigneau, A., and Godínez, V. M. (2013). Anatomy and evolution of a cyclonic mesoscale eddy observed in the northeastern pacific tropical-subtropical transition zone. J. Geophys. Res. Oceans. 118, 5931–5950. doi: 10.1002/2013jc009339

 Lin, X., Dong, C., Chen, D., Yu, L., and Guan, Y. (2015). Three-dimensional properties of mesoscale eddies in the south China Sea based on eddy-resolving model output. Deep-Sea Res. Part I. 99, 46–64. doi: 10.1016/j.dsr.2015.01.007

 Li, J., Wang, G., and Zhai, X. (2017). Observed cold filaments associated with mesoscale eddies in the south China Sea. J. Geophys. Res. Oceans. 122 (1), 762–770. doi: 10.1002/2016JC012353

 McGillicuddy, D., Anderson, L., Bates, N., Bibby, T., Buesseler, K., Carlson, C., et al. (2007). Eddy/wind interactions stimulate extraordinary mid-ocean plankton blooms. Science. 316 (5827), 1021–1026. doi: 10.1126/science.1136256

 Nencioli, F., Dong, C., Dickey, T., Washburn, L., and McWilliams, J. (2010). A vector geometry-based eddy detection algorithm and its application to a high-resolution numerical model product and high-frequency radar surface velocities in the southern California bight. J. Atmos. Ocean Technol. 27 (3), 564. doi: 10.1175/2009JTECHO725.1

 Oey, L.-Y. (2008). Loop current and deep eddies. J. Phys. Oceanogr. 38 (7), 1426–1449. doi: 10.1175/2007JPO3818.1

 Qiu, B., Chen, S., and Hacker, P. (2007). Effect of mesoscale eddies on subtropical mode water variability from the kuroshio extension system study (KESS). J. Phys. Oceanogr. 37 4, 982–1000. doi: 10.1175/JPO3097.1

 Qiu, C., Yang, Z., Wang, D., Feng., M., and Su, J. (2022b). The enhancement of submesoscale ageostrophic motion on the mesoscale eddies in the south China Sea. J. Geophys. Res. Oceans. 127, e2022JC018736. doi: 10.1029/2022JC018736

 Qiu, C., Yi, Z., Su, D., Wu, Z., Liu, H., Lin, P., et al. (2022a). Cross-slope heat and salt transport induced by slope intrusion eddy’s horizontal asymmetry in the northern south China Sea. J. Geophys. Res. Oceans. 127, e2022JC018406. doi: 10.1029/2022JC018406

 Roemmich, D., and Gilson, J. (2001). Eddy transport of heat and thermocline waters in the north pacific: A key to Interannual/Decadal climate variability? J. Phys. Oceanogr. 13 (3), 675–688. doi: 10.1175/1520-0485(2001)031<0675:ETOHAT>2.0.CO;2

 Shu, Y., Chen, J., Li, S., Wang, Q., Yu, J., and Wang, D. (2018). Field-observation for an anticyclonic mesoscale eddy consisted of twelve gliders and sixty-two expendable probes in the northern south China Sea during summer 2017. Sci. China Earth Sci. 62 (2), 451–458. doi: 10.1007/s11430-018-9239-0

 Shu, Y., Wang, J., Xue, H., Huang, R. X., Chen, J., Wang, D., et al. (2022). Deep-current intraseasonal variability interpreted as topographic rossby waves and deep eddies in the xisha islands of the south China Sea. J. Phys. Oceanogr. 52 (7), 1415–1430. doi: 10.1175/JPO-D-21-0147.1

 Stammer, D. (1998). On eddy characteristics, eddy transports, and mean flow properties. J. Phys. Oceanogr. 28 (4), 727–739. doi: 10.1175/1520-0485(1998)028<0727:OECETA>2.0.CO;2

 Sun, W., Dong, C., Wang, R., Liu, Y., and Yu, K. (2017). Vertical structure anomalies of oceanic eddies in the kuroshio extension region. J. Geophys. Res. Oceans. 122, 1476–1496. doi: 10.1002/2016JC012226

 The MODE Group., (1978). The mid-ocean dynamics experiment. Deep-Sea Res. 25 (10), 859–910. doi: 10.1016/0146-6291(78)90632-X

 Wang, J., and Ikeda, M. (1997). Diagnosing ocean unstable baroclinic waves and meanders using the quasigeostrophic equations and q-vector method. J. Phys. Oceanogr. 27 6, 1158–1172. doi: 10.1175/1520-0485(1997)027<1158:DOUBWA>2.0.CO;2

 Watts, D. R., Sun, C., and Rintoul, S. (2001). A two-dimensional gravest empirical mode determined from hydrographic observations in the subantarctic front. J. Phys. Oceanogr. 31 (8), 2186–2209. doi: 10.1175/1520-0485(2001)031<2186:ATDGEM>2.0.CO;2

 White, M. A., and Heywood, K. J. (1995). Seasonal and interannual changes in the north Atlantic subpolar gyre from geosat and TOPEX/POSEIDON altimetry. J. Geophys. Res. 100 (C12), 24931–24941. doi: 10.1029/95JC02123

 Xu, L., Li, P., Xie, S.-P., Liu, Q., Liu, C., and Gao, W. (2016). Observing mesoscale eddy effects on mode-water subduction and transport in the north pacific. Nat. Commun. 7, 10505. doi: 10.1038/ncomms10505

 Yang, G., Wang, F., Li, Y., and Lin, P. (2013). Mesoscale eddies in the northwestern subtropical pacific ocean: Statistical characteristics and three-dimensional structures. J. Geophys. Res. Oceans. 118 (4), 1906–1925. doi: 10.1002/jgrc.20164

 Zhang, Y., Chen, X., and Dong, C. (2019). Anatomy of a cyclonic eddy in the kuroshio extension based on high-resolution observations. Atmosphere. 10 (9), 553. doi: 10.3390/atmos10090553

 Zhang, Z., Qiu, B., Tian, J., Zhao, W., and Huang, X. (2018). Latitude-dependent finescale turbulent shear generations in the pacific tropical-extratropical upper ocean. Nat. Commun. 9, 4086. doi: 10.1038/s41467-018-06260-8

 Zhang, Z., Tian, J., Qiu, B., Zhao, W., Chang, P., Wu, D., et al. (2016). Observed 3D structure, generation, and dissipation of oceanic mesoscale eddies in the south China Sea. Sci. Rep. 6, 24349. doi: 10.1038/srep24349

 Zhang, Z., Wei, W., and Qiu, B. (2014). Oceanic mass transport by mesoscale eddies. Science. 345, 322–324. doi: 10.1126/science.1252418

 Zhang, Z., Zhang, Y., Wang, W., and Huang, X. (2013a). Universal structure of mesoscale eddies in the ocean. Geophys. Res. Lett. 40 (14), 3677–3681. doi: 10.1002/grl.50736

 Zhang, Z., Zhao, W., Tian, J., and Liang, X. (2013b). A mesoscale eddy pair southwest of Taiwan and its influence on deep circulation. J. Geophys. Res. Oceans. 118 (12), 6479–6494. doi: 10.1002/2013JC008994

 Zhao, R., Zhu, X.-H., Zhang, C., Zheng, H., Zhu, Z.-N., Ren, Q., et al. (2022). Summer anticyclonic eddies carrying kuroshio waters observed by a large CPIES array west of the Luzon strait. J. Phys. Oceanogr. doi: 10.1175/JPO-D-22-0019.1

 Zheng, H., Zhang, C., Zhao, R., Zhu, X.-H., Zhu, Z.-N., Liu, Z.-J., et al. (2021). Structure and variability of abyssal current in northern south China Sea based on CPIES observations. J. Geophys. Res. Oceans. 126, e2020JC016780. doi: 10.1029/2020JC016780

 Zheng, H., Zhu, X.-H., Chen, J., Wang, M., Zhao, R., Zhang, C., et al. (2022a). Observation of bottom-trapped topographic rossby waves to the West of the Luzon strait. Phys. Oceanogr. 52 (11), 2853–2872. doi: 10.1175/JPO-D-22-0065.1

 Zheng, H., Zhu, X.-H., Zhang, C., Zhao, R., Zhu, Z.-N., Ren, Q., et al. (2022b). Observation of abyssal circulation to the West of the Luzon strait. Phys. Oceanogr. 52 (9), 2091–2109. doi: 10.1175/JPO-D-21-0284.1

 Zhu, X., Park, J.-H., and Huang, D. (2008). Observation of baroclinic eddies southeast of Okinawa island. Sci. China Earth Sci. 51, 1802–1812. doi: 10.1007/s11430-008-0146-9


Publisher’s note: All claims expressed in this article are solely those of the authors and do not necessarily represent those of their affiliated organizations, or those of the publisher, the editors and the reviewers. Any product that may be evaluated in this article, or claim that may be made by its manufacturer, is not guaranteed or endorsed by the publisher.

Copyright © 2022 Zhang, Zheng, Zhu, Zhao, Xiao, Wang and Chen. This is an open-access article distributed under the terms of the Creative Commons Attribution License (CC BY). The use, distribution or reproduction in other forums is permitted, provided the original author(s) and the copyright owner(s) are credited and that the original publication in this journal is cited, in accordance with accepted academic practice. No use, distribution or reproduction is permitted which does not comply with these terms.




ORIGINAL RESEARCH

published: 16 December 2022

doi: 10.3389/fmars.2022.1081452

[image: image2]


Influence of the interannual variability of the Kuroshio Extension on the Mediterranean trough in the cold season


Yuxi Jiang 1, Jianxiang Sun 2, Li Ma 2, Huan Li 1* and Yanshuo Wang 3


1 National Marine Data and Information Service, Tianjin, China, 2 Laboratory of Science and Technology on Marine Navigation and Control, Tianjin Navigation Instrument Research Institute, Tianjin, China, 3 Physical Oceanography Laboratory, Ocean University of China, Qingdao, China




Edited by: 

Feng Nan, Institute of Oceanology (CAS), China

Reviewed by: 

Jingchao Long, Guangdong Ocean University, China

Yun Liu, Texas A&M University College Station, United States

*Correspondence: 

Huan Li
 usher02@126.com

Specialty section: 
 This article was submitted to Marine Ecosystem Ecology, a section of the journal Frontiers in Marine Science


Received: 27 October 2022

Accepted: 30 November 2022

Published: 16 December 2022

Citation:
Jiang Y, Sun J, Ma L, Li H and Wang Y (2022) Influence of the interannual variability of the Kuroshio Extension on the Mediterranean trough in the cold season. Front. Mar. Sci. 9:1081452. doi: 10.3389/fmars.2022.1081452



The impacts of the Kuroshio Extension (KE) interannual fluctuation on the Mediterranean trough (MedT) and associated Euro-Mediterranean climate in wintertime are analyzed in this study. It appears that when the KE index is positive (corresponds to a stable KE state with sharp sea surface temperature front and subsided oceanic eddies), the MedT is observed to be stronger in the west of its climatological position, resulting in a colder condition to the west of the Black Sea and more precipitation in the East Mediterranean and Anatolia Plateau. The opposite atmospheric pattern holds when the KE index is negative (unstable KE state). The empirical orthogonal function analysis is performed on 500-hPa geopotential height to obtain the dominant modes of MedT. The results show the KE index is significantly correlated with the intensity and zonal displacement of MedT, with correlation coefficients of 0.57 and 0.40, respectively. The low-frequency Rossby wave activity and high-frequency eddies are revealed as the prominent contributors to this co-variability between the KE and MedT. The upward turbulent heat flux transport from the ocean to the atmosphere strengthened by the stable KE activates the Rossby waves propagating upward and westward to the MedT region, contributing to approximately 30% of the MedT deepening. Meanwhile, the KE-driven Rossby waves intensify the background baroclinicity to the north of the Mediterranean Sea and thus enhance the transient eddy activity, consequently leading to another 20% of the MedT amplification via the eddy–mean flow interaction. The findings highlight the impacts of the KE state on the meteorological conditions in the Euro-Mediterranean region, which can potentially optimize the forecast accuracies of the MedT and associated Euro-Mediterranean climate variability.
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Introduction

The Mediterranean trough (MedT), as the semipermanent trough system in the middle and upper troposphere over eastern Europe and the Mediterranean region in boreal winter, is featured with a pronounced northeast–southwest-tilted axis and is closely linked to the ridge covering the west coast of Europe (Luo et al., 2015). The baroclinic disturbances from the British Isles develop into the equivalent barotropic signals, resulting in a downstream energy dispersion of quasi-stationary Rossby waves and thus sustaining the MedT (Kushnir and Wallace, 1989; Ziv et al., 2006). Many studies reported that the MedT has prominent impacts on the Euro-Mediterranean winter climate, including temperature, precipitation, and extreme weather processes. The MedT, together with the western Europe ridge, prompts a 500-hPa geopotential height dipole structure over the Euro-Mediterranean region, resulting in the reverse winter state between the south Levant (wet and cold) and western Europe (dry and warm) (Ziv et al., 2006). This dipole pattern, however, also modulates the west–east displacement and intensity of the MedT and associated climate. When the region to the west of the Mediterranean Sea is controlled by the negative anomaly of the dipole pattern, the MedT is displaced westward with stronger intensity compared to its climatological condition, thus promoting a colder western Europe and northwestern Africa, a warmer northeastern Africa and Middle East, and a wetter Balkan, Italian, and Anatolian peninsulas (Sen et al., 2019). The robust variations of MedT can lead to extreme rainfall events in Turkey (Lolis and Türkeş, 2016) and extreme warm spell cases in eastern Anatolia (Bozkurt et al., 2019). Given the significant role MedT played on Euro-Mediterranean climate variability, it is crucial to understand the physical processes influencing the MedT, as it can pose serious threats to scarce water resources, human livelihoods (Cook et al., 2016), and vulnerable eco-system (Islam et al., 2021) in this region.

The MedT and the associated Euro-Mediterranean climate in wintertime are largely controlled by the large-scale circulation and synoptic weather processes (Sen et al., 2019). The Hadley cell brings upper westerly winds to much of the region with descending motion, resulting in a surface high-pressure system in subtropical regions. The meridional displacement of Hadley cells generally determines the dry or wet conditions in the Mediterranean Basin by modifying the large-scale moisture flux (Şahin et al., 2015). The Siberian High is accepted as another primary climate system influencing the Euro-Mediterranean climate. The simultaneous westward-positioned MedT brings more cold and snowy weather to eastern Europe and Asia Minor when the Siberian High extends westward (Türkes, 2010). The subtropical cyclones, which generate from the North Atlantic and western Mediterranean regions, transport more moisture to the southern part of the Euro-Mediterranean region and therefore induce more rainfall and snow storms in this region (Luo et al., 2015; Yao et al., 2016).

The teleconnection patterns are also referred to as dominant factors that shape the MedT and related Euro-Mediterranean climate. El Niño Southern Oscillation (ENSO) plays a key role in the downstream rainfall, with more precipitation over the western Mediterranean in the preceded autumn and early winter, while the precipitation is observed to be less over the eastern Mediterranean (Mariotti et al., 2002; Shaman and Tzipperman, 2011). Ziv et al. (2006) pointed out that the weakened MedT is associated with the warm sea surface temperature (SST) anomaly of the Pacific Warm Pool. The southward-displaced North Atlantic Oscillation (NAO) of positive phase, on the one hand, prompts an anomalous Europe blocking dipole pattern tilting northeast-southwest, resulting in a deepened MedT and thus bringing cold air surges and snowfall to southeastern Europe and the Middle East (Luo et al., 2015). On the other hand, the positive NAO favors a wet and warm (dry and cold) condition over northern Europe (Mediterranean Basin) (Visbeck et al., 2001). The Arctic Oscillation (AO) is also found to be related to the climate in midlatitudes. The negative phase of AO is accompanied by decelerated westerlies and stronger meridional atmospheric circulation over the midlatitudes, which is conducive to the occurrence of atmospheric blocking events and stronger MedT (Cheung and Zhou, 2016; He et al., 2017). This situation strengthens the cold air advection from the polar region, thus leading to cold spells in Europe and the Middle East (Buehler et al., 2009; Demirtas, 2017).

The Kuroshio Extension (KE) is characterized by an interannual fluctuation between a stable dynamic state (in which the steady KE jet generates a strong SST front and inhibits oceanic eddies) and an unstable dynamic state (where the unsteady KE jet is accompanied by a weaker SST front and substantial oceanic eddies) (Qiu et al., 2014). Many studies have pointed out that this KE shift has crucial influences on the atmospheric state on various scales via different physical mechanisms. On the local scale, the KE variability can modulate the overlying atmospheric boundary layer and clouds within through varying the heat fluxes passing the sea–air interface (Ma J. et al., 2015; Wang and Liu, 2015; Jiang et al., 2019; Wang et al., 2019), while on the basin scale, the cyclogenesis of North Pacific storm track is intensified by the unstable KE via the moist baroclinic instability (Ma X. et al., 2015; Ma et al., 2017). The KE-induced storm-track modulation, further, is one of the key determinants in altering the large-scale circulation over the North Pacific and the Arctic through the eddy–mean flow interaction (O’Reilly and Czaja, 2015; Omrani et al., 2019), along with the Rossby wave activity and direct thermal forcing driven by the KE fluctuation (Révelard et al., 2016; Sun et al., 2016). Sun et al. (2022) demonstrated that the KE-caused atmospheric disturbance can spread throughout the North Hemisphere midlatitudes. The stable KE generates the SST anomalies and associated turbulent heat flux anomalies, exciting a Rossby wave train that propagates eastward and modulates the storm track over the midlatitudes in the North Hemisphere, resulting in a deeper East Asian trough (EAT) and stronger East Asian winter monsoon.

Therefore, the KE is one of the prominent phenomena in the ocean worldwide and a significant driver of the North Hemisphere climate; however, so far, few of the existing studies have explored whether the KE fluctuation can exert influences on the MedT and associated Euro-Mediterranean climate. In addition, Figure 6 of Sun et al. (2022) implies a possible relationship between the KE dynamic state and MedT, giving us the interest to dig deep into the linkage between them. Hence, the main objectives of the present study are to investigate the relationship between KE variability and MedT and explore the underlying physical mechanisms. Section 2 presents the data and methodology employed in this study. We analyze the results in Section 3 and summarize and discuss them in Section 4.



Data and methodology


Data

We used the daily-mean sea surface height anomaly (SSHA) with a 0.25° × 0.25° resolution provided by the Archiving, Validation, and Interpretation of Satellite Oceanographic (AVISO) (Ducet et al., 2000). The sensible and latent heat fluxes are from the Objectively Analyzed Air–Sea Fluxes (OAFlux) conducted by the Woods Hole Oceanographic Institution, available in daily mean on a 1° × 1° grid (Yu and Weller, 2007). To obtain the anomalous atmospheric circulation related to the KE fluctuation, the reanalysis states, including SST, air temperature, geopotential height, snow cover, precipitation, and horizontal winds from the fifth major global ReAnalysis data from the European Centre for Medium-Range Weather Forecasts (ERA5), are analyzed in this study. The ERA5 dataset has hourly intervals, with a horizontal resolution of 31 km and 137 levels in the vertical (https://www.ecmwf.int/en/newsletter/147/news/era5-reanalysis-production). The present study focuses on the wintertime spanning from 1 December to 28 February (DJF) of the following year. Here, the first winter of 1993 denotes December 1993 and January and February 1994, and a total of 27 winters from 1993 to 2019 are analyzed in this study. To eliminate disturbances from the climate trend, all the data are linearly detrended before proceeding with further analysis. Since the KE index has non-negligible autocorrelations, a Student’s t-test with an effective degree of freedom proposed by Bretherton et al. (1999) is used to evaluate the significance of variable anomalies.



Methodology

Following Qiu et al. (2014), the KE index (KEI), defined as the 1-year lowpass-filtered SSHA averaged in 31°–36°N, 140°–165°E, is employed to characterize the interannual KE dynamical state. Previous studies have extensively used this identification method to fully capture the KE variation feature (e.g., Sun et al., 2022; Usui and Ogawa, 2022).

The trough-tracking algorithm proposed by Sen et al. (2019) is applied to extract the MedT axis in a region of 23°–57°N and 0°–70°E where the MedT is mostly observed. First, we locate the minimum z500 at a specific latitude of 39.75°N between 0°E and 70°E. Then, the sequential minimum z500 to the south and north is detected in a zonal length of 12° with the minimum at the previous latitude as the center. If no minimum can be located or the detected point is out of the domain interested in a direction, the algorithm is determined in this direction. Finally, we connect all the points selected to obtain the MedT axis.

We conducted the empirical orthogonal function (EOF) technique in the MedT region (25°–55°N, 0°–65°E) to extract the dominant modes and principal components (PCs) of the 500-hPa geopotential height variability of the MedT. The EOF analysis has been widely used in obtaining the dominant modes of atmospheric fields of various monsoon systems, such as the East Asian winter monsoon (Chen et al., 2014; Shi, 2021), EAT (Wang et al., 2009; Leung and Zhou, 2015; Chen et al., 2018), and MedT (Sen et al., 2019).

As the upper troposphere is likely to be equivalent barotropic over the midlatitudes, the atmospheric anomalous processes are explained through the barotropic vorticity equation. The anomalous Rossby wave source (RWS) is diagnosed as follows (Sardeshmukh and Hoskins, 1988):



where Vχ is the divergent winds and ξ is the absolute vorticity. The overbars and primes denote the wind-mean states and perturbations from the mean states, respectively.

In the middle and upper troposphere, the wave activity flux (WAF) is employed to calculate the wave propagation of stationary eddies on the zonally varying basic flow (Takaya and Nakamura, 1997; Takaya and Nakamura, 2001). The phase-independent WAF, which parallels its local group velocity, is used to depict the Rossby wave activity associated with the KE fluctuation. The formula is as follows:



Here, (u,v) is the winter-mean horizontal wind over the period from 1993 to 2019,   is the speed for climatological horizontal flow, ψ' is the geostrophic stream function perturbation, f is the Coriolis parameter, R is the gas constant, p is the air pressure, and   is based on the temperature (T ) and the specific heat at constant pressure (Cp ). The subscripts x , y , and p indicate the partial derivatives along the zonal, meridional, and vertical directions, respectively.

The maximum Eady growth rate (EGR), proposed by Hoskins and Valdes (1990), is used to estimate the atmospheric baroclinicity and determine whether the atmospheric dynamical state is conducive to the weather system origination. We calculated the EGR at the 300-hPa level using the equation of



with f being the Coriolis parameter, N being the Brunt–Väisälä frequency, U being the horizontal wind speed, and z being the vertical height.

To effectively extract the synoptic-scale transient eddies, the meridional wind variance v'v' at the 300-hPa level subject to a 2.5–6-day bandpass 31-point filter (Sun and Zhang, 1992) is applied to represent the storm track.

To evaluate the geopotential height anomaly generated by low-frequency atmospheric waves and high-frequency eddies associated with the KE variation, we applied the equation given by Lau and Nath (2014) to calculate the Rossby wave-induced and transient eddy-induced geopotential height tendency at the 500-hPa level. The equation is shown as follows:



where Z is the monthly geopotential height, f is the Coriolis parameter, g is the gravitational acceleration setting to 9.80 m/s2, and V' and ζ‘ are the wind and relatively vorticity disturbances, respectively, subjected to an 8–90-day Butterworth bandpass filtering for Rossby wave and a 2.5–6-day bandpass filtering for synoptic eddies. The contributions of Rossby waves and transient eddies to the observed geopotential height tendency can be quantified by comparing their magnitudes and spatial patterns. This method has been extensively used in calculating the effects of Rossby waves and transient eddies on the geopotential height anomaly (Song et al., 2016; Sun et al., 2022).



Estimating the atmospheric responses

Over midlatitudes, the feedback response of the atmosphere to the extratropical forcing in the ocean and land is difficult to evaluate, because the atmospheric response, to a large extent, is overwhelmed by the tropical remote forcing (i.e., ENSO) and atmospheric internal variability. To extract the midlatitude oceanic feedback on the atmosphere, we follow the lag regression approach of Révelard et al. (2016), which separates the slow atmospheric response to the SST from the rapid atmospheric internal variability. Hence, any atmospheric variable x(t) consists of three components, as follows:



Here, αKEI(t−2) and βe(t−1) represent the quasi-equilibrium atmospheric responses to the KE 2 months earlier and ENSO 1 month earlier, respectively, with and β as the feedback parameters, KEI as the KE index described above, and e as the Niño 3.4 index (defined as the 5-month running mean SST over the region of 5°S–5°N, 170°–120°W). n(t) represents the atmospheric white noise. It generally takes 1–2 months for the extratropical SST-forced baroclinic signal to fully transform into the large-scale equivalent barotropic circulation and reach its maximum amplitude via the transient eddy–mean flow interactions (Liu et al., 2007; Ferreira and Frankignoul, 2008; Liu et al., 2008; Révelard et al., 2016). Indeed, the KE fingerprint on the large-scale atmospheric circulation has some persistence as the atmosphere lags the ocean by 1 to 6 months, but the strongest imprint emerges when the delay is set to be 2 months (not shown). In addition, we have assumed a 1-month delay for ENSO signals reaching the Mediterranean region, considering the maximum ENSO teleconnection patterns. For the above reasons, the atmosphere response times to the KE and ENSO are regarded as 2 and 1 months, respectively, in our paper, consistent with the lag time applied in Révelard et al. (2016) and Sun et al. (2022).

To access the feedback parameter α , first, we eliminate the ENSO signal, yielding the ENSO-filtered atmospheric variables and KEI , expressed as follows:

 



Here, A=x(t),e(t−1)/e(t−1),e(t−1) , and B=KEI(t), e(t+1)/e(t+1), e(t+1), with p,q representing the covariance of p and q . Then, given that the KE variability has no correlation with the atmospheric intrinsic variability, we substitute the and KEI in Equation (5) with Equations (6) and (7), leading to the following:



After multiplying   on two sides of Equation (8), we take the ensemble average and obtain as follows:



The feedback parameter α for the atmospheric variable shows similar spatial patterns with the composite differences between the KE stable period (SP) and unstable period (USP) (Supplementary Figures), validating the effectiveness of the lag regression approach that this paper applied.




Results


The KE index

Since this paper focuses on the atmospheric feedback in winter (DJF) to the KE variability 2 months earlier, Figure 1 highlights the time series of KEI from October to December (OND) and the corresponding SSHA patterns for the two opposite KE states. As depicted in Figure 1A, the KEI exhibits a feature of bimodal interannual fluctuation, with a low-frequency shift between positive and negative phases. The OND SSHA pattern, with correspondence of KEI larger than 0.5, is characterized by a prominent positive SSHA anomaly to the south of the KE axis and a weaker negative SSHA to the north, suggesting a stronger and steadier KE jet, hereafter KE SP (OND in 2002, 2004, 2010–2014, 2016, and 2018–2019) (Figure 1B). The KE USP is selected when the OND KEI is less than −0.5 (OND in 1993–1997 and 2006–2008), which shows a basically opposite SSHA pattern with smaller amplitude compared to that in the KE SP (Figure 1C). The KE variation feature during 1993–2012 above is consistent with Qiu et al. (2014) and sustains a stable dynamical state from 2012 to 2019 (Usui and Ogawa, 2022).




Figure 1 | (A) The monthly normalized KEI time series before (black curve) and after (blue curve) ENSO filtering based on the AVISO SSHA observations. The gray bars mark out the KEI in OND. Composite SSHA (shading; unit, m) and corresponding KE axis (black curve) defined by the 1-m sea surface height for the (B) SP and (C) USP during the period of 1993–2019, with black rectangle indicating the region used to calculate the KEI. KEI, Kuroshio Extension index; ENSO, El Niño Southern Oscillation; AVISO, Archiving, Validation and Interpretation of Satellite Oceanographic; SSHA, sea surface height anomaly; SP, stable period; USP, unstable period.





The relation between KE fluctuation and MedT

Figure 2 shows the spatial distribution of year-to-year winter MedT axes and corresponding z500 along the trough lines for KE SP and USP. The MedT location is highly unstable zonally, shifting in the east–west direction substantially from year to year. When the KE is in its stable (unstable) state, the MedT axis is situated to the west (east) of its climatological location, with stronger (weaker) intensity along the trough line. On average, the longitude and z500 differences of MedT between the KE SP and USP are approximately −12° and −15 gpm, respectively, pointing to a close connection between KE and MedT dynamical states. To further investigate this relation, Figure 3 displays the KE-induced atmospheric anomalies derived from the lag regression approach. Indeed, the KE exerts significant impacts on the atmospheric circulation in the Euro-Mediterranean region. An anomalous cyclone center of −18 gpm, slightly located to the west of the MedT climatological position, is developed in the middle troposphere over the Euro-Mediterranean region (Figure 3B), along with accelerated (decelerated) westerly winds to its south (north) (Figure 3D). The atmospheric anomaly on the 250-hPa level bears similar distributions to that on the 500-hPa level (Figures 3A, C), which implies that the atmospheric response to the KE fluctuation is equivalent to barotropic. Therefore, the MedT tends to be stronger and locates farther west in the KE SP, and the opposite for the USP.




Figure 2 | (A) The winter year-to-year MedT axis lines for KE SP (light red lines) and USP (light blue lines) traced from the ERA5 500-hPa geopotential height and superposed with the winter climatology of 500-hPa geopotential height (contours with an interval of 50 gpm). Thick red line and blue line show the composite MedT axis lines for KE SP and USP, respectively, and thick black line is the climatological mean MedT axis. (B) Composite 500-hPa geopotential height along the MedT axis lines for KE SP (red line, left y-axis) and USP (blue line, left y-axis) and its difference between the SP and USP (green line, right y-axis). MedT, Mediterranean trough; KE, Kuroshio Extension; SP, stable period; USP, unstable period.






Figure 3 | The lagged regressions of (A) z250 (shading; unit, gpm), (B) z500 (shading; unit, gpm), (C) u250 (shading; unit, m s−1), and (D) u500 (shading; unit, m s−1) in DJF onto the KEI 2 month earlier, superposed with the DJF-mean z250 and z500 in panels (A, B) respectively. Magenta contours represent where the atmospheric responses pass the 90% confidence level. KEI, Kuroshio Extension index.



By performing EOF analysis, the first three leading modes of MedT variability and their relations with KEI are given in Figure 4. Here, the area of 25°–55°N, 0°–65°E is chosen for EOF analysis, taking into account the region where the MedT is mostly detected and the location of 500-hPa geopotential height anomaly in Figure 3C. Our results are broadly consistent with Sen et al. (2019), except that the order of the first and second modes is contrary to their results, probably due to the different periods and regions we focused on. The first eigenvector of detrended and normalized z500 fields during 1993–2019, which contributes to 31.86% of the total variance, depicts that this mode corresponds to a pronounced anomaly extending northeastward from the eastern Mediterranean Sea to the Caucasus Mountains (Figure 4A). The correlation coefficient between the first PC time series (PC1) and MedT intensity index (the average z500 in the box of 30°–50°N and 20°–45°E) proposed by Sen et al. (2019) is 0.85 (p< 0.001), revealing that the leading EOF mode can well represent the MedT intensity variation. Figure 4B shows there exists a relatively weak co-variation between the PC1 and KEI. After applying a Savitzky–Golay filter to extract the lowpass MedT signal, the relation between the PC1 and KEI is strengthened, with the correlation coefficient increasing to 0.57 (p< 0.01), demonstrating that the KE fluctuation has some potential influences on the MedT intensity. The second PC (PC2) time series is found to be highly correlated with the MedT zonal displacement index (the z500 difference between 39°N, 10°E and 39°N, 50°E) developed by Sen et al. (2019), with a correlation coefficient of 0.86 (p< 0.001). Therefore, the second EOF mode, which accounts for 31.37% of the total variance, mainly explains the zonal displacement variability of MedT (Figure 4C), also having linkage with the lowpass KEI (r = 0.40, p< 0.1) (Figure 4D). The third EOF mode, which is responsible for 13.68% of the total variance, is hard to be identified as far as its physical implication, but it shows a similar spatial pattern with the oscillation between the eastern and western Mediterranean (Xoplaki et al., 2004) (Figure 4E). The correlation between the third PC (PC3) time series and KEI is weak and insignificant (r = 0.28, p > 0.1) (Figure 4F). In summary, there exists a significant relationship between the variability of the KE dynamical state and the intensity/zonal displacement of MedT, which raises a new question: how does the KE fluctuation affect the MedT intensity/zonal displacement?




Figure 4 | (A, C, E) The first three dominant EOFs at the 500-hPa geopotential height for the MedT region in winter and corresponding variance at the top of each figure. (B, D, F) Time series of normalized values for the KEI in OND (gray bar), PC in DJF (black line), and lowpass-filtered PC in DJF (red line), with the correlation coefficient between KEI and lowpass PC marked on the top of each figure. In order to obtain the MedT variation characteristic with the same frequency as the KE, a Savitzky–Golay filter with a wind length of 11 years and a degree 2 polynomial is employed to the PC time series for the leading three EOF modes to obtain the lowpass PCs. EOF, empirical orthogonal function; MedT, Mediterranean trough; KEI, Kuroshio Extension index; PC, principal component.





Possible mechanisms

Some studies suggested that the KE interannual variability triggers the mesoscale SST anomalies in the KE region, thus modulating the atmospheric large-scale circulation by generating the atmospheric Rossby wave activity, transient eddy–mean flow interaction, and thermal winds (Ma X. et al., 2015; O’Reilly and Czaja, 2015; Révelard et al., 2016; Lei et al., 2020; Sun et al., 2022). In our study, the Rossby wave and eddy–mean flow interaction are likely to be the possible underlying mechanisms. Therefore, the aforementioned two physical processes will be analyzed in the following subsections separately.

Figure 5 shows the estimated responses of SST and THF to the KE variability in the cold season. When the KE is stable, the SST decreases (increases) by 0.8°C (0.4°C) to the west (east) of 155°E in the KE region. The THF anomaly bears some resemblances to the SST anomaly, showing a corresponding decreased (increased) THF of −30 W m−2 (20 W m−2), which is equivalent to nearly 10% of the climatological THF in wintertime. Such a large THF anomaly is supposed to exert pronounced impacts on the atmosphere.




Figure 5 | (A) The lagged regression of the SST anomaly (shading; unit, °C) in DJF onto the KEI 2 months earlier, overlapped with the winter background SST (contours with an interval of 2°C). The black thick contours highlight the SSTs at 10°C and 20°C. (B) The lagged regression of the THF anomaly (shading; unit, W m−2) in DJF onto the KEI 2 months earlier, superposed by the winter background THF (contours with an interval of 100 W m−2) in DJF with the black thick contours indicating the THF of 400 W m−2. A positive THF suggests that the THF transports from the ocean upward into the atmosphere. Stippling denotes where the anomalies are significant at the 90% confidence level. SST, sea surface temperature; KEI, Kuroshio Extension index.




Rossby wave activity

Previous studies pointed out that the positive SST anomaly with an amplitude of 0.6°C in the midlatitude North Atlantic can excite a wave train propagating across the North Atlantic and northern Eurasia and ultimately strengthens the downstream trough system over East Asia (Qiao and Feng, 2016; Feng et al., 2018). In our study, as plotted in Figure 6, the warm SST response and associated intensified THF in the central and eastern KE region generate an RWS extending from the sea surface up to the upper troposphere, while there is a pronounced Rossby wave sink over the MedT region. Figure 7 further suggests that the Rossby wave activity has close corresponding relation with the RWS. The KE, as an RWS, exerts the upward WAF propagating from the lower troposphere to the upper troposphere over the KE region (Figure 7B) and then drives a Rossby wave train spreading eastward to the Rossby wave sink in the Euro-Mediterranean region and decreases the geopotential height (Figure 7A). As a result, the Rossby wave activity decreases the 500-hPa geopotential height at a rate of −0.06 gpm day−1 over western Europe, which accounts for approximately 30% of the MedT deepening rate and favors a western-positioned MedT (Figure 8A).




Figure 6 | The lagged regressions of 300-hPa RWS (shading; unit, 10−11 s−2) over the (A) KE and (B) MedT regions in DJF onto the KEI 2 months earlier. The corresponding vertical profiles of RWS responses along the meridional average are plotted in panels (C, D) respectively, with dashed lines in panels (A, B) marking the regions used for calculating the meridional average. Magenta contours are significant at the 90% confidence level. RWS, Rossby wave source; KE, Kuroshio Extension; MedT, Mediterranean trough; KEI, Kuroshio Extension index.






Figure 7 | The lagged regressions of atmospheric anomaly in DJF onto the KEI 2 months earlier. (A) 300-hPa geopotential height (shading; unit, gpm) and WAF (vectors; unit, m2 s−2). (B) Zonal component of WAF (shading; unit, m2 s−2) and WAF (vectors; unit, m2 s−2 for horizontal component and −10−2 Pa m s−2 for vertical component) averaged between 40°N and 60°N. The vectors plotted in the figures are significant at the 90% confidence level, with magenta contours passing the 90% confidence level. KEI, Kuroshio Extension index; WAF, wave activity flux.






Figure 8 | The lagged regressions of (A) Rossby wave-induced and (B) transient eddy-induced 500-hPa geopotential height tendency (shading; unit, gpm day−1) in DJF onto the KEI 2 months earlier, superposed by the estimated response of 500-hPa geopotential height tendency (contours; unit, gpm day−1). A 10° × 10° spatial smoothing is employed to data for distinct results. KEI, Kuroshio Extension index.





Transient eddies

The baroclinic wave activity (or storm-track activity) is found to have feedback forcing on the background zonal flow, through varying the eddy shape and orientation (Hoskins et al., 1983). In our study, forced by the Rossby wave activity, an anomalous cyclone is developed over the European continent (Figure 7A), accelerating the westerly winds over the region extending from the United Kingdom to the eastern Mediterranean Sea (Figures 3C, D) and thus strengthening the baroclinicity and corresponding transient eddy activity (Figure 9). Consequently, the feedback forcing of intensified storm track decreases the local geopotential height (Zhang et al., 2019) at a rate of −0.04 gpm day−1 to the west of the MedT climatological location, which can explain about 20% of the MedT deepening with a westward displacement (Figure 8B).




Figure 9 | The lagged regressions of (A) EGR (shading; unit, 10−6 s−1) and (B) storm track (shading; unit, m2 s−2) at the 300-hPa level in DJF onto the KEI 2 months earlier, with magenta contours representing the regions where atmospheric anomalies pass the 90% confidence level. The black contours in panel (B) show the 300-hPa winter background storm track (contours at 20-m2 s−2 intervals). EGR, Eady growth rate; KEI, Kuroshio Extension index.



In summary, the combined forcings of low-frequency Rossby waves and high-frequency transient eddies lead to the decrease (increase) of geopotential height to the west of MedT in the KE SP (USP), which facilitates a stronger (weaker) and western-positioned (eastern-positioned) MedT compared to its climatological state.




The impacts of KE variability on the Euro-Mediterranean climate

The KE fluctuation exerts prominent influences on the surface parameters in the Euro-Mediterranean region, as depicted in Figure 10. In the winter with a stable KE, the 2-m air temperature shows a dipole-like pattern, with colder air temperature over the Euro-Mediterranean and North Africa and warmer air temperature over northeastern Europe and western Central Asia, consistent with the stronger and western-positioned MedT. The coldest temperature anomaly of −0.8°C is situated over the Balkan Peninsula and Romania, which is upstream of the MedT axis in the KE SP (Figure 10A). The change of snow cover displays basically the same pattern as air temperature, with snow accumulating (diminishing) to the west (east) of the climatological MedT position (Figure 10B). The convective precipitation in the northeastern Mediterranean Sea and large-scale precipitation in the Anatolian Peninsula are enhanced (Figures 10C, D), mainly due to the intensified water vapor transport driven by the accelerated westerlies from the Mediterranean Sea and stronger upward motion resulting from the deeper and western-positioned MedT (not shown). The aforementioned climate variability is highly correlated with the intensity and zonal displacement changes of MedT, implying a strong linkage between the KE fluctuation and the Euro-Mediterranean climate.




Figure 10 | The lagged regressions of (A) 2-m air temperature (shading; unit, °C), (B) snow cover (shading; unit, %), (C) convective precipitation (shading; unit, mm), and (D) large-scale precipitation (shading; unit, mm) in DJF onto the KEI 2 months earlier, with magenta contours representing the regions where anomalies pass the 90% confidence level. KEI, Kuroshio Extension index.






Conclusions and discussion

This study investigates the potential effects of KE fluctuation on the MedT variability and associated Euro-Mediterranean climate variability in boreal winter by applying the lag regression approach. It is found that the KE, as one of the strongest sea–air interaction regions in the world, plays a curtailing role in influencing the Euro-Mediterranean winter climate through its impacts on the MedT. In the KE SP, an anomalous cyclone is observed to the west of the MedT climatological location in the middle and upper troposphere, resulting in a deeper and western-positioned MedT. The modulated MedT further leads to colder conditions with more snow cover over the region including the Euro-Mediterranean, North Africa, and Anatolia Peninsula by transferring the cold polar air from the north, while the warmer temperature reduces snow cover over western Central Asia and northeastern Middle East. The KE USP holds an opposite pattern.

The Rossby wave activity and eddy–mean flow interaction are found to be the key physical processes in KE influencing MedT. The stable KE triggers an SST warming and associated enhanced THF in the eastern part of the KE region, exciting the Rossby waves, which propagate upward to the middle and upper troposphere over the central North Pacific and then spread eastward along North America and the North Atlantic to the Euro-Mediterranean. This Rossby wave train leads to an anomalous cyclone with the center located over France, contributing to 30% magnitude of the MedT deepening and its westward shift. The anomalous cyclonic circulation, however, intensifies the baroclinicity by modulating the westerly winds and thus enhances the transient eddy activity over Europe, resulting in a western-positioned MedT and 20% magnitude of the MedT deepening through the feedback forcing of transient eddies on the mean flow. A schematic of how the KE state impacts the MedT and related Euro-Mediterranean climate in the cold season is shown in Figure 11.




Figure 11 | Schematic illustration of the dynamic relationship between the KE and MedT and associated winter climate. In the positive phase of KE, the warmer SST triggers a cyclone anomaly over Europe via the physical processes of Rossby waves and eddy–mean flow interaction. As a result, the MedT tends to be deeper and westward-positioned compared to its climatological state, bringing colder air advection to its western side and more precipitation to the northeastern Mediterranean Sea and Anatolia Peninsula. These tendencies reverse in the negative phase of KE. KE, Kuroshio Extension; MedT, Mediterranean trough; SST, sea surface temperature.



The field differences between the KE SP and USP are represented in the Supplementary Material, which produces broadly consistent patterns to those using the lag regression approach in the paper. However, we still notice some slight differences in the three sets of figures. First, there exist some distinctions in the spatial distribution of atmospheric circulation, with a northwestern-located geopotential height anomaly tilted along the northwest-southeast direction and a northeastern-positioned zonal wind anomaly in the case of the lag regression approach compared with the difference analysis (Figure 3; Supplementary Figure 1). Second, Figure 6 shows significant RWS over the KE eastern region and Rossby wave sink over the Euro-Mediterranean region nearly extending throughout the entire troposphere, while the RWS response discontinues in the mid-troposphere in Supplementary Figure 3. Third, the spatial consistency between the atmospheric baroclinicity and transient eddy activity in Figure 8 is more apparent than that in Supplementary Figure 5. The result comparisons indicate that the lag regression and difference approaches are all capable of capturing the atmospheric responses to the KE fluctuation, and the lag regression approach performs better in some fields considering the spatial consistency.

An anomalous warming event took place over eastern Anatolia in early March 2004, leading to unprecedented snowmelt runoff in the Euphrates and Tigris basin with heavy rainfall and thus resulting in a once-in-50-year extreme discharge (>2,000 m3 s−1) and flooding event (Bozkurt et al., 2019). Our results reveal that the KE might be one of the drivers of this extreme case of a warm spell, as the stable KE favors wetter conditions over eastern Anatolia. On the contrary, the well-known drought year of 2007 in the Mediterranean region (Şahin et al., 2015) corresponds to an unstable KE state, implying a possible linkage between them. Sen et al. (2019) and Bozkurt et al. (2019) proposed that, accompanied by a deepened EAT, the MedT is displaced in the west of its climatological location. Given the fact that the KE fluctuation is a key determinant of the EAT (Sun et al., 2022) and MedT from our results, the KE might be one of the drivers for the co-variability of these two trough systems on the opposite sides of the Eurasian continent. In addition, our results also imply some potential influences of the KE on the European blocking, which can cause cold air outbreaks in southeastern Europe and the Middle East and needs to be further investigated.
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Submesoscale processes in the ocean are vital for sustaining energy balance across scales. Taking advantage of the high resolution and wide coverage of numerical simulations, which are currently lacking for field observations, we investigated the basic patterns of submesoscale dynamics and mechanisms of corresponding variabilities along with the Kuroshio in the East China Sea. The large-scale western boundary jet serves as a remarkable submesoscale energy reservoir, promoted by steep topographic features. In the discovered hotspots, that is, the continental slope and lee area of the Tokara Strait, long-lasting submesoscale footprints arose in the form of linear patterns of strongly skewed Rossby numbers with maximum values of ~O(1). Their origin may be derived from the high topographically induced strain rate, which shows a consistent distribution and high correlation with the Rossby number. Corresponding to the characteristics of such active submesoscale processes, kinetic energy wavenumber spectra were visibly flatter than previous estimations of typical two-dimensional geostrophic turbulence and were not temporally fixed under the combined effects of multiple factors. The annual cycle of stratification induces seasonality by affecting mixed-layer instabilities, which control the kinetic and potential energy conversion rates. The tidal periods may be due to tides generating inertia-gravity waves that partially overlap in submesoscale ranges. Various other intermediate periods of variability were probably related to the eddy-caused Kuroshio path meander, which implied a closely coupled dynamical system across scales. Uncertainties come from the ascertainment of the specific contribution ratios of each part, which will be studied in the future.
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1 Introduction

As a continuum formed by fluids, the ocean permits the existence of wide-range spatial-length scales. It remains unclear whether the oceanic energy cascades are multi-stage processes (Davidson, 2015) and how many stages may occur, such as the electronic energy levels. It is certain that multi-scale interactions and cross-scale energy transfers exist (Qiu et al., 2022). For the large/basin-scale ocean general circulations, equilibrium is the result of energy conservation. It must be subjected to constant forcings, such as wind or solar heat flux. Eventual dissipation with turbulence at small scales (McWilliams, 2016) is also essential as an energy sink. Intermediate processes refer to forward cascades in achieving the abovementioned transfer across scales, which are usually completed through routes associated with the motions in submesoscale ranges (fronts, filaments, inertia-gravity waves, etc.). The recently discovered mechanism pointed out that the near-inertial waves, which share part of the submesoscale regime (Alford et al., 2016), can promote forward energy cascades even without participating in the processes directly (i.e., without undergoing energy change themselves). This catalytic effect (Xie, 2020) further reflects the important dynamical meaning of submesoscale motions for oceanic energetics.

Reasoning can deduce that the submesoscale energy magnitude should be coupled with that of the larger scale to a certain extent because it has redundant energy absorbed from external systems to digest. As a result, in regions where the robust western boundary currents flow, we may capture more remarkable features of the submesoscale than in places where dynamical activities are relatively moderate. It is easy to examine, as is this fact. Long-distance shipboard observation results traversing distinct dynamical regimes (Qiu et al., 2017) revealed that the energy at scales of ~200 km in the Kuroshio was approximately twice as high as in the Subtropical Countercurrent. This ratio is similar to that at a scale of ~20 km. Notably, this reasoning requires that the two compared dynamic regimes have similar power laws (for example, both being the k−3 law, where k is the wavenumber). This may give us an easily available metric to judge where a latent submesoscale energy reservoir is, given that the present relevant observations remain difficult and rare.

Except for the robust inherent energy level, extreme topographic features (such as steep shelf) make the western boundary regions ideal for the generation of submesoscale motions. Topographic features can either directly drag against or create friction with the circulations (Gula et al., 2015; Gula et al., 2016), enhance shear instability, generate submesoscale motions, or control the circulation to increase mesoscale strain (Rosso et al., 2015), which then generates submesoscale activities. In the East China Sea (ECS), the Kuroshio is not only squeezed by the long continental slope when entering but also continuously impinges against a series of islands when leaving. Therefore, typical submesoscale characteristics can be expected. This leads to a framework that depicts coupling systems across different scales that are currently inadequately understood. In addition to maintaining the energy balance of the ocean, submesoscale motions are also of significant in promoting oceanic and air–sea biochemical material exchanges, such as convergence of primary production (Zhang and Qiu, 2020), modification of water mass (Ruan et al., 2017), nutrient fluxes (Klein and Lapeyre, 2009), and carbon dioxide flux (Pezzi et al., 2021), and thus merit further attention.

This purpose of this study was to look into the submesoscale characteristics of the Kuroshio, ECS, as well as their relationships. Using long-term and high-resolution simulations, introduced in Section 2, the basic pattern and corresponding origin are presented in Section 3. A discussion of the temporal variabilities of submesoscale dynamics is presented in Section 4. The main conclusion is summarized in Section 5.



2 Data and methods


2.1 Numerical simulations

Using a relatively high-resolution reanalysis of the current dataset produced by the tide-resolving general circulation numerical model system, JCOPE-T, we obtained a glimpse into the submesoscale dynamics in the ECS. The JCOPE-T was based on one of the world community models, the Princeton Ocean Model (Varlamov et al., 2015), and was developed by the Japan Agency for Marine-Earth Science and Technology (JAMSTEC), assimilating massive in-situ observations. The model data used in this study ranged from 24°N to 32°N and from 125°E to 132°E, covering the Kuroshio region in the ECS (Figures 1C, E). Vertically, the model was divided into 47 levels that covered the entire depth range. Horizontally, ~3-km (1/36°) resolution is available for investigating submesoscale processes. The JCOPE-T dataset has been verified to accurately reproduce the circulation conditions (Liu et al., 2019) and tidal currents (Varlamov et al., 2015). In this study, tidal constituents in the dataset were removed from the raw current field. This reanalysis dataset, spanning from January 2003 to March 2012, provided the current velocity, water temperature, and salinity. Notably, the low temporal-resolution (daily) data we used are insufficient for distinguishing submesoscale currents and inertial gravity waves (IGWs), which also share the submesoscale bands.




Figure 1 | Basic patterns of the study area and comparison between simulations and observations. (A) A global map and climatological mean dynamic topography (MDT, unit: m). White isolines indicate MDT with an interval of 0.2 m, for a range of 1.0–1.8 m. (B) Satellites climatological and (C) JCOPE-T surface current fields (vectors) of the study area. The model results have been averaged from 2003 to 2012. Base colors represent current velocities (unit: m/s). Vectors with magnitudes greater (lesser) than 0.5 m/s are shown in red (purple). The cyan thick line in (C) is the shipboard observation track in the Tokara Strait (TkS). (D) Climatological depth-averaged buoyancy frequency (unit: s−2) from the World Ocean Atlas (WOA) climatological mean thermohaline dataset. (E) The same as (D) but from JCOPE-T simulations. (F) Surface kinetic energy wavenumber spectra along the Kuroshio axis (with the largest current velocity). The spectra were also calculated using climatological mean data. (G) Upper-layer (above 200 m) kinetic energy wavenumber spectra across the Kuroshio mainstream in the TkS (cyan line in (C)). Linear-fitted spectral slopes were numbered in (F, G). The power laws of k−5/3, k−2, and k−3 were drawn using gray dashed lines in (F, G).





2.2 Shipboard and satellite observations

To validate the JCOPE-T dataset and demonstrate that the model can resolve the submesoscale dynamics well, shipboard and satellite observation data were used for comparison.

For a region probably characterized by submesoscale processes, the Tokara Strait (TkS), long-term (January 2003–March 2012) repeated current observations were conducted by a shipboard acoustic Doppler current profiler (ADCP; 38.4 kHz, with the accuracy of ± 0.5 cm/s) in a fixed section (thick cyan line in Figure 1C) downstream of an island chain. The full-depth ADCP observation covered nearly the entire strait (~300-km distance), with a higher horizontal resolution of ~2 km, which was able to capture the submesoscale processes. A comparison between the numerical simulations and the shipboard observations verified the ability of JCOPE-T to resolve submesoscale dynamics.

For a wider region in the ECS (Figure 1B), data derived from multi-source satellites and processed by the Archiving, Validation, and Interpretation of Satellite Oceanographic data (AVISO) and climatological mean data from the World Ocean Atlas (WOA) were used to examine the general circulation (Figure 1C) and stratifications (Figure 1E) reproduced by the JCOPE-T. The satellite product provides the climatological mean dynamic topography (Figure 1A) and mean geostrophic current field (Figure 1B) over the period of 1993–2012 with a horizontal resolution of 1/8°. The WOA provided the temperature and salinity used to calculate the buoyancy frequency (Figure 1D).



2.3 Current tensors

In the ocean, the physical deformation characteristics of the continuous fluid, implying underlying dynamic processes, can be quantified using current velocity gradient tensors. They are calculated from the positional derivatives of the current velocities and are represented in the form of a Jacobian matrix:

 

Where U denotes the current velocity vector. i and j (i = x, y; j = x, y) represent the directions of the velocity components and the directions of partial derivatives of the velocity components, respectively. x and y represent the latitudinal and longitudinal directions of the eastward and northward as coordinates, respectively, as positive. The calculation of the gradient tensors at a horizontal spatial resolution of ~3 km was performed for the JCOPE-T daily mean current velocity field using a central difference approach scheme. Some pure kinematic items, ignoring the relatively weak viscous effects (i.e., intrinsic natures of fluid) of seawater, can be obtained (Shcherbina et al., 2013):

 

 

 

Where ζ, δ, and ε are the relative vorticity, lateral divergence, and lateral strain rate, respectively. Submesoscale motions usually feature a high lateral shear (Buckingham et al., 2016), implying a high gradient Rossby number Ro=ζ/f (i.e., normalized relative vorticity), where f is the Coriolis parameter. The divergence term is of a similar order of magnitude to the vorticity (Shcherbina et al., 2013). The strain rate ε represents the deformation (such as stretching) of fluid induced by parallel shear terms without volume change (i.e., incompressible) and was found to be associated with salient topographic features (presented in Section 3.1).



2.4 Monitor meander variability by eddy tracking

It is easy to comprehend that topographic features can exert external forces on a steady flow. Variabilities in this flow–topography interaction with the vibration of the flow can be expected. Without considering the intrinsic instability of the Kuroshio current system itself, the eddies moving downstream of the Kuroshio were assumed, as the extrinsic factor, to induce the Kuroshio path meander in the ECS (Nakamura, 2005). We adopted the well-established eddy tracking scheme developed by Nencioli et al. (2010). A statistical analysis of the eddy was then performed to reveal the potential relationship between the eddy and the meander.

This algorithm defines the geometric boundary of an eddy using velocity-based constraints. In the calculation, we also chose the parameters of a = 4 and b = 3 used by Nencioli et al. (2010) in high-resolution model results. b defines the area that would be used in searching the eddy center with the minimum velocity. a was used to inspect the rotation of current vectors around the eddy center.




3 Submesoscale footprint

As previously mentioned, regional differences in the submesoscale dynamics were evident. The mean spatial distribution features were examined to identify latent submesoscale hotspots in the East China Sea.


3.1 Evaluation of the simulations

Intense distributions of dynamic topography isolines (Figure 1A) near the western boundary indicate high-level oceanic geostrophic kinetic energy in the western North Pacific. In the focused region, satellites (Figure 1B) and the model (Figure 1C) showed a consistent large structure of the current field, which is relatively simple, with a unidirectional pattern along the continental slope and a sinusoidal pattern crossing a chain of islands in the TkS. The satellites and model suggested the most highly concentrated energy in the Kuroshio, while the magnitude of the latter was marginally higher. In addition, the model clearly showed more refined small structures in gaps between the islands of the TkS, changing the intact flow to be multicore-like, which implies intense flow–topography interactions and the possibility of submesoscale motions. The coarse resolution of the satellite data leads to a lack of such detailed information. For the stratification condition (Figures 1D, E), the model results were also well accepted, except for the area north of ~30°N and west of ~126°E, where dynamic activities were moderate.

The spectra (Figure 1F) along the Kuroshio axis (defined by the climatologically averaged geometric positions with the largest current velocities) revealed a mean state throughout the Kuroshio in this region. The satellite spectrum showed an agreement with typical quasi-geostrophic dynamics with an ~k−3 law (Wang et al., 2010); however, it completely lost its resolution at scales of<~30 km (k~10−1.5 cpkm). It primarily showed dynamics in mesoscale ranges due to the limit of the resolution. The modeling spectrum had flat slopes and higher energy levels for scales of<~300 km (k~10−2.5 cpkm) compared with that of the satellites. Submesoscale motions typically cause flattening of the spectra (Rocha et al., 2016a). Local spectra (Figure 1E) across the Kuroshio in the TkS became much flatter, close to k−5/3, indicating that the energy was redistributed across scales and a transition to different energy cascades. The model corresponded well with the long-term observations but might have overestimated energy levels mainly for scales of >~60 km (k~10−1.8 cpkm) and<~20 km (k~10−1.3 cpkm). The JCOPE-T comprises tidal and wind-driven forcings as inputs, which are the main energy sources of IGWs. Compared with the combined results of models and observations (Alford et al., 2015), the mean generated internal tidal energy produced by the JCOPE-T (Varlamov et al., 2015) was higher. Therefore, overestimation of IGWs in the simulations may be possible and is reflected as a higher energy level in the spectra (Figure 1G), except for systematic deviations of the model itself. However, the modeled spectrum pattern and power law matched well with the observations. Overall, the JCOPE-T had good performance in simulating dynamics, especially in resolving submesoscale, which was suitable for subsequent investigations.



3.2 Statistical analysis

The spectral results showed remarkable regional differences (Figures 1F, G). Spatial features were then examined. It is evident that the Rossby number (Figure 2A) is strongly spatially dependent. Significantly high values with magnitudes of ~O(1) were distributed only around the Ryukyu Islands and in the Kuroshio. While the former was sporadic, the latter was evenly spread into streaks and constrained within the Kuroshio region. The high Rossby number was a typical feature of submesoscale dynamics, as that of the mesoscale was moderate (Shcherbina et al., 2013; Buckingham et al., 2016). Streak patterns are typical linear (i.e., horizontally stretched) submesoscale features that can be generated by strain (McWilliams, 2016). The strain rate (Figure 2B) presented good spatial consistency with the Rossby number of the robust regions. The strain rate can stretch the emerging filament (Rosso et al., 2015) and strengthen the frontogenesis (Zhang et al., 2020), resulting in higher production at the submesoscale. Vicinities of the islands and the continental slope were both precipitous areas, implying the possibility of a topographic origin. Extreme values can even exceed 0.5 for the strain rate and 1.0 for the Rossby number in narrow lee gaps downstream from a series of islands, suggesting more intense topography–flow interaction, subsequent more violent deformation of flow, and eventually more generation of submesoscale. Indeed, the submesoscale energy level was significantly higher there (Figure 1G) than the mean state (Figure 1F), for scales smaller than 100 km (10−2 cpkm). Therefore, the Kuroshio region is a submesoscale reservoir. It was different than in the vicinity of the Ryukyu Islands, where the mean flow was rather weak compared with the Kuroshio region (Figures 1B, C). This leads to the presumption that mesoscale eddies, originating and propagating westward periodically from the Pacific (Yan et al., 2019), generated the submesoscale by impinging on the islands. Laboratory experiments (Andres and Cenedese, 2013) demonstrated that submesoscale filaments arose after the impinging eddies, which triggered a so-called streamer flow around the islands. This was beyond the scope of this study, which focused on the Kuroshio region.




Figure 2 | Spatial distributions of (A) Rossby number (Ro=ζ/f), (B) normalized strain rate (ε/f), (C) normalized divergence (δ/f), and (D) normalized inverse Richardson number. All the results were vertically and temporally averaged from 2003 to 2012.



The high values of divergence (Figure 2C) and inverse Richardson number (Figure 2D) showed similar streaks on the continental slope, while the former also existed in the lee area of the Tokara Islands. The divergence is closely associated with the submesoscale motions (Rocha et al., 2016b). In frontal areas, it indicates a secondary circulation comprising of up- and downwelling forced by deformations of the flow (McWilliams, 2016). It is found from the plane distribution that the relative vorticity on the continental slope is positively skewed (Figure 2A). The inverse Richardson number represents the ratio of vertical shear to buoyancy. A high value indicates that the flow was also vertically sheared, which indicates sufficient kinetic energy to break the potential balance. High-wavenumber internal waves can provide such vertical shear (Rainville and Pinkel, 2004). A high inverse Richardson number was also suggested to broaden the symmetric instability regime and cause positive skewness of the relative vorticity (Buckingham et al., 2016).

The skewness of relative vorticity (hereafter, skewness) is also a typical footprint of the submesoscale dynamics (Buckingham et al., 2016; Rocha et al., 2016a) and often arises along with a high Rossby number. This indicates asymmetry or an imbalance between positive and negative relative vorticity, which is commonly exhibited in small structures (e.g., filaments). Statistical results are presented in the probability distribution density domain of vorticity vs. strain rate (Figure 3). On the continental slope, the basic distribution (Figure 3A) showed apparent leaning to one side; the overall skewness was 0.83. For layers 0–200 m, 200–400 m, and deeper than 400 m (Figures 3B–D), the values were 0.67, 1.20, and 0.26, respectively. The maximum value at the intermediate depths indicates that it may be associated with mixed-layer instability. For the entire lee area (Figures 3E–H), the distribution was stretched to both sides, and the corresponding skewness was 0.20, 0.28, −0.10, and 0.21, respectively. Although the values were much weaker than those on the continental slope, it should be noted that the skewness is actually bi-directional. Each channel between islands, capes, and seamounts was either strongly positively or negatively skewed (Figure 2A). Thus, regional results counteracted alternately spread refined structures with reverse-sign vorticities.




Figure 3 | Statistics for the joint probability density distribution of strain rate vs. relative vorticity of different layers from 2003 to 2012. The domain was classified using a bin size of 0.01, and the values were normalized by the sum of each layer. Two diagonal dashed lines corresponded to ε=±ζ. The left (A–D) and right (E, F) panels correspond to the continental slope area for the Kuroshio before turning directly to the strait and lee area of the Tokara Strait for the Kuroshio after flowing through the Tokara Islands, respectively.



The Rossby number exceeded ±3 for extreme values, meanwhile, showing alignment with the reference lines of ε=±ζ (Figure 3). This indicated that the fluid was not purely rotational like a rigid body but was deformed simultaneously when rotating, which implied shear flow motions in the submesoscale fronts (Shcherbina et al., 2013). On the continental slope (Figures 3A–D), cyclonic motions reflected such natures intensely, but anticyclonic motions did not, similar to mesoscale eddies or advection motions. While it is distinct in the lee area (Figures 3E–H), both cyclonic and anticyclonic motions were strongly connected with the strain rate and could reach larger extreme values. This was also consistent with the spectral analysis results (Figures 1F, G).

The spatial distributions of skewness and standard deviation (Figure 4) further suggested that salient topographic features were largely responsible for the generation of submesoscale features. Before flowing through the Tokara Islands, high skewness and standard deviation values in the Kuroshio formed a long strip along the slope. The Tokara Islands functioned as sieves, filtering out multiple smaller structures corresponding to mesh sizes and improved their ratios to be more dynamically active, as well as enhancing biochemistry processes through turbulent mixing (Hasegawa et al., 2021). This may be because the narrowing of the water passages decreased the potential and increased kinetic energy (Bernoulli’s principle for incompressible fluid), which was injected into the submesoscale regimes. Strong variability arose, except in the aforementioned continental slope, the lee area of the TkS, and the vicinity around the Ryukyu Islands, even around a very small and inconspicuous island at ~131.2°E in the Pacific, which merits future investigation and is not discussed here.




Figure 4 | Depth-averaged (A) skewness and (B) standard deviation of Rossby number during 2003–2012.






4 Variabilities

Although the long-term temporal average may have dampened or smoothened some extremely high values associated with transient processes, the submesoscale characteristics were prominent and manifested in the climatological results (Section 3) for the Kuroshio region. This may be because the contribution factors, the topographic features, and the Kuroshio, were long-lasting and served as an incessant energy source. Based on the mean state, variabilities of the Kuroshio were exhibited due to intrinsic or extrinsic factors (Nakamura et al., 2008; Nakamura et al., 2016) and were naturally supposed to induce corresponding variations in submesoscale dynamics if they were coupled. In addition to the dynamical driving forces, background conditions (such as stratification) can also contribute to the generation of submesoscale (Zhang et al., 2020). In this section, the relevant variabilities are investigated.


4.1 Seasonality

The spatial pattern (Figure 2) indicates that steep topography contributed to a high Rossby number, which was highly related to the strong strain rate (Figure 3), implying submesoscale characteristics. Quantitatively, the correlation coefficients between Rossby number and strain rate throughout the whole period had average values of 0.58 in the continental slope and 0.57 in the lee area of the TkS, suggesting a long-lasting mechanism in which the submesoscale largely originated from the topographic strain rate. Moreover, the former (Figure 5A) exhibited clear dominant interannual or seasonal signals with valley and peak values in summer and winter, respectively, and was positively correlated with the seasonal variations in mixed-layer depth but with marginal phase lags (Figure 5A). That is, when the mixed layer became deeper in winter, the submesoscale was easier to be produced by the strain. In summer, stronger solar heat radiation results in a larger temperature gradient, stronger stratification, and shallower mixed-layer depth, reflecting higher mixed-layer stability and more stored gravitational potential energy. Conversely, the vertical water column became weakly stratified in winter, deepening the mixed layer, enabling instabilities to develop more fully, and releasing more kinetic energy. This modulation depended on atmospheric forcing and was reported to elevate mesoscale and submesoscale kinetic energy levels twofold in the North Pacific (Sasaki et al., 2014).




Figure 5 | (A) Time series of the spatial correlation coefficient between Rossby number and strain rate (cyan lines) on the continental slope, and (B) those in the lee area of the Tokara Strait. Time series of mixed-layer depth (purple lines) in the continental slope, defined as the depth with the strongest stratification, were superimposed in (A). The thin lines in lighter colors indicated daily results, while the thick lines in deeper colors were semimonthly smoothed. Frequency spectra of (C) spatial correlation time series in (A), (D) mixed-layer depth time series in (A), and (E) spatial correlation time series in (B). The dashed lines represented a 95% significance level estimated by the red noise spectrum. Major spectral peaks were marked by corresponding periods above.



However, in the lee area of the TkS, the seasonal cycle of correlation could not be visually discerned (Figure 5B), although the mixed layer here was also seasonally modulated (not shown). This distinction signified the possibility that instabilities in the mixed layer were less important in affecting topographic strain-induced production in the submesoscale. This may be because the long-persisting flow–topography interactions, contributing to almost a two-order elevation of turbulent mixing (Tsutsumi et al., 2017; Nagai et al., 2021), were much stronger than other areas (e.g., Figure 2B) and more effective than other instabilities.

The period of this seasonality was ~374.97 days (Figure 5E), which was dominant on the continental slope (Figure 5C) and weaker in the lee area of the TkS (Figure 5D). In particular, spectral peaks with tidal periods of ~14.76 and ~27.54 days were noticeable, although tidal constituents were filtered out from the model data. This implies that the consequent effects associated with tidal processes were not ephemeral and were retained in the background conditions. The tides may have generated IGWs or internal-wave continuum, whose overlap in submesoscale ranges and corresponding influence were still exhibited after detiding. More detailed mechanisms should be investigated in the future. In addition, weak intraseasonal periods of ~46.34 and ~114.52 days in the TkS may be related to background current field variabilities, the Kuroshio meander, which included similar periods (Nakamura et al., 2006). Meander occurrence meant that the current velocity cores of the Kuroshio had shifted (Liu et al., 2019), causing intensity variation of flow–topography interaction, a pathway of submesoscale arising in the presence of massive topographic features (see Section 3).

Daily kinetic energy wavenumber spectra along the Kuroshio axis and the corresponding spectral slopes (Figure 6C), reflecting the governed power laws of fluid mechanics and potential energy cascades, were obtained to gain more insights into the variabilities of submesoscale dynamics. These values (Figure 6C) varied over a relatively wide range. A conspicuous and nonstationary separatrix at a depth of ~150 m divided the two regimes with distinct dynamics, showing a dynamic transition and depth dependence. The upper layers above ~150 m showed steeper slopes around −3, which implies dominant quasi-geostrophic dynamics (e.g., Wang et al., 2010; Rocha et al., 2016a). The steeper spectral slopes, which are approximately confined to this depth range at most times, fluctuated temporally with the amplitude increase/decrease and upward/downward penetration. A depth of 150 m was close to the lower limit of the mixed layer (Figure 5A). These suggest that the dynamics of the upper layers may also be influenced by mixed-layer instabilities. For layers below ~150 m, the slopes were flatter around −2 and had a relatively smaller variation. Slope variation implies that kinetic energy was redistributed across scales, changing the submesoscale energy content. Correspondingly, the spectra for the two regimes were equal at scales between 100 and 1,000 km but presented observable differences at submesoscale ranges smaller than 100 km (Figure 6A). The submesoscale energy level of the lower layers elevated, and the spectra became flattened.




Figure 6 | (A) Kinetic energy wavenumber spectra along the Kuroshio axis, averaged between 2003 and 2012. Spectra of layers above (pink) and below (green) 150 m were separately vertically averaged. Power laws of k−5/3, k−2, and k−3 were presented by gray dashed lines. (B) Frequency spectra of linearly fitted slopes of wavenumber spectra for scales larger than 20 km (~10−1.3 cpkm). They were calculated for each layer and separately averaged above (pink) and below (green) 150 m. Colored dashed lines were at the 95% significance level estimated by the red noise spectrum. (C) Time series of linearly fitted slopes of wavenumber spectra. Some typical spectral peaks were marked by corresponding periods. (D–F) Same as (A–C), respectively, but for sections across the Kuroshio in the Tokara Strait (Figure 1C) and were not averaged separately for the upper and lower layers. The (F) had a shallower depth range than the (C) because the data sampling was not continuous after being influenced by underwater seamounts in the strait.



Temporally, periods of the slopes were more diversified (Figure 6B) than those of the spatial correlation between Rossby number and strain rate (Figures 5C, E). Variation in the slopes indicated redistribution of kinetic energy across scales and can be classified as and traced back to the effects of the tide (14.76 and 27.54 days), the Kuroshio path meander (30–220 days), and seasonality (>300 days). The last two were incompletely equivalent to the previous estimates (Figures 5C, E), possibly because the detailed processes were more complex and not only strain-induced. The spectral amplitudes of the upper layers were (Figure 6B) stronger than those of the lower layers, consistent with larger variations in the slopes.

The averaged kinetic energy spectra across the Kuroshio in the TkS (Figure 6D) became flattened, almost obeying the −5/3 law (Callies and Ferrari, 2013), and showed energy injection at the submesoscale, which was probably topography-induced (as discussed in Section 3.2). The flatter spectral slopes (Figure 6F), which present a smaller amplitude range, were also not stabilized. The corresponding temporal variabilities (Figure 6E) were plentiful and fell into the abovementioned three categorized contribution factors, among which tidal variabilities were fixed while the Kuroshio meander and seasonality had regional differences.

In general, it was found that the governing dynamics of kinetic energy, which vary temporally and spatially, should not be interpreted solely by a single turbulence theory. The combined works of multiple processes can result in remarkable changes in the dynamical regime, most of which may be submesoscale.



4.2 Kuroshio oscillation effect

As discussed, some intra-annual signals of multi-scale kinetic energy dynamics are probably related to the modulation of variabilities of the Kuroshio. The analytical results of the frequency spectrum had well-extracted footprints of the Kuroshio (Figure 7B). The strongest spectral energy is just along the Kuroshio path, indicating a large derivation from the Kuroshio variabilities, which are dynamically dominant. Notably, the energy path in the ECS was approximately divided into two streaks, distributed on both sides of the climatological mean Kuroshio axis. This feature was previously less focused and surmised to be the result of the Kuroshio path meander, which occurs when the Kuroshio axis oscillated and shifts bilaterally. An energetic area at ~26°N, ~125.5°E may be related to frequent eddy activity arising from the Pacific (Andres et al., 2008) when lacking blockage of the Ryukyu Islands. The periods (Figure 7A) of the Kuroshio variability in the ECS showed regional differences but were basically consistent with the above estimations.




Figure 7 | (A) Periods (unit: day) of the strongest frequency spectral amplitudes above the 95% significance level. (B) The corresponding strongest frequency spectral amplitudes (unit: m2/s2) above the 95% significance level. The spectra were calculated for the current velocity field during 2003–2012 and vertically averaged. Black thick lines represented the mean Kuroshio axis during 2003–2012.



The occurrence of the Kuroshio path meander can be further traced back to the dimensional growth of eddies downstream along the continental slope, generated in fronts due to baroclinic instabilities (Nakamura, 2005). Eddies with increasing spatial sizes would become an obstruction and force the Kuroshio to deviate from the original path. Following this, the eddies generated on both sides of the Kuroshio axis and the corresponding evolution features could be used as metrics to evaluate the oscillation of the Kuroshio. Eddy statistics were detected on both sides of the Kuroshio mean axis along the Kuroshio flow direction. In the process of downstream propagation, the eddy group on the right side of the Kuroshio axis exhibited a dying trend with a gradual reduction in radii and was mainly located south of 29°N (Figure 8B). Conversely, the eddy group on the left side of the Kuroshio grew and reached maturity between 30°N and 32°N (Figure 8A), which is also the most active region of the Kuroshio path meander in the west of the TkS (Nakamura, 2005). This was consistent with previous knowledge that eddies attained full sizes in the west of the TkS and forced a transition of the Kuroshio in the TkS from a north path state to a south path state, which then triggered the path meander (Nakamura et al., 2003; Nakamura, 2005). These indicate that the left-side eddies represented the variability of the Kuroshio path meander. Temporally, the left-side eddy group had similar periods (Figure 8C) to those of the power laws, which are supposed to be caused by the Kuroshio path meander (Figures 6B, E), while the right-side eddy group exhibited a seasonal signal (Figure 8D). Therefore, more evidence suggests that large-scale circulation oscillation triggered by eddy activities would affect the submesoscale dynamics.




Figure 8 | The probability density distribution of horizontal radii for eddies is classified into two groups: one on the (A) left and another on the (B) right sides of the mean Kuroshio axis along the flow direction. The cyan and orange lines were linearly fitted trends of eddy radiuses for latitudes. Only those eddies with northeastward propagation were retained. The others were removed. Frequency spectra for existing numbers of eddies on the (C) left and (D) right sides of the mean Kuroshio axis along the flow direction. Dashed lines were 95% significance levels estimated by the red noise spectra. Typical spectral period ranges were marked using purple and pink shading, which represented ~109–224 days (i.e., ~10−2.35–10−2.04 cpd) in (C) and ~275–478 days (i.e., ~10−2.68–10−2.44 cpd) in (D), respectively.






5 Conclusions

High-resolution numerical simulations revealed that the large-scale western boundary current in the ECS, the Kuroshio, was also a reservoir of remarkably elevated submesoscale energy. The submesoscale footprints arose with extraordinarily high Rossby numbers in a line or streak pattern, mainly along the continental slope and downstream of the islands in the TkS, which were both salient in steep topographical features. The topographic-induced strain rate contributed significantly to the production of the submesoscale. This resulted in a positively skewed distribution of the Rossby number on the continental slope but a strongly bidirectional skewness in the lee area of the TkS. Amid the effects of multiple processes, including internal tides, mixed-layer instabilities, and the Kuroshio path meander, temporal variabilities in submesoscale dynamics arose. The last one was evaluated using eddy activities, which further pointed out a closely connected system among different dynamical processes across scales. These results provided a basic pattern and discussed hotspots of submesoscale and corresponding multi-scale interactions in the ECS, which have implications for future studies and field observation setups.

The real conditions are more complex; therefore, open questions remain to be addressed, such as the evaluation of wind in the ECS in generating submesoscale turbulence. Moreover, it appears to be a complete chain in which eddies can trigger the Kuroshio path meander, which then induces variabilities at the submesoscale. However, the fluctuating Kuroshio changed the background conditions related to baroclinic instabilities, which are grounds for eddy generation. In addition, submesoscale processes affect the intensity of fronts, which may also affect the frontal eddy in turn. The detailed mechanisms and precise contribution ratios remain unknown.
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The Kuroshio Current flows northeastward along the East China Sea (ECS) shelf break, carrying a large amount of nutrients, and is thus an important source of nutrients for the ECS. The mainstream and transport of the Kuroshio Current are significantly affected by mesoscale eddies. However, the influence of mesoscale eddies on the Kuroshio nutrient input into the ECS is unknown. We add constructed cyclonic and anticyclonic eddies to a hydrodynamic model to explore the influence of mesoscale eddies on cross-shelf Kuroshio phosphate input into the ECS. This model suitably reproduces the fate of mesoscale eddies and the variation in the Kuroshio Current during eddy-current interactions. The simulation results reveal that during the strong interaction between the Kuroshio Current and mesoscale eddy east of Taiwan, the cyclonic eddy reduces the on-shelf phosphate flux, while the anticyclonic eddy increases the Kuroshio phosphate input to the ECS. When the anticyclonic eddy moves to the Okinawa Trough, it reduces the Kuroshio phosphate input into the ECS.These basic features are not sensitive to the initial latitude of the eddy center east of Taiwan. The change in cross-shelf phosphate flux is caused by the changes in cross-shelf velocity and phosphate concentration along the shelf. Momentum balance analyses suggest that the change in cross-shelf velocity is mainly caused by the change in the pressure gradient term due to eddy-induced changes in sea surface height in the horizontal direction and isotherm tilting in the vertical direction. The advection-diffusion equation analysis shows that the change in phosphate concentration along the shelf is attributed to changes in the upper horizontal advection and lower vertical advection of phosphate, which are induced by the upper phosphate change and vertical velocity change along the shelf, respectively. This study has important implications for the possible response of the ECS ecosystem to mesoscale eddies that are partly triggered by enhanced typhoons east of Taiwan under global warming.
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1 Introduction

The Kuroshio Current is an important western boundary current among the global oceans that originates from the northern branch of the North Equatorial Countercurrent and flows northeast along the eastern coast of Taiwan. It collides with the zonal continental slope northeast of Taiwan and quickly deflects eastward. Then, it moves northeastward mainly along the East China Sea (ECS) continental shelf and finally flows eastward into the Pacific Ocean through the Tokara Strait (Nitani, 1972). Along its path, the Kuroshio Current strongly interacts with the Chinese continental marginal seas. It has been revealed that both the Kuroshio surface and subsurface water can intrude into the South China Sea and ECS, which significantly affecting the dynamic characteristics in these marginal seas (e.g., Yang et al., 2012; Lian et al., 2016; Wu et al., 2017; Chen et al., 2020; Liu et al., 2021; Wu et al., 2021; Chang et al., 2022).

The water mass transport provides an important passageway for material and energy exchange in the world ocean (e.g., Dodd et al., 2009; Puerta et al., 2020; Lao et al., 2022). Therefore, the Kuroshio intrusion not only inputs a large amount of water but also inputs many oceanic biochemical substances into the ECS (Chen et al., 1994; Xu et al., 2020; Xu et al., 2021). The nutrients carried by the Kuroshio intrusion have become an important source of nutrients to the ECS continental shelf (Chen, 1996). Observations have revealed that the nutrient concentration of the Kuroshio surface water is relatively low, while that of the Kuroshio subsurface water is relatively high (Chen et al., 1995; Zhang et al., 2007; Chen, 2009). Along the 200 m isobaths, the Kuroshio subsurface water continues upwelling, providing a large amount of nutrients to the ECS continental shelf. Regardless of whether in summer or winter, the Kuroshio Current inputs more nutrients onto the ECS continental shelf than the river input, especially of phosphate, which far exceeds the input of the Yangtze River and Yellow River (Chen and Wang, 1999; Zhang et al., 2007). Northeast Taiwan and southwest Kyushu are two main areas of Kuroshio nutrient input into the ECS (Zhao & Guo, 2011). Liu et al. (2000) found that nutrient inputs from the Kuroshio intrusion northeast of Taiwan alone are significantly greater than those from rivers. Meanwhile, the phosphate transported by the intrusion of the Kuroshio Current is found to be the main nutrient controlling algal blooms in the Zhejiang coastal area on the ECS continental shelf (Yang et al., 2013; Zhou et al., 2019; Xu et al., 2020).

Changes in the Kuroshio Current and Kuroshio intrusion have also been extensively studied and found to be closely related to the multi-scale motions and variations in ocean interior, such as, ENSO, PTO, PDO, and mesoscale eddies (e.g., Hsin et al., 2013; Soeyanto et al., 2014; Wang and Oey, 2014; Wu et al., 2014; Zheng et al., 2019). The subtropical frontal area is one of the areas with large eddy kinetic energy in the North Pacific Ocean (Liu et al., 2012; Chow et al., 2017; Yang et al., 2017). Due to barotropic and baroclinic instabilities in the North Pacific Subtropical Countercurrent, large numbers of mesoscale eddies form and then move westward under the effect of planet vorticity gradient (Gill et al., 1974; Qiu, 1999; Sutyrin et al., 2003; Chelton et al., 2011). Some of these eddies reach the western boundary of the North Pacific Ocean and interact with the western boundary current – the Kuroshio Current mainly around the Luzon Strait and east of Taiwan (Lee et al., 2013; Cheng et al., 2017). If the radius of the mesoscale eddy is larger than 150 km, it significantly alters the Kuroshio Current (Zheng et al., 2011). Mesoscale eddies can influence the volume transport of the Kuroshio Current east of Taiwan by altering the difference in sea surface height in addition to the Kuroshio Current, changing the slope of the pycnocline, and causing water convergence and divergence (Lien et al., 2014; Chang et al., 2015; Tsai et al., 2015; Yan et al., 2016). The westward mesoscale eddy is also an important factor affecting the path of the Kuroshio Current (Waseda, 2002; Miyazawa et al., 2004; Hsu et al., 2016). When interacting with mesoscale eddies, the Kuroshio Current changes frequently in the form of cutting-off, meandering or branching in the Luzon Strait and migrates eastward east of Taiwan (Hsu et al., 2016; Zheng et al., 2019).

Meanwhile, these eddies can alter the intrusion of the Kuroshio Current into the ECS (Yin et al., 2014; Wu et al., 2017; Yin et al., 2017). On the one hand, mesoscale eddies change the intrusion intensity of the Kuroshio by changing its incidence angle (Vélez-Belchí et al., 2013). On the other hand, mesoscale eddies can adjust the volume transport of the Kuroshio and then change its cross-shelf intrusion into the ECS (Lien et al., 2014; Liu et al., 2014). Previous studies have shown that weakened cyclonic eddies moved the Kuroshio offshore northeast of Taiwan and weakened its intrusion in northeast Taiwan to the ECS. However, enhanced cyclonic eddies weakened the volume transport of the Kuroshio and made it migrate shoreward, strengthening its intrusion into the ECS northeast of Taiwan (Wu et al., 2017). In addition, cyclonic eddies bring positive vorticity fluxes and adjust the local vertical stratification, which reduces the restriction of the potential vorticity gradient across the continental shelf and the land slope on the upper layer flow and is conducive to the intrusion of the Kuroshio Current northeast of Taiwan. Anticyclone eddies have the reverse effects (Yin et al., 2017).

Although previous studies have revealed that the nutrient input, especially the phosphate input, from the Kuroshio Current is rather important to the ECS and that the westward mesoscale eddy can exert a significant impact on the Kuroshio Current and its intrusion into the ECS, studies on the influence of mesoscale eddies on the cross-shelf transport of Kuroshio nutrients are still rare. Due to the unpredictability of mesoscale eddies and sparse field observations, an ideal eddy constructed based on the statistical features of eddies has been used to study the influence of mesoscale eddies on the global oceans (Yang et al., 2017; Geng et al., 2018). Therefore, this study aims to explore the influence of mesoscale eddies on the cross-shelf transport of phosphate to the ECS continental shelf via the Kuroshio Current and reveal the possible underlying mechanisms based on a numerical model with constructed eddies.



2 Methods


2.1 Numerical model

The regional ocean model used in this study was developed by 2012; Yang et al. (2011) based on the Regional Ocean Model System (ROMS; Shchepetkin & McWilliams, 2005). The model domain extends from 116°E to 136°E and from 21°N to 41°N, covering parts of the northwest Pacific Ocean and the entire ECS (Figure 1). The model is eddy-resolved with a horizontal resolution of 1/12° and is vertically divided into 26 layers in terrain‐following coordinates. It is forced by climatological monthly wind stress, heat flux, and freshwater flux extracted from the Comprehensive Ocean‐Atmosphere Data Set (COADS) (Diaz et al., 2002) and 10 tidal constituents extracted from the TOPEX/Poseidon global tidal model (TPXO7) (Egbert and Erofeeva, 2002). The initial and open boundary conditions, including temperature, salinity, velocity, and sea surface height, are derived from the outputs of a larger-domain model developed by Yang et al. (2011). The Changjiang River is also included in the coastal boundary with monthly discharge data obtained from Liu et al. (2002). See Yang et al. (2011); Yang et al. (2012) for more details on the model configuration. This model is well validated by comparisons with various data from field observations, satellite observations, and previous works and is successfully used to study the biogeochemical processes on the ECS continental shelf (Yang et al., 2011; Yang et al., 2012; Xu et al., 2018; Xu et al., 2020; Xu et al., 2021).




Figure 1 | The domain of the numerical model. The gray lines are the 50 m, 100 m, 200 m, and 500 m isobaths. The 200 m isobaths along the ECS continental shelf are highlighted in red lines. The blue arrows indicate the Kuroshio Current and Kuroshio branch current (KBC).





2.2 Construction of the mesoscale eddy

Satellite observations and Argo float data reveal that oceanic mesoscale eddies have a universal spatial structure with a Gaussian-type profile (Chen et al., 2010; Zhang et al., 2013). Based on this discovery, a series of idealized mesoscale eddies are constructed and added to the background flow field to study eddy-mean flow interactions (e.g., Kuo and Chern, 2011; Yang et al., 2017; Geng et al., 2018; Yang et al., 2019).

To diagnose the influence of mesoscale eddies on nutrient transport from the Kuroshio Current to the ECS, we construct a pair of ideal cyclone and anticyclone eddies with Gaussian-type profiles based on previous studies (Itoh and Sugimoto, 2001; Geng et al., 2018). First, the three-dimensional temperature structure of the eddy is calculated by an equation considering the depth z and the distance r from the eddy center (x0,y0):

 

where ΔTmax, h0, and r0 denote the eddy’s maximum temperature anomaly, thickness, and radius, respectively, obtained from the statistical characteristics. Then, the density distribution is calculated by the linear state equation (Jackett and Mcdougall, 1995). Finally, the sea surface height and three-dimensional horizontal velocity of eddies are calculated according to the pressure distribution and geostrophic relationship. According to the statistics of mesoscale eddies east of Taiwan (Yan et al., 2016; Yin et al., 2017), the centers of cyclonic and anticyclonic eddies are established as 22.5°N, 124°E and 22.9°N, 124°E, respectively, and ΔTmax, h0, and r0 are set to -7°C (7°C), 150 m, and 80 km, respectively, for cyclonic (anticyclonic) eddy. Figure 2 presents the distributions of the temperature and density anomalies along the section across the eddy center and the sea surface height and surface current anomalies in the eddy. The temperature anomaly is greatest at a depth of 150 m in the eddy center and decreases with increasing distance from the maximum center in both cyclonic and anticyclonic eddies (Figures 2A, C). Accordingly, the positive density anomaly appears in the cyclonic eddy and the negative density anomaly appears in the anticyclonic eddy. The maximum sea surface height anomaly is also located in the eddy center and decreases as the distance r from the eddy center (x0,y0) increases (Figures 2B, D). The surface currents tangent to the sea surface height contour exhibits counterclockwise and clockwise structures in cyclonic and anticyclonic eddies, respectively.




Figure 2 | The (A, C) temperature (°C) and density (kg/m3) profiles, (B, D) sea surface height (m) and surface current of constructed Gaussian-type (upper panel) cyclonic and (lower panel) anticyclonic eddies.





2.3 Numerical experiments

To study the influence of mesoscale eddies, three experiments are designed (Table 1). The Ctrl experiment is configured as described in section 2.1. The model spin-up runs for 19 years. Then, monthly average phosphate obtained from WOA18 is supplied in the southern open boundary from the surface to the bottom as a passive tracer for another 4 years to obtain a relatively stable distribution in the model domain. As phytoplankton blooms in the ECS occur frequently in spring (Zhou et al., 2003; Liu et al., 2010; Yu et al., 2018), the model output on May 1st of the 24th year is selected as the initial field of the Ctrl experiment. In eddy experiments, the temperature, sea surface height, and current field anomalies of the constructed cyclonic and anticyclonic eddies are added to the initial field of the control run as the initial fields of the CE and AE experiments, respectively. As shown in Figure 3, there is an obvious low (high) sea surface height and a counterclockwise (clockwise) flow around the eddy center in the initial field of the CE (AE) experiment. Except for the initial field, the settings of the eddy experiments are the same as those of the Ctrl experiment. All experiments are run for two months with phosphate distributed in the initial fields and supplied in the southern open boundary. Moreover, to quantify the cross-shelf exchange, we divide the 200 m isobaths equally along the ECS continental shelf (Figures 1 and Figure 3) and interpolate daily simulation results to the isobaths with a vertical interval of 5 m.


Table 1 | Description of numerical experiments on the influence of mesoscale eddies.






Figure 3 | The initial sea surface heights (m) and surface current fields in the (A) CE and (B) AE experiments. The dashed red lines represent the 200 m isobaths along the ECS continental shelf, which are thickened with solid lines northeast of Taiwan. The red stars indicate the initial location of the eddy center.






3 Results


3.1 Influence of mesoscale eddies on the Kuroshio Current

Under climatological conditions, the Kuroshio Current flows northeastward along Taiwan Island with a relatively straight mainstream (Figures 4A, D). Then, it deflects eastward in northeastern Taiwan due to the deflection of the ECS continental shelf. Along the edge of the ECS continental shelf, the Kuroshio Current can cross the 200 m isobaths in some areas and intrude into the ECS. The surface Kuroshio intrusion is significant in northeastern Taiwan as a Kuroshio branch current. After mesoscale eddies are added east of Taiwan at t=0 day, they propagate westward and interact with the Kuroshio Current (Figures 3 and 4B-F). Both cyclonic and anticyclonic eddies strongly interact with the Kuroshio Current east of Taiwan on approximately the 30th day (t=30 days) (Figures 4B, C). Then, the cyclonic eddy decays and halts east of Taiwan on the 37th day (t=37 days) (Figure 4E). The anticyclonic eddy intensifies and moves into the Okinawa Trough with the Kuroshio Current on the 37th day (Figure 4F). When the cyclonic eddy approaches east of Taiwan on the 30th day, the mainstream of the Kuroshio Current migrates eastward east of Taiwan and westward northeast of Taiwan, resulting in weakened transport east of Taiwan and westward onshore movement of the Kuroshio branch current (Figure 4B). When the anticyclonic eddy approaches, the mainstream of the Kuroshio Current moves westward east of Taiwan but moves eastward northeast of Taiwan, resulting in enhanced Kuroshio transport east of Taiwan and eastward offshore movement of the Kuroshio branch current northeast of Taiwan (Figure 4C). As for the evolution and movement of mesoscale eddies, the mainstream of the Kuroshio Current on the 37th day has similar but weaker variations than on the 30th day under the influence of cyclonic eddies, as does the Kuroshio branch current (Figure 4E). However, under the influence of anticyclonic eddies, both the mainstream and the branch current of the Kuroshio Current strengthen on the 37th day and move farther offshore northeast of Taiwan than on the 30th day (Figure 4F).




Figure 4 | The sea surface height (m) and surface current fields in the (A, D) Ctrl, (B, E) CE, and (C, F) AE experiments at t=30 days and t=37 days. The dashed and solid red lines indicate the 200 m isobaths and the tracks of eddies, respectively. The red stars indicate the location of the eddy center.



These results indicate that the numerical model successfully reproduces the westward propagation of the mesoscale eddy and its interaction with the Kuroshio Current that are reported in previous studies. Both the modeling results in this work and observations from previous studies find that during eddy-current interactions, cyclonic eddies decay and anticyclonic eddies are enhanced (Chern and Wang, 2005; Kuo and Chern, 2011; Kuo et al., 2017). The Kuroshio transport east of Taiwan decreases during the cyclonic eddy-Kuroshio Current interaction, while it increases during the anticyclonic eddy-Kuroshio Current (e.g., Zhang et al., 2001; Lee et al., 2013; Chang et al., 2015). The Kuroshio mainstream east of Taiwan migrates eastward under the influence of cyclonic eddies (Hsu et al., 2016). However, the Kuroshio mainstream northeast of Taiwan migrates westward onshore under the influence of cyclonic eddies and migrates eastward offshore under the influence of anticyclonic eddies (Wu et al., 2017). The reproduced variation in the surface Kuroshio branch current northeast of Taiwan is also in good agreement with the results in Wu et al. (2017). Combined with the verification of the numerical model in our previous study (e.g., Yang et al., 2011; Yang et al., 2012; Xu et al., 2018; Xu et al., 2020; Xu et al., 2021), these results show that it is feasible and effective to construct an ideal eddy to study the influence of mesoscale eddies east of Taiwan on the Kuroshio Current and its transport onto the ECS continental shelf.



3.2 Influence of mesoscale eddies on cross-shelf flux

Along the 200 m isobaths, the Kuroshio Current mainly intrudes into the ECS northeast of Taiwan. Therefore, the vertical average water flux is significant in the western part of the isobaths in the on-shelf direction and is statistically insignificant elsewhere with alternate on-shelf and off-shelf directions and changes slightly over time (Figure 5A). The pattern of vertical average phosphate flux is similar to that of the water flux across the 200 m isobaths under climatological conditions (Figure 5B). Under the influence of mesoscale eddies, the vertical average water and phosphate fluxes change with time and space (Figures 5B, C and E-F). The influence of mesoscale eddies on the cross-shelf fluxes is small before t=20 days. Then, during the whole simulation period from t=20 days to t=60 days, the influence of cyclonic eddies on vertically averaged water and phosphate fluxes mainly occurs west of 124°E (Figures 5B, E). However, the influence region of the anticyclonic eddy moves eastward over time (Figures 5C, F). From t=20 days to t=34 days, the influence region of the anticyclonic eddy is concentrated west of 124°E. When t=40 days, the influence region extends to 125.5°E. After t=46 days, the influence region of the anticyclonic eddy moves to the east of 124.5°E with very little influence on the region west of 124°E.




Figure 5 | Vertical average (left panels) water (m2/s) and (right panels) phosphate (kg/ms) fluxes along the 200 m isobaths from t=1 day to t=60 days in the (A, D) Ctrl experiment, and their variations under the effect of (B, E) cyclonic and (C, F) anticyclonic eddies. In Figures (A, D) the positive value indicates the onshore flux onto the ECS continental shelf, while the negative value indicates the offshore flux to the open ocean.



Since the cross-shelf flux mainly occurs in the region west of 124°E northeast of Taiwan, we average the simulation results along the entire volume of 200m isobaths west of 124°E and obtain the volume-averaged velocity and cross-shelf flux. The time series of eddy-induced variations in the volume-averaged cross-shelf phosphate flux and velocity west of 124.17°E are shown in Figure 6. This figure shows that the cyclonic eddy decreases the phosphate flux onto the ECS continental shelf during its interaction with the Kuroshio Current. The decrease in phosphate flux gradually increases before t=30 days and weakens after t=30 days under the influence of cyclonic eddies (Figure 6A). However, the anticyclonic eddy first increases the phosphate flux to the continental shelf and then decreases the phosphate flux. The maximum enhancement effect occurs at t=30 days, and the maximum weakening effect occurs at t=37 days (Figure 6A). The variations in cross-shelf velocity caused by mesoscale eddies are similar to those of cross-shelf phosphate flux, but there are some differences (Figure 6B). For example, while the enhancement effect of anticyclonic eddies on the cross-shelf velocity is comparable to the weakening effect of cyclonic eddies, the enhancement effect of anticyclonic eddies on phosphate flux is less than the weakening effect of cyclonic eddies. The maximum weakening effect of cyclonic eddies on cross-shelf velocity occurs at t=28 days, and the maximum enhancement effect of anticyclonic eddies on cross-shelf velocity occurs at t=31 days, which has a phase difference from its effects on phosphate flux. Meanwhile, the anticyclonic eddy has an enhancement effect on the cross-shelf velocity but a weakening effect on the phosphate flux from t=43 days to t=48 days.




Figure 6 | Time series of differences in volume-averaged cross-shelf (A) phosphate flux and (B) velocity west of 124.17°E between the eddy experiments and control run.



As the Kuroshio Current and mesoscale eddy strongly interact east of Taiwan at approximately t=30 days (Figure 6), Figure 7 further shows the vertical profiles of the cross-shelf velocity and phosphate flux west of 124.17°E along the 200 m isobaths at t=30 days. In the control run, the cross-shelf velocity and phosphate flux to the ECS continental shelf are significant to the east of 123.0°E, with the largest positive value appearing in the surface layer (Figures 7A, D). The cross-shelf velocity and phosphate flux from 123.0°E to 124.0°E are mainly toward the open ocean. Under the influence of cyclonic eddies, the on-shelf phosphate flux increases in the narrow nearshore area and decreases from 122.25°E to 123°E. The seaward phosphate flux in the far offshore area east of 123.5°E also decreases (Figure 7E). Under the influence of anticyclonic eddies, the phosphate flux decreases in the nearshore area west of 122.5°E and increases in the offshore area east of 122.5°E (Figure 7F). The variation in the cross-shelf velocity under the influence of mesoscale eddies is slightly different from that of the cross-shelf phosphate flux (Figures 7B, C). Especially under the influence of cyclonic eddies, the cross-shelf velocity obviously increases in a wider region west of 122.3°E (Figure 7B). The simulated patterns of cross-shelf velocity variation due to mesoscale eddies are consistent with the findings in Yin et al. (2017), which further illustrates the credibility of the modeling results.




Figure 7 | The (left panel) cross-shelf velocity (m/s) and (right panel) phosphate flux (kg/ms) in the (A, D) control run, and their variations under the effect of (B, E) cyclonic and (C, F) anticyclonic eddies at t=30 days.






4 Analysis and discussion

The difference between the changes in the cross-shelf velocity and phosphate flux indicates that the eddy-induced change in the cross-shelf phosphate flux is not only controlled by the changes in the cross-shelf velocity but also affected by the changes in phosphate concentrations along the shelf. Therefore, the mechanism analysis is divided into two parts. First, we consider the dynamic mechanism of mesoscale eddies affecting the cross-shelf velocity. Second, we consider the mechanism controlling the variation in phosphate concentration along the continental shelf during the eddy-current interaction.


4.1 Dynamic mechanism driving the variation in cross-shelf velocity

The dynamic mechanism inducing the variation in cross-shelf velocity is diagnosed by the three-dimensional, along-shelf momentum balance equation:

 

Where  , and u,v,and w are zonal, meridional, and vertical velocities, respectively, f is the Coriolis parameter,p is pressure, and uH and uv represent horizontal and vertical eddy viscosity coefficients, respectively. All momentum terms are calculated instantaneously, and then the daily average results are output from the Ctrl, CE, and AE experiments. The diagnostic results during the strong interaction of the mesoscale eddy and Kuroshio Current east of Taiwan at t=30 days are analyzed.

In the Ctrl experiment, the cross-shelf velocity northeast of Taiwan is controlled by multiple processes. The contributions of the acceleration (Vaccel) and the horizontal eddy diffusion terms (Vhvisc) are negligible (Figures 8B0, F0). The contributions of the advection term (Vadv) are relatively small and show a negative effect on cross-shelf transport (Figure 8C0). The contribution of the vertical eddy viscosity term (Vvisc) is negligible in most of the sections except the near-bottom region, in which there are negative effects (Figure 8E0). The along-shelf pressure gradient term (Vprsgrd) provides a dominant contribution to the cross-shelf velocity (Figure 8D0). Figures 8A1-F1 and A2-F2 show the difference in each term between the CE and Ctrl experiments and between the AE and Ctrl experiments, respectively. The results show that the effects of cyclonic eddies and anticyclonic eddies on cross-shelf velocity are different (Figures 8A1, A2). Under the influence of cyclonic eddies, the along-shelf pressure gradient term (Vprsgrd) increases west of 122.3°E and decreases from 122.3°E to 123.7°E, which contributes the most to the change in cross-shelf velocity (Figures 8A1, D1). The advection term (Vadv) in the upper layer west of 122.3°E is also significantly changed by the cyclonic eddy and positively contributes to the increase in velocity (Figure 8C1). The increase in the vertical eddy viscosity term (Vvvisc) at the bottom of the nearshore area somewhat cancels the decrease in the advection term in the nearshore area (Figures 8C1-E1). Under the influence of anticyclonic eddies, the change in cross-shelf velocity is also mainly attributed to the change in the pressure gradient term (Vprsgrd) (Figures 8A2, D2). The change in the horizontal advection term (Vadv) shows an opposite pattern to the change in velocity (Figures 8C2). The change in the vertical eddy viscosity term (Vvvisc) at the bottom also shows a negative contribution to the increase in velocity east of 122.5°E (Figures 8E2). The eddy-induced changes in the acceleration term (Vaccel) and horizontal eddy diffusion terms (Vhvis) are also negligible (Figures 8B1, F1, B2, and F2).




Figure 8 | The cross-shelf velocity along the 200 m isobaths at t=30 days and its contributions to the cross-shelf velocity in the (A0-F0) Ctrl experiment and their variations under the effect of (A1-F1) cyclonic and (A2-F2) anticyclonic eddies (m/s). The cross-shelf velocity and contributions are the terms in momentum balance equation (2).



Therefore, the eddy-induced change in the cross-shelf geographic flow that is controlled by the along-shelf pressure gradient and the cross-shelf ageographic flow that is controlled by nonlinear advection and bottom Ekman effects together determine the change in cross-shelf velocity. The change in geographic flow has a primary positive contribution to the change in cross-shelf velocity induced by both cyclonic and anticyclonic eddies. The change in ageographic flow has a positive contribution to the change in velocity that is induced by cyclonic eddies in most of the upper layer but has a negative effect in the lower layer. However, the change in ageographic flow has a negative effect on the velocity change caused by anticyclonic eddies.

In the along-shelf momentum balance equation (2), the pressure gradient term consists of barotropic and baroclinic pressure gradient terms:  , where ρ0 and g are the reference density of sea water (1025 kg/m3) and gravitational acceleration (9.8 m/s2), respectively; n and pρ represent the sea surface height and the baroclinic pressure caused by density variations, respectively. Therefore, eddy-induced changes in the along-shelf pressure gradient term can be divided into changes in the barotropic pressure gradient and baroclinic pressure gradient terms (Figure 9). The change in barotropic pressure gradient caused by mesoscale eddies determines the east–west opposite spatial pattern of the cross-shelf velocity change (Figures 9A, B). The baroclinic pressure gradient term determines the difference in velocity change between the upper and lower layers (Figures 9C, D). During the cyclonic eddy-Kuroshio Current interaction, the zonal pressure gradient in the western part of the transect increases in the nearshore area and decreases from 122.3°E to 123.7°E due to the Kuroshio mainstream migrating shoreward (Figures 4B; Hsu et al., 2016). Due to the influence of the anticyclonic eddy, the mainstream of the Kuroshio Current moves offshore northeast of Taiwan, inducing a decreased or even reverse zonal pressure gradient in the western part of the transect but inducing a significant increase in the zonal pressure gradient in the eastern part of the transect (Figures 4C). As the surface Kuroshio Current intensifies in the AE experiment and weakens in the CE experiment (e.g., Zhang et al., 2001; Lee et al., 2013; Chang et al., 2015), the effect of anticyclonic eddies on the cross-shelf velocity is more significant than that of cyclonic eddies. The mesoscale eddy not only influences the hydrodynamic feature in the upper layer but also exerts a comparable influence in the lower layer. Under the influence of cyclonic eddies, the isotherms tilt upward in most of the upper layer and the lower layer in the eastern part of the along-shelf transect but tilt downward in the nearshore area and the lower layer of the western part (Figure 10A). Therefore, the change in baroclinic geostrophic flow weakens the on-shelf velocity in the upper layer and strengthens the on-shelf velocity in the lower layer on most of the isobath transect (Figure 9C). Under the influence of anticyclonic eddies, the isotherms tilt upward in the western part and tilt downward in the upper layer of the narrow nearshore area and eastern part, inducing a maximum density increase at 122.5°E (Figure 10B). Hence, the baroclinic geostrophic flow associated with the density induced by anticyclonic eddies strengthens the on-shelf velocity in the lower layer west of 122.5°E and in the upper layer east of 122.5°E. However, it weakens the on-shelf velocity in the upper layer of the nearshore region west of 122.5°E and in the lower layer east of 122.5°E (Figure 9D).




Figure 9 | The decomposition of the variation in the pressure gradient contribution term (m/s) along the 200 m isobaths at t=30 days under the influence of (A, C) cyclonic and (B, D) anticyclonic eddies.






Figure 10 | Difference in density (kg/m3) along the 200 m isobaths between (A) the CE and Ctrl experiments and (B) the AE and Ctrl experiments. The density contours in the Ctrl, CE, and AE experiments are labeled by black solid lines, red dashed lines, and blue dashed lines, respectively.





4.2 Dynamic mechanism driving the variation in along-shelf phosphate concentration

Due to the upwelling and mixing processes during the intrusion of the Kuroshio Current onto the ECS continental shelf, the phosphate concentration is relatively high along the 200 m isobaths west of 123°E in the Ctrl experiment (Figure 11A). Meanwhile, the phosphate concentration is higher in the lower layer than in the upper layer, which is consistent with the observations of previous studies (Chen et al., 1994; Chen et al., 1995; Xu et al., 2020). Under the influence of cyclonic eddies, the phosphate concentration decreases along the entire transect, with the largest decrease occurring in the subsurface layer (Figure 11B). The decrease in phosphate concentration west of 122.5°E is significant, resulting in a difference between the cross-shelf velocity change and phosphate flux change from 122.1°E to 122.3°E and a significant decrease in phosphate flux from 122.1°E to 122.35°E (Figures 7B, E). Under the influence of the anticyclonic eddy, the phosphate concentration increases in the whole water column west of 123.4°E and in the lower layer east of 123.4°E but decreases in the upper layer east of 123.4°E (Figure 11C). The change in phosphate concentration induced by anticyclonic eddies is relatively small, especially in the region west of 122.3°E. Thus, the phosphate flux decreases west of 122.5°E and increases east of 122.5°E, similar to the cross-shelf velocity (Figures 7C, F).




Figure 11 | The phosphate concentration (kg/m3) along the 200 m isobaths in the (A) Ctrl experiment, and their variations under the influence of (B) cyclonic and (C) anticyclonic eddies at t=30 days.



Without biochemical processes, the change in phosphate concentration is controlled by the advection-diffusion equation:

 

where Pt is the phosphate concentration; u,v, and w are the velocities in different directions that are calculated by the hydrodynamic model; KPt represents the vertical diffusivity coefficient; and DPt and SPt represent the horizontal diffusion term and the external source term, respectively. By integrating this equation, the causes of phosphate variation can be clarified. In this study, there is no external source (exsrc=0). Figure 12 presents the eddy-induced changes in the other contribution terms in equation (3) that are integrated from t=1 day to t=30. It shows that whether under the influence of cyclonic or anticyclonic eddies, the changes in the horizontal and vertical advection terms are one order of magnitude larger than those of the other terms. The variation in phosphate concentration is determined by the horizontal and vertical advection terms and slightly regulated by the horizontal diffusion terms (Figures 12A-H). The changes in the vertical diffusion term are negligible (Figures 12I, J). Under the influence of cyclonic eddies, most of the decrease in phosphate concentration is caused by significant decreases in the horizontal advection term in the upper layer and decreases in the vertical advection term in the lower layer (Figures 12A, C and E). The opposite pattern appears only in a narrow area near 122.3°E. The change in the horizontal diffusion term tends to intensify the decrease in the bottom layer (Figure 12G). Under the influence of anticyclonic eddies, except for the narrow area near 122.3°E, the changes in the upper horizontal advection term and lower vertical advection term also contribute the most to the changes in the phosphate concentration (Figures 12B, D and F). The horizontal diffusion term tends to intensify the increase in the nearshore area and the bottom layer (Figure 12H). Thus, under the influence of cyclonic and anticyclonic eddies, what are the major reasons for the changes in the upper horizontal advection term and lower vertical advection term? To answer this question, we analyze the horizontal evolution processes of the phosphate change in the surface layer and the variation in the vertical velocity along the 200 m isobaths.




Figure 12 | The variation in time-integrated contribution terms (10-6 kg/m3/s) in the diffusion equation (3) along the 200 m isobaths from t=1 day to t=30 days under the effect of (A, C, E, G and I) cyclonic and (B, D, F, H and J) anticyclonic eddies.



Figure 13 presents the changes in the surface phosphate concentration under the influence of cyclonic and anticyclonic eddies at t=1 day, 10 days, 20 days, and 30 days. The phosphate concentration decreases (increases) southwest of the cyclonic (anticyclonic) eddy center at the earliest time step (Figures 13A, B). This decrease (increase) in phosphate rapidly expands northward over time due to the northward Kuroshio Current, resulting in a decrease (increase) in phosphate concentration along the 200 m isobaths (Figures 13C-H). Based on observations and numerical simulations, previous studies have indicated mass convergence and divergence in different locations from the eddy center during their interaction with the Kuroshio Current (Kuo and Chern, 2011; Yang et al., 2013; Chang et al., 2015; Yan et al., 2016). The convergence and divergence of the water mass affect the vertical transport of materials. The consistent change in the vertical advection term (Figures S1E, F) and change trend term (Figures S1A, B) further shows that convergence and divergence during the eddy-Kuroshio interaction lead to changes in vertical advection, which then cause a change in phosphate concentration of the upper layer.




Figure 13 | The variations in surface phosphate concentration (kg/m3) under the influence of (left panels) cyclonic and (right panels) anticyclonic eddies at t=(A, B) 1 day, (C, D) 10 days, (E, F) 20 days, and (G, H) 30days. The surface current fields at different times are included. The red dashed lines indicate the 200 m isobaths. The black stars indicate the location of the eddy center.



Over the slope, the vertical velocity in the water column between the top and bottom Ekman layers can be simplified as follows (Pedlosky, 1986; Yang et al., 2018):

 

Where φ(z) is a function of the depth,   is the horizontal velocity in the ocean interior, and ∇hB  is the topography gradient. According to equation (4), the vertical velocity along the 200 m isobaths is closely related to the cross-shelf velocity. Under the influence of cyclonic (anticyclonic) eddies, the cross-shelf velocity increases (decreases) in the narrow western part of the 200 m isobaths and decreases (increases) in the wide area in the east (Figures 7B, C), which correspondingly leads to a vertical velocity decrease (increase) in the east and increase (decrease) in the wide western part (Figures S2B, C). Compared with the change in the vertical advection term in Figures 12E, F, the change in vertical velocity along the 200 m isobaths is inferred to causes the change in vertical advection, leading to the change in the phosphate concentration. In other words, under the influence of cyclonic (anticyclonic) eddies, the decrease (increase) in vertical velocity weakens (intensifies) the upwelling of deeper nutrient-rich water, leading to a decrease (increase) in the phosphate concentration of the lower layer along the 200 m isobaths.



4.3 Influence of mesoscale eddies at different initial positions east of Taiwan

It has been reported that the intensity of Kuroshio inflow is closely related with the latitude of the eddy’s center east of Taiwan (Yan et al., 2016). Therefore, eight experiments are further designed. The initial latitudes of the eddy center are 22.93°N (CE01/AE01), 22.55°N (CE02/AE02), 22.16°N (CE03/AE03), and 21.85°N (CE04/AE04), respectively. The initial longitudes of the eddy center in all eight experiments are 124°E (Figure 14A). Figures 14B and 14C show the time series of volume-averaged cross-shelf phosphate flux variations in different experiments. Under the influence of cyclonic eddies, variation in the cross-shelf phosphate flux delays with the initial position of eddies moving equatorward (Figure 14B). When the cyclonic eddy initially locates at 22.55°N, the phosphate flux decreases the most, while the maximum decreases in other experiments are comparable. Although cyclonic eddies generally reduce the cross-shelf phosphate flux, when attention is paid to variations at specific times, the southernmost eddy causes the opposite effect on cross-shelf phosphate flux compared with eddies at other initial positions at t=30 days. Therefore, it is very important to clarify the time when exploring the influence of eddies at different positions. Under the influence of anticyclonic eddies, the occurrence time of the maximum variation in phosphate flux also delays with the initial position of eddies moving equatorward (Figure 14C). Meanwhile, the intensity of the maximum variation decreases with the equatorward moving of the initial position. Above all, the cyclonic eddies still weaken the cross-shelf phosphate flux and the anticyclonic eddies still increase the cross-shelf phosphate flux during their strong interactions with the Kuroshio Current east of Taiwan. In summary, although the intensity and time of the influencing of mesoscale eddies on the cross-shelf phosphate flux varies with initial latitude of eddy center, the essential characteristics of their influence on the cross-shelf phosphate flux is consistent.




Figure 14 | The (A) initial location of eddies for different experiments and (B, C) time series of differences in volume-averaged cross-shelf phosphate flux west of 124.17°E between the eddy experiments and control run.



It is worth noting that the above experiments and analyses consider only physical processes, in effort to elucidate the influence of mesoscale eddies on the phosphate transport across the continental shelf and its underlying mechanism from a dynamic perspective. However, in the real ocean, the distribution of nutrients is also affected by biochemical processes, which are complex and cannot be ignored. For example, the increased phosphate concentration induced by the anticyclonic eddy can feed more phytoplankton, which may in turn lead to a reduced phosphate concentration in the euphotic layer. Therefore, more comprehensive studies are needed to provide a better understanding of the effects of mesoscale eddies on cross-shelf nutrient transport and biogeochemical processes on the ECS continental shelf in the future.




5 Conclusion

The influence of mesoscale eddies on cross-shelf Kuroshio phosphate transport to the ECS continental shelf is explored based on a hydrodynamic model with constructed ideal cyclonic and anticyclonic eddies. The simulation results reveal the different effects of cyclonic and anticyclonic eddies on the cross-shelf phosphate flux along the 200 m isobaths. During the strong eddy-current interaction east of Taiwan, the cyclonic eddy reduces the volume-averaged phosphate flux, which increases in the western and eastern parts and decreases in the middle of the region. However, the anticyclonic eddy increases the volume-averaged phosphate flux with a decreasing spatial pattern in the western part and an increase in the central and eastern part of the region. As the cyclonic eddies decay, their influence on the cross-shelf phosphate flux northeast of Taiwan is weakened. With the strengthening and eastward movement of the anticyclonic eddies, the on-shelf phosphate flux northeast of Taiwan decreases, and the affected area extends eastward.

The variation in the cross-shelf phosphate flux is controlled by variations in the cross-shelf velocity and the along-shelf phosphate concentration. The momentum balance analysis suggests that the change in the cross-shelf velocity is caused mainly by the change in the pressure gradient and modulated by the change in the nonlinear contribution term. The barotropic variation associated with sea surface height is attributed to the horizontal migration of the Kuroshio mainstream under the influence of mesoscale eddies. The baroclinic variation is associated with isotherm tilting in the vertical direction. Analysis of the advection-diffusion equation indicates that the variation in the phosphate concentration along the shelf is mainly attributed to the significant changes in horizontal advection in the upper layer and vertical advection in the lower layer that are induced by changes in the Kuroshio surface phosphate concentration and the vertical velocity along the 200 m isobaths, respectively. Further experiments reveal that the initial latitude of the eddy center affects the timing and magnitude of the cross-shelf phosphate flux but does not change the basic pattern of variation in the phosphate flux under the influences of cyclonic and anticyclonic eddies.

This study reveals the opposite effects of cyclonic and anticyclonic eddies on the cross-shelf phosphate flux during strong eddy-current interactions and the opposite changes in the phosphate flux with the evolution and movement of anticyclonic eddies. This result implies the importance of the eddy-Kuroshio interaction location and provides important implications for the possible responses of the ECS ecosystem to mesoscale eddies that may be triggered by enhanced typhoons in the northwestern Pacific Ocean under global warming. In addition, the difference between the eddy-induced changes in cross-shelf phosphate flux and changes in the water flux indicates the necessity of a specific study on material flux across the shelf.
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Supplementary Figure 1 | The variation in contribution terms (10-6 kg/m3/s) in the diffusion equation (3) in the surface layer at t=1 day under the effect of (left panels) cyclonic and (right panels) anticyclonic eddies. The black circles indicate the eddy centers. The orthogonal black solid lines are reference lines.

Supplementary Figure 2 | The time-integrated vertical velocities (m/s) along the 200 m isobaths in the (A) Ctrl experiment, and their variations under the influence of (B) cyclonic and (C) anticyclonic eddies from t=1 day to t=30 days.
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Mesoscale eddies (MEs) affect the transport and redistribution of oceanic matter and energy. The long-lived and long-distance propagation of individual eddies has garnered extensive attention; however, short-lived MEs (< 7 days) have been widely overlooked. In this study, the basic features of short-lived MEs and their spatial-temporal variations in a tropical eddy-rich region were extracted and analyzed for the first time. Short-lived cyclonic and anticyclonic eddies (CEs/AEs) were found to be widespread in two eddy belts in the tropical region of the western Pacific warm pool (WPWP). The CEs and AEs were formed by the shear instability between large-scale circulations and were distributed on both sides of the North Equatorial Countercurrent, with significant differences in spatial distribution. The variations in sea surface temperature, mixed layer depth, and surface chlorophyll-a concentration in the core of the WPWP were spatially and temporally related to the development of the two eddy belts. This new insight into short-lived MEs in the tropical region contributes to our current understanding of ocean eddies. The potential impacts of short-lived MEs on climate change, global air–sea interactions, and tropical cyclone formation should receive adequate attention and further assessment in future research.




Keywords: mesoscale eddy, sea surface temperature, mixed layer depth (MLD), ENSO, western pacific warm pool (WPWP)



1 Introduction

The northwestern Pacific Ocean is known for its complex western boundary currents (Figure 1A) and large-scale circulations with time-mean flow (Chen et al., 2015; Hu et al., 2015; Qiu et al., 2015) and mesoscale eddies (MEs), the latter of which carry approximately 1.5–50 times or more energy than the former (Morrow and Le Traon, 2012; Rhines, 2019) and are widely developed in this region. Mesoscale eddies, which are swirling, time-dependent circulations, with horizontal distances of 10 to 100 km, are globally distributed in the ocean and tend to dominate the oceanic kinetic energy (Olson, 1991; Dickey et al., 2008; Chelton et al., 2011a; Rhines, 2019). Temperature perturbations in MEs can directly affect cloud formation, precipitation, wind, and the local air–sea heat flux (Frenger et al., 2013; Dong et al., 2014). Moreover, MEs are important energy source for the atmosphere through upward vapor transport and latent heat release, which influence the development of the atmospheric storm axis (Ma et al., 2015). Additionally, the evolution of MEs in the Kuroshio Extension (KE) can affect large-scale precipitation variations along the west coast of North America (Liu et al., 2021). Mesoscale eddies can also affect the transport and redistribution of carbon, global water, heat, nutrients, and salinity (Olson, 1991; Dickey et al., 2008; He et al., 2018; Rhines, 2019; Zhang et al., 2019; Chen et al., 2020), and directly influence physical–biological–biogeochemical interactions in the ocean (Zhou et al., 2013; Gaube et al., 2014; McGillicuddy, 2016).




Figure 1 | (A) Schematic map of the ocean circulation and 10-year averaged eddy kinetic energy (EKE, 1993–2002) based on AVISO data and three typical eddy-rich regions in the Pacific; (B) snapshot of the surface streamline, relative vorticity based on the European Copernicus Marine Environment Monitoring Service (CMEMS) datasets (1993/01/01); and the frequency statistics of all (C) cyclonic eddies (CEs) and (D) anticyclonic eddies (AEs) locations in the tropical region. The three eddy-rich regions are the Kuroshio Extension (KE), the subtropical regions, and the tropical regions, within the dotted frame in (A). The colored lines with arrows indicate the circulation pattern in the Pacific Ocean (Hu et al., 2015; Qiu et al., 2015), including the Kuroshio (KC), Luzon Undercurrent (LUC), Subtropical Counter Current (STCC), North Equatorial Current (NEC), North Equatorial Undercurrent (NEUC), Mindanao Current (MC), Mindanao Undercurrent (MUC), North Equatorial Counter Current (NECC), South Equatorial Current (SEC), Equatorial Undercurrent (EUC), New Guinea Coastal Current (NGCC), and New Guinea Coastal Undercurrent (NGCUC). The data in (C, D) are binned in 0.5°×0.5° cells for the 1993–2017 period. Note that the locations in (C, D) are centers of mesoscale eddies (MEs), and the active regions of MEs are also influenced by their size.



Previous studies have focused on the characteristics and evolution process of long-lived MEs (> 7 days) (Chelton et al., 2011a; Morrow and Le Traon, 2012; Xu et al., 2014; Faghmous et al., 2015); however, short-lived MEs have not received sufficient attention and systematic study. In previous studies, some features of short-lived MEs have been captured from the energy, frequency, surface flow field, vorticity, and other aspects in the core of the western Pacific warm pool (WPWP) (Jia et al., 2011; Chen et al., 2014; Cheng et al., 2014; Chen et al., 2015; Qiu et al., 2017b; Wang, 2017; Chen et al., 2019; Johnston et al., 2019; Qiu et al., 2019; Xu et al., 2019). The number of MEs increases as their lifetime decreases (Chelton et al., 2011a). However, the importance and environmental effects of short-lived MEs have been generally overlooked, which is partly due to the limitations of the spatial and temporal resolution of satellite altimeter data, resulting in uncertainty in determining the size and path of MEs. Yim et al. (2010) found that a spatial resolution of 1/4° may be insufficient to study MEs, and some studies have shown that observational and model data with increased spatial and temporal resolutions are beneficial to the study of MEs (Meijers et al., 2007; Yim et al., 2010). Therefore, the use of data with spatial resolution greater than or equal to 1/12° could be more beneficial for the study of short-lived MEs.

Large-scale circulations have developed in the core of the WPWP, near the North Equatorial Current (NEC), mainly between 10° and 20° N north of the equator, as well as near the South Equatorial Current (SEC), between 15° S and 4° N, and near the North Equatorial Counter Current (NECC), which is an eastward current flowing against the wind (Chen et al., 2015; Hu et al., 2015) between 3° and 10° N. The NECC is opposite to NEC and SEC, providing favorable conditions for ME development in weak Coriolis regions (south of 10° N). However, owing to the limitations of observation technology and theory cognition, short-lived MEs remain a blind area in oceanographic research, and MEs in the core of the WPWP have not garnered enough attention. Chelton et al. (2011b) also pointed out in their study that the small numbers of tracked eddies at latitudes lower than about 10° are partly attributable to technical difficulties in identifying and tracking low-latitude eddies because of noise in the SSH (sea surface height) fields and the combination of the fast propagation speeds, large spatial scales, and rapidly evolving structures of low-latitude eddies (Chelton et al., 2011b). The core of the WPWP is not only the source of material and energy transport from low to middle and high latitudes with intense air–sea interactions, but also represents the region with the most abundant precipitation (with a zonal average of 80 mg/m2/s climatically; Large and Yeager, 2009) and the most tropical cyclones developed (Peduzzi et al., 2012; Lin et al., 2013). The downstream extent (i.e., the Northwest Pacific Ocean, East Asia, and Southeast Asia, including the vast marginal seas and coastal regions) of the large-scale circulations in the core of the WPWP is spatially more extensive than that of the KE, and its potential impacts on global climate change are profound.

Therefore, the basic features, spatial-temporal variations, generation mechanisms of short-lived MEs derived from the core of the WPWP, and their potential environmental effects are studied in this work. The core of WPWP includes the warm pool in the northern and southern hemispheres; however, in this study we focus on the WPWP in the northern hemisphere and confine the core area as (0°–15° N, 125°–180° E) where there exist stronger activities of short-lived MEs (Figure S1). The data sources and methods are described in Section 2. The basic characteristics and spatial-temporal variations of short-lived MEs are described in Section 3. The generation mechanism, environmental effects and importance of the short-lived MEs are discussed in Section 4, and a summary and conclusion are presented in Section 5.



2 Materials and methods


2.1 Materials sources

Daily global ocean eddy-resolving physical reanalysis product data were produced and distributed by the European Copernicus Marine Environment Monitoring Service (CMEMS, https://resources.marine.copernicus.eu), with a high spatial resolution of 1/12°. Datasets from CMEMS have been widely used in oceanography research (Pan and Sun, 2018; Hu et al., 2019; Barnier et al., 2020; Chapman et al., 2020; Cheng et al., 2020; Chen et al., 2021). This study used the physical variables of U/V-velocity and sea surface height (SSH) from the CMEMS datasets, with the time span of 1993–2017. The study domain for cyclonic eddy (CE) and anticyclonic eddy (AE) detection was selected as (0°–15°N, 125°–180°E). The sea level anomaly (SLA), eddy kinetic energy (EKE), relative vorticity (ζ), and Rossby number (Ro) were calculated based on CMEMS datasets. The SLA was computed with respect to a 20-year mean reference period (1993–2012). The equation is given by:

 

The calculation of EKE followed Qiu et al. (2017a), which indicated the general eddy filed of EKE:

 

where f is the Coriolis parameter, g is the gravitational constant, and h’ is the SLA. Owing to the small Coriolis force in the near-equatorial region, the results of the abnormally high EKE values are generally considered invalid, and the range of intercepted values in this study was 2°, as shown in Figure 1A.

Additionally, the relative vorticity (ζ) and Rossby number (Ro) are given by:

 

 

where u and v are the zonal and meridional components of the current velocity, respectively, and f is the Coriolis parameter.

Argo-derived mixed layer depth (MLD) data (Wu et al., 2017) (http://www.argo.org.cn/), MODIS (Moderate Resolution Imaging Spectroradiometer) Terra and Aqua Level-3 standard mapped chlorophyll-a concentration (CHL) data (Hu et al., 2012) (https://oceandata.sci.gsfc.nasa.gov/), and satellite-based time-series of sea surface temperature (SST) for climate applications as part of the European Space Agency’s Climate Change Initiative (http://data.ceda.ac.uk/neodc/esacci/sst), were also collected to study the influence of the short-lived MEs in tropical regions. Monthly ERSST (Extended Reconstructed Sea Surface Temperature) Niño 3.4 (5° N–5° S, and 170° E–120° W; 1981–2010 base period) (https://www.cpc.ncep.noaa.gov/data/indices/ersst5.nino.mth.81-10.ascii) and Pacific Decadal Oscillation (PDO, https://www.ncdc.noaa.gov/teleconnections/pdo/) data (Mantua and Hare, 2002) were also collected for analysis. The Niño 3.4 index (Niño 3.4) was used to indicate the variation of El Niño–Southern Oscillation (ENSO) phenomena. El Niño and La Niña are two opposing climate patterns in the Pacific Ocean that can affect weather worldwide, and combined, are known as the ENSO cycle (https://oceanservice.noaa.gov/facts/ninonina.html). When the absolute value of the 3-month moving average of the Niño 3.4 index reaches or exceeds 0.5°C and lasts for at least 5 months, it is considered as an El Niño event, while less than or equal to 0.5°C as a La Niña event, and others are considered as neutral phases.

Surface fluxes from NCEP/NCAR Reanalysis 1 were collected to calculated net heat flux and momentum flux (https://psl.noaa.gov/data/gridded/data.ncep.reanalysis.html). In addition, AVISO (Archiving, Validation and Interpretation of Satellite Oceanographic) (http://marine.copernicus.eu) was collected to provide SLA and the derived geostrophic current; and the EKE (Figure 1A; Figure S1) and relative vorticity (Figure S1) based on AVISO data were calculated for temporal-spatial comparison in a wider range of Pacific Ocean. The temperature profiles of the observational stations were also collected to analyze the local effect of MEs, which were obtained by Sea-Bird 911CTD in the western Pacific Ocean warm pool region. These stations were not surveyed synchronously, and the survey started on May 10, 2017 and ended on June 15, 2017, with good sea conditions and no high wind events during the survey.



2.2 Detection and tracking of MEs

Compared to the KE, the diagnosed characteristics of MEs in the core of the WPWP are not significant if only the SLA is considered. However, when the flow field is calculated and diagnosed, MEs are found to be widely distributed. Therefore, the method of Eulerian eddy detection scheme described by Nencioli et al. (2010) is adopted in this study to analyze the surface velocity geometry field, which detects the center and boundary of each eddy based on the geometric properties of the velocity vector and track its trajectory. Additionally, based on the horizontal distribution of the relative vorticity, we added a restriction on the relative vorticity to the eddy discrimination condition. The identified CE range must have positive relative vorticity and the AE range must have negative relative vorticity. The velocity field used in the study was the output of CMEMS dataset, with the time span of 1993–2017 and the domain for eddy detection of (0°–15°N, 125°–180°E). The boundary of an eddy is defined as the contour closed by the maximum velocity around the center point of the eddy.

The tracking range is determined based on the resolution and distribution of the flow field (Nencioli et al., 2010; Zhang et al., 2018). A single eddy track is first recorded as an eddy detected at t moment in the domain, i.e. an eddy is generated, then we search for the eddy with the same polarity within the searching range of R=14 grid points at time t+1 moment, and select the closest eddy among them (Nencioli et al., 2010). If no matching eddy is found in the given area of R at given time t+1, an enlarged searching range of 1.5 times the R at time t+2 moment is performed for continuously searching. Information on different aspects of MEs, including the polarity, location, boundary, and lifespan, can be identified according to this method, which has been widely used in previous studies (Dong et al., 2012; Liu et al., 2012; Dong et al., 2014; Lin et al., 2015; Liu et al., 2017a; Zhang et al., 2018).




3 Results


3.1 Basic features of MEs

The basic features of the MEs were analyzed based on the detected properties of the CEs and AEs (Figure 2). The MEs with coherent structures developed in the core of the WPWP were mainly short-lived eddies with lifespans of less than 7 days (Figure 2A). The lifetime of an eddy is defined as the time interval between the first record and the final record in a single track. The number of CEs (AEs) with a lifespan of less than 7 days accounted for 96.07% (95.54%). The ratios of CE and AE lifespan distributions were approximately identical, and the proportion of long-lived MEs greater than 7 days in this region was very small. The radii of the equal-area circles with MEs were mainly between 50 and 200 km (Figure 2B), which is similar to the magnitude of long-lived MEs (not shown). The ratio of AEs with large radii (larger than 1.5°) were relatively larger than that of CEs (Figure 2B), the averaged radius of AEs is 1.20°, which is larger than that of CEs (1.08°). The relative vorticity at the eddy center and the maximum SLA within the CE and AE showed a symmetrical distribution (Figures 2C, D). The relative vorticity ranged from −20×10-6 to 20×10-6 s-1, and the CE (AE) was positive (negative). The SLA, calculated using the equation (1), was mainly distributed between −40 and 40 cm, and the CE (AE) was negatively (positively) biased owing to the divergence (convergence) of seawater caused by the CE (AE). The maximum rotation speed within the eddy region was mainly distributed between 0.2 and 0.8 m/s (Figure 2E). The propagation speed (Figure 2F) of an eddy refers to the average velocity of the eddy’s center along the motion route during the life cycle (t days, t ≥ 2), and the propagation speed of MEs was mainly between 0.1 to 1 m/s (Figure 2F). Figures 2G–I show the statistical characteristics of the ellipse with the same standard second-order central moment as that of the MEs. Here, the eccentricity (Figure 2G) was mainly distributed between 0.5 and 1, and the length of the long axis (Figure 2H) was between 100 and 700 km, whereas that of the short axis (Figure 2I) was between 50 and 400 km.




Figure 2 | Basic features of the MEs in the core of the western Pacific warm pool (WPWP). The blue and red lines represent CE and AE in (A–I). The variables in (D, E) are maximum values within the region of the detected MEs, and the relative vorticity (C) is the value at the centers of MEs. The variables shown in (B, G–I) are corresponding variables of an ellipse with the same standard second order central moment as the region of an eddy, i.e. the equivalent radius, eccentricity, major axis length, and minor axis length of the ellipse.





3.2 Spatial variations of MEs

Based on the spatial distributions of the surface streamline and relative vorticity, MEs were extensively developed in this tropical region (Figure 1B; Video S1). CE (AE) had a positive (negative) relative vorticity and was spatially characterized by a cold (warm) eddy. The tropical eddy-rich region had a large EKE (Figure 1A). According to the frequency statistics of all CE and AE locations in the core of the WPWP (Figures 1C, D), the CE and AE had significant spatial band-like characteristics. CEs were mainly distributed between 5° and 9° N with a central axis at 8°N, located between NEC in the north and NECC in the south, while AEs were mainly distributed between 3° and 5°N with a central axis at 4°N, located between NECC in the north and SEC and NGCC in the south (Figure 1). The locations of ME belts varied over time (Figures 3A, B) and were affected by the meridional fluctuations of the NECC. The number of MEs increased sharply at the turn of the circulation near the coast (Figures 1C, D), corresponding to the positions of the Mindanao and Halmahera eddies in previous studies (Kashino et al., 2013; Chen et al., 2014; Qiu et al., 2015; Liu et al., 2017b).




Figure 3 | Time series of (A, B) the monthly generated ME number at different latitudes, and (C) zonal-averaged SLA, (D) EKE (log10), and (E) relative vorticity from 1993–2017. The black dotted (solid) line in c represents the SLA contour line of –10 cm (10 cm). The calculation is zonal-averaged from 125°–180°E. The red and blue frames indicate two strong El Niño (1997 and 2015) and La Niña phases (1999 and 2016), respectively.



The spatial−temporal variation of the zonal-averaged SLA in the tropical eddy-rich region is shown in Figure 3C. During the El Niño phase (Figures 3, 4H), there was a negative anomaly (< −10 cm), whereas the La Niña phase showed a positive anomaly (> 10 cm). During the neutral phase, the SLA was between −10 and 10 cm. The EKE regions with high values were distributed between 2° and 10° N (Figures 1A and 3D), which was consistent with the spatial distribution of the CE and AE belts (Figures 1C, D, 3A, 3B). During the El Niño phase, the region of high EKE moved southward and the area with high values was reduced, but the intensity increased, especially during the strong E1 Niño period (1997/1998 and 2015/2016). Note that EKE is not completely consistent with the number of MEs, but is also related to the size, intensity of MEs, and even background current field, in which the non-coherent eddy field such as meanders, filaments and fronts contribute a lot. The location and number of MEs are relatively discrete, which can better represent the overall spatial and temporal variation of MEs in this tropical region, respectively. According to the current velocity distribution, the circulation in this region was zonally distributed, and the two belts were distributed on both sides of the NECC. The regularity of the spatial difference distribution of the eddy belts was also significant from the perspective of relative vorticity (Figure 3E), and the CE (AE) belt was positive (negative), which is consistent with the statistical characteristics shown in Figure 2C and Figure S2.




Figure 4 | Time series of the monthly generated numbers of (A) CEs and AEs, monthly regional averaged (B) SLA, (C) EKE (log10), (D) relative vorticity (ζ) in the area of (2°–10° N, 125°–180° E) for the 1993–2017 period, and monthly regional averaged (E) Argo-derived mixed layer depth (MLD), (F) chlorophyll-a (CHL) concentration, (G) sea surface temperature (SST) in the area of (0°–15° N, 125°–180° E), and (H) Niño 3.4 and PDO indices. The dotted lines in (A–G) show the original data and the bold lines indicate 5-step moving-averaged data. The color patches in (H) represent the Niño 3.4 index, while the black lines represent the PDO index with the thin black and thick black lines indicating the original data and 5-step moving-averaged data, respectively. The red and blue shaded areas indicate two strong El Niño and La Niña phases, respectively.





3.3 Temporal variations of MEs

An average of 108.00 CEs and 71.42 AEs were generated in the tropical eddy-rich region every month. The number of CEs was generally greater than that of AEs, and they showed synchronous temporal variations, with a correlation of 0.72 (Figures 4A). The development of MEs was characterized by interannual and seasonal fluctuations. The number of CEs was higher in the second half of the year (July–December) and lower in the first half (January–June) (Figure 5A). Meanwhile, the number of AEs was higher from April to September, and lower in the other months. The fluctuation range of the number of MEs in the second half of the year was larger than that in the first half (Figure 5A). Both CEs and AEs number have higher numbers in summer and lower in winter (Figure 5A). During El Niño, the WPWP was in the relatively cold phase, the amounts of CEs and AEs were significantly reduced, and the decrease in AEs was greater than that of CEs, especially during the strong El Niño phase when both the PDO and Niño 3.4 were in the positive phase (Figures 4A, H, 5B, D). During the La Niña phase, the WPWP was in a relatively warm phase, and the amounts of CEs and AEs increased significantly, and the increase in AEs was greater than that of CEs (Figures 4A, H, 5C, E). During the neutral phase, the anomalous amounts of CEs and AEs showed little difference around the zero value (Figure 5F). The number of AEs was more variable and sensitive to changes in the ENSO index (Niño 3.4) than that of CEs (Figures 4H, 5D, E).




Figure 5 | Monthly generated number of MEs. (A) The average value and 95% confidence interval of CEs and AEs (significance level (α) of 0.05); (B, C) the anomalies of the number of MEs during strong El Niño (1997 and 2015) and La Niña (1999 and 2016) phases; (D–F) the multi-year averaged anomalies of the number of MEs and the number of month during El Niño, La Niña and neutral phases (right axis); the vertical dashed lines indicate the distribution range of the normal value of this set of data, the plus markers are classified as outliers, the shaded bars indicate the interquartile range, and the black lines in the bars are the median values.



Sea level anomaly changes were significant in response to the E1 Niño signals (Figures 3C, 4B, H). The EKE, current velocity, and relative vorticity all showed high values during the low SLA periods (Figures 4B-D). During the strong El Niño phase, the number of CEs and AEs decreased, and SLA showed a significant negative anomaly. The results of SLA, EKE, and relative vorticity based on CMEMS data were mostly consistent with those based on AVISO data in this tropical eddy-rich region (Figures 3 and Figure S2).

In addition, the changes in the MLD, CHL, and SST in the core region of the WPWP had obvious seasonal and interannual patterns (Figure 4). Based on the MLD products derived from the Argo data, the average monthly MLD in this region was approximately 57.36 m (2004–2016), which was relatively shallow, with a fluctuation range of 30–90 m (Figure 4E). The surface CHL concentrations fluctuated consistently with the MLD at temporal scale, with a recorded average of approximately 0.08 mg/m3 estimated from MODIS Terra (2000–2017, Figure 4F) and 0.07 mg/m3 estimated from MODIS Aqua (2002–2017, Figure 4F). The standard deviations of the two datasets are 0.0097 mg/m3 for Terra and 0.0101 mg/m3 for Aqua. The WPWP is one of the warmest parts of the global ocean, with an average monthly temperature of 28.93°C (1993–2016) in the core region (Figure 4G), and the SST was positively correlated with the development of the MEs. See Section 4.2.1 for a detailed analysis.




4 Discussion


4.1 Generation mechanism of MEs

The dynamic mechanism of ME generation is relatively complex, and previous studies have suggested that the occurrence frequencies of MEs are affected by multiple mechanisms, such as the circulation instability (e.g., horizontal shear, vertical shear) and density frontal instability, gravitational potential energy storage, interaction of the ocean current with the bottom topography, vorticity conservation, and wind forcing (Chelton et al., 2011a; Morrow and Le Traon, 2012; Cheng et al., 2013; Rhines, 2019; Xu et al., 2019; Wang et al., 2021). Combined with the distribution of the AE and CE belts (Figures 1C, D, 3A, B), the U and V components of the current (Figures 6A, B), and relative vorticity (Figure 3E), and the time series of SST and its gradient, it was found that MEs in this region are mainly generated by the shear instability of large-scale ocean currents, and are influenced by climate signals such as the PDO and ENSO (Figure 4), the shear instability is closely related to baroclinic instability in the core region of WPWP, and the horizontal shear and vertical shear are actually not independent in the background flow field. Baroclinic instability can be viewed as a shear instability (Grotjahn, 2003). The baroclinic instability could occur when meridional temperature gradients change of sign. The baroclinic instability caused by variations of meridional SST gradients controls the variation patterns of MEs number (Figure 7). The results of the power spectra of SST, SST gradient, and the number of CE/AE also reveal the significant semiannual and annual period signals (Figure S3). The mean meridional gradient of SST (dSST/dy) and the detrended SST shows a positive correlation with a coefficient of 0.70 (Figure 7F). As the SST of the WPWP increases, the SST gradient increases, and the shear instability also strengthen, thus CEs and AEs are more likely to be generated (Figures 7A–D), and the patterns of positive baroclinic instability at AE belt is more obvious than that at CE belt (Figure 7E). Conversely, when the SST decreases, the shear instability weaken, and the number of CE/AE is reduced.




Figure 6 | Time series of the zonal-averaged (A) U and (B) V components of the background current velocity, and (C) Rossby number (Ro) for the 1993–2017 period. The gray lines in (A) show the contour of zero value. The U/V-velocity in this plot is derived from the variables of CMEMS data.






Figure 7 | Time series of the zonal-averaged (A) SST, (B, C) temporal and meridional gradients of SST, (D, E) comparison of typical transects (eddy belt region) of SST gradients and ME number, and (F) comparison of the mean meridional gradients of the SST and the detrended SST in this tropical region. The green line in (A) indicates the average value of [0°–7.5° N; 125°–180° E], and white dash line indicates the contour of 28.93°C. The transects Tae and Tce in (C–E) indicate the meridional gradients of SST in CE and AE belts, respectively.



According to the zonal-averaged Rossby number, this tropical region could still be influenced by planetary rotation (Figure 6C). However, considering that the Coriolis forcing near the equator is relatively small and the geostrophic equilibrium is unstable, it is inadequate to maintain the development and movement of MEs in a long-term stable state. The fluctuation of the local flow field and relative vorticity are high; thus, MEs are easily generated or dissipated, which is different from other eddy-rich regions, such as the KE and subtropical regions (Video S1). The meridional and temporal gradients of the relative vorticity and the U and V components of the current velocity also showed higher variation rates at lower latitudes, which is characteristic of high-frequency turbulence in this region (Figure S4). In addition, the ocean currents steer near the land and the current shear is strong in this region; thus, many MEs are developed near the coastline (Figures 1C, D).



4.2 Environmental effects analysis


4.2.1 Regulation effects of MEs on SST in tropical region

The year-round SST in the area of WPWP is very high (Figures 4G, S5A, B), and the warm water in the MLD is mainly located in the upper layer of the tropical ocean (Figures S5C, D). As discussed in Section 4.1, the variations in SST could influence the generation of MEs, thus the empirical orthogonal function (EOF) for SST and detail analysis of temperature profiles were performed.

The four leading EOF modes of the SST are shown in Figures S6. The time series of the four EOF modes are shown in Figures S6B, D, F, H. Their contributions to the total variance were 40.73%, 30.05%, 7.68%, and 3.97%, respectively, accounting for 82.43% of the total variance altogether. The ENSO signal and short-lived eddies were found to be two important factors contributing to those variations (Figure 8). Mode 1 shows the ENSO cycle of the SST in this region. During El Niño phase, the SST in this region was much smaller than that during the La Niña phase. This pattern was generally in coherence with the annual variation of Niño 3.4, while in opposite with the low-frequency signal of the short-lived eddies (Figure 8C), the eddy variability is also characterized by long time cycles. Besides, the results also show that the spatial pattern of the third mode (EOF3) displays a latitudinal band distribution (Figure S6E), which is consistent with the distribution of eddy belts, and the spatial pattern of the fourth mode (EOF4) shows a meridional distribution (Figure S6G). Moreover, on the time scale, the high-frequency SST mode (PC3+PC4, the sum of the third and fourth modes) matches well with the high-frequency signal of the short-lived eddies (Figure 8D).




Figure 8 | Empirical orthogonal function (EOF) for SST (1993–2016) in western Pacific warm pool region and comparison of different modes with MEs. (A, B) The EOF mode 1, the sum of modes 3 and 4 for SST, and (C, D) their corresponding PC time series. The percentage of variance explained by each mode is displayed in the upper-left corner of each EOF panel. The PC time series from top to bottom are superimposed on the low-pass filtered eddy numbers, Niño 3.4 index (C), and high-pass filtered eddy numbers (D). See Figure S6 for original EOF results.



Based on the observational results of temperature profiles, the short-lived eddies could effectively regulate the vertical temperature structures in the water columns (Figure 9). By comparing the observational temperature profiles inside and outside the eddy regions at the same latitude, it can be seen that the upwellings inside the CEs have a greater influence on the internal temperature of the eddies, and for the same depth, the eddy-influenced water column can be cooled by approximately 3°C. The AE can also significantly affect the temperature structure inside the eddy region through downwelling, the temperature of eddy-influenced water column above 35 m dropped by approximately 0.7°C, then affecting the SST, meanwhile, the water temperature between 35 m and 78 m water depth increased by approximately 1.4°C. The observational results could qualitatively indicate that eddies affect the redistribution of heat in the water column through the upwelling and downwelling processes.




Figure 9 | The temperature profiles of the observational stations, (A) is station distribution map, in which the blue and red boxes represent location of stations within the eddy ranges, respectively; (B) temperature profiles of stations inside two different CEs and other stations at transect F with the same latitude; (C) temperature profiles of stations inside a single AE and other stations at transect J with the same latitude.



Besides, through the linear regression fitting between the abnormal number of monthly generated CEs and AEs and monthly mean SSTa in the eddy belts region (Figure 10A), the results showed that both have significantly positive correlation, with correlation coefficients of 0.47 and 0.31, respectively. The seasonal fluctuations of ME number, net heat flux (Qn), and momentum flux at surface are basically consistent with each other (Figure S7), specially the net heat flux at two eddy belts are obviously different, the generation and disappearance of short-lived MEs developed in the eddy belts may also affect the heat flux exchange at air–sea interface and momentum flux in this near-equatorial region, these processes could also regulate SST in the WPWP (Figure S7).




Figure 10 | Linear regression fitting between abnormal number of monthly generated MEs (CEs and AEs) number and monthly (A) SSTa, (B) MLD anomalies (MLDa), (C) CHL anomalies (CHLa, Terra), and (D) CHLa (Aqua). The correlation coefficients are labeled in the subfigures.



Based on the structures of local flow fields and variations of SST and SST gradient in the core region of WPWP (Figures 1B, 6A, B, 7A–C, Video S1), it could be noticed that the associated circulations around the CEs could transport the slightly warm water from the south of the eddy region away from the equator, and transport the slightly cold water from the north of the eddy region close to the equator, respectively. Similarly, the associated circulations around the AEs could also play the same roles in the southern side of NECC. Therefore, the generation and disappearance of CEs/AEs could influence the redistribution of heat in vertical and horizontal scales, which is the regulation process of SST in the core region of WPWP. The associated circulations around the CEs and AEs could play the role of convergence/divergence of meridional heat transport, which could carry the relatively cold water toward the equator and warm water away from the equator, a model diagram was posed to show this regulation process of MEs on the SST of WPWP (Figure 11). Although the SST of the WPWP is generally in a high level, this process could become stronger when the SST is higher (positive SSTa), and weaker when the SST is lower (negative SSTa, Figure 10A).




Figure 11 | Model diagram of short-lived MEs regulating the western Pacific warm pool region.



To sum up, the short-lived MEs in this tropical region helps to regulate the redistribution of heat between large-scale circulations, by transporting slightly warm (cold) water away from (close to) the equator through the associated circulations around the MEs. The two eddy belts connect the large-scale circulations in terms of spatial dynamic patterns and heat transfer, which could further influence other areas in the ocean through large-scale circulations such as the western boundary currents. We figure that in addition to the important role of the MEs in heat transport, the heat transport brought by the eddy induced flow field of the surrounding sea area should not be neglected, which may also play an important role in heat redistribution in the sea area where the MEs develop with a short life cycle or short moving distance.



4.2.2 Regulation effects of MEs on MLD/CHL in tropical region

Similarly, the relationship between the MEs and MLD, CHL were studied in this section. Although the variations in SST and MLD are probably dominated by large-scale ocean circulations and sea surface heat fluxes (Figures S5, S7), they are also regulated by MEs. The temporal and meridional averaged SST and MLD (Figures S5B, D) show meridional differences, especially a secondary peak value of MLD can be found around the 5° N (Figure S5D), possibly indicating the MLD is closely related to both the circulation structure and short-lived MEs in the near-equatorial region. Compared to SST, the MLD shows more obvious fluctuations at the region where short-lived MEs developed. Therefore, the development of short-lived MEs also accelerates the adjustment of MLD in the tropical region of the banded eddy area.

From the measured CTD profiles and the statistical results, it can be seen that the regulation effects of the mixed layer by CEs and AEs are opposite, with CEs being detrimental to the deepening of the mixed layer and AEs being beneficial to the deepening of the mixed layer (Kouketsu et al., 2012; Gaube et al., 2013; Dufois et al., 2014; McGillicuddy, 2016) (Figures 9B, C and 10B). The upwelling of isopycnals inside CE could result in shallower MLD during its formation and intensification stages, from approximately 92 m to 54 m, and downwelling of isopycnals inside AE could result in a deeper MLD, from approximately 35 m to 78 m (Figures 9B, C). The correlation analysis results show that the abnormal number of monthly generated MEs and the MLDa are weakly correlated, with the CEs/AEs being able to influence the MLD of the corresponding eddy belts, but not being the dominant factor. The heat exchange at the air-sea interface and wind stress should be the dominant factor controlling the seasonal cycle of the MLD, as well as the SST and CHL (Kara et al., 2000; Kara et al., 2003; Kouketsu et al., 2012).

Besides, the relationship between the abnormal number of monthly generated CEs and AEs and CHL anomalies (CHLa) shows an obvious negative correlation (Figures 10C, D). Both MODIS Terra and MODIS Aqua datasets are compared, and the results are nearly the same, indicating that the influence of CEs and AEs on the change in CHL in the surface layer was presented in antiphase, which was consistent with the results shown in the time series in Figures 4A, E, F; that is, the temporal variations of MEs were not synchronous with that of CHL (Figures 4A, F); however, the temporal variations of MLD and CHL were almost the same (Figures 4E, F and S8). Previous studies found that the mechanisms by which MEs influence CHL fundamentally rest on the delivery of nutrients, which can be divided into eddy advection (Chelton et al., 2011b; Siegel et al., 2011), eddy stirring and trapping of CHL (Chelton et al., 2011a; Lehahn et al., 2011; Gaube et al., 2014), eddy-induced Ekman pumping (McGillicuddy et al., 2007; Gaube et al., 2013; Gaube et al., 2015; Xu et al., 2019), and eddy strain-induced pumping (Zhang et al., 2019; Zhang & Qiu, 2020). In addition, surface eddy-induced Ekman pumping may be the most effective mechanism for AEs in upper-ocean nutrient enrichment, by continuously supporting injection of nutrients in the center of eddies (Chen et al., 2020). For the CHL at two eddy belts in this study, they are close to synchronous variation, with a correlation coefficient of 0.89 (Figure S9), which is probably due to the effect of advective transport caused by eddies (Chelton et al., 2011a), through transporting relatively high CHL water from near equator to the north and transporting low CHL water from the north side to the south, thus relatively high concentrations of water are diluted.

Objectively, this study clearly shows that the short-lived MEs could influence the SST, MLD and CHL in the core region of the WPWP at different spatial-temporal scales, but the efficiency of the MEs influencing the SST/MLD/CHL and the mechanism of the ecological effect need further exploration through high-resolution numerical model and long-term observations. Furthermore, the WPWP acts as one of the most important warm poles on the Earth, and is a region where tropical cyclones are widely developed. Short-lived MEs could probably therefore affect the global climate change by adjusting the SST and MLD of the WPWP, and their potential impacts on extreme weather events also require further study.





5 Summary and conclusions

Stable ME belts in the core of the WPWP were diagnosed and extracted for the first time based on high-resolution flow-field CMEMS data. The eddy belts were characterized by short-lived CEs and AEs in the tropical region. The ratios of CEs and AEs with lifespans shorter than 7 days were 96.07% and 95.54%, respectively. The radii of an equal-area circles with MEs ranged from 50 to 200 km, which is similar to that of long-lived MEs. The maximum SLA of CEs and AEs were distributed symmetrically. The CE (AE) was characterized by a cold (warm) eddy and a positive (negative) relative vorticity. The CE and AE belts were distributed on the northern and southern sides of the NECC, respectively, with significant differences in spatial distribution, and this tropical eddy-rich region had a high EKE. The CEs and AEs showed synchronous temporal variations, and the development of MEs showed interannual and seasonal fluctuations. CEs (AEs) were generated more frequently from July to December (April to September) and were affected by the ENSO signals. During the El Niño periods, the WPWP was in the cold phase, when the generation of CEs and AEs decreased, and the number of AEs decreased more than that of the CEs. In contrast, the WPWP was in the warm phase during La Niña, and the number of CEs and AEs increased significantly.

The CEs and AEs were mainly formed by the shear instability of the large-scale circulations, namely NECC, NEC, SEC, and NGCC, respectively, and are influenced by climate signals such as the PDO and ENSO. The shear instability is closely related to baroclinic instability in the core region of WPWP. The baroclinic instability caused by the variation of SST gradient controls the variation of ME number.

In addition, the development of MEs in the core region of the WPWP can regulate the redistribution of heat between large-scale circulations, by transporting slightly warm (cold) water away from (close to) the equator through the associated circulations around the MEs, which could further influence other areas in the ocean through large-scale circulations. The regulation effects of the mixed layer by CEs and AEs are opposite, with CEs being detrimental to the deepening of the mixed layer and AEs being beneficial to the deepening of the mixed layer. The abnormal number of monthly generated MEs and the MLDa are weakly correlated, while the relationship between the abnormal number of monthly generated CEs and AEs and CHLa shows a negative correlation.

The short-lived MEs could influence the SST, MLD, and CHL structures in the core region of the WPWP. These results reveal that short-lived MEs in the WPWP are significant supplements to understanding long-lived and long-distance propagated MEs, combined with previous research. This study can provide new perspectives and target areas for future research on global ocean eddies, and fill a gap in the study of low-latitude ocean eddies. Moreover, it is necessary to further explore the contribution of short-lived MEs to the transport and exchange of matter and energy and their roles in tropical cyclone formation, as well as to re-examine their potential impacts on global air–sea interactions and climate change, this will be further explored in future studies.
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  Eddies are ubiquitous mesoscale dynamics in oceans worldwide that prominently influence the upper ocean. Specifically, the presence of preexisting eddies can modulate oceanic responses to passing typhoons, for which the underlying mechanism requires further investigation. In 2013, Typhoon Soulik traveled over 2,000 km in the western North Pacific, encountering multiple eddies, offering a suitable opportunity for investigating the impact of eddies on typhoon-induced upper ocean responses. A coupled ocean-atmosphere model was developed for this event, and the simulations were validated with multiple observations. The surface cold wake after Typhoon Soulik was successfully reproduced by the coupled model, showing a multicore structure, which was due to the preexisting mesoscale cyclonic eddies along the typhoon path. An experimental case excluding eddies was also tested in the numerical model. The comparison between the control and experimental cases revealed that sea surface cooling was enhanced by eddies via the vertical mixing and horizontal advection of eddy-related currents. In particular, vertical mixing enhanced sea surface cooling beneath the typhoon center due to the stronger vertical stratification within the preexisting cyclonic oceanic eddies. The eddy-related current with a horizontal temperature gradient contributed to advection, enhancing sea surface cooling at the cooling center and leading to a rightward-shifted pattern of enhanced sea surface cooling. This study enriches the understanding of the complex upper ocean dynamics under the combined effects of typhoons and eddies.



 Keywords: oceanic response, typhoon, coupled atmosphere-ocean model, cyclonic eddy, horizontal advection 

  1. Introduction.

Tropical cyclones (TCs), as intense atmospheric cyclonic systems, drive strong air-sea interactions (Emanuel, 1986), leading to prominent oceanic responses, i.e., sea surface cooling (e.g., Price, 1981; Ginis, 2002; Lin et al., 2017). TC-induced vertical mixing and transport, e.g., upwelling and downwelling, determine changes in sea surface temperature (SST). In particular, upwelling and downwelling induced by TCs occur underneath the center of a storm and the surrounding region, respectively (Yablonsky and Ginis, 2009; Chiang et al., 2011; Wang, 2020), and they are simultaneously impacted by preexisting environmental conditions, i.e., oceanic geostrophic flows and mesoscale eddies (Jaimes and Shay, 2015). As the most vigorous motion in the ocean, eddies are ubiquitously distributed in oceans worldwide and frequently encounter passing TCs. For example, Ma et al. (2017) found that over 90% of TCs have encountered oceanic mesoscale eddies in the western North Pacific, and the upper ocean responses, e.g., reduction in SST and phytoplankton bloom, to TCs are largely modulated by these eddies (Shay et al., 2000; Lin et al., 2005; Jaimes and Shay, 2010; Ma et al., 2017; Liu and Tang, 2018; Li et al., 2020; Lu et al., 2020; Qiu et al., 2021). Over anticyclonic eddies, downwelling can be predominantly enhanced, leading to a warming response to the TC (Oey et al., 2006; Jaimes and Shay, 2009; Halliwell et al., 2011), while cyclonic eddies (CEs) can influence the intensity and occurrence time of maximum SST cooling (Zheng et al., 2008; Ma et al., 2020).

After the passage of TCs, significant sea surface cooling in CEs often occurs, as shown in both observations and numerical simulations (e.g., Walker et al., 2005; Sun et al., 2010). Preexisting CEs resulted in a relatively unstable thermodynamic structure, making it easy for subsurface cold water to outcrop (Zheng et al., 2008). For example, an oceanic mixed layer cooling of 4.8°C occurs in CEs, in contrast to only 0.1°C in anticyclone eddies (Jaimes et al., 2011). The enhanced cooling in CEs results from the combined effects of upwelling and mixing that overturn the strong vertical thermal gradients and shear (Zheng et al., 2015). The circulation of preexisting CEs can intensify typhoon-induced upwelling (Jan et al., 2011; Xu et al., 2017).

 Ning et al. (2019) investigated oceanic responses to a TC with a specific focus on the impact of the CE along its track. Although significant cooling occurred inside the CE, they found that CE-induced horizontal advection weakened sea surface cooling and increased subsurface warming because the eddy transported trapped warmer water westward as it propagated. Due to the limited observational data, they could not quantitatively estimate the respective impact of typhoon-induced mixing and eddy-induced horizontal advection on the surface ocean response to the typhoon. Yablonsky and Ginis (2013) discussed the impact of anticyclonic ocean eddy circulation on hurricane-induced sea surface cooling based on model experiments. They found that an anticyclonic eddy located to the right of the hurricane track in the Northern Hemisphere enhanced sea surface cooling, as the eddy-induced circulation advected the hurricane-induced cold wake. However, the impacts of the cyclonic current and surrounding horizontal temperature gradient on the oceanic responses to TCs were often neglected in previous studies.

On July 12-13, 2013, Typhoon Soulik propagated through the western North Pacific, where it encountered three preexisting CEs and induced a unique multicore structure of sea surface cooling. In this study, we examined the SST response to Typhoon Soulik under the impact of CEs and investigated the underlying mechanisms via a coupled atmosphere-ocean model. Specifically, the effect of eddy-related advection was quantified to assess its importance compared with other processes. The paper is organized as follows: the data and numerical model configuration are introduced in section 2; the results and discussion on the mechanisms of preexisting CEs for generating multicore sea surface cooling by Typhoon Soulik are presented in section 3; and a conclusion is summarized in section 4.


 2. Materials and methods.

 2.1. Data.

The best track data of the typhoon, including its center location, pressure at sea level, and maximum sustained wind speed at 6-h intervals, were provided by the Joint Typhoon Warning Center (JTWC). SST data were obtained from the Tropical Rain Measuring Mission’s Microwave Imager (TMI), which has a daily temporal resolution and a spatial resolution of 0.25°×0.25°. The microwave measurements applied by TMI SST data are not contaminated by clouds; thus, this product has been widely used in previous studies for assessing the SST response to TCs (e.g., Vincent et al., 2012a; Mei and Pasquero, 2013). Argo profile data, including measurements of temperature and salinity, were obtained from the Coriolis Global Data Acquisition Center of France (Argo, 2000). Sea level anomaly (SLA) data were obtained from the Archiving, Validation, and Interpretation of Satellite Oceanographic (AVISO) and had the same temporal and spatial resolutions as the SST data. The SLA data are based on radar altimeters, which are also not limited to cloud-free regions. The SLA data were used to detect eddies following the methods of Zhang et al. (2018), who modified the algorithm from Chaigneau et al. (2009) and Chelton et al. (2011).


 2.2. Description and configuration of the atmosphere-ocean coupled model.

The coupled ocean-atmosphere-wave-sediment transport (COAWST) modeling system (Warner et al., 2008; Warner et al., 2010) was applied with oceanic and atmospheric components of the Regional Ocean Modeling System (ROMS, version 3.7) (Shchepetkin and McWilliams, 2005) and the Weather Research and Forecasting (WRF) model (version 4.0.3) (Skamarock et al., 2008), respectively. The Model Coupling Toolkit was used to transform the variables between the different components in the COAWST modeling system (Larson et al., 2005). In particular, the WRF model transferred sea surface wind stress, latent heat, sensible heat, shortwave radiation and longwave radiation data to the ROMS model. Meanwhile, the WRF model received the SST, which was continuously updated by the ROMS model. The time interval of exchange between the two models was 120 seconds. The COAWST modeling system has been widely used in many studies to investigate air-sea interaction processes during TCs (Zhao and Chan, 2016; Prakash and Pant, 2017; Wu et al., 2018).

The spatial domain for both the WRF and ROMS models was 116°E to 150°E and 9°N to 33°N ( Figure 1A ), with a horizontal resolution of 0.05×° 05°. Thirty-six and 40 vertical sigma levels were set in the WRF and ROMS models, respectively. The topography in the ROMS model was based on ETOPO1 (https://www.ngdc.noaa.gov/mgg/global/global.html). The WRF Single-Moment 6-class scheme was chosen as the microphysics scheme. Longwave and shortwave radiation was computed via the Rapid Radiative Transfer Model and Dudhia scheme. The planetary boundary layer scheme and cumulus parameterization used in the WRF model were the Yonsei University scheme and Kain-Fritsch scheme, respectively. A generic length-scale mixing closure was applied in the ROMS vertical mixing parameterization scheme. Third-order upwind horizontal advection and fourth-order centered vertical advection were adopted for the temperature and salinity simulations.

 

Figure 1 | Comparisons of the (A) tracks, (B) maximum wind speeds, and (C) central surface air pressures of Typhoon Soulik between the best track data (JTWC) and the simulated results. Green circles are the locations of Argo observations within 200 km of the track from July 7 to July 17. In (B), the dashed line shows the maximum wind speeds of Typhoon Soulik (2013) obtained from the ECMWF reanalysis data. 



The initial and boundary data of the WRF were from the National Centre for Environmental Prediction Final Analysis. To identify preexisting mesoscale cyclonic eddies, the initial conditions, e.g., temperature, salinity, current and water level, for the ROMS were obtained from the Hybrid Coordinate Ocean Model (HYCOM) and Navy Coupled Ocean Data Assimilation (NCODA) system (Cummings, 2005). HYCOM is a primitive equation ocean general circulation model with a resolution of 0.08° in the zonal direction and a nonuniform resolution in the meridional direction, i.e., 0.08° from 40°S to 40°N and 0.04° in the remaining regions, which can resolve mesoscale eddies. Through the NCODA system, the assimilation of available satellite altimeter observations, SST, and in situ vertical temperature and salinity profiles simulates the preexisting mesoscale eddies consistently with the observations. The lateral boundary information in the ROMS was also obtained from the HYCOM.

ROMS was initialized to start on July 5, 2013, with a simple setup of a 3-day model time (July 5-7) before the formation of Typhoon Soulik as a tropical storm on July 8. WRF was initialized to start on July 8 and was instantly coupled with the ROMS model. The control run simulation was conducted by incorporating near real-time eddies from the HYCOM, which was referred to as EXPHYCOM.

To examine the effect of preexisting CEs on the upper ocean response to Typhoon Soulik and the underlying mechanism, we conducted an experimental simulation where the preexisting CEs were not included. The oceanic initial fields on July 5, 2013, were replaced by seven-year (2010-2016) averaged climatology fields in July from HYCOM, which was referred to as EXPCLIMAT.

To diagnose the oceanic response, a temperature budget analysis was performed based on the following equation (Wei et al., 2014):

 

where the left-hand term is the temperature change rate and the right-hand terms are advection (1), horizontal diffusion (2), and vertical diffusion (3). In the ROMS model, the vertical boundary condition at the sea surface (z = ζ(x, y, t)) for temperature is  , where the surface heat flux is contained in the vertical diffusion (vertical mixing) term. Each term on the right-hand side of equation (1) can be integrated over time to obtain its accumulated contribution to the change in temperature since 0000 UTC on July 8.


 2.3. Model validation.

 2.3.1. Simulation of Typhoon Soulik.

Typhoon Soulik developed as a tropical storm at 0000 UTC on July 8 and rapidly intensified to a category 4 tropical cyclone (Saffir–Simpson hurricane scale) with a maximum wind speed of 64 m/s and a minimum central surface air pressure of 929 mb on July 10, located at 21.1°N, 135.9°E ( Figure 1 ).  Figure 1A  shows the tracks simulated in both experiments, along with the best track from the JTWC. Both the simulated tracks matched the best track well before passing the area at approximately 128°E, where the simulated tracks started slightly shifting to the north compared to the corresponding observations.

The intensity of Typhoon Soulik, as simulated by EXPHYCOM, was consistent with the JTWC data in the developing period, i.e., until it reached the maximum wind speed of 63.4 m/s and the central surface air pressure of 932 mb at 0200 UTC on July 10, 2013, and after July 11, 2013. The main difference was the duration of their maximum intensity: the maximum typhoon intensity was maintained for 12 hours in the JTWC, but it dropped gradually after reaching the maximum in the EXPHYCOM. In comparison, Typhoon Soulik, as simulated in EXPCLIMAT, had a maximum wind speed of 59.1 m/s, which was weaker than that in the observations and in EXPHYCOM.


 2.3.2. Validation with Argo profile data.

Argo profiles within 200 km of the track of Soulik from July 7 to July 17, 2013, were chosen to validate the model performance (green circles in  Figure 1A ).  Figure 2  shows the temperature and salinity comparisons between EXPHYCOM and the corresponding Argo data. The model results for temperature and salinity were interpolated to the locations and depths of the Argo samples for comparison. A great temperature match was found between the simulation and the Argo data, with a correlation coefficient (R) > 0.99, although the salinity simulations showed some bias, and their influence on sea surface cooling was limited.

 

Figure 2 | Comparisons of Argo observations with the corresponding results of EXPHYCOM for (A) temperature and (B) salinity. In the linear fitting formulas, Y is the model results, and X is the corresponding Argo observations. R is the correlation coefficient between the model results and Argo data. 






 3. Results and discussion.

 31. Sea surface cooling from satellite observations.

The remote sensing of SST during Typhoon Soulik ( Figure 3 ) revealed that the SST near its track was mostly higher than 29°C on July 6 and 7, 2013. The SST slightly dropped (by less than 1°C) to the north of the track on July 8, and significant cooling occurred later on July 10. Although sea surface cooling took place along the entire track, a detailed examination found that the cooling was not homogeneously distributed but presented a multicore structure, identified as several spatial peaks of sea surface cooling, with a minimum SST of less than 24°C. During the period from July 10 to July 12, the maximum wind speed of Typhoon Soulik gradually decreased in association with a stable translation speed, i.e., approximately 6 m/s. Wei et al. (2017) determined that large-scale sea surface cooling occurred during the passage of Typhoon Soulik with a prognostic algorithm where only wind was incorporated; however, multicore sea surface cooling was captured by a machine learning algorithm where ocean parameters, e.g., SST, sea surface height, and temperature at 100 m depth, were incorporated. Considering the inconsistent patterns of typhoon intensity and translation speed in relation to the spatial features of sea surface cooling, the multicore sea surface cooling was attributed to other factors, e.g., oceanic conditions.

 

Figure 3 | Remote sensing SST observations from July 6 to July 13, 2013. Colored dots show the intensities and locations of Typhoon Soulik (2013) at 6-hour time intervals. TD, TS, I, II, III and IV represent tropical depression, tropical storm, and category 1, category 2, category 3 and category 4 tropical cyclone grades, respectively, according to the Saffir-Simpson hurricane wind scale. The enlarged green circle is the real-time location of the typhoon center at 0000 UTC on each day. 



The SLA before, during and after Typhoon Soulik ( Figure 4 ) captured several eddies on July 6, 2013, before the formation of the typhoon. Three CEs, located between 125°E and 139°E, stayed at roughly the same positions before, during and after the passage of the typhoon. The maximum sea surface cooling induced by Typhoon Soulik ( Figure 5 ) was the minimum value in the SST anomaly, defined as the difference with that at each location during its passage on July 8. The cold core features became more prominent in the anomalous field, and their locations were consistent with those of the three cold eddies (CE1, CE2, and CE3) ( Figure 5 ). Thus, the cold cores induced by Typhoon Soulik were associated with the preexisting CEs, and the spatial peaks with the maximum sea surface cooling within the three cold eddies, referred to as the cooling centers, were marked as C1, C2 and C3 ( Figure 5 ). The SST anomalies at the C1, C2 and C3 cooling centers were -8.10°C, -7.95°C and -6.60°C, respectively.

 

Figure 4 | Remote sensing SLA observations from July 6 to July 13, 2013. The symbols in this figure are the same as those in  Figure 3 . 



 

Figure 5 | Spatial distribution of maximum sea surface cooling from remote sensing (color shading) during Typhoon Soulik and the preexisting mesoscale eddies on July 6 (blue and red contours). The blue (red) contours delineate the edges of the CEs and anticyclonic eddies. The red dots (C1, C2 and C3) are the cooling centers within the corresponding preexisting CEs (CE1, CE2 and CE3). The other symbols are the same as those in  Figure 3 . 




 32. SST response in numerical experiments.

The upper ocean response to Typhoon Soulik was simulated by the coupled atmosphere and ocean model. The sea level on July 8 in the EXPHYCOM simulation ( Figure 6A ) included eddies, and the spatial pattern of the CEs was highly consistent with the AVISO data ( Figure 4 ). Similarly, the maximum sea surface cooling for each grid in EXPHYCOM ( Figures 6C ) showed a multicore structure similar to that of the remote sensing of SST ( Figure 5 ), indicating that the cooling associated with the CEs was successfully reproduced by the model. Furthermore, the cooling centers in the model (M1, M2, M3) that occurred within the CEs were highly consistent with those in the altimetry data (C1, C2, C3) ( Figure 5 ). The maximum sea surface cooling at the M1, M2 and M3 cooling centers was -6.73°C, -7.35°C and -8.31°C, respectively.

 

Figure 6 | Sea level on July 8 (A, B) and corresponding maximum sea surface cooling distribution (C, D) in (A, C) EXPHYCOM and (B, D) EXPCLIMAT. The red dots (M1, M2 and M3) in (C) are the cooling centers within the corresponding preexisting CEs (refer to those in  Figure 5 ). The black box shows the domain for CE2. The black curve is the track of Typhoon Soulik. The other symbols are the same as those in  Figure 3 . 



The sea level on July 8 in the EXPCLIMAT simulation did not capture the occurrence of CEs ( Figure 6B ), and there was no multicore sea surface cooling. The maximum sea surface cooling showed a continuous band pattern ( Figure 6D ) with a weaker value (-4.85°C) compared with that in EXPHYCOM (-8.31°C) and in the observation (-8.1°C). In EXPCLIMAT without the CEs, the maximum SST cooling at the same positions as M3, M2 and M1 were only -2.11°C, -4.68°C and -4.48°C, respectively. As the CEs were not present in the initial field, the continuous band of the SST cooling response in EXPCLIMAT indicated that the three cold cores induced by Typhoon Soulik in EXPHYCOM were related to the preexisting CEs. Considering that the sea surface cooling at M2 in EXPHYCOM was closer to the corresponding observations than those at M1 and M3, the following discussion focuses on the dynamic mechanisms of CE2.


 3.3. Effects of eddy-related processes on the temperature response.

The mixed layer depth and the strength of stratification beneath it were found to be the two major oceanic parameters influencing the wind-induced cooling amplitude (Vincent et al., 2012b). The vertical temperature profiles at M2 showed similar mixed layer depths before the passage of Typhoon Soulik in EXPHYCOM and EXPCLIMAT ( Figure 7 ), but the temperature gradient below the mixed layer was larger in EXPHYCOM than in EXPCLIMAT. A large temperature gradient in a CE makes vertical mixing and upwelling more efficient, facilitating sea surface cooling (Wu et al., 2007; Zheng et al., 2010). Consistently, the colder water entrained from the upper thermocline was demonstrated to enhance sea surface cooling when there was a large temperature gradient at the base of the mixed layer (Wu et al., 2007).

 

Figure 7 | Vertical temperature profiles on July 8 (solid lines) and when the maximum sea surface cooling occurred after the passage of Soulik (dashed line) in EXPHYCOM (red) and EXPCLIMAT (blue) at M2. 



A region around M2, which was 200 km along the track and within 200 km from the TC track on both the right and left sides (see the black box in  Figure 6 ), was chosen for further dynamic analysis. Typhoon Soulik passed the region at approximately 0100 UTC on July 11, 2013. The maximum sea surface cooling occurred 18 and 20 hours after the typhoon passage in EXPHYCOM and EXPCLIMAT, respectively. The oscillation period of the temperature anomaly was close to the inertial period at M2, i.e., 30 hours, indicating the existence of near-inertial oscillations (Price, 1983; Gill, 1984; Shay and Elsberry, 1987). To eliminate the influence of the near-inertial oscillations on the contribution of mixing and advection to SST anomalies, the sea surface cooling was obtained by averaging the SST anomalies during one inertial period from 3 to 33 hours after the typhoon passage ( Figures 8A, B ). The SST anomaly without CE2 in EXPCLIMAT was relatively uniform along the track ( Figure 8B ), which was in agreement with previous research where the composite method was applied along the track (e.g., Mei and Pasquero, 2013). In contrast, several semicircular SST anomaly contours (black contours) between 100 km and 200 km to the right of the track in EXPHYCOM illustrated a prominent along-track variation in the SST anomaly, probably leading to a cooling core. The SST anomaly contours to the right of the track had the same shapes as the outermost zeta contour (red dashed curve) in EXPHYCOM ( Figure 8A ), demonstrating that the along-track variation was associated with the preexisting CE2.

 

Figure 8 | Modeled (A, B) SST anomalies and corresponding contributions of (C, D) mixing, (E, F) along-track advection and (G, H) cross-track advection to the SST anomaly within the defined domain (see  Figure 6  for the location) in EXPHYCOM (A, C, E, G) and EXPCLIMAT (B, D, F, H). Red dashed curves indicate the initial zeta contours (0.7 m and 0.8 m) before the passage of the typhoon. Along-track distances of 0 and -200 km represent the east and west edges of the domain (see black box in  Figure 6 ), respectively. Cross-track distances of -200 and 200 km represent the left and right edges of the domain (see black box in  Figure 6 ), respectively. 



Both experiments showed rightward-shifted patterns of sea surface cooling ( Figures 8A, B ), which is a well-known feature of the SST response to typhoons in the Northern Hemisphere. The clockwise rotation of the wind stress tends to resonate with the wind-induced inertial currents, enhancing vertical mixing and resulting in a rightward strengthening of surface cooling (Price, 1981). This pattern was prominent in EXPCLIMAT ( Figure 8D ), where the maximum sea surface cooling induced by mixing (-4.4°C) appeared 50 km to the right of the track. However, there was no obvious signal in EXPHYCOM ( Figure 8C ); instead, the maximum sea surface cooling induced by mixing (-6.0°C) appeared 40 km to the left of the track. The mean sea surface cooling within 200 km that was induced by mixing in EXPHYCOM was 1.5°C higher than that in EXPCLIMAT. Thus, the rightward-shifted cold wake in EXPHYCOM was attributed to horizontal advection rather than mixing.

The SST anomaly and corresponding contribution of a long-track advection in EXPHYCOM showed a similar cambered shape on the right side of the TC track ( Figures 8A, E ), indicating that the cooling pattern in EXPHYCOM was mainly caused by a long-track advection. However, the contribution of a long-track advection was relatively uniform along the track in EXPCLIMAT and was negative (positive) on the right (left) side ( Figure 8F ). The advection-induced cambered SST anomaly in EXPHYCOM was consistent with the outermost zeta contour ( Figure 8E ), indicating the impact of the geostrophic eddy current. The contribution of the cross-track advection in both experiments showed the same pattern: positive in the central area and negative in the surroundings. In contrast with the result in EXPCLIMAT, EXPHYCOM also presented a more important contribution of cross-track advection due to the influence of CE2, although along-track advection was more prominent. The contribution of vertical advection was negligible in both experiments for the change in SST (not shown), which was consistent with the results of Lin et al. (2017).

Overall, the contributions of mixing, along-track advection and cross-track advection to the SST anomaly were all enhanced by CE2 ( Figure 8 ), resulting in an intensified rightward-shifted cold wake during Typhoon Soulik. The enhanced SST anomaly that was induced by mixing mainly occurred in the central area, i.e., within 50 km of the track of the typhoon, without the rightward-shifted signal. Thus, eddy-related advection played a dominant role in the rightward-shifted cold wake in EXPHYCOM.

A temperature budget analysis at M2 was conducted to further quantify the contributions of mixing and advection to the rightward-shifted cold wake ( Figures 9 ,  10 ). In both EXPHYCOM and EXPCLIMAT, strong sea surface cooling, e.g., a temperature anomaly of more than -1°C, appeared immediately before the passage of the typhoon and rapidly deepened to approximately 50 m within several hours ( Figures 9A, B ). The sea surface cooling was -6.94°C in EXPHYCOM ( Figure 9A ), while the contributions of vertical mixing and advection were -4.24°C and -2.71°C, respectively ( Figures 9D, G ). Thus, vertical mixing dominated the SST response, with a contribution of 61% to sea surface cooling, which is in agreement with the results of previous studies (e.g., Price, 1981; Lin et al., 2017). The accumulated contribution of total advection to the surface temperature anomaly gradually increased as Typhoon Soulik approached, reaching its maximum on July 11, right after the typhoon passed M2. Advection contributed 39% to sea surface cooling; in contrast, horizontal diffusion had a negligible contribution (not shown).

 

Figure 9 | Modeled upper ocean temperature anomaly at M2 in (A) EXPHYCOM, (B) EXPCLIMAT, and (C) their difference; accumulated contribution of vertical mixing to the temperature anomaly in (D) EXPHYCOM, (E) EXPCLIMAT and (F) their difference; accumulated contribution of advection to the temperature anomaly in (G) EXPHYCOM, (H) EXPCLIMAT and (I) their difference. The differences are obtained by subtracting the EXPCLIMAT values from the EXPHYCOM values. 



 

Figure 10 | Modeled accumulated contribution of a long-track advection to the temperature anomaly in (A) EXPHYCOM, (B) EXPCLIMAT and (C) their difference; modeled accumulated contribution of cross-track advection to the temperature anomaly in (D) EXPHYCOM, (E) EXPCLIMAT and (F) their difference; modeled accumulated contribution of vertical advection to the temperature anomaly in (G) EXPHYCOM, (H) EXPCLIMAT and (I) their difference. The differences are obtained by subtracting the EXPCLIMAT values from the EXPHYCOM values. 



The sea surface cooling in EXPCLIMAT was -4.26°C ( Figure 9B ), and the contributions of vertical mixing and advection were -4.30°C and 0.06°C, respectively ( Figures 9E, H ). Compared to EXPHYCOM, vertical mixing played a more important role in EXPCLIMAT by contributing all of the sea surface cooling. Without preexisting CEs, advection was driven by typhoon-generated currents, which suppressed cooling by introducing a small positive temperature anomaly.

Under the influence of the typhoon, the sea surface cooling in EXPHYCOM was 2.68°C greater than that in EXPCLIMAT ( Figure 9C ). The vertical mixing in EXPHYCOM actually caused a smaller temperature anomaly in sea surface cooling compared to that in EXPCLIMAT ( Figure 9F ). Instead, the total advection in EXPHYCOM induced a much larger decrease in SST (-2.71°C) than that (+0.06°C) in EXPCLIMAT ( Figure 9I ). The advection in EXPHYCOM was induced by a combined impact of typhoon-generated currents and eddy-related currents, and the latter processes were not incorporated in EXPCLIMAT. Thus, advection due to eddy-related currents played a dominant role in enhancing sea surface cooling by introducing an additional negative temperature anomaly at M2.

The representativeness of the cooling pattern at M2 was further assessed over an area of 1°, i.e., 111 km in the along-track direction and 111 km in the cross-track direction, centering around M2. During the passage of the typhoon, the area-averaged sea surface temperature anomaly in EXPHYCOM (-6.27°C) was -2.20°C lower than that in EXPCLIMAT (-4.07°C). Correspondingly, the enhancement of sea surface cooling due to vertical mixing (-4.09°C and -3.31°C) and advection (-2.18°C and -0.76°C) contributed 35% and 65% in EXPHYCOM and EXPCLIMAT, respectively. The advection still played a dominant role in the eddy-induced enhancement of the area-averaged sea surface cooling at M2, indicating that M2 can represent the cooling core area related to the eddy-induced dynamics.

The advection effect  consists of three terms:  (along-track advection),  (cross-track advection), and  (vertical advection), and their contributions at M2 are shown in  Figure 10 . In EXPHYCOM, along-track advection (-2.72°C) contributed a majority of the temperature anomaly (-2.71°C) induced by advection ( Figure 10A ). The cross-track advection contributed a negligible role of 0.01°C ( Figure 10D ). In EXPCLIMAT, cross-track advection caused a positive temperature anomaly (0.89°C) that was mostly offset by along-track advection (-0.84°C) ( Figures 10B, E ). In both EXPHYCOM and EXPCLIMAT, the contribution of vertical advection to sea surface cooling was negligible due to the small vertical temperature gradient and vertical current in the mixed layer ( Figures 10G, H ). In comparison, upwelling caused an obvious negative temperature anomaly in the subsurface at an approximately 100 m depth due to the large vertical temperature gradient in the thermocline ( Figures 10G, H ). However, this negative temperature anomaly was mostly counteracted by the positive temperature anomaly that was induced by vertical mixing ( Figures 9D, E ).

A comparison of the three advection terms between EXPHYCOM and EXPCLIMAT is shown in  Figures 10C, F, I . At the forcing stage (-0.5 to 0.5 days, Sanford et al., 2011), along-track advection was almost the sole advection process that directly induced a negative temperature anomaly ( Figure 10C ). The cross-track advection enhanced sea surface cooling after the forcing stage ( Figure 10F ). The along-track and cross-track advection terms contributed -1.88°C (68%) and -0.89°C (32%), respectively, to the enhancement of the average sea surface cooling. The difference in vertical advection was insignificant since the process offered a limited contribution to sea surface cooling in both EXPHYCOM and EXPCLIMAT.

The averaged along-track and cross-track components of the current at M2 from July 8 to July 10, 2013, were both negative (in the moving direction of the typhoon or to the left of the typhoon track) with values of -0.24 m/s and -0.05 m/s, respectively ( Figures 11A, B ). For a CE, negative along-track and cross-track components of the current indicate that it is located to the northwest of the eddy (Yang et al., 2013; Zhang et al., 2018). The corresponding along-track temperature gradient  is negative, and the cross-track temperature gradient  is positive. Specifically, the average  at M2 was -5.7×10-6°C/m, and the average  was 5.5×10-6°C/m in EXPHYCOM during this period. Therefore, the along-track advection  was negative, and the cross-track advection  was positive, which is in agreement with the model results at M2 before the approach of the typhoon ( Figure 10A ). Since the magnitudes of the along-track current and temperature gradient were higher than their corresponding cross-track values, along-track advection was dominant before July 10, resulting in a negative temperature anomaly due to eddy advection. The advection-induced temperature anomaly averaged from 0000 UTC on July 8 to 0000 UTC on July 10 at M2 in EXPHYCOM was -0.082°C.

 

Figure 11 | The along-track velocity of (A) EXPHYCOM and (C) EXPCLIMAT, the cross-track velocity of (B) EXPHYCOM and (D) EXPCLIMAT, and the difference in the (E) along-track velocity and (F) cross-track velocity between EXPHYCOM and EXPCLIMAT. 



On July 10, a cold wake appeared to the east of M2 ( Figure 3 ) that increased the magnitude of the negative along-track temperature gradient  at M2. Together with a strengthened along-track negative velocity ( Figure 11 ), it induced a negative along-track advection effect  , resulting in enhanced sea surface cooling at M2.

In this study, the along-track current located to the northwest of CE2 and to the right side of Typhoon Soulik also produced forward advection of the cold wake. Thus, the along-track advection enhanced the typhoon-induced sea surface cooling at M2 by strengthening the westward current and increasing the negative along-track temperature gradient. After July 10, although both the along-track velocity and temperature gradient fluctuated with time, the accumulated contribution of a long-track advection to the surface temperature anomaly was always negative ( Figure 10 ), persistently enhancing sea surface cooling.

Typhoon Soulik drove a negative  at M2, associated with a positive cross-track component of the current immediately after its passage. Thus, the cross-track advection effect,  , was positive ( Figure 10E ). In contrast, the preexisting CE2 drove positive  and negative cross-track current components at M2 that weakened the negative temperature gradient and the positive current, respectively. As a result, the cross-track advection effect  decreased (enhanced cooling) due to the effect of CE2 in EXPHYCOM ( Figure 10D ), which was not reflected in EXPCLIMAT ( Figure 10E ).

Although a larger temperature gradient was identified below the mixed layer at M2 within the preexisting CE in EXPHYCOM ( Figure 7 ), vertical mixing did not drive a larger temperature anomaly for sea surface cooling compared with that in EXPCLIMAT. In contrast, advection played a more important role in the enhancement of sea surface cooling. Considering the stable location of the eddy during the passage of the typhoon, the advection was mainly attributed to the eddy-related anticlockwise current instead of the eddy movement, as demonstrated in Ning et al. (2019).

To determine why the contribution of mixing to the surface temperature anomaly at M2 was smaller in EXPHYCOM than in EXPCLIMAT, the contribution of advection to the subsurface temperature anomaly and the vertical temperature gradient due to the preexisting CE was examined to understand the subsequent contribution of mixing to the surface temperature anomaly. When the advection of the cold wake associated with the preexisting CE enhanced the sea surface cooling at M2, it also affected the subsurface temperature anomaly ( Figures 9G, I ). In the subsurface layer (70-130 m), the accumulated temperature anomaly induced by advection was initially positive and rapidly became negative in both EXPHYCOM and EXPCLIMAT due to the passage of Typhoon Soulik. Vertical advection played a dominant role in the temperature anomaly in this layer ( Figures 10G, H ), while the contributions of a long-track and cross-track advections were very small ( Figures 10A, B, D, E ).

The vertical advection tended to strengthen the vertical temperature gradient by inducing subsurface cooling, which enhanced the mixing-induced sea surface cooling ( Figures 10G, H ). This was in agreement with the results of previous studies that more than half of the storm-core sea surface cooling was neglected if the effect of upwelling was not considered for slow-translating TCs (Yablonsky and Ginis, 2009; Chiang et al., 2011). However, there was little difference in the value of subsurface cooling induced by upwelling in EXPHYCOM and EXPCLIMAT ( Figures 10G–I ), indicating that CEs made little contribution to the change in the vertical temperature gradient induced by vertical advection.

The along-track advection reduced the vertical temperature gradient, as it induced obviously greater sea surface cooling compared with that in the subsurface ( Figures 10A, B ). Moreover, as the sea surface cooling induced by a long-track advection in EXPHYCOM was more significant than that in EXPCLIMAT, the reduction in the vertical temperature gradient induced by a long-track advection was larger in EXPHYCOM than that in EXPCLIMAT, indicating the modification effect of the preexisting CE on the vertical temperature gradient by a long-track advection.

The sea surface cooling induced by cross-track advection was larger than that at the subsurface in EXPHCYOM, indicating a decrease in the vertical temperature gradient induced by cross-track advection ( Figure 10D ). However, there was only a small difference in the temperature anomaly between the surface and subsurface in EXPCLIMAT ( Figure 10E ), implying a negligible contribution to the vertical temperature gradient. Therefore, compared to the result without CEs, preexisting CEs in EXPHCYOM could decrease the vertical temperature gradient by cross-track advection.

Overall, preexisting CEs tended to reduce the vertical temperature gradient by horizontal advection, which may offset the larger temperature gradient at M2 within the preexisting CEs, resulting in less sea surface cooling induced by mixing with a larger temperature gradient.

Considering that the effect of eddy-related advection on the SST response was related to the relative locations of the mesoscale ocean eddies to the typhoon track, the eddy-related current could lead to forward advection of the typhoon-induced cold wake when the along-track component of the eddy-related current was consistent with the moving direction of a typhoon. The scenario was also valid for the effect of anticyclonic oceanic eddies; for example, when a preexisting oceanic anticyclonic eddy was located to the right of a typhoon track, the along-track current in the fourth quadrant of the eddy led to forward advection of the cold wake, enhancing sea surface cooling (Yablonsky and Ginis, 2013). On the other hand, Ning et al. (2019) found that CE-induced horizontal advection weakened sea surface cooling and increased subsurface warming. Due to the complex oceanic dynamics during the passage of typhoons and the coeffect of mesoscale eddies, further study is required for more cases with three-dimensional observations.



 4. Conclusions.

Based on remote sensing SST data, a unique multicore structure of sea surface cooling was observed after the passage of Typhoon Soulik (2013) in the western North Pacific. The spatial pattern of the three sea surface cooling cores matched the locations of the three preexisting CEs well, suggesting the impact of preexisting CEs on enhancing sea surface cooling during the passage of Typhoon Soulik.

The multicore structure of the SST response during Typhoon Soulik was perfectly reproduced by a coupled ocean-atmosphere model. Two numerical experiments with and without preexisting CEs were conducted to determine the mechanisms of the eddy in modulating the typhoon-induced SST cooling structure.

The numerical experiment comparison demonstrated that the strengthened vertical stratification and eddy-related current in preexisting CEs enhanced sea surface cooling with a rightward-shifted pattern. Compared with the climatological initial field, the strengthened vertical stratification with a larger temperature gradient below the mixed layer in the CEs drove intensified vertical mixing, leading to greater sea surface cooling. The enhanced SST anomaly induced by mixing was located beneath the center of the typhoon, without a rightward-shifted signal. Advection due to eddy-related currents drove the rightward-shifted pattern of enhanced sea surface cooling. Additionally, along-track advection contributed to the enhancement of sea surface cooling at the cooling center. As the typhoon moved westward, a cold wake was introduced to the east of the CE, which strengthened the along-track temperature gradient. The eddy-driven westward current, together with the strengthened negative along-track temperature gradient, induced along-track advection of the cold wake that further enhanced the sea surface cooling at the cooling center.

Previous studies have identified the relationship between preexisting CEs and sea surface cooling during the passage of typhoons. A larger temperature gradient in a CE elevated typhoon-induced vertical mixing and upwelling, thus enhancing sea surface cooling. Meanwhile, the translation of a CE can also impact the temperature response to a tropical cyclone (Ning et al., 2019). Our study suggested another possible mechanism for a CE to modulate and intensify typhoon-induced sea surface cooling via horizontal advection due to eddy-related currents.
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Mesoscale eddies are widespread in the oceans; however, tracking and observing them remains a challenge. Additionally, there are few studies of eddy–Kuroshio interactions based on large-scale in situ data. Data from a large array of 39 CPIESs deployed around the Luzon Strait in 2018–2019 (12 deployed east of Taiwan within a 3 × grid) were used to reveal the three-dimensional structure of mesoscale eddies and their interaction with Kuroshio. The results show a strengthening (weakening) of the tilt of the pycnocline, which has also caused a deeper (shallower) pycnocline in eastern Taiwan following an anticyclonic (cyclonic) interaction with Kuroshio, which resulted in a strengthening (weakening) of the Kuroshio.  During the anticyclonic eddy impinging Kuroshio, the downward (upward) movement at the center of the anticyclonic eddy (Kuroshio) results in a positive (negative) anomaly structure for temperature, with corresponding positive (negative) anomalies for salinity above 600 m in the intermediate layer and negative (positive) anomalies below 600 m. In contrast, when the cyclonic eddies interact with the Kuroshio, the temperature and salinity anomalies change simultaneously, with the temperature showing an overall negative anomaly and the salinity showing a negative and positive anomaly above and below 600 m, respectively. The research in this study provides the basis for further research on energy exchange during eddy–Kuroshio interactions.
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1 Introduction

The Kuroshio is a strong western boundary current that originates from the northward branch of the North Equatorial Current bifurcation off the east coast of the Philippines (Zhang et al., 2001; Qiu and Chen, 2010b). Kuroshio flows northward mainly along Luzon and flows into the East China Sea and the south coast of Japan via waterways east of Taiwan, while bringing heat and salinity from low equatorial latitudes to mid-latitudes, thus affecting climate and ocean–atmosphere interactions along the flow path (Nitani, 1972; Kwon et al., 2010).

Mesoscale eddies are spatially scaled eddies of 50–500 km and temporally scaled eddies of days to months in the ocean, which are mainly characterized as circulations that remain closed for longer periods of time (Chelton and Schlax, 1996; Chelton et al., 2007; Chelton et al., 2011). Depending on the direction of rotation, mesoscale eddies are divided into anticyclonic eddies and cyclonic eddies, in the ideal case, while the central water mass of an anticyclonic (cyclonic) eddy exhibits a downward (upward) vertical motion, while the situation in the ocean is very complex and is related to the life cycle of the eddy (Koszalka et al., 2009; Buongiorno Nardelli, 2013; McGillicuddy, 2016; Viúdez, 2018). The instability of currents, atmospheric forcing, and topography all play an important role in the formation of mesoscale eddies. As a carrier of oceanic material and energy transport, mesoscale eddies are commonly found in the oceans, and their kinetic energies are one order of magnitude larger than the average kinetic energies in most of the ocean, and they make important contributions to oceanic circulation, ocean energy balance, water mass distribution, thermal salinity, and nutrient transport (Chelton et al., 2011; Yang et al., 2013; Dong et al., 2014; Xu et al., 2014; Zhang et al., 2014; Zhang et al, 2016). In the subtropical countercurrent (STCC) region of the mid-latitude western Pacific, a large number of eddies are generated due to strong shear and oblique pressure instability (Qiu, 1999). These eddies propagate westward since their generation to near the western boundary of the Pacific Ocean and some eddies can intrude the South China Sea (Guo et al., 2017). The complex oceanic background circulation east of Taiwan is not only the main current area of the Kuroshio, but also one of the areas where the mesoscale eddies in the northwest Pacific are highly active (
Figure 1
). It has been shown that the mesoscale eddies are one of the main factors causing the intraseasonal variability of the Kuroshio east of Taiwan, with a period of ~100 days (Zhang et al., 2001; Liu et al., 2004; Qiu and Chen, 2010a; Chang et al., 2015; Jan et al., 2015; Ren et al., 2020). The existing studies on the influence of mesoscale eddies on Kuroshio mainly rely on numerical models, and the evolution of the eddy–Kuroshio interaction combined with the measured data remains less studied due to the insufficient data of in situ long-time observation arrays, and the dynamic mechanism of mesoscale eddies affecting Kuroshio still needs to be further clarified.




Figure 1 | 
The surface geostrophic currents and CPIES array distribution around east of Taiwan. Red triangles denote CPIES stations; color shading is the bottom topography from the ETOPO1 Global Relief Model, and average surface geotropic currents (black arrows) between January 2018 and July 2019 are from AVISO data, covering the observation time of CPIES. The CPIES array was deployed from January 2018 and July 2019. The topographic data were from the following website: https://www.ngdc.noaa.gov/mgg/global/etopo1sources.html.




The study of mesoscale eddies mainly relies on satellite altimeter data, combined with eddy tracking algorithms to obtain long-term surface eddy dynamics information (Chelton et al., 2007; Chelton et al, 2011). With the large number of Argo profiling buoys deployed in the global oceans, a large amount of upper ocean temperature and salt data have been accumulated, and the combination of satellite altimeter data, in situ survey data, and reconstruct eddy methods has greatly facilitated the study of mesoscale eddies. In the northwest Pacific Ocean, we have studied the three-dimensional structure of mesoscale eddies and their heat transport and have found that the eddies can affect the depth of 1,000 m (Qiu et al., 2005; Hu et al., 2011; Nan et al., 2011; Liu et al., 2012; Yang et al., 2013; Zhang et al., 2013; Chu et al., 2014; Zhang et al., 2014a; Zhang et al., 2015; Shu et al., 2016; Dong et al., 2017; Chen et al., 2018; He et al., 2018). Zhang et al (2016) used the S-MEE project to deploy a mooring system submersible array in the northeastern part of the South China Sea and combined it with synthetic analysis to describe the three-dimensional structure of the mesoscale eddies and yield the process of eddy energy dissipation. In the latest study, Li et al. (2022) combined satellite observations and global Argo data to find a general vertically tilted structural feature of the global eddy, further contributing to our understanding of the three-dimensional structure of the mesoscale eddy (Li et al., 2022a; Li et al, 2022b). Despite the large number of studies on mesoscale eddies, tracking eddies and their dynamical processes from in situ observations is a challenge because eddies vary in both time and space, and most studies can only focus on the state of the eddy at a single moment in time.

The Current–Pressure Inverted Echo Sounder (CPIES), which integrates current and pressure sensors, has been widely used in oceanographic surveys because of its small size and easy deployment. Combined with the gravest empirical mode (GEM) method, we can obtain four-dimensional temperature, salinity, density, and current data of the whole water layer in the observation area. Based on the data of a large-scale CPIES array, this paper will construct mesoscale three-dimensional structure characteristics, reveal the isopycnic variation process of one of the eddy current interaction process mechanisms, and provide a basis for the study of mass transport and energy dissipation of mesoscale eddies.



2 Materials and methods


2.1 CPIES data

An inverted echo sounder (IES) equipment with a current sensor (C) and a pressure sensor (P) is called CPIES, which consists of a fishing float, a glass float, an Aanderaa current meter, a 50-m communication cable, a PIES body, and a heavy anchor. The working mode is mainly to measure the sound propagation time from the sea surface to the sea bottom. Since its inception in the 1970s, IES has been widely used in marine research with the help of technological developments and the progress of data processing methods (Meinen et al., 2003; Donohue et al., 2008; Watts et al., 2001).

This has relied heavily on the ground-transfer empirical modal GEM method proposed by Watts et al (2001) for data inversion methods. This method establishes an empirical relationship between sound propagation time (τ) and temperature, salinity, and streamflow functions by integrating all historical measured temperature and salinity profiler for the study area, creating a Lagrangian matrix of scatter points and projecting the existing temperature and salinity data onto this two-dimensional space. Also, an observation array consisting of multiple CPIES can be based on the GEM method to obtain an absolute current profile. A reference layer needs to be chosen to create GEM, and this reference layer requires a depth that can basically cover the depth of baroclinic influence. Considering the weak baroclinic below 1,000 m east of Taiwan, this study takes 1,000 m as the reference layer. As a comparison, the 1,000 m selected by Anders et al. (2017) in this region is used as the reference layer.

From December 2017 to July 2018, a total of 40 CPIES were deployed around the Luzon Strait, and 39 sites were successfully recovered in July 2019. Among them, 12 of the CPIES were deployed in the area east of Taiwan with a 3 × 4 size array. All CPIES observations were then preprocessed, which included being despiked, tidally corrected, and dedrifted, following Kennelly et al. (2007). All the final raw data were low-pass filtered with a 72-h window and a fourth-order Butterworth filter. For further information on the data processing and inversion process, see Zhao et al. (2022) and Zheng et al. (2022).



2.2 Satellite altimeter data

An Archiving, Validation, and Interpretation of Satellite Data in Oceanography (AVISO) altimetry data (http://marine.copernicus.eu/services-portfolio/access-to-products/) set was used in this study to track the mesoscale eddies. Sea surface height anomaly data are used in the manuscript, the data spatial resolution is 1/4° × 1/4°, and the data set extended from June 2018 to July 2019, which provided satisfactory overlap with the CPIES array data.



2.3 Historical data

In order to establish the relationship between the GEM array inversion temperature, salinity, and current, as well as the acoustic wave propagation time (τ) and the pycnocline, it is necessary to draw on as many existing historical data profiles as possible. Historical hydrographic data from the World Ocean Database (WOD) and Argo were selected from the locations shown in 
Figure 2
, with longitudes of 121.3–127°E and latitudes of 20–23.8°N. The locations selected were larger than the CPIES deployment sites. The total number of profiles is 3,155, of which 1,367 profiles are less than 1,500 m, 1,660 profiles are between 1,500 and 2,000 m, and 128 profiles are greater than 2,000 m.




Figure 2 | 
Distribution of historical CTD profile. (A) The range of selected CTD profiles. (B) The distribution of CTD profiles per month.






3 Results


3.1 Relationship between sea level anomaly, τ, nd pycnocline depth

Changes in the pycnocline depth have been shown in many studies to be one of the mechanisms of interaction between mesoscale eddies and Kuroshio (Ren et al., 2020). The time series of τ measurement from CPIES station C04 and sea level anomaly (SLA) are shown in 
Figure 3
, and the result reveals a highly negative correlation between SLA with a coefficient of –0.9. This means that the increase in sea surface height caused by the anticyclonic eddies (cyclonic eddies) can reduce (increase) the sound speed round trip propagation time.




Figure 3 | 
The relationship between τ SLA, and pycnocline; the SLA is the sea level anomaly from the AVISO product; dpyn is the pycnocline depth. (A) The measurement of τ nd SLA at the CPIES site C02; the blue line and the orange line are the τ and SLA, respectively. (B) The corresponding relationship between τ
1000 and the pycnocline depth (dpyn) calculated from historical CTD profiles in eastern Taiwan (red dots); the black solid line is the fitted curve.




To quantify the variation of the pycnocline at the interaction between eddies and Kuroshio, the measured propagation (τ) time series needs to be converted to the pycnocline variation, and here, we use the depth of the maximum density gradient to represent the pycnocline variation. Pycnocline depth is defined in this paper by the maximum density gradient (dρ/dz) below the seasonal thermocline (Tsai et al., 2015; Jan et al., 2017), calculated for each density profile located in the regions in the red point area from the historical Argo data (
Figure 2
). Thus, it is necessary to establish the relationship between the propagation time τ and the pycnocline depth. As mentioned before, in order to invert the temperature, salinity, and other data, the measurement time τ by PIES needs to be converted into the reference (τ) which is chosen to be 1,000 m. According to this, a function of the pycnocline depth (dpyn) and τ
1,000 are established based on historical CTD profile data. The result is plotted against the corresponding τ
1,000  in each profile shown in 
Figure 4
, the mean pycnocline is σ=25.9 kg m−3 and the depth is approximately 300 m at eastern Taiwan. The τ
1,000 and pycnocline depth exhibit a linear relationship with a correlation coefficient of 0.8, which means that pycnocline depth increases (decreases) with the increase (decrease) in τ
1,000. Therefore, we can obtain a simple corresponding function of the pycnocline depth and τ
1,000 by linear fitting, shown by the black line in 
Figure 3B
. Thus, we can invert the time series pycnocline depth at each time through τ
1,000 inverted from τ  measured by CPIES. Combining the relationship between τ
1,000 and SLA and pycnocline depth obtained from 
Figure 3
, we can conclude that the positive (negative) SLA caused by the anticyclonic eddies (cyclonic eddies), which corresponds to a smaller (larger) τ
1,000 is able to cause a deeper (shallower) pycnocline depth at the same time.



3.2 Interaction between mesoscale eddy and Kuroshio

During the observation period, multiple eddies propagating east of Taiwan are successfully captured by our CPIES array shown in 
Figure 5
, and based on the relationship between the eddies and the pycnocline depth obtained in the previous section, we have the opportunity to directly study the interaction between mesoscale eddies and Kuroshio. At the anticyclonic eddy moment, τ
1,000 forms a closed region of low values corresponding to the eddy. The minimum value of τ
1,000  ithe center of the eddy is 1.316 s, and τ
1,000  ll be larger the closer to the edge of the anticyclonic eddy. Additionally, it can be found that the distribution of τ
1,000  shows obvious east–west differences, and τ
1,000 in the region near the western Kuroshio is larger than that in the region controlled by the anticyclonic eddy, and the maximum value of τ
1000  at the Kuroshio location is close to 1.320 s. The depth of the pycnocline at the center of the anticyclonic eddy is calculated from the linear relationship between τ
1,000  and d

pyn
 and is determined to be approximately 450 m, while the pycnocline depth at the Kuroshio side is approximately 410 m, while at the cyclonic eddy impinging with Kuroshio, τ
1,000 forms a closed region of high values corresponding to the eddy shown in 
Figure 4A
, with a maximum τ
1,000 value of 1.322 s at the center of the eddy and decreasing toward the edge of the eddy. The distribution of τ
1,000  shows a small east–west difference, with a τ
1,000 value of 1.321 s near the Kuroshio side, but is still smaller than the interior of the eddy. According to the relationship, the depth of the pycnocline in the center of the cyclonic eddy and Kuroshio side is approximately 365 m and 370 m, respectively.




Figure 4 | 
Composite maps of τ (color shading) and pycnocline depth (black line, in meters) measurement from the CPIES array. (A) Cyclonic eddy and (B) anticyclonic eddy impinging on Kuroshio.







Figure 5 | 
Composite maps of sea level anomaly (color shading) and surface current (blue arrows) on (A) the cyclonic eddy and (B) the anticyclonic eddy captured by the CPIES array. The red dots denote CPIES stations.




Thus, the pycnocline depth at the anticyclonic eddy is significantly greater than at the cyclonic eddy, and the pycnocline is nearly parallel at the cyclonic eddy moment. Based on the possible variation mechanism proposed by Jan et al. (2015) and our calculations, the interaction between the eddy and the Kuroshio can be revealed by the schematic shown in 
Figure 6
. Under normal conditions, the pycnocline of the Kuroshio is tilted to the lower right (white line in 
Figure 6
) and the Kuroshio flows northward. While in the influence of the anticyclonic eddy (
Figure 6A
), the overall pycnocline becomes significantly deeper and the tilt of the pycnocline increases significantly, exhibiting a “see-saw” effect, thus resulting in an increase in the Kuroshio velocity, a wider Kuroshio width, and a greater Kuroshio thickness, even up to 800–1,000 m, while at the cyclonic eddy influence (
Figure 6B
), the pycnocline rises upward and reduces the tilt of the pycnocline, similar to a see-saw reverting to an intermediate state, corresponding to a decrease in the velocity and width of Kuroshio, as well as reducing the thickness of Kuroshio.




Figure 6 | 
Schematic diagram of the variation of (A) the anticyclonic eddy and (B) the cyclonic eddy interaction with Kuroshio.






4 Discussion

To study the changes of the hydrological background east of Taiwan under the interaction of eddies and Kuroshio, the average temperature and salinity characteristics at the study site are shown in 
Figure 7
. It can be clearly seen that the temperature vertical gradient (red curve) shows the existence of two thermoclines, the seasonal thermoclines above 200 m and the permanent thermoclines within 500 m. The salinity characteristics clearly show the subsurface high-salt water and lower salt of intermediate water, with the maximum salinity value of the subsurface water exceeding 34.8 psu, while the intermediate water shows obvious characteristics of the North Pacific intermediate water (NPIW), with the minimum salinity value less than 34.2 psu, and their core depths are approximately 100 m and 500 m, respectively.




Figure 7 | 
The average temperature and salinity characteristics in the study area; ΔT is the temperature vertical gradient.





4.1 The variation of anticyclonic eddies’ interaction with Kuroshio

An anticyclonic eddy is captured by the CPIES array shown in 
Figure 8
, where the temperature and salinity anomalies of the eddies are defined as the measured values at each point minus the average of each layer, and the center of each layer of the eddy is identified by the minimum velocity point, which is located at 123.5°E, 22.35°N. The left front of the anticyclonic eddy is adjacent to the Kuroshio, and the radius of this eddy is estimated to be approximately 70 km. The maximum velocity of the eddy at the surface layer is approximately 0.7 m/s, and the eddy extends to a depth of 1,000 m. Combined with 
Figure 4A
, it can be seen that the Kuroshio velocity west of 122.5°E is 0.7 m/s. Ren et al. (2020) measured the Kuroshio velocities by subsurface mooring and noted that the velocities can reach 1 m/s when interacting with anticyclonic eddies, probably due to the fact that the CPIES array is located on the eastern side of the Kuroshio main axis and thus the velocities are relatively small. Taking a latitudinal section along the center of the eddy at 22.35°N shown in 
Figure 9
, the temperature and salinity anomalies and velocity clearly show that the variation is completely different between the left and right sides of 122.5°E. The isotherm, isohaline, and pycnocline of the anticyclonic eddy are concave, while those in the Kuroshio side are convex.




Figure 8 | 
Three-dimensional structure of the anticyclonic eddy. (A) Temperature anomaly and (B) salinity anomaly; the vector is the geostrophic current, and the color shading represents the temperature and salinity anomaly.







Figure 9 | 
The temperature, salinity, and velocity along the 22.3°N section through the center of the anticyclonic eddy from (A, C). The color shading in (A–C) indicates temperature anomalies, salinity anomalies, and meridional velocity, respectively. The solid black lines in (A–C) indicate isothermal, isohaline, and isopycnic lines, respectively.




The largest positive temperature anomaly is located at the center of the eddy, with two positive temperature anomaly cores located at approximately 200 m and 500 m, with values of approximately 0.6°C and 1.4°C, respectively, which are basically located near the seasonal thermocline and the main thermocline. The salinity anomalies also show two cores below the subsurface layer, which are located at depths of 450 m and 850 m, with a maximum positive salinity anomaly of approximately 0.08 psu at 450 m. The characteristics of the salinity anomaly structure are related to the subsurface high-salinity water and intermediate waters. At the center of the anticyclonic eddy, downward movement of saline water from the subsurface will result in positive salinity anomalies at depths of 400–600 m. The downward transport of low-saline water in the intermediate layer will result in negative salinity anomalies below 600 m.

For the Kuroshio region west of 122.5°E, due to the see-saw like changes in the interaction between the anticyclonic eddy process, the variation of the Kuroshio is the opposite of the variation of the anticyclonic eddy. The Kuroshio side produces an overall negative temperature anomaly, and the salinity anomaly of the Kuroshio shows a negative–positive structure below 200 m. The upward movement of the low-salinity intermediate water at depths of 400–600 m results in a negative salinity anomaly at depths shallower than 600 m, with a maximum value of −0.06 psu at 450 m. Positive salinity anomalies of 0.04 psu are due to the upward movement of highly saline water in the deep sea below 700 m.



Figure 9C
 shows a velocity profile at the moment of the anticyclonic eddies, which shows in detail the characteristics of the velocity structure distribution inside the Kuroshio and anticyclonic eddies. The velocity at the center of the anticyclonic eddies is almost 0 m/s, with the velocity gradually increasing from the center outward. The left side of the eddy is connected to the Kuroshio, and the larger velocity range in the horizontal direction extends to approximately 122.75°E, thus illustrating the increase in the amplitude of the Kuroshio caused by the anticyclonic eddies.



4.2 The variation of cyclonic eddies interaction with Kuroshio

A cyclonic eddy structure is shown in 
Figure 10
; the center of this eddy is located at 123.75°E, 22.35°N, and the radius is estimated to be approximately 60 km from the sea surface height. The maximum velocity of the eddy is approximately 0.7 m/s, and can exceed 0.1 m/s at 1,000 m. Based on the latitudinal section of the eddy center at 22.35°N (
Figure 11
), the isotherm, isohaline, and pycnocline are found to be nearly horizontal, with a slight upward convexity at the center of the cyclonic eddy. The elevation of the pycnocline is evident; for example, the 26 kg m−3 density contour is located between 450 m and 500 m in a downward concave structure at the anticyclonic eddy, while at the cyclonic eddy, it is almost entirely above 400 m and is nearly horizontal. It can also be seen that the negative temperature anomaly has two cores, corresponding to two thermoclines with a maximum value of −0.8°C, located between 100 and 200 m. The cyclonic eddy-induced salinity anomaly shows a negative–positive structure below the subsurface layer. The core of the negative salinity anomaly is located at approximately 350 m with a maximum value of −0.06 psu, while the core of the positive salinity is located at approximately 800 m with a maximum value of 0.04 psu. The salinity anomalies can also be explained as follows: the upward movement of eddy center causes the low saline water between 400-600m to upward lift, resulting in negative salinity anomalies above the intermediate layer, while the salinity anomalies below 600m are positive due to the upward lift of the deeper high saline water.




Figure 10 | 
Three-dimensional structure of the cyclonic eddy. (A) Temperature anomaly and (B) salinity anomaly; the vector is the geostrophic current, and the color shading represents the temperature and salinity anomaly.







Figure 11 | 
The temperature, salinity, and velocity along the 22.3°N section through the center of the cyclonic eddy from (A–C). The color shading in (A–C) indicates temperature anomalies, salinity anomalies, and meridional velocity, respectively. The solid black lines in (A–C) indicate isothermal, isohaline, and isopycnic lines, respectively.




For the cyclonic eddy impinging on the Kuroshio, the reduction in the tilt of the pycnocline has already been analyzed and the corresponding velocity distribution (
Figure 11
) clearly depicts this reduction in velocity. The velocity of the Kuroshio decreases to approximately 0.2 m/s and the amplitude of the Kuroshio decreases significantly. This is in contrast to the velocity of the eastern side of the cyclonic eddy, which is approximately 0.4 m/s. When a cyclonic eddy interacts with Kuroshio, it weakens the tilt of the pycnocline, and if the cyclonic eddy is strong enough, it can even induce the depth of the pycnocline on the Kuroshio side to be lower than that on the eddy side, resulting in a reversal of the Kuroshio direction.




5 Conclusion

Using the extra-large CPIES array deployed in the area from July 2018 to July 2019, the relationship between propagation time τ1,000, SLA, and pycnocline variability was established in conjunction with historical data. This revealed that pycnocline variability is one of the mechanisms of the eddy–current interaction process. The results show that a positive (negative) SLA corresponds to a smaller (larger) τ1,000 propagation time and thus to a deeper (shallower) depth of the pycnocline. During the impact between anticyclonic eddy and Kuroshio, the downward movement of the water at the inner center of the eddy depresses the pycnocline, while the upwelling of the water at the center of the Kuroshio generates a convex pycnocline. The interacting process increases the isopycnic tilt, thus increasing the Kuroshio velocity. The influence of the cyclonic eddy on the Kuroshio reduces the tilt of the pycnocline, resulting in a reduction in the Kuroshio velocity or amplitude.

Based on the temperature, salinity, and current data from the CPIES inversion, the three-dimensional structure of the mesoscale eddies and Kuroshio was constructed for the first time from the eddy interaction processes captured by the large observation array, showing that the influence depth of the mesoscale eddies and Kuroshio can exceed 1,000 m. During the interaction between anticyclonic eddies and Kuroshio, the temperature in the eddy center shows a positive anomaly, and the salinity shows a positive–negative structure. The corresponding Kuroshio variability is opposite to that of the anticyclonic eddy and shows negative temperature anomalies; negative salinity anomalies are seen above 600 m and positive salinity anomalies are observed below 600 m due to the uplift of the deeper high-saline water.

When a cyclonic eddy impinges the Kuroshio, pycnocline variability is almost horizontally distributed. The structures of the temperature and salinity anomalies within the cyclonic eddy and Kuroshio are similar, with the temperature showing an overall negative anomaly and the salinity anomaly showing a negative–positive structure below the subsurface layer. Both temperature and salinity changes are caused by the vertical movement of the water, such that the low-saline intermediate water above 600 m produces a negative salinity anomaly, while the upwelling of the deeper high-salinity water below 600 m causes a positive salinity anomaly. These results also demonstrate the feasibility of applying CPIES to the tracking and observing of mesoscale eddies, which is important for the study of heat and salt transport and for understanding how mesoscale eddies influence energy exchange.
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In oligotrophic seas such as South China Sea, the subsurface or deep chlorophyll maximum (DCM) is always present. The surface planktonic community receives sufficient light, but is short of nutrients. The DCM layer is under light limitation, but frequent supply of nutrients. Therefore, vertical mixing becomes critical in determining their community composition and drives their changes by responding to light and nutrients. In this study, we conducted an onboard experiment by collecting seawater samples at surface and the DCM layer and adding nutrients, and incubated them under full sunlight and 10% light, and examined the diversity of bacterial and eukaryotic communities and their cell abundance using 16/18S high throughput sequencing and FCM approaches. Our study found large differences in bacterial and eukaryotic community structure and cell abundance between the surface and DCM. After 72 hours of culture, taxonomically the incubated surface water was dominated by pico-eukaryotic phytoplankton, while the incubated DCM layer water is dominated by diatoms, which suggests diatoms are the main functional group of phytoplankton bloom after a vertical mixing event. These findings indicate that phytoplankton at the DCM respond to enhanced light and frequent supplied nutrients due to vertical mixing and thus maintain primary productivity in the otherwise oligotrophic oceans.




Keywords: typhoon, bloom, phytoplankton, flow cytometry (FCM), high throughput
sequencing, DCM




1 Introduction

Marine microbial organisms play important functions in marine ecosystems and influence the biogeochemical recycling of carbon and nutrients (York, 2018). Pico- and nano-planktons (cell size 0.22-20 µm) are the most abundant component of plankton community and largely contribute to total microbial plankton biomass in open oceanic waters (Espinoza-González et al., 2012). Due to their small size and conspicuous morphology, their diversity started to be explored as a result of the wide application of molecular methods, especially the high throughput sequencing (López-García et al., 2003; de Vargas et al., 2015), which allows to examine their community structure and spatial-temporal distribution patterns in various marine environments including estuaries (Piwosz et al., 2018; Varkey et al., 2018), coastal waters (Hu et al., 2016; Gran-Stadniczeñko et al., 2019; Ramond et al., 2019), upwelling systems (Hernández-Ruiz et al., 2018; Gong et al., 2020; Gong et al., 2022), deep sea and the polar regions (Metfies et al., 2016; Clarke et al., 2019).

In oligotrophic seas, the planktonic community receives sufficient light at surface, but is short of nutrient supply. The subsurface (e.g., DCM) layer is under light limitation, but receives frequent supply of nutrients. This makes the abundance and community structure of plankton significantly different in the two layers (Casey et al., 2013; Giner et al., 2020). Moreover, pulsed supply of nutrients and elevated light penetration into the upper ocean are associated with vertical mixing caused by typhoons/internal waves and can significantly change microbial biomass, species composition and community succession (e.g., Chung et al., 2012). For instance, the measurements of Chl a during the Pabuk and Sepat typhoon events Morakot in the Northeast of Taiwan and in the Philippine Sea showed enhancements of up to 5.6–12 times compared with those before typhoon passage due to nutrients supply (Huisman et al., 2006; Chen et al., 2009b). In Lake Ammer, internal wave motions caused vertical displacement and community structure of phytoplankton (Hingsamer et al., 2014). Yet, few studies have comparatively investigated the microbial dynamics and more importantly their succession after the surface and subsurface waters mixing caused by physical dynamics, as the surface microbes receives sufficient nutrient supply and the subsurface microbes receives sufficient light, as it is very difficult to observe.

The South China Sea is a tropical-subtropical oligotrophic area with sufficient sunlight and stable stratified water structure (Wong et al., 2007). This area is characterized by complex physical and biological dynamics, strong seasonality and regional structuring of biophysical processes (Liu et al., 2002; Nan et al., 2015). The surface ocean currents are mainly driven by monsoons and changes in seasons. In winter, currents flow northeast to southwest, but summer currents flow in the opposite direction. The seawater circulates cyclonically in winter but anticyclonically in summer (Deng and Zhao, 2020). Meanwhile, the Kuroshio Current carries the northwestern Pacific water flows northward along the east Philippine coast. When it reaches the Luzon Strait, the Kuroshio branch water can deeply intrude into the SCS, especially in winter (Liang et al., 2008; Nan et al., 2015; Wu et al., 2017). Although strong stratification leads to nutrient limitation of phytoplankton growth in the surface waters, a large of algal blooms have been reported after the physical events such as typhoon or internal wave in these area (Chen et al., 2009b; Bauer and Waniek, 2013). In this study, we conducted an onboard experiment by collecting seawater samples at surface and the DCM layer, adding nutrients, and incubated them under full sunlight or 10% light, then we investigated the bacterial and eukaryotic community diversity and their cell abundance using 16/18S high throughput sequencing and FCM approaches. Our aims are to examine the responses and their succession of the microbial community to the episodic input of nutrients and light. This is of great help to the understanding of the responses of microbial populations to vertical mixing and help us to better predict the biological response to the physical mixing in future climate change.




2 Materials and methods



2.1 Study area and sampling

During a research cruise in the period of 6–12 March 2018, the station B6 (117.59°N, 21.89°E) was investigated. The study station (B6) was well stratified and located to the south of Taiwan Strait in the South China Sea (Figure 1). The region is influenced by the Zhejiang-Fujian Coastal Current, the South China Sea Warm Current and the intruding Kuroshio. At the station, CTD SBE911 with the rosette bottle samplers was deployed to read the vertical profile of environmental data including salinity, temperature, pH, concentrations of dissolved oxygen (DO), and in vivo fluorescence chlorophyll. The depth of the DCM layer was determined and sampled according to the vertical distribution of the fluorescence (Figure 2A). We collected water samples from the surface (1 m) and DCM layer (50 m) water and conducted incubation experiments on board of the ship.




Figure 1 | Map of sampling area. The study station (B6) was located in the southern of Taiwan Strait, off the west coast of Guangdong province, China.






Figure 2 | Vertical profiles of chemical and physical parameters in station B6: (A) total Chl-a concentration; (B) Salinity; (C) Temperature; (D) Dissolved oxygen; (E) pH; (F)  ; (G)  ; (H)  ; (I)  ; (J)  ; (K) N:P ratio; (L) N:Si ratio.






2.2 Field incubation experiments

The water samples of the surface layer (1 m) and the DCM layer (50 m) at station B6 were pre-filtered through 200 μm nylon mesh to remove large zooplankton and debris, then dispensed into 45 acid-cleaned 2 L plastic bottles (totally 5 groups, 9 bottles per group). The experiment was designed in 5 treatments (groups) shown as Figure 3. For surface water, treatment (1) is Control: water sample + natural light; (2) water sample + nutrients + natural light. For the DCM layer water, treatment (3) is Control: water sample + 10% light; (4) DCM layer water + natural light; (5) DCM layer water + nutrients + natural light.




Figure 3 | Experimental setup. The water samples of the surface layer (1 m) and the DCM layer (50 m) at station B6 were pre-filtered through 200 μm nylon mesh. For surface water, (1) Control: water sample + light; (2) water sample + nutrients + light. For the DCM layer water, (3) Control: water sample + 10% light; (4) DCM layer water + light; (5) DCM layer water + nutrients + light. In the group (3), the tank was covered with several layer of neutral density screens in order to reduce the ambient light by 90%, simulating the weak light of DCM layer. All bottles were placed in a water tank with surface seawater flowing to ensure that the incubation temperature was consistent with the surface water temperature of the ocean with a light-dark cycle of 12 h: 12 h. Incubation started at 7:00 in the morning, and ended at 3 days later. The samples during the incubation were taken at T=0, 24, 48, and 72 hours. During each sampling time, we consume three bottles (replicates) of each group for analysis of nutrients, counts of cell abundance, analysis of DNA for microbial community, and continue to incubate the rest bottles until the end.



The added nutrients were from F/2 medium nutrient stocks and the final concentrations of ,   and   were ~40 uM, ~2 uM and ~10 uM, respectively. All bottles were placed in water tanks with surface seawater flowing to ensure that the incubation temperature was consistent with the surface water temperature of the ocean with a light-dark cycle of 12 h: 12 h. In the group (3), the tank were covered with several layer of neutral density screens in order to reduce the ambient light by 90%, simulating the weak light of DCM layer. Experiments started at 7:00 in the morning, and ended at 3 days later. The samples during the incubation were taken at T=0, 24, 48, and 72 hours. During each sampling time, we consume three bottles (replicates) of each groups for analysis of nutrients, counts of cell abundance, analysis of DNA for microbial community, and continue to incubate the rest bottles until the end (Figure 3). Concentrations of ammonium (), nitrite (), and nitrate (), dissolved active phosphate (), silicate () were determined with an autoanalyzer (Seal, Germany).




2.3 Flow cytometry

Samples for cytometric analyses were pre-filtered through 200 μm meshes, and fixed with formaldehyde (2% final concentration) in 2 ml tubes, and quickly frozen in liquid nitrogen until flow cytometry (FCM) analysis in the laboratory. Abundances of bacteria (Cyanobacteria, heterotrophic bacteria) and small (pico and nano-plankton) photosynthetic eukaryotes were determined on a BD FACSCanto II flow cytometer (BD Biosciences, San Jose, CA, USA) equipped with 488 nm laser excitation and standard filter setup as previously described in (Marie et al., 2000). First, we differentiated PPE (photosynthetic pico-eukaryotes) and PNE (photosynthetic nano-eukaryotes) based on orange fluorescence (FL2) versus red fluorescence (FL3) and side scatter versus FL3 signatures. Cyanobacteria (Prochlorococcus and Synechococcus) cell counts were determined from unstained samples, based on natural fluorescence from phycoerythrin (orange) and chlorophyll (red; Casotti et al., 2003). Heterotrophic bacteria were enumerated as in (Balestra et al., 2011) after staining with SYBR Green I (Lonza, final concentration 10−3 of stock solution) for 15 min in the dark at room temperature prior to analysis. Heterotrophic bacteria were identified in plots of red fluorescence versus green fluorescence and side scatter versus green fluorescence. The 1 μm fluorescent polystyrene calibration beads (Polysciences Co., USA) were added to all samples as an internal standard. Data were collected, saved, and analyzed with the Cell QUEST software.




2.4 DNA extraction, PCR and high throughput sequencing

Molecular analyses of microbial community (bacteria and eukaryotes) were performed for cultivation seawater samples (three replicates pooled together for one sample). Samples of 2 L were filtered through a 0.2 μm pore-sized membrane (Millipore, Billerica, MA, USA) under low light and vacuum pressure (< 100 mm Hg). All filter membranes were frozen in liquid nitrogen onboard until laboratory analysis. The DNA was extracted using a FastDNA Spin Kit (MP Biomedical, USA) according to the manufacturer’s instructions. The concentrations of purified DNA were measured using a spectrophotometer Nanodrop 2000c (ThermoFisher, USA).

The hypervariable regions V4 of 16S and V4 of 18S rRNA genes, respectively, were amplified for further sequencing. Amplification of V4 region of 16S rRNA genes was performed using 515f and 806r primer pairs (Walters et al., 2016) and V4 region of 18S rRNA genes using the 528F and 706R primer pairs (Elwood et al., 1985). The 20 μL reaction solution contained 1 unit Taq polymerase (Life Technologies, Carlsbad, CA, USA), 1× reaction TransGen buffer, 0.2 mM dNTPs, 1.5 mM MgCl2 and 0.2 μM of each primer. The PCR program was as follows: an initial denaturation step at 95°C for 5 min; 30 cycles of 94°C for 30 s, 47°C for 45 s and 72°C for 1 min; and a final extension at 72°C for 5 min. The PCR products from triplicate reactions for each sample were pooled together and sequenced on the MiSeq System (Illumina, San Diego, CA, USA) in a commercial company (Novogene, China).




2.5 Data processing and statistical analysis

Data were processed using the Quantitative Insights into Microbial Ecology (Qiime) pipeline for 16S rRNA and 18S rRNA data sets (http://qiime.org/tutorials/index.html; Caporaso et al., 2010). In brief, the sequences with a quality score below 25 and 200 bp in length were trimmed and then assigned to water samples based on unique 10 bp barcodes. For the 16S rRNA gene, after a first assignment against Silva v119 (Quast et al., 2013), chloroplast and mitochondria sequences were removed. In the case of 18S rRNA gene, Metazoa sequences were removed after a first assignment against the PR2 database (Guillou et al., 2013). OTUs at 97% similarity were generated using default settings and clustering was performed with furthest neighbor algorithm. OTUs formed by 10 or less sequences in the case of 16S rRNA gene and 5 or less sequences in the case of 18S rRNA gene, were removed from further analysis. Singletons (OTUs containing a single read across all samples) were excluded prior to further analysis. Rarefaction curves and diversity indexes were obtained with Mothur.

For calculating alpha diversity estimators (i.e., OTU richness, Shannon, Simpson, and Chao1) of bacteria and eukaryotes, the reads were rarefied by randomly re-sampling 50000 reads per sample for 10 times, which minimized bias associated with sequencing depths and allowed for comparison of diversities for all samples. The bacterial and eukaryotic variations during the incubations based on Bray-Curtis similarities were visualized using NMDS ordination implemented within PRIMER package V5.0 (Primer-E, UK).





3 Results



3.1 Water column stratification and conditions of nutrients at station B6

The vertical profiles of physical and chemical variables at station B6 were shown in Figure 2 and Supplementary Table S1. The water column was highly stratified with the strong thermocline between 10 m and 50 m (Figure 2). From the surface to the depth of 180 m, temperature dropped from 29.05°C to 15.81°C (Figure 2C), and salinity increased slightly from 34.02 PSU to 34.56 PSU (Figure 2B). The DCM layer occurred around 50 m, and chlorophyll was 0.13 μg L−1, being much higher than the surface layer (0.06 μg L−1, Figure 2A). In the DCM layer, the concentrations of DIN,   and   were 6.73, 0.62 and 4.90 μM (Figure 2).




3.2 Nutrient variation during the incubation experiment

On-deck incubation experiments showed the different responses of surface and DCM microbial communities to light and nutrients. For the surface water incubation experiments, in the control, initial NO3− and   were low and remained near depletion levels during the incubation, but   decreased to 3.80 ± 1.11 µM in 24 h, and increased to 6.85 ± 2.20 µM at the end of the experiment (Supplementary Figure S1A). In contrast, in the nutrient addition treatment, ambient NO3− and   were drawn down from 41.4 ± 3.15 to 30.67 ± 3.20 µM and from 1.67 ± 0.20 to 0.98 ± 0.24 µM, respectively, while initial   remained relatively stable (Supplementary Figure S1C).

For the DCM water incubation experiments, in the control (10% light addition group), ambient NO3− and   decreased from 5.30 ± 1.06 to 3.50 ± 0.68 µM, and from 0.63 ± 0.15 to 0.51 ± 0.14 µM, as   increased little during the incubation (Supplementary Figure S1E). More rapid uptake of ambient nutrients (NO3−,   and  ) took place as the nutrients decreased dramatically after 72 h incubation in the nutrients + light addition and the light addition groups (Supplementary Figures S1B, D).




3.3 Cell abundances during the incubation experiments

The cell abundance of different microbial taxa changed dramatically in different incubation treatments (Figure 4). For the surface water incubation experiments, in the control (the light addition group), the density of bacterial cells was decreasing as fluorescence PPE and PNE increased little (Figures 4A, B). In contrast, in nutrients + light addition group, the microbial cells increased rapidly after 72 h incubation, especially for the heterotrophic bacteria and PPE (from 0.65 ± 0.16 to 1.72 ± 0.3 × 104 cells ml−1, and from 0.69 ± 0.07 to 3.40 ± 0.67 × 103 cells ml−1, respectively, Figures 4C, D).




Figure 4 | Time course of cell abundance of heterotrophic bacteria, Cyanobacteria (Prochlorococcus and Synechococcus), PPE (photosynthetic pico-eukaryotes) and PNE (photosynthetic nano-eukaryotes) during the field incubation experiments: the + light groups (A–D), the + nutrients + light groups (E–H), the + 10% light group (I–J).



For the DCM water incubation experiments, in the control (the 10% light addition group), heterotrophic bacteria and Prochlorococcus maintained a higher cell density (1.08 ± 0.25 × 104 cells ml−1, 0.71 ± 0.08 × 104 cells ml−1) after 72h, while other microorganisms maintained a relatively low cell concentration (Figures 4I, J). Compared with the control, microbial cells in the nutrients + light addition group increased sharply, especially for PNE. The abundance of PNE increased to 4.61 ± 0.31 × 103 cells ml−1 after 72 h incubation (Figure 4H). In the light addition group, similar phenomenon was observed (from 0.04 ± 0.01 to 2.31 ± 0.12 × 103 cells ml−1, Figure 4D).




3.4 Microbial diversity, community composition and succession

Overall, 16S rRNA (Bacteria) and 18S rRNA (eukaryotes) genes sequencing generated 1,685,903 and 1,730,235 sequences, respectively. During the 3 days incubation, the microbiome changed rapidly (Figure 5). Ecological indices showed that, in general, bacterial and eukaryotic communities are richer and more diverse in the initial than the end of the incubation experiments (Supplementary Tables S4, S5). The total number of OTUs, defined at a 97% similarity, ranged from 708 to 1,667 for bacteria and ranged from 430 to 1,463 for eukaryotes (Supplementary Tables S4, S5). In case of bacterial communities, Chao1 index was 921–1,532, Shannon index was 4.24–9.14 (Supplementary Table S4). For the surrounding eukaryote community, Chao1 index was 524–1,622 and Shannon index was 1.69–7.98 (Supplementary Table S5).




Figure 5 | Non-metric multidimensional scaling (NMDS) ordination showing the community structure of bacteria (A) and eukaryotes (B) differentiated on the time course: surface water incubation (circle), DCM layer water incubation (square), + 10% light group (in light gray), the + light group (in gray), the + nutrients + light group (in dark gray). The white circle/square marks represent the initial. There were large differences among the incubation samplings.



A total of 25 bacterial phyla were detected in the incubation experiments. The relative abundance varied greatly, ranging from 15.15 to 57.59% for Gammaproteobacteria, 10.15%–48.00% for Alphaproteobacteria, 1.18%–47.86% for Cyanobacteriia, 0.01%–24.45% for Thermoplasmata. Bacteroidia were less abundant (0.42%–7.10%), Acidimicrobiia (0.30%–6.43%), Bacilli (0.03–5.16%), Actinobacteria (0.02–2.51%) and others were relatively minor components of the communities (Figure 6A). In case of eukaryotes (Figure 6B), overall, the community of eukaryotes was dominated by Diatomea (4.89–95.85%) with Chlorophyta being 0.27–64.45%, Dinophyceae 0.30–34.36%, Protalveolata 0.29–31.56%, MASTs 0.31–11.37%.




Figure 6 | Variations in community composition and structure of bacteria (A) and eukaryotes (B) revealed using MiSeq sequencing of 16S/18S rRNA genes during the incubation experiment experiments.



Comparisons of the relative abundance of major microbial lineages in the incubation experiments provided information on how the community structurally shifted over a temporal scale of the incubation (Figure 6). For surface water incubations, in nutrients + light addition group, in the case of bacteria community, after 72 h incubation, the read proportions of Bacteroidia (5.79% vs. 1.81%), Alphaproteobacteria (31.49% vs. 20.15%) and Acidimicrobiia (6.43% vs. 3.94%) were significantly higher than the initial. However, the relative abundance of Cyanobacteriia slightly decreased (30.69% vs. 21.92%, Figure 6A; Supplementary Table S6). As for the eukaryotic community, in the nutrients + light addition group, the read proportions of Mamiellophyceae accounted for approximately 50.27%, which was about seven times higher than that in the initial (Supplementary Table S7). On the contrary, the proportions of Protalveolata and Dinophyceae were significantly decreased during the incubation experiments (Figure 6B; Supplementary Table S7).

For the DCM water incubation experiments, in case of bacteria, after 48h incubation, Cyanobacteria increased from 8.19% to 47.86% in 10% light addition group, from 8.19% to 44.08% in light addition group, from 8.19% to 34.93% in nutrients + light addition group, respectively, and the proportion of Thermoplasmata decreased dramatically (Figure 6A; Supplementary Table S6). In case of eukaryote community, diatoms (mostly the Mediophyceae and Bacillariophyceae) was significantly more abundant in the three groups, after 72h incubation, the relative abundance of diatom taxa accounted for the 95.85%, 51.97%, and 91.41% in the 10% light addition, light addition and nutrients + light addition groups, respectively (Figure 6B; Supplementary Table S7). More interestingly, the proportions of Dinophyceae and Protalveolata were significantly lower in the three groups after incubation (Figure 6B; Supplementary Table S7).





4 Discussion



4.1 Different communities between the surface and DCM layer at station B6

At station B6, microbial abundance and composition were significantly different in different water layers where there were gradients of vertical distribution of sunlight and nutrients in the water column. This agreed with the other observations (Liu et al., 2012; Casey et al., 2013; Giner et al., 2020). In our FCM data, the heterotrophic bacterial cells dominated the microbial cell assemblages in the surface and DCM waters. This is a common phenomenon that the heterotrophic bacteria dominate in oligotrophic seas in comparison to the phytoplankton groups (Cotner et al., 1992). In the upper layer of the oligotrophic sea, the growth of the heterotrophic bacteria is mainly supported by dissolved organic compounds produced by the photosynthetic taxa, and the remineralization of inorganic nutrients by the heterotrophic bacteria stimulates the growth of the photosynthetic groups (Linacre et al., 2015). The abundance of the Retaria groups increased in relative abundance with depth (Supplementary Table S7), as reported in earlier studies (e.g., Edgcomb et al., 2002; Giner et al., 2020). Previous studies found these groups likely have many rDNA operon copies (Massana, 2011), which might give an overestimate their abundance.




4.2 Different responses of microbial community to the additions in the surface and DCM water incubations

Compared to DCM water incubations, surface water incubations showed that the relative abundance of photosynthetic pico-eukaryotes (PPE) increased significantly. For instance, in the nutrients + light addition group, the read proportions of Mamiellophyceae (this taxa is typically PPE) accounted for approximately 50.27%, which was about seven times higher than that in the initial (7.59%; Figure 6B; Supplementary Table S7). The PPE cell abundance response patterns are coherent with those of eukaryote community composition (Figure 4F), which suggests that the Mamiellophyceae were the main responders to the surface water incubations after adding the nutrients. This typical pico-algae are globally distributed in aquatic environments, and can also increase under specific conditions in oceanic waters (Treusch et al., 2012) or Polar Regions (Li et al., 2009). The increasing in the surface water incubations of these taxa can be attributed to their enormous ecotypes, which may display specific photoacclimation strategies (Hanschen and Starkenburg, 2020).

At end of the DCM water incubations, cells of nano-sized phytoplankton became very high, indicating the occurrence of a bottled phytoplankton bloom (Figures 4D, H). It is interesting that the relative abundance of diatoms (mainly the Mediophyceae and Bacillariophyceae) was particularly high and the concentration of   decreased dramatically in the DCM water incubation experiments after 72 h (Figure 6B; Supplementary Figures S1B, D). Considering that diatoms are generally close or above to the nano size, we extrapolate the cells of diatoms were dominant in the incubation bottles. This result is not surprising, given that diatoms are often observed to be dominant during phytoplankton blooms after the typhoon events or other physical mixing, as shown in Table 1. In the SCS, Li et al. (2009) reported the dominance of diatoms in the “Kaemi” typhoon induced blooms in 2016. In the coast of Western Gulf of Mexico, diatoms cell abundance were observed to be dominant after the four super tropical cyclones (Anglès et al., 2015). According these, phytoplankton blooms likely occur after a physical mixing event such as typhoon or IW, due to seed phytoplankton and nutrients in the DCM layer being brought to the ocean surface to receive sufficient sunlight. Furthermore, previous researchers found that the surface layer has a higher zooplankton grazing rate than the DCM layer (Chen et al., 2009a), given that zooplankton may prefer to consume smaller phytoplankton (such as Mamiellophyceae) than bigger preys (such as larger diatoms; Gaul et al., 1999). The typical heterotrophic taxa such as Ciliophora and MASTs were found to be more abundant in the surface layer than in DCM in our study (Supplementary Table S7), which may imply stronger grazing rate at the surface than DCM layer during the incubations.


Table 1 | Summary of Chl a concentrations and the dominanting phytoplankton after 11 typhoon passages.



In our observations, Cyanobacteria (Prochlorococcus and Synechococcus) declined or increased slightly in cell abundance for all treatments (Figure 4). These results are not surprising, as in other studies abrupt decrease in Cyanobacteria abundance was observed both in mesocosm experiments and field observations (Cunliffe et al., 2009). Considering Cyanobacteria having a higher cell surface area/volume ratio, abnormally low nutritional requirements, cyanobacteria are better adapted to oligotrophic stratified conditions (Partensky et al., 1999). Moreover, the presence of small grazers (e.g., ciliates and MASTs) was suggested by past studies to be responsible for the decrease of this small photosynthetic group (Mackey et al., 2009).




4.3 Ecological implications to physical mixing events

Physical mixing events are widely recognized to control microbial community in aquatic systems (Johnson et al., 2010). The different community and their succession of microorganisms in surface and subsurface water after receiving nutrients and light indicates that the microorganisms in different water layers have distinct responses to the vertical mixing caused by physical events. According to the “dilution-recoupling” hypothesis, physical mixing also play a critical role in the initiation of the blooms, as mixing induced dilution of both phytoplankton and grazer biomass leads to fewer grazer-phytoplankton encounters (Behrenfeld, 2010; Johnson et al., 2010). Considering the carbon sequestration efficiency of the biological pump (BP) is shaped by the microbial community (Jiao et al., 2010). Those physical mixing events are important for the biological pump (BP) to perform carbon sequestration in the water column of oligotrophic oceans. This warrants more dedicated investigation.





5 Conclusion

In oligotrophic seas, vertical mixing caused by physical dynamics is critical in determining microbial community compositions and changes in the upper column. Few studies have comparatively investigated the microbial dynamics and more importantly their succession after the surface and subsurface waters mixing. During a research expedition to the south China sea in march 2018, we conducted an onboard experiment by collecting seawater samples at surface and the DCM layer and adding nutrients, and incubated them under full sunlight and 10% light, and examined the diversity of bacterial and eukaryotic communities and their cell abundance using 16/18S high throughput sequencing and FCM approaches. Our study found large differences in bacterial and eukaryotic community structure and cell abundance between the surface and DCM. After 72 hours of culture, taxonomically the incubated surface water was dominated by pico-eukaryotic phytoplankton, while the incubated DCM layer water is dominated by diatoms, which suggests diatoms are the main functional group of phytoplankton bloom after a vertical mixing event.
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North Pacific subtropical mode waters (STMWs), which are subducted with air-sea interaction signals and characterized by low potential vorticity (PV), play an important role in climate change issues. STMW (PV < 2 × 10−10 m−1 · s−1) can be advected westward by large-scale ocean circulation and mesoscale eddies. However, whether and how the STMW intrudes into the South China Sea (SCS) remains unclear. Low PV signals that originate from the STMW and intruding into the SCS are investigated by comparing observations and ocean general circulation models during 2003-2017. These signals mostly move across the Luzon Strait (LS) into the SCS during the 2008-2009 and 2014-2016 periods. The results of case studies selected from these two periods indicate that the low PV signals can move to the LS and are trapped by anticyclonic eddies (AEs). When the velocity vorticity is negative southwest of Taiwan Island, vertical stratification becomes weaker west of the coming AE (AE1), and low PV signals can consequently be transported along the STMW layer (25.0  - 25.5   isopycnal layer). Thus, an AE (AE2) forms east of AE1 and isolates the low PV signal from AE1, and then AE2 transports the low PV water southwestward in the SCS. In contrast, the low PV signal has difficulty migrating eastward when the velocity vorticity is positive west of AE1, as vertical stratification strengthens and then weakens that signal. The results suggest that only AEs can relay low PV signals from east of the LS and carry them over long distances in the SCS.




Keywords: subtropical mode water, South China Sea, Luzon Strait (LS), mesoscale eddy, low potential vorticity water




1 Introduction

The Luzon Strait (LS), located between Taiwan and the Luzon Islands, is the only deep channel connecting the North Pacific (NP) and the South China Sea (SCS). Previous studies have revealed that NP signals can impinge on the SCS and thus affect the dynamic state of the SCS through LS transport (Qu et al., 2000, Qu, 2002; Xie et al., 2011; Nan et al., 2015). The Kuroshio, carrying NP water, intrudes into the SCS when it passes by the LS (Chern and Wang, 1998; Yuan et al., 2008; Nan et al., 2015). The NP water can be advected to the SCS with a multilayer vertical structure across the LS, with the Kuroshio flowing into the SCS in the upper layer above 500 m and in the deep layer below 2000 m and outflow in the middle layer (Qu, 2002; Tian et al., 2006). Both observations and numeric model results (Xue et al., 2004; Caruso et al., 2006; Sheu et al., 2010) demonstrate that the Kuroshio takes different intruding paths southwest of Taiwan, and the changes in the Kuroshio intrusion paths often induce eddies in the LS area (Nan et al., 2011b). In addition, LS transport can also convey climate change signals from the NP to the SCS and thus modulate the momentum, heat and salt budgets there (Qu et al., 2004; Nan et al., 2015; Zeng et al., 2016; Zhao and Zhu, 2016; Xiao et al., 2018).

The North Pacific subtropical mode water (STMW) is characterized as low potential vorticity (PV) water in the subsurface layer and is commonly detected in the subtropical gyre (Hanawa and Talley, 2001). The subduction of STMW takes place in the isopycnal outcrop region in late winter, generally when the mixed layer is the deepest during the year (Huang and Qiu, 1994). The STMW propagates along isopycnal surfaces with sea–air interaction signals to the tropical region and is thus believed to play an important role in climate change (Huang and Liu, 1999; Johnson and McPhaden, 1999; Liu, 1999).

STMW presents remarkable mesoscale features in which thick mode water is related to anticyclonic eddy (AE) occurrence due to its deep mixed layer accompanied by a deep thermocline, and vice versa (Oka et al., 2011). Observations have revealed that eddies are able to retain mode water and propagate westward over long distances (Uehara et al., 2003; Xu et al., 2017; Shi et al., 2018). Using the outputs from eddy-resolving global ocean simulations, Nishikawa et al. (2010) confirmed that the southward translation of AEs can be accompanied by low PV signals. Previous observations show that eddy activities are frequent in the LS area (Wang et al., 2003; Yuan et al., 2007; Nan et al., 2011a; Xie et al., 2011; Wang et al., 2020). With both observed and numeric model outputs, Xie et al. (2011) found a subsurface AE between 500 m and 900 m at approximately 120° - 121°E, 19.5° - 20.5°N, which possibly developed due to the baroclinic instability of the Luzon Undercurrent and interaction of the current with the bottom topography. Using in situ measurements from October 2014, Nan et al. (2017) detected low PV water trapped by a subsurface-intensified AE east of Taiwan Island (23°N, 120°-130°E) and found that the meridional velocity anomaly observed in the subsurface corresponded to the low PV core in the subsurface layer. Wang et al. (2020) indicated that a subsurface speed maximum originating from the Kuroshio could modulate the baroclinic instability in the LS and thus result in mesoscale eddy variability there. Our previous study demonstrated that a low PV signal could impinge on the Kuroshio mainstream at 20° - 23°N accompanied by an AE, with a subsurface speed maximum and southwestward movement (Wang et al., 2022). Yu et al. (2015) demonstrated that the low PV signal of STMW can reach the LS and thus result in subsurface transport variation in the LS. These results indicate that the low PV signal occurring in the LS area might be trapped by AEs and can be traced to the STMW subduction region.

While previous studies have provided important information about water mass exchange across the LS and eddy activities in the LS area, research is still lacking on eddy-trapped low PV water exchange between the NP and SCS. Both the results of Yu et al. (2015) and Wang et al. (2020) indicated subsurface variation in the LS area, and the subsurface variation was correlated with stratification structure change, which would induce PV changes locally. Consequently, we wish to address the following questions: can low PV signals move across the LS? If so, how can these low PV signals reach the LS? What is the physical process by which the low PV signals intrude into the SCS through the LS? We show that the low PV signals are trapped by AEs moving to the LS and relayed by a newly formed AE intruding into the SCS. The remainder of the paper is organized as follows. The data and methods used in this paper are described in Section 2. Section 3 reveals that the low PV signals are trapped by AEs moving across the LS and then relayed by AEs west of the LS moving southwestward. Finally, we provide a summary and discussion in Section 4.



2 Materials and methods



2.1 Observational data

The accumulation of Argo profiles since the early 2000s provides a large number of undersurface temperature and salinity records from a typical depth of ~5 m to approximately 2000 m. Argo profiles were obtained from the China Argo Real‐Time Data Center. The World Ocean Atlas 2013 (WOA13) provides a set of 0.25° × 0.25° climatological fields of annually-composited, in situ temperature and salinity data at standard depth levels in the world ocean (http://apdrc.soest.hawaii.edu/). Daily sea surface height data during 2003-2017, with a horizontal resolution corresponding to a 1/4° latitude by 1/4° longitude grid, are obtained from the Copernicus Marine Environment Monitoring Service (CMEMS; http://marine.copernicus.eu/). Figure 1A presents the climatology distribution of the observed sea surface height (SSH) and the standard deviation of SSH in our study region.




Figure 1 | Standard deviation of SSH (shaded in cm) and SSH (contours in 10 cm intervals) calculated from (A) CMEMS and (B) OFES outputs, respectively. The climatology of the observed sea surface current (unit: m s-1) calculated with (C) satellite data from CMEMS and (D) OFES outputs. (E) Time series (13-month low-pass filter) of Luzon Strait transport (unit: 10-5 m2s-1) in the upper 10 m layer from CMEMS (red line) and OFES (blue line) data. The dark red line in Figure 1A indicates the geostrophic location of the Luzon Strait at 120.5°E.





2.2 The OFES

The ocean general circulation model (OGCM) for the Earth Simulator (OFES) is based on Modular Ocean Model V.3 and has been substantially optimized for massively parallel computations on the Earth Simulator. The domain of the model extends from 75°S to 75°N, with a high horizontal resolution of 0.1°. In the vertical direction, there are 54 levels spanning from 5 to 6,065 m. The OFES, which is a non-assimilation model, was spun up using National Centers for Environmental Prediction and the National Center for Atmospheric Research (NCEP/NCAR) monthly mean atmospheric reanalysis fluxes and was then driven by daily mean NCEP/NCAR wind stresses and surface heat fluxes for the period from 1950 to 2010. Scale‐selective damping by a biharmonic operator was utilized for the horizontal mixing of momentum and tracers to suppress computational noise. The viscosity and diffusivity coefficients, varying proportionally to the cube of the zonal grid spacing, were -2.7 × 1010 m4·   for momentum and -9 × 109 m4 · s-1 for tracers at the equator. They varied proportionally with the cube of the zonal grid spacing. The vertical viscosity and diffusivity were calculated using the K‐profile parameterization, which adopted a double diffusion parameterization (Large et al., 1994). More details of the model and the simulation can be found in Sasaki et al. (2008). The 3‐day model outputs from 2003 to 2017 were downloaded from the Asia Pacific Data Research Center (APDRC) for this study.



2.3 Model validation

Many previous studies demonstrated that the OFES reproduced most of the observed phenomena in the NP and certified the capability of the OFES to simulate eddy activities in the NP (Taguchi et al., 2010; Nonaka et al., 2012; Yu and Qu, 2013; Xu et al., 2014; Yu et al., 2015; Wang et al., 2022). Figures 1A, B depicts the standard deviation of the SSH and the climatological SSH from the observations and OFES. The variability of the eddies was assessed by the standard deviation of the SSH, and the geostrophic relation directly related the sea surface geostrophic current to the horizonal gradient of the SSH. Compared to the observations, the western boundary current and the standard deviation of the SSH around the LS were effectively reproduced in the OFES. Although the eddy activity in the OFES was stronger than that observed in the SCS in this study, the OFES pattern was comparable to that in the observation southwest of Taiwan Island, where eddy activity was strong. Figures 1C, D depict the mean sea surface current calculated with the observations and OFES datasets. The meander structure in the LS area was obvious in the observed result with the low-resolution dataset, while the meander was well simulated with the high-resolution OFES outputs. We also compared the zonal geostrophic velocity distributions from the OFES with the WOA13 along sections to the west (118°–121°E) and east (122°–124°E) of the LS (not shown). Although the simulated velocity was somewhat higher than the observed velocity, patterns of the zonal geostrophic velocity on both sides of the LS were well simulated by the OFES.

Since the simulated velocity was slightly higher than the observed velocity, we also compared the Luzon Strait transport (LST) at the surface from the OFES with the CMEMS data. The zonal geostrophic velocity was calculated from SSH as  , where   is the SSH. The LST in the surface layer was calculated from  , where ln (ls) denotes the northernmost (southernmost) latitude of the LS and   is defined as 10 m. Figure 1E shows the 13-month, low-pass-filtered LST anomalies from the CMEMS and OFES data, with negative anomalies representing the LST increase. The simulated LST significantly correlated with the observed LST; the correlation coefficient reached 0.62 with a confidence level of 95%. Negative LST anomalies were obvious during the 97/98, 09/10 and 15/16 El Niño events. Generally, the simulated variation trends were consistent with observed trends, with decreasing trends during the periods of 1999-2004 and 2013-2017 and increasing trends during 2005-2013. In addition, the standard deviation of the LST of the OFES (0.65 × 10−5 m2 s−1) was comparable to that of the observed (0.77 × 10−5 m2 s−1).

Since this study focused on the transport of low PV signals in the subsurface layer, the climatological mean PV distribution in the STMW core layer was used to assess the OFES results (Figures 2A, B). Our previous study demonstrated that mode water mostly appeared in the   isopycnal layer in both the observations and the OFES results (Wang et al., 2022). Consequently, our study focused on the movement of low PV signals in this isopycnal layer (hereafter, the core layer) in the remainder of this paper.




Figure 2 | Climatology of the PV on the STMW core layer calculated with (A) WOA13 and (B) OFES data and along the 120.5°E section calculated with (C) WOA13 and (D) OFES data (contour: climatology of potential density with 1 kg m-3 interval).



The PV is defined as follows:

 

where z has negative values below the sea surface, f is the Coriolis parameter, and   is the water density (1024 kg m-3). The PV consists of terms for the planetary vorticity ( ) and relative vorticity. According to eq. (1), weak (strong) vertical stratification favors a strong (weak) low PV signal. In this study, we take only the planetary vorticity into consideration to avoid the effect of background currents. Due to the deep convection that results from strong winter cooling, the mixed layer is deepest in the winter, and thus, there is a thicker low PV layer in late winter (March).

Figure 2A shows the climatology of the PV distribution from the WOA13 on the STMW core layer. The lowest PV appeared west of 160°E and south of the Kuroshio Extension in Figure 2A. The zonal gradient of PV between the SCS and NP is obvious due to the steep westward shoaling of the thermocline in the LS (Lu and Liu, 2013). The PV distribution is well reproduced by the OFES in Figure 2B. It is also important to focus our attention on whether the OFES could simulate the PV distribution across the LS. Figures 2C, D exhibit the potential density and PV distribution along the 120.5°E section, as calculated with the WOA13 and OFES data, respectively. Although the simulated depth of the 26.0   isopycnal is slightly deeper, the depth of the isopycnal in the OFES is generally similar to the observed result. The PV from both the observations and OFES are lower under the 25.0   isopycnal, above (below) which stratification is relatively strong (weak). Although there were some discrepancies between the vertical distributions of the observed and OFES PV results, the meridional mean PV derived from the WOA13 and OFES are similar, especially in the subsurface layer where low PV water exists.

The observed result indicated that the mode water can move to the LS, and this process is well simulated with the OFES outputs. Figures 3A, B present the low PV signal distribution in the core layer between 19°-23°N from 2003 to 2017 based on the Argo profiles and OFES outputs, respectively. There are a total of 3279 Argo profiles (black dots), 803 of which captured low PV water (red dots) in 115°-125°E, 19°-23°N, as shown in Figure 3A, from 2003 to 2017. An Argo profile with a low PV signal in the STMW layer (25.0   - 25.5   isopycnal layer) is marked as a red dot in Figure 3A. Figure 3B shows the meridional (19°–23°N) averaged PV distribution in the STMW layer, with low PV signals marked as black dots. Both the observation and OFES results show that there are obvious low PV signals intruding into the SCS, especially during the two periods of 2008-2009 and 2014-2016, and the low PV signals can travel a long distance in the SCS. We also found an Argo float (ID: 2901502) deployed east of the Philippine Islands in Sept. 2011 that captured a low PV signal east of the LS and then moved across the strait (Figure 4A). We display only the trajectory from 20 Sept. 2011 to 16 Apr. 2016. The measurements after 16 Apr. 2016 were mostly missing, although this Argo float traveled a great distance in the SCS until 1 Jan. 2017.




Figure 3 | Time–longitude plots averaged over 19°–23°N of (A) Argo profile distribution (black dots) on both sides of the Luzon Strait and (B) OFES PV distribution averaged within the STMW layer. The red (black) dots in Figure 2A (Figure 2B) indicate the occurrence of a low PV signal ( ) in the STMW core layer. There are a total of 3279 Argo profiles (black dots) with 2840 (red dots) capturing low PV signals in Figure 2A. The gray lines indicate the location of the LS at 120.5°E.






Figure 4 | Trajectory of (A) Argo float number 2901502 from 20 Sept. 2011 to 16 Apr. 2016 (In color, the PV of the STMW core layer). And trajectories of OFES low PV signals after moving across the Luzon Strait in the (B) 2008 case from 3 Aug. 2008 to 116 Dec. 2008, (C) 2015 case from 6 Jan. 2016 to 10 Jun. 2016 and (D) 2016 case from 23 Apr. 2016 to 12 Jan. 2017. The red stars indicate the terminal points of the trajectories.



Although the low PV signal from the model is not as strong as that from the Argo profiles during 2008-2009, the OFES could well simulate the phenomenon that low PV signals move across the LS. According to the model validation above, the OFES could also reproduce the thermal and dynamic features in the NP well. Based on all the comparisons above, we conclude that the OFES model was suitable for this study.




3 Results

As shown in Figures 3, 4A, there is a possibility for the low PV water to move across the LS, especially during the 2008-2009 and 2014-2016 periods. Consequently, we selected three cases during these two periods to detect the low PV water intruding process with the OFES outputs. In the first case, a low PV signal reached and began moving across the LS in June 2008 and thus is called the 2008 case throughout the rest of this paper. The low PV signal in the second case, called the 2015 case below, propagated to the LS in November 2015. Finally, in the 2016 case, low PV water impinged on the LS in May 2016.

Figures 4B–D illustrate the trajectories of the low PV signal movement after moving across the LS, calculated with the OFES outputs, in the 2008, 2015 and 2016 cases. All three cases indicate that the low PV signal can not only intrude into the SCS but also travel a long distance in the SCS southwestward. We thus use OFES datasets to study how the low PV signal moves across the LS and how it can be transported such a long distance.



3.1 The process of low PV signals intruding into the SCS

The process of the low PV signal movement in the STMW core layer in the 2008 case is shown in Figure 5. According to the distribution of the velocity vector, the low PV water is trapped by an AE when reaching the LS. Figure 6 presents the low PV water movement along the 20°N section, and the isopycnal structure also indicates that the low PV signal is carried by an AE, called AE1 hereafter, east of 122°E. Wang et al. (2022) also demonstrated that an AE trapped the low PV water and carried it southwestward to the Kuroshio mainstream. In this study, the low PV water not only impinged on the Kuroshio but also began to be transported to the SCS from 25 Jun. 2008. In Figure 5, there was also anticyclonic flow (118°–122°E) west of AE1 on 7 July. The anticyclonic structure gradually intensified until 5 September and finally formed another AE, called AE2 below.




Figure 5 | The process of low PV signal (colors, unit:  ) relayed by AEs moving across the Luzon Strait in the 25.3   isopycnal layer in the 2008 case. Vectors represent the current (unit:  ) in the 25.3   isopycnal layer.






Figure 6 | The process of an AE forming west of the Luzon Strait and then isolating a low PV signal (colors, unit:  ) from the AE along 21°N to the east in the 2008 case. The white lines denote the   PV contour. The thick black lines denote the   and   isopycnals.



Figure 5 exhibits the evolution of AE2 west of AE1. Along with the development of AE2, some low PV water moved westward and gradually separated from the strong low PV signal in AE1. The low PV water seemed to be absorbed by AE2. In this 2008 case, vertical stratification was weak west of AE1 since the anticyclonic flow favored downwelling. The low PV signal was therefore transferred along the STMW layer (layers between the thick black lines in Figure 6) since the weak stratification, corresponding to a weak vertical gradient of potential density, was conducive to maintaining the low PV signal. The low PV water in turn promoted the formation of AE2. As shown in Figure 6, the eddy structure of AE2 was intensified after some low PV water was isolated from AE1, in accordance with previous studies that suggested that low PV water favors the formation of AEs with cores typically located in the subsurface layer (Zhang et al., 2014; McGillicuddy, 2015). This process of low PV water intrusion is presented as a relay of low PV water from AE1 to AE2.

The relay process in the 2015 case was similar to that in the 2008 case. Figure 7 shows a large, low PV signal moving to the LS from 19 Nov. 2015 with an AE (AE1). Another AE (AE2) gradually formed on 1 Dec. 2015 and began absorbing low PV water from AE1. Figure 8 exhibits the process of low PV signal movement and division in the STMW layer. According to Figures 7, 8, the eddy structure of AE2 became clearer from 18 Jan. 2016 and thus separated from AE1. After AE2 was isolated from AE1, it transported low PV water west and disappeared near 113°E (Figure 4C). The rest of the low PV water, trapped by AE1, moved along the coastline of Taiwan Island and gradually dissipated.




Figure 7 | Same as Figure 5 but for the 2015 case.






Figure 8 | Same as Figure 6 but for the 2015 case.



The 2016 case is slightly different from the other two cases. According to Figure 2B, low PV water intrusion was frequent during the period of 2014-2016. The relay of low PV water from AE1 to AE2 was sometimes continuous, such as in the 2016 case, when low PV signals began moving across the LS on 10 June 2016 once AE2 had formed on 29 May 2016 (Figures 9, 10). Compared with the 2008 and 2015 cases, the low PV signal from the NP was relatively weak. However, AE2 formed once AE1 reached the LS on 10 June 2016. In contrast to the other two cases, AE1 dissipated after most of the low PV water was trapped by AE2 on 28 July 2016. As the eddy structure of AE2 intensified on 9 Aug. 2016, the low PV water moved westward and disappeared near 113°E (Figure 4D).




Figure 9 | Same as Figure 5 but for the 2016 case.






Figure 10 | Same as Figure 6 but for the 2016 case.



Since AE2 and the low PV signal mutually maintained each other, AE2 could carry the low PV water over a long distance until it was eroded by local strong vertical stratification or AE2 weakened under the effect of the local wind stress curl. In the 2008 case, the low PV water propagated a long distance (Figures 4B–D) with both the horizontal scale of the low PV signal and AE2 shrinking (not shown). To confirm whether the low PV signal was transported from the NP, we compared the water mass properties of low PV water when it was trapped by AE1 (Figures 11A–C), trapped by AE2 (Figures 11D–F) and before it disappeared (Figures 11G–I). The low PV water, which was remarkably different from the surrounding waters (gray dots in Figure 11), was concentrated in the STMW layer during all three periods. The temperature range varied from 15°C to 18°C, while the salinity range varied from 34.6 to 34.9. Thus, the T-S distributions of low PV water were in accordance at the three moments, while the amount of low PV water gradually decreased along the trajectory. The low PV water moving along the trajectory can thus be considered to have originated from the STMW. The results confirm that the low PV signal originated from the NP and intruded into the SCS from the LS.




Figure 11 | T-S plots of the low PV signal on the dates when the low PV signal was located in the 19°–22°N, 122°–125°E area: (A) 13 June 2008, (B) 22 Dec. 2015 and (C) 11 May 2016 (black dots); T-S plots on the dates the low PV signal was isolated and located in the 18°–21°N, 118°–120°E area: (D) 31 July 2008, (E) 11 Feb. 2016 and (F) 21 Aug. 2016 (red dots); and on the dates the low PV signal moved far westward in the 16°–18°N, 113°–115°E area: (G) 1 Nov. 2008, (H) 11 May 2016 and (I) 4 Dec. 2016 (blue dots). The gray dots present the waters in which the PV is higher than   above 600 m. The left/middle/right columns represent the 2008/2015/2016 cases, respectively.





3.2 Conditions of the low PV water intrusion

As indicated by Yu et al. (2015), the low PV signal originating from STMW can arrive in the LS area 5 years after STMW subduction; thus, the low PV signal occurs frequently in the LS area. However, not all the low PV water reaching the LS can intrude into the SCS. We compared all the cases in which low PV water eroded in AE1 with the cases in which the water mass could be relayed by AE2 and finally determined the reason why some low PV water cannot move farther westward.

We chose a case when strong low PV water reached the LS area on 14 May 2005 to illustrate the issue and refer to it below as the 2005 case. Figure 12 shows the process of low PV signal weakening after reaching the LS. The low PV water was also carried by an AE. There was a strong northwestward current southwest of Taiwan Island and thus strong positive velocity vorticity in the area. Upwelling was strengthened due to the positive vorticity, correlated with the isopycnal layer bending up (Figure 13). Unlike the stratification weakening in the intruding cases, vertical stratification was thus strong west of AE1 and was not able to maintain the low PV signal. Figure 13 shows that the vertical stratification is stronger west of 122°E than east. As a result, the low PV water could not climb up the isopycnal slope of the STMW layer but gradually weakened during movement. Meanwhile, the low PV water shrank, in accordance with the demise of AE1. The strong vertical stratification affected not only the low PV water transport but also the lifetime of AE1. The STMW layer increased and thinned due to the low PV signal weakening, and then AE1 weakened. This result indicates that positive velocity vorticity southwest of Taiwan Island does not favor the intrusion of low PV water into the SCS because the strong vertical stratification structure will not maintain a low PV signal. In conclusion, the low PV water can be relayed only when the velocity vorticity is negative west of AE1.




Figure 12 | The process of a low PV signal (colors, unit:  ) disappearing east of the Luzon Strait in the 25.3   isopycnal layer in the 2006 case. Vectors represent currents (unit:  ) in the 25.3   isopycnal layer.






Figure 13 | The process of the low PV signal (colors, unit:  ) weakening along 21°N east of the Luzon Strait in the 2006 case. The white lines denote the   PV contour. The thick black lines denote the   and   isopycnals.






4 Summary and discussion

Due to the new developments in oceanic observations and eddy-resolving models, the effect of mesoscale eddies on the propagation of STMW has attracted considerable attention. Both observed and model analysis results have demonstrated that eddies are able to retain mode water and propagate westward over long distances (Uehara et al., 2003; Nishikawa et al. 2010; Xu et al., 2017; Shi et al., 2018; Wang et al., 2022). With in situ observation data, Nan et al. (2017) found low PV water, trapped by an AE, located east of Taiwan Island (23°N, 120°-130°E). With the OFES dataset, Yu et al. (2015) found that low PV water from the STMW can reach the region east of the LS. Our study further demonstrates that low PV water could not only reach the LS but also intrude into the SCS. The results of this study indicate that low PV water intrusion is correlated with eddy activities in the eddy-resolving OFES dataset.

In this study with Argo float data, we first found that low PV water could move across the LS from the NP and intrude into the SCS (Figures 3A, 4A). This low PV water intrusion phenomenon is well reproduced by the OFES outputs in Figure 3B. We also illustrate the mechanism of low PV water movement across the LS with the OFES dataset. The results of the three cases described in Section 3 indicate that the low PV water can be relayed by two AEs (AE1 to the east and AE2 to the west) and then moves southwestward in the SCS when the velocity vorticity is negative west of AE1. The Argo floats stay at a depth of approximately 1000 m most of the time and thus may not always capture mesoscale eddies. However, an Argo float (ID: 2901502) captured a low PV signal east of the LS and then moved across the strait (Figure 4A). Figure 14 presents the variation in the SSH and sea surface current from the CMEMS satellite dataset during the period in which the 2901502 Argo moved across the LS. The Argo float (red dot in Figure 14) reached west of the LS and was located at the edge of a strong AE on 22 Jan. 2015. Then, an AE (AE1) departed from the large AE and moved northwestward in accordance with the movement of the Argo float. Another AE (AE2) gradually developed southwest of Taiwan Island on 3 Mar. 2015. The Argo float moved to the southwest of Taiwan Island and was trapped by AE2 on 13 Mar. 2015. Finally, AE2 was isolated from AE1 on 2 Apr. 2015. The results shown in Figures 4A, 14 indicate that low PV water could move across the LS. The observed intrusion process of the low PV water was correlated with eddy activities and was similar to the model results, thus validating the analysis and results from the model dataset.




Figure 14 | Distribution of SSH (shaded) and geostrophic sea surface current (vectors) from 22 Jan. 2015 to 2 Apr. 2015 with the CMEMS dataset.



We provide a schematic illustration of the mechanism of low PV water intrusion (Figure 15). Figures 15A, B show the process of the low PV water relay from AE1 to AE2, while Figures 15C, D show a situation in which low PV water cannot move across the LS. The vertical structure is weaker in Figure 15A west of 122°E than in Figure 15C. Consequently, the water mass is able to move along the STMW layer and maintain its low PV characteristics. The low PV signal also benefits the formation of AE2 after separation from AE1. Finally, AE2 sheds from AE1 and then carries low PV water farther west. In contrast, the low PV water shrinks due to the strong vertical stratification west of 122°E (Figures 15C, D). The strong positive velocity vorticity will not take in any low PV water from AE1. Nan et al. (2011b) found that changes in the Kuroshio intrusion paths often induce eddies in the LS area; therefore, this velocity vorticity variation might be correlated with different intrusion paths of the Kuroshio intrusion.




Figure 15 | Schematics illustrating the mechanism by which a low PV signal (blue areas) can (cannot) be transported to the east of the Luzon Strait: a low PV signal reaches the Luzon Strait when the stratification is (A) weak and (C) strong on the west side; the low PV signal (B) becomes isolated from and (D) weakens on the east side. The thick gray line represents the position of 122°E. The black lines illustrate the distribution features when the low PV signal can (cannot) be transported to the west of the Luzon Strait. The red arrows in the opposite direction in Figure 15D indicate low PV signal weakening. The crooked black arrow indicates the process of a low PV signal isolated from the AE east of the Luzon Strait. The isopycnals above and below the low PV water are the   and   isopycnals, respectively.



A previous study has shown that there is a strong decadal signal in STMW subduction, as well as a PV anomaly in the LS area (Yu et al., 2015), and LS transport can also convey climate change signals from the NP to the SCS (Qu et al., 2004; Nan et al., 2015; Zeng et al., 2016; Zhao and Zhu, 2016; Xiao et al., 2018). In this study, both the observation and model results show that low PV water intrusion occurred during the 2008-2009 and 2014-2016 periods, during which El Niño events occurred. Consequently, the low PV water intruding into the SCS might be impacted by climate change events. This study is mainly conducted with cases that occur during low PV water intrusion periods, while further study will be conducted with long-term data series. We plan to detect the connection between low PV signal intrusion and climate change events, such as the Pacific Decadal Oscillation and ENSO, and reveal the effect of low PV water on hydrographic changes in the SCS.
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The oceanic surface pressure of CO2 (pCO2) is an essential parameter for understanding the global and regional carbon cycle and the oceanic carbon uptake capacity. We constructed a three-dimensional physical-biogeochemical model with a high resolution of 1/30° for the South China Sea (SCS) to compensate for the limited temporal coverage and limited spatial resolution of the observations and numerical models. The model simulated oceanic surface pCO2 from 1992 to 2021, and the empirical orthogonal function analysis (EOF) of the model results is conducted for a better understanding of the seasonal and interannual variations of oceanic surface pCO2 in this region. The model results showed that the SCS serves as an atmospheric CO2 source from March to October and a sink from November to February, with a domain-averaged climatological oceanic surface pCO2 value that varies between 357 and 408 μatm, and the temporal variation was positively correlated with the variation of sea surface temperature (SST). The majority of the SCS showed a long-term increasing trend for oceanic surface pCO2 with a value of (1.19±0.60) μatm/a, which is in response to the continuously rising atmospheric CO2 concentration. The first EOF mode is positively correlated with the Niño 3 index with a correlation coefficient of 0.51 when the Niño 3 leads 5 months, and the second EOF mode is correlated with the PDO index when the PDO leads 7 months, which suggests an influence of climate variability on the carbonate system. Moreover, it was found that the long-term trend rate of oceanic surface pCO2 was mainly controlled by total CO2 (TCO2) through the decomposition of influence factors, and SST variation took a dominant role in seasonal variations of pCO2. With rapid global warming and continuous release of CO2, the carbonate system in the SCS may change leading to calcite and aragonite saturation.




Keywords: oceanic surface pCO2, sea surface temperature, total CO2, control factor, biogeochemical model




1 Introduction

Total anthropogenic CO2 emissions have accelerated in the past few decades, and the oceanic CO2 sink increased from 1.1 ± 0.4 GtC yr-1 in the 1960s to 2.8 ± 0.4 GtC yr-1 during the 2010s, which accounts for 23.9% and 26.4%, respectively, of the total CO2 emissions for the same periods (Friedlingstein et al., 2022). Oceans in mid to high latitudes are a major sink zone for CO2 due to the low temperature and high wind speed, which consequently leads to a higher gas exchange rate with a mean uptake rate of approximately 0.7 PgC yr-1 in the northern hemisphere. The mean uptake rate in the Northwest Pacific (NWP), for instance, is estimated to be approximately 0.5 PgC yr-1 and the capability of CO2 absorption is increasing in the age of global warming (Takahashi et al., 2009; Sutton et al., 2017; Ji et al., 2022). In the absence of a clear sign of a decrease in atmospheric CO2 concentration, the oceanic sink for CO2 is expected to continue growing in pace with atmospheric CO2 (McKinley et al., 2020). Oceans absorb anthropogenic CO2 through the air-sea exchange, which shows stronger regional and seasonal variations than atmospheric CO2 due to the direct impact of water properties (Takahashi et al., 2002; Cai et al., 2006; Chai et al., 2009). The physical and biological variables alter with the influences of solar radiation, riverine inputs, circulation pattern, wind stress, and biological production and remineralization. Essential variables such as sea surface temperature (SST), sea surface salinity (SSS), total alkalinity (TALK), total CO2 (TCO2), and chlorophyll concentration change and consequently affect the variability of oceanic pCO2 (Xiu and Chai, 2014). On the seasonal time scale, oceanic surface pCO2 is positively correlated with SST and TCO2, whereas oceanic pCO2 is negatively correlated with biological productivity. The climatological oceanic pCO2 is generally high in summer and low in winter mainly due to thermodynamics, and TCO2 contributes to the increase of oceanic surface pCO2 in winter as a result of strong vertical transport processes that bring subsurface total inorganic carbon (TIC) to the upper layer. Upper layer TCO2 and TALK levels are changed with biological cycles through production and remineralization, which in the end leads to variations of oceanic surface pCO2 (Takahashi et al., 2002; Cai et al., 2004; Xiu and Chai, 2014). Moreover, on interannual and decadal scales, such long-term trend of oceanic pCO2 varies on the basin scale and shows correlations with climate patterns (Wong et al., 2002; Dore et al., 2009; Sheu et al., 2010; Tian et al., 2019). It is challenging to determine the control factors of the oceanic surface pCO2 due to the complex interactions among all variables.

The South China Sea (SCS) is one of the largest marginal seas in the NWP and is characterized by tropical and subtropical climates. It connects with the Pacific and the Indian Ocean through several water channels, and shares physical-biogeochemical features through upper layer exchange with the Kuroshio current and overflows at a deeper layer (Hu et al., 2000; Zhu et al., 2016). The contribution of the Kuroshio intrusion to the thermal state and ocean circulation is unneglected, which strongly affects oceanic surface pCO2 in the northern to central SCS (Nan et al., 2015); Xu and Oey, 2015). The SCS has a complicated topography and a vast continental shelf system in the northern (Gulf of Tonkin) and southern (Gulf of Thailand and Sundan shelf) boundaries and a deep basin with a maximum depth of over 5000m (Figure 1). The SCS exhibits strong monsoon-related seasonal cycles and ENSO-related interannual patterns (Chao et al., 1996; Wong et al., 2007; He et al., 2015). Since SST makes a positive contribution to the increase of oceanic surface pCO2, variability of the thermal state of the upper layer is crucial in understanding variations in the carbon cycle. Apart from the increased surface net heat flux, SST shows a linear warming trend since the 1990s in the SCS basin that is highly related to anomalous anticyclonic ocean circulation caused by wind stress curl (Xiao et al., 2019).




Figure 1 | Bathymetry of the South China Sea model (unit: m). Five physical-biogeochemical domains are shown in the black/gray boxes (D1: the coast of China; D2: the Gulf of Tonkin; D3: the southern coast of Vietnam; D4: the west of Lvzon Island, and D5: the SCS basin).



Previous studies have shown great efforts in understanding the carbon cycle by studying CO2 flux and its control factors through observations and numerical modeling (Marinov et al., 2008; Chen et al., 2013; Laruelle et al., 2017; Tian et al., 2019; Li et al., 2020; Li et al., 2020; McKinley et al., 2020; Wang et al., 2020; Ko et al., 2021). Li et al. (2020) summarized seasonal variations of oceanic surface pCO2 and regional features of air-sea CO2 fluxes over the SCS based on observations from 2000 to 2018. Chai et al. (2009) used a physical-biological coupled model with a 50km resolution and concluded that SST was a dominant factor in the seasonal variation of oceanic surface pCO2, and the influence of biological activities was also significant over the SCS. However, due to the limits of time coverage and spatial resolution of the observations and numerical models, previous studies fail to present a detailed long-term variation trend of oceanic surface pCO2, and uncertainties remain in understanding drivers of oceanic surface pCO2 variations on seasonal and interannual time scales over the SCS. With complex geographical and environmental conditions in the SCS, a high-resolution numerical model can help reconstruct coastal and basin-scale physical and biogeochemical status to remedy the insufficient capability for observing long-term trends of essential variables that control oceanic surface pCO2. The physical-biological processes are complex in this region, therefore, understanding the carbon cycle in the SCS makes a positive contribution to understanding the role of marginal seas in the global carbon system and its response to climate change.

The present study is organized as follows: datasets and model settings are introduced in Section 2; the seasonal and interannual variations of oceanic surface pCO2 are described in Section 3; the long-term trend rate of oceanic surface pCO2 and its controlling factors are analyzed and discussed in Section 4; and conclusions are presented in section 5.




2 Data and model



2.1 Data

We introduced four sets of data in this study for model validation and long-term trend analysis of oceanic surface pCO2. These included two sets of quality-controlled in-situ observation datasets to examine the capability of faithfully capturing features of oceanic surface pCO2 variations of the model.

The monthly oceanic pCO2 satellite dataset with a spatial resolution of 1°×1° was obtained from the Japan Meteorological Agency (JMA, datasets are accessible from their website https://www.data.jma.go.jp/gmd/kaiyou/english/co2_flux/co2_flux_data_en.html). The oceanic pCO2 field was calculated from satellite observations of SST, SSS, and surface chlorophyll-a concentration (Iida et al., 2020).

Monthly in-situ observations of ocean surface pCO2 were obtained from the dataset of Global Ocean Surface Carbon, which was provided by the E.U. Copernicus Marine Service Information (DOI: 10.48670/moi-00047). The data were with a resolution of 1°×1°, and the time coverage used in this study was from January 1990 to December 2021 (Chau et al., 2022).

Monthly modeled ocean surface pCO2 came from the Global Ocean Biogeochemistry Hindcast dataset obtained from the E.U. Copernicus Marine Service Information (DOI: 10.48670/moi-00019). The datasets were based on the PISCES biogeochemical model with a resolution of 0.25°×0.25°, whose time coverage was between 1 January 1993 and 31 December 2020.

Monthly in-situ observations of atmospheric CO2 concentration from Mauna Loa Observatory (MLO) (19.5°N, 155.6°W) were obtained from the Scripps Institution of Oceanography (Scripps CO2 Program) from 1990 to 2021 (Keeling et al., 2005).




2.2 Coupled physical-biogeochemical model settings

The physical model in this study was based on the Regional Ocean Model System (ROMS) v3.7 (svn trunk revision 874 released in 2017) (Shchepetkin and McWilliams, 2005). The model configuration follows Zhu et al. (2022) in the study of the comparison and validation of ocean forecasting systems over the SCS. The model domain in this study covers 0° to 25°N and 100° to 125°E (as displayed in Figure 1) with a horizontal resolution of 1/30°, and vertical levels of 50 in σ coordinate in the upper 300m for a more sufficient resolution to resolve the thermocline well. The land-sea grid was redistributed for a better fit to the complex SCS coastline. The bathymetry was derived from the General Bathymetric Chart of the Oceans (GEBCO) global continuous terrain model for ocean and land with a 30 arcsec spatial resolution. The atmospheric forcing uses the ERA5 reanalysis dataset that has higher resolution in both spatial and temporal resolutions, and the method adopts the COARE3.0 bulk algorithm (Fairall et al., 2003) to calculate the air-sea momentum. More details about the SCS physical model configuration and simulation ability are introduced by Zhu et al. (2022).

The Carbon, Silicate, and Nitrogen Ecosystem (CoSiNE) model was used for biogeochemical stimulation in this study. Fifteen state variables were considered: four nutrients (ammonium, nitrate, silicate, and phosphate), two phytoplankton groups (picophytoplankton and diatoms), two zooplankton groups (microzooplankton and mesozooplankton), two types of chlorophyll-a, two types of detritus for simulating sinking and suspending, dissolved oxygen, TALK, and TCO2. In addition, light input was considered. All the abovementioned variables used in the CoSiNE model can affect the carbonate system, which is also affected by physical processes concurrently. More detailed settings can be found in Chai et al. (2002) and Xiu and Chai (2013).

To reach a climatologically steady state of circulation model, the physical circulation model was run for a 26-year climatology state before being coupled with the biogeochemical model, and then the CoSiNE model was coupled with the physical model on the same model grid. The time step was set as 5 seconds for the external mode and 150 seconds for the internal mode.




2.3 Determining control factors of oceanic surface pCO2

Oceanic surface pCO2 shows a distinct positive correlation with atmospheric CO2 concentration when the influence of anthropogenic CO2 is taken into consideration. In addition, the variation of oceanic surface pCO2 is also related to changes in SST, SSS, TALK, and TCO2 according to previous studies (Takahashi et al., 2002; McKinley et al., 2006; Takahashi et al., 2009; Ji et al., 2022). To further estimate drivers of the variation rate of oceanic surface pCO2 on the interannual time scale, we used the formula as follows to linearize the change of oceanic surface pCO2 (Takahashi et al., 1993; McKinley et al., 2006; Xiu and Chai, 2014; Ji et al., 2022):



To isolate variables and evaluate the influence of each control factor on the , while calculating , only the interested one control variable changes and other variables were set to their long-term mean values on the right-hand side of the above equation.





3 Results



3.1 Model validation

The SCS model was examined and validated before further analysis. Three sets of monthly oceanic pCO2 datasets were used to compare with the SCS model result, namely, the Global Ocean Biogeochemistry Hindcast (hereinafter referred to as CMEMS_Model), the Global Ocean Surface Carbon in-situ observations (hereinafter referred to as CMEMS_Obs), and the satellite observations from the Japan Meteorological Agency (hereinafter referred to as JMA_Satellite). According to the time coverage of datasets, the validation period was between 1993 and 2019.

The temporal variations of monthly mean oceanic surface pCO2 anomaly at the SEATS station (18°N, 116°E) from January 1993 to December 2019 obtained from the SCS model, CMEMS model, CMEMS observation, and JMA satellite data were compared (Figure 2). All datasets showed increasing trends of the oceanic surface pCO2 in the SCS. The standard deviations of the increasing rates of the SCS model and CMEMS model were both low with a value of 11.60, which indicates that the SCS model can ably reconstruct and simulate the oceanic surface pCO2 (Table 1). Validation results showed that the SCS model fits well with the temporal patterns with a generally increasing trend over time. The SCS model appeared to be greater than the observations and CMESM model, which may be related to a stronger upwelling simulation performance of the physical model.




Figure 2 | The temporal variations of the oceanic surface pCO2 at SETAS from January 1993 to December 2019. The black line represents the SCS model output, the green line represents the CMESM model output, the blue dots represent CMESM in-situ observation, and the purple line represents the JMA satellite datasets, units: μatm.




Table 1 | The increasing rates of oceanic surface pCO2 calculated with different datasets in the SCS from January 1993 to December 2019, units: μatm a-1.



The spatial distributions of the climatological oceanic surface pCO2 obtained from the datasets and the SCS model all showed strong regional characteristics that the pCO2 level is higher in the south and lower in the north, especially along the continental shelf regions (Figure 3). High pCO2 values appear in the estuary areas (i.e., the Pearl River estuary, Red River estuary, and Mekong River estuary) due to the input of river discharge that contains a large number of nutrients and dissolved inorganic carbon (DIC) (Figures 3C, D). Due to the differences in spatial resolution of datasets, SCS model outputs showed more detailed variations in the spatial distribution of climatological oceanic surface pCO2. Factors that influence variation and changing rate of oceanic surface pCO2 will be discussed in the following sections. In general, the SCS model can ably reproduce variations of oceanic surface pCO2.




Figure 3 | The spatial distribution of the climatological oceanic surface pCO2 in the SCS from January 1993 to December 2019, units: μatm. (A) JMA satellite datasets; (B) CMEMS in-situ observation; (C) CMEMS model outputs; (D) SCS model result.






3.2 Seasonal variation of oceanic surface pCO2

The spatial distributions of oceanic surface pCO2 and surface chlorophyll concentration, the temporal variations of atmospheric pCO2, oceanic surface pCO2, SST, and surface chlorophyll concentration in the SCS will be analyzed in this section, as well as the climatological seasonal variations that were obtained from the SCS modeled monthly mean values from January 1992 to December 2021. In this study, four seasons were set as follows: spring (averaged from March-April-May), summer (averaged from June-July-August), autumn (averaged from September-October-November), and winter (averaged from December-January-February).

The modeled climatological oceanic surface pCO2 showed strong seasonal variability and regional characteristics in terms of spatial distribution (Figure 4). The regions with pCO2 value higher than 400 μatm gradually spans from concentrating in the Karimata Strait in winter to covering the entire SCS in summer.




Figure 4 | The spatial distributions of seasonal variations of the climatological oceanic surface pCO2 (units: μatm, shown in upper panel) and chlorophyll concentration (units: mg·m-3, shown in bottom panel). (A, E) spring, (B, F) summer, (C, G) autumn, and (D, H) winter.



The oceanic surface pCO2 decreased with the latitude from 378 μatm near the west coast of Borneo to 332 μatm on the coast of China in winter. As the annual mean atmospheric pCO2 was 381μatm, which is derived from the MLO observations, the SCS serves as a CO2 sink in this season. The biological productivity was more active in winter than during the other three seasons as a result of lower SST and stronger mixing process (Figures 4E–H), which consumes a massive amount of TCO2 in water and thus intensifies the decrease of pCO2 in the surface water (Figure 4D).

The spatial mean oceanic pCO2 showed a slight increase to 388 μatm in spring along with the rise of seawater temperature, which suggests the SCS, in general, turns into a weak source of CO2 in this season (Figure 4A). However, along the coast of China, the oceanic pCO2 level was relatively low with an average value of 365 μatm in the north of 20°N, and compared to the other parts, the CO2 fluxes were from the air to the sea in this region.

In summer, the oceanic pCO2 reached a domain-mean value of 400 μatm, and the maximum value of 425 μatm was spotted in the Gulf of Tonkin (Figure 4B). However, a relatively low value appeared near the southern coast of Vietnam with an oceanic pCO2 level of 387 μatm, which was the result of the combined influence of monsoon-induced upwelling and biological productivity (Chai et al., 2009). Summer monsoon strengthens upwelling in such regions thus transporting cold water and nutrients to the surface, which enhances biological production near the coast of Vietnam; therefore, with the consumptions of TIC, the oceanic surface pCO2 in this region appears to be lower than adjacent areas. Since the minimum value was still higher than atmospheric pCO2, the entire SCS acts as a CO2 source to the atmosphere in summer.

Similar to the distribution pattern in spring, the oceanic pCO2 decreased with the increasing latitude in autumn, with an average value of 388 μatm (Figure 4C). The narrow west coast off of Borneo was with a higher value of 398 μatm; while in the northern shelf of the SCS, oceanic pCO2 was relatively low at 377 μatm, an area that is the CO2 sink of the SCS in autumn. Overall, the climatological oceanic surface pCO2 spatial distribution showed strong seasonal disparity, and the regional distribution difference was in agreement with the findings by Chai et al. (2009). The mechanisms of variations of oceanic surface pCO2 will be discussed in section 4.2.

In terms of the temporal variations of the associated oceanic surface variables, the domain-averaged climatological values of atmospheric pCO2, oceanic pCO2, SST, and chlorophyll-a concentration were compared and analyzed (Figure 5). The monthly mean oceanic pCO2 varied between 357 and 408 μatm and peaked in June. After the peak, the decreasing rate of oceanic pCO2 showed a slight inflection point in September (with a value of 395 μatm), with accelerated decreases afterward. The annual mean climatological atmospheric pCO2 was around 381 μatm, indicating the SCS is a source of CO2 into the atmosphere from March to October and a sink from November to February, which is in agreement with the findings by Wong et al. (2007). A resemblant pattern was detected in the temporal variation of SST, whose monthly mean varied between 25.6 and 29.4°C. The highest value occurred in June, followed by a slight inflection point in September (29.0°C). The seasonal cycles of SST and oceanic pCO2 were closely linked, indicating seawater temperature positively correlates with the variation of oceanic pCO2.




Figure 5 | The seasonal cycles of climatological SST (units: °C, red dash line), oceanic surface pCO2 (units: μatm, black solid line), chlorophyll-a concentration (units: mg·m-3, blue dotted line), and atmospheric pCO2 (units: μatm, magenta dotted line).



On the contrary, a reverse relationship between oceanic pCO2 and chlorophyll-a concentration was observed. Monthly mean chlorophyll-a concentration varied between 0.08 and 0.27 mg m-3, with a maximal value in January and a minimum value in May. The reason for the reverse patterns of chlorophyll-a concentration and oceanic pCO2 is that the most active biological productivity exists in winter in the SCS, which benefits from enriched nutrients and DIC in the upper layer from the strong mixing process, therefore, more CO2 is removed from the water by photosynthesis, thus decreasing the oceanic pCO2; while in late spring to early summer, chlorophyll-a concentration drops to the bottom indicating the photosynthesis is limited by the nutrient supply. With less CO2 being removed and higher SST, oceanic surface pCO2 reaches the peak value in June. The modeled oceanic variable patterns were in agreement with previous studies (Liu et al., 2002; Cao et al., 2019).

The positive correlation between oceanic pCO2 and SST and the negative correlation between oceanic pCO2 and chlorophyll-a concentration suggest that the seasonal cycle of oceanic surface pCO2 was decided by variations of SST and biological productivity in the SCS. Therefore, related variables (SST, TCO2, TALK, and SSS) were isolated to further examine their individual effects on controlling oceanic surface pCO2 variation, as will be discussed in section 4.




3.3 Interannual variation of oceanic surface pCO2

Interannual and decadal variations of oceanic surface pCO2 were examined using the Empirical Orthogonal Function (EOF) analysis. EOF analysis was first conducted on normalized oceanic surface pCO2 without the linear trend being removed. Under such circumstances, the first EOF mode for oceanic surface pCO2 explained 81.73% of the total variance with an increasing trend over the entire SCS (figure not shown). The correlation coefficient between the first principal component (PC1) and deseasonalized atmospheric CO2 was 0.92, which indicates that the atmospheric CO2 uptake significantly contributed to the increase of oceanic surface pCO2 since the 1990s with an accelerating increase of anthropogenic CO2 emissions. The correlation coefficients between the PC1 and normalized SST and TCO2 were 0.69 and 0.74, respectively, which indicates tight links between oceanic pCO2 and the abovementioned variables. The normalized oceanic surface pCO2 and SST both showed significant increases from the year 1997 to 1998 and from 2015 to 2016, which may link with the extreme warming events in the SCS in the corresponding period (Xiao et al., 2017; Xiao et al., 2020).

As this mode explained over 80% of the total pCO2 variance, the linear trend was removed to further examine correlations between oceanic surface pCO2 and climatic indexes. Monthly modeled outputs from 1992 to 2021 were deseasonalized and detrended with the linear long-term trend, and the Niño 3 index and the PDO indices were introduced into the analyses to link with climate variability for a further understanding of interannual and decadal variations of oceanic surface pCO2.

The first EOF mode of the detrended oceanic pCO2 appeared to be positive over the entire region, especially in the Gulf of Tonkin and the central to the southern part of the SCS, which explains 44.17% of the total variance (Figure 6A). The minimum values were distributed along the northern coast of the SCS, especially around the Pearl River plumes, which is consistent with the findings by Li et al., 2020 and Wang et al. (2020). The PC1 showed a positive response to the Niño 3 index with a correlation coefficient of 0.51 with the Niño 3 leads 5 months, which indicates an interannual modulation of oceanic surface pCO2 by SST, and a strong influence of ENSO on the carbonate system in the SCS. The second EOF mode explained 8.16% of the total variance and exhibited a clear north-south dipole distribution (Figure 6B). The PC2 after the three-point smooth was significantly correlated with the PDO index (R=0.62) with PDO leads 7 months, which indicates there is a strong influence of the PDO on the decadal variation of the oceanic pCO2 in the SCS. The third EOF mode explained approximately 4.48% of the total variance showing a meridional structure centered around 114°E and it could possibly relate to a mixed modulation of climate variations that need to be further investigated (Figure 6C).




Figure 6 | The three dominant EOF modes of the detrended oceanic surface pCO2 (left panel) and their associated principal components (right panel). (A) EOF1 detrended and PC1 with the Niño3 index (5-month lag) superimposed on the PC1 mode (blue dotted line), (B) EOF2 detrended and PC2 with the PDO (7-month lag) superimposed on the PC2 mode (blue dotted line), (C) EOF3 detrended and PC3.







4 Discussion



4.1 The trend rate of oceanic surface pCO2

In this section, long-term trend rates of oceanic surface variables (SST, TCO2, TALK, and SSS) were calculated and analyzed to examine their correlations with the trend rate of oceanic surface pCO2. Due to the strong regional disparity of the abovementioned variables, the SCS was separated into five domains based on physical-biogeochemical conditions and previous studies to further explore geographical features of the various rates (Yu et al., 2019; Li et al., 2020; Wang et al., 2020). The domains were (D1) the coast of China (21.8°~24.7°E, 110.3°~120°N), (D2) the Gulf of Tonkin (17°~22°E, 105°~110°N), (D3) the southern coast of Vietnam (7°~12°E, 103.5°~109°N), (D4) the west of Lvzon Island (16.8°~18.8°E, 118.5°~121°N), and (D5) the SCS basin (12°~15°E, 112.1°~117°N). Detailed physical-biogeochemical descriptions of domains are displayed in Table 2 The water channels and confluent areas of large runoffs (here it refers to regions around the Pearl River estuary, the Red River estuary, and the Mekong River estuary) were removed from calculation to diminish the impact of runoff when examining the oceanic surface variables. The range of influence of SSS variation was limited around the estuary zone and did not show any significant regional changing trend (average value was less than 0.01 psu/a), therefore its spatial distribution is not shown in Figure 7.


Table 2 | Summary of the five physical-biogeochemical domains in the SCS.






Figure 7 | The spatial distributions of the long-term trend rates of the change of oceanic surface variables in summer (upper panel) and in winter (bottom panel). (A, D) oceanic surface pCO2 change rate distribution, units: μatm·a-1; (B, E) SST change rate distribution, units: °·a-1; (C, F) TCO2 change rate distribution, units: mmol·m-3·a-1. The five physical-biogeochemical domains are shown in black dotted boxes in (A).



Since oceanic surface pCO2 was mainly decided by variations of SST and biological productivity, the trend rate of oceanic pCO2 was controlled by the balance of water temperature change, upwelling and removing of TCO2, and TALK concentration variation. Besides seasonal variations of net heat flux, carbon cycle, seawater temperature, and accompanied chlorophyll-a concentration variations were also associated with the coastal currents and upwelling physics in the SCS, meaning the East Asian Monsoon plays a vital role in regulating the variation of oceanic pCO2 in this region in summer and winter (Hu et al., 2003; Xie et al., 2003; Anderson et al., 2009; Liu et al., 2010).

The modeled oceanic pCO2, SST, and TCO2 over the entire SCS all showed positive long-term rates of change with a domain-averaged value of 1.19 ± 0.60 μatm/a for oceanic pCO2, 0.018 ± 0.004°C/a for SST, and 0.62 ± 0.34 mmol·m-3/a for TCO2, which were all under the influences of global warming and the increase of anthropogenic CO2 emissions in the latest decades. A positive long-term trend rate of TALK was also observed (figure not shown); with the neglection of river discharge in this study, the TALK variation was mainly regulated by ocean currents (Yang and Byrne, 2022).

D1 and D2 are typical shelf marine systems and share common seasonal variations along the shorelines from the Taiwan Strait to the Gulf of Tonkin. The modeled SST trend rate was high in summer and low in winter in both regions (Figures 7B, E; Table 3) with a peak value among all five regions of 0.029 ± 0.005°C/a in summer in D1, and a runner-up value of 0.021 ± 0.006°C/a appearing in D2, which is in agreement with the findings by Yu et al. (2019). The warming trend leads to an intensification of stratification of the water column, therefore inhibiting the increase of TCO2 in return, so the trend rate of TCO2 was lower in summer than in winter in both regions (Figures 7C, F; Table 3). Under the combined influences of a strong warming trend of SST and a weak increasing trend of TCO2, the oceanic surface pCO2 trend rates were much higher in summer than in winter in both regions, the differences between the two seasons were 0.35 μatm/a and 0.43 μatm/a, respectively (Figures 7A, D; Table 3). Therefore, in the shelf system, SST makes a greater contribution to the increase of oceanic surface pCO2 in summer, and TCO2 accounts for a positive trend in both seasons.


Table 3 | Long-term trend rates of oceanic surface pCO2, SST, TCO2, and TALK in summer and winter in the five physical-biogeochemical domains.



In D3, owing to the prevailing monsoon system over the SCS, oceanic variables showed pronounced seasonality. In summer, the southwesterly monsoon strengthened the upwelling near the shoreline, and the increasing trend of TCO2 and TALK were both observed in summer in this region (Table 3), which is under the influence of monsoon-induced upwelling that brings cold water, TCO2, and nutrients in the subsurface layer up to the upper layer (Xie et al., 2003; Jing et al., 2016). Whereas, the modeled SST exhibited a “cold gyre” showing a slightly decreasing trend (Figure 7B), which may be related to the Vietnam cold eddies induced by monsoon and land topography (Yuan et al., 2005; Hu et al., 2011; Valsala and Murtugudde, 2015). In winter, with the prevailing wind turning northeasterly, upwelling along the Vietnam coast was weakened, which brought a relatively warmer trend of SST in the extended area (Table 3). With the inhibiting effect of high SST and consumption from biological production and remineralization, TCO2 and TALK as a result showed weak increasing rates (Figure 4H; Table 3). The oceanic pCO2 maintained a high increasing trend rate in the summer and low in the winter, which suggests it is dominated by the variation of TCO2 (this will be further illustrated in section 4.2).

The northeasterly monsoon wind promoted upwelling effects in D4 and D5 in winter; nutrients and TCO2 were transported to the upper layer, which contributed to the increase in the trend rate of TCO2 (Chen et al., 2022). In addition, the intrusion of the Kuroshio current in the SCS peaks from the fall to January, which contributes to a higher increasing rate of SST from Lvzon Strait to the west of the SCS in winter (Xue et al., 2004; Nan et al., 2015). However, the trend rate of TCO2 around the west off Lvzon Island (D4) was lower in winter even with the positive influence of monsoon-induced upwelling (Table 3), and the reason is that the biological productivity is significant (the average value of chlorophyll-a concentration is over 0.3 mg/m3), and it balances out the positive effect of upwelling, resulting in a weakened TCO2 increase in winter; while the promoting effect of monsoon-induced upwelling gradually recedes in summer, which benefits the increasing trend of TCO2 due to the weakened biological productivity in D4. The long-term trend rates of oceanic variables were relatively stable in D5 as an abysmal region (Table 3).

Overall, among the five typical regions, the trend rate of oceanic surface pCO2 was mainly controlled by the balance between SST variations, and input and removal of TCO2. Therefore, control factors for long-term oceanic surface pCO2 trend rate will be discussed through influence factor decomposition in the next section by focusing on the effects of SST and TCO2 from region to region.




4.2 Drivers for long-term oceanic surface pCO2 trends in different regions

Control factors including SST, TCO2, TALK, and SSS were examined to determine the critical factor influencing the long-term trend rate of oceanic surface pCO2 following Equation (1). The contributions from each variable were analyzed, and negative values of pCO2-TALK and pCO2-SSS were detected in most of the regions (Table 4). The effects of pCO2-TALK and pCO2-SSS were mainly the reflections of precipitation, evaporation, riverine inputs, and biological removal (Huang et al., 2015; Huang et al., 2021). By comparing to influences of pCO2-SST and pCO2-TCO2, their contributions to the change rate of oceanic pCO2 were insignificant (Xiu and Chai, 2014; Sutton et al., 2017), therefore only drivers of pCO2-SST and pCO2-TCO2 in summer and winter are shown in Figure 8.


Table 4 | Long-term trend rates of pCO2 under influences of SST, TCO2, TALK, and SSS in summer and winter in the five physical-biogeochemical domains.






Figure 8 | The spatial distributions of the long-term trend rates of change of pCO2 in summer (upper panel) and in winter (lower panel), units: μatm·a-1. (A, D) pCO2; (B, E) pCO2-SST; (C, F) pCO2-TCO2. The five physical-biogeochemical domains are shown in black dotted boxes.



δpCO2 showed an increasing trend in the SCS with a domain-average value of 0.54 μatm/a in summer and 0.45 μatm/a in winter. The δpCO2 had a higher increasing rate in the north to the central SCS in summer; while in winter, the high trend value was mainly distributed in the shallow waters along the shorelines of China (Figures 8A, D). All five domains showed higher values of δpCO2 in summer than in winter, which corresponded to the long-term trend rate of pCO2. The trend of δpCO2 in the Gulf of Tonkin achieved the maximum value within the five domains with values of 0.735 ± 0.191 μatm/a in summer and 0.636 ± 0.159 μatm/a in winter, which indicates that the ocean releases more CO2 to the air in this region.

The contribution of SST to the trend rate of oceanic pCO2 was consistent with the trend rate of SST in most regions, whose influence on the trend rate of oceanic pCO2 was 33.85% in summer and 34.86% in winter. The positive trend rate of pCO2-SST covered most of the regions in both seasons (Figures 8B, E), and negative trend rates were seen in the Taiwan Strait and around the west of Lvzon Island in winter, which indicates a decreasing trend of oceanic pCO2 due to the reduction of SST trend rates (Figures 7E, 8E). The contribution of TCO2 dominated the SCS in both seasons, whose influence on the trend rate of oceanic pCO2 was 83.67% in summer and 87.93% in winter, indicating that TCO2 is the major driver for the long-term trend of oceanic surface pCO2 (Figures 8C, F).

In D1, the correlation coefficient between the trend rate of oceanic pCO2 and the trend rate of pCO2-SST was 0.23 in summer and 0.20 in winter, while the correlation coefficient between the trend rate of pCO2 and the trend rate of pCO2-TCO2 was 0.46 in summer (accounting for 65.98% of oceanic pCO2) and 0.86 in winter (accounting for 74.85% of oceanic pCO2). Hence, the trend rate of pCO2-TCO2 was more decisive than the trend rate of pCO2-SST in the shelf marine system, where the trend rate of oceanic pCO2 was mainly influenced by coastal currents and coastal upwelling effects.

The domain D2 was with the largest trend rate value of oceanic pCO2 in the five domains with a value of 0.735 ± 0.191 μatm/a, and the trend rate of pCO2-TCO2 accounted for 0.689 ± 0.151 μatm/a, suggesting its predominant function. On the other hand, the influence of SST was low in summer, which only accounted for 29.39% of the trend rate of oceanic pCO2 (Table 4). The possible mechanisms are not certain yet, one possible cause may link with a high frequency of typhoon landing in this region in summer, with strong wind stress, heavy rainfall, intensified mixing effects, and accelerated air-sea exchange (Potter et al., 2017; Ko et al., 2021), hence resulting in a low contribution of pCO2-SST and a high contribution of pCO2-TCO2. Further analysis and investigation are required on this subject in the future.

In D3, the seasonal variations of the trend rate of pCO2-SST and pCO2-TCO2 were dominated by the East Asian Monsoon and had similar seasonal patterns as the variations of the trend rates of SST and TCO2. The pCO2-TCO2 accounted for 94.55% of the trend rate of oceanic pCO2 in summer and 89.17% in winter, indicating the predominance of TCO2 in controlling the long-term trend rate of pCO2 (Table 4).

The influence of TCO2 in D4 and D5 was significant in winter, pCO2-TCO2 accounted for 101.97% in D4 and 105.68% in D5, as a result of the strong positive impact of monsoon-induced upwelling on TCO2 (Table 4). Gyre structures distributed in the west of Lvzon Island were spotted (Figures 8E, F), which indicates abnormal values appeared for the trend rate of pCO2-SST and pCO2-TCO2 in winter. This may correspond to mesoscale eddies or anomalous wind stress curl over the region (Guo et al., 2015; Xiao et al., 2019), and it is worth further analyzing the relationships between oceanic surface pCO2 and mesoscale structures in future research work.





5 Conclusion

This study simulates oceanic surface pCO2 in the SCS based on a three-dimensional physical-biogeochemical model for a better understanding of the seasonal and interannual variations of oceanic surface pCO2, and drivers that regulate the variations in this region. Based on the results from the SCS model between 1992 and 2021, a stable increasing trend of oceanic surface pCO2 was detected over the entire SCS, and the trend was tightly linked with global warming and the increase of atmospheric CO2 emissions. The temporal variation of climatological oceanic surface pCO2 varied between 357 and 408 μatm, and results showed that the SCS serves as a source of CO2 from March to October, and a sink of CO2 during the rest of the year. The oceanic surface pCO2 showed a positive correlation with SST and TCO2 and a negative correlation with chlorophyll-a concentration. On the interannual time scale, the Niño 3 index and the PDO index correlated with the first and second principal components of the detrended oceanic pCO2, which indicates the influences of ENSO and other climate variations on the oceanic pCO2 variation.

The trend rate of oceanic surface pCO2 was mainly affected by SST variations and input and removal of TCO2. In the shelf system (D1 and D2), the variation of oceanic pCO2 was more strongly correlated with SST (especially in the summer) as a result of a stronger warming trend of SST and a weaker increasing trend of TCO2 in summer, and TCO2 was positively correlated with oceanic pCO2 variation in both summer and winter. In areas dominated by the East Asian monsoon (D3, D4, and D5), the monsoon-induced upwelling promoted the increase of TCO2 in the surface water, and the change of the trend rate of oceanic pCO2 was mainly controlled by the input and removal of TCO2.

The positive trend rate of δpCO2 was detected in the whole region with a higher value in summer and a lower value in winter. It was found that TCO2 and SST both contribute positively to the increase of the trend rate of δpCO2, while TALK and SSS show negative contributions in most domains through the influence factor decomposition. The influence of TCO2 on δpCO2 was significantly greater than that of SST in all domains, which indicates that TCO2 is the major driver for the variation of the long-term trend rate of oceanic surface pCO2.

The seasonal and interannual variations of oceanic surface pCO2 and drivers that regulate the variations were analyzed. The analyses showed that the oceanic pCO2 is mainly controlled by TCO2 on the seasonal scale and responds to ENSO and other climate variability on the interannual scale. Furthermore, the atmospheric CO2 uptake makes a significant contribution to the increase of oceanic pCO2 on decadal timescales, therefore understanding the carbon cycle in the SCS helps to better explain the role of marginal seas in the global carbon system in the age of climate change. With more uncertainties that climate change brings, the carbonate system in the SCS may continue to change, and it is worthy of further investigation and research.
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The Global Operational Oceanography Forecasting System from the Mercator Ocean (MO) and the regional South China Sea Operational Oceanography Forecasting System (SCSOFSv2) were compared and evaluated using in situ and satellite observations, with a focus on the oceanic and ecological response to two consecutive native typhoons, Cempaka and Lupit, that occurred in July–August 2021. Results revealed a better simulation of the chlorophyll a (Chla) structure by SCSOFSv2 and a better simulation of the temperature profile by MO in the Pearl River Estuary. In addition, SCSOFSv2 sea surface temperature (SST) and MO Chla variations corresponded well with observations along the northern SCS shelf. Simulated maximum SST cooling was larger and 2–3 days earlier than those observations. Maximum Chla was stronger and led the climatological average by 2 days after the typhoon passage. Typhoon-induced vertical variations of Chla and NO3 indicated that different Chla bloom processes from coastal waters to the continental shelf. Discharge brought extra nutrients to stimulate Chla bloom in coastal waters, and model results revealed that its impact could extend to the continental shelf 50–150 km from the coastline. However, bottom nutrients were uplifted to contribute to Chla enhancement in the upper and middle layers of the shelf. Nutrients transported from the open sea along the continental slope with the bottom cold water could trigger Chla enhancement in the Taiwan Bank. This study suggests considering strong tides and waves as well as regional dynamics to improve model skills in the future.
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1 Introduction

The northern South China Sea (SCS) continental shelf is located next to the Guangdong Province and includes the Guangdong–Hongkong–Macau Greater Bay Area waters with a depth of 0–200 m. It covers numerous islands, winding shorelines, and a complex topography (Figure 1A). Its dynamic processes are not only forced by the East Asian Monsoon (Wyrtki, 1961; Qu, 2000) but also significantly affected by the Kuroshio intrusion from the Luzon Strait (Farris and Wimbush, 1996; Nan et al., 2013). In addition, several estuaries along the northern SCS shelf dramatically affect the regional marine systems through runoff discharge. The most representative is the Pearl River Estuary (PRE, Figure 1A), the second-largest river in China and the 13th-largest river in the world, in terms of runoff discharge. The annual average runoff discharge of the PRE is 10,524 m3 s−1, of which 80% occurs during April–September with a maximum in July, making an important contribution to the physical and ecological environment in and near the PRE (Zhao, 1990).




Figure 1 | Intensity and path of Typhoons Cempaka and Lupit in the Northern SCS (A) and the trajectories of typhoons generated in the SCS during 2000–2021 (B). The black lines in (A) labeled A, B, and C are three sections across the continental shelf used to study the response of vertical structure in Section 3.5, and the blue lines are river courses. The Pearl River Estuary is marked as PRE.



Typhoons (also referred to as tropical cyclones) are one of the most destructive natural disasters on Earth. They are classified using the Saffir–Simpson intensity scale (Saffir, 1973; Simpson, 1974), ranging from category 1 (64–82 knots or 33–42 m s−1) to category 5 (>137 knots or 70 m s−1). Typhoons frequently occur in the Northwest Pacific and SCS (Chen et al., 2015). An annual average of 10.3 typhoons are active in the SCS (Wang et al., 2007), and they occasionally impact the northern SCS continental shelf (Figure 1B), causing profound physical and ecological changes in the upper ocean (Lin et al., 2003a; Lin et al., 2003b; Wu and Li, 2018; Qiu et al., 2019). Due to strong vertical mixing or upwelling induced by typhoons, subsurface cold water is transported upward to lower the sea surface temperature (SST). SST cooling ranges from 1 to 9°C in the open ocean, varying with typhoons’ intensity and translational speed (Lin et al., 2003a; Black and Dickey, 2008; Zhu et al., 2016; Yue et al., 2018). This cooling usually produces a cold wake along the track, on the right side in the Northern Hemisphere or the left side in the Southern Hemisphere (Leipper, 1967; Mrvaljevic et al., 2013). However, the SST response to a typhoon in coastal waters and on the continental shelf differs from that in the open sea because of local environmental conditions, such as complex topography and shoreline blocking (Lai et al., 2013). For example, typhoon-induced maximum SST drop can occur on the left of the typhoon path (Bingham, 2007; Liang and Ge, 2014), and the SST even increases after a typhoon passes the continental shelf (Xie et al., 2017). The SST recovers slowly via the subsequent air–sea heat exchange and oceanic processes, within a few days to a few weeks after a typhoon passes (Price et al., 2008; Wu and Li, 2018).

Typhoons can also stimulate phytoplankton bloom, which is the most significant biological characteristic after a typhoon passes (Wu et al., 2007; Zhao et al., 2008; Feng et al., 2022). Phytoplankton bloom, as measured by chlorophyll a (Chla) enhancement, occurs when nutrients from the subsurface or bottom are entrained to the euphotic zone by strong vertical mixing and upwelling or extra nutrients from river discharge. Chla enhancement has been confirmed in many individual cases and varies with different typhoons. For example, Typhoon Kai-Tak in 2000 triggered a 30-fold increase (Lin et al., 2003b), and Typhoon Damrey in 2004 resulted in a Chla bloom of approximately 4 mg m−3 in the offshore areas (Zheng and Tang, 2007). In addition, Chla enhancement occurs not only at the surface but also in the subsurface just above the thermocline, as reported by Hung et al. (2010).

Based on decades of typhoon data, researches have pointed out the association of Chla enhancement with water depth, typhoon’s intensity, and translational speed (Chen et al., 2017; Wang, 2020; Li and Tang, 2022). By comparing the response to typhoons for areas with three different water depths, Chen et al. (2017) found an increase in depth-integrated Chla, mainly in the coastal waters and continental shelf. Wang (2020) demonstrated Chla responses to slow-translation-speed typhoons in the SCS, mostly near coastal waters. Furthermore, a recent study revealed that both weak and slow-moving as well as strong and fast-moving typhoons were characterized by maximum Chla bloom with an increase of 0.23 mg m−3 on the continental shelf, whereas strong and slow-moving typhoons induce a larger Chla enhancement with an increase of 0.14 mg m−3 in the open sea (Li and Tang, 2022).

The above studies demonstrate the differences in typhoon-induced SST and Chla variations on the continental shelf from those in the open sea. However, although numerous studies have been performed on the impact of strong typhoons on the marine environment in the past decades, only a few have focused on their response to weak, slow-moving typhoons on the continental shelf. The two typhoon events, Typhoon Cempaka and Typhoon Lupit, discussed in this article have several characteristics. First, they were generated or strengthened on the continental shelf. Typhoon Cempaka originated on July 17, 2021 over the northern SCS slope and developed into a category 1 typhoon after entering the western Guangdong shelf and landed in Yangjiang on July 20. Typhoon Lupit was formed on August 2, 2021 in the coastal waters near Zhanjiang, quite close to the coast. It then migrated along the northern SCS shelf, and landing in Shantou on August 5 (Figure 1). Their trajectories changed, and they landed quickly. For example, Lupit’s track was opposite to the conventional native typhoon moving northwestward (Figure 1B), making it difficult to be forecasted (Zeng et al., 2022). Second, the maximum wind speeds (mean translation speeds) of Cempaka and Lupit in the northern SCS were 38 m s−1 and 23 m s−1 (1.9 m s−1 and 2.6 m s−1), respectively, as recorded by the Chinese Meteorological Administration (CMA). This suggests that they were weak and slow-moving, as mentioned by Zhao et al. (2008). Third, Cempaka (Lupit) brought heavy rainfall with a lasting and wide influence on Guangdong and Guangxi (Guangdong, Hong Kong, and Fujian).

In past decades, intensive studies have investigated SST and Chla in response to typhoons using multi-platforms like satellite observations (Lin et al., 2003a; Lin et al., 2003b; Yang et al., 2010; Wang, 2020) and in situ observations (Zhao et al., 2009; Liu et al., 2013; Qiu et al., 2019), as well as Bio-Argo (Chacko, 2017; Roy Chowdhury et al., 2022). Nevertheless, extreme weather conditions make field observation data difficult to obtain during most typhoon periods. In addition, the available satellite observation data are scarce because of heavy rainfall and cloud coverage during the typhoon period (Chang et al., 2008). For example, 50% of Chla data were unavailable (Wang, 2020), and the timing of maximum SST cooling might be inaccurate (Sun and Oey, 2015). Such non-uniform sampling in time and space often causes errors when quantifying the variations in SST and Chla during the typhoon period.

Therefore, numerical modeling is increasingly important in typhoon prediction and disaster assessment because it can untangle three-dimensional physical and ecological variations during extreme weather conditions. For example, we can further understand the fine-scale of circulation movement and temperature beneath typhoons (Sui et al., 2022) and chlorophyll change (Subrahmanyam et al., 2002). Moreover, changes in vertical structures, such as the warming of the subsurface layer, that cannot be captured by satellites can also be discovered by numerical modeling (Zhang et al., 2018). However, some undeniable model biases always exist compared to observations. Thus, inter-comparison and evaluation of different models with observations are necessary to decrease model errors and improve the forecast accuracy of marine changes as typhoons pass. Accurate predictions can reduce or prevent disasters, and have significant social and economic impacts in ensuring  the safety of people’s lives and property.

The rest of this study is organized as follows: the typhoon, in situ, satellite data used in this study, and the regional and global Operational oceanography Forecasting Systems (OFS) are introduced in Section 2. Section 3 presents the results of the comparison, evaluation, and discussion between regional and global OFSs and in situ observations. Finally, Section 4 summarizes the conclusions of this paper.




2 Data, model, and method



2.1 Typhoon data

Data from successive typhoons Cempaka and Lupit were downloaded from the CMA (tcdata.typhoon.org.cn) (Lu et al., 2021). The records comprised several location time series, including the longitudes and latitudes of the typhoons’ centers, their maximum sustained wind speeds 10 m above the mean sea level, their central atmospheric pressures, and their statuses every 6 h or 3 h.




2.2 In situ data

Two summer cruises funded by the Southern Marine Science and Engineering Guangdong Laboratory (Zhuhai) were conducted in and near the PRE from July 27 to August 9, 2021, and August 2–8, 2022. There were 40 stations measured in 2021, among those labeled as red-filled circles in Figure 2 over the inner and western PRE observed before Typhoon Lupit (before August 3), while those labeled as purple-filled circles over the outside and eastern PRE sampled after Typhoon Lupit (August 6–8). The 28 sampling stations in 2022 coincided with some of those in 2021, but no observations occurred in bays on two sides of the PRE. Profiles of temperature, salinity, and depth were measured by a Conductivity–Temperature–Depth sensor (SBE 911 plus, SeaBird Scientific Inc.). Chla and turbidity were observed by a fluorimeter and a turbidity sensor at each station, respectively. Inorganic nutrient concentrations (nitrate) at the surface and bottom layers were analyzed by an Automated Flow Injection Analyzer 2000. The temperature and Chla at stations A1, A4, B3, B6, C2, and C5 were employed to verify the profile structures from the forecasting systems because those stations are quite close to the 1/4° grid point of biogeochemical products of MO. In addition, profiles before (A1, B3, and A4) and after (B6, C2, and C5) Lupit were used to compare and evaluate the forecasting systems with in situ observations during the pre- and post-typhoon periods.




Figure 2 | Location of sampling stations in and around the PRE in 2021 and 2022. The red- and purple-filled circles are the stations in before and after typhoon periods in 2021, respectively, and the blue “+” represents the stations in 2022. Stations A1, A4, B3, B6, C2, and C5  are used in this article.






2.3 Operational Forecasting Systems



2.3.1 Global Mercator Ocean Operational Forecasting System

The high-resolution global analysis and forecasting system GLO12v3 (previously called PSY4V3R1) was developed and maintained by Mercator Ocean (MO) in France and has operated as the MyOcean project since October 2016. The upgraded version, known as GLO12v4, has been  available since November 2022 from Copernicus Marine Environment Monitoring Service, which produced weekly 14-day hindcasts and daily 10-day forecasts. The configuration is based on the tripolar ORCA12 grid type in version 3.6 of the NEMO ocean model (Madec et al., 2017) with a 1/12° horizontal resolution, corresponding to  9 km at the equator, 7 km at mid-latitudes, and 2 km toward the Ross and Weddell seas. The vertical resolution is 1 m at the surface, decreasing to 450 m at the bottom, with a total of 50 layers and 22 layers within the upper 100 m.

The sea surface atmospheric forcing comes from the European Centre for Medium-Range Weather Forecasts (ECMWF) Integrated Forecast System (IFS) at a 1/10° and 3 h resolution. Using a reduced-order Kalman filter method derived from a SEEK filter (Brasseur and Verron, 2006), multivariate data assimilation of oceanic observations, including in situ temperature and salinity (T/S) from Coriolis/Ifremer, along-track MSLA from AVISO, and intermediate resolution (0.25°×0.25°) SST product from NOAA, is performed with the SAM2 software (Lellouche et al., 2013; Lellouche et al., 2018). The biogeochemical module of MO is based on PISCES 3.6 as a part of the NEMO modeling platform (Aumont et al., 2015). The model is forced offline by the daily physical forecasts from MO and assimilates sea surface Chla data observed by the CMEMS-OCTAC satellite through the SAM2 Mercator Assimilation System filter. The horizontal resolution has a regular grid at 1/4°, with 50 vertical layers on the global ocean.




2.3.2 Regional SCS Operational Forecasting System

This study's regional high-resolution simulated results are from the SCS numerical ocean model, modified from the South China Sea Operational Oceanography Forecasting System (SCSOFSv2, Zhu et al., 2022). SCSOFSv2 is built on the Regional Ocean Modeling System (ROMS). The model’s boundaries were extended southward and eastward to cover a larger domain (4.5°S–28.3°N, 99°145°E) than the SCS. The horizontal resolution varies from 1/12° in the south and east boundaries to 1/30° in the SCS, with 50 layers in the vertical direction. When compared with SCSOFSv2, the open boundary conditions were changed from Simple Ocean Data Assimilation (SODA, Carton et al., 2018) version 3.3.1 and 3.3.2 monthly averages to SODA3.4.2 with a 5-day average during 1990–2020 and PSY4V3R1 with a daily average during 2021–2022. The surface atmospheric forcing replaces the 6-h Climate Forecast System Reanalysis (CFSR, Saha et al., 2010) for 1990–2011 and the Climate Forecast System version 2 (CFSv2, Saha et al., 2014) for 2011–2018 with the fifth-generation ECMWF Reanalysis (ERA5, Hersbach et al., 2020).

The other model configurations are the same as SCSOFSv2, except that the “Multi-source Ocean data Online Assimilation System” (MOOAS, Zhu et al., 2022) is excluded. This study uses the Carbon, Silicate, and Nitrogen Ecosystem (CoSiNE) model for biogeochemical stimulation, which is coupled online with ROMS. Fifteen state variables are considered: four nutrients (ammonium, nitrate, silicate, and phosphate), two phytoplankton groups  (picophytoplankton and diatoms), two zooplankton groups  (microzooplankton and mesozooplankton), two types of Chla, two types of detritus for simulating sinking and suspending, dissolved oxygen, total alkalinity, and total carbon dioxide. More detailed information can be found in Chai et al. (2002), Xiu and Chai (2014), and Zhang et al. (2023).





2.4 Satellite and reanalysis data

The Group for High-Resolution SST (GHRSST, Donlon et al., 2007) is a merged high temporal and spatial resolution SST product. Operational SST product at a 1 km spatial resolution is available from GHRSST. The input SST data consist of infrared (IR) sensors (e.g., AVHRR, METOP, MODIS, and AATSR), Geostationary Satellites (GOES, MTSAT, and SEVIRI/MSG), and microwave sensors (e.g., AMSR-E and TMI) with spatial resolutions of 1, 5, and 25 km, respectively. The field SST observations from ships, moorings, surface drifters, and profiling floats are also used. All the SST products are delivered with additional fields such as quality flags, standard deviation, and bias. More details about GHRSST products are available at http://www.ghrsst.org.

The daily and monthly satellite-derived sea surface Chla during Typhoons Cempaka and Lupit are provided by version 4.2 of the Ocean Colour Climate Change Initiative (OC-CCI), available online at https://esa-oceancolor-cci.org. The spatial resolution of OC-CCI is 4 km (Sathyendranath et al., 2019). OC-CCI Chla measurements integrate four distinct ocean color sensors: NASA-SeaWiFS, NASA-MODIS-Aqua, NASA-MERIS, and ESA-MERIS. Data are processed to be merged from these different platforms using the POLYMER v4.1 algorithm (MERIS) and SeaDAS v7.5 12gen tool (SeaWiFS, MODIS, and VIIRS) atmospheric-correction models. The OC-CCI Chla is well-validated with in situ observations in the global ocean (Valente et al., 2019) and used in the regional study (Guo et al., 2017).




2.5 SST anomalies and Chla changes induced by typhoons

The range of typhoon-induced SST cooling and phytoplankton blooms varies with typhoons' intensity and translational speed. For example, phytoplankton blooms were distributed in a region measuring 200 km across and 600 km along the typhoon trajectory in the Northwest tropical Pacific (Shibano et al., 2011). Typhoon-induced surface changes in Chla  were observed within 300 km from its center, with major changes generally found within 100 km of the trajectory (Yang et al., 2010). Compared with previous research, Typhoons Cempaka and Lupit were relatively weak and moved only in the northern SCS shelf. Hence, this study focuses on the changes within 100 km of the typhoon center.

Oceanic responses to the typhoons were evaluated with SST anomalies (SSTA), obtained by removing the 2007–2021 average from the corresponding day at each pixel using Equation (1), referring to the study of Wang (2020):

 

where, SSTAn(p, t) are typhoon-induced SSTA at  location n with respect to pixel p and time t. The pixel was less than 100 km from a typhoon center, and the date period was from 15 days before to 15 days after (-15–15 day) the typhoon’s arrival, SSTn(p, t) are the original time series, and SSTn(p, t’) clim are the corresponding climatological averages for day t′ of a year at pixel p.

SSTA and Chla were spatially averaged at a daily interval to obtain a time series of typhoon-induced SSTA changes (SSTAn(t)) and Chla changes (Chlan(t)) at each typhoon location n and time t using Equations (2) and (3):

 

 

Finally, all Cempaka's and Lupit's locations with 3- or 6-h intervals are averaged to obtain the variations in SSTA and Chla from 15 days before to 15 days after the typhoon's arrival.





3 Results and discussion



3.1 Model validation

First, we verified the physical and biogeochemical results of SCSOFSv2 and MO. Zhu et al. (2016) comprehensively compared and verified the SCSOFS version 1 and MO results. They found that SCSOFS (MO) performed better in simulating the temperature and salinity structures (ocean circulations and the SST), and the SCSOFS simulation was better than MO in SST fronts and SST cooling during Typhoon Tembin compared with previous studies and satellite data. The domain-averaged monthly mean root-mean-square errors (RMSE) in SST and sea level anomaly simulated by SCSOFSv2 decreased from 1.21°C to 0.52°C and from 21.6 cm to 8.5 cm (Zhu et al., 2022), differing from the previous version. In general, both SCSOFSv2 and MO can provide science-based forecast of physical products that have been well-verified, so the validation of physical results is not repeated here. The reader is referred to two previous articles (Zhu et al., 2016; Zhu et al., 2022) for more verification details.

Both SCSOFSv2 and MO can correctly reproduce the sea surface Chla distribution pattern compared with satellite observations in July and August 2021 (Figure 3). High Chla (>0.5 mg m−3) is spread in the PRE, coastal waters, Taiwan Strait, and Taiwan Bank, whereas Chla is below 0.2 mg m−3 on the continental shelf and open sea (Figures 3A–F). Satellite observations and simulated Chla show a large difference, ranging from 0.2 to 2 mg m−3 on coastal waters and the continental shelf (Figures 3G–J). SCSOFSv2 Chla is lower than the observations in the coastal waters, the eastern Leizhou Peninsula and the eastern Guangdong shelf in July, but higher than the observations in the PRE-western Guangdong shelf in July and the PRE-eastern Guangdong shelf in August (Figures 3G, H). MO Chla is lower than the observations in coastal waters and the eastern Guangdong shelf in August and higher than the offshore observations of the PRE, Taiwan Bank, and Taiwan Strait (Figures 3I, J). These differences can be attributed to several reasons, such as the accuracy of reproducing mixing and upwelling events, runoff discharge, tide and wave processes, suspended and resuspended sediments, and the high uncertainties of satellite chlorophyll observations in coastal regions. In the open sea, SCSOFSv2 (MO) Chla is lower (higher) than the observations in both July and August (Figures 3G–J).




Figure 3 | SCSOFSv2, MO, and observed sea surface Chla (A–F) and corresponding differences (G–J) in July (left) and August (right) of 2021. Observed monthly mean Chla is provided by OC-CCI version 4.2. The gray lines are 50 m and 200 m isobaths.



The validation is further assessed on the shelf region and open sea. The validation results with correlation coefficients and RMSEs are shown in Figure S1. This figure shows well-simulated results on the shelf with a high correlation coefficient between 0.59 and 0.72 at a 99% confidence level (CL) between simulated and observed Chla. The high background values (0.1 to over 15 mg m−3) there induce a large Chla RMSEs from 0.61 to 0.69 mg m−3 (Figures S1A, B). By contrast, correlation coefficients between the model and observations range from 0.21 to 0.45 at 95% CL in the open sea, and the small background values (generally below 0.1 mg m−3) result in low RMSEs ranging from 0.03 to 0.078 mg m−3 (Figures S1C, D). In general, Chla simulated by SCSOFSv2 and MO can reproduce the Chla distribution, and each has its respective merits.




3.2 In situ observations in the PRE

The PRE is a major estuary situated at the Guangdong coastal waters with China's second-largest freshwater discharge (Zhao, 1990). Typhoons Cempaka and Lupit were closed to the PRE, inducing profound oceanic variations, such as the SST and near-inertial oscillations in the coastal waters at Jitimen (Chen et al., 2022). Here, the 2021 in situ temperature, Chla, and NO3 profiles are used to evaluate and compare the SCSOFSv2 and MO simulations during Lupit. In addition, the profiles sampled in the same period in 2022, without active typhoons, are used to highlight the variations induced by Lupit.

The observed temperature profile exhibits a little difference at A1 between 2021 and 2022, and it is lower in 2022 than in 2021 at B3, whereas it is 2–4°C lower in 2021 than that in 2022 at A4, B6, C2, and C5 (Figure 4, upper panel). In addition, the vertical gradient in temperature and the thermocline in 2021 at B6, C2, and C5 as Lupit passed is significantly weaker than that during the pre-typhoon period in 2021 at B3 and in 2022 at B6, C2, and C5. This difference reveals the profound effect of typhoon-induced mixing on the vertical temperature structure at these stations. SCSOFSv2 and MO temperatures are consistent with the observed temperatures (Figure 4, upper panel, and Figure S2A). The upper layer simulation agrees well with the observation with an approximate error of 0.5°C at the surface, and the error of SCSOFSv2 is greater than that of MO below 10 m. The maximum error depth of MO is at 6 m, whereas SCSOFSv2 appears at 33 m (Figure S3A). The correlation coefficients between the SCSOFSv2 and MO profiles and in situ observations are 0.93 and 0.95 at 99% CL, and the RMSEs are  1.24 °C and 0.84 °C, respectively (Figure S2A and Table 1). This suggests a comparatively better MO simulation of the temperature structures than SCSOFSv2 in the PRE.




Figure 4 | Temperature (upper panel), Chla (middle panel), and NO3 (bottom panel) profiles at A1, A4, B3, B6, C2, and C5. Profiles simulated by SCSOFSv2 and MO are interpolated to 1-m intervals to coincide with the observations. It is noted that the tick labels of the x-axis in the middle and bottom panels vary with the different stations.




Table 1 | Correlation coefficient and root-mean-square errors between simulated and observed temperature and Chla at A1, A4, B3, B6, C2, and C5.



Observed Chla is much higher in 2022 than in 2021 at A1, whereas the upper Chla at A4 in 2022 is the same as that in 2021, but the bottom Chla is higher than the surface layer in both 2021 and 2022. Similarly, observed low and high Chla dominate the upper and bottom layers at B3, B6, C2, and C5 in 2022, respectively (Figure 4, middle panel). A previous study found that surface nutrient loadings, along with runoff discharge, rapidly decreased seaward. This was because of both phytoplankton uptake and diffusion by seawater, which had a limited impact on phytoplankton growth in the offshore waters at A4, B6, C2, and C5 compared with that in the coastal and estuarine areas at A1 and B3 (Song et al., 2011). In addition, the depth of the Chla maximum (DCM) did not appear in the subsurface layer, possibly due to the low turbidity (Figure S4) of seawater in 2022. This suggests that more light transmission into the bottom layer benefits phytoplankton photosynthesis, leading to a significant Chla increase at the bottom layer. By contrast, the Chla profiles at B6, C2, and C5, observed after Lupit’s arrival in 2021, featured high values on the surface but low values at the bottom layer, displaying an apparent discrepancy with the 2022 observations. This is because Lupit-induced strong mixing or upwelling uplifted bottom nutrients to the surface, resulting in Chla enhancement at the surface (Wu et al., 2007; Zhao et al., 2009; Feng et al., 2022).

The SCSOFSv2 and MO simulations are overall similar to the structures observed in 2021. SCSOFSv2 Chla is much closer to the observations at the upper layer of A1, A4, and B6. The upper simulation at A1 is especially consistent with the observations, whereas the upper Chla simulated by MO agrees more with the observations at C2 and C5. In the near-bottom layer, the SCSOFSv2 and MO simulations coincide with the observations, except for A4 and B6, where SCSOFSv2 is larger than the observations (Figure 4, middle panel). Generally, the surface layer exhibits the largest Chla error, approximately 1.5 mg m-3, whereas the SCSOFSv2 error is lower overall than for MO below the subsurface layer (Figure S3B). The correlation coefficient between SCSOFSv2 and observations at the six stations is 0.79 at 99% CL, and the RMSE is 0.53 mg m−3, which is better than the MO simulation having a correlation coefficient of 0.68 at 99% CL and the RMSE at about 0.97 mg m−3 (Figure S2B and Table 1).

NO3 profile variations are shown in the bottom panel of Figure 4. Surface NO3 at coastal stations A1 and B3 is larger than that at the bottom in both 2021 and 2022, opposite to offshore station A4 in 2021. Bottom NO3 at A4 in 2021 is higher than in 2022, whereas bottom NO3 at B6 and C2 in 2021 is lower than in 2022, proving that the decrease of bottom NO3 is because of Lupit-induced upward transport. The bottom NO3 simulations of both profiles are very close to the observations. However, the surface NO3 simulations reveal a clear difference from the observations. Surface NO3 from SCSOFSv2 and MO are lower by approximately 0.07 mg L−1 and higher by 0.04 mg L−1 than the observation at A1, respectively, and are 0.06 mg L−1 and 0.19 mg L−1 higher than the observation at A4, respectively (Figure 4, bottom panel).




3.3 Response of SST

SST cooling is one of the predominant characteristics after a typhoon’s arrival (Lin et al., 2003a; Black and Dickey, 2008; Mrvaljevic et al., 2013; Yue et al., 2018). Figure 5 shows the SST difference compared to the previous days of July 20, July 24, August 4, and August 9, during the Cempaka and Lupit periods. A clear SST cooling center is observed in the SCSOFSv2 and MO simulations, but it is not apparent in GHRSST when Cempaka landed in Yangjiang on July 20 (Figures 5A–C). Unlike the SST drop in most sea areas, both the simulated and observed SSTs in the western Guangdong shelf increased by 0.5–1.0°C (Figures 5D–F) on July 24, which provided energy for the subsequent Typhoon Lupit. Lupit migrated to the northeastward along the continental shelf and landed in Shantou on August 5. The SST decreased significantly in the northern SCS on August 4 compared to the previous day. The SCSOFSv2 SST decrease in the Shantou nearshore was larger than that for MO and GHRSST, whereas SST changes were more consistent with MO and GHRSST in the other regions (Figures 5G–I). After Lupit’s arrival, SST recovered on August 9. SCSOFSv2 and MO SST increased in most areas of the northern SCS, and the MO SST rise was especially pronounced, exceeding 1.5°C around the Hainan Inlands. However, GHRSST increases only occurred in the central part of the northern SCS, but continued to fall in the surrounding regions (Figures 5J–L).




Figure 5 | Variations of the SST difference (∆SST) compared to the previous days of July 20 (A–C), July 24 (D–F), August 4 (G–I), and August 9 (J–L) during the typhoon period. The first, second, and third columns are the maps from SCSOFSv2, MO, and GHRSST, respectively. The black line represents the typhoon path, with red dots labeled as the typhoon’s centers on the present day, and the asterisk indicates the place of typhoon genesis at the start time.



The variations of SSTA 15 days before and after (-15–15 day) the typhoon’s arrival are calculated to  analyze the SST response to Cempaka and Lupit quantitatively. Cempaka- and Lupit-induced SSTA changes are vastly different (Figure 6). SSTA increased from  -12 day to -5 day, and peaked at about 1.2°C at five days before Cempaka’s arrival. As Cempaka approached, the SSTA dramatically decreased with a smaller positive anomaly. The GHRSST anomaly decreased to a minimum of approximately 0.52°C two days after the passage of Cempaka, but both SCSOFSv2 and MO SSTA dropped to approximate minima of 0.27°C and 0°C, respectively, one day after the passage of Cempaka, followed by simulated and observed SSTA recovery to 0.6–0.8°C within 8–9 days (Figure 6A). Before Lupit’s arrival, SSTA was between 0.3 and 0.6°C, with no notable SST rise. SCSOFSv2 and MO SSTA declined from -7 day to -6 day, whereas GHRSST declined starting five days before Lupit’s arrival. The SSTA shifted from positive to negative after the passage of Lupit. The minimum GHRSST anomaly was about −0.43°C, four days after Lupit’s arrival, consistent with previous studies that reported the SST reached a minimum four days after a typhoon’s arrival (Chang et al., 2008). SCSOFSv2 and MO SSTA fell to minimum values about −0.75°C and −0.92°C, respectively, two days and one day after Lupit’s arrival. Both simulated and observed SSTA recovered to the climatological condition 15 days after Lupit’s arrival (Figure 6B). These observations indicate the release of redundant heat on the continental shelf through these two consecutive typhoon events, to regulate the warmer SSTA to a normal condition.




Figure 6 | Daily variations of SSTA from 15 days before to 15 days after Cempaka (A) and Lupit (B). The blue, purple and black lines indicate SCSOFSv2, MO and GHRSST, respectively.



The above simulations also exhibit that both SCSOFSv2 and MO SSTA accurately reveal the actual variations compared with the observations. However, there are still two differences between the models and the observations. On the one hand, the timing of the maximum SST drop is 1 day and 2–3 days ahead of the observations during the Cempaka and Lupit periods, respectively. On the other hand, the SST cooling amplitudes are larger than the observations. SCSOFSv2 SSTA is closer to the observation, but MO SSTA is lower than the observation. The correlation coefficients between SCSOFSv2 SSTA and GHRSST anomalies during Cempaka and Lupit are 0.85 and 0.86 at 99% CL, respectively, which are higher than for the MO results. Meanwhile, the SCSOFSv2 SSTA RMSEs are 0.28°C and 0.34°C for the two typhoons, respectively, which are lower than for the MO results (Table 2). Therefore, the SSTA variation of SCSOFSv2 is more consistent with the observation than that of MO, which agrees with a previous comparison (Zhu et al., 2016).


Table 2 | Correlation coefficient and root-mean-square errors between simulated and observed SSTA from 15 days before to 15 days after Cempaka and Lupit.






3.4 Response of sea surface Chla

Sea surface Chla enhancement is another significant feature after a typhoon passes (Lin et al., 2003b; Chen et al., 2017; Wang, 2020). Both SCSOFSv2 and MO Chla reflect this variation well. Chla was below 0.2 mg m−3 on the western Guangdong shelf, and below 0.5 mg m−3 even in the coastal waters when Cempaka was generated on July 17 (Figures 7A–C). By contrast, after Cempaka’s arrival on July 23, high Chla levels extended from the PRE to the  western of Zhanjiang coastal waters, increasing from 0.1–0.5 mg m−3 on July 17 to 0.2–5 mg m−3 on July 23 (Figures 7D, E). Satellite observation revealed a striking Chla enhancement July 23 on the western Guangdong shelf (Figure 7F), which verified the model’s Chla increase. Cyclonic wind during the Cempaka period (Figures S5A, B), when compared to before the typhoon passage, induced the extension of the river plume to the western Guangdong shelf (Figures S6C, D), which was consistent with the areas of Chla bloom. However, the observed Chla bloom along Cempaka’s track was larger than  the model's because the ERA5 maximum wind speed driving SCSOFSv2 and MO is considerably smaller than the forecast from the CAM and the Cross-Calibrated Multi-Platform (CCMP) dataset (Figures S5A, B). Therefore, the ERA5 wind stirs a weaker nutrient mixing in SCSOFSv2 and MO during the Cempaka period, resulting in a relatively smaller Chla bloom than in the satellite observation.




Figure 7 | Variations of Chla before and after Cempaka and Lupit on July 17 (A–C), July 23 (D–F), August 1 (G–I), and August 7 (J–L). The first, second, and third columns are the maps from SCSOFSv2, MO, and observations provided by OC-CCI, respectively. The black line represents the typhoon path with red dots labeled as the typhoon’s centers on the present day, and the asterisk indicates the place of typhoon genesis at the start time. The gray lines are 50 m and 200 m isobaths.



Before the formation of Lupit on August 1 , high simulated Chla was distributed in and near the PRE, the eastern Guangdong coastal waters, and the Taiwan Strait (Figures 7G, H). High Chla extended seaward from coastal waters to the continental shelf after the passage of Lupit. Chla enhancement was most remarkable in the Taiwan Bank, increasing by 0.5–1.0 (0.5–2.5) mg m−3 from SCSOFSv2 (MO) compared with that on August 1 (Figures 7J, K). This indicates that Lupit was weak and slow-moving but still capable of causing Chla bloom along the continental shelf. As Lupit passed, the river plume extended to the outer PRE on August 4, which was quite different from the pattern on August 1 (Figures S6E–H) that resulted in Chla bloom. However, the southwest wind strengthened in the northern SCS during the Lupit period August 3–7, when compared to August 2, to produce a long-lasting vertical mixing and stronger upwelling along the continental shelf (Figure S7), uplifting more nutrients to stimulate a phytoplankton bloom and also Chla enhancement. Recent research has also found that slow-moving typhoons induce the most pronounced Chla increase on the continental shelf, consistent with that caused by strong and fast-moving typhoons (Li and Tang, 2022). Heavy rainfall and cloud coverage blocked the satellite observation of Chla during the Lupit period in the northern SCS (Figures 7I, L), so it cannot be used to verify the simulation results. Hence, it is necessary to predict and study the ecological response to typhoons by numerical modeling, because only a few observation data are available during the typhoon period (Chang et al., 2008).

To further evaluate typhoon-induced Chla bloom, Figure 8 shows changes in Chla averaged over a 100-km range at each typhoon’s center with the corresponding locations’ means from 15 days before to 15 days after Cempaka and Lupit. Cempaka migrated across the continental shelf from the slope and then landed in Yangjiang. Chla displays two change characteristics. First, a pronounced Chla enhancement occurs after Cempaka crosses the continental shelf (Figures 8A, B). The mean Chla increase predicted by SCSOFSv2 (MO) is about 0.64 (0.41) mg m−3, and SCSOFSv2 Chla bloom is higher than that for MO (Figure 8C). Second, the bloom timing of Chla is faster in coastal waters than on the continental shelf, in which SCSOFS (MO) Chla bloom occurred after four (three) and 2–3 (1–2) days on the continental shelf and coastal waters, respectively. Averaged Chla reached a maximum 3 (2) days after Cempaka passed. During the Lupit period, variations of SCSOFSv2 and MO Chla on the western Guangdong shelf and near the PRE were similar. Cempaka caused Chla bloom from 12 to 8 days before Lupit near the PRE (Figures 8D, E). However, variations in SCSOFSv2 Chla on the eastern Guangdong shelf and in the waters around Taiwan Island were too weak to reveal typhoon-induced Chla bloom (Figure 8D). MO Chla bloom occurred in the above region, especially in the eastern Guangdong coastal waters. MO Chla increased to a maximum (>3.0 mg m−3) two days after Lupit’s arrival, which was about two times the level before its arrival, and then dropped sharply (Figure 8E). MO mean Chla increased by 0.41 mg m−3, almost equal to the Chla increase induced by Cempaka (Figures 8C, F).




Figure 8 | Variations of Chla averaged by a 100-km range of typhoons’ center from 15 days before to 15 days after Cempaka from SCSOFSv2 (A), MO (B) and Lupit from SCSOFSv2 (D), MO (E) with corresponding locations’ means during Cempaka (C) and Lupit (F) from SCSOFSv2 (blue line), MO (purple line). The geographic location is labeled in the y-axis, in which WG, EG, WGCW, and EGCW denote the western and eastern Guangdong, and the western and eastern Guangdong coastal waters, respectively. PRE and TS are the Pearl River Estuary and the Taiwan Strait, respectively.



In general, the Cempaka-induced maximum Chla represented by SCSOFSv2 and MO and the Lupit-induced maximum Chla represented by MO were observed 2–3 days after the typhoon passed. This was 2 days ahead of the average (4–5 days) on the SCS shelf (Li and Tang, 2022), and several days ahead of  the timing in the open sea, such as 6 days induced by Typhoon Linfa (Chen and Tang, 2012) and 13 days induced by Typhoon Nangka (Qiu et al., 2019). In addition, Cempaka- and Lupit-induced Chla bloom was significantly stronger than the approximate mean increase of 0.18 mg m−3 on the SCS shelf and 0.07 mg m−3 in the open sea, respectively (Li and Tang, 2022). The following two aspects can explain these differences. First, typhoons can stir and mix summer stratification in more vulnerable shallower waters (Chen et al., 2017). Second, slow-moving typhoons may produce a long-lasting mixing and upwelling to transport more subsurface or bottom nutrients to the surface on the continental shelf, stimulating a faster and stronger Chla enhancement (Zhao et al., 2008). Conversely, the oceanic response to typhoons in the open sea is longer than that on the continental shelf, and nutrient transportation from the bottom to the surface induced by wind is limited (Chen et al., 2009). Hence, Chla bloom is relatively weak in the open sea as reported by Li and Tang (2022).




3.5 Response of vertical structure

This study emphasizes the oceanic and ecological responses to typhoons. Accordingly, we have selected three sections across the western Guangdong shelf, the PRE and its outer shelf, and the eastern Guangdong shelf, respectively, marked as Sections A, B, and C in Figure 1A. These sections are used to analyze the variations of temperature, Chla, and NO3 structures during the typhoon period.



3.5.1 Temperature structure

Section A reflects the changes in temperature before and after Cemkapa’s arrival, in which temperature cooling occurred on the surface layer and subsurface layers (Figures 9A, C). The upper temperature at Section A was greater than 30°C, with a maximum exceeding 32°C on July 17, whereas it dropped to less than 30°C after the typhoon passed. Isotherms were uplifted toward the surface, indicating the upward movement of the cold bottom water. Upwelling of the cold bottom water was most significant in the middle western Guangdong shelf after Cempaka passed (Figure 9A). Section A crossed the center of Cempaka, and changes in temperature at Section B were weak in comparison, with a clear decrease in the surface temperature, although the upwelling of cold water was quite limited (Figure 9C). Both sections revealed the uplifting of isotherms toward the surface, with a striking decrease in the upper temperature (Figures 9B, D, E). These isotherms became more vertical in the Taiwan Bank after Lupit passed (Figure 9E), suggesting that Lupit-induced strong mixing broke the original upwelling process. Overall, changes in the two models are consistent with each other. A large difference is that the bottom temperature of SCSOFSv2 is higher on the shelf than that for MO similar to the high bottom temperature error in the PRE (Figure S3A).




Figure 9 | Temperature variations at Section A (A, B), Section B (C, D), and Section C (E) on the continental shelf during before and after Cempaka and Lupit. Data provided by SCSOFSv2 or MO is labeled on the first map of each row and the date has been marked on each map. The black lines represent isotherms with 2°C interval.






3.5.2 Chla structure

Chla changes are revealed in Sections A and B, before and after Cempaka’s arrival (Figures 10A, C). Compared with July 17, high surface Chla extended from the nearshore to the shelf about 100–150 km away from the coastline, and vertical Chla also increased on July 23 after Cempaka passed (Figure 10A). High Chla was observed at Section B in and near the PRE, and subsurface Chla also increased on July 25 on the continental shelf (Figure 10C). However, Cempaka’s impact was quite limited in Section C, where the typhoon center was hundreds of kilometers away, so the change in this region is not analyzed here.




Figure 10 | Chla variations at Section A (A, B), Section B (C, D), and Section C (E) on the continental shelf during before and after Cempaka and Lupit. Data provided by SCSOFSv2 or MO is labelled in the first map of each row and the date has been marked in each map.



During the Lupit period, the Chla change was striking in the three sections from west to east. Compared with August 2, nearshore surface Chla at Sections A and B peaked on August 6. Surface Chla simulated by SCSOFSv2 and MO extended seaward, and upper Chla increased from 0.1–0.2 mg m−3 to 0.2–0.5 mg m−3 on the continental shelf (Figures 10B, D). In Section C, both SCSOFS and MO Chla bloom occurred from coastal waters to the Taiwan Bank and even to the open sea on 7 August, 1–2 days after Lupit’s arrival (Figure 10E).




3.5.3 NO3 structure

Chla enhancement is inseparable from the supply of nutrients such as nitrate (NO3) and phosphate (Wu et al., 2007; Herbeck et al., 2011; Qiu et al., 2019). In this study, we chose NO3 as the representative nutrient to analyze the vertical changes for which N was considered as the limiting nutrient for primary productivity in the northern SCS (Chen, 2005; Liu et al., 2010). Compared with July 17, NO3 increased significantly in the nearshore at Section A on July 23 and Section B on July 25 after the passage of Cempaka. The SCSOFSv2 and MO NO3 levels surpassed 0.1 mg L−1 Sections A and B in the nearshore waters, respectively (Figures 11A, C). In addition, high NO3 uplifted from the bottom to the subsurface to a certain extent. For example, SCSOFSv2 NO3 was transported from the bottom to the middle layer, and the range of low NO3 (<0.005 mg L−1) simulated by MO at the middle and upper layers was compressed after Cempaka’s arrival (Figures 11A, C).




Figure 11 | NO3 variations at Section A (A, B), Section B (C, D), and Section C (E) on the continental shelf during  before and after Cempaka and Lupit. Data provided by SCSOFSv2 or MO is labelled in the first map of each row and the date has been marked in each map.



During the Lupit period, NO3 at each section changed significantly. Compared with August 2, the change in NO3 was weaker in the coastal waters at Section A but showed a clear upward mixing to reduce the range of low NO3 in the upper and middle layers on August 6 (Figure 11B). Surface NO3 extended from the coast to the continental shelf, whereas the bottom NO3 on the continental shelf was uplifted at Section B (Figure 11D). NO3 crossing the Taiwan Bank at Section C increased from 0–0.02 mg L−1 before Lupit to 0.01–0.03 mg L−1 after Lupit (Figure 11E).

Different Chla bloom processes were generally discovered on the coastal waters and continental shelf (Zheng and Tang, 2007; Liu et al., 2013). Both Cempaka and Lupit brought heavy rainfall in coastal waters, consequently increasing the nutrient-carrying discharge. These extra nutrients stimulated the growth of phytoplankton with Chla bloom (Zhao et al., 2009; Herbeck et al., 2011). Previous studies pointed out that discharge contributes to Chla bloom in the estuary and nearshore waters, whereas its impact was relatively limited on the continental shelf (Song et al., 2011; Liu et al., 2013). However, both results from SCSOFSv2 and MO revealed that the high surface  NO3 extended from coastal waters to the continental shelf 50–150 km away from the coastline and was not completely connected with the high bottom  NO3 (Figure 11). Therefore, high surface NO3 on the continental shelf diffuses from coastal waters, indicating that the nutrients brought by runoff discharge also contribute to surface Chla bloom on the continental shelf. In addition, nutrients are transported upward due to vertical mixing or upwelling caused by a typhoon leading to Chla bloom in the middle and upper layers of the outer continental shelf near the slope (Zheng and Tang, 2007; Zhao et al., 2009). It is worth noting that the bottom NO3 in the Taiwan Bank is low before Lupit’s arrival. Previous observations confirmed that a typhoon passing the eastern Guangdong shelf strengthened the transport of cold bottom water from the slope to the nearshore (Pan et al., 2012). This means that nutrients are uplifted along the continental slope with the cold bottom water after a typhoon passes. Subsequently, NO3 concentration increases in the water column through vertical mixing, consistent with the spread of SCSOFSv2 and MO NO3 from the open sea to the slope at Section C (Figure 11E). Eventually, increased NO3 supports Chla enhancement (Figure 10E).






4 Conclusion

Based on the data provided by SCSOFSv2, MO, and observations, this study focuses on the oceanic and ecological response to native typhoons Cempaka and Lupit, generated on the northern SCS continental shelf during July and August  2021. Both SCSOFSv2 and MO simulate SST cooling and Chla bloom induced by these two typhoons, with results that agree well with the observations.

In the PRE, correlation coefficients of temperature profiles between SCSOFSv2 and MO and the observations are 0.93 and 0.95 at 99% CL, and RMSEs are 1.24°C and 0.84°C, respectively. The MO simulation exhibits a lower error than SCSOFSv2. However, SCSOFSv2 Chla profiles in the PRE are better than MO compared to the observations, with a higher correlation coefficient and lower RMSE. By contrast, correlation coefficients between SCSOFSv2 (MO) SSTA and GHRSST anomalies are 0.85 and 0.86 (0.81 and 0.77) at 99% CL, and the RMSEs are is 0.28°C and 0.34°C (0.32°C and 0.37°C) during the Cempaka and Lupit periods, respectively. SCSOFSv2 SST changes are more consistent with the observations. The maximum SST drop simulated by SCSOFSv2 and MO is often 2–3 days earlier than the observation, and the cooling amplitude is larger than that of GHRSST.  Surface Chla enhancement is the other significant feature besides the SST decrease after typhoons pass that can be reflected by the model and scarce satellite observations. The timing of Chla bloom simulated by SCSOFSv2 (MO) occurred after four (three) days and 2–3 (1–2) days with average Chla reaching a maximum three (two) days after typhoons passed the continental shelf and coastal waters, respectively. Cempaka- and Lupit-induced Chla blooms were higher than the average increase by 0.18 mg m−3 and also faster than the average time (4–5 days) on the SCS shelf.

Typhoon-induced vertical variations of Chla and NO3 suggest different Chla bloom processes in coastal waters from the continental shelf. In the coastal waters, runoff discharge brings extra nutrients to stimulate phytoplankton growth with Chla bloom. The model results show that the discharge impact can extend from coastal waters to 50–150 km from the coastline. On the continental shelf, nutrients are uplifted due to the vertical mixing or upwelling caused by strong winds to support Chla enhancement in the upper and middle layers. In the Taiwan Bank, nutrients are transported from the open sea along the continental slope with the  cold bottom water, then NO3 in the water column is lifted through vertical mixing, eventually triggering Chla enhancement.

The SCSOFSv2 and MO results compared and evaluated with in situ and satellite observations reveal some differences in the SST and Chla timing and amplitude variations between SCOFSv2, MO, and observation on the continental shelf, especially in coastal waters. Some recommendations are provided as follows to further improve the performance of SCSOFS and MO during typhoon periods. First, both models should consider strong tides and waves to improve vertical mixing on the bottom and surface boundary layers in coastal waters. Second, both 1/12° and 1/30° horizontal resolutions are still insufficient to resolve the dynamic processes of the PRE. Hence, much higher-resolution coastal ocean models should be built using nesting or downscaling methods. Finally, observed data with much higher resolution should be obtained and assimilated into the numerical models.
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Study site Name of typhoon Chl a concentration (mg m) Dominating phytoplankton REEENE

Before (B) After (A) A/B

Northwest Pacific Morakot 03 37 12 Diatomea (Chung et al., 2012)
Philippine Sea Pabuk, Wutip, Sepat 0.06-0.11 0.22-0.56 2.0-5.6 Diatomea (Chen et al,, 2009b)
Northern Taiwan Tim 0.4-1.8 42 2.3-11 Diatomea (Chang et al., 1996)
Northern Taiwan Caitlin, Doug 0.30 » 35 12 | Diatomea (Chang et al,, 1996)
Northern Taiwan Fred 0.60 2.0 33 Diatomea (Chang et al,, 1996)

‘ Sagami Bay Sinlaku 1.9 17 89 Diatomea (Tsuchiya et al., 2013)

Sagami Bay Etau 12 84 6.8 Diatomea (Tsuchiya et al., 2013)

‘ Sagami Bay Malou 1.9 7.7 40 Diatomea (Tsuchiya et al,, 2013)
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Ctrl ‘ Original setup as described in section 2

CE ‘ Cyclonic eddy is added into the initial field on May 1*

AE ‘ Anticyclonic eddy is added into the initial field on May 1%
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