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Editorial on the Research Topic
 Subaqueous Volcanism, From Ancient Successions to Modern Volcanoes and Modelling



Understanding the processes and products of subaqueous volcanism has been traditionally based on the study of ancient successions and deposits; only a few studies are based on deposits from recent subaqueous eruptions and fewer yet on the direct observation of underwater eruptions. This situation has rapidly changed during last decades of the twentieth century and first decades of the twenty-first century, during which scientific and technological development has allowed an increasing exploration of the sea floor. Understanding of subaqueous volcanism has benefited from such exploration and from an increasing number of studies on modern volcanoes under the sea. As a result, the processes and products of subaqueous eruptions are now much better understood than ever before. Nevertheless, the study of ancient volcanic successions around the world still is a major source of models for subaqueous eruptions and, together with experimental and numerical modeling, is a major contribution to our understanding.

The present Research Topic showcases current trends in research on subaqueous volcanism, with a dominance of oceanographic surveys aimed toward the study of modern volcanoes and their deposits by using a number of techniques such as different types of underwater vehicles (AUVs, ROVs) and of high-resolution sonar bathymetries.

Cas and Simmons is a review with a summary of the physical properties of water and on how these may affect magma properties and eruptive processes like magma decompression, volatile exsolution and, ultimately, volcanic explosiveness. This contribution discusses a major issue in subaqueous volcanism that has driven a long-standing controversy: the hydrostatic pressure exerted by water column and its capability to inhibit explosive eruptions. It also addresses a process that has been increasingly investigated in both subaerial and subaqueous volcanic studies, as is the non-explosive production of ash by pumice-to-pumice abrasion.

The Havre volcano in the Kermadec arc erupted in 2012 and is likely one of the best-documented recent deep-water eruptions on Earth. Two contributions in the Research Topic are devoted to the study of this eruption of silicic magma. Ikegami et al. focuses on the chronostratigraphic relations of lavas and domes to reconstruct the chronologic history of the Havre eruption based on vent distribution and on lava and dome stratigraphy. They also provide a critical comparison of the Havre lavas and domes with subaerial counterparts, finding close similarities between them.

Murch et al. analyzed the Ash with Lapilli unit from Havre volcano by means of ROV sampling and detailed imagery. They use their results to highlight the important role that small-volume ash beds play in understanding subaqueous volcanic activity as a whole.

Clague et al. report on the construction and destruction processes in a volcanic seamount to the southeast of Hawaii Island. Construction events were followed by vertical collapses due to lateral migration of basaltic magma to feed flank rift eruptions, yielding morphology of nested calderas, pit craters, and resurgent caldera blocks. Down-talus emplacement of basaltic pillows during eruption and syn-eruptive landslides on volcano flanks modified volcanic edifices.

Chadwick et al. present documentation of the first known historical eruption in the Mariana spreading center in December 2015, with a depth of >4,000 m below sea level. Multiple surveys, both from ships and using submersible ROVs, let the authors pinpoint the timing of eruption within a 3-year period. Although the Mariana system has a slow spreading rate, the study concludes that an active magmatic system is clearly present.

Cavallaro and Coltelli investigates the morphology of the Graham Volcanic Field (Sicily Channel, Italy) based on High-Resolution Seafloor Mapping and ROV Images. Their results show the tectonic control on the N-S and NW-SE alignment of monogenetic cones, which include the remnant of the 1,831 submarine-to-emergent eruption that formed the now totally dismantled Ferdinandea Island.

Rizzo et al. analyzed the geochemistry of CO2-rich gases associated with the Kolumbo submarine volcano, which lies next to Santorini (Hellenic Volcanic Arc, Greece). Their results show that magmatic gases equilibrate within the Kolumbo hydrothermal system at about 270°C and at a depth of ~1 km b.s.l.

Goto and Tomiya's contribution discusses a Quaternary subaerial cryptodome, highlighting commonalities and differences with respect to domes that grow in underwater settings.

These contributions have improved our empirical and theoretical understanding of the processes and products of subaqueous volcanism. As scientific and technological development proceeds, more studies of modern sea-floor volcanoes will provide empirical data on which refinement of theoretical models will be based. This assures that our understanding of subaqueous volcanism will continue to improve.
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Silicic effusive eruptions in deep submarine environments have not yet been directly observed and very few modern submarine silicic lavas and domes have been described. The eruption of Havre caldera volcano in the Kermadec arc in 2012 provided an outstanding database for research on deep submarine silicic effusive eruptions because it produced 15 rhyolite (70–72 wt.% SiO2) lavas and domes with a total volume of ∼0.21 km3 from 14 separate seafloor vents. Moreover, in 2015, the seafloor products were observed, mapped and sampled in exceptional detail (1-m resolution) using AUV Sentry and ROV Jason2 deployed from R/V Roger Revelle. Vent positions are strongly aligned, defining NW-SE and E-W trends along the southwestern and southern Havre caldera margin, respectively. The alignment of the vents suggests magma ascent along dykes which probably occupy faults related to the caldera margin. Four vents part way up the steeply sloping southwestern caldera wall at 1,200–1,300 m below sea level (bsl) and one on the caldera rim (1,060 m bsl) produced elongate lavas. On the steep caldera wall, the lavas consist of narrow tongues that have triangular cross-section shapes. Two of the narrow-tongue segments are connected to wide lobes on the flat caldera floor at ∼1,500 m bsl. The lavas are characterized by arcuate surface ridges oriented perpendicular to the propagation direction. Eight domes were erupted onto relatively flat sea floor from vents at ∼1,000 m bsl along the southern and southwestern caldera rim. They are characterized by steep margins and gently convex-up upper surfaces. With one exception, the domes have narrow spines and deep clefts above the inferred vent positions. One dome has a relatively smooth upper surface. The lavas and domes all consist of combinations of coherent rhyolite and monomictic rhyolite breccia. Despite eruption from deep-water vents (most >900 m bsl), the Havre 2012 rhyolite lavas and domes are very similar to subaerial rhyolite lavas and domes in terms of dimensions, volumes, aspect ratio, textures and morphology. They show that lava morphology was strongly controlled by the pre-existing seafloor topography: domes and wide lobes formed where the rhyolite was emplaced onto flat sea floor, whereas narrow tongues formed where the rhyolite was emplaced on the steep slopes of the caldera wall.

Keywords: lava, dome, submarine effusive eruption, rhyolite, Havre


INTRODUCTION

Silicic effusive eruptions in deep submarine environments have not yet been directly observed, partly because the deep sea floor is a difficult environment to explore and partly because such eruptions are apparently rare. The majority of our knowledge comes from the study of silicic lavas and domes in ancient submarine successions now exposed on land (e.g., Cas, 1978; Yamagishi and Dimroth, 1985; Kano et al., 1991). However, such studies have yielded only limited information on the lava morphology and dimensions; also, the duration of lava emplacement, the details of the original setting and the water depth at the vent are typically poorly constrained.

Recently, autonomous underwater vehicles (AUVs) and remotely operated vehicles (ROVs) have allowed high-resolution observation and strategic sampling of silicic lavas on the modern sea floor, adding significantly to data on their characteristics. For example, Allen et al. (2010) utilized ROV to document the morphological and textural differences among rhyolite lava domes at Sumisu-I knoll, Izu-Bonin arc. At Myojin-knoll caldera, 70 km farther north, Honsho et al. (2016) produced a high-resolution AUV map of an intracaldera rhyolite dome. A series of studies in the Manus Basin, Papua New Guinea, including high-resolution bathymetry, seafloor observation, and sampling by underwater vehicles as well as drilling (Ocean Drilling Program Leg 193), provided a detailed description of a deep submarine dacite dome and lava complex on the modern sea floor (Bartetzko et al., 2003; Paulick et al., 2004; Binns et al., 2007; Thal et al., 2014). Embley and Rubin (2018) described dacitic lavas and domes in the northeastern Lau Basin that had been explored using multibeam sonar, camera tow and dredging.

This paper extends our understanding of deep submarine silicic lavas by adding examples produced during the 2012 eruption at Havre caldera, the first of such eruptions to be witnessed (Carey et al., 2018). The eruption produced 15 separate rhyolite lavas and domes from 14 vents between ∼880 m and 1,280 m bsl. In some cases, rhyolite was erupted onto flat sea floor and in others, it traversed steep slopes. The lavas and domes have been mapped using exceptionally high-resolution bathymetry, observed by video and still photography, and sampled. We present detailed information on dimensions, volumes, aspect ratios, textures, surface features, and morphology, and explore the influence of vent depth and substrate slope on lava morphology. We also compare these submarine rhyolite lavas and domes with subaerial counterparts, and demonstrate that despite eruption in more than 900 m of seawater, the Havre rhyolite lavas and domes are very similar to subaerial rhyolite lavas and domes.



HAVRE 2012 ERUPTION AND MESH CRUISE IN 2015

The eruption of Havre caldera volcano (31°6.5′ S, 179°2.45′ W) in the Kermadec arc in 2012 (Figure 1A) was first detected by the appearance of extensive floating pumice rafts on 18th July, 2012 (Global Volcanism Program, 2012; Carey et al., 2014; Jutzeler et al., 2014; Carey et al., 2018). Carey et al. (2018) estimated the bulk volume of pumice in the rafts to be ∼1.2 km3. On the 15th October, 90 days after the production of the pumice rafts, R/V Tangaroa of NIWA (National Institute of Water and Atmospheric Research) visited the area and acquired bathymetry at Havre. In 2015, the MESH (Mapping, Exploration, & Sampling at Havre) voyage was conducted in order to perform more detailed investigation of the 2012 eruption products on the sea floor. As well as rhyolite lavas and domes, the 2012 eruption generated a layer of giant pumice (GP) clasts (GP deposit; ∼0.1 km3 bulk) and small-volume pyroclastic deposits (ash-lapilli-block deposit and ash-lapilli deposit; <0.07 km3 bulk) on the sea floor (Carey et al., 2018). Data were collected using two unmanned vehicles, Jason2 ROV and Sentry AUV from the US National Deep Submersible Facility. The AUV Sentry created a high-resolution bathymetry map covering the Havre caldera and adjacent areas. The ROV Jason2 operated in tandem, traversing the sea floor and sampling.
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FIGURE 1. (A) The position of Havre caldera in the Kermadec arc (General Bathymetric Chart of the Oceans, 2014). Major tectonic features of the Kermadec arc are: Kermadec trench, Kermadec ridge (KR), Havre Trough (HT), and Colville Ridge (CR); (Wright et al., 2006). (B) Bathymetry map of Havre caldera in 2012 after the eruption (Carey et al., 2014). Approximate extent of the 2012 rhyolite lavas and domes shaded purple based on MESH 2015 data.



Bathymetry Acquisition and Comparisons

The MESH cruise acquired two bathymetry datasets with different platforms. The EM122 multi-beam echo sounder (12 kHz) on R/V Roger Revelle provided data resolution to create a 25-m gridded Digital Elevation Model (DEM) of the Havre caldera and surrounding areas. High-resolution bathymetry data (1-m gridded DEM) were collected with a Reson SeaBat 7125 multi-beam echo sounder (400 kHz) on the AUV Sentry. The Sentry bathymetry data cover 56.5 km2 (total 465 km track; Supplementary Figure S1).

Two other bathymetric DEMs acquired in the past are also used for comparison. The earlier data were acquired in 2002 (Wright et al., 2006) by the R/V Tangaroa which was equipped with a Simrad EM300 multi-beam echo sounder (30 kHz). The later data were acquired by the same R/V Tangaroa in 2012, 90 days after the pumice rafts appeared in the satellite imagery (Carey et al., 2014), using a Kongsberg EM302 multi-beam echo sounder (30 kHz) which allows the creation of an approximately 24-m gridded DEM. The topographic differences between the DEMs were calculated by Raster Calculator of QGIS 2.14 after datum and projection of the grids were adjusted to Zone 1S of Universal Transverse Mercator projection. The DEMs are referenced to best fit the AUV bathymetry data.

Visual Observations and Sampling by ROV

The ROV Jason2 conducted 12 dives (J2-802–J2-813) and traversed 50 km of sea floor over 238.5 h. The traverses were recorded by three video cameras and two still cameras. The dives covered the floor, walls, and rims of the Havre caldera (Supplementary Figure S2). Dives 802–808, 811, and 813 were dedicated to the investigation of the 2012 rhyolite lavas and domes, whereas the other dives observed the eastern, northern, and western part of the caldera. Eighty-nine lava and dome samples were collected during the ROV Jason2 traverses (Supplementary Figures S3–S5). A subset of 41 lava and dome samples was examined by both an optical microscope and scanning electron microscope (SEM). Whole-rock X-ray Fluorescence analyses of samples from each of the lavas and domes have been published in Carey et al. (2018).



SETTING OF HAVRE 2012 LAVAS AND DOMES IN HAVRE CALDERA

Havre is a 5-km-wide caldera (Wright et al., 2006); the caldera rim is situated at ∼1,000 m bsl and the floor is at ∼1,500 m bsl (Figure 1B). Very little is known about the formation of Havre caldera. Wright et al. (2006) recovered samples of basalt, andesite, and dacite lavas and intrusions thought to form the pre-caldera sequence.

Comparison of the 2002 and 2012/2015 bathymetry shows that the 2012 eruption changed the southern and southwestern caldera margin dramatically, with the appearance of 15 new lavas and domes (Figure 2 and Supplementary Figure S6). Syn-eruptive mass-wasting events also modified the western and southwestern caldera margin and the caldera floor. No significant changes have been recognized elsewhere on the edifice. The lavas and domes have been labeled A to P from west to east. Note that J is also a silicic dome but it was already present in 2002. The 2012 lavas and domes are rhyolitic, ranging between 70.7 and 72.5 wt.% SiO2 (Carey et al., 2018). Vents for the lavas and domes are located around the southwestern and southern margin of the caldera (Figure 2). The vents extend along 4.2 km of the caldera perimeter, the total length of which is 15 km. Five of the vents (A to E) are part way up the steep southwestern caldera wall and the rest (F to I, K to P) are on the southwestern and southern rim of the caldera.
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FIGURE 2. (a) 3D-rendered high-resolution AUV bathymetry map (2015) showing the southern margin of Havre caldera, viewed from the northwest. The red shade indicates areas where there is a positive topographic change between 2002 and 2015. (b) Contour map showing the southern caldera margin and the extent of 2012 lavas and domes determined by morphological and visual observations. Note that J is a pre-2002 dome which was already present in 2002 bathymetry.





PETROGRAPHY OF THE 2012 RHYOLITE LAVAS AND DOMES

The typical texture is porphyritic (<5 modal% phenocrysts, 100–500 μm) (Figure 3) and microlite-rich (>60 modal%) in glassy groundmass (Figure 4). The phenocryst population comprises plagioclase, pyroxene, and Fe-Ti oxides, and a minor amount of quartz and apatite. The microlites are mainly plagioclase (>70 modal%); pyroxene (∼20 modal%) and Fe-Ti oxides (∼10 modal%) make up the rest. The vesicularity varies from <5 modal% to >50 modal%. The most vesicular samples (>50 modal%; e.g., L and the carapace of G) have a pumiceous texture and are exceptionally poor (<5 modal%) in microlites although their phenocryst populations are the same as in other samples collected. Extremely elongate vesicles and bands characterized by different microlite contents are common in the carapace of G (Figures 3c, 4d); L samples are microvesicular.
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FIGURE 3. Photomicrographs of Havre 2012 rhyolite lava and dome samples. The yellow bars are 1 mm long. (a) XPL image of HVR141 from C, representing typical low-vesicularity texture (<15 modal% vesicles) and glassy groundmass. Plagioclase and pyroxene phenocrysts are <1 mm and sparse (<10 modal%). (b) PPL image of HVR144 from C, showing abundant small vesicles. The groundmass contains abundant microlites. (c) XPL image of HVR099 from L, showing dark gray, black, and pale gray groundmass bands defined mainly by differences in microlite abundance. (d) XPL image of HVR090 from I, showing heterogeneous vesicularity and irregular-shaped vesicles forming a band.
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FIGURE 4. Backscatter Scanning Electron Microscope images of Havre 2012 rhyolite lava and dome samples. (a) Microlite-rich (∼70 modal% microlites) groundmass of HVR147 from C which is typical of Havre 2012 lavas. The microlites consist of plagioclase (gray, almost indistinguishable from the glass), pyroxene (pale gray), and Fe-Ti oxides (white) which are ubiquitous in all Havre 2012 lavas. (b) Microlite-rich groundmass of HVR088 from H. Cristobalite is present in the both groundmass and within vesicles. A patch of cristobalite is also present in the groundmass. (c) Glass-free groundmass texture of HVR010 from O. Cristobalite is abundant; plagioclase and Fe-Ti oxide microlites are also present. Note that the large pale gray feature is aluminum foil dust attached during drying of the section. (d) Microlite-poor (<5 modal% microlites) groundmass of HVR085 from the vesicular carapace of G.



Cristobalite is common in the microlite-rich samples. Cristobalite is a high-temperature devitrification or vapor-phase crystallization product (Baxter et al., 1999; Horwell et al., 2013). The size (typically ∼50 μm) and amount of cristobalite are highly variable in the Havre rhyolite samples although the abundance is commonly higher in microlite-rich samples. Cristobalite occurs in vesicles or groundmass (Figure 4b), and in extreme cases, cristobalite has completely replaced the groundmass (Figure 4c). The Havre cristobalite is identical to cristobalite found in subaerial silicic lava domes (e.g., Horwell et al., 2013; Schipper et al., 2015).



MORPHOLOGY AND DIMENSIONS OF THE HAVRE 2012 RHYOLITE LAVAS AND DOMES

The Havre 2012 rhyolites are divided into lavas (A, B, C, E, F) and domes (D, G to I, K to P) (Figure 5) based on overall morphology. All the lavas and domes consist of combinations of coherent rhyolite and monomictic rhyolite breccia. Monomictic rhyolite breccia comprises coarse, angular fragments of dense to pumiceous, massive or flow-banded rhyolite; the fragments are prismatic or polyhedral and bounded by curviplanar surfaces.
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FIGURE 5. Enlarged relief maps (a–c) based on AUV bathymetry map (2015) of the Havre 2012 lavas and domes. The extent of each map is shown in the small inset map. The capital letters identify the lavas and domes following Figure 2b. The bright lines are the profiles given in Figure 6. Lower case letters “x” and ‘y” indicate the areas shown in detail in Figure 9.



The lavas are narrow, elongate tongues of rhyolite that were erupted from the vents on the southwestern caldera wall and rim, and descended 300–600 m to the caldera floor (Figure 5a). Lavas A and C extended farther across the caldera floor (A, ∼450 m; C, ∼650 m) and also spread laterally. The lavas have relatively high aspect ratios (lateral extent:thickness; Walker, 1973; 5.5–47.7; Supplementary Table S1). The domes on the other hand were erupted from vents on the southwestern and southern caldera rim (Figures 5b,c), except for D which is on the southwestern caldera wall. The domes are round or oval in plan view although G, H, and I have been truncated along their northeastern edges by a mass-wasting scarp. The domes have relatively low aspect ratios (lateral extent:thickness; 2.0–3.8; Supplementary Table S1).

The combination of bathymetric differences (2002 versus 2015; Supplementary Figure S7) as well as the precisely mapped extents of the Havre 2012 lavas and domes, have been used to calculate their median thicknesses and volumes (Supplementary Table S1). Near-vent thicknesses of the lavas (A, B, C, E, F) range from 50 to 100 m, and they maintain near-uniform thickness with distance from the source down the steep caldera wall (Figure 6a and Supplementary Figure S8). Most of the domes (G–I, K–N) have maximum thicknesses between 50 and 110 m (Figure 6b). The exception is the largest dome pair, OP, which has a maximum thickness of 210 m. The total volume of all lavas and domes is 0.21 km3. The largest component (>50%; 0.11 km3) of this volume is contained by the dome pair, OP, on the southern caldera margin (Figure 2). The aggregate volume erupted from vents on the southwestern caldera wall (A–F) is also significant (0.08 km3). In comparison, the domes on the southwestern and southern caldera rim (G–I, K–N) are very small (aggregate volume 0.02 km3). The smallest “dome” is L which comprises the top of a rhyolite body still largely contained in its vent and too small to measure.
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FIGURE 6. Comparison of cross-sections through Havre 2012 lavas and domes. The sections are oriented parallel to the longest dimension of each unit. The profile locations are shown on Figure 5. The caldera rim is at the left and the caldera wall and floor are at the right. The horizontal and vertical scales are in metres. The vertical axis is exaggerated 200% and adjusted to the surrounding topography. The cross-sections are aligned so all the vents are at zero. (a) The lavas that descended the caldera wall (A, B, C, E, F). (b) The domes on the caldera rim (G–I, K–OP). D and L are excluded from the comparison as they are too small. Domes O and P are shown together as the basal topography of dome P is not known.



Lavas

All the lavas traversed the ∼40° slope of the caldera wall (Figure 7a). On this steep slope, the lavas are narrow tongues, more-or-less triangular in cross-section (∼200 m across and ∼50 m high; Figure 7b). The surfaces of the narrow tongues are almost entirely monomictic rhyolite breccia; sparse exposures of coherent rhyolite occur exclusively at the top of the narrow tongues. Along much of the narrow-tongue segment of A, there is a shallow depression (∼15 m across and <10 m deep; Figure 7b). Lavas A and C also have wide-lobe segments emplaced on the flat caldera floor (Figures 2, 7a,c). The wide-lobe segments have similar rough surfaces to the narrow-tongue segments, composed of monomictic rhyolite breccia; coarsely vesicular coherent rhyolite is locally exposed beneath the breccia.
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FIGURE 7. (a) Cross-section of lava A parallel to its length, showing the steep slope of the caldera wall and gentle slope of the caldera floor. (b) Transverse cross-section of the narrow-tongue segment of A [position shown on (a)]. (c) Transverse cross-section of the wide-lobe segment of A [position shown on (a)]. The brecciated surface of the lava is covered by thin pyroclastic deposits (ash-lapilli deposit; <20 cm). Note that each of the figures has a different scale and 150% vertical exaggeration.



Arcuate surface ridges are present on the wide-lobe segments of A and C, and on parts of the narrow-tongue segments of A, B, C, and F (Supplementary Figure S9), though the best example of this feature is on A (Figure 8). The ridges are oriented perpendicular to the long axes of the lavas and curve away from the leading edge of the lavas. On A, the ridges are sub-parallel and have wavelengths of 10–30 m and amplitudes of 1–2 m (Figures 8d,e). There is one small domain in which the pattern of ridges is slightly offset (Figure 8b). The pattern of ridges on the wide-lobe segment of C is complex and includes several domains where the ridges have different orientations (Figure 2a and Supplementary Figure S9). Also, the distal margin of C is indistinct where it meets variably deformed caldera-floor sediment. The emplacement of the wide-lobe segment of C and its impact on the caldera-floor sediment are the subject of a separate study.


[image: image]

FIGURE 8. High-resolution AUV bathymetry maps and topographic profiles showing arcuate surface ridges on lava A. (a) Plain relief map showing the morphology. (b) Traces of arcuate surface ridges (yellow) on A. The red dotted outline traces the boundary of a domain in which the pattern of surface ridges has been slightly offset from the main pattern. The white stroke indicates the position of the data shown in (c–e). (c) Depth of the surface of A along the longitudinal profile [white stroke on (b)]. (d) Slope angle profile with an averaging of approximately 6 m. The cyclic variations suggest the presence of surface ridges separated by 10–30 m intervals. (e) Amplitude profile with an averaging of approximately 41 m. The data indicate amplitudes of 1–2 m for the surface ridges.



Breakout lobes are present on the wide-lobe segment of A (“x” on Figures 5a, 9a,b) and the narrow-tongue segment of E (“y” on Figures 5a, 9c,d). On the western margin of A close to the start of the wide-lobe segment, there is a stack of three breakout lobes. The largest is at the base and is 150 m long and ∼15 m high; two smaller breakout lobes occur immediately above. The largest breakout lobe appears to connect directly with the narrow-tongue segment of A on the steep caldera wall. The breakout lobe on E is 50 m long, 60 m across, and 15 m high. It emerges from the crest of the narrow tongue about two-thirds of the way down the caldera wall.
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FIGURE 9. (a) Enlarged relief map and (b) 3D rendered image of the breakout lobes on A (indicated by yellow arrows). The area is marked as “x” on Figure 5a. The largest breakout lobe is 150 m long and ∼15 m thick, and has a depression < 2 m deep on the top. Multiple smaller lobes < 10 m thick are also present beside and above the large breakout lobe. (c) Enlarged relief map and (d) 3D rendered image of the breakout lobe on the narrow-tongue segment of E (indicated by yellow arrows). The area is marked as “y” in Figure 5a. The breakout lobe is 60 m across, 50 m long and surrounded by a cliff ∼15 m high. White patches are places where bathymetric data capture was incomplete. All maps and images based on AUV bathymetry data collected in 2015.



Domes

All the domes have very rough surfaces composed of jagged and spiny coherent rhyolite (Figures 10a,b), surrounded by aprons of coarse breccia. The spines rise almost vertically and have widths of a few m and heights up to 20 m; their surfaces are smooth and planar or gently curved (Figure 10c), or very rough and irregular. In some cases, spines form a ridge 10–100 m across and ∼40 m high at the center of the dome (Figures 10a,b). The ridges are aligned either parallel to the caldera rim (K and N) or radially (H, I, and M). On K, the central ridge is cut by a narrow, deep (∼30 m) cleft (Figure 10b) parallel to fissures that extend between K and M (Figure 10a).
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FIGURE 10. (a) Map of domes K, L and M, and connecting fissures, based on AUV bathymetric map of the area. The white dashed line across K shows the position of the topographic profile given in (b) and the small inset map shows the location of these domes on the caldera rim. The fissures extend east-west across the gap between K and M, to the north of L. They are a few m across and 150–180 m long. The fissures lie within a bench that extends from K to M and has been uplifted by ∼10 m. (b) Northwest (LHS)-southeast (RHS) topographic profile of K, showing the central ridge > 30 m tall and 50 m across with a steep axial cleft more than 20 m deep. (c) Full view of a spine on H. The spine is ∼5 m across.



The large dome pair OP has a more complicated morphology due to the two extrusions apparently sharing one vent. Dome O is slightly elongate in a NE-SW direction (Figure 5b). The top surface slopes gently westward and consists of numerous spines and ridges. The ridges define weak horseshoe-shaped alignments opening to the west and the highest point of the dome (635 m bsl) is located on its eastern margin. The top is surrounded by steep aprons of breccia (∼40o for 200 m of height). Dome P sits on the top of O and its highest point is 50 m higher than the top of O. P is elongate, being slightly longer in the northeasterly direction (∼450 m) than the northwesterly direction (∼300 m). The southwestern margin of P overlaps that of O, making their boundaries hard to distinguish. The surface of P slopes gently and is composed of decimeter-sized rhyolite fragments which produce a smooth morphology on the AUV bathymetric map (Figure 5b). A half-dome shaped spine (3 m across, 5–10 m high) which is the highest point on P (650 m bsl) sits at the center.

Dome G is the only dome with arcuate surface ridges, similar to the arcuate surface ridges on lava A in terms of wavelength (10–20 m) and amplitude (∼2 m). The carapace of G was sampled at the top of a mass-wasting scarp that faces the caldera, and about 120 m Southwest of the scarp (Figure 11). The carapace is vesicular and glassy (Figure 4d). The interior of G was observed and sampled on the mass-wasting scarp. The vesicular coherent rhyolite extends ∼2 m into the interior. Dome F also has a vesicular carapace. The inner part of G consists of massive coherent rhyolite that grades deeper down into jointed coherent rhyolite.
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FIGURE 11. Dome G morphology and facies exposed in a scarp facing the caldera wall. (a) Vesicular carapace. The rough surface is created by ∼1-m-high spines and breccia, both of which are covered by the thin ash-lapilli deposit. (b) At the edge of the scarp, the vesicular carapace is less than a few meters thick. (c) Massive coherent core at the top of the scarp. (d) Laterally jointed coherent rhyolite in the middle of the scarp. (e) Complex radial joints in coherent rhyolite at the base of the scarp. (f) Schematic cross-section of G based on the pre- and post-eruption bathymetry in 2002 and 2015, and the facies exposed in the scarp.



Most of the surface of N is rough and jagged, similar to the other domes, but part of its northern edge is smoother and shows subtle tonal differences (Figure 12). This northern area was uplifted ∼100 m between 2002 and 2012, and both morphologically and visually, the surface resembles the surface of the nearby caldera rim, rather than the rough rhyolite. One explanation is that N is partially intrusive, a portion of the northern side of the dome having stalled and intruded instead of emerging at the sea-floor. Intrusion resulted in subtle local uplift of the caldera rim that can be detected in the detailed bathymetry.
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FIGURE 12. Partially intrusive dome N. (a) Relief map of N showing the subtle contrast in surface texture between the northern and southern parts. The white dashed line shows the position of the cross-section in (b). (b) Cross-section of N, showing the interpreted subsurface intrusion responsible for the uplift on the northern side of the extrusive part.





STRATIGRAPHIC RELATIONSHIPS OF HAVRE 2012 LAVAS AND DOMES

The order of emplacement of the 15 rhyolite lavas and domes has been deciphered using a combination of stratigraphic relationships with other 2012 seafloor products and contact relationships between adjacent lavas or domes. Among the 2012 seafloor products, the deposit of GP clasts is most useful because it was formed by settling from suspension of temporarily buoyant pumice clasts (Carey et al., 2018) and serves as a stratigraphic marker. This deposit is distinguishable in the high-resolution bathymetry map and was sampled in many places. One limitation of using the GP deposit as a marker is that its dispersal area is strongly elongate in a northwesterly direction (Carey et al., 2018) and some domes (G, H, I) on the caldera rim are outside the dispersal area. A second limitation is that the GP clasts can be found only on flat sea floor so relationships could not be identified for B, D, and E, all of which are limited to the steep caldera wall. For F, the top is on the caldera rim but outside the GP dispersal area, and the rest of F is on the steep caldera wall. Nevertheless, among the 15 lavas and domes, only A and C are overlain by numerous clasts of GP whereas K, L, M, N, and OP (all within the dispersal area and on flat sea floor) are not. Considering A in more detail, a small breakout lobe on its northwestern margin is not covered by GP clasts (Figures 9a,b and Supplementary Figure S10), implying that the breakout occurred after the GP deposit. Therefore, most of A and all of C pre-date the GP deposit whereas the breakout lobe on A, and K, L, M, N, and OP post-date the GP deposit (Figure 13). The relationship between the GP deposit and each of B, D, E, F, G, H, and I is not known.
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FIGURE 13. Stratigraphic relationships among the Havre 2012 lavas and domes, the giant pumice deposit (GP), ash-lapilli deposit (AL), and ash-lapilli-block deposit (ALB), along the southwestern and southern caldera margin. Note that J is a pre-2002 feature. The pink shape below K, L, and M represents a possible shallow intrusion responsible for the uplifted bench that connects K, L, and M. The small cone beside L post-dates the GP deposit but was not systematically examined. Part of N was extrusive; this part is not covered by the GP deposit; the GP deposit covers the surface above the intrusive part of N.



Some contact relationships between adjacent lavas or domes imply their order of emplacement. On the steep southwestern caldera wall, well-sorted decimeter-sized talus breccia of C overlies less-sorted coarser breccia of B to the northwest and E to the southeast (Figures 14a–c). Although these observations imply only the final relationship when the lavas stopped moving, the simplest interpretation is that B, E, and probably D (a small dome between C and E) either preceded or are contemporaneous with C. This finding therefore suggests that all of the units erupted from vents on the southwestern caldera wall (A–E) except the small breakout on A were emplaced before the GP deposit.
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FIGURE 14. Observations used to determine relative ages of the lavas and domes. (a) AUV bathymetry map of the southwestern caldera wall. The extents and inferred vents of B, C, and E are highlighted by solid borders and red triangles, respectively. The yellow line is the ROV dive traverse J2-807. The white star and asterisk show the positions of the outcrops in (b,c), respectively. White patch lacks bathymetric data. (b) Talus of C overlies the carapace of B. Image from down-looking still camera on ROV Jason. Field of view is ∼4 m across. (c) Talus of C overlies the carapace of E. Composite image from front-looking still camera on ROV Jason. The rock outlined in the center is ∼1 m across. (d) 3D AUV bathymetry map of the southern caldera rim showing that the edges of H overlap I and G. The 2D map in Figure 5 gives an orthographic view of the area.



Overlapping relationships also exist among G, H and I on the southwestern caldera rim. Their morphologies suggest that H overlaps G and I (Figure 14d) and is therefore younger than both. However, the relationship between these domes and the GP deposit remains unknown as they are outside of the GP dispersal area.



DISCUSSION

The Chronology of the Havre 2012 Eruption

Using the GP deposit as a marker on the sea floor and the recorded formation of the pumice raft at the sea surface, three main stages can be defined for the Havre 2012 eruption. This approach requires assuming that the GP deposit on the sea floor is the counterpart of the pumice raft recorded in satellite imagery on July 18, 2012, and is valid only if this correlation is correct.

The first stage involved the effusion of A, B, C, D, and E from vents at 1,200 to 1,300 m bsl on the southwestern caldera wall (Figures 15a,b). A small dome formed at D while lavas with greater volumes descended the steep caldera wall to the caldera floor at 1,500 m bsl. A and C advanced hundreds of meters farther across the flat surface of the caldera floor. At least 0.05 km3 of rhyolite was erupted at this stage, including C (0.034 km3) which is the longest (1.35 km) among the Havre 2012 lavas. The beginning and duration of the first stage are unknown. However, a rhyolitic lava as long as C may have taken months to be fully emplaced. For comparison, the obsidian lava from the 2011 eruption of Cordón-Caulle in Chile took ∼3 months to reach ∼3 km from the source (Tuffen et al., 2013), and was active for another 18 months (Farquharson et al., 2015).
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FIGURE 15. Chronology of the Havre 2012 lava and dome eruptions. (a) Havre caldera in 2002 (based on Wright et al., 2006). (b) Effusive eruption of A, B, C, D, and E from vents at 1,200 to 1,300 m bsl on the southwestern caldera wall. A small dome formed at D; lavas A, B, C, E descended the steep caldera wall. F, G, H, and I may have also been erupted during this stage, or else after the GP deposit. (c) Eruption of the GP; providing the correlation of the GP deposit and the pumice raft is correct, then the GP-forming event began on July 18th, 2012. The GP deposit has a northwesterly dispersal area that covers all the caldera floor but only parts of the caldera rim. (d) Effusive eruption of domes K, L, M, N, O, and P and breakout of a small lobe on intracaldera lava A, before October 2012 when Havre was surveyed by R/V Tangaroa. F, G, H, and I may have also been erupted during this stage, or else before the GP deposit. After or during emplacement, part of G, H, and I collapsed, forming a scarp along their northern margins.



The second stage is defined by the widespread deposition of GP on the sea floor (Figure 15c) and is based on the observation that most of A, and all of C are overlain by the GP deposit. The breakout lobe on A formed after deposition of the GP deposit, implying that the initial lava- and dome-producing stage immediately preceded the second stage (rather than being a long time earlier). Assuming the GP deposit correlates with the pumice raft, the second stage began on 18 July, 2012, and lasted less than 24 h (Jutzeler et al., 2014). The dispersal trajectory of the GP deposit and lateral grain size variations within it (Carey et al., 2018) strongly suggest that the source was the same vent that subsequently produced the large dome pair OP on the southern caldera rim. The significant seismicity associated with this stage (Global Volcanism Program, 2012), the short duration, and the large combined volume of the GP deposit and the pumice raft (∼1.3 km3 bulk; 0.3 km3 DRE; Jutzeler et al., 2014; Carey et al., 2018) indicate that this stage involved rapid ascent of newly supplied magma.

The third stage is characterized by the eruption of lava domes K, L, M, N, and OP along the southwestern and southern rim of the caldera (Figure 15d). The breakout lobe on A (Figures 9a,b and Supplementary Figure S10) was also extruded during this stage, and requires that the earlier part of A (pre-GP) was still sufficiently mobile to undergo farther advance. The vent on the southern caldera margin inferred to have been the source of the GP deposit (Carey et al., 2018) in the second stage now became the vent for dome pair OP which is exceptionally large among the Havre 2012 rhyolite units (∼0.11 km3). The ash-lapilli-block deposit is found only around OP and probably underlies, and therefore predates them (Carey et al., 2018). After the majority of dome O was built, a small-volume effusion created P, displacing O sideways so that O now forms an annulus around P. The domes K–N emerged from vents on benches along the caldera rim. Although the aggregate erupted volume of K–N is small (∼0.0063 km3), the 1.4-km-long alignment of these domes, and fissures connecting them (Figure 10), suggest that an additional volume of rhyolite was intruded as a dyke at the same time.

The timing of the emplacement of F, G, H, and I is not clear because they are beyond the dispersal area of the GP deposit. They could have been emplaced about the same time as A–E, before the GP (Figure 15b), or about the same time as K to OP, after the GP (Figure 15d). The northern parts of G, H, and I are truncated by an arcuate scarp (Figure 5c and Supplementary Figure S11), indicating that they underwent partial collapse after emplacement. The collapse event occurred after the emplacement of the GP deposit because GP clasts on the caldera floor are partly buried by mass-wasting deposits.

The widespread ash-lapilli deposit is found on the GP deposit and on all the lavas and domes except P. However, its stratigraphic and temporal relationships are complex (Murch et al., unpublished). Internal subdivisions appear to record deposition that began following the eruption of the GP deposit, and persisted at least until the emplacement of P. It is inferred to have been produced by explosive and effusive events, as well as intracaldera mass-wasting events, none of which was large enough to have an expression above the sea surface.

The major part of the Havre 2012 eruption is considered to have ended by October 15, 2012, because there was no significant change in the bathymetry data between October 15, 2012 when R/V Tangaroa completed mapping the area and 2015 (MESH voyage). This chronology suggests that the Havre 2012 eruption began and ended with relatively slow lava effusion from multiple vents, which was interrupted by a brief period of higher discharge rate on July 18, 2012 when the pumice raft and GP deposit were erupted.

Structurally Controlled Vents

The Havre 2012 lavas and domes were erupted from vents distributed along ∼one third (4.2 km) of the 15-km-long perimeter of the caldera. In detail, the 4.2 km of vents is made up of shorter linear segments (Supplementary Figure S6): BCDE, 0.3 km long, trend 120°; FGHI, 0.7 km long, trend 145°; KLMN, 1.1 km long, trend 090°. The vent of A is located on the northwestern extension of the BCDE vent alignment, but there is a 250 m gap between A and B. The BCDE and FGHI vent alignments have similar trends but are offset and separated by a 400-m-wide gap and an elevation difference of 200 m. The large dome pair OP does not fall on any of the other 2012 vent alignments but it lies at the northwestern end of a line of older vents with a trend of 150° (Supplementary Figure S6).

The linear arrangement of the 2012 vents, proximity of adjacent vents and the uniform composition of the rhyolite erupted (Carey et al., 2018) suggest that the 2012 lavas and domes were fed by three structurally controlled dykes (e.g., Fink and Pollard, 1983; Mastin and Pollard, 1988), corresponding to the three distinct vent alignments. The three segments evident from the vents at the surface could be connected at depth, as has been demonstrated in studies of dyke-fed subaerial rhyolite eruptions (e.g., Reches and Fink, 1988). At least for the KLMN vent alignment, there are additional surface features consistent with this interpretation. In particular, domes K and M on the KLMN vent alignment have large spines and clefts parallel to the vent alignment (Figure 10a). A bench ∼10 m high and ∼150 m wide extends between K and M (Figure 10a); the bench is cut by fissures to the north of L; the bench and the fissures are both parallel to the KLMN vent alignment. The uplift and extension associated with the bench and fissures could result from a shallow syn-eruptive intrusion (pink shape beneath K, L, and M, Figure 13). Uplift inferred to be related to a shallow syn-eruptive intrusion has been identified at Cordón-Caulle (Castro et al., 2016) and at Medicine Lake Volcano (Fink and Anderson, 2017). Given the location of the vent alignments along the caldera perimeter, we conclude that the prime structural control on the 2012 rhyolite feeder dyke(s) was a new or pre-existing caldera-margin fault or fault set.

It is also possible to infer that shallow-level dyke emplacement proceeded from the west to south around the perimeter of the caldera during the course of the whole eruption. The basis for this interpretation is the fact that the lavas (A, B, C, E) and dome (D) at the western end predate the domes on the southwestern and southern caldera rim. Furthermore, available compositional data suggest the 2012 Havre rhyolites become progressively more silicic from the west to the south though the overall change is very small (<2 wt.% SiO2; Carey et al., 2018). The western dyke may have tapped slightly deeper (less evolved) and the southern dyke slightly shallower (more evolved) levels of a weakly vertically zoned magma source.

Comparison of the Havre 2012 Lavas and Domes With Subaerial Rhyolite Lavas and Domes

Here, we consider whether the Havre 2012 lavas and domes, erupted in ∼900 to 1,300 m of water, differ significantly from subaerial counterparts in terms of dimensions, volumes, aspect ratios, surface features, textures, eruption rates, and structural controls on vents.

The range in diameter (tens of meters to 720 m), maximum thickness (∼20 to 270 m) and volume (0.0003 to 0.11 km3) of the ten Havre 2012 domes is comparable to that of subaerial dacitic and rhyolitic domes (e.g., Walker, 1973; Calder et al., 2015). The surface features of the submarine Havre domes are also similar to those of small subaerial domes, particularly those named spiny or Pelean domes, characterized by tall vertical spines (e.g., Fink and Griffiths, 1998; Fink and Anderson, 2000). The overall organization of a coherent (though jagged and spiny) core surrounded by talus is shared by both subaerial domes (e.g., Swanson et al., 1987; Calder et al., 2015) and the Havre submarine domes, and in both settings, the outer part of the core is vesicular (Figures 11a,b). Texturally, the Havre domes match the “obsidian dome” category of Calder et al. (2015), given the low abundance of phenocrysts, but the proportion of genuine obsidian (dense glass) within them is unknown.

Being covered almost entirely by breccia, the Havre 2012 lavas resemble subaerial, intermediate to silicic, blocky lavas (Kilburn, 2000; Harris and Rowland, 2015). In both settings, the breccia is autoclastic; in the Havre case, both quench fragmentation and dynamic stressing probably operated. Among the best subaerial examples of silicic, blocky lavas are the Roche Rosse rhyolite lava (Italy; ∼2 km long, 0.03 km3; Bullock et al., 2018), the Cordón-Caulle obsidian lava (Chile; ∼3.6 km long, 0.8 km3; Tuffen et al., 2013) and rhyolite lavas of Newberry volcano (e.g., Big Obsidian Flow, 1.8 km long, ∼0.13 km3; Interlake Obsidian Flow, 1.8 km long, 0.025 km3; MacLeod et al., 1995), all of which have dimensions comparable to the Havre 2012 lavas. The arcuate surface ridges on the Havre lavas, especially those on A (Figure 8), appear to be identical to similar ridges on subaerial silicic lavas (commonly referred to as surface folds, compressional ridges or ogives). In subaerial settings, surface ridges form where the crust buckles in response to compression behind a stalled lava-flow front (Fink, 1980). The same explanation appears valid in the case of the arcuate surface ridges on the Havre submarine lavas. Although not common or not widely recognized, subaerial rhyolite lavas may include small breakout lobes emplaced after the main lava advance ceased (e.g., breakouts associated with the 2011–2012 Cordón-Caulle obsidian lava, Tuffen et al., 2013). Among the lavas produced during the Havre 2012 eruption, both A and E include small breakout lobes.

The aspect ratios of the Havre 2012 lavas (Supplementary Table S1) fall in the range considered typical of subaerial high-viscosity lavas by Walker (1973; <50 and commonly <8). Lava C has an aspect ratio of 47.7, near the high end of the range whereas the other lavas (A, B, E, F) have much lower aspect ratios (5.5–16; Supplementary Table S1).

The narrow-tongue segments of the Havre 2012 lavas on the steep caldera wall superficially resemble channelized lavas (e.g., Harris and Rowland, 2015). However, the strongly triangular cross-section shape and very shallow depth of the central depression (Figures 7a,b) are important differences, especially with regard to the identification of levees which are an integral part of channelized lavas. Although there are very few exposures of coherent rhyolite on the narrow-tongue segments, it is reasonable to infer that the interior of the ridges comprised molten rhyolite while the lavas were active, because (1) in the cases of A and C, the narrow-tongue segments fed the wide-lobe segments on the caldera floor, and (2) there is a breakout lobe on the narrow-tongue segment of E (Figures 9c,d). In this respect, the narrow-tongue segments appear to have delivered molten rhyolite to the flow front beneath an insulating cover of breccia. This mechanism of propagation strongly resembles that of subaerial a’a and blocky lavas (Kilburn, 1993; Harris and Rowland, 2015).

By assuming that the GP deposit and the observed pumice raft were contemporaneous, and noting that there was no significant topographical change between the bathymetry mapped on October 15, 2012 and March 2015, Carey et al. (2018) concluded that domes K to P were likely erupted within (or less than) 90 days. The minimum mean discharge rate of dome OP (0.11 km3) was 14.4 m3/s whereas the rates for each of K, M, and N were between 0.14 and 0.37 m3/s.

Recent subaerial eruptions of Chaiten in 2008 and Puyehue Cordón-Caulle in 2011 demonstrated that rhyolitic effusive eruptions can have maximum discharge rates as high as 70 m3/s (Pallister et al., 2013; Bertin et al., 2015) which surpasses the rate for typical subaerial dacitic dome eruptions such as Mt. St. Helens (∼0.59 m3/s; Fink et al., 1990), Unzen (∼3.5 m3/s; Nakada and Fujii, 1993) or Santiaguito (∼1.4 m3/s; Harris et al., 2003) by more than an order of magnitude. However, the mean discharge rates of Chaiten (∼16 m3/s) and Puyehue Cordón-Caulle (16.7 m3/s) were much lower than the maxima, and comparable to the minimum mean discharge rate of Havre dome OP. The rates for other small Havre 2012 domes K, M and N are comparable to those of small subaerial silicic domes.

We have interpreted the linear alignment of the vents for the Havre 2012 lavas and domes to result from structural control, most likely a fault or fault set. Alignment of multiple vents along faults is commonly shown by subaerial rhyolite lava and dome fields. Well-studied examples include Cordón-Caulle (Lara et al., 2004), the Inyo volcanic chain (Sampson, 1987; Miller, 1985), Newberry volcano (MacLeod et al., 1995), South Sister volcano (Scott, 1987) and Kaharoa domes (Leonard et al., 2002) (Supplementary Figure S12).

Controls on Morphology

Comparison of rhyolitic lavas and domes in subaerial and deep submarine (Havre 2012 rhyolitic lavas and domes) settings has shown the two are closely similar. Deep water above vents might be expected to influence morphology, because elevated confining pressure favors retention of volatiles that lowers the magma viscosity (Murase and McBirney, 1973). On the other hand, enhanced cooling, due to the greater heat capacity of water versus air, might be expected to raise the viscosity (Murase and McBirney, 1973). It could be that in the case of Havre 2012, the two influences were balanced or that neither was significant. The latter option appears most plausible: the Havre melts were probably relatively low in dissolved water, given the anhydrous phenocryst assemblage of the lavas and domes, so elevated confining pressure did little to modify the viscosity of the melt. Enhanced cooling probably influenced only the rate of crust development, and once formed, the crust very effectively insulated the interior from any further cooling by seawater.

Because some Havre 2012 lavas and domes were erupted on a steep slope and others onto flat sea floor, we can assess the influence of substrate slope on morphology. Clearly, the influence was profound – narrow tongues formed in all cases where the rhyolite propagated across the steep caldera wall, and either wide lobes or domes formed where the rhyolite propagated across flat sea floor, both within the caldera or on the caldera rim. On the flat sea floor, the contrast between wide lobes and domes was probably primarily controlled by the available magma volume, small volumes producing domes and larger volumes producing wide lobes.

Observations of active subaerial domes and analog experiments of dome growth have shown that the ratio of discharge rate to cooling rate has a strong influence on dome morphology (e.g., Fink and Griffiths, 1998). In this approach, dome morphology can be used to infer discharge rate. The Havre 2012 domes except G are spiny or Pelean domes; this dome morphology is associated with the lowest discharge and highest cooling rates. The discharge rates for domes K, M, and N (between 0.4 and 1.2 m3/s; Carey et al., 2018) are at the low end of the known range, consistent with the prediction based on morphology alone. However, the effusion rate of the dome pair OP was substantially higher (14.4 m3/s; Carey et al., 2018). This much higher effusion rate relates mainly to the effusion of O because P is a lot smaller than O. The morphological interpretation of O is complicated because it was modified when P was emplaced, but it best fits the spiny category of Fink and Griffiths (1998), despite the much higher effusion rate. It could be that application of this morphological approach to the Havre domes requires that the original scaling and dimensional analysis be revisited for the different ambient conditions in the submarine environment.

Among the domes, G is distinctive in being much lower in relief than the other domes and having well-developed arcuate surface ridges rather than spines typical of the other domes (Figures 6c, 14d). This morphology matches the axisymmetric dome category of Fink and Griffiths (1998), associated with relatively high discharge and low cooling rates. This difference in effusion style was presumably viscosity-controlled, the viscosity of the magma that produced G being lower than that of the other domes. Lower viscosity favors higher discharge rate which in turn influences crust development and outflow distance (e.g., Walker, 1973; Fink and Griffiths, 1990). The cause of G rhyolite having a lower viscosity than the rhyolite that formed the other domes has not been identified.



CONCLUSION

The Havre 2012 eruption produced 15 submarine rhyolite lavas and domes with a collective volume of 0.21 km3 from 14 separate vents. Five vents (A–E) are aligned along the steep caldera wall between 1,200 and 1,300 m bsl. Four of the five vents produced lavas that flowed to the base of caldera wall, two of which (A, C) extended 450–650 m farther across the flat caldera floor. On the caldera rim (960–1,060 m bsl), eight vents produced domes (G–I, K–P) and one vent produced a lava (F) that flowed 1,070 m down the caldera wall. One caldera-rim vent built two domes (OP), the collective volume of which (∼0.11 km3) is the largest of all the Havre 2012 lavas and domes.

On the steep caldera wall, the lavas consist of narrow tongues. The narrow-tongue segments of lavas A and C are connected to wide lobes on the caldera floor. Although covered by breccia, the narrow tongues probably fed molten rhyolite to the lava flow fronts and also to small breakout lobes. Well-developed arcuate surface ridges on the lavas are the crests of folds developed in response to compression during flowage. With the exception of G, the surfaces of the domes consist of jagged, spiny coherent rhyolite surrounded by aprons of talus and have morphologies typical of low discharge rates. The low profile of G and its lobate morphology imply higher discharge rates which in turn probably reflect lower magma viscosity. The presence of narrow-tongue morphology on the steeply sloping caldera wall versus domes and wide lobes on flat sea floor demonstrates that substrate slope was a major control on morphology. Additional analysis of the Havre lava and dome morphologies could yield information on discharge rates for the lavas erupted from the caldera-wall vents and the domes that lie outside the dispersal of the GP deposit.

The dome and lavas erupted from vents on the caldera wall are older than the GP deposit but probably only slightly older because a breakout lobe from one of them (A) is younger than the GP deposit. Domes K, L, M, N, and OP on the caldera rim are younger than the GP deposit. For these domes, minimum mean eruption rates from 0.14 to 14.4 m3/s can be estimated providing correlation of the GP deposit with the pumice raft witnessed on July 18, 2012, is correct. The ages of lava F and domes G, H, and I relative to the GP deposit could not be established because they are located outside the dispersal area of the GP deposit.

The Havre 2012 vents define three alignments close to the caldera margin. The similar magma composition, strong alignment of vents, small separation between adjacent vents and local presence of ground fissures suggest the vents were fed by fault-controlled dykes.

The Havre 2012 lavas and domes are very similar to subaerial rhyolite lavas and domes in terms of dimensions, volumes, aspect ratios, textures, morphology, discharge rate, and structural controls on vent positions.
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Submarine volcanic eruptions are difficult to detect because they are hidden from view at the bottom of the ocean and far from land-based sensors. However, most of Earth’s volcanic activity is in the oceans along tectonic plate boundaries, and modern tools of oceanography now allow us to find and study recent eruptions in the deep sea. The first known historical eruption on the Mariana back-arc spreading center was discovered in December 2015 during exploration of the southern back-arc for new hydrothermal vent sites. A water-column survey along the axis of the back-arc showed hydrothermal plumes over the site characterized by low particle concentrations and relatively high reduced chemical anomalies. A dive with the autonomous underwater vehicle Sentry collected high-resolution (1 m) multibeam sonar bathymetry over the site, followed by a near-bottom photographic survey of a smaller area. The photo survey revealed the presence of a pristine, dark, glassy lava flow on the seafloor with no sediment cover. Venting of milky hydrothermal fluid indicated that the lava flow was still warm and therefore very young. A comparison of multibeam sonar bathymetry collected by R/V Falkor in December 2015, to the most recent previous survey of the area by R/V Melville in February 2013, revealed large depth changes in the same area, effectively bracketing the timing of the eruption within a window of less than 3 years. The bathymetric comparison shows the eruption produced a string of lava flows with maximum thicknesses of 40–138 m along a distance of 7.3 km (from latitude 15∘22.3′ to 15∘26.3′N) between depths of 4050–4450 m bsl (meters below sea level), making this the deepest known historical submarine volcanic eruption on Earth. The cross-axis width of the lava flows is 200–800 m. The Sentry bathymetry shows that the new lava flows are constructed of steep-sided hummocky pillow mounds and are surrounded by older flows with similar morphology. In April and December 2016, two dives were made on the new lava flows by remotely operated vehicles Deep Discoverer and SuBastian. The pillow lavas have many small glassy buds on the steep flanks of the mounds, locally thick accumulations of hydrothermal sediment near the tops of mounds, and small cones of radiating pillows at their summits. The 2015–2016 observations show a rapidly declining hydrothermal system on the lava flows, suggesting that the eruption had occurred only months before its discovery in December 2015. The morphology of the pillow lavas is similar to other historical eruption sites, so the greater depth and ambient pressure of this site had no apparent effect on the processes of lava extrusion and emplacement. This study reveals that some segments of the Mariana back-arc have active magmatic systems despite the relatively low spreading rate, and that other eruptions are possible in the near future.

Keywords: submarine eruption, mariana back-arc spreading center, mariana trough, high-resolution mapping, submarine lava flow morphology


INTRODUCTION

Documented historical volcanic eruptions in the deep-sea are relatively rare, because they usually have no expression at the ocean surface and only produce small earthquakes which are difficult to detect in the ocean basins. For example, Rubin et al. (2012) highlighted the fact that only 17 deep [>500 m bsl (meters below sea level)] submarine eruptions were known to have occurred in the last 500 years, compared to 497 known eruptions on land. Historical deep-sea eruptions have been found in a variety of ways, including by distinctive hydrothermal plumes detected during water-column surveys, repeated bathymetric mapping showing depth changes, time-series visual observations by camera or submersible, radiometric dating of young lava flows, remote detection of seismic swarms by hydrophone or seismometers, and rarely by pumice rafts appearing on the ocean surface (Cowen et al., 2004; Dziak et al., 2011; Baker et al., 2012; Rubin et al., 2012; Carey et al., 2018). Only two seamounts have been directly observed erupting, NW Rota-1 in the Mariana arc and West Mata in the NE Lau Basin (probably both long-lived eruptions) (Chadwick et al., 2008; Resing et al., 2011; Embley et al., 2014; Schnur et al., 2017). More recently, a cabled observatory established at Axial Seamount captured an eruption in 2015 (Kelley et al., 2014; Chadwick et al., 2016; Nooner and Chadwick, 2016; Wilcock et al., 2016). Most of these known eruptions have been found on mid-ocean ridges or in submarine volcanic arcs. We know even less about the character and frequency of deep-sea eruptions in back-arc settings.

Recent systematic exploration of the southern Mariana back-arc between 13 and 18.5°N during research cruises on R/V Falkor in 2015 and 2016 (FK151121 and FK161129) led to the discovery of new hydrothermal vent sites along the back-arc spreading axis (Baker et al., 2017; Butterfield et al., 2018). That work included the collection of new EM302 multibeam sonar bathymetry along the back-arc that permitted a refined mapping of the axis of spreading, and allowed geologic interpretation of the back-arc spreading segments and their tectonic and magmatic character (Anderson et al., 2017). The R/V Falkor cruises also included high-resolution bathymetric mapping of selected sites with the autonomous underwater vehicle (AUV) Sentry in 2015, followed by dives with the remotely operated vehicles (ROV) SuBastian in 2016. In between those, the NOAA Ship Okeanos Explorer made three exploratory dives with the ROV Deep Discoverer (D2).

During the exploration for new vent sites we discovered evidence of a very recent eruption on the axis of the central Mariana back-arc. The only other known historical submarine eruptions on back-arc spreading centers are on the NE Lau Spreading Center (NELSC), including one discovered in November 2008 when hydrothermal event plumes were encountered by chance in the overlying water column during a regional survey (Baker et al., 2011; Rubin et al., 2012), and eruptions near Tafu cone on the NELSC that were recently discovered by before-and-after bathymetric surveys and confirmed by ROV dives (Rubin et al., 2018a,b).

Here, we describe the physical setting of the recent eruption site, constrain the timing of the eruption to within a 3-year period based on before-and-after surveys, show high-resolution bathymetry and ROV visual observations of the young lava flows that provide information about their emplacement, and present observations and sensor data that show a rapidly diminishing hydrothermal system associated with the new lava flows. These results confirm the value of collecting repeated ship-based bathymetry in potentially active submarine volcanic settings for detecting eruptions, illustrate how AUV-based high-resolution bathymetry helps interpret submarine lava flow morphology and emplacement, and reveal that some segments of the Mariana back-arc have active magmatic systems, despite the relatively low spreading rate.

Geologic Setting

The Mariana back-arc spreading center is an example of upper plate spreading in an oceanic subduction setting (Fryer, 1995; Stern et al., 2003). Here the Pacific plate subducts beneath the Philippine Sea plate forming the Mariana trench and the active volcanic arc, which is made up of nine islands and over 60 seamounts, a third of which are hydrothermally active (Embley et al., 2007; Baker et al., 2008; Resing et al., 2009). The Mariana back-arc spreading center is located to the west of the volcanic arc and transitions from a relatively shallow ridge in the south (∼3000 m bsl) to a series of deep basins (up to 5000 m bsl) north of 13°N that are segmented and arranged in an en-echelon pattern (Figure 1).
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FIGURE 1. Regional map showing location of the study area on the 15.5°N segment of the Mariana back-arc. Black box shows area of Figure 2. Inset map shows the location of the Mariana back-arc relative to the western Pacific trenches, with Japan to the north and the Philippines to the west.



In this paper, we focus on the Mariana back-arc segment centered at 15.5°N [following the naming scheme of Anderson et al. (2017)], which has a spreading rate of ∼25–40 mm/yr (Kato et al., 2003). This segment is ∼34 km long, with an axial valley that is ∼22–25 km wide, with a maximum depth that ranges from 4650 m bsl in the south to 4350 m bsl in the north (Figure 2). The neovolcanic zone is dominated by hummocky volcanic morphology with little or no faulting and has an axial volcanic ridge that rises up to ∼1050 m above the surrounding seafloor with a shallowest depth of 3820 m bsl near 15.5°N (Anderson et al., 2017). Anderson et al. (2017) classified this segment as a tectonic segment currently undergoing magmatic extension, where extension is accommodated by the intrusion of dikes, and the morphology is characterized by an axial valley with moderate-to-high relief at the segment center (600–1300 m), a prominent hummocky axial volcanic ridge (800–1050 m) without a central graben, and limited faulting within the axial valley. Anderson et al. (2017) also calculated the volume of neovolcanic material on this segment as a first-order estimate of eruption rates and magma supply, in comparison to the other segments in the Mariana back-arc. Interestingly, the 15.5°N segment had the second-lowest calculated eruption rate per kilometer (3912 m3/yr/km) of all the segments in their study area (from 12.7°N to 18.3°N). So, in some ways, this segment was the least likely to have hosted a recent eruption. However, the calculated long-term eruption rate is based on its morphology produced by activity over perhaps the last 100,000 years. In contrast, the recent eruption is a manifestation of the present-day (or very recent) magma supply. Therefore, the recent eruption on this segment is consistent with the characterization that the segment is undergoing recent magmatic rejuvenation, as is the discovery of high-temperature black-smoker vents at the Perseverance vent field located on the along-axis high just 5 km north of the eruption site (Figure 2; Baker et al., 2017; Butterfield et al., 2018; Chadwick et al., 2018).
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FIGURE 2. Bathymetric map of the 15.5°N segment of the Mariana back-arc showing the location of CTD tow T15B-06 (red line; data shown in Figure 3), AUV Sentry dives 369 and 367 (white lines; the latter shown in Figure 4), and areas of depth change between bathymetric surveys in 2013 and 2015 (black outlines; data shown in Figure 6). Red dot shows location of Perseverance vent field.



Discovery of the Recent Eruption Site at 15.4°N in December 2015

The search for new hydrothermal vent sites along the southern Mariana back-arc during the FK151121 expedition included first using a towed Conductivity, Temperature, Depth (CTD) instrument package. The CTD was raised and lowered from 10 s to several hundred meters above the seafloor as the ship slowly drove forward, resulting in the CTD producing a saw-tooth path in a vertical 2D profile above the seafloor along the tow track (Baker et al., 2017). Where hydrothermal plumes were discovered with the CTD, we deployed the Sentry to collect high-resolution bathymetry in those areas, which was used later when ROV dives were made to localize the source of the plume on the seafloor. Hydrothermal plumes can be detected by CTD sensors that measure temperature, light scattering [turbidity (ΔNTU, Nephelometric Turbidity Units) from hydrothermal particles], and oxidation reduction potential [or ORP (ΔE), for detecting reduced chemicals such as Fe2+, HS-, H2]. On the Sentry mapping dives these same sensors were housed in a self-contained instrument called a Miniature Autonomous Plume Recorder, or MAPR (Walker et al., 2007). The MAPR data from the Sentry dives were complementary to the CTD data (Walker et al., 2016a; Baker et al., 2017).

CTD tow T15B-06 was conducted along the axis of the back-arc segment centered at 15.5°N (Figure 2), and revealed two plumes with distinctly different character (Figure 3). To the south of the highest part of the segment, between 15°23.4′ to 15°27.6′N a plume was detected with relatively low ΔNTU values but high ΔE values. Further north, between 15°27.6′ to 15°33.0′N, the opposite was found in a plume that had relatively high ΔNTU values and lower ΔE values (Figure 3). This was interpreted as evidence for low-temperature diffuse venting in the south and high-temperature focused venting in the north (Baker et al., 2017).


[image: image]

FIGURE 3. Depth cross-section along the axis of the 15.5°N segment of the Mariana back-arc showing data from CTD tow T15B-06 (from Baker et al., 2017). Gray is seafloor profile. Colors above seafloor show turbid particle plumes as ΔNTU anomalies. Colored lines along CTD tow path (gray zigzag lines) show ΔE anomalies in millivolts from ORP sensor (see inset for scale). Red dots are confirmed (solid) or inferred (open) hydrothermal sites from Baker et al. (2017). Yellow highlight on the bathymetry profile indicates extent of new lava flows. Note relatively high ΔE but low ΔNTU anomalies over new lava flows, and high ΔNTU and lower ΔE anomalies over northern-most hydrothermal site, at the Perseverance vent field with black-smoker chimneys.



To investigate further, we deployed Sentry for dive 367, which collected multibeam sonar and plume data in a 2- × -3.5-km area at an altitude of 70 m above the bottom, and then conducted a photo survey at a lower altitude of 5 m over a smaller area (500 m × 1000 m) centered on the highest ΔE anomaly from the CTD tow (Figure 4). We had anticipated that we might photograph some vent animals at a diffuse venting site, but unexpectedly the Sentry photo survey revealed pristine young pillow lavas covering some of the area (Figures 5a,b). The young lava flow was dark, glassy, and completely lacking in any sessile animals or even pelagic sediment. A very light dusting of hydrothermal sediment could be seen in a few areas at the tops of pillow mounds (Figure 5c), and within one of those areas a cloud of milky hydrothermal fluid was photographed coming out of the flow (Figure 5d). The surrounding lava flows are clearly much older with a few cm of sediment completely mantling the lava lobes (Figure 5e). On the eastern edge of the photo survey, in low-lying areas below 4300 m bsl that are noticeably more faulted, the older seafloor is locally completely buried by sediment (Figure 5f).
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FIGURE 4. AUV Sentry bathymetry from dive 367 with ΔE anomalies from MAPR instrument shown as pink to purple colored lines (see inset for scale) overlain on Sentry track lines (white; widely spaced tracklines were 70 m above bottom). (A) Map of whole survey (modified from similar figure in Baker et al., 2017). Dashed black box is area of Figure 4B. (B) Detailed map of Sentry photo survey area (white track lines; 5 m above bottom). Black outlines show area of depth change between multibeam surveys; red outlines show edges of the 2013–2015 lava flows based on visual observations and interpreted from features in AUV Sentry bathymetry. AUV Sentry bathymetry was re-navigated and then shifted 60 m east and 20 m north to better match ground-truth from ROV dive observations.
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FIGURE 5. Images from AUV Sentry dive 367 photo survey on 03 December 2015 showing young lava flow, evidence of hydrothermal venting, and surrounding older seafloor. Horizontal dimension of photos is ∼5 m. See Figure 4B for photo locations. Numbers in parentheses are time of photo in GMT. (a) Contact between young and old lava (07:33:20), (b) glassy young pillow lava (07:03:43), (c) hydrothermal sediment on young flow (07:04:43), (d) milky hydrothermal venting from young flow (07:05:53), (e) surrounding older lava (09:42:10), (f) older seafloor at east edge of survey with almost complete sediment cover (12:05:26).



The MAPR data collected by Sentry during dive 367 (Walker et al., 2016b) showed multiple ΔE anomalies indicative of hydrothermal venting in the western half of the survey area during the mapping at 70 m above bottom (Figure 4A). During the photo survey at 5 m altitude, a large ΔE anomaly was recorded at the same time and location that the milky vent fluid was photographed (Figure 4B). The photograph of active venting and the number of anomalies detected by the MAPR on Sentry suggest that the lava flows were young enough to be still warm and actively cooling (implying the lavas were only months to years old). On the other hand, chemical analysis of water samples from the CTD tow over the young lava flows showed low levels of hydrogen, indicating that the eruption had ended at least days to weeks beforehand. Active submarine eruptions produce high levels of hydrogen from magma-water interaction, which has a short residence time in the water column (McLaughlin-West et al., 1999; Lilley et al., 2003; Baker et al., 2011; Resing et al., 2011; Baumberger et al., 2014). The 1-m resolution bathymetry collected by Sentry during dive 367 shows that the areas within the young lava flow photographed by Sentry have smooth (unfaulted) hummocky morphology, typical of pillow lava mounds (Figure 4B).

To constrain the age of the young lava flow eruption, we compared (post-eruption) ship-based multibeam bathymetry collected by R/V Falkor with its EM302 sonar system on 01 December 2015 [expedition FK151121 (Resing, 2016b)], with the last survey of the area collected by R/V Melville with its EM122 sonar on 14 February 2013 (expedition MV1302a). Comparing the two surveys revealed a string of five areas with maximum depth change from 40 m up to 138 m (Table 1), extending over a distance of 7.3 km along the back-arc spreading axis from latitude 15°22.3′ to 15°26.3′N (Figure 6). The cross-axis width of these depth changes was 200–800 m. For convenience, we number the areas of depth change 1 to 5, from north to south (Table 1). The third area of depth change includes the area photographed and mapped by Sentry (Figures 4, 6). The timing of the eruption can be bracketed within the 2.8-year period between the two bathymetric surveys. However, the fact that the young flows were still emitting hydrothermal fluids when first photographed suggests that the eruption was probably late within that time period (Baker et al., 2018). A search for anomalous seismicity in the area that might have narrowed the eruption time window further did not uncover any unusual activity1, so the eruption was not detected remotely.

TABLE 1. Estimates of the thicknesses, areas, and volumes of new lava flows, based on depth changes between 2013 and 2015 bathymetric surveys.
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FIGURE 6. Depth changes between ship-based multibeam bathymetric surveys (numbered 1–5 from north to south in Table 1). (A) Pre-eruption bathymetry collected in February 2013 by R/V Melville (MV1302a; EM122 sonar). (B) Post-eruption bathymetry collected in December 2015 by R/V Falkor (FK151121; EM302 sonar). (C) Depth differences between the two surveys showing 5 areas of significant depth change (outlined in white; color scale at lower right). Numbers indicate maximum depth change within each area. Black boxes show area of Figure 4.



The 2013–2015 eruption is the deepest known historical submarine volcanic eruption, and extends over a depth range of 4050 to 4450 m bsl. The post-eruption bathymetry, the photo survey, and the relatively large magnitude of the depth changes between the surveys indicates that the eruption produced a chain of hummocky pillow lava mounds, which commonly accumulate to thicknesses of tens to over 100 m in divergent plate boundary settings (Caress et al., 2012; Yeo et al., 2012; Chadwick et al., 2013; Yeo et al., 2013; Chadwick et al., 2016; Clague et al., 2017). The outlines of the depth changes (and young lava flows) shown in Figure 6 are minimum areas, since the detection threshold used was a depth difference of 5 m, and therefore any areas where the flow thickness is less than that (including flow margins) are not resolved. For example, observations from later ROV dives show that some of the separate areas of depth change are actually connected by young lavas (described below). Nevertheless, the before-and-after bathymetry can be used to constrain the thickness and area of the lava flows and the volume of lava erupted (Table 1). Our analysis shows that the total area of the young flows is 1.81 × 106m2 and the total eruptive volume was 66.3 × 106 m3. For comparison, this volume is larger than all the previously documented historical eruptions on the Juan de Fuca and Gorda spreading ridges in the NE Pacific, except for the 2011 and 2015 eruptions at Axial Seamount, which is a hot spot volcano superposed on the Juan de Fuca spreading ridge (Chadwick et al., 1998; Rubin et al., 2012; Yeo et al., 2013; Clague et al., 2017).

The area surveyed during AUV Sentry dive 367 (Resing, 2016a) covered part of the northern half of the chain of lava flows along the back-arc spreading axis (covering the second and third areas of depth change), but did not extend all the way to the northern end where the thickest of the flows was located (Figures 4, 6). Superposing the outlines of the areas of depth change determined by the ship-based bathymetric comparison on the high-resolution Sentry bathymetry shows that all the ΔE anomalies recorded by the MAPR on Sentry were located over relatively thick accumulations of lava (Figures 4, 6). The Sentry bathymetry also shows that the hummocky flows produced by this most recent eruption (on the west side of the Sentry survey area) are very similar in morphology to previous eruptions along this segment of the back-arc (on the east side of Figure 4A). In fact, it would be impossible to map the boundaries of 2013–2015 lava flows on the AUV bathymetry without the additional information from multibeam depth changes and the visual observations. In general, the young lava flows have a smooth but hummocky morphology in the AUV bathymetry, which shows that they were emplaced from multiple local eruption centers along a N-S fissure system. The Sentry photo survey was fortuitously located spanning the southeastern edge of the third area of depth change (Figure 4B). The navigation of AUV Sentry dive 367 bathymetry was reprocessed using mbsystem navadjust software (Caress and Chayes, 2016) based on matching features in overlapping swaths, and then was shifted 60 m east and 20 m north to best match the ship-based EM302 bathymetry. The location of the edge of the young lavas mapped by the Sentry data and the ROV dives (described below) compared to the areas of depth change between bathymetric surveys gives an idea of the uncertainty in the ship-based multibeam comparison method. The lava flow boundary mapped by visual ground truth (red lines in Figure 4) is generally within 50–100 m of the depth change boundary (black outlines in Figure 4).

Visual Characterization of the 2013–2015 Lava Flows and Changes Over Time

After the discovery of the recent eruption site in December 2015, two later expeditions with ROVs visited the site in 2016: NOAA ship Okeanos Explorer cruise EX1605L1 with ROV Deep Discoverer (D2) in April 2016, and R/V Falkor cruise FK161129 with ROV SuBastian in December 2016. Each expedition made one ROV dive on the new lava flows, which allowed for visual observations over different parts of the eruption site, sampling of the lava flows, and a search for evidence of any on-going hydrothermal activity.

ROV Deep Discoverer (D2) made dive EX1605L1-09 on 29-30 April 2016 on the northern-most and thickest of the 2013–2015 lava flows (Figure 7), for which we only have ship-based bathymetry (∼40 m resolution), because it is north of the Sentry survey. The ROV dive made a north-to-south zig-zag traverse over three haystack-shaped mounds of young pillow lavas, each 50–100 m high and 200–400 m wide, along a horizontal traverse of ∼750 m, during ∼5.5 h of time on the bottom. The second of the three mounds has the thickest accumulation of pillow lavas, with a maximum depth difference of 138 m, although the ROV track skirted the very thickest part (Figure 7). The pillow lavas on the relatively steep sides of the mounds frequently were decorated with an extraordinary number of extremely glassy “buds” or “fingers” of lava (5–10 cm in diameter) extending outward for a few 10s of cm from the main pillow tubes (0.5–1.0 m in diameter) (Figures 8a,b). These are similar to the “knobby pillows” described by Ballard and Moore (1977) on the mid-Atlantic ridge, interpreted to be indicative of faster flow rates on the steeper flanks of pillow constructs. The flanks of the mounds had little or no hydrothermal sediment on the lava. In contrast, the tops of the pillow mounds had much broader and flatter pillows and were commonly dusted with low-temperature hydrothermal sediment composed mainly of iron oxy-hydroxide, which locally accumulated into thicker deposits between the lobes (Figures 8c,d). The pillow mounds were topped with small conical constructs that were ∼10 m high and ∼5 m in diameter and formed of radiating pillow tubes (Figures 8d,e), apparently representing late-stage eruption centers. These are similar to the “pillowed cones” described in Ballard and Moore (1977).
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FIGURE 7. Detailed maps showing the track of ROV Deep Discoverer dive EX1605L1-09 (black squiggly line) across northern-most and thickest lava flow. (A) Bathymetric map, mostly ship-based data (40-m resolution) with a small sliver of AUV Sentry data (1-m resolution) at bottom. Arrows with numbers show locations of ROV images in Figure 8. (B) Depth changes between ship-based bathymetric surveys in 2013–2015. (C) Depth profile along ROV dive EX1605L1-09 track line, showing 3 haystack-shaped pillow mounds (ship-based bathymetry). Vertical dashed lines indicate major bends in the dive track.
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FIGURE 8. Images from ROV Deep Discoverer dive EX1605L1-09 on 29–30 April 2016, which crossed the northern-most and thickest of the 2013–2015 lava flows. See Figure 7 for photo locations. Numbers in parentheses are time of photo in GMT and horizontal scale. (a) Pillow lavas with extremely glassy finger-like buds (03:41:31, 2 m). (b) ROV set up to sample a glassy pillow bud (03:49:32, 4 m). (c) Broader lobes on top of one of the pillow mounds with hydrothermal sediment (00:03:48, 5 m). (d) Conical eruptive center at the top of a mound with radiating pillow tubes and hydrothermal sediment (02:43:00, 6 m). (e) View of ROV illuminating a conical eruptive center (02:40:20, 20 m). (f) Nearly vertical cliff with intact and truncated pillows (01:12:11, 10 m). (g) Primary pillow talus at base of cliff (01:06:06, 3 m). (h) Fragmental deposit on top of pillows beyond the talus apron (01:03:14, 2 m).



The north slope of the second, thickest mound was nearly vertical and consisted of a mix of intact and truncated pillows (Figures 7, 8f), with an apron of talus at the bottom consisting of pillow fragments (Figure 8g). The talus was likely primary and formed by auto-brecciation during lava flow emplacement and mound construction, rather than due to later tectonism. Beyond the apron of talus, smaller angular glassy fragments were deposited on top of pillow lavas and extended outward for 50–75 m from the base of the cliff (Figure 8h), a more distal component of auto-brecciation, also formed by pillow fragments tumbling down the cliff. The dive started and ended within the new lavas and no contacts with older lavas were seen.

During the dive we saw one area of noticeable diffuse hydrothermal venting where we measured a temperature of 7.0°C with the ROV’s temperature probe, well above the ambient temperature of 1.65°C (Figure 9a). Vent endemic species were commonly sighted throughout the dive, including polychaetes (Figure 9b), shrimp (Figure 9c), and squat lobsters (Figure 9d). This is additional evidence that the lava flows were still actively cooling in April 2016, and had hosted diffuse hydrothermal venting long enough to be colonized by mobile vent animals, but not by sessile species that take longer to colonize. This is consistent with the lava flows only being months to years old when first discovered. The nearest known hydrothermal site is the Perseverance vent field located ∼5 km to the north on the segment high (Figures 3, 4).
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FIGURE 9. Images of hydrothermal vent animals observed on the new lavas during ROV Deep Discoverer dive EX1605L1-09 on 29–30 April 2016. Numbers in parentheses are time of photo in GMT and horizontal scale. (A) ROV manipulator arm measuring temperature of 7.0°C (ambient = 1.65°C) in an area of very diffuse venting (02:17:21, ∼5 m). (B) One of many polychaetes seen swimming above the bottom (23:03:48, ∼6 cm). (C) Shrimp (00:11:20, ∼3 cm). (D) Squat lobster (00:24:51, ∼5 cm).



Seven months later on 12 December 2016, a second ROV dive was made during expedition FK161129 from R/V Falkor with ROV SuBastian. Dive S45 started 240 m SSE of the end of the previous ROV dive and explored areas further south where high resolution bathymetry had been collected by AUV Sentry a year earlier (Figure 10) and where the MAPR on Sentry detected ΔE anomalies, indicating hydrothermal activity (Figure 4A). The dive started at a depth of 4045 m bsl in young lava with a light dusting of yellow hydrothermal sediment (Figure 11a) at the top of a pillow mound at the SW end of the northern-most area of depth change (Figure 10). The south side of that pillow mound was a nearly vertical cliff, over 110 m high, that was mantled by almost completely intact young pillow lavas (Figure 11b). The pillows on the cliff face were narrow glassy elongated tubes appearing like elephant trunks or the drips of wax on the outside of a candle (Figures 11c,d). It was remarkable how little talus was at the base of the cliff, in strong contrast to the cliff encountered on the previous dive (Figures 8f–h), apparently because these lavas were emplaced at a higher extrusion rate so the pillows remained intact even though the lava was flowing down such a steep slope. Extrusion rate would affect the thickness of lava crusts during pillow emplacement, with more rapidly emplaced pillows more likely to have a thinner plastic crust before solidification, rather than a thicker brittle crust that is more likely to result in auto-brecciation. The location of this cliff on the Sentry bathymetry coincides with a navigation artifact, so on the map it appears even more steep than it actually is (Figure 10). The cliff on the map is between the northern-most two areas of multibeam depth change, but this ROV dive showed that young lavas are continuous and actually connect the two areas (but the lava must be relatively thin there). On Figures 4, 10, the red outlines show our interpreted mapping of the extent of the young lava flows, based on ROV observations and the Sentry high-resolution bathymetry.
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FIGURE 10. Detailed maps showing the track of ROV SuBastian dive S45 (thin black squiggly line), which crossed parts of the northern 2013–2015 lava flows. Thicker black outlines are areas of depth change from ship bathymetry; red outlines are interpreted edge of new lava, based on dive observations and AUV bathymetry. (A) Bathymetric map, mostly AUV Sentry bathymetry (1-m resolution), except at northern and western edges where it is ship bathymetry (40-m resolution). Pink to purple colored lines overlain on dive track show ΔE anomalies from MAPR instrument on ROV (see inset for scale). Labeled times (02:30 and 03:50) show beginning and end of MAPR time-series data in Figure 12. Arrows with numbers show locations of ROV images in Figure 11. The arrow pointing to the location of Figure 11b–d is the location of the nearly vertical cliff mentioned in the text. (B) Depth changes between ship-based bathymetric surveys in 2013–2015 with ROV dive track overlain. (C) Depth profile along ROV dive S45 track line, showing pillow mounds (Sentry bathymetry). Vertical dashed lines indicate major bends in the dive track.
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FIGURE 11. Images from ROV SuBastian dive S45 on 12 December 2016. See Figure 10 for photo locations. Numbers in parentheses are time of photo in GMT and horizontal scale. (a) Young pillow lava at the top of a mound at the beginning of the dive (01:31:24, 4 m). (b) Nearly vertical cliff mantled by intact young pillow lavas (01:47:42, 15 m). (c) Glassy narrow pillow tubes on the cliff face (01:48:26, 12 m). (d) Close up of glassy pillow buds about mid-way down the cliff face (01:57:36, 2 m). (e) Pillow cone atop a low pillow mound dusted with yellow hydrothermal sediment (02:14:58, 8 m). (f) Locally thick accumulation of hydrothermal sediment on a young pillow mound (02:21:05, 10 m). (g) Western contact of the young lavas (glassy in upper left) with surrounding older lavas (with sponge attached at lower right) (04:19:45, 5 m). (h) Surrounding older lavas with anemone attached (04:22:14, 5 m).



South of the cliff, the ROV track crossed over several low pillow mounds, each 20–25 m high and 70–100 m wide. At the top of the first one, we found another steep-sided pillow cone representing a local eruptive center, covered with a fine dusting of hydrothermal sediment (Figure 11e). The high-resolution bathymetry shows that many of the pillow mounds in this area (both young and old) have these pillow cones at the shallowest points (they appear as small dimples on the map). The dive proceeded southward to the top of the highest of the pillow mounds within the second area of multibeam depth change, which is located near the southern edge of the area of depth change, and is topped by a ridge with an E-W orientation (Figure 10). Here the ROV turned and headed west, zigzagging along the crest of the E-W pillow ridge and followed it down to the western contact between young and old lavas (Figures 11g,h). There, the young lavas were again characterized by larger pillows with many glassy pillow buds. The remainder of the dive continued south onto an older pillow ridge that separates the second and third areas of depth change (Figure 10). The older lavas had moderate sediment accumulation and were colonized by sessile animals such as sponges, anemones, and crinoids (Figures 11g,h). The dive covered 1.6 km on the bottom in 3.75 h (twice as far as the ROV D2 dive in less time), but the dive had to be terminated early due to deteriorating weather.

While traversing over the younger lavas during ROV SuBastian dive S45, we saw several areas with thick accumulations of yellow hydrothermal sediment (Figure 11f), but no visible fluid flow (shimmering water). However, we had a MAPR instrument on the ROV and the data show minor temperature and ΔE anomalies in the areas with thick hydrothermal sediment (Figure 12) especially on the E-W pillow ridge near the end of the dive, indicating that hydrothermal fluids must still have been seeping out, but so diffusely that they were not visible. Although the two ROV dives were in different (but adjacent) areas, the observations are consistent with a rapidly waning hydrothermal system as the lava flows were cooling in the aftermath of the eruption. Sentry saw robust ΔE anomalies 70 m above the lava flows in December 2015, then ROV D2 found only one area of visible venting and elevated temperature on the flows in April 2016, and finally ROV SuBastian did not encounter any visible diffuse flow, but still detected barely measurable instrumental anomalies near the seafloor. Likewise, CTD tow T15B-06 and vertical cast V15B-06 in 2015 showed the rise height of ΔE anomalies was > 400 m above bottom (Figure 3), whereas CTD cast V16A-03 in 2016 near the same location had only a weak ΔE anomaly at less than 100 m above bottom. In terms of biological colonization, on ROV SuBastian dive S45 we saw some of the same vent-endemic animals as on the previous ROV D2 dive (polychaetes, shrimp, and squat lobsters), but in much fewer numbers, also consistent with a rapidly waning hydrothermal system. All these observations suggest that the eruption occurred relatively late in the 2013–2015 time window constrained by the multibeam sonar surveys. They also imply that the hydrothermal activity from the lava flows was likely temporary and short-lived, consistent with observations of the hydrothermal response after multiple eruptions at Axial Seamount (Chadwick et al., 2013; Baker et al., 2018).
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FIGURE 12. Time-series data from MAPR instrument on ROV SuBastian dive S45 showing that temperature and ΔE anomalies (black line and pink bars, respectively) are well-correlated, providing evidence of weak hydrothermal activity associated with the new lava flow. The largest anomalies are where the ROV crossed over the thickest parts of the pillow mound within the second area of depth change (see Figure 10). This was the same time interval when thick accumulations of hydrothermal sediments were observed (Figure 11f) along with occasional sightings of vent fauna.





DISCUSSION

This study was a fortuitous outgrowth of a large-scale exploration of the spreading axis of the southern Mariana back-arc for new hydrothermal vent sites between 13 and 18.2°N, an area that had not been systematically surveyed previously. The discovery of the new vent sites (Baker et al., 2017) and characterization of their chemistry and biological communities (Tunnicliffe et al., 2017; Butterfield et al., 2018) will fill a knowledge gap to help interpret the biogeography of the region and the connections between geology, chemistry, and chemosynthetic ecosystems (Chadwick et al., 2018). Understanding such links will have important implications for management plans of the Mariana Trench Marine National Monument.

Judging from the relatively low spreading rate of the central Mariana back-arc segments [∼25–40 mm/yr (Kato et al., 2003)], individual eruptions would be expected to be relatively rare (perhaps only every 100 years or more). On the other hand, Baker et al. (2017) point out that back-arc basins can have both enhanced incidence of hydrothermal venting and an enhanced magma supply where they are close to adjacent magmatic arcs, although this back-arc segment is not particularly close to the Mariana arc. In any case, it was surprising to discover fresh new lava flows on the 15.5°N segment of the Mariana back-arc. There have been relatively few deep-sea (>500 m depth) eruptions documented worldwide (<40), due to the difficulty in detecting them far away from land-based sensor networks (Dziak et al., 2012; Rubin et al., 2012), despite the fact that ∼75% of Earth’s volcanic output is in the oceans (Crisp, 1984). That makes finding and characterizing recent deep-sea eruptions rare, valuable, and informative. The investigation of these historical eruption sites provides information on the frequency of eruptions, their volumes, and their chemical and biological impacts in the deep-sea. They also give us a glimpse of the fundamental process of seafloor spreading and ocean crust formation.

It is known from laboratory analog experiments that pillow lavas form at relatively low extrusion rates whereas sheet flows form at higher extrusion rates (Griffiths and Fink, 1992; Gregg and Fink, 1995). More recent studies have interpreted larger constructional volcanic features in terms of extrusion rate. For example, studies at the hotspot-influenced Axial Seamount on the Juan de Fuca ridge in the NE Pacific have used 1-m resolution AUV bathymetry and ROV observations to document a range of morphologies on lava flows erupted in 1998, 2011, and 2015 (Caress et al., 2012; Chadwick et al., 2013, 2016; Clague et al., 2017). Chadwick et al. (2013) introduced the concept of map-scale lava flow morphology to describe features that are on the scale of hundreds of meters, which are discernable in high-resolution AUV bathymetry. They proposed three types: inflated lobate flows, inflated pillow flows, and pillow mounds, mainly distinguished by the extent of a molten lava core within the interior of each flow type during emplacement. “Pillow mounds” were interpreted to be map-scale constructions without a significant molten core. Clague et al. (2017) modified this terminology and used the terms “channelized flows” and “hummocky flows” instead. The “channelized flows” of Clague et al. (2017) include the “inflated lobate flows” and “inflated pillow flows” of Chadwick et al. (2013), and are interpreted as near-vent and distal facies, respectively, of the same flow type. The “hummocky flows” of Clague et al. (2017) are pillow lavas that form mounds, coalesced mounds, or ridges. The main difference to the “pillow mounds” of Chadwick et al. (2013) is that “hummocky flows” also have small to voluminous molten cores, evident from summit collapses, levee-bounded lava ponds, surface tumuli, and off-fissure hummocky flows fed through tubes.

In this paper, we have used the terms “pillow mounds” and “hummocky flows” interchangeably, and we agree with Clague et al. (2017)’s interpretation that these flow types are commonly emplaced with molten cores in their interiors. However, although the “hummocky flows” erupted at Axial Seamount often show more obvious morphologic evidence of a molten interior, the 2013–2015 flows on the Mariana back-arc do not. While there were clearly multiple eruption centers distributed along their lengths and widths, based on the multiple pillow-cones encountered during the ROV dives and that are evident in the Sentry bathymetry, there are no areas of lava drain-out and collapse or the other features described above. This, and the prevalence of locally steep constructional pillow-lava slopes in some places suggest that the Mariana back-arc hummocky flows were emplaced relatively rapidly, perhaps within a time window of only a few days. This interpretation is based on the observation that the thickest hummocky flows emplaced during the 2015 eruption at Axial Seamount, which had levee-bounded lava ponds at their summits as mapped by Clague et al. (2017), were emplaced over a time period of nearly a month, based on the duration of summit deflation (Nooner and Chadwick, 2016) and the explosion-like sounds recorded by a local network of seismometers and hydrophones (Wilcock et al., 2016; Caplan-Auerbach et al., 2017). The Mariana back-arc flows are more consistent with the observations of “lava domes” or pillow mounds on the axis of the southern East Pacific Rise by White et al. (2000) who interpreted that they formed directly over eruptive fissures over time periods of days. The discontinuous distribution of the hummocky flows along-axis on the Mariana back-arc may be evidence of pre-eruption focusing of magma within a mildly overpressurized feeder dike as it rose to the surface, similar to the discontinuous pillow mounds documented by Yeo et al. (2013) on the Juan de Fuca and Gorda ridges.

This eruption in the central Mariana back-arc produced a series of hummocky pillow lava mounds along the spreading axis that were comparable in size and morphology to other recent eruption sites at back-arc and mid-ocean ridge spreading centers, as well as the older lavas at this site. In fact, despite being the deepest historical eruption documented thus far on Earth (>4000 m bsl), the morphology of the pillow lavas is otherwise indistinguishable from other historical eruption sites, so the greater depth and ambient pressure had no apparent effect on the processes of extrusion, flow, volcanic construction, and solidification. However, it was unusual in that it was one of the first discovered in an active back-arc setting. It was also one of the largest historical seafloor eruptions in terms of volume, 66.3 × 106 m3 based on before-and-after bathymetric surveys, but that may also reflect the small number of documented submarine eruptions to date. Smaller eruptions are probably more frequent, and if so larger less frequent events will only become apparent over time (Perfit and Chadwick, 1998). Perhaps most significantly, this eruption, and the discovery of the Perseverance high-temperature vent field 5 km to the north, indicate that there is probably magma currently stored under the axial high of this segment of the Mariana back-arc, and that other eruptions on this segment may be possible in the not-too-distant future.



CONCLUSIONS

(1) A very recent volcanic eruption was discovered on the central Mariana back-arc spreading center between latitude 15°22.3′ to 15°26.3′N, and between depths of 4050–4450 m bsl. This is the first known historical eruption on the Mariana back-arc, and the deepest one documented anywhere on Earth.

(2) The date of the eruption is constrained between February 2013 and December 2015 by before-and-after bathymetric surveys, and the rapid decline in hydrothermal venting observed in 2015–2016 suggests it occurred only months before its discovery.

(3) The eruption produced a discontinuous chain of hummocky pillow lava mounds along a distance of 7.3 km that are 200–800 m wide and up to 40–138 m thick. The lack of collapse features or evidence of lava drain-out suggests they were emplaced relatively rapidly, perhaps in less than a week.

(4) The volume of lava erupted was at least 66.3 × 106 m3, making this one of the largest historical submarine eruptions documented so far.

(5) The high ambient pressure at >4000 m bsl had no apparent effect on the eruptive processes that controlled the morphology of the lava flows, since they appear similar to those at other shallower eruption sites.

(6) This eruption shows there is magma currently stored beneath the 15.5°N segment of the Mariana back-arc spreading center that is likely providing heat to the newly discovered Perseverance vent field (5 km to the north), and could be mobilized to feed additional eruptions.
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Magmas erupted in deep-water environments (>500 m) are subject to physical constraints very different to those for subaerial eruptions, including hydrostatic pressure, bulk modulus, thermal conductivity, heat capacity and the density of water mass, which are generally orders of magnitude greater than for air. Generally, the exsolved volatile content of the erupting magma will be lower because magmas decompress to hydrostatic pressures orders of magnitude greater than atmospheric pressure. At water depths and pressures greater than those equivalent to the critical points of H2O and CO2, exsolved volatiles are supercritical fluids, not gas, and so have limited ability to expand, let alone explosively. Gas overpressures are lower in deep submarine magmas relative to subaerial counterparts, limiting explosive expansion of gas bubbles to shallower waters. Explosive intensity is further minimized by the higher bulk modulus of water, relative to air. Higher retention of volatiles makes subaqueously erupted magmas less viscous, and more prone to fire fountaining eruption style compared with compositionally equivalent subaerial counterparts. The high heat capacity and thermal conductivity of (ambient) water makes effusively (and/or explosively) erupted magmas more prone to rapid cooling and quench fragmentation, producing non-explosive hyaloclastite breccia. Gaseous subaqueous eruption columns and hot water plumes form above both explosive and non-explosive eruptions, and these can entrain pyroclasts and pumice autoclasts upward. The height of such plumes is limited by the water depth and will show different buoyancy, dynamics, and height and dispersal capacity compared with subaerial eruption columns. Water ingress and condensation erosion of gas bubbles will be major factors in controlling column dynamics. Autoclasts and pyroclasts with an initial bulk density less than water can rise buoyantly, irrespective of plume buoyancy, which they cannot do in the atmosphere. Dispersal and sedimentation of clasts in water is affected by the rate at which buoyant clasts become water-logged and sink, and by wind, waves, and oceanic currents, which can produce very circuitous dispersal patterns in floating pumice rafts. Floating pumice can abrade by frictional interaction with neighbors in a floating raft, and generate in transit, post-eruptive ash fallout unrelated to explosive activity or quench fragmentation.

Keywords: submarine eruptions, hydrostatic pressure, bulk modulus, limited volatile exsolution, supercritical fluid, magma properties, pumice raft dispersal


INTRODUCTION

Understanding the physical processes controlling the dynamics, style and intensity of volcanic eruptions has historically relied upon observations of recent subaerial eruptions (e.g., 1980 Mt St Helens, Lipman and Mullineaux, 1981; 1991 Mt Pinatubo, Newhall and Punongbayan, 1996; 1982 – present Hawai’i, Poland et al., 2014; Soufriere Hills, Montserrat, 1995–2012, Druitt and Kokelaar, 2002) and well-preserved subaerial eruption deposits (e.g., Askja, Carey et al., 2010; Colli Albano, Giordano et al., 2010; Vesuvius, Shea et al., 2011; Santorini, Druitt et al., 1999; Simmons et al., 2016; Tenerife, Marti and Geyer 2009, Edgar et al., 2017). However, volcanism on Earth principally occurs in the submarine realm (at mid-ocean ridge systems, intraplate hotspots/seamounts, oceanic plateaus, oceanic volcanic arcs), under eruptive conditions distinct from atmospheric or subaerial vent settings (McBirney, 1963; Cas, 1992; Head and Wilson, 2003; White et al., 2003, 2015a,b; Wohletz et al., 2013; Cas and Giordano, 2014; Carey et al., 2018; Manga et al., 2018). The heat capacity, thermal conductivity, density, viscosity, pressure gradient and bulk modulus of (sea)water, in particular, are each generally orders of magnitude larger than the properties of the atmosphere at subaerial vents (Table 1), which will greatly affect eruption processes. Studies of uplifted subaqueous volcanic deposits preserved in the geological rock record (e.g., Cas, 1978, 1992; Dimroth et al., 1978; de Rosen-Spence et al., 1980; Furnes et al., 1980; Busby-Spera, 1984, 1986; Cas and Wright, 1987; Allen, 1992; Mueller and White, 1992; McPhie et al., 1993; Kano et al., 1996; Scutter et al., 1998; Hunns and McPhie, 1999; Gifkins et al., 2002; Cas et al., 2003; Fujibayashi and Sakai, 2003; Goto and Tsuchiya, 2004; Cas and Giordano, 2014; Soriano et al., 2016; and many others) and relatively recent observations of modern sea floor volcanism and deposits (e.g., Moore, 1975; Batiza et al., 1984; Fornari, 1986; Cashman and Fiske, 1991; Fiske et al., 1995, 1998; Batiza and White, 2000; Wright et al., 2006; Deardorff et al., 2011; Resing et al., 2011; Clague et al., 2013; Embley et al., 2014; Chadwick et al., 2016; Carey et al., 2018; Embley and Rubin, 2018; Manga et al., 2018; and many others) have provided important insights into the processes governing submarine volcanism and the deposit characteristics.

TABLE 1. Advantages and limitations of studies of ancient submarine successions and modern seafloor settings.

[image: image]

Although study of both modern and ancient submarine volcanic settings and successions have benefits, they also have limitations as to how much information can be accessed, documented and interpreted (Table 1). In ancient deep-water volcanic successions, the major limitation is the lack of understanding of the actual water depth at the time and place of eruption and deposition. As we will see, water depth determines the ambient hydrostatic pressure, and as a result magma properties, eruption style and the deposit characteristics. In modern submarine settings, even if the water depth and hydrostatic pressure are known, unless the physics of the processes at those water depths are carefully evaluated and understood, mistakes in interpreting the eruption processes and origins of deposits are commonly made, including erroneous assignation of some subaerial eruption styles to deep water settings.

In this review, we will outline the physical properties and effects of an ambient water mass on magma properties and eruption dynamics in deep-water environments (>500 m), discuss the deposits or products of subaqueous eruptions from observations in modern and ancient deep-water seafloor settings, and highlight the differences between subaqueous and subaerial eruptions. There are few papers which have attempted this to date (e.g., McBirney, 1963; Cas and Wright, 1987; Head and Wilson, 2003; White et al., 2003; Cas and Giordano, 2014). This current paper represents a significant and comprehensive update.



EFFECTS OF HYDROSTATIC PRESSURE ON SUBMARINE ERUPTIONS AND MAGMA PROPERTIES

Magmas erupting from vents in subaerial settings decompress to atmospheric pressures of approximately 0.1 MPa (1 bar, at sea level). This contrasts to magmas erupting on the sea floor, which decompress to the hydrostatic pressure corresponding to the water depth of the seafloor at the location of the vent. Hydrostatic pressure, PHYD, is calculated as follows:

[image: image]

where g is gravitational acceleration (9.8 m s−2), ρ is the density of water (1000 kg m−3 for fresh water and 1020–1030 kg m−3 for sea water), and d is the depth or thickness of the overlying water column (in meters; Figure 1 and Table 2). Hydrostatic pressure thus increases at a rate of ∼9.8 MPa km−1 of water depth, which is ∼10,000× greater than the atmospheric pressure gradient of about -0.009 MPa km−1 with altitude (Table 2). At a water depth of 100 m, the hydrostatic pressure is 1 MPa (10× atmospheric pressure, AP), at 500 m, 5 MPa (50× AP), at 1000 m, 10 MPa (100× AP), at 1500 m, 15 MPa (150× AP), at 2000 m, 20 MPa (200× AP; Figure 1), and so on. The increasing pressure with increasing water depth has the effect of modifying the physical properties of the erupting magmas, particularly the timing of volatile saturation and exsolution, the state of exsolved volatiles, and magma viscosity (McBirney, 1963; Wallace and Anderson, 2000; Wallace et al., 2015).
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FIGURE 1. Pressure gradients for water (hydrostatic), magma (magmastatic), various crust types, and the mantle (lithostatic).



TABLE 2. Physical properties of water and air (from Cas et al., in press).
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Effects of Hydrostatic Pressure on Volatile Saturation and Exsolution in Magmas

The saturation pressure of volatile species in magmas, particularly H2O and CO2, is strongly dependent on the initial volatile content, magma composition and properties, and the confining pressure (Figure 2; Wallace et al., 2015). If the volatile content is sufficiently high, volatiles can exsolve from a melt at any pressure/depth in the crust (Figure 2; Wallace et al., 2015). When the confining pressure, whether it be hydrostatic, magmastatic or lithostatic, or a combination of these, exceeds the volatile saturation pressure, which is volatile content dependent, volatile exsolution is prevented. For example, a rhyolitic magma containing 4 wt. % H2O and a basaltic magma containing 3 wt. % H2O rising through continental crust in subaerial settings are saturated at confining pressures of ∼100 MPa. Assuming a typical continental lithostatic pressure gradient of 24.5–25 MPa km−1 (Figure 2, Wallace et al., 2015), this is equivalent to 4 km depth in continental crust (Figures 1, 2). In submerged crust, the confining pressures will be the sum of lithostatic pressure and the hydrostatic pressure of the water column at the eruption water depth (add ∼9.8 MPa per kilometer of water depth), and the depth in the crust below the seafloor at which volatile exsolution occurs will be:
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FIGURE 2. Volatile saturation curves for (A) H2O and (B) CO2 in basalt and rhyolite magmas as a function of confining pressure and equivalent depth in the crust. Also shown are hydrostatic pressure lines corresponding with particular water depths. Exsolution of volatiles would be short-circuited if eruption occurred at those water depths, indicating that less of the volatile fraction would exsolve in subaqueously erupting magmas compared with equivalent magmas erupting and decompressing to atmospheric pressures of 0.1 MPa. (Volatile and pressure data from Wallace et al., 2015, Figures 7.1, 7.2, respectively, other parameters are ours).
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where DCR is the depth in the crust at which exsolution occurs in meters, Psat is the volatile saturation pressure (MPa), PHYD (MPa) is the hydrostatic pressure at the depth of the vent in the water body, and Lgr is the lithostatic pressure gradient (MPa km−1) for submerged continental, arc, or oceanic crust. For example, at a water depth of 1 km, rhyolite magma with 4 wt. % dissolved H2O, or a basalt magma with 3 wt. % dissolved H2O, becomes water saturated at crustal pressures of 90.2 MPa (=100 MPa–9.8 MPa), equivalent to a submarine crustal depth of ∼3.6 km. At 2 km water depth, with a hydrostatic pressure of 19.6 MPa, the lithostatic pressure component is 80.4 MPa, equivalent to a volatile saturation depth in the crust of ∼3.2 km, and at 3 km water depth the volatile saturation pressure equivalent depth in the crust is ∼2.8 km.

Equally importantly, the exsolution of volatiles will cease earlier in submarine settings compared to their subaerial counterpart because the erupting magma decompresses to higher ambient eruption pressures with increasing vent water depths. Consequently, less of the dissolved volatile component will exsolve, meaning a smaller fraction of volatiles is potentially available to drive explosive eruptions in submarine settings. This principle also applies to sub-glacial settings and other planetary bodies with dense atmospheres. For example, on Venus, the atmospheric pressure is 9.2 MPa (Taylor, 2010; Airey et al., 2015), which is equivalent to a depth of ∼1 km in the Earth’s oceans.

Geochemical compositional data and pre-eruptive volatile content can be used to determine degrees of exsolution and residual H2O volatile content in magmas rising and decompressing in a conduit at various pressures, using the modeling software CONFORT 15 (Campagnola et al., 2016; Figure 3). Using data from Carey et al. (2018) and Manga et al. (2018) for rhyolite samples erupted at water depths of 900 m at the wholly submarine Havre volcano in the Kermadec arc, Southwest Pacific in 2012 (9 MPa confining hydrostatic pressure; pre-eruptive water content of 5.8 wt%; eruption temperature of ∼850°C), we calculate that the residual water content after exsolution at 900 m water depth, and assuming ascent through a 20 m diameter cylindrical conduit, is about one quarter the original magmatic water content (Figure 3B).
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FIGURE 3. (A) Modeled variation in residual dissolved magma H2O content in a crystal-poor, rhyolitic magma during magma decompression and ascent in a 20 m diameter cylindrical conduit, based on compositional data from Carey et al. (2018) and Manga et al. (2018) for samples from the 2012 submarine eruption of Havre volcano, Kermadec arc, southwest Pacific, using CONFORT 15 modeling program of Campagnola et al. (2016). (B) Enlargement of the field shown in the box in (A). The solid and dotted blue lines show the residual magmatic water content left after the magma had vesiculated to ∼75 vol% for varying volatile contents. The solid blue line represents the initial 2012 Havre magma H2O content of 5.8 wt% (Manga et al., 2018). Red lines show the calculated depths and residual water contents coinciding with the conditions for the strain rate criterion that would cause explosive fragmentation. In each modeled simulation, a fraction of the available initial volatile content remains dissolved in the magma (top axis) at the point of fragmentation and the depth of fragmentation increases as a function of increasing initial volatile content. Note, strain rate driven fragmentation only occurs at depths of <500 m, even if the initial magmatic water content was 8 wt. %.



Confining (Hydrostatic) Pressure and the Physical State and Specific Volume of Exsolved Magmatic Volatiles, and Effects on Eruption Styles

Even high levels of vesiculation in erupting subaqueous magmas do not ensure an explosive eruption because the physical state (vapor/gas versus supercritical fluid versus liquid) and the specific volume of exsolved volatiles in magma in conduits or lavas, and of volatile bubbles released into water masses is directly related to the confining pressure (McBirney, 1963; Wallace and Anderson, 2000; Cas and Giordano, 2014; Wallace et al., 2015). The transition between liquid and vapor states occurs at the critical point pressure and temperature of a particular volatile species. At and above the critical point, the fluid is supercritical, which is almost incompressible, and the liquid and vapor states are indistinguishable. The critical point pressure and temperature for fresh H2O (magmatic volatiles) are ∼22 MPa and 374°C, respectively, and for CO2 they are ∼7.8 MPa and 31°C, respectively.

For magma in a closed conduit in continental or arc crust under lithostatic pressure, exsolved magmatic H2O bubbles are supercritical at depths >900 m (i.e., the lithostatic pressure is 22 MPa at ∼900 m in the crust). In oceanic crust, the equivalent supercritical pressure depth is ∼750 m, due to the higher lithostatic pressure. In comparison, the supercritical depth of exsolved magmatic H2O in an open column of silicic and basaltic magma in continental crust is ∼980 m and in oceanic crust, ∼830 m. In an open body of water, the water depth that coincides with the supercritical pressure for exsolving magmatic H2O (fresh) is 2200 m, meaning that H2O exsolving in an erupting magma, or released from a vent as fluid bubbles at those depths, is a supercritical fluid. The equivalent critical pressure depth for CO2 is ∼800 m.

Supercritical fluids are dense (∼322 kg m−3; Pioro and Mokry, 2011), almost incompressible, and volumetrically limited compared with their gaseous form, and therefore cannot expand explosively (Figure 4; McBirney, 1963). If magma rises to confining pressures less than the critical pressure, the supercritical fluid transforms through boiling to dense steam (∼10 kg m−3), leading to a slight increase in specific volume, which then increases exponentially at lower pressures as dense steam transforms into low density steam or gas (∼1 kg m−3; Figure 4). At P < 10 MPa (equivalent to 1 km water depth), the rate of change in specific volume and abundance of exsolved water bubbles in magma increases dramatically, which reduces the bulk density, but dramatically increases the bulk vesiculated volume, buoyancy and ascent rates of the magma in the crust. The vesiculated magma then has the potential to fragment explosively (Figure 4; McBirney, 1963).
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FIGURE 4. Specific volume of water as a function of pressure and magma temperature. At pressures >22 MPa (the critical point for water), exsolved water in high temperature magmas exists as a dense supercritical fluid. Exsolved water transitions from a supercritical fluid to a vapor or steam as the pressure decreases below the critical point. The change in physical state and decreasing confining pressure leads to an associated increase in the rate of specific volume growth, which further accelerates with decreasing pressure. (Modified from McBirney, 1963, Figure 2, by annotating fields and labels; permission granted by Springer Nature License 4375341235103).



Volatile bubbles grow in magma if the exsolved gas bubble (over)pressure, ΔP, exceeds the sum of the yield strength of the magma, ys (which for most magmas is several pascals to kilopascals), and the ambient pressure, P (atmospheric, hydrostatic, glaciostatic, lithostatic):
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Where the yield strength is given by:
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where σ is the total shear stress applied, η is the viscosity, γ is the strain rate, and n is a constant that is <1 for pseudo-plastic behavior and = 1 for Bingham behavior.

However, vesiculation alone does not ensure that explosive fragmentation, involving brittle bubble wall rupturing, will occur. This can only occur if the gas overpressure, ΔP, exceeds the tensile strength, τ, of the magma (<5–6 MPa) and the ambient pressure:
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Papale (1999) recognized that magmas can also fragment during explosive eruptions if the buoyancy driven strain rate that a vesiculating magma is subject to in the conduit exceeds a critical level whereby brittle failure occurs. This criterion for fragmentation in terms of strain rate, γ, and viscosity, η, is based on Maxwell’s Law, as follows (Papale, 1999):
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where k is a constant, G is the magma elastic or shear modulus, and η is the viscosity.

This process requires very rapid growth rates of steam-filled bubbles and high magma decompression rates (Cashman et al., 2000; Spieler et al., 2004; Cashman and Scheu, 2015; Gonnermann, 2015), which readily occurs in subaerial settings, even if the volatile content is only moderately high (Shea et al., 2011; Simmons et al., 2017a,b).

In subaqueous settings, as water depth and hydrostatic pressure increase, it becomes increasingly difficult for the gas over-pressure (= gas bubble pressure – ambient pressure) to exceed the tensile strength of magma (Eq. 5), which is ∼5–6 MPa. At water depths of 500 m the ambient pressure is 5 MPa, so the gas pressure in vesicles in an erupting magma would have to be >10 MPa, unless gas bubble content released into the water column above the vent is high enough (∼50–100%, depending on the magma volatile content and vesicle gas pressure) to significantly lower the density and ambient pressure of the water column, so reducing the minimum gas over-pressure required to initiate an explosive eruption (cf. Mitchell et al., 2018). At 1 and 2 km water depth, the hydrostatic pressures are ∼10 and 20 MPa, and the gas pressure in bubbles would have to be >15 MPa and >25 MPa, respectively, in order to initiate an explosive eruption. However, 25 MPa is well above the critical pressure of water, and consequently the exsolved magmatic water in the magma would be supercritical, or pseudo-critical fluid with an extremely low expansivity factor (<<<0.1; Pioro and Mokry, 2011).

To put this into context, Thomas et al. (1994) calculated that the gas pressures during the highly explosive, subaerial, caldera-forming 3.6 ka Minoan eruption on Santorini was 18 MPa, during the 232 AD Taupo eruption (New Zealand) it was 20 MPa, and during the 780 ka Bishop Tuff eruption from Long Valley caldera, California, it was 27 MPa. If these eruptions were to occur in submarine environments, they would be ineffectual at water depths of 1300, 1500, and 2200 m water depths, respectively, but probably at even shallower water depths, given the effects of hydrostatic pressures on the specific volumes and expansion rates in gas bubbles.

Manga et al. (2018) determined that the strain rate in vesiculated rhyolite magma rising in the conduit toward a vent at water depth of 900 m during the 2012 submarine Havre volcano eruption was orders of magnitude below the strain rate threshold criterion for explosive fragmentation of magma determined by Papale (1999). Our calculations using CONFORT 15 (Campagnola et al., 2016), using whole-rock compositions and pre-eruption melt inclusion data for erupted 2012 Havre pumice from Carey et al. (2018) and Manga et al. (2018), demonstrate that explosive strain driven fragmentation would only be possible at water depths <500 m (Figure 3B). Even if the Havre magma had 8 wt% H2O, it would not erupt explosively at depths >500 m using the strain-rate driven fragmentation criterion (Figure 3B).

In some cases, weak explosive eruptions may occur at water depths from 1500 to 500 m, while more intense explosive eruptions can occur at depths <500 m (Cas, 1992; Fiske et al., 1998; White et al., 2015b), but only if the volatile content, strain rate affecting magma in the conduit and gas over-pressures are high enough. Otherwise, coherent lavas, including highly vesicular pumice lavas, can form, as occurred during the 2012 submarine Havre eruption (Carey et al., 2018; Ikegami et al., 2018; Manga et al., 2018). Our calculations for deep-water pumiceous submarine rhyolite from Sumisu volcano, Izu-Bonin arc (Allen et al., 2010), are very similar. In both the Havre and Sumisu eruptions (as well as other cases), abundant pumice was produced, but NOT by explosive mechanisms.

Non-explosive Growth of Vesicles Producing Coherent Subaqueous Pumice Lavas

In subaerial, low atmospheric pressure settings, there are many lavas that are erupted with highly pumiceous, coherent or autobrecciated carapaces (Figure 5a; 50–80% vesicles; e.g., Fink and Manley, 1987; Fink et al., 1992). This indicates that volatile content and gas over-pressure were greater than the yield strength of the magma so allowing bubble growth under low strain conditions, but less than the tensile strength of the magma in the bubble walls (i.e., ys < ΔP < τ), so preventing brittle explosive fragmentation.
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FIGURE 5. Coherent and autoclastic pumice carapaces on felsic lavas. (a) Subaerial rhyolitic Rocche Rosse lava, Lipari Island, Italy, showing an in situ, flow-banded, highly vesicular, coherent pumice domain. (b) Highly vesicular, coherent rhyolitic pumice surface of submarine lava dome at water depth of 1210 m, from Sumisu submarine volcano, Izu-Bonin arc, Japan, showing a rough columnar jointing on curvi-planar surface on right side. Field of view: 5 m wide. (c) polygonal giant pumice blocks, Sumisu volcano, 960 m water depth. The large block is 3 m in diameter and the left hand planar surface shows small scale polygonal, cooling jointing. (d) 5–30 cm diameter pumice blocks, some with planar surfaces and polygonal form, Sumisu volcano, water depth of 430 m. [(b–d) are from Allen et al. (2010), parts a, c, e, of Figure 2, reproduced with permission of the senior author S. Allen, and under “fair use” provisions of the Geological Society of America: https://www.geosociety.org/GSA/Publications/InfoServices/Copyright/GSA/Pubs/guide/copyright.aspx].



Since subaqueously erupting magmas decompress to much higher ambient pressures, particularly in deep water, compared with subaerial eruptions, this will significantly lower volatile exsolution and vesicle growth rates (Figure 2), and the level of gas over-pressure with increasing water depths. In magmas erupted at water depths (or under thick ice) and pressures where the rate of decompression, and the level of gas over-pressure are too low to drive explosive fragmentation, highly vesicular lavas, even with rhyolite compositions (Figures 5b–d; de Rosen-Spence et al., 1980; Furnes et al., 1980; Cas and Wright, 1987; Cas, 1992; McPhie et al., 1993; Scutter et al., 1998; Binns, 2003; Kano, 2003; Allen et al., 2010; Rotella et al., 2015; Carey et al., 2018; Ikegami et al., 2018; Manga et al., 2018), can form because gas bubbles will grow more slowly than under atmospheric conditions. The pre-historic rhyolite lava dome-forming eruption of Sumisu volcano at water depths from 430 to 1210 m (Allen et al., 2010), in which the magmatic H2O content was ∼5.5 wt%, produced highly vesicular, coherent pumice lava dome carapaces (Figures 5b–d). Similarly, the 2012 submarine Havre volcano eruption, at a water depth of ∼900 m, involving rhyolite magma with pre-eruption magmatic H2O content of 5.8 wt% was effusive, and produced lava domes with highly vesicular pumice carapaces (70% vesicles; Carey et al., 2018; Ikegami et al., 2018; Manga et al., 2018). Subaerially, such lavas would almost certainly have erupted explosively because gas over-pressures would have been much higher. The presence of highly vesicular deep-water basalt lava (56% vesicles; Dixon et al., 1997; 44% vesicles; Fujibayashi and Sakai, 2003) indicates that the same constraints affect lower viscosity magmas as well. Empirical observations that there is a decrease in pyroclastic deposits with increasing ocean depths (e.g., Gregg and Fink, 1995; Grosfils et al., 2000; Wright et al., 2006) also provide support for this theory.



IMPLOSIONS: INCREASINGLY LIKELY IN DEEP-WATER

So far, this review has focused on scenarios involving gas over-pressures relative to hydrostatic pressures in subaqueous settings. However, at increasing water depths and hydrostatic pressure there is an increasing probability that significant under-pressures can occur in some cavities in erupted volcanic deposits and even in erupting gas bubbles released into the water column as they cool and condense. At high enough under-pressures, catastrophic cavitation or implosions will occur. In implosions, debris is concentrated by collapse rather than being energetically dispersed far from source, as occurs during explosions. As subaqueous lavas cool, gas in cavities may escape, cool and condense, creating a low-pressure cavity, or lava may drain from an internal lava tube creating a cavity that is under-pressured. If the hydrostatic pressure exceeds the pressure in the cavity and the strength of the chilled glassy surface lava crust (∼7 MPa, but less if that crust has micro-fracture flaws, which is likely during chilling and contraction of glass), the cavity will collapse or cavitate energetically and implosively. Moore (1975) documented this during an eruption of Kilauea volcano, Hawai’i, when lava entered the sea and formed pillow lava tubes off-shore. As lava drained from some pillow tubes, gasses cooled leading to implosive cavitation of evacuated pillow tubes. The glassy lava crust of subaqueous lavas will be weakened by in situ, contractional cooling cracks at all scales. Visible and cryptic networks of cracks result in loss of tensile strength, which facilitates cavitation collapse of the crusts of drained lava tubes and pillows subject to high hydrostatic pressure. If water permeates into the cavities before cavitation occurs, the hydrostatic pressure in the cavity will balance that outside, and no collapse will occur.

Gas bubbles in a liquid can also cavitate implosively (Rayleigh, 1917; Fujikawa and Akamatsu, 1980; Brennen, 1995). This also requires an under-pressure differential between the gas bubbles and the external fluid. Spherical bubbles are the most difficult to cavitate because of the effects of surface tension forces (Brennen, 1995). If gas filled bubbles are compressed, this normally leads to significant pressure and temperature increase (Brennen, 1995). However, cooling and condensation can reduce both (Fujikawa and Akamatsu, 1980), and if bubbles are deformed by asymmetric pressure gradients or by stretching, they are more prone to collapse (Brennen, 1995). Gas bubbles in vesiculating magmas erupting on the seafloor, and superheated bubbles of gas or ambient water being released from deep subaqueous vents into the overlying water mass, will be subject to rapid cooling, leading to condensation of gas in the bubbles, rapid decrease in internal bubble pressure, facilitating collapse or implosions. Some acoustic pulses detected during modern submarine eruptions and described as explosions, could in fact be largely implosions (e.g., some gas release events from the 2009 West Mata submarine eruption, Lau Basin at 1200 m water depth; Resing et al., 2011; lava tube collapse during the 2015 eruption at Axial Seamount volcano, East Pacific Rise at water depths >1500 m; Chadwick et al., 2016).

Although implosions trigger an immediate shock or pressure wave and acoustic signals, and the implosion motion is inwards, there can then be a rebound against solid surfaces leading to limited ejection of solids and disintegrating bubbles away from the implosion source, mimicking explosions.



EFFECTS OF (HYDROSTATIC) PRESSURE ON MAGMA VISCOSITY

The viscosity of a magma is a function of pressure, temperature and composition, including dissolved magmatic water content and crystallinity (Scarfe et al., 1987; Spera, 2000; Giordano et al., 2008; Wohletz et al., 2013; Lesher and Spera, 2015; Persikov et al., 2017). Increasing water depths and corresponding increases in confining (hydrostatic) pressures, in particular, reduce magma viscosity by reducing polymerization (Scarfe et al., 1987) and suppressing volatile exsolution, ensuring a larger fraction of the volatile budget remains dissolved in the melt (Figure 2; Lesher and Spera, 2015). Magmas erupting on the seafloor at high hydrostatic pressure are therefore likely to be initially less viscous and more fluidal than their subaerial counterparts. This has several important consequences:

• First, magmas will be prone to erupt through fire fountaining on the sea-floor if magma ascent rates are high. Exsolved volatiles at high hydrostatic pressures, whether they are supercritical fluids (density ∼322 kg m−3; Pioro and Mokry, 2011) or dense steam (density ∼ 10 kg m−3), will lower bulk magma density, and enhance buoyancy and rise rate. Even silicic magmas may erupt through submarine fire fountaining if the magma viscosity is low and discharge rate is high (e.g., Mueller and White, 1992).

• Secondly, if magma viscosity is lower, even silicic magmas can produce unusually far flowing submarine lavas in deep water (e.g., Early Devonian Merrions dacitic lavas, >60 km flow distance; Cas, 1978; Lau Basin dacitic lavas, >10 km flow distance at 2500 m water depth; Embley and Rubin, 2018).

• Third, because viscosity is inversely proportional to strain rate (Eq. 6), vesicles in magma erupting on the deep-sea floor will grow more easily than subaerial counterparts because magma viscosity is lower. However, lower viscosities require higher strain rates (Eq. 6) to meet the strain rate induced brittle explosive fragmentation criterion of Papale (1999), Campagnola et al. (2016), and because gas bubble overpressures are lower than in subaerial counterparts, they are less likely to disrupt explosively, again reinforcing the likelihood of finding more coherent, highly vesicular lavas on the deep-sea floor than in subaerial settings.

However, counteracting the effects of pressure in lowering magma viscosity in deep-water are the effects of increased cooling rates of the surfaces of submarine lavas that cause rapid formation of a solid strong crust (Griffiths and Fink, 1992; Gregg and Fink, 1995). Strong, thick crusts may confine the liquid magma, enhance lava flow inflation and limit flow mobility. This effect is likely to be more significant at low effusion rates than at high effusion rates because a larger proportion of the lava can solidify quickly (Griffiths and Fink, 1992; Gregg and Fink, 1995). In addition, quench crystallization of microlites as a result of rapid cooling of flow margins could enhance bulk viscosity of some erupted lavas and affect their flow behavior (e.g., Saar et al., 2001). Unfortunately, the effects of a cooling confining crust, pressure and crystal content cannot be modeled in an integrated way at present using viscosity modeling packages such as those of Giordano et al. (2008), which is based on chemical composition, temperature, volatile content at atmospheric pressure and a crystal free basis.

In addition, slope upon which lavas are erupted and flow can significantly affect the flow behavior and morphology of lavas (Ikegami et al., 2018).



BULK MODULUS OF WATER: AN OVERLOOKED CONSTRAINT ON EXPLOSIVITY AND ERUPTION INTENSITY

The intensity of an explosive eruption, or the extent to which it affects its surroundings, can be measured by the bulk modulus of the surrounding material (i.e., its resistance to compressibility, or the rate of change of volume decreases as pressure is changed).

The Bulk Modulus can be calculated as
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where K = Bulk Modulus of Elasticity (Pa, N/m2), dP = differential change in pressure on the object (Pa, N/m2), dV = differential change in volume of the object (m3), V0 = initial volume of the object (m3), P0 = initial pressure (Pa, N/m2), P1 = final pressure (Pa, N/m2), and V1 = final volume (m3)1.

Alternatively, Bulk Modulus can be expressed as:
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where dρ = differential change in density of the object (kg m−3), ρ0 = initial density of the object (kg m−3), and ρ1 = final density of the object (kg m−3).

The adiabatic bulk modulus of air/atmosphere is 0.142 MPa, meaning it is extremely deformable or compressible (Table 2). Explosive eruptions in subaerial environments are therefore often intense and far-reaching. In contrast, the bulk modulus of water is 2340 MPa, four orders of magnitude less compressible or deformable than air (Table 2; but >10× times smaller than the Young’s modulus of rock, 20000–70000 MPa; Karagianni et al., 2010). The intensity of explosive eruptions will therefore be greatly suppressed in submarine settings relative to their subaerial counterparts, and explosive shock waves produced during the eruption will be greatly attenuated close to source (Resnyansky and Delaney, 2006). Likewise, the attenuation effects of solid rock during subterranean explosions will result in only a very limited cone of deformation. The relationships summarized indicate that with increasing pressure, the Bulk Modulus rises and a material becomes less compressible. So, with increasing water depth, water becomes less compressible, less deformable, and will suppress explosive pressure or intensity more than at shallow water depths.



HEAT CAPACITY AND THERMAL CONDUCTIVITY OF WATER: QUENCH FRAGMENTATION AND BRECCIA FORMATION, THERMO-HYDRAULIC EXPLOSIONS, AND SUBAQUEOUS ERUPTION COLUMN DYNAMICS

Film Boiling and Its Role in Subaqueous Quench Fragmentation, Coherent Lava Formation and Thermo-Hydraulic (Phreatomagmatic, Phreatic) Explosions

Water at the interface between erupting magma and an ambient body of water can be superheated, in a process called film boiling, as a result of the extreme temperature difference between hot magma (800–1200°C) and cold water (<20°C; Figure 6a; Mills, 1984). High temperature contrasts and low ambient or hydrostatic pressures favor stable film boiling at the magma-water interface (Zimanowski and Büttner, 2003; Wohletz et al., 2013; Zimanowski et al., 2015). Diffusion of heat across the vapor film, which may be only mm to cm thick, is slow, so insulating the erupted magma and allowing viscous elastic crusts and coherent lavas to develop and propagate (Leidenfrost phenomenon). If the vapor film collapses, due to fluid instabilities related to decreasing magma temperatures, increasing confining pressures and shear between lavas and the water mass (Wohletz, 1986), direct magma-water interaction will occur leading to chilling of the magma to glass. Cooling contraction fractures will propagate instantaneously, and quench fragmentation and breccias will result (Figure 6b; van Otterloo et al., 2015). Film boiling can even occur at pressures and depths greater than the critical point of water (<22 MPa for fresh water and <30 MPa for sea water – 3 km deep at ∼407°C with 3.2 wt. % NaCl; Bischoff and Rosenbauer, 1988; Wohletz, 2003; Wohletz et al., 2013; Zimanowski et al., 2015).


[image: image]

FIGURE 6. Film boiling at the interface between hot magma and a body of water. (a) Stable film boiling at the interface, leading to controlled heat lost across the vapor film and formation of a visco-elastic and progressively a coherent crust to the lava flow. (b) Vapor film collapse, leading to in situ rapid cooling of the magma at the interface through the glass transition, and rapid cooling contraction fracturing of the glass into an in situ, jigsaw-fit breccia.



At low confining pressures and water depths (<10 MPa, 1000 m, and generally much less), the sudden collapse of the vapor film can lead to thermal detonation of liquid water as it hits the magma surface, resulting from instantaneous superheating and explosive boiling of the liquid water at the interface, leading to phreatomagmatic and/or explosive activity. Although phreatomagmatic activity could occur in water depths up to 1000 m, it generally only occurs in water depths up to a few hundred meters, because it requires a low density and pressure vapor film to be able to collapse instantaneously (Zimanowski and Büttner, 2003; Wohletz et al., 2013). Alternatively, vapor film collapse could lead to quench fragmentation.

Quench Fragmentation and Hyaloclastite Breccia Formation

The heat capacity of water is 4× greater than air, and its thermal conductivity 25× higher (Table 2). Magmas erupting in deep-sea settings or lavas flowing into the sea, lakes or rivers are therefore prone to extremely high rates of cooling relative to subaerially erupted magmas or lavas because water acts as a heat sink. When in direct contact with cold liquid water, magmas or lavas instantaneously chill through the glass transition, causing thermal tensile stress, contraction and cracking of the glass, in a process called quench fragmentation or thermal granulation (Figure 6b; Kokelaar, 1986; Wohletz, 1986; Cas and Wright, 1987; Cas, 1992; van Otterloo et al., 2015; Cas et al., in press). Quench fragmentation is also a brittle fracturing process and should emit strong acoustic signals under water. Some acoustic signals associated with modern deep-water eruptions and interpreted as due to explosions (e.g., 2015 Axial Seamount lava forming eruption, Chadwick et al., 2016) could in fact result from tensile brittle fracturing of the glassy crusts of lavas during quench fragmentation.

Quench fragmentation produces in situ breccias, commonly with angular blocks to ash size fragments of glassy debris called hyaloclastite (Pichler, 2011; de Rosen-Spence et al., 1980; Furnes et al., 1980; Cas and Wright, 1987; Cas, 1992; Cas and Giordano, 2014; van Otterloo et al., 2015; Figure 7). Hyaloclastite deposits preserve gradations from coherent lava in the core to in situ jigsaw-fit breccias to clast-rotated aggregates at the margins of a subaqueous lava (Figures 7a–d; Furnes et al., 1980; Cas and Wright, 1987; Cas, 1992; Batiza and White, 2000; White et al., 2000; Goto and Tsuchiya, 2004; Maeno and Taniguchi, 2006; Cas and Giordano, 2014; van Otterloo et al., 2015; White et al., 2015a; Soriano et al., 2016). When lavas or syn-depositional intrusions are in contact with water-saturated, unconsolidated sediments, they can also be quench fragmented, and the heated pore water in the sediments can convect vigorously and boil, leading to dynamic mixing of hyaloclasts and sediment, producing a chaotic volcanic clast-sediment breccia deposit called peperite (Figure 7e), which also grades back into jigsaw-fit breccia and coherent lava or intrusive rock in the core (Busby-Spera and White, 1987; Cas and Wright, 1987; Cas, 1992; Hunns and McPhie, 1999; Batiza and White, 2000; White et al., 2000; Gifkins et al., 2002; Skilling et al., 2002; Goto and Tsuchiya, 2004; Maeno and Taniguchi, 2006; Cas and Giordano, 2014; van Otterloo et al., 2015; White et al., 2015a; Soriano et al., 2016).
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FIGURE 7. Prehistoric subaqueous lavas and hyaloclastite. (a) Quench fragmented submarine Miocene dacite lava dome with in situ hyaloclastite breccia, Kariba, Hokkaido, Japan. Note the transition from the coherent to in situ, jigsaw-fit brecciated, flow-banded core, to progressively more intensively fragmented, finer breccia outwards. (b) Coherent to in situ fractured, Eocene-Oligocene, basaltic pillow lava with black, chilled, polygonally quench fractured glassy margins, and an internal fracture network, separated by bioclastic limestone (pale color), Boatmans Harbour, Oamaru, New Zealand. (c) In situ to clast-rotated pumice hyaloclastite breccia, Cala di Feola, Ponza, Italy. (d) Clast-rotated, probably resedimented, basaltic hyaloclastite breccia resulting from pervasive quench fragmentation of fluidal Eocene-Oligocene pillow lavas, Oamaru, New Zealand. (e) Rhyolite clast (pale) peperite breccia with black mudstone matrix, Late Devonian Boyd Volcanic Complex, Mimosa Rocks National Park, New South Wales, Australia. (f) Fractured and broken, poorly vesicular, submarine fire fountain spatter clast, in a matrix of blocky, coarse ash size, glassy fragments, fragmented by quench fragmentation in the submarine fire fountain, Miocene, Ryugazaki, Oshoro Peninsula, Hokkaido, Japan. (From Cas et al., 2003, Figure 8, reproduced under rights granted to authors by American Geophysical Union https://publications.agu.org/author-resource-center/usage-permissions/).



Quench fragmentation is an in situ fragmentation process that can produce very large volumes of hyaloclastite breccia (Figures 7a–e), which is not explosive in origin and does not occur subaerially, unless lava flows into water (e.g., in Hawai’i) or erupts sub-glacially (e.g., Iceland). It has been underestimated as the origin for volcanic breccias in subaqueous settings, which are often described as explosive or pyroclastic in origin, when in fact they are much more likely to be autoclastic. When volcanic breccias and even ash-size deposits are found in subaqueous settings, the first and most likely hypothesis to test is: are these hyaloclastite, and if not, what is the evidence based on textural characteristics, context, analysis or physical processes, rather than assuming that they are pyroclastic? The high heat capacity, thermal conductivity, and hydrostatic pressure constraints of water indicate that explosive origins become less likely with increasing water depths.

For lavas that have vesiculated to high degrees, but have not been fragmented explosively, the pumice carapaces can also be quench fragmented, producing pumice hyaloclastite (Figures 5c,d, 7c; de Rosen-Spence et al., 1980; Furnes et al., 1980; Cas and Wright, 1987; Kurokawa, 1991; Cas, 1992; McPhie et al., 1993; Scutter et al., 1998; Scutter, 1999; Binns, 2003; Carey et al., 2018; Manga et al., 2018).

In addition, spatter ejected from submarine fire fountains will be subject to quench fragmentation in the water column and plume above the vent (Figure 8A), producing blocky, ash size glassy fragments and fractured spatter fragments (Figure 7f), that then become entrained and dispersed in thermal plumes of seawater above the fountain (Cas et al., 2003), again producing non-explosive, hyaloclastic ash-size fallout deposits.
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FIGURE 8. Subaqueous eruption column characteristics. (A) Deep-water fire fountain column, showing quench fragmentation of spatter clasts in the column and the water mass above the vent. (After Cas et al., 2003, Figure 14A, under rights granted to authors by American Geophysical Union https://publications.agu.org/author-resource-center/usage-permissions/). (B) Complex processes contributing to the dynamics of a relatively deep-water, subaqueous explosive eruption column as a result of initial bubble decompression and expansion, then cooling, condensation and water ingress into a subaqueous eruption column upward. (C) Schematic diagram of a relatively shallow water (tens to hundreds of meters) explosive eruption column collapsing around the vent. The rising buoyant column is subject to condensation of gasses and mixing in of ambient water. Large pumice clasts become water-logged, contributing to collapse of the column, forming a hot mass-flow of pyroclastic debris, steam and water on the seafloor. (After Kano et al., 1996, Figure 12; Permission from Elsevier). (D) Small, suppressed explosion of small ejecta, with a core of incandescent lava or fire fountain, in 2006, Brimbank Crater, NW Rota 1 volcano, Marianas arc, water depth ∼550 m. (From Chadwick et al., 2008, Figure 9E, under usage permissions for academic works policy of the American Geophysical Union https://publications.agu.org/author-resource-center/usage-permissions/).



Another effect of the high heat capacity and thermal conductivity of water is that water directly above a vent and above propagating seafloor lava flows is quickly heated, decreasing its density by 10% relative to cold seawater (∼900 kg m−3 vs. 1,027 kg m−3; Safarov et al., 2009; Sharqawy et al., 2010), so producing buoyant plumes of hot seawater. In deep water, as lavas propagate and form a chilled glassy crust, the thermal stresses associated with cooling cause ash size glass particles to exfoliate (‘popping”) from the surfaces of lavas (White et al., 2015a). Hot thermal plumes of water that rise above the vent and above propagating seafloor lavas (cf. Barreyre et al., 2011) can entrain such ash size glassy fragments and disperse them, forming ash fallout deposits of hyaloclastite debris. Deep-sea “ash” deposits associated with young seafloor lavas (e.g., ash found after the 2015 seafloor lava-forming eruption from Axial Seamount on the East Pacific Rise), are often interpreted as pyroclastic in origin (e.g., Chadwick et al., 2016), which is unlikely given the water depth of >1500 m, as discussed above. They are more likely to be hyaloclastic fallout deposits dispersed by thermal seawater plumes rising above the newly erupting lavas.

Cooling of Subaqueous Eruption Columns

The heat capacity and thermal conductivity of water also plays a critical role in determining the dynamics of subaqueous eruption columns, through heat exchange between the eruption column and the ambient water body (e.g., physical ingress and mixing of cold water along the margins of eruption columns into the core, the cooling and condensation of gas bubbles by the water mass). The change in plume dynamics results from a change in the physical state of the plume, particularly temperature, density, and the proportions of water and gas. These factors each influence the dispersal capacity of submarine plumes, which will be discussed below.

Cooling of Pumice Clasts and Vesicle Gases and Effects on Eruption Column Behavior and Dispersal Properties

Whitham and Sparks (1986) first demonstrated that if hot pumice with gas filled vesicles comes in contact with cold water, a large proportion of them quickly become water-logged, denser and sink. This process can affect both pyroclastic and autoclastic (hyaloclastite) pumice. It is due to the cooling and condensation of hot gasses in vesicles, resulting in a pressure gradient from high in the host, dense water mass to low in vesicles in pumice clasts, which forces external water into the vesicles if permeability pathways exist. This then increases the bulk density of the pumices, in some cases to higher values than water, which causes them to sink (cf. Figure 5d). Water-logging and densification of pumice by this process can occur syn-eruptively in subaqueous eruption columns (Whitham and Sparks, 1986; Allen et al., 2008; Carey et al., 2018; Manga et al., 2018), whereas pumices with low permeability will retain a density lower than water, will be buoyant and will float for a long time (Fauria et al., 2017). Some may, however, eventually become water-logged through slow infiltration of water, even when cold after drifting around for weeks to years on the sea surface (Fauria et al., 2017).



WATER DENSITY: BUOYANCY OF SUBAQUEOUS AUTOCLASTIC AND PYROCLASTIC ERUPTION COLUMNS AND WATER PLUMES, AND DISPERSAL OF PUMICE

Factors Affecting the Buoyancy of Subaqueous Autoclastic and Pyroclastic Eruption Columns

Subaerial eruption columns and plumes result from the buoyant rise or uplift of a mixture of mostly hot gas, with dispersed water droplets, and solids, driven initially by explosive gas thrust, and the low density and buoyancy of hot gas relative to the density of the atmosphere. In subaerial settings, in addition to hot volcanic gas from the vent, the heating of cold air entrained from the atmosphere through turbulent mixing into the eruption column at its margins helps to maintain a low bulk density and contributes to turbulent plume rise. The decreasing density of the atmosphere with increasing altitude, from ∼1.225 kg m−3 at sea level to 0.004 kg m−3 at 40 km altitude (United States Standard Atmosphere Air Properties), results in a decrease in relative plume buoyancy and rise rates with increasing height in the atmosphere, becoming neutrally buoyant at a height governed by plume density relative to the surrounding atmosphere; they can rise to 50 km above the vent.

In subaqueous settings, plumes of (super-)heated water, supercritical fluid and gas (± solids) form above submarine vents and advancing lava flows away from the vent. Theoretically, the plumes can rise through the entirety of the water column and breach the sea surface if their upward momentum is high, after which they behave more or less like subaerial eruption columns. However, this is more likely from shallow water vents where the eruption column is gas-charged, or seawater has been explosively superheated (e.g., 1952–1953 Myojinsho shallow submarine eruption, Japan; Fiske et al., 1998). From deep-water vents, eruption columns can be significantly modified above the vent by cooling, condensation of gasses and mixing in of cold, dense ambient water, so that their heights are often limited to the depth of the ocean/water body at the location of the eruption. Considering all submarine eruptions occur at water depths of <5000 m, submarine eruption columns are generally limited in height to a few kilometers to hundreds of meters, which constrains how column behavior controls pyroclast dispersal, compared with usually higher subaerial eruption columns.

Heated seawater at several hundred °C can be 10% less dense (∼900 kg m−3; Safarov et al., 2009; Sharqawy et al., 2010) than the density of cold sea water (1020 kg m−3 at sea level to 1030 kg m−3 at depths >1000 m; Garrison, 2012; Gladkikh and Tenzer, 2012), and therefore is buoyant. However, cold seawater can be mixed into the margins of the column, particularly if there is a significant density difference between the column and the ambient water, creating a pressure difference between the two, which will drive cold seawater laterally into the column. As a result, a hot plume of seawater above a vent will cool, become denser and lose buoyancy upward (Whitham and Sparks, 1986; Allen et al., 2008). If volatile bubbles are released from a subaqueous vent, they will further reduce the density of the water column or eruption plume rising above the vent. Bubbles will be densest at the vent because the hydrostatic pressure is greatest at the seafloor. As bubbles rise buoyantly in the eruption column to shallower water depths and lower hydrostatic pressures, they decompress and theoretically should expand and cause the eruption column to become less dense and become more buoyant upward.

However, subaqueous eruption columns with a significant gas bubble fraction are also affected by cooling and condensation erosion of gas bubbles, due to the high heat capacity and thermal conductivity of the water column (Kano et al., 1996; Allen et al., 2008; Cas and Giordano, 2014), and by water ingress driven by a density and pressure gradient from the dense ambient water mass into the gaseous eruption column (Figures 8B,C). Gas bubbles under high ambient pressure can also collapse or implode as they cool and adjust to ambient pressure. For example, the only imaged subaqueous explosive events (NW Rota, Marianas arc, Chadwick et al., 2008; Deardorff et al., 2011; West Mata eruption, Lau Basin, Resing et al., 2011; Embley et al., 2014) formed very small, eruption columns only meters high. The gas-rich column from the 2006 submarine eruption of NW Rota (Marianas arc) at a depth of ∼550 m and temperature of 700°C dissipated within 2 m of leaving vent (e.g., Figure 8D; Chadwick et al., 2008; Deardorff et al., 2011). This could be due to cooling condensation effects and implosions of under-pressured volatile bubbles in magma or in the subaqueous eruption column.

Mitchell et al. (2018) integrated some of these concepts into a model for the eruption column resulting from the wholly submarine eruption of Havre volcano, Kermadec arc, north of New Zealand in 2012 (Carey et al., 2018; Manga et al., 2018). Mitchell et al. (2018) proposed that the release of gasses at the vent affected the eruption column by making it less dense and highly buoyant, although cooling upward made it denser. They also suggest that such reductions in density and therefore hydraulic pressure in the eruption column at the depth of the vent have the capacity to change eruption styles (e.g., triggering explosive activity where otherwise non-explosive activity would be expected because of normal hydrostatic pressure constraints). However, their argument is based on speculative gas bubble abundances in the eruption column, not based on quantitative modeling of likely gas release rates from the erupting vesiculating lava domes. In particular, one of the free gas bubble abundances proposed, 75 vol% in the water column, is highly unlikely at depths of 900 m. This assumed bubble abundance may be based on the fact that the vesicularity of the Havre pumice is very high (∼70 vol. %) suggesting that this volume of free gas bubbles is released into the water mass at the same time as the pumice is being released. This could only happen if all bubble walls in the erupting pumiceous magma were bursting at the time of the eruption or in the column, which should then produce more ash glass shards than pumice clasts, for which there is little evidence. The concept could perhaps work where vents lie at shallow water depths of a few hundred meters or less, at much lower hydrostatic pressure, and higher gas overpressure, almost simulating subaerial conditions with high gas over-pressures.

In addition, syn-eruptive cooling and water logging of pumice clasts in rising subaqueous eruption columns will cause the columns to cool and become denser and may even lead to gravitational collapses of parts of eruption columns, producing subaqueous volcaniclastic density currents and deposits around the vent, which are water-supported mass flows of volcanic debris (Figure 8C; Kano et al., 1996; Allen et al., 2008). This is analogous to subaerial pyroclastic density currents, which are gas supported. If eruption mass flux is high enough, column collapse-generated subaqueous mass flows that are briefly gas-supported could travel limited distances from vent, producing limited true subaqueous pyroclastic density current deposits (e.g., Busby-Spera, 1984, 1986; Cas and Wright, 1987, 1991), before water mixes into such flows and condensation of gas occurs, transforming them into water-supported mass-flows (Cas and Wright, 1987, 1991).

In summary, subaqueous eruption columns and plumes are therefore likely to have very different buoyancy properties, experience greater ephemeral changes to buoyancy properties, and therefore different dynamics, compared with subaerial eruptions columns. In particular, every subaqueous eruption, including both effusive and explosive eruptions, will produce a subaqueous eruption column or hot water plume. Subaqueous eruption columns resulting from effusive eruptions can disperse non-explosively generated autoclastic pumice and ash size hyaloclasts to produce autoclast fallout deposits. This is very different from subaerial effusive eruptions, which can generate gas plumes capable of carrying very fine glassy ash popped off the surfaces of cooling lavas, but not coarse pumice clasts. Furthermore, deep-water subaqueous eruption columns are much more height limited than subaerial counterparts, which has implications for dispersal of pyroclasts, compared with subaerial eruption columns.

Buoyancy of Pyroclasts Due to the Density of Subaqueous Environments

During subaerial explosive eruptions, no clasts are spontaneously buoyant if ejected into the still atmosphere, because ρallclasts > ρatmosphere. However, buoyant eruption columns can entrain pyroclasts if the gas turbulence velocity and column up-rise velocity exceeds the terminal fall velocity of the pyroclasts. In seawater, however, all vesiculated pyroclasts or autoclasts with ρ < 1020 kg m−3 are spontaneously buoyant, irrespective of the dynamics of the associated subaqueous plume, and can rise to the surface of the water column if they do not become water-logged in transit. Even clasts with ρ > 1020 kg m−3 have a reduced effective weight in water relative to air and can be more easily entrained and transported in subaqueous plumes compared with subaerial plumes. Conversely, the rise (and settling) velocities of clasts in the water column are reduced relative to pyroclasts erupted at subaerial vents, because of the high density, relative viscosity and the viscous drag effects of water compared with air (Figure 9; Cashman and Fiske, 1991; Fiske et al., 1998).
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FIGURE 9. Terminal settling velocities of pyroclasts of different grain sizes and densities in air and in water according to the Stokes’ Settling Law, showing orders of magnitude slower velocities in water than in air. (After Cashman and Fiske, 1991, Figure 2; permission American Association for Advancement of Science).



Dispersal of Pumice From Subaqueous Eruption Columns

The dispersal and sedimentation behavior of pumice clasts by subaqueous eruption columns through the water column and from floating masses of pumice (called “pumice rafts”) that form at the sea surface reflects the grain size, vesicularity characteristics (e.g., vesicle size and distribution pattern, permeability), the rate at which clasts become infiltrated by water, the resultant density of clasts, and the prevailing currents and wave patterns (Whitham and Sparks, 1986; Kato, 1987; Manville et al., 1998; Allen and McPhie, 2000; Bryan et al., 2004, 2012; Allen et al., 2008; Fauria et al., 2017; Manga et al., 2018).

Water-logged pumice clasts whose bulk density exceeds that of water can sink and be deposited around the eruption vent, although Cashman and Fiske (1991) noted that the settling velocity of pumice clasts is markedly slower in water than in air (Figure 9). However, pumice clasts that do not have a permeable network of vesicles can retain their low bulk density and float (Fauria et al., 2017), often forming extensive “rafts” of pumice debris that float away from the vent area, pushed thousands of kilometers by marine currents, waves and wind to foreign shores (Bryan et al., 2004, 2012; Jutzeler et al., 2014). For example, pumice from the submarine eruptions along the Tonga arc in 2001 (Bryan et al., 2004), 2006 (Home Reef volcano eruption; Figure 10a; Bryan et al., 2012), and the 2012 Havre volcano eruption in the Kermadec arc (Figure 10b; Jutzeler et al., 2014), was deposited along Australia’s eastern seaboard for years after those eruptions, transported thousands of kilometers by flotation by currents and waves.
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FIGURE 10. (a) Raft of pumice clasts resulting from the Home Reef volcano eruption from 7 to 16? August 2006, Tonga volcanic arc, southwest Pacific. Source: NOAA; Photo taken by Fredrik on the yacht Maiken, August, 17, 2006. (b) Drift pattern of the pumice raft resulting from the July 18, 2012 submarine eruption of the submarine Havre volcano in the Kermadec volcanic arc depicted on different dates after the eruption. (From Jutzeler et al., 2014, Figure 1, Nature Communications, without change except for part (a) inserted, under Creative Commons Attribution 3.0 Unported License CC by 3.0).



Surface currents and waves can produce very irregular, changing and circuitous dispersal patterns, reflected by changing pumice raft shapes and drift directions (Figure 10b; Bryan et al., 2004; Carey et al., 2014; Jutzeler et al., 2014). Different current directions at different depths in the ocean may also affect the distribution and dispersal of clasts. Water settled seafloor deposits of rafted pumice pyroclasts and autoclasts also often coarsen or show no systematic down current variations in grain size (Jutzeler et al., 2014; cf. subaerial fallout deposits). In addition, ash sized particles within deep-sea tephra layers could in fact be generated by abrasion between pumice clasts during transit in pumice rafts (Jutzeler et al., 2014), or through quench spalling from the surfaces of hot lava flows. Such fine “ash” deposits are not syn-eruptive pyroclastic fallout and do not reflect eruption intensity. This contrasts with true subaerial pyroclastic pumice fall deposits, which are dispersed radially around the vent on a windless day, or asymmetrically by strong atmospheric winds following relatively linear paths away from the vent. The deposit grain size decreases downwind with increasing distance from the vent, and exhibits distribution patterns that reflect plume height, and prevailing wind direction and strength (Carey and Sparks, 1986; Bonadonna and Costa, 2013). Few of these controls apply to submarine pumice-forming eruptions and their columns.



DIVERSE POSSIBLE ORIGINS OF PUMICE AND ASH DEPOSITS IN THE OCEANS

Although it is tempting to assign the origin of pumice deposits in submarine settings to a nearby submarine or subaerial explosive eruption, pumice and ash deposits in marine settings can in fact originate from a range of possible processes, many of which are very different from those in subaerial settings. Possible origins (Cas and Giordano, 2014), include:

(1) Pyroclastic fallout from subaerial vents and fallout through the water column.

(2) Near-vent fallout from subaqueous vents.

(3) In situ autoclastic pumice (mostly quench fragmentation of erupting submarine vesicular magma = in situ pumice hyaloclastite).

(4) Buoyant detachment of block (incl. house size) to lapilli size pumice from autoclastically fragmenting erupting vesicular magma and dispersal by flotation.

(5) Post-eruptive sedimentation from far traveling pumice rafts originating from subaqueous vents from either explosive or effusive eruptions.

(6) Syn- and post-eruptive mass flow resedimentation from shallow water into deep-water.



TERMINOLOGY FOR SUBAQUEOUS ERUPTION STYLES AND DEPOSITS

Cas and Giordano (2014) have briefly considered this topic and advise against using terms ascribed to subaerial explosive eruption styles and deposits for subaqueous eruptions and deposits. Subaerial explosive eruption styles and deposits are defined on measurable quantitative parameters, such as eruption column height, dispersal patterns and distances of the deposits, grain size and sorting characteristics relative to dispersal patterns and areas, etc. (Walker, 1973; Cas and Wright, 1987; Cas et al., in press). These parameters cannot be easily applied to subaqueously erupted deposits because the dispersal processes of vesiculated clasts are influenced by very different processes and conditions in marine environments, and data on dispersal and grain size characteristics are very rarely available or collectable. We first need to decide on what descriptive and measurable parameters are most useful and what the significance of those parameters is before we can begin to develop a terminological approach.



DIRECTIONS FOR FUTURE RESEARCH

The data base on both modern and ancient deep-water submarine volcanic successions is much less than for subaerial volcanic successions, which is reflected in the much more limited understanding of the properties of magmas erupting in deep-water, the physics of eruption processes and submarine eruption plumes, pyroclast dispersal processes and behavior of both autoclasts and pyroclasts during transport/dispersal and sedimentation. In most cases we don’t actually know the location of the source vents, so we can’t relate deposit characteristics to distance from vent. As a result, to further advance understanding of submarine volcanic processes we need continuing documentation of both modern and ancient volcanic settings through detailed mapping, logging of sections and sample collection. In ancient settings, this will involve traditional mapping methods as well as application of remote sensing methods and data sets such as LiDAR, radiometrics, magnetics, drone based imagery, aerial image interpretation, and in some cases diamond drilling. In modern settings, high resolution seafloor bathymetric surveying using submersibles including “manned” submersibles, remotely operated submersible vehicles (ROV’s) and autonomous underwater vehicles (AUVs), imagery and sampling using submersible vessels are essential, together with coring.

In addition, further modeling of the physics of deep-water eruptions, eruption columns, magma properties, volatile properties, fragmentation processes (including autoclastic and pyroclastic) and dispersal processes based on factual data is required to help better understand them and to bring understanding to the same level as for subaerial eruption processes.



CONCLUSIONS

• Vesiculation can occur at any depth in the crust and at any water depth if the magmatic volatile content is sufficiently high, but the state of the exsolved fluids (supercritical fluid, gas) depends on the water depth and confining pressure.

• The growth rates of exsolved volatiles (bubbles) at pressures approaching 22 MPa (the critical point of water; ∼2200 m water depth) are insufficient to drive explosive fragmentation. Explosive eruptions at water depths <1000 m are more likely.

• Slow, non-explosive vesiculation of magma at high pressures can produce highly vesicular lavas and even coherent pumice, which if quench fragmented produces pumice hyaloclastite breccia. High levels of vesicularity are not an indicator of explosivity.

• Magmas erupting in deep-sea settings are initially less viscous than subaerial counterparts, and more prone to erupt effusively or as fountains because of suppressed volatile exsolution. Deep-water fountains are jets of fluid magma, but not explosive.

• Magmas erupting into water are prone to high rates of cooling because of the high heat capacity and thermal conductivity of water, commonly leading to quench fragmentation and formation of hyaloclastite breccia, which is rare subaerially.

• Submarine eruption columns and particulate hot water plumes can be generated by both explosive and effusive eruptions. Submarine eruption columns behave differently to subaerial columns, and can be dissipated by cooling condensation effects, implosions of gas bubbles, and ingress of cold ambient water.

• Subaqueous effusive eruptions can produce subaqueous fallout deposits of ash size autoclastic vitric material and even fallout deposits of autoclastic pumice.

• The height of submarine eruption columns is limited to the water depth at the vent (<5 km high), except in shallow water, which affects dispersal processes, whereas subaerial explosive eruption columns are not comparably height limited, being potentially an order of magnitude higher (<50 km high).

• Dispersal of pumice (autoclastic or pyroclastic) from submarine eruption columns is much more circuitous than for subaerial columns, is a function of changing wind, wave and current directions, and can take months to years.

• Pumice deposits in the oceans are not necessarily pyroclastic, and can be autoclastic or resedimented in origin.

• Terminology developed for subaerial explosive eruption styles and deposits is unsuitable for subaqueous eruption processes, styles and deposits, and is often incorrect. A new approach to classifying submarine eruption styles and deposits is required, based on careful assessment of deposit characteristics.
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Submarine eruptions dominate volcanism on Earth, but few are observed or even identified. Knowledge of how they operate is largely based on inference from ancient deposits, lagging by a decade or more our understanding of subaerial eruptions. In 2012, the largest wholly deep-subaqueous silicic eruption with any observational record occurred 700–1220 m below sea level at Havre volcano, Kermadec Arc, New Zealand. Pre- and post-eruption shipboard bathymetry surveys, acquisition by autonomous underwater vehicle of meter-scale-resolution bathymetry, and sampling by remote-operated vehicle revealed 14 seafloor lavas and three major seafloor clastic deposits. Here we analyze one of these clastic deposits, an Ash with Lapilli (AL) unit, which drapes the Havre caldera, and interpret the fragmentation and dispersal processes that produced it. Seafloor images of the unit reveal multiple subunits, all ash-dominated. Sampling destroyed layering in all but two samples, but by combining seafloor imagery with granulometry and componentry, we were able to determine the subunits’ stratigraphy and spatial extents throughout the study area. Five subunits are distinguished; from the base these are Subunit 1, Subunit 2a, Subunit 3, Subunit 4 (comprising the coeval Subunit 4 west and Subunit 4 east), and Subunit 2b. The stratigraphic relationships of the four AL unit subunits to other seafloor products of the 2012 Havre eruption, coupled with the wealth of remote-operated vehicle observations and detailed AUV bathymetry, allow us to infer the overall order of events through the eruption. Ash formed by explosive fragmentation of a glassy vesicular magma and was dispersed by a buoyant thermal plume and dilute density currents from which Subunits 1 and 2 were deposited. Following a time break (days/weeks?), effusion of lava along the southern caldera rim led to additional ash generation; first by syn-extrusive ash venting, quenching, brecciation, and comminution (S3 and S4e) and then by gravitational collapse of a dome (S4w). Slow deposition of extremely fine ash sustained S2 deposition across the times of S3 and S4 emplacement, so that S2 ash was the last deposited. These thin ash deposits hold information critical for interpretation of the overall eruption, even though they are small in volume and bathymetrically unimpressive. Ash deposits formed during other submarine eruptions are similarly likely to offer new perspectives on associated lavas and coarse pumice beds, both modern and ancient, and on the eruptions that formed them. Submarine ash is widely dispersed prior to deposition, and tuff is likely to be the first product of eruption identified in reconnaissance exploration; it is the start of the trail to vent hydrothermal systems and associated mineralized deposits of submarine volcanoes, as well as a sensitive indicator of submarine eruptive processes.

Keywords: submarine, Havre volcano, seafloor ash, fragmentation, stratigraphy, pyroclastic eruption


INTRODUCTION

Eruption into a deep subaqueous environment is complex. In addition to influences of magma composition and rheology (Walker and Croasdale, 1971; Dingwell and Webb, 1990), volatile content of the magma, and magma flux (Gonnermann and Manga, 2003; Namiki and Manga, 2008), submarine eruptions are significantly modulated by the physical properties of water, both indirectly (hydrostatic pressure, increased viscosity of water relative to air) and directly (rapid heat transfer, rapid volume expansion of vaporized seawater) (Head and Wilson, 2003; White et al., 2003, 2015; Cas and Giordano, 2014). Hydrostatic pressure will suppress the magnitude of volatile exsolution and expansion, and is presumed to limit explosive expansion and related fragmentation (Fisher, 1984; Staudigel and Schmincke, 1984). Rapid heat transfer on direct contact between magma and water, however, can induce both explosive (Zimanowski et al., 1997; Austin-Erickson et al., 2008) and passive fragmentation (Carlisle, 1963; Kokelaar, 1986; Schmid et al., 2010; van Otterloo et al., 2015).

The cost and difficulty of collecting seafloor samples that can be linked directly to subaqueous eruptive dynamics, and the complexity of modeling these processes (both physically and computationally), has led to diverse interpretations of eruptive processes in the subaqueous environment (Head and Wilson, 2003; Allen and McPhie, 2009; Schipper et al., 2010; Rotella et al., 2013; White and Valentine, 2016). Much of our understanding comes from studies of uplifted subaqueous volcanic successions (e.g., Cas, 1978; Dimroth and Demarcke, 1978; Staudigel and Schmincke, 1984; Busby-Spera, 1986; Dimroth and Yamagishi, 1987; Kano et al., 1996; Allen and McPhie, 2000; Simpson and McPhie, 2001; Allen and Stewart, 2003; Cas et al., 2003; Stewart and McPhie, 2004; Allen and McPhie, 2009; Jutzeler et al., 2015).

In this paper, we present observations and data on a proximal seafloor ash deposit called the Ash with Lapilli unit (AL unit), sampled 3 years after the deep submarine eruption of Havre volcano (Carey et al., 2014, 2018; Manga et al., 2018; Mitchell et al., 2018). Sampling and observations by remote-operated vehicle (ROV) Jason, guided by high-resolution bathymetry from the autonomous underwater vehicle (AUV) Sentry (Carey et al., 2018), show that the AL unit contains different layers of ash formed during the eruption. The differing distributions of the AL unit ash layers, together with textural differences among deposits and their ash particles, allow us to interpret their origins during the eruption sequence. The study of the AL deposit provides a vital stratigraphic framework for the eruption allowing us to interpret the temporal evolution in processes of the largest known historic wholly deep-subaqueous (>0.5 km; well below wave base) silicic eruption.



GEOLOGICAL SETTING

Havre is a seamount volcano first described by Wright et al. (2006), located at 31° 05′S 179° 5′W (-31.10, -179.03) along the Kermadec arc (Figure 1a). The edifice rises from 1500–2000 m below sea level (mbsl) to a peak along the caldera wall at 600 mbsl. The caldera is 4 km long and 3 km wide, elongate northwest–southeast, and has an average caldera-rim depth of 900 m. The caldera floor is at 1500 mbsl (Figure 1b).
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FIGURE 1. A bathymetry map of the Havre caldera and summit with meter-scale resolution, overlain on a lower resolution (35 m) bathymetry map of the region. Overlay shows the bathymetry differences between the 2002 and Oct 2012 surveys (orange = material added, blue = material removed). The locations of all clastic samples taken at Havre are shown along with the sampling method used. Insert shows the location of Havre seamount (red) along the Kermadec arc.



Havre volcano erupted most recently in 2012 (Carey et al., 2014, 2018; Jutzeler et al., 2014). Satellite images acquired at 1050 18 July 2012 UTC (universal coordinated time; all subsequent times in UTC) show an eruption plume and hot spot emanating from a point source above Havre (Figure 1a). An image taken 11 h later at 2151 shows a 400 km2 pumice raft. Satellite imagery indicates that eruptive activity affecting the sea-surface, including origination of the atmospheric plume, pumice raft, and of a plume of discolored, ash-stained, water, extended over 21.5 h. An image taken at 0209 20 July 2012 shows the pumice raft detached from its source and no atmospheric plume, indicating the eruption was no longer powerful enough to produce effects at the sea surface. From 17 to 21 July frequent earthquakes of magnitude 3–5 were also recorded from Havre. After 21 July 2012, there is no record in satellite imagery or recorded seismicity of further activity at Havre.

Comparison of shipboard bathymetry surveys conducted in 2002 (Wright et al., 2006) and after the eruption, on 26 October 2012, revealed substantial topographic changes on the volcano (Carey et al., 2014, 2018). Several dome/cone shaped features had been produced on the southern caldera rim along with a large “bulge” on the southwest caldera wall. The seafloor products of the Havre eruption were subsequently mapped at high resolution, imaged, and sampled in a 2015 cruise using AUV Sentry and ROV Jason (Figure 1b). Fifteen domes and lavas were erupted (A–P) along the southern and southwestern caldera rim (Figure 1b; Carey et al., 2018). Three clastic units were mapped on the seafloor. The lowest observed stratigraphic unit is a widespread deposit composed of giant pumice clasts >1 m in diameter [Giant Pumice unit (GP unit)] extending and coarsening to the NW and inferred to predate Dome OP in the southwest. No clear exposures were found of the contact between GP unit and the pre-2012 substrate, but observations on caldera walls and rims indicate that no other deposits of significant thickness there underlie the GP unit. Surrounding Dome OP is a local unit with lobate distribution, the Ash, Lapilli, and Block unit (ALB unit). The ALB unit overlies, and near the dome buries, the GP unit, with several lobes extending from Dome OP onto the caldera rim and into the caldera. The AL unit, which over most of its extent consists almost entirely of ash, is the most widespread unit, found in every location visited by the ROV. The AL unit overlies the GP unit and is composed of four subunits, the upper three of which also overlie the ALB unit; the relationship of the basal subunit of the AL unit to the ALB unit is not known. Since the basal contact of the GP unit was not observed in detail it is not known whether the AL unit represents the earliest ash deposit from the eruption, or whether further thin ash deposits underlie the GP unit. The AL unit has a combined volume of <0.1 km3 (Carey et al., 2018) and is the focus of the present study.

The magma erupted at Havre in 2012 shows a rhyolitic whole-rock composition with little variation between the various clastic units and lavas (Carey et al., 2018).



MATERIALS AND METHODS

Ninety-two samples were taken from the caldera floor, walls, and rims (Figure 1) using ROV Jason and employing push-cores, scoops, and vacuum-like “slurp” samplers. The samples used in this study and the methods by which they were collected are summarized in Supplementary Table 1, with details of the sampling devices provided in Supplement 1.1.

All sampling methods were generally destructive of deposit layering and returned a mixture of particles from the clastic units sampled. There is no discernible difference in the grainsize characteristics of samples taken by different methods (push core, scoop, and vacuum).

All samples were immediately dried either in an oven at 90°C or under an array of heat lamps for at least 8 h. Whole samples were hand sieved onshore, from -4 φ to 4 φ (from 16 to 0.063 mm) in ½ φ steps. The fraction remaining in each sieve was weighed to 0.01-g resolution. Particles smaller than 0 φ (1 mm) were also analyzed in a Mastersizer 2000® laser analyzer (at least three runs per sample). Merging of the sieving and Mastersizer curves was undertaken on a sample by sample basis, with the point overlap chosen to produce the most realistic grainsize distribution and avoid anomalies induced by adherence and aggregation of fine to extremely fine ash during sieving. The chosen overlap point was generally around 0.5 φ (0.71 mm). Merging was undertaken by scaling the re-binned Mastersizer® data to the fraction of the sieved sample below the chosen point [i.e., if 20% of the sieved sample was less than 1 φ (the chosen merge point) then the Mastersizer® data were rescaled to reflect its wt% in the whole sample]. The chosen point produced the lowest difference from 100 wt% when adding the sieving and Mastersizer® data.

Componentry was conducted at whole φ steps on material from -2 to 2 φ (4 mm to 125 μm). For larger particles, -2 φ to 0 φ (4–1 mm), categorization and identification were done with the naked eye and for 1 φ and 2 φ (500–250 μm) fractions, by binocular microscope. For each size fraction, at least 300 grains were analyzed as sample splits or entire samples. Three first-order juvenile component groups were identified based on grain color and morphology. These first-order groups were then subdivided into several second-order subgroups defined on surface morphology and texture. Grain counts of SEM-SE-imaged populations (see below) were also made for particle size fractions 3 φ (125 μm), 4 φ (63 μm), and smaller than 4 φ.

Grain morphology and microtextures were investigated using secondary electron (SE) and back-scattered electron (BSE) methods on a Zeiss Sigma VP® Field-Emission-Gun scanning electron microscope (SEM) at the University of Otago. For SE (morphological) imaging, grains were mounted on an SEM stub using carbon tape and then carbon coated. BSE imaging was undertaken on sectioned grains mounted in a carbon-coated polished briquette. In both cases, imaging was undertaken using a 15-keV accelerating voltage and a working distance of between 7.1 and 9.5 mm.



RESULTS

Identification of Strata Within the AL Unit

Seafloor observations did not reveal natural vertical exposures through the AL unit, but layering was observed in incisions (Figures 2a–d) produced by sampling at several sites (HVR042, HVR132, HVR163, HVR196, HVR229, HVR232, and HVR272). In addition, two push cores (HVR159 and HVR134) preserved distinct layers. By combining observations of the seafloor (e.g., 2e–k) and preserved samples, four distinct layers are identified in the AL unit.
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FIGURE 2. Seafloor images of AL unit layering exposed during sampling from atop GPs at locations HVR132 (a), HVR163 (b), HVR196 (c), and HVR272 (d). At both HVR132 (a) and HVR163 (b) a similar stratigraphy can be observed showing four layers with comparable layer thicknesses, apparent grainsize, and color. At HVR196 (c) only two layers can be seen. At HVR272 (c) only a single layer can be seen (e and f) show a clastic deposit consisting of lapilli and ash with dominantly elongate tube morphologies at HVR070 (e) and overlying the carapace of Lava G (f). In (g–k), the variation in the AL unit coverage overlying lavas around the caldera is shown. Thick deposits of the AL unit can be seen overlying an apparently older part of Lava N (g) and also overlying a lava produced prior to the 2012 Havre eruption (h). Over the more-recent part of Dome N (i), and on Domes M (j), and I (k), the AL unit is thinner and patchier. Domes with similar shapes were chosen to provide a consistent context for observed variations in the AL unit.



Four layers were observed at sites HVR132 and HVR163 (Figures 2a,b) and had similar characteristics and thicknesses at each. Two layers were observed at site HVR196 (Figure 2c), and a single layer at sites HVR229, HVR232, and HVR272. In each case, the observed layers displayed similar characteristics and thicknesses to one of the layers observed at HVR132 and HVR163 (Figure 2d). Detailed observation descriptions of each site are presented in Supplement 1.2.

Pushcore HVR159 is the most important single AL sample. It is from the southwest caldera rim and was taken through a thick deposit of the AL unit, beyond the boundary of the GP unit and away from any significant slopes. Here the push core sampled and preserved at least four layers, the upper three of which were visible (Supplementary Figure 2). The basal part of the sample, which mostly collapsed when removed from the push core, was a light-colored layer between 4 and 5 cm thick composed of fine to coarse ash. Stratigraphically overlying this layer was a 1 cm-thick layer rich in elongate coarse ash grains. Next, above a sharp basal contact, was a 2.5 cm-thick dark-colored, medium-to-coarse-ash layer. The uppermost layer was cohesive and 2 cm thick.

Pushcore HVR134 was taken on the caldera floor, northeast of Lava C through a thick deposit of the AL unit near the base of a slight slope, in an area with hummocky topography (Figure 1b). The push core shows only two layers: a basal gray cohesive fine-grained layer ∼20 cm thick, overlain by a dark gray layer 8 cm thick.

Remote-operated vehicle images of the AL unit overlying 2012 Havre lavas show reduced deposit coverage and thickness compared with AL deposits on older lavas of similar morphology. Atop pre-2012 lavas on the southern caldera rim the AL unit is consistently thick (Figures 2g,h). In contrast, the AL unit overlying Lavas H, I, K, M, and OP (Figures 2i–k) comprises thin patchy deposits. Across Lava N a sharp divide in deposit coverage is observed. Most of Lava G has GP clasts on it and a thick, consistent mantling AL deposit, but the central part of Lava G shows only a thin, patchy AL deposit.

Granulometry and Componentry of HVR134 and HVR159

A critically useful feature of the two samples that did preserve layering (HVR134 and HVR159) is that particles making up the layers have distinctive characteristics. Both HVR134 and HVR159 pushcores were subsampled on the ship from their basal and top layers. The material that remained after removal of the subsamples formed a mixed sample containing material from both subsampled layers and the remainder of the sample. In HVR159, two additional layers are visible in the middle of the sample which were not separately subsampled. Granulometry and componentry were conducted on both the mixed samples and the basal- and top-layer subsamples of HVR134 and HVR159 and reveal common layer-particle characteristics.

Granulometry of mixed samples from HVR134 and HVR159 shows two main grain size peaks, determined using GRADISTATv8 (Blott and Pye, 2001). A 6–5 φ (16–32 μm) fraction dominates HVR134, and one of 2–1 φ (250–500 μm) is dominant in HVR159, with a minor peak between 0 and -1.5 φ (1–2.8 mm) (Figure 3). In both samples, the basal layer subsample displays a bimodal grain size distribution with modes at 2–1 φ and 0 to -1.5 φ (Figure 3). The top layer subsample of both HVR134 and HVR159 displays a unimodal distribution with a mode of extremely fine ash (White and Houghton, 2006) at 6–5 φ. We used the granulometry modes in mixed samples taken from around the caldera to map the distribution of specific layers.
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FIGURE 3. Grainsize distribution (a) and componentry (b) for samples HVR159 mixed, HVR134 mixed, and their basal and upper layer subsamples. The upper sub-sample is finer grained, shows a decrease in glassy vesicular particles, and a concurrent increase in microcrystalline particles from its bottom to top. In the mixed sample, there is a concentration of elongate tube-vesicle particles. Componentry range indicated for both samples. Small subsamples removed from mixed samples (<5% mixed-sample mass) slightly reduce measured proportions of subsampled ash in mixed samples. (c) Optical images that show the componentry classes and their morphological subclasses. Color differences in particles are due to groundmass microcrystallinity, where microcrystalline particles show a higher crystallinity than glassy vesicular, and elongate tube-vesicle particles.



Componentry was conducted in 1 φ steps from -2 to 2 φ (4 mm to 250 μm) for 27 samples. Grains were counted into three first-order groups: glassy vesicular, microcrystalline, and elongate tube-vesicle particles (Figure 3c). These first-order groups are subdivided into secondary classes based on particle vesicularity and morphology (Figure 3c). No lithic component was recognized in any sample examined.

Glassy vesicular grains are white to creamy gray glass of moderate to high vesicularity (Figure 3c). Microcrystalline grains are black to dark gray, microcrystalline, and weakly to non-vesicular (Figure 3c). Elongate tube-vesicle clasts are white to cream-colored glass with elongate shapes defined by tube vesicles; they have a woody/fibrous appearance (Figure 3c).

Componentry of individual layers preserved in the HVR159 and HVR134 was used in parallel with granulometry (Figure 3) to determine layer distributions. In HVR159, there is an increase in the proportion of microcrystalline clasts from 11% in the basal layer subsample, to 23% in the mixed sample and 62% in the top layer subsample. Glassy vesicular clasts decrease from 83% in the basal layer to 66% in the mixed sample, to 25% in the top layer. The broad trend of increasing microcrystalline clasts and decreasing glassy vesicular clasts from the base to the top of the AL unit is repeated in sample HVR134, with microcrystalline clasts comprising 42%, 45%, and 54% of the basal layer, mixed sample, and top layer, respectively. The mixed sample of HVR159 also shows the highest percentage of elongate tube-vesicle clasts, 10% compared to 5% and 4% in the basal layer and top layer, respectively (Figure 3).

Nomenclature and Stratigraphy of Layers Within the AL Unit

Seafloor observations, plus granulometry and componentry from preserved stratigraphy in push cores, indicate that there are four subunits within the AL unit.

Subunit 1 (S1) – The basal layer in seafloor images of the AL unit and in sample HVR159 is a >6-cm-thick, light-cream-colored deposit of coarse ash (Figures 2a–c, 3). We identify grainsize modes at 2–1 φ and 0 to -1.5 φ (the large mode is subdued) (Figure 3). Overall S1 is dominated by glassy vesicular clasts. Subunit 1 is also shown in seafloor images at HVR132 and HVR163 to directly overlie the GP unit.

Subunit 2 (S2) – Subunit 2 was observed on the seafloor as a cohesive extremely fine ash and has a measured modal grainsize of 6–5 φ. It overlies S1 across a gradational contact (Figures 2a–c and Supplementary Figure 1). The fine modal grainsize of particles in S2 precluded standard componentry, but they were examined by SEM (see below). Observations from HVR132 and HVR163 show that Subunit 2 is locally divided into lower (a) and upper (b) where separated by subunits 3 and 4 (Figure 6). Elsewhere S2 is a single layer without any visible internal contact(s). Subunit 2a was observed at sites HVR132 and HVR163 (Figures 2e,f) where it is approximately 2 cm thick (Figures 2e,f, 6). Subunit 2b is 4–10 cm thick on the caldera floor and 2–3 cm thick on the southern, eastern, and western caldera rims. Subunit 2 particles are characterized by their consistent 6–5 φ modal grainsize.

Subunit 3 (S3) – Push core HVR159 has in its midsection an approximately 3 cm thick layer rich in elongate clasts. Subunit 3 is dominated by elongate tube-vesicle clasts. It overlies Subunit layer 2a.

Subunit 4 (S4) – This subunit is 2 cm thick and composed of medium/coarse dark colored ash at seafloor locations HVR132 and HVR163 (Figures 2a,b), and in push core HVR159. Subunit 4 directly overlies S3 across a sharp boundary. The granulometry of S4 is uncertain because it was not directly sampled, but comparison of the characteristics observed in push core HVR159 with identified components indicates that Subunit 4 is dominated by microcrystalline particles.

Mapping Subunits Using “Mixed” Samples

Observed seafloor stratigraphy at HVR132, HVR163, and granulometry and componentry characteristics of subunits from push core HVR159 allow us to establish the presence or absence of subunits in the other, mixed, samples where no layering was preserved. For example, the presence of the 6–5 φ grain size mode indicates the presence of Subunit 2. By establishing the presence of subunits in mixed samples, we can map the distribution of the subunits across the study area. For our sampling locations, the proportional depth of sampling within the overall deposit is unknown, so deeper layers may not have been sampled or have been under-sampled. This limitation would most strongly affect the mapped distribution of S1 (the basal layer). Subunit 1 was, however, identified in all samples, apart from a few taken on steep slopes and on lavas on the southern caldera rim, indicating that samples acquired contain the full sequence.

Granulometry of 81 mixed samples of the AL unit shows that they are composed of >90% ash with complex multi-modal grainsize distributions. The grainsize distributions are unimodal and bimodal, with common modes identified at 6–5 φ (16–32 μm) associated with Subunit 2, and between 3.5 and 0.25 φ (88–840 μm) associated with Subunit 1 (Figure 4). Seven ash-dominated samples also show grainsize modes in the 0 to -2 φ (1–4 mm) range. The presence of subunits inferred from granulometry was confirmed by componentry showing the presence of particle types also characteristic of the subunits (see the section “Nomenclature and Stratigraphy of Layers Within the AL Unit,” Figure 5). Subunit characteristics are summarized in Table 1.
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FIGURE 4. (a) Sample numbers and grainsize peaks for samples of the AL unit from 0.25 φ (∼240 μm) and 3.5 φ (∼88 μ), inferred to represent S1, across the Havre caldera. (b) Representative grain size distributions for samples of the AL unit, with samples closest to Dome OP at the bottom and samples farthest away at the top. The dark lines on the graphs show the location of the inferred S1 peak in each sample for comparison across the caldera. Note the lack of the 5–6 φ mode on the northern caldera rim in samples HVR229 and HVR272.
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FIGURE 5. Spatial distribution of componentry data plotted by sample location. Note concentrations in elongate tube-vesicle particles (light blue) around Lava G. Microcrystalline particles (yellow) concentrations are present around Dome OP and the lava flows A–E on the southwest caldera wall, and caldera floor. Glassy vesicular particles (dark blue) are found in every sample and are the dominant component of the overall deposit. Several samples are offset from their sampling location, denoted with a black-tie line.



TABLE 1. Summary table of subunit dispersal, stratigraphic, and depositional characteristics.
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Subunit 1

Seafloor images show S1 thicknesses of 2–6 cm (Figures 2a–c, 6). Common seafloor ripples and strong seafloor currents encountered during ROV Jason dives suggest deposit reworking, so observed layers may not preserve their original thicknesses. The glassy vesicular clasts that characterize S1 have been identified in all clastic samples, indicating that S1 extends across all the study area and beyond it (Figure 5). The grainsize mode of S1 in pushcore HVR159 is 2–1 φ (0.25–0.5 mm). The mixed samples show a regular fining of the coarser grain size mode from 0 φ (1000 μm) near dome OP, toward 3.5 φ (88 μm) to the WNW on the far caldera rim (Figure 4).
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FIGURE 6. Idealized schematic stratigraphic column of the AL unit showing S1, S2 (a and b), S3, and S4, noting deposit characteristics.



Subunit 2

Subunit 2 is locally divided into lower (a) and upper (b) where separated by Subunits 3 and/or 4 (Figure 6). Elsewhere Subunit 2 is a single layer without any visible internal contact(s). Subunit 2a was observed at sites HVR132 and HVR163 (Figures 2e,f) where it is approximately 2 cm thick (Figures 2e,f, 6). Subunit 2b is 4–10 cm thick on the caldera floor and 2–3 cm thick on the southern, eastern, and western caldera rims. Subunit 2 particles are characterized by their consistent 6–5 φ modal grainsize. Subunit 2 can be identified in all clastic samples south of a boundary that roughly follows the east–west trend of the northern caldera wall (Figure 4). To the south, east, and west, Subunit 2 is present to the edge of the investigated area with no notable change in thickness or grainsize. It is inferred to extend well beyond the area, as does Subunit 1.

Subunit 3

Subunit 3 was observed in situ in the HVR159 push core where it had a thickness of ∼3 cm (Figure 6). In mixed samples, componentry shows that elongate tube-vesicle particles are a minor fraction (6–15%) of samples taken from the southwest caldera rim, caldera floor, and a single sample taken on the northeast caldera rim (Figure 5). The highest concentration of elongate tube-vesicle clasts occurs at HVR070 (50%) where the deposit is approximately 0.5 m thick and comprises ash to coarse lapilli (Figures 2e, 5). A similar-looking but unsampled deposit overlies Lava G (Figure 2f). Three samples taken south of Dome OP contain 4–6% of these clasts (Figure 5). The granulometry and componentry of mixed samples indicate fining of elongate tube-vesicle clasts away from Lava G. This can be seen as a decrease in modal elongate tube-vesicle clasts from larger than -2 φ (4 mm) in HVR070 (nearest sample to Lava G) to smaller than 2 φ (0.25 mm) in HVR283 (4 km from Lava G). A general fining trend in elongate tube-vesicle clasts away from Lava G is also observed through samples HVR031, HVR159, HVR163, and HVR132.

Subunit 4

Subunit 4 is a ∼2 cm thick layer (Figure 6) observed on the seafloor at locations HVR132, and HVR163, and in push core HVR159. Microcrystalline grains characterize Subunit 4, and these are found in samples from two separate areas (Figure 5). A western area trends northeast across the caldera floor from the southwest caldera rim and is denoted S4w (Figure 5). An eastern area, S4e, with microcrystalline particles is around Dome OP (Figure 5). All seafloor observations of Subunit 4 were made in the western S4w area (Figure 5). There are no apparent differences between clasts of S4w and S4e (Figure 5).

Limitations

The stratigraphic framework presented above (Figure 6) represents a best estimate from the available data, but we recognize significant potential sources of error. Our ROV sampling techniques did not generally preserve layering, and did not always produce a surface that would allow visual observations of layering. Sampling of the AL unit was also restricted to the proximal depositional areas studied. Despite these limitations, the combination of ROV observations, key samples with preserved layering, and distinctive particle populations give us confidence that the proposed subunits and their mapped distributions adequately represent the seafloor deposits.

Grain Morphology

Glassy vesicular, elongate tube-vesicle, and microcrystalline particles are split into subclasses based on morphology or vesicle form. Glassy vesicular grains show three subclasses; curvi-planar, angular, and fluidal particles (Figures 3c, 7). Curvi-planar clasts are defined by planar and curvi-planar surfaces that intersect to form sharp edges (Figures 3c, 7a–c) and include both platy and sub-equant blocky clasts. Vesicles in curvi-planar clasts are cross-cut by fracture surfaces, which show no deformation around the bubble (Figure 7a). Angular clasts have prominent concavities defined by brittle-fractured vesicle walls (Figures 3e, 7d–f). Fluidal clasts have exterior features indicating surface-tension or fluid-dynamic reshaping of the grains while molten. Fluidal clasts include both those with a wholly fluidal form, and those that preserve a single fluidal surface (Figures 3c, 7g,h). Fluidal particles are often cross cut by undeformed curvi-planar fracture surfaces (Figures 7g,h).
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FIGURE 7. SEM images of representative particles from the different componentry classes; curvi-planar (a–c), angular (d–f), fluidal (g–i), and elongate tube (j–l). In curvi-planar clasts, fracture surfaces cross cut vesicles. Angular particles are bound by fractured vesicle walls with grain morphology dominantly controlled by vesicle texture (d–f). Fluidal particles are defined based on features that are indicative of molten behavior syn/post-fragmentation. This includes ductile reshaping (g), particle welding (h), and post-fragmentation vesicle inflation (i). (j–l) Clast-surface textures of elongate tube particles. Note the different scales across images.



Microcrystalline particles, by contrast, show only two subclasses; curvi-planar and angular grains (Figure 3c). Curvi-planar clasts are typically weakly- to non-vesicular, defined by planar and curvi-planar surfaces that intersect to form sharp edges and include both platy and sub-equant blocky clasts (Figure 3c). Angular clasts generally show moderate-vesicularity, with vesicle walls producing complex particle shapes (Figure 3c).

Elongate-tube particles are categorized into three different subclasses; elongate tube-angular, elongate tube-ribbed, and elongate tube-fluidal (Figures 7j–l). Elongate-tube angular particles are elongate with concave surfaces defined by brittle-fractured bubble walls (Figure 7j). Elongate-tube ribbed grains show surface ribs that run parallel to the vesicle and clast elongation direction (inferred to be outer tube-vesicle walls) (Figure 7k). The surface ribs have smoothly undulating surfaces and are typically unmarked by vesicles. Elongate tube-fluidal particles have flowing, molten, surfaces on which peaks or droplet-like features are present; they show evidence of ductile necking (Figure 7l).

SEM SE images were montaged and used to count particles of different shapes for 3 φ (125 μm), 4 φ (63 μm), and smaller than 4 φ (63 μm) fractions in samples containing few or no microcrystalline clasts. Subunits 1 and 2 are composed dominantly of curvi-planar particles smaller than 3 φ (Figure 8). These curvi-planar particles make up between 50 and 86% of the total sample, with a relatively consistent abundance in each grainsize fraction (Figure 8). Over the same grainsize range, there are between 2 and 45% angular clasts in S1 and S2, showing an increase in abundance with decreasing grainsize; 12% at 3 φ, to 22% for smaller than 4 φ (Figure 8). Fluidal clasts make up 3–35% of clasts in S1 and S2, decreasing with particle size from an average of 19% at 3 φ to 7% for smaller than 4 φ (Figure 8).
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FIGURE 8. SEM point-count componentry data for 3 φ, 4 φ, and 5–8 φ grainsize fractions. The proportion of fluidal, angular, and curvi-planar particles from natural samples composed dominantly of glassy vesicular clasts (S1 and S2) are shown. Samples show a decrease in the proportion of fluidal ash with decreasing grainsize, and a corresponding increase in angular particles.



Microtextural Descriptions

Microtextures of AL unit ash from -1 φ (2 mm) particles to those smaller than 4 φ (63 μm) are characterized by distinctive vesicle and microlite textures. In all clast types phenocrysts compose <5% by solid area, generally in 70–300 μm clusters of euhedral plagioclase and pyroxene.

The groundmass of glassy vesicular clasts is >95% glass, with a microlite population of acicular plagioclase and pyroxene (Figures 9a,b). Glassy vesicular clasts are typically moderately to highly vesicular and show a wide range of vesicle size populations, textures, and degrees of vesicle deformation. Vesicles are typically sub-round to round in 2D and range in cross-sectional diameter from <6 up to ∼500 μm. Vesicles smaller than 20 μm are typically isolated, while larger vesicles display more-complex shapes resulting from coalescence and bubble interaction. Vesicles in fluidal glassy vesicular clasts exhibit a range of features indicating ductile behavior of the melt during and after fragmentation, such as inflated bubble walls which protrude from outer clast surfaces, and dense rims unbroken by vesicles enclosing highly vesicular clast cores (Figures 9g–h). Some fluidal grains also display several domains in single clasts defined by vesicular cores surrounded by a convex dense fluidal rim (Figure 9h).
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FIGURE 9. SEM images illustrating representative microtextures of glassy vesicular (a,b), microcrystalline (c,d), elongate tube-vesicle (e,f), and glassy vesicular fluidal (g,h) components (scale bars are 100 μm unless otherwise noted). Glassy vesicular particles show rounded vesicles and dominantly glassy groundmasses. Microcrystalline particles show a range of both groundmass crystallinity and vesicle textures (c,d), in (c) three microcrystalline grains can be observed each showing differing crystallinities show plagioclase (Plg) and pyroxene (Pyx) microlites. Groundmass-hosted cristobalite (C) is common (c), textures of mingling between melt of different crystallinities are rarely observed (d). Elongate tube-vesicle grains are generally glassy with aligned sheared vesicles and microlites (e,f). Around phenocrysts strain shadows (SS) can occasionally be observed (f). The fluidal particles show a Pele’s Tear-like structure with a highly vesicular core and a dense glassy rim (g,h). In the case of (h) the Pele’s Tear structure appears domainal with several separate vesicular cores and dense rims.



The groundmass of microcrystalline grains contains 8–35% acicular plagioclase, pyroxene, and Fe–Ti oxide microlites, calculated using ImageJ (Figures 9c,d). Plagioclase microlites display swallowtail and hopper forms (Figures 9c,d). The characteristics and textures of microcrystalline particles differ between grains (Figures 9c,d). One grain also shows apparent mingling of two melts of differing microlite populations (Figure 9d). There is cristobalite, both vesicle-hosted and groundmass-replacing, in ∼20% of observed microcrystalline clasts. Vesicles in microcrystalline clasts are generally isolated from one another and have ragged forms that result from the interaction of bubble walls with the microlite population (Figure 9d).

Elongate tube-vesicle clasts have >95% groundmass glass with dominantly acicular pyroxene microlites and minor plagioclase (Figures 9e,f). Elongate tube-vesicle clasts show generally weak to moderate vesicularity. Vesicles are generally highly elongate, with tube to pipe-like morphologies in 3D and lengths from ∼10 μm to those that traverse the whole length of clasts. The microlites in elongate tube-vesicle clasts are aligned parallel with the vesicle- and clast-elongation direction (Figures 9e,f). The smallest vesicles in some particles (<20%) (<10 μm) have circular cross-sectional forms and appear undeformed. Asymmetrical strain shadows can be observed around phenocrysts with vesicles and microlites wrapping around in distinctly flow-like patterns. In the strain shadows vesicles display rounded to sub-rounded forms.



INTERPRETATIONS

Timing, Eruption, and Pyroclast Transport Processes

Subunit 1

Subunit 1 drapes topography, which suggests deposition from suspension in the water column. The wide distribution of this subunit (Figure 10a) requires that the height from which the bulk of the grains settled must have been shallower than 700 mbsl, the highest point on the caldera rim. No thinning of Subunit 1 is apparent, but it does fine with distance from Dome OP; we infer that this indicates eruption from a source vent now covered by Dome OP (Figure 4). The lack of any apparent internal stratification indicates that the deposition of S1 was broadly continuous (Figures 2a–d).
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FIGURE 10. (a) Bathymetric map showing Havre caldera along with the distributions/outlines of the clastic deposits produced during the 2012 Havre eruption where: GP unit – white dashed, ALB unit – white dash and dots, S2 – green, S3 – yellow, S4w – dark blue, and S4e – light blue. Solid line indicates a deposit boundary constrained by sample characteristics, while the dashed boundary are constrained by bathymetry, seafloor texture, etc. Subunit 1 (purple) is present at all sample sites with no change in thickness or grainsize, and is interpreted to extend well beyond AUV-mapped area. The inferred locations of the sources for each subunit are denoted by stars. (b) An idealized stratigraphic cross section through the Havre eruption deposits [generalized location shown on (a)] showing temporal and spatial relations of deposits from various vents. Three stages have been identified for the Havre eruption reflecting changes in style and location, from dispersed effusive to fragmental eruption focused on a single vent, then to dispersed effusive with weakly pyroclastic behavior.



The dominance of glassy vesicular ash in S1 indicates fragmentation of a relatively homogeneous magma (Figures 3, 5). The extremely low microlite content (Figures 9a,b,g,h) indicates a high degree of magma undercooling. The modal grainsize of S1, 0.5–3.5 φ (Figures 4, 6) suggests reasonably energetic fragmentation of the magma (Büttner et al., 2002; Zimanowski et al., 2003; Dürig et al., 2012a), while predominant curvi-planar ash morphologies indicate brittle fragmentation (Heiken, 1972; Dürig et al., 2012b; Gonnermann, 2015; Liu et al., 2015; Figure 8). Although direct fingerprinting of hydromagmatic fragmentation is difficult (White and Valentine, 2016), the combination of fine particles <0.5 mm across the dispersal area and even proximal to the vent, and the dominance of curvi-planar particles with stepped fractures, points toward magma water interaction-driven fragmentation (e.g., Wohletz, 1983; Büttner et al., 1999, 2002; Austin-Erickson et al., 2008). Fluidal rhyolitic ash grains in S1 (Figure 7) indicate that viscous fragmentation mechanisms were also important (Walker and Croasdale, 1971; Porritt et al., 2012). Fluidal ash grains also suggest unusual magma rheology during fragmentation in the Havre eruption. Wholly fluidal clasts cannot have been produced by abrasion from larger particles and must have been produced by a primary volcanic fragmentation mechanism.

Clasts in Subunit 1, the raft pumice, the GP unit, and the ALB unit are all composed of dominantly glassy material with variable vesicle populations and textures (Rotella et al., 2015; Carey et al., 2018; Figures 9a,b,g,h), and are distinct from clasts of S3 and S4. Stratigraphically, S1 directly overlies the GP unit, and almost all our seafloor observations of S1 were made from deposits lying on GP clasts. It is not known whether any S1-equivalent ash underlies the GP unit, and the relationship of S1 to the ALB unit is also unknown. The AL unit is much thinner and patchier where it overlies the caldera rim lava domes (Figures 2g–k), and there is little or no S1 signature in sample HVR255 (Figure 5) from on top of Dome O. These relationships suggest that deposition of S1 began prior to effusion of the caldera rim domes F–O. Given its groundmass microtextural similarities to pumice in the GP unit and raft pumice (Rotella et al., 2015; Figure 9), its position immediately overlying GP (Figure 10b), and observational evidence that it possibly predates domes F–P (Figures 2g–k), we infer that Subunit 1 is associated with the eruption phase that produced the raft pumice, synchronous with or subsequent to deposition of the GP unit (Manga et al., 2018; Mitchell et al., 2018). The presence of a discolored water plume associated with the Havre pumice raft in MODIS images (Carey et al., 2014, 2018; Jutzeler et al., 2014) indicates significant quantities of ash in the water column during emplacement of the pumice raft (Figure 1).

The S1 deposit is inferred to have formed through settling of ash dispersed over a wide area by a buoyant plume (Figure 11a). The eruption that generated the plume is inferred to have occurred from the same vent that produced the pumice raft and the GP unit now below Dome OP. Modal S1 grains, 500–125 μm, would have settled through 700–1500 m of seawater over 3–52 h if released from the top of the water column (Ferguson and Church, 2004). This settling rate could have been significantly increased through the formation of vertical density currents (e.g., Manville and Wilson, 2004), or somewhat reduced by hindered-settling effects (Druitt, 1995). To produce the observed stratigraphic relationship of S1 overlying GP clasts, we suggest that S1 and the GP deposits were generated during distinct events, with intervening time sufficient that settling produced the GP deposit before deposition of S1 began (Figure 11a). Particle morphology of S1 ash grains is inconsistent with an origin by abrasion of raft pumice, and the presence of fluidal ash in S1 further suggests that part of the magma was fragmented without direct water contact. Fragmentation to produce S1 ash is thus inferred to have been driven by a range of processes, some “dry,” but overall mostly driven by direct magma–water interaction, and most probably at the same time as the pumice raft was formed.
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FIGURE 11. Conceptual model for generation of the various subunits of the seafloor AL unit at Havre. (a) Subunits 1 and 2 are inferred to have been formed from the same eruption [at time 1 (T1) and time 2 (T2), respectively], along with the ALB unit and pumice raft. Energetic wet and dry fragmentation of a highly undercooled, ascending, vesiculating magma generated abundant fine particles that were dispersed in an overlying convective column, fallout from which formed S1. Partial or whole-scale collapse of the column, possibility due to vent widening, lead to the formation of density currents. Rapid deposition of the coarse fraction produced the ALB unit surrounding the vent. The remaining dilute flow was then dispersed widely, and from it S2 was deposited. (b) Subunit 3 formed during weakly pyroclastic ash venting during the eruption of Lava G. Far-reaching dispersal of the ash occurred in a weak convective column overlying the source of the pyroclastic activity. (c) Subunit 4w is inferred to have been formed following caldera wall collapse. Exposure of the hot microcrystalline core of Lava G (+H and I?) to the ambient water resulted in fine-scale fragmentation and dispersal.



Subunit 2 (a and b)

Subunit 2 has a well-defined depositional limit along the northern caldera wall and is thicker on the caldera floor than on the caldera rim (Figure 10), indicating a strong topographic control on its deposition. Subunit 2 shows no internal stratification or grading, indicating continuous deposition (Figures 2a–c). The lack of S2 deposits on the northern caldera rim suggests that S2 ash was erupted from a vent on the southern caldera rim. The extremely fine modal grainsize of S2 would result in particle settling times of ∼1–3 months in still water (Ferguson and Church, 2004) from a height of 500 m above the depositional surface (the height of the caldera walls), though the formation of vertical density currents (e.g., Fiske et al., 1998; Manville and Wilson, 2004) or particle aggregation (Wiesner et al., 1995) could have increased the rate of deposition. The presence of S3 and S4 as discrete layers within S2 is consistent with an inference of prolonged S2 deposition (Figure 10b).

Subunit 2 is composed of glassy vesicular ash, indicating fragmentation of a highly undercooled broadly homogeneous magma. The modal grainsize of 6–5 φ indicates highly energetic fragmentation (Büttner et al., 2002; Zimanowski et al., 2003; Dürig et al., 2012a).

Like those of S1, S2 ash grains are broadly similar in groundmass microtexture to the raft pumice (Rotella et al., 2015), the GP unit blocks, and particles of the ALB unit. All comprise dominantly glassy material with varied vesicle populations and textures. Subunit 2 overlies S1 across a gradational contact (Figures 2a–c), suggesting continuous deposition; we infer that S1 and S2 are probably both deposits from the same eruptive event.

Subunit 2 is inferred to have been emplaced from an extremely dilute suspension flow, shed from the same eruption column from which S1 was dispersed (Figure 11a). The flow spread radially from an eruption column fed by the vent now filled with Dome OP. On entering the caldera the flow is inferred to have acted in a similar manner to a density current entering a restricted basin (e.g., Pickering et al., 1992; Edwards et al., 1994; Mulder et al., 2009; Pickering and Hiscott, 2009; Talling et al., 2012). Reflection between steep caldera walls caused the flow to pond, resulting in a thickened deposit of S2 compared with outside the caldera. We infer that S2 comprises more-distal and dilute deposits of density currents that also emplaced the ALB unit (Figure 10). Rapid slowing of the flow by condensation of any volatile component and friction of the water would result in rapid deposition of coarse suspended material to produce the ALB unit. The deposition of S2 is inferred to have been slow, but the initial generation and injection into the water column of particles was rapid. Over the time during which S2 was being deposited, eruptive activity at the caldera-rim domes and syn-eruptive mass-wasting activity rapidly emplaced S3 and S4, with deposition of S2 continuing afterward (Figure 10b).

Subunit 3

Subunit 3 drapes topography, indicating deposition by settling from the water column, and fines and thins away from Lava G (Figure 10a). No vent structure is apparent at or near Lava G and we cannot confidently infer a precise source location. The morphological similarity between elongate tube-vesicle clasts that compose S3 and the carapace of Lava G, in addition to S3’s thinning and fining trends, suggests that Lava G was the source of S3. Stratigraphically S3 overlies S2a above a gradational contact. Our interpretation is that the deposition of S3 closely followed the eruptive phase that produced the GP deposit, the raft pumice, the ALB, S1, and S2a deposits. Rapid thinning of S3 from ∼0.5 m thick at 150 m distance (HVR070) to 2 cm thick at 900 m distance (HVR159) along with fining away from Lava G suggest a low-intensity eruptive mechanism.

Subunit 3 is composed of elongate tube-vesicle clasts characterized by tube/pipe vesicles (Figures 7j–l, 9e,f). Elongate tube-vesicle clast morphology in S3 indicates both brittle and viscous deformation, before or during fragmentation (Figures 7j–l; Heiken, 1972).

The generation of an ash deposit by fallout from a lava flow implies an additional process(es) that drove extensive fragmentation and vertical transport of particles. Viscous fragmentation, as suggested by particle morphology in S3, indicates that fragmentation cannot have been driven by quenching alone, since water contact would rapidly cool the magma preventing viscous deformation. Subunit 3 is therefore inferred to be a fallout deposit produced by weak pyroclastic activity during explosive–effusive effusion of Lava G (Figure 11b).

The inference that S3 was generated by explosive–effusive activity implies that Lava G was being actively extruded at the time of S3 deposition (Schipper et al., 2013; Cole et al., 2014; Black et al., 2016). The apparently sharp upper contract of S3 with S4w indicates termination of S3 ash venting prior to onset of S4w deposition.

Transitional explosive–effusive ash venting in subaerial eruptions of silicic magma appears relatively common (e.g., Kennedy and Russell, 2012; Schipper et al., 2013; Cole et al., 2014; Black et al., 2016). The generation of S3 in the deep subaqueous environment would result in modified explosive–effusive behavior, with decreased volatile exsolution due to increased hydrostatic pressure. This would result in a proportional decrease in the depth at which shear induced permeability begins, and a decrease in explosivity. In addition, a reduced magma viscosity, due to decreased exsolution, would result in a greater influence of ductile deformation on permeability development as opposed to brittle fracturing.

Subunit 4w

Subunit 4w occurs both on the caldera rim and caldera floor with microcrystalline clasts apparently concentrated around Lava C on the caldera floor (Figure 5). Stratigraphically S4w directly overlies S3 across a sharp boundary (pushcore HVR159; Figure 3), and at other sites where S3 is not present overlies 2 cm of S2a (HVR132 and HVR163; Figures 2a,b). The sharp basal contact of S4w suggests a rapid onset to deposition at around the same time as production of S3 ceased. Slow inferred accumulation of S2 and its consistent 2 cm thickness below S4w suggest that deposition of S4w began a significant time (weeks?) after the termination of the S2 – forming phase of the Havre eruption.

The microcrystalline clasts that characterize both S4w and S4e were derived from a relatively dense crystalline sources (Figures 9c,d). We infer from this that dome-forming lavas had been, or were being, emplaced at the time S4 formed. Deposition of S4w coincided with or followed termination of S3 emplacement (Figure 11c). Subunit 4w is most abundant at the base of the southwest caldera and we suggest that S4w formed when partial collapse of the caldera wall truncated Lavas G, H, and I. Evidence for partial caldera wall collapse following the emplacement of Lavas G, H, and I can be seen in the sharp truncation of these lavas along their northern edge by a scallop-shaped scarp (Figure 1). The collapse fed a debris avalanche, the deposits of which can be seen in bathymetry of the caldera floor (Carey et al., 2018). We suggest that the collapse permitted water interaction with the hot exposed cores of Lavas G, H, and I, and would have led to MFCI and quench fragmentation (Austin-Erickson et al., 2008), with the particles then deposited from suspension to form S4w.

Subunit 4e

Subunit 4e is present around Dome OP, extends downslope to the north (Figures 10a, 11c) and is composed of microcrystalline clasts. The spatial distribution of S4e indicates a source where Dome OP is located. No thinning or fining trends for S4e could be established. Dispersal is inferred to have been driven by weak sediment-gravity flows. Stratigraphically S4e overlies S1 and S2a, but its relationship to S3 and S4w is uncertain. Microcrystalline particles indicate that S4e was probably generated by fine fragmentation of Dome OP, and we infer that S4e represents the finest-grained fraction of material produced by fragmentation of Dome OP during its emplacement. Meter to decimeter scale blocks cover and extend beyond the slopes of Dome OP and indicate broad fracturing and fragmentation of the lava during extrusion. The exact mechanism driving fine-scale fragmentation in S4e remains unclear.

Eruption and Timing of Havre Depositional Events: Constraints From the AL Unit

Stage 1: The initial phase of the Havre eruption produced Lavas A–E on the caldera floor (Figure 1) at some time after the 2002 bathymetric survey of Wright et al. (2006) and prior to the raft pumice phase observed at the sea surface 18–19 July 2012 (Carey et al., 2018; Figure 10b). Lavas A–E are inferred to have been emplaced weeks prior to the generation of the pumice raft based on earthquake data (Carey et al., 2018).

Stage 2: Stage 2 includes the pumice raft, GP and ALB units, S1 and S2 subunits (Figure 10b). The pumice raft has been inferred to have been generated at the same time as the GP unit was deposited on the seafloor (Carey et al., 2018; Manga et al., 2018). Seafloor stratigraphy indicates that deposition of the GP unit was followed, first, by deposition of S1 and the ALB. The precise stratigraphic relationship between S1 and ALB is uncertain, but both are overlain by S2a. Based on the similarities in vesicularity, ash shape, and clast groundmass microtextures, we infer that these deposits were erupted from a single vent now beneath Dome OP. The ALB unit, S1, and S2 all overlie the GP deposit, and were probably formed at the time of the pumice raft’s generation, ±days depending on the exact eruption mechanics. The deposition of the extremely fine-grained subunit S2a continued for longer because of the extremely slow settling rates of the extremely fine ash.

Stage 3: During late-stage deposition of S2, two ash subunits, S3 and S4, inferred to have been generated during lava effusion were deposited. Both are underlain by S2a. The inferred slow deposition of fine ash in S2a suggests a significant time break between the start of deposition of S2a and the deposition of S3 and S4. The 2 cm of S2a underlying S4w suggests that this time break may have been on the order of weeks. Subunit 3 was generated prior to S4w by ash venting that was probably simultaneous with effusion of lava G. The indication of a time break between the deposition of the ALB unit, S1, and S2 before the generation of S3 during the effusion of lava G is consistent with the observed lack of the AL unit overlying lavas F–O (Figures 2g–k). The effusion of lavas F–O is therefore inferred to have occurred days to weeks after the eruption that generated the ALB unit, S1, and S2.

The deposition of S4w resulted from gravitational collapse of the southwest caldera wall around lavas G, H, I. We suggest that the collapse of Lava G in this event terminated S3 deposition. Fine fragmentation to produce S4w is inferred to have occurred through interaction between the hot exposed cores of the lavas and ambient seawater.

Ash Generation During the Raft-Forming Phase

Subunits 1 and 2a overlie a seafloor deposit of giant pumice blocks and are composed of fine ash showing curvi-planar, angular, and fluidal morphologies that indicate a complex fragmentation environment. Ash grainsize and shape data from S1 and S2 point to energetic fragmentation (Büttner et al., 2002; Zimanowski et al., 2003; Dürig et al., 2012a) driven dominantly by direct interaction of magma with water (e.g., Wohletz, 1983; Büttner et al., 1999, 2002; Austin-Erickson et al., 2008; Figures 3, 4), but with an important component of ash having fluidal surfaces that suggest primary hot-state fragmentation of magma isolated from direct water contact (Walker and Croasdale, 1971; Porritt et al., 2012). These inferences point toward the formation of S1 and S2 in an eruption with explosive fragmentation of a highly undercooled vesiculating magma. This eruption generated a vapor-rich eruptive jet and high convective plume from which dilute density currents were generated.

An effusive eruption style unique to the subaqueous environment has previously been inferred for the eruption of the pumice raft and the seafloor GP unit during the Havre eruption (Manga et al., 2018). The presence of S1 and S2 and evidence of their association with the pumice raft presented here indicate that the eruption mechanism presented by Manga et al. (2018) needs to be expanded or modified to include explosive ash generation through both magma–water interaction and dry fragmentation. Ash generation through magma–water interaction may be compatible with the model proposed by Manga et al. (2018); the model’s strain-induced fracturing of melt could provide conditions for induced fuel-coolant fragmentation (Austin-Erickson et al., 2008). The fluidal ash grains require a different process.

Limitations on Estimating the Volume of the Ash and Lapilli Unit

The stratigraphy of the AL unit presented in Figure 10 represents the intra-caldera and near-caldera deposits, but all ash subunits described here extend beyond the study area in one direction or another. A volume of <0.1 km3 was presented by Carey et al. (2018) for the AL unit within the 35 km2 study area. There is no evidence of thinning in S1, S2, or even S4w, suggesting that these deposits extend well beyond the study area. Whole-deposit volumes are notoriously difficult to estimate even for comparatively well-understood subaerial dispersal systems (Bonadonna et al., 2015, 2016), and depend critically on treatment of the distal deposits for which we have no information at Havre. The ash component of the 2012 Havre eruption may represent a quite significant component of the overall eruptive volume. The plume of discolored water observed in MODIS imagery on 18–19 July 2012 (Carey et al., 2014, 2018; Jutzeler et al., 2014) also points to a significant population of fines that were carried away from the volcano.

Broader Implications

The 2012 Havre eruption constitutes a key laboratory in the study of large subaqueous silicic eruptions. The results of this study therefore have broader implications both for interpretations of the 2012 Havre eruption, and of other deep subaqueous silicic eruptions. Seafloor products of the 2012 Havre eruption have significant ash in proximal deposits, along with evidence that a substantial population of fines was transported off the volcano. The ash generated during the 2012 Havre constitutes a significant proportion of total fragmental material and represents an even larger proportion of eruptive energy; it must be accounted for in future eruption models.

Ancient subaqueous deposits often appear fines-poor, with ash forming only a minor component (Allen and McPhie, 2000; Kano, 2003; Raos and McPhie, 2003; Stewart and McPhie, 2004). Widespread dispersal of ash at Havre even from weakly explosive (e.g., S3) or non-explosive subaqueous eruptive events (e.g., S4e), along with reworking, provides a possible explanation for the observed lack of thick fines in ancient subaqueous proximal deposits.

A range of ash morphologies are observed in S1 and S2 produced by the higher intensity eruptive phase during which the 18–19 July 2012 pumice raft was generated. These ash morphologies display signatures of both phreatomagmatic and magmatic fragmentation processes during the same eruptive phase. This indicates a spatially and temporally varied fragmentation environment for S1 and S2, and such variability may be typical of intense silicic eruptions in subaqueous environments.



CONCLUSION

Characteristics of the AL unit presented here constrain our interpretation of the 2012 Havre eruption. The ash-dominated AL unit comprises four subunits. The subunits were generated by different eruptive processes from three locations. Ash particles of subunits S1 and S2 formed from a highly undercooled vesiculating magma. Subunit S1 overlies a seafloor deposit of giant pumice blocks and contains curvi-planar, angular, and fluidal particles indicating a complex fragmentation environment, from which water was excluded from places or at some times. Subunit 2, an extremely fine ash (6–5 phi) records highly effective fragmentation, with particles taking weeks to settle from the water column. Before 2 deposition was complete, lavas F–O were erupted and ash was generated first by ash venting from a vent also responsible for Lava G (S3), and then by interaction between the exposed hot lava and seawater (S4w) following gravitational collapse of the caldera wall, and related to the mass wasting event itself. At about the same time, S4e was dispersed around Dome OP and down into the caldera, probably as the result of extrusion, brecciation, and/or syn–post-eruption reworking.

More broadly, we find that these ash deposits provide information critical to reconstruction of the eruption sequence and processes. This suggests a way to strengthen work on modern submarine volcanoes, at which ash is systematically under-collected by dredging operations, and studies of ancient centers, where typical studies of the proximal deposits neglect detailed work on ash to focus on coherent rocks and breccias.
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The early development and growth of oceanic volcanoes that eventually grow to become ocean islands are poorly known. In Hawai‘i, the submarine Lō‘ihi Seamount provides the opportunity to determine the structure and growth of such a nascent oceanic island. High-resolution bathymetric data were collected using AUV Sentry at the summit and at two hydrothermal vent fields on the deep south rift of Lō‘ihi Seamount. The summit records a nested series of caldera and pit crater collapse events, uplift of one resurgent block, and eruptions that formed at least five low lava shields that shaped the summit. The earliest and largest caldera, formed ∼5900 years ago, bounds almost the entire summit plateau. The resurgent block was uplifted slightly more than 100 m and has a tilted surface with a dip of about 6.5° toward the SE. The resurgent block was then modified by collapse of a pit crater centered in the block that formed West Pit. The shallowest point on Lō‘ihi’s summit is 986 m deep and is located on the northwest edge of the resurgent block. Several collapse events culminated in formation of East Pit, and the final collapse formed Pele’s Pit in 1996. The nine mapped collapse and resurgent structures indicate the presence of a shallow crustal magma chamber, ranging from depths of ∼1 km to perhaps 2.5 km below the summit, and demonstrate that shallow sub-caldera magma reservoirs exist during the late pre-shield stage. On the deep south rift zone are young medium- to high-flux lava flows that likely erupted in 1996 and drained the shallow crustal magma chamber to trigger the collapse that formed Pele’s Pit. These low hummocky and channelized flows had molten cores and now host the FeMO hydrothermal field. The Shinkai Deep hydrothermal site is located among steep-sided hummocky flows that formed during low-flux eruptions. The Shinkai Ridge is most likely a coherent landslide block that originated on the east flank of Lō‘ihi.

Keywords: caldera, pit crater, landslide, channelized flows, hummocky flows, Lō‘ihi Seamount


INTRODUCTION

The timing of development of shallow sub-caldera magma chambers and their overlying calderas remains uncertain in basaltic volcanoes. In Hawai‘i, this uncertainty reflects disagreement about whether the summit plateau of the submarine Lō‘ihi Seamount is a caldera complex. Lō‘ihi Seamount is the youngest volcano in the nearly 8000 km-long Hawaiian-Emperor volcanic chain that stretches across the north Pacific (Clague and Dalrymple, 1987). The seamount is located at the southeastern end of the Hawaiian Islands (Figure 1). Emery (1955) named Lō‘ihi and presented the first of several bathymetric charts showing the north-south elongate shape of the volcano and suggested that Lō‘ihi and nearby Papa‘u (Figure 2) might mark the locations of young submarine volcanoes related to the Hawai‘ian volcanic chain. It was not, however, until the Hawai‘ian Volcano Observatory’s seismic network detected earthquake swarms in 1971–1972 and 1975 located beneath the volcano (Klein, 1982; Bryan and Cooper, 1995) that Lō‘ihi was recognized as an active submarine volcano and the youngest in the Hawai‘ian-Emperor chain. That Lō‘ihi was an active volcano was quickly confirmed when fresh, glassy lava samples were recovered (Moore et al., 1979, 1982; Frey and Clague, 1983; Garcia et al., 1989), and active hydrothermal vents and deposits were identified and sampled near the summit (Malahoff et al., 1982; De Carlo et al., 1983; Karl et al., 1988, 1989). Since that time, Lō‘ihi has been the focus of intense study with numerous oceanographic expeditions and Pisces IV and V, ALVIN, MIR, and Shinkai 6000 submersible and Kaiko and Jason remotely operated vehicle (ROV) dives that have collected samples and made visual and video observations. In 1996, an intense seismic swarm (Caplan-Auerbach and Duennebier, 2001a,b) accompanied the formation of a new pit crater named Pele’s Pit (Lō‘ihi Science Team, 1997) and initiation of sulfide/sulfate deposition inside it (Davis and Clague, 1998; Davis et al., 2003), and again invigorated scientific work at Lō‘ihi. The formation of the summit pit crater in 1996 has renewed importance as summit collapse has recently occurred at Kīlauea Volcano.
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FIGURE 1. Location map showing the Hawaiian Islands from Kaua’i to the northwest to Hawai‘i at the southeast. Multibeam bathymetry around the islands is shown with one-km contours from 1 to 5 km below sea level. Lō‘ihi Seamount is labeled and the box shows the extent of Figure 2.
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FIGURE 2. Regional map of Lō‘ihi Seamount, the surrounding seafloor, and the subaerial south flank of the island of Hawaii. Bright colored bathymetry indicates Simrad EM302 bathymetric data collected in 2014 from the R/V Falkor and gridded at 50 m. The underlying faded bathymetry is lower resolution data collected earlier (Smith et al., 2002). The summit calderas of Kīlauea and Mauna Loa are labeled, as are the Punalu’u and Papa’u slumps (Moore and Chadwick, 1995; Morgan et al., 2003). The red line surrounding Lō‘ihi is the extent of high-backscatter lava flows (modified from Holcomb et al., 1988). The letter L indicates the locations of flank landslides on Lō‘ihi Seamount. Color ramp for this and subsequent figures is blue for deep to orange for shallow.



The uncertainty about whether the summit of Lō‘ihi Seamount is a caldera complex results from the prior lack of high-resolution bathymetry of the summit. This study presents and discusses results from three surveys done at different resolutions. The first is a GPS-navigated bathymetric survey collected in 2014 using a Simrad EM302 0.5° × 1° system on the R/V Falkor, operated by the Schmidt Ocean Institute (Figure 2). The second is a high-resolution deep-tow Reson 8101 sonar survey done in 1997 (Figure 3) to plan the cable route for the Hawaii Undersea Geological Observatory (HUGO) (Duennebier et al., 2002). The third, and highest resolution, is surveys by AUV Sentry, operated by Woods Hole Oceanographic Institution (e.g., Figure 4). The deep-tow and Sentry surveys required extensive post-processing to clean noise and adjust for navigation offsets; all the data could not be recovered, especially for the deep-tow survey. These high-resolution surveys, coregistered to the GPS-navigated EM302 survey collected by the R/V Falkor for the entire volcano, allow us to take a new and more detailed look at the morphology and structure of Lō‘ihi Seamount, including the formation of Pele’s Pit in 1996.
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FIGURE 3. Towed Reson bathymetric survey collected prior to laying the cable to the HUGO seafloor observatory. The survey was collected in 1998 by SAIC using a towed system with limited navigational control. The survey has been adjusted to be co-located with the EM302 GPS-navigated data collected in 2013. Not all data from this survey could be re-located. In addition, the swaths on the north rift could not be matched to the underlying ship data and are either mislocated by being too far west or have a depth offset of about 50 m to deeper depths. The map is gridded at 10 m.
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FIGURE 4. (A) AUV Sentry multibeam bathymetry showing the combined map of missions 164–172, [except 168 and 170] of Lō‘ihi’s southern summit platform collected in 2013. The red box is the extent of (B). (B) Close up of Pele’s Pit showing the scalloped margin and ridges perpendicular to the rim. The three red dots are the locations of known vent fields inside Pele’s Pit. The data are gridded at 5 m instead of the 1.5 m resolution of individual swaths. Pele’s Pit data are gridded at 2 m and background Simrad EM302 data are gridded at 20 m.





PREVIOUS WORK

Lō‘ihi Seamount has been mapped repeatedly as mapping and navigation technologies improved. Despite the intensity of scientific research on Lō‘ihi, detailed descriptions and discussion of its geomorphology and structure are largely based on visual or video observations and single sonar beam or low-resolution multibeam surveys. The earliest surveys were done by the U.S. Navy in the 1950s and formed the basis of the Emery (1955) identification and naming of Lō‘ihi Seamount. The Navy also collected a multibeam survey using SASS (Malahoff et al., 1982; Malahoff, 1987). A single-beam survey in 1981 (Moore et al., 1982) located the seamount accurately and showed that the summit was generally flat at a depth slightly greater than 1000 m and had several collapse pits each several 100 m deep, as depicted in their Figure 2 and in Figures 6.3, 6.4 in Malahoff (1987). Two sidescan surveys followed using the towed Sea MARK II (Smith et al., 1994) and the GLORIA system (Holcomb et al., 1988; Holcomb and Robinson, 2004). Much of this work, as well as most sampling of lava flows and hydrothermal deposits, was done before GPS navigation was available or available 24-h per day (Moore et al., 1982; Malahoff, 1987; Fornari et al., 1988; Chadwick et al., 1993). The initial surveys by Moore et al. (1982) and Malahoff (1987) were superior to some later surveys in that navigation was done using triangulation with a radar-frequency transponder positioning system from shore-based stations on the Island of Hawaii.

Modern GPS or differential GPS navigated multibeam surveys (MBARI Mapping Team, 2000; Smith et al., 2002; Eakins et al., 2004) were an important advance. The survey done in 1998 (MBARI Mapping Team, 2000) used a Simrad EM300 multibeam system and differential GPS for navigation, but the system provided coverage only as deep as 4000 m. At the summit, the resolution is ∼15–20 m. The seamount (Figure 2) was mapped again during a JAMSTEC program in 2000–2002 using Seabeam (Smith et al., 2002; Eakins et al., 2004), which provided GPS-navigated coverage of the entire seamount at similar resolution to the earlier EM300 survey.

The general structure of Lō‘ihi Seamount was evident from the early surveys (Moore et al., 1982; Malahoff, 1987; Fornari et al., 1988; Karl et al., 1988; Chadwick et al., 1993). The volcano has a nearly flat summit platform at about 1000 m depth and two distinct rift zones that extend to the north and then northeast and to the south (Figure 2). The southern part of the summit platform was modified by two distinct collapse pits prior to the 1996 formation of Pele’s Pit, a third summit pit crater (Lō‘ihi Science Team, 1997). Constructional volcanic activity is concentrated along the rifts and at the summit, although rare volcanic cones occur away from the rift zones on the lower flanks, particularly the northwest flank (one was sampled by dredge 31 in Moore et al., 1982). The south rift extends ∼19 km to a depth of about 5000 m (average plunge of 10°) whereas the north rift is ∼11 km long and merges into the submarine slope of Mauna Loa volcano at a depth of about 2000 m (average plunge of 6°) (Fornari et al., 1988). The north rift zone consists of two roughly parallel ridges with the western one being the longer, more prominent one. Just north of the north rift zone, Papa’u (Figure 2) is not another young volcano as proposed by Emery (1955). It consists of uplifted and folded, poorly consolidated volcaniclastic sediments associated with the active Hilina fault zone on the south flank of Kīlauea Volcano (Moore and Chadwick, 1995; Morgan et al., 2003).

The outer rim of the summit is generally shallower than the center. Malahoff (1987) interpreted this broad summit depression as a caldera, and Fornari et al. (1988) interpreted the elevated rim as a series of cones erupted through ring faults on the margin of the summit platform. The three summit pit craters have been explored during numerous submersible dives that have shown that all are steep-walled and expose sequences of truncated lava flows (Garcia et al., 1993; Lō‘ihi Science Team, 1997). Pele’s Pit collapsed beneath the former location of the low-temperature (up to 30°C) Pele’s Vents hydrothermal field (e.g., Sedwick et al., 1992, 1994), and high-temperature (about 200°C) venting was found around the base of the pit walls after the collapse (Lō‘ihi Science Team, 1997; Davis and Clague, 1998; Wheat et al., 2000; Davis et al., 2003). More recent observations (Glazer and Rouxel, 2009) indicate that these vents have cooled significantly and are no longer depositing sulfides and sulfates. Part of the summit platform, particularly the eastern half, is covered by volcaniclastic deposits up to 11 m thick (Clague et al., 2000, 2003; Clague, 2009; Schipper et al., 2011), which obscure the underlying lava flows and smooth the relief of the summit platform.

The rift zones and summit platform have asymmetric slopes to the east and west, which Malahoff (1987); Fornari et al. (1988), Moore et al. (1989), and Garcia et al. (2006) interpreted to be the headwalls of landslides that modified Lō‘ihi’s flanks. Two slumps have modified the west flank of Lō‘ihi, whereas a much larger slide or merged slides (Figure 2) has modified the eastern flank (Malahoff, 1987).

Lava flows on Lō‘ihi are described as mainly pillow lava, but knobby ‘a’a-like blocky flows are also present, based on shape and surface textures of dredged fragments (Moore et al., 1982; and references cited in Garcia et al., 2006). The only papers focused on lava flow morphology (Umino et al., 2000, 2002) described inflation features of lobate and hollow or drained lobate flows observed on the deep south rift zone during Kaiko ROV dives 94 and 96 between ∼4050 and 4920 m depth. The deeper dive 96 (Umino et al., 2000, 2002) was located just uprift of a Sentry high-resolution survey of the FeMO hydrothermal site described below.



DATA AND DATA PROCESSING

We combine data from four surveys, each at different resolution. The broadest regional coverage of the deepest parts of the volcano (>4000 m depth) is based on several generations of SeaBeam data used in the Smith et al. (2002) compilation (Figure 2). Simrad EM302 bathymetric and backscatter data of the seamount collected from the R/V Falkor in 2014 are higher resolution than prior SeaBeam or the EM300 data (MBARI Mapping Team, 2000) and supplant those data. The EM302 survey mapped most of the edifice of Lō‘ihi Seamount (Figure 2) at a resolution of ∼17 m at the summit and ∼85 m at 5000 m depth, but did not extend away from the base of the seamount nor cover the entire north rift or west flank, and in particular, the region of high-backscatter inferred by Holcomb et al. (1988), based on GLORIA side-scan data (Figure 2), to consist of extensive flows from Lō‘ihi Seamount was only partly mapped. We have coregistered the higher resolution surveys to the EM302 data (see below). The higher-resolution survey for the HUGO cable route (Duennebier et al., 2002) suffers from poor navigation and noisy data, but covers almost the entire summit and upper rift zones (Figure 3). These data were collected using a Reson 8101 (1.5° by 1.5° 240 kHz) multibeam mounted on a McCartney FOCUS steerable tow body operated by SAIC in 1997; only depth information could be recovered. The survey experienced abrupt depth and lateral offsets that could not be corrected and the navigation coregistration to underlying EM302 data is less reliable than usually attained for AUV high-resolution map data, so it is best gridded at about 10 m cell size.

The highest resolution data for the southern portion of summit region were collected during 7 AUV surveys (164–172, except 168 and 170) using Sentry in 2013 (Figure 4). The Reson 7125 multibeam sonar on Sentry has a resolution of about 1.5 m when routinely flown at an altitude of ∼60 m. Additional AUV Sentry surveys were conducted on the distal south rift zone at the FeMO hydrothermal site (Edwards et al., 2011) in 2013 and 2014 during Sentry missions 168, 264, and 265 (Figures 5, 6). Part of survey 265 over the FeMO venting area, collected at an altitude of only 5 m, has roughly 5 cm resolution (Figure 6D) and collected overlapping bottom photographs (Figure 7). AUV Sentry surveys were also completed at the Shinkai Deep hydrothermal site during missions 266 and 270 and at the Shinkai Ridge site during missions 267 and 269 (Figures 8, 9). The increasingly higher-resolution surveys cover smaller and smaller areas nested within the Simrad EM302 surveys.
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FIGURE 5. (A) AUV Sentry multibeam bathymetry showing the combined map of missions 168, 264, and 265 of the FeMO hydrothermal site collected in 2013 and 2014. Boxes show extents of part (B) and Figures 6A–C. (B) Close-up of hummocky flows with arrows showing how lava advanced within the flow. The yellow-colored mound to the east has a shallower depth than the flows above the tube that fed it.
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FIGURE 6. (A) Detail of the two cones (southern one is ∼300 m tall and 160 by 260 m across at the base) with smooth slopes located on the extension of the south rift. Resolution is 2 m. (B) Detail close-up of channelized flow with abundant drainback features. This flow originates at the edge of the hummocky flow lobe to the southwest. (C) Detail of another channelized flow with abundant drainback features that started from the hummocky flow lobe to the north. These rapidly emplaced flows are the molten cores of the hummocky flows that presumably reflect increased flux as the eruption proceeded. Extent of maps A, B, and C are shown by boxes on Figure 5A. (D) A portion of Sentry Reson bathymetric mission 265 of the FeMO hydrothermal site that was collected from an altitude of just 5 m. Bathymetry has about 5 cm resolution and overlapping photographic coverage (representative images in Figure 7). Individual lobate flow lobes a few m across can be seen, as can a small drained lava pond in a channelized flow in the southwest corner of the map. Extent of the map shown by box in part (C). Each map is at a different scale and with a different depth range to highlight the details.
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FIGURE 7. Photographs collected by AUV Sentry during low-altitude portion of mission 168. No lasers were utilized to provide accurate scale, but the images are ∼3–5 m across. (A) Pillow lava with minor hydrothermal sediment between pillows at 18.70781° latitude, –155.18420° longitude, and 4977 m depth. (B) Jumbled sheet flow with minor yellow hydrothermal sediment. 18.70795°, –155.18443°, 4975 m. (C) Drapery folded sheet flow at 18.70747°, –155.18493°, 4976 m. (D) Drapery folded to jumbled sheet flow. (E) Pillow lava with abundant yellow hydrothermal sediment and bacterial mat at 18.70769°, –155.18375°, 4978 m. (F) Thick white to light orange bacterial mat nearly covering sheet flow at 18.70751°, –155.18401°, 4981 m.
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FIGURE 8. AUV Sentry bathymetry showing the combined map of missions 266 and 270 at Shinkai Deep hydrothermal site (near center) and during missions 267 and 269 at Shinkai Ridge (upper right). Boxes identify maps shown at higher resolution in Figure 9. The data are gridded at 2 m.
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FIGURE 9. Close-up of AUV Sentry bathymetry. The data are gridded at 2 m. (A) A channelized flow adjacent to the Shinkai Ridge. (B) A small pillow cone crosscutting the margin of a small collapse pit near the Shinkai Deep site. (A,B) Are at the same scale. (C) The Shinkai Deep hydrothermal site (marked by H) is located on the edge of a sediment-covered channelized flow adjacent to a hummocky flow ∼50 m across. Extent of maps are shown by boxes on Figure 8.



The Sentry and deep-tow data were reprocessed using MB-System (Caress and Chayes, 2011). Data editing used the 3-D mbeditviz tool and re-navigation used the mbnavadjust tool, first on individual surveys and then on combined surveys as multi-mission mbnavadjust projects for the summit and deep south rift, and then tying to points in the better-located EM302 survey.



RESULTS

General Bathymetric Characteristics

The overall structure of Lō‘ihi Seamount (Figure 2) is largely as previously described (e.g., Malahoff, 1987; Fornari et al., 1988). The summit is a flat platform that connects to a ∼15 km long northern rift and a 22-km long curved south rift. No radial fissures have been identified, as occur on the northwest and north flanks of Mauna Loa (Wanless et al., 2006). The summit platform has three collapse pits in the southern part and is rimmed by a series of low cones/shields. The eastern portion of the summit platform and southeastern portion of the north rift ends at a steep cliff. This amphitheater has an upper rugged zone with spurs perpendicular to the upper break-in-slope and a smooth lower slope. A similar structure occurs on the west side of the southern summit platform, although the break-in-slope is not as steep as on the east side, nor the lower slope as smooth. Two additional amphitheaters occur on the east and west edges of the middle south rift, leaving a narrow ridge defining the rift zone. The lower slopes of both these amphitheaters are not as smooth as the others, nor are their upper slopes as steep. A NE-SW-oriented ridge, named the Shinkai Ridge (Figure 8), is located to the southeast of Lō‘ihi. It consists of lava flows, as observed during Shinkai submersible dives.

The north rift zone bifurcates into two ridges near ∼1600 m depth where it appears to be built on top of the smooth Punalu‘u slide structure (Figure 2; Moore and Chadwick, 1995). One rift is oriented north-south and the other roughly northeast-southwest. They intersect the south rift zone near West Pit (Figure 2). Such bifurcation of distal rift zones is also seen elsewhere in the Hawaiian Islands, such as the Haleakalā east rift zone (Smith et al., 2002). The distal south rift becomes ill-defined below ∼3500 m depth and resembles the distal end of Puna Ridge on Kīlauea (Clague et al., 1993, 1995) with lobes radiating from the inferred rift axis.

Backscatter Characteristics

Holcomb et al. (1988), from the GLORIA side-scan sonar surveys, identified a region of high backscatter around the base of Lō‘ihi Seamount that they inferred to be young, far-traveled, lava flows. The GLORIA data were poorly located and the outline of the flows they drew does not coincide with the new bathymetry. The flow boundary was redrawn (Figure 2) using mosaicked backscatter data from the GPS-navigated JAMSTEC cruises, guided by the outline of Holcomb et al. (1988). A SeaMark II sidescan survey of the south side of Hawaii Island (Fryer et al., 1987; Smith et al., 1994) also shows high-backscatter lava flows at the base of Lō‘ihi Seamount and was also used in redrawing the outline of the high-backscatter flows (Figure 2). In many places the high-backscatter areas from the SeaBeam and SeaMark II data are not as clear as from the GLORIA imagery, suggesting that some of these flows are buried under sediment that the GLORIA sonar penetrated more deeply than either the SeaMark II or the SeaBeam sonars. Elsewhere around the Hawai‘ian Island chain, GLORIA penetrated at least three meters of sediment (Clague et al., 2002), so some of the high-backscatter flows may not be recently emplaced. Some of these flows are located up to ∼20 km from the summit or south rift zone.

High-Resolution Bathymetry of the Summit Caldera Complex

The summit of Lō‘ihi has three pit craters between 0.8 and 1.2 km across: East Pit (EP, Figure 10), West Pit (WP) and Pele’s Pit (PP) and four smaller pit craters (Figure 10). All have steep inward facing crater scarps. The uppermost south rift has two adjoined < 100-m diameter pit craters (P-A and P-B, Figure 10 and Table 1) that are ∼40 m deep. These two small pit craters are aligned north-northwest with a low cone (C2, Figure 10), Pele’e Pit, and West Pit; this trend defines the orientation of the upper south rift zone.
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FIGURE 10. Summit bathymetry with interpretive overlay of caldera and pit crater bounding scarps. Sentry data in foreground with Simrad EM302 data behind. Hatchures indicate down-thrown side of caldera or pit crater bounding scarps or ring faults R1 (oldest) to R9 (youngest). Exact sequence of formation for some collapse events cannot be determined. P-A to P-D are pit craters described in the text and in Table 1. EP is East Pit, WP is West Pit, PP is Pele’s Pit, C1 to C3 indicate two cones described in the text, S1 to S5 indicate the remnants of five lava shields, B indicates 1996 basaltic breccia, and V indicates volcaniclastic sediment 5–11 m thick (Clague et al., 2003; Schipper and White, 2010) with a basal date of ∼5900 years (Clague, 2009). Arrow labeled “flow” indicates direction of channelized flow from S1 to the east.



TABLE 1. Lō‘ihi pit craters.
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The southern summit displays a complex series of structures, most of which are nested collapse structures with inward-facing scarps (Figure 10). West Pit and Pele’s Pit have numerous re-entrants and spurs extending inward from the rim of the pits (Figure 4). The first scarp outside West Pit (R4, Figure 10 and Table 1) and concentric with the pit, has outward-facing scarps more than 100 m high that bound an uplifted block. This is the only outward-facing scarp on the summit. East Pit (Figure 10 and Table 1) is also nested within a more extensive series of inward-facing scarps that encircle both East and West Pits. High-flux lava flows with channels and shallow collapses cover the summit platform E and NE of East Pit (one is labeled “flow” on Figure 10), but were trapped inside the inward facing scarps (R1, Figure 10) that define part of the R1 summit caldera. These flows, and others north of North Pit are buried by volcaniclastic sediment (Clague et al., 2003; Clague, 2009; Schipper and White, 2010). Volcaniclastic sediment up to 11-m thick crop out at the tops of some of the outer caldera-bounding scarps (V, Figure 10), but were not observed on submersible dives inside the outermost caldera-bounding scarps.

The northern part of the summit platform was not mapped using AUV Sentry, but the deep-tow (Figure 3) and EM302 data show two shallow pit craters (P-C and P-D, Figure 10 and Table 1) with the southern P-C about 600 m across and 103 m deep and the northern P-D about 450 m across and 91 m deep. They are aligned north-south with West Pit and the eastern of the two north rift zones and a cone (C1, Figure 10).

High-Resolution Bathymetry of

Constructional Volcanic Features

Lō‘ihi is characterized by having few identifiable constructional cones or shields, at the resolution of ship bathymetry. Most upper south rift eruptive vents consist of ramparts and haystack-like vents. The ramparts appear in the ship bathymetry as linear rift-parallel ridges. The summit and rifts generally have cones below the resolution of shipboard bathymetry. The constructional flanks of the rift zones consist of overlapping lobes of lava, presumably emplaced during fissure eruptions (Figure 2). The flanks of the summit are lacking overlapping lobes of flows, and instead are cut by steep cliffs to the E and W of the summit platform, which are discernable in ship bathymetry (Figure 2). Collapse structures truncate at least five pre-existing lava shields (S1–S5, Figure 10) whose remnants are at the S and N ends of East Pit, W of West Pit and surrounding Pele’s Pit (Figure 10 and Table 1). The two largest cones on the seamount occur near the south end of the south rift zone (Figure 6A) and are most likely monogenic. These two cones have smooth lower and middle slopes at the resolution of the Sentry data (Figure 6A) and summits of steeper knobby terrain. The southern cone is elongate in a NE-SW orientation that is not parallel to the underlying rift orientation. Other constructional cones occur on the summit platform and upper south rift zone (C1 and C2, Figure 10), but are small compared to other submarine cones in Hawaii and lack the flat tops commonly observed (Clague et al., 2000). A low cone with a large-diameter crater (C3, Figure 10) is located S of East Pit and low shield S2 and ∼1 km E of the south rift zone. No other similar cones were identified.

High-Resolution Bathymetry of the FeMO Hydrothermal Site

The same AUV Sentry surveys that mapped the two smooth cones on the deep south rift zone also mapped a series of low hummocky lava flows that entered the mapped region from the northwest and stagnated just west of the southeastern smooth cone (Figure 5B). These hummocky flows display numerous small collapse structures indicative of molten interiors (see description of similar flows on Axial Seamount in Clague et al., 2017). Rapidly emplaced flows with channels and shallow drainout depressions appear to start at the margins of the thicker hummocky flows (Figures 6B,C). The hummocky mounds generally increase in depth along the flow (indicated by arrows on Figure 5B). In contrast, the easternmost mound is shallower than the mound just to the west from which it was fed. These lava flows host the FeMO low-temperature hydrothermal vents (Glazer and Rouxel, 2009). These hummocky and channelized flows (Figure 7) have very thin sediment, except in the vicinity of discharging low-temperature hydrothermal fluids (Figures 7E,F).

High-Resolution Bathymetry of the Shinkai Deep and Ridge Hydrothermal Sites

The map of the Shinkai Deep and Ridge on the south-southeast flank of Lō‘ihi (Figure 8) illustrates a number of lava morphologies. Much of the mapped area is constructed of single steep-sided hummocky pillow flows lacking small collapse pits. The hummocks near the south-central part of the map (near 155°8′W, 18°45.2′N) are near the base of the northeast-southwest trending Shinkai Ridge and rise to shallower depths than the flows to the northwest that fed them. Many of these steep-sided flows, especially those in the northwestern part of the map, have smooth slopes around them or at their bases. A very few of the hummocky flows have small collapse pits indicative of molten cores (Clague et al., 2017). The central part of Figure 8 shows some high-flux channelized flows which are characterized by subdued topography (Figure 9A). A 50-m diameter hummock (south-central Figure 9B) is surrounded by a shallow collapse structure in the surrounding channelized flow, indicating that the hummock was built on top of the channelized flow before it had solidified so that both the hummock and upper crust of the channelized flow could subside when magma was drained from within the channelized flow. A 50–70 m diameter low cone with a 30–50 m-diameter crater is located a few hundred m to the north-northwest. The Shinkai Deep hydrothermal vent site (H, Figure 9C) is located at the edge of hummocky flows that overlie an older low-relief remnant of a channelized flow. Dive observations from the Shinkai submersible indicate that the flows are covered by thick sediment and are therefore inferred to be old.

AUV Sentry mapping of Shinkai Ridge is restricted to the northeastern part (Figure 8), but the ridge has no identifiable constructional volcanic characteristics. A channelized flow ponded at the northwestern base of the ridge and inflated, forming several large collapsed areas as lava drained from under the crust (labeled on Figure 8 and in southeast corner of Figure 9C). This lava flow marks the southeastern edge of the high-backscatter flows (Figure 2) originally mapped by Holcomb et al. (1988), although the Shinkai Ridge also has high backscatter due to its steepness.



DISCUSSION

Structure and Evolution of the Summit

The relatively flat summit plateau has had a complex evolution consisting of multiple constructional and collapse structures that were unrecognized based on lower resolution surveys. These constructional and collapse structures have significant implications for defining the magma storage system within Lō‘ihi Seamount. We use the nomenclature for calderas from Cole et al. (2005), which follows closely from Lipman (2000). The outermost inward-facing scarps are ring or caldera faults (R1, Figure 10) that define a caldera ∼ 3 km across. It is therefore about half the average ∼6 km diameter for basaltic calderas globally (Gudmundsson, 2008) and also about half the size of the summit calderas on Kīlauea and Mauna Loa Volcanoes on Hawaii (Figure 2). The arcuate inward-facing ring fault on the northeast margin includes several steps (R1a and R1b, Figure 10) that may represent slumped portions of caldera walls, or two similar sized calderas. The base of an 11-m thick sequence of volcaniclastic sediment (V, Figure 10) exposed in the northeastern R1 scarp is 5900 years old (Clague, 2009), and formed before or during the collapse of the earliest and largest of the recognized calderas.

These R1 scarps define parts of a caldera that extended to the south, west and north margins of the summit, but portions of the northern, southern and eastern scarps are missing. The southern and northern bounding caldera scarps have probably been buried by subsequent lava whereas some of the western boundary and some parts of the eastern bounding fault scarps were likely removed during younger outward-directed landslides as discussed below.

Within this outermost inward-facing caldera scarp, four nested caldera scarps cut low lava shields and encircle West Pit. The outer two caldera scarps (R2 and R3, Figure 10) are inward-facing, but the next (R4, Figure 10) is a steeply dipping outward-facing fault scarp that bounds an uplifted block and suggests a period of resurgence prior to formation of the final inward-facing pit crater scarp (R5, Figure 10) that bounds West Pit. The collapses have progressively smaller diameters with the R2 caldera being 2.5 km in diameter, the R3 caldera 2 × 1.5 km, the R4 resurgent block ∼1.3 km in diameter, and the R5 pit crater (West Pit) 1 × 0.7 km. West Pit, as well as the younger East Pit and the youngest Pele’s Pit are similar to other pit craters in being < ∼1 km across (Gudmundsson, 2008). The progressive decrease in dimensions of these collapse and resurgent features suggest a shoaling of the magma reservoir beneath them (e.g., Acocella et al., 2000, 2001; Kusumoto and Takemura, 2005), while maintaining the general location of the reservoir beneath West Pit. The periods of collapse generally followed periods of summit eruptions that formed low lava shields that the collapses partially destroyed.

Based on cross cutting relations, three collapses (Okubo and Martel, 1998) centered on East Pit formed R6, R7, and R8 next (Figure 10). The final pit crater collapse event was the formation of Pele’s Pit in 1996 defined by R9 (Figure 10; Lō‘ihi Science Team, 1997; Davis and Clague, 1998). Pele’s Pit is located at the former location of a lava shield constructed of an evolved alkalic basalt with 5.17 wt% MgO (sample 1804-19 in Garcia et al., 1993). The 1996 lava breccia (B, Figure 10) is a tholeiitic basalt with an average 6.85 wt% MgO (Garcia et al., 1998), so Pele’s Pit did not form from the draining of alkalic magma stored beneath the shield. The serrated rims of West and Pele’s Pits formed by numerous small landslides (each 50 to a few 100 m wide) into the pit. East Pit shows similar features on the west side, but the eastern and southern margins are smooth, and resemble Halema‘uma‘u pit crater on Kīlauea prior to the 2018 collapse of Kīlauea’s summit from May to early August 2018 (Neal et al., 2019).

The timing of formation of pit craters P-A to P-D (Figure 10) is largely unknown, although P-C and P-D may well be located within the original caldera bounded by R1 caldera scarps. If this is the case, then the R1 caldera had an elongate N-S orientation and was about 2.5 by 4.5 km in size. An elongate caldera would be expected in an extensional setting (Acocella et al., 2004). Based on observed changes at Kīlauea’s summit in May-August 2018 (Neal et al., 2019), several of these collapse structures may have formed at the same time or in sequence during a single period of summit collapse.

The period of resurgence indicated by outward-facing scarp R4 is the first known from the Hawaiian Islands, but is known from other volcanoes such as Pantelleria and Ischia Island near Naples (Tibaldi and Vezzoli, 1998; Acocella and Funiciello, 1999; Acocella et al., 2001; Molin et al., 2003). The outward-facing scarps indicate uplift of a resurgent block. The diameter of the block should be roughly equal to the depth to the top of the magma reservoir (Acocella et al., 2001), in this case, ∼1.3 km. The northwestern side of the resurgent block is the shallowest part of Lō‘ihi’s summit at 986 m depth, and the block is tilted about 6.5° with the northwestern edge uplifted relative to the southeastern edge.

Collapses to form calderas or pit craters on basaltic volcanoes, for example, have been documented previously in 1968 at Fernandina in the Galapagos Islands (Simkin and Howard, 1970; Filson et al., 1973; Munro and Rowland, 1996; Howard, 2010), in 2000 at Miyakejima in Japan (Kumagai et al., 2001), in 2007 at Piton de La Fournaise volcano on Reunion Island (Michon et al., 2007, 2009; Peltier et al., 2009), and in 2018 at Kīlauea Volcano (Neal et al., 2019). In each case the events were piston cylinder events, with incremental downdropping of the piston over periods lasting from 1 day (Piton de La Fournaise in 2007) to 77 days (Kīlauea in 2018). The calderas and pit craters on the summit of Lō‘ihi probably formed by a similar mechanism over similar time periods.

The sequence of collapse and one resurgent block confirm that Lō‘ihi Seamount has had a crustal magma reservoir only one to a few km below the surface for much of the past 5900 years. This inference contrasts with prior interpretation that the magma reservoir was at 8–9 km depth, which was based on petrologic arguments for the 1996 glassy breccia samples (Garcia et al., 1998, and summarized in Garcia et al., 2006). The difference might be reconciled by having two magma reservoirs, one within or at the base of the underlying ocean crust as previously proposed (Clague, 1988; Garcia et al., 2006) and a second, much shallower reservoir that underlies the caldera and pit crater structures by just 1–2 km. That residence in the shallow reservoir was not identified petrologically is consistent with only brief residence of the 1996 magma in the shallowest reservoir, which in turn is consistent with its inferred small diameter and volume. The presence of a shallow sub-caldera magma reservoir at Lō‘ihi Seamount establishes the early development of magma storage in Hawaiian volcanoes.

Rift Eruptions

Caldera formation on basaltic volcanoes is commonly inferred to be triggered by rapid magma withdrawal from the reservoir beneath the edifice (e.g., Pinel and Jaupart, 2005; Geshi et al., 2014) and observed at Kīlauea in 2018 (Neal et al., 2019). This withdrawal of magma from beneath the summits was caused by flank eruptions coinciding with recent caldera and pit-crater forming eruptions discussed above, and formation of calderas and pit craters at Lō‘ihi was probably triggered by the same mechanism.

Immediately following the 1996 collapse of Pele’s Pit, six samples from a glassy breccia dated using 210Po-210Pb (labeled B on Figure 10) were collected west and northwest of West Pit during Pisces V submersible dives 286 and 287 (Garcia et al., 1998), but no downrift lava flows were located. The glassy breccia fragments were erupted in 1996, most likely during brief activity of one of the many caldera-bounding faults nearby, as no eruption appears to have occurred within West Pit. Several additional dives within the 2000 m depth range of the Pisces V submersible were used in 1998 to search the south rift zone for young lavas that might be the “missing flow,” but no young flows were identified. Several sites of low-temperature fluid venting were found (Wheat et al., 2000), but the underlying and nearby flows were not young.

The deep south rift extension near the FeMO hydrothermal site (Figure 5) is characterized by channelized to hummocky flows with molten cores and drainbacks that are similar to flows erupted on Axial Seamount on the Juan de Fuca spreading center in 2015 (Clague et al., 2017). Likewise, similar complex advance of inflated hummocky flows was described in Clague et al. (2017) for part of the 2015 lava flow on Axial Seamount. Flows with this morphology form during moderate effusion-rate eruptions lasting for weeks or longer. The flows surrounding the FeMO hydrothermal site are also almost free of non-hydrothermal sediment and have abundant low-temperature fluid venting that has deposited abundant yellow-orange hydrothermal sediment and supports active bacterial mats. These are characteristics seen on historical Axial Seamount lava flows (see e.g., Chadwick et al., 2013, Clague et al., 2017) where they have been observed for more than a decade following flow emplacement. Unfortunately, the lavas near the FeMO site on Lō‘ihi have not been sampled, but we suspect that these flows were erupted in 1996 and that their emplacement on the deep rift zone led to the collapse of Pele’s Pit at the summit.

The large flows that surround the base of Lō‘ihi Seamount (Holcomb et al., 1988) appear to have erupted from the south rift axis and flowed long distances down relatively gentle slopes. The large volumes of these flows make them good candidates to have triggered summit collapses on Lō‘ihi, but none have been sampled nor their ages determined to correlate with the summit caldera-forming events.

Formation of Volcanic Landforms

Lō‘ihi Seamount is characterized by small-diameter cones (generally < 300 m in basal diameter) probably of monogenetic origin and linear spatter ramparts that are indicative of brief, small-volume eruptions. This is especially true for the summit of Lō‘ihi where cones are very rare. As volcanoes grow and evolve, small cones and ramparts are supplanted by longer steadier eruptions that construct larger volume volcanic landforms such as shields or flat-topped cones (Clague et al., 2000).

The two largest cones on Lō‘ihi Seamount (Figure 6A) are unusual in having very smooth flanks that elsewhere have been shown to consist of basaltic pillow talus deposited at the base of steep-sided hummocky pillow mounds. Such deposits formed during the 1996 North Gorda eruption (Paduan et al., 2014) and the 2011 Axial eruption on the distal south rift zone (Clague et al., 2017) and are indicative of very low eruption rate pillow mounds with the talus fragments forming during the eruption as pillows cascade over near-vertical scarps. Cones as large as the two near the base of the south rift on Lō‘ihi likely took weeks to months of low-eruption rate activity to form. Many of the steep-sided hummocky flows around the Shinkai Deep (Figure 9) show similar smooth lower slopes and are also inferred to consist of talus formed during growth of the steep-sided flows.

Other lava flows, such as those on the summit platform east of East Pit are channelized flows that are inferred to have erupted at high effusion rates during brief eruptions as documented for several historical eruptions on Axial Volcano (Chadwick et al., 2013; Clague et al., 2017).

Landslides

The flank landslides (Fornari et al., 1988; Moore et al., 1989) on the east side of the summit (Figure 2) cut and removed part of the outermost caldera-bounding faults and therefore occurred or at least enlarged the headwall regions of the slides since formation of the largest outer summit caldera, inferred to be ∼5900 years ago (Clague, 2009). We think it most likely that the landslide headwalls have simply stepped toward the summit in that time period. These are the youngest of the landslides around the Hawaiian Islands that modify entire volcanoes (Moore et al., 1989).

The Shinkai Ridge may be a detached slide block that originated either on the east flank of Lō‘ihi near the summit or from the southern margin of the Punaluu landslide from Mauna Loa prior to formation of Lō‘ihi Seamount. JAMSTEC dive K96 of the ROV Kaiko recovered 5 picrite and olivine basalt samples and one mudstone from the ridge in 1998 and one volcanic breccia that was analyzed; it has a composition similar to Lō‘ihi Seamount lavas, and distinct from Mauna Loa lavas, as expected if it were a block of the Punalu‘u slide (Coombs et al., 2004). The block most likely originated from the east flank of Lō‘ihi and was emplaced near the southern end of Lō‘ihi as a landslide block. To arrive at its present location, the block would have undergone a clockwise rotation of nearly 90° and slid, as a coherent block, about 45 km to the south-southeast.

The new mapping data provide an opportunity, beyond the scope of this paper, to evaluate what features were sampled during the many prior dives and dredges. Complete high-resolution mapping of the rest of the summit and the north and south rift zones would reveal more of the complex history of Lō‘ihi Seamount. A new generation of submersible or ROV dives done with improved navigation would allow for construction of a detailed structural and magmatic evolution of Lō‘ihi.



CONCLUSION

The new high-resolution summit bathymetry at Lō‘ihi Seamount shows a nested series of eight caldera and pit crater collapses events, uplift of one resurgent block, and eruptions that formed at least five low lava shields. The oldest and largest caldera-bounding faults enclose almost the entire summit plateau. Resurgence that uplifted a fault-bounded block > 100 m was the fourth tectonic event at the summit and followed three caldera collapse events and preceded formation of five pit craters. The most recent collapse formed Pele’s Pit in 1996. Each of the nine mapped collapse or resurgent structures indicates the presence of a shallow crustal magma chamber, ranging from depths between 1 km and perhaps 2 km. Shallow sub-caldera magma reservoirs therefore exist during the late pre-shield stage of Hawaiian volcanism. The structural history of caldera and pit crater formation on Hawaiian volcanoes, other basaltic volcanoes, and volcanoes in general, provides a framework for understanding the evolution, size, and depth of their magma storage systems.

The summit collapse events, including the last one in 1996, were probably triggered by draining the crustal magma reservoir to supply magma to eruptions on the deep south rift zone. Extensive young lavas that host the FeMO hydrothermal vent field (Figure 6D) at ∼18°42.2′N, 155°10.55′W, likely erupted in 1996 and the low-temperature venting of heat extracted by fluids circulated in the thick lava field. The Shinkai Deep hydrothermal site is located among older sediment-covered steep-sided hummocky flows. These steep-sided mounds produced talus during their formation as advancing pillows broke off and tumbled downslope. Two smooth-sloped cones on the deep south rift near the FeMO hydrothermal site formed by a similar process.

The summit and rift zones of Lō‘ihi have been modified by landslides, with the youngest landslide activity occurring after formation of the oldest summit caldera about 5900 years ago. Most of the landslide activity produces smooth talus slopes below steep headwalls, but the Shinkai Ridge near the southern base of Lō‘ihi is most likely a coherent landslide block that originated on the east flank of the volcano.
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Cryptodomes are shallow-level intrusions that cause updoming of overlying sediments or other rocks. Understanding the formation of cryptodomes is important for hazard assessment, as cryptodome-forming eruptions are one of the major triggering factors in sector collapse. This paper describes internal structures of a Quaternary subaerial rhyodacite cryptodome at Ogariyama, Usu volcano, Japan (the Ogariyama dome), and examines the textural differences between subaerial and subaqueous cryptodomes to extend our knowledge of these phenomenon. The Ogariyama dome, which is one of the youngest subaerial cryptodomes in the world (<0.4 ka), can be viewed in cross-section because a vertical fault formed during the 1977–1978 eruption and cut through the center of the cryptodome, exposing its interior. The morphology of the cryptodome is scalene triangular in shape, with rounded corners in cross-section, and it is 150 m across and 80 m high. The internal structure of the dome is concentrically zoned, with a massive core, jointed rim, and brecciated border, all of which are composed of uniform, feldspar-phyric rhyodacite (SiO2 = 71–72 wt.%). The massive core (130 m across) consists of coherent rhyodacite that has indistinct, large-scale flow banding and rectangular joints that are spaced 50–200 cm apart. The jointed rim (8–12 m wide) surrounds the massive core and consists of coherent rhyodacite that is characterized by distinct rectangular joints that are 30–80 cm apart and radiate outward. The outermost brecciated border (7–10 m wide) comprises monolithological breccia, consisting of angular rhyodacite clasts (5–30 cm across) and a cogenetic matrix. These internal structures suggest that the Ogariyama dome was formed by endogenous growth, involving continuous magma supply during a single intrusive event and simple expansion from its interior. The massive core formed by slow cooling of homogeneous rhyodacite magma. The jointed rim formed by fracturing of solidifying rhyodacite magma in response to cooling–contraction and dynamic stress driven by continued movement of the less viscous core. The brecciated border formed by fragmentation of the solidified rim of the dome in response to dynamic stress. The growth style of the Ogariyama dome closely resembles that of subaqueous cryptodomes. However, the morphology and internal structures of the Ogariyama dome differ from those of subaqueous cryptodomes, given its asymmetric morphology and absence of radial columnar joints and large-scale flow banding. These differences might reflect the well-consolidated and inhomogeneous physical properties of the host sediment and the slow cooling rate and high viscosity of the Ogariyama dome. The Ogariyama dome is probably the best cross-sectional example of a subaerial cryptodome in the world. Our descriptive study of the cryptodome provides invaluable information for hazard assessment.

Keywords: cryptodome, subaerial, rhyodacite, internal structure, endogenous growth


INTRODUCTION

Cryptodomes are shallow-level intrusions that cause updoming of overlying sediments or other rocks (Minakami et al., 1951; McPhie et al., 1993). They commonly form by the emplacement of silicic magma into poorly consolidated sediment (White et al., 2015). Cryptodomes are distinguished from lava domes in that magma does not appear on the ground surface. When a cryptodome partly breaks through the host sediment cover, the dome is termed a partly extrusive cryptodome (McPhie et al., 1993). Cryptodome-forming eruptions occur in both subaerial and subaqueous settings. The 1943–1945 eruption at Usu volcano, Hokkaido, Japan, produced the dacitic, partly extrusive cryptodome of Showa-Shinzan (Minakami et al., 1951; Mimatsu, 1962). The 1956 eruption at Bezymianny in Kamchatka produced a dacitic cryptodome during the pre-climactic stage, which led to a catastrophic sector collapse (e.g., Belousov, 1996). The 1980 eruption at Mount St. Helens in Washington, United States, also produced a dacitic cryptodome (bulge) on the volcano flank and caused a catastrophic sector collapse (e.g., Lipman et al., 1981; Voight et al., 1983). Marine geophysical studies of the Bay of Naples, Italy (Milia et al., 2012), suggest the presence of cryptodomes beneath the sea floor.

Understanding the formation of cryptodomes is important for hazard assessment and mineral exploration. Cryptodome-forming eruptions are one of the major triggering factors in sector collapse (e.g., Lipman et al., 1981; Voight et al., 1983; Siebert, 1984; Belousov, 1996; Riggs and Carrasco-Nunez, 2004). Cryptodome-forming eruptions cause ground deformation that is associated with major natural disasters (e.g., Mimatsu, 1962; Katsui et al., 1985; Ui et al., 2002). Submarine cryptodomes can be associated with the formation of volcanic-hosted massive sulfide deposits (e.g., Horikoshi, 1969; Allen, 1992; Allen et al., 1997; Doyle and McPhie, 2000). Internal fractures in submarine cryptodomes can be oil–gas reservoirs (e.g., the Katakai gas field, Japan; Yamada and Uchida, 1997; Nonaka et al., 2018).

Our knowledge of the nature and formation of cryptodomes remains limited. The morphology and internal structures of cryptodomes are poorly understood, because the silicic intrusions of most modern cryptodomes remain buried (e.g., the Usu-Shinzan dome in Japan; Katsui et al., 1985). Descriptive studies of the internal structures of cryptodomes have been based mainly on submarine examples in ancient successions (e.g., Horikoshi, 1969; Cas et al., 1990; Kurokawa, 1990; Allen, 1992; Hanson and Wilson, 1993; Hamasaki, 1994; Goto and McPhie, 1998; Doyle and McPhie, 2000; Stewart and McPhie, 2003; Páez et al., 2018). Few studies have provided detailed descriptions of the internal structures of subaerial cryptodomes (Goto et al., 2004; Mattsson et al., 2018).

A Quaternary subaerial cryptodome at Ogariyama, Usu volcano, southwestern Hokkaido, Japan, displays well-preserved primary internal structures in a cross-sectional exposure. The Ogariyama dome was emplaced within the amphitheater at the summit of the volcano during a historic eruption that occurred after AD 1663 (probably AD 1769 or 1822; Soya et al., 2007; Matsumoto and Nakagawa, 2011). The cross-section of this young cryptodome is visible because a vertical fault formed during the 1977–1978 eruption and cut through the center of the cryptodome, exposing its interior. The Ogariyama dome is probably the best cross-sectional example of a subaerial cryptodome in the world. A detailed description of the internal structures of the Ogariyama dome and comparison with previously reported, well-studied subaqueous cryptodomes might significantly extend our understanding of cryptodomes, as our knowledge of these structures is based mainly on subaqueous examples. The objectives of this research are to: (1) describe in detail the morphology and internal structures of the Ogariyama dome based on field mapping; (2) interpret the formation of the internal structures; (3) constrain the growth mode of the dome; and (4) compare the Ogariyama dome with subaqueous examples.



GEOLOGICAL SETTING

Usu is a post-caldera volcano of Toya caldera that is located at the junction between the Kuril and NE Japan arcs (Figures 1A,B). The edifice of Usu volcano rises 733 m above sea level and the volcano has a basal diameter of ∼6 km. It consists mainly of a basaltic to andesitic stratovolcano that is overlain by many silicic domes (Figure 1C; Yokoyama et al., 1973; Soya et al., 2007).
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FIGURE 1. (A) Tectonic setting of Usu volcano in southwestern Hokkaido, Japan. The volcano is located at the junction between the Kuril and NE Japan arcs. (B) Location of Usu volcano, which is a post-caldera volcano of Toya caldera. (C) Topographic map of Usu volcano, showing the location of the Ogariyama dome. Usu volcano comprises a basaltic to andesitic stratovolcano with an amphitheater at its summit, and contains many silicic cryptodomes and lava domes, including Kompira-yama (KP), Meiji-Shinzan (MS), Higashi-Maruyama (HM), Showa-Shinzan (SS), Ko-Usu (KU), Usu-Shinzan (US), O-Usu (OU), and Ogariyama. The base maps were produced by topographic data issued by the Geospatial Information Authority of Japan.



Previous geological studies (e.g., Soya et al., 2007; Goto et al., 2013; Goto and Danhara, 2018) suggest that the activity of Usu volcano commenced with an andesitic explosive eruption at 19–18 ka, followed by andesitic stratovolcano-building between 18 and 16 ka, and sector collapse at 16 ka. The sector collapse produced an amphitheater that is 1.5–2.0 km across at the summit of the stratovolcano (Figure 1C). Usu volcano was then dormant for ∼15 kyr. Eruptive activity of Usu volcano resumed with a rhyolitic Plinian eruption in AD 1663 (Yokoyama et al., 1973). Silicic dome-forming eruptions occurred in AD <1769, 1769, 1822, 1853, 1910, 1943–1945, 1977–1978, and 2000 (Tomiya and Miyagi, 2002; Ui et al., 2002; Nakagawa et al., 2005; Soya et al., 2007). These eruptions produced more than eleven cryptodomes and two lava domes at the northern foot of the volcano and within the amphitheater (Figure 1C). Ogariyama is one of these cryptodomes and is located in the south–central part of the amphitheater (Figure 1C). The emplacement age of the Ogariyama cryptodome is considered to be AD 1769 based on petrological investigations (Matsumoto and Nakagawa, 2011), although Soya et al. (2007) suggested that the dome was emplaced in AD 1822. Its absolute emplacement age is unknown, as no historic documents have been found describing the dome growth. The word Ogariyama in Japanese means “growing mountain.” Usu volcano is unique in terms of its frequency of cryptodome-forming eruptions (every 20–30 years; Soya et al., 2007). Such frequent cryptodome-forming eruptions can be attributed to the groundwater-rich environment of the volcano, which is located nearby a caldera lake (Lake Toya; Figure 1B), and the intrusion of high-viscosity silicic magma during eruption.

Photographic records before AD 1977 (Figure 2A) indicate that the Ogariyama dome was a small mound (“roof mountain” of Mimatsu, 1962) standing on the amphitheater floor (Sobetsu Town, 2016). A topographic map published in 1975 (Figure 3A) indicates that the mound was 200–300 m across and 40 m high above the amphitheater floor. During the 1977–1978 eruption, large-scale ground deformation occurred within the amphitheater. The ground deformation was caused by the growth of a new cryptodome (Usu-Shinzan). Several east–west-trending faults appeared on the amphitheater floor (Figures 2B, 3A), and some of these faults cut the Ogariyama dome into three parts (Katsui et al., 1985). The northernmost part of the Ogariyama dome was then gradually uplifted by ca. 180 m due to the growth of the Usu-Shinzan dome (Figure 3B). This uplift resulted in perfect exposure of the interior of the Ogariyama dome on the east–west-trending fault scarp along the southern perimeter of the Usu-Shinzan dome (Figure 4). Given that the fault vertically cut the Ogariyama dome through its center, a spectacular cross-section of the dome has been exhumed (Figure 4). During this ground deformation, volcaniclastic deposits on the amphitheater floor around the Ogariyama dome (“host sediment” of the Ogariyama dome) were also uplifted. The host sediment is presently exposed on the western side of the Ogariyama dome and is >50 m thick. It comprises rhyolitic to dacitic pyroclastic flow deposits, consisting of lithic clasts that are <50 cm in size set in a coarse-grained matrix, along with reworked deposits.


[image: image]

FIGURE 2. (A) Aerial photograph of the Ogariyama dome, taken from the southwest before 1977. The photograph was provided by Toyako Town Office. (B) Aerial photograph of the Ogariyama dome taken from the southeast on 13 August 1977 (during the initial phase of the 1977–1978 eruption). Note that the Ogariyama dome is cut by several east–west-trending faults. The photograph (original black-and-white) was taken by Hokkaido Shinbun. The scale is approximate.
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FIGURE 3. (A) Topographic map of the summit area of Usu volcano before the 1977–1978 eruption, showing the location and shape of the Ogariyama dome before uplift. The Ogariyama dome is a small mound on the amphitheater floor. The base map was taken from a 1:25,000 scale topographic map issued in 1975 by the Geospatial Information Authority of Japan. Faults observed on 12 August 1977 (red lines) and craters that formed during the 1977 eruption (Katsui et al., 1985) are also shown. Note that the Ogariyama dome is cut by a fault. (B) Topographic map of the summit area of Usu volcano after the 1977–1978 eruption. The Ogariyama dome was cut by the fault, and its northern part was uplifted by the growth of the Usu-Shinzan cryptodome. The base map was taken from a 1:25,000 scale topographic map issued in 2008 by the Geospatial Information Authority of Japan.
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FIGURE 4. (A) Photograph of a cross-section of the Ogariyama dome, viewed from the south. This cross-section is exposed on a fault scarp that formed in response to growth of the Usu-Shinzan cryptodome. A sketch of this outcrop is shown in (B). The photograph was taken in 2018. (B) Sketch of the Ogariyama dome, viewed from the south. The Ogariyama dome has a scalene triangular shape, with rounded corners in cross-section, and is 150 m across and 80 m high. The Ogariyama dome is concentrically zoned, with a massive core, jointed rim, and brecciated border. The massive core comprises coherent rhyodacite that has indistinct, large-scale flow banding and poorly developed rectangular joints that are 50–200 cm apart. The jointed rim is characterized by many rectangular joints and irregular fractures. The brecciated border comprises monolithological breccia.





MATERIALS AND METHODS

Our geological survey of the Ogariyama dome focused on the morphology, internal structure, and lithology of the dome. A detailed field survey of the Ogariyama dome was undertaken in 2017 and 2018 at the outcrop along the fault scarp along the southern perimeter of the Usu-Shinzan dome (Figure 4). The outcrop is subvertical, >80 m high, and extends horizontally in an east–west direction for >1 km. The survey locations of the Ogariyama dome were dependent on accessibility. As the outcrop is a subvertical cliff, only the base of the outcrop was accessible (i.e., the middle to upper parts of the outcrop were inaccessible). Detailed descriptions and rock sampling of the Ogariyama dome were therefore carried out along its base. We collected more than 50 rock samples from the outcrop.

The lithological characteristics of the Ogariyama dome were determined by: (1) digital microscopy (Keyence VHX-2000) observations of collected samples; (2) optical microscopy observations of thin-sections; (3) bulk density measurements of rock samples; and (4) whole-rock geochemical analysis. The digital microscopy was used for observations of millimeter-sized rock fragments collected from the dome margin. Optical microscopy was used to determine the texture and mineralogy of the rock samples collected from various locations in the dome. Point counting was used to determine the modal abundances of phenocrysts. The bulk densities of rock samples were measured by the glass bead method of Sasaki and Katsui (1981). Whole-rock major element data were obtained by X-ray fluorescence spectrometry (XRF; Rigaku ZSX-Primus-II) at Okayama University, Japan, following the methods described by Kimura and Yamada (1996).



RESULTS

The morphology, internal structure, and lithology of the Ogariyama dome are described below, based on our field surveys and laboratory analyses.

Morphology of the Ogariyama Dome

The Ogariyama dome has a scalene triangular shape with rounded corners in an east–west cross-section (Figure 4). The dome has a pointed top on its western side and a steep western slope that dips at 70°–80° and a gentle eastern slope that dips at 20°–30°. Therefore, the Ogariyama dome has an asymmetric (anisotropic) shape. The exposed dome is 150 m wide and 80 m high (Figure 4), which might largely represent the original size of the intrusive body of the cryptodome, because the fault cut the dome through its center. The contact between the Ogariyama dome and its host sediment is not exposed.

Internal Structure of the Ogariyama Dome

The internal structure of the Ogariyama dome is concentrically zoned parallel to the dome margin (Figure 4) and comprises: (1) a massive core; (2) a jointed rim; and (3) a brecciated border.

Massive Core

The massive core occupies most of the central part of the Ogariyama dome and is ∼130 m in diameter (Figure 5A). The core comprises pale gray, coherent (unbrecciated) rhyodacite with a uniform (homogeneous) texture (Figure 5B). The rhyodacite is dense and appears to be macroscopically non-vesicular, although it contains tiny cavities up to 0.1 mm across (described later). Indistinct, large-scale flow bands (Goto and McPhie, 1998; Stewart and McPhie, 2003) are present at the margin of the core (Figure 5A). The flow bands are approximately parallel to the outer surface of the core and comprise alternating darker and lighter bands, both of which range in thickness from 2 to 7 m. They show no systematic variation in thickness outward. Lithological differences between the darker and lighter bands are unknown because they are present in inaccessible parts of the outcrop. Similar banding has been reported from an experimentally simulated lava dome produced by the squeezing of viscous material (putty) through a narrow opening (Reyer, 1888). The massive core of the Ogariyama dome contains indistinct rectangular joints that overprint the flow bands. The joints are spaced at 50–200 cm intervals (Figure 5B). No columnar joints (i.e., prismatic joints with hexagonal or pentagonal outlines in cross-section) are present in the core.
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FIGURE 5. (A) Photograph of the massive core of the Ogariyama dome. The location of (B) is indicated by the red rectangle. (B) Close-up view of the massive core of uniform rhyodacite. The hammer is 33 cm long.



The boundary between the core and jointed rim is distinct but gradual (Figure 6A). The core grades outward into the jointed rim and is marked by the appearance of a number of rectangular joints. Some joints in the core continue into the jointed rim. There is no glassy chilled contact (i.e., chilled margin) between the core and rim.
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FIGURE 6. (A) Photograph of the jointed rim of the Ogariyama dome, which occurs between the massive core and brecciated border. The location of (B) is indicated by the red rectangle. (B) Close-up view of the jointed rim, which contains numerous rectangular and parallel joints, as well as irregular fractures.



Jointed Rim

The jointed rim surrounds the core and is 8–12 m wide (Figure 6A). It comprises pale gray, coherent, uniform rhyodacite that contains many rectangular joints (Figure 6B). The rhyodacite is dense and appears to be macroscopically non-vesicular. No flow bands are visible in the rim. The rectangular joints are approximately directed radially from the center to outer surface of the dome, but are not exactly perpendicular to the rim of the core (Figure 6A). The rectangular joints intersect the outer rim of the core at an angle of 60°–80° (Figure 6B). The rectangular joints are generally sub-parallel with a spacing of 30–80 cm, and gradually decrease in spacing outward. Each rectangular joint extends for 8–12 m through the rim and has a curved–planar surface. The rim also contains irregular fractures between the rectangular joints (Figure 6B). The irregular fractures have developed in random directions with a spacing of 10–30 cm. The surfaces of the irregular fractures are rough. There are no columnar joints in the rim.

The boundary between the rim and brecciated border is distinct but gradual (Figure 6A). There is no glassy chilled contact between the rim and border. Compared with the boundary between the core and rim, the boundary between the rim and border is more distinct.



BRECCIATED BORDER

The brecciated border occurs at the outermost part of the Ogariyama dome and is 7–10 m wide (Figure 6A). It comprises a gray, monolithological (monomict) breccia that consists of angular rhyodacite clasts that are 5–30 cm across set in a cogenetic matrix (Figure 7A). The breccia is massive (non-stratified), poorly sorted, and mostly shows a clast-rotated texture. Some domains also show a jigsaw texture. The clasts comprise more than 80 vol.% of the breccia. Each clast is a polyhedral rhyodacite fragment with sharp edges (Figure 7A). No glassy chilled margins were found on the clast surfaces. The rhyodacite of each clast is dense and macroscopically non-vesicular. The matrix of the breccia consists of angular rhyodacite fragments (<10 mm across) and fine ash (pulverized rhyodacite). Digital microscopy observations indicate that the rhyodacite fragments in the matrix have sharp edges (Figure 7B). Some small rhyodacite fragments (<1 mm across) have a flaky morphology (arrows in Figure 7B). There is no peperite (White et al., 2000; Skilling et al., 2002) within the brecciated border, suggesting that the host sediment was not fluidized during emplacement of the dome.
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FIGURE 7. (A) Photograph of the brecciated border of the Ogariyama dome, which comprises monolithological breccia consisting of angular rhyodacite clasts and a cogenetic matrix. (B) Close-up view of rhyodacite fragments in the matrix of the brecciated border. Some rhyodacite fragments have a flaky morphology with sharp edges (solid arrows). The photograph was taken with a digital microscope.



Lithology of the Ogariyama Dome

Texture and Mineral Assemblage

The rhyodacite of the massive core is uniformly porphyritic (Figure 8A). It contains euhedral plagioclase phenocrysts up to 2 mm long (11–13 vol.% of the rhyodacite), hypersthene up to 2 mm long (1–2 vol.%), and opaque minerals up to 0.3 mm across (1 vol.%). Some phenocrysts are aggregated, forming “crystal clots” (Stewart, 1975) that are 1–3 mm across. The groundmass (∼85 vol.%) of the rhyodacite has a microcrystalline texture and consists of plagioclase, hypersthene, silica minerals, and opaque minerals, all of which are up to 0.1 mm in size. Although no spherical vesicles are visible in the groundmass, irregularly shaped tiny cavities up to 0.1 mm across (“pores” of Zorn et al., 2018) occur sporadically among the crystals of the groundmass, in particular around the crystal clots.
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FIGURE 8. Photomicrograph of rhyodacites from the (A) massive core, (B) jointed rim, and (C) brecciated border (cross-polarized light). Note that a phenocryst-rich zone occurs in the brecciated border. PL, plagioclase; OPX, orthopyroxene.



The rhyodacite of the jointed rim is almost identical in terms of phenocryst assemblage, proportion, and size to the massive core (Figure 8B). It contains euhedral plagioclase phenocrysts up to 1.5–2.0 mm long (11–13 vol.%), hypersthene up to 2 mm long (1–2 vol.%), and opaque minerals up to 0.3 mm across (1 vol.%). However, the groundmass (∼85 vol.%) of this rhyodacite is more glassy and has a hyalopilitic texture (Bates and Jackson, 1984; Allaby, 2008), consisting of plagioclase, hypersthene, and opaque minerals, all of which are up to 0.1 mm across, set in volcanic glass that has been partly devitrified. No or few cavities were visible in the groundmass.

The rhyodacite of the brecciated border differs in texture from those of the massive core and jointed rim (Figure 8C). The rhyodacite has a micro-banded texture that is characterized by numerous, parallel, phenocryst-rich zones. Each phenocryst-rich zone is 1–2 mm wide and they are spaced at 2–5 mm intervals. The phenocryst-rich zone consists of phenocrysts of plagioclase (<2 mm long), hypersthene (<1.5 mm long), and opaque minerals (<0.3 mm across). Most phenocrysts are euhedral, but some are fragmented. The total phenocryst proportion of this rhyodacite is almost identical to those of the massive core and fractured rim. The groundmass of the rhyodacite has a hyalopilitic texture, consisting of sub-parallel laths of plagioclase and hypersthene, granular opaque minerals (all <0.1 mm across), and volcanic glass. Although no spherical vesicles are visible in the groundmass, irregularly shaped cavities up to 0.5 mm across occur sporadically in the phenocryst-rich zone.

Density

Bulk densities were determined for rhyodacite samples collected from the massive core, jointed rim, and brecciated border. Samples locations are shown in Figure 9. A total of 75 rhyodacite samples were analyzed. The bulk density of the Ogariyama dome ranges from 2.0 to 2.6 g/cm3 (Figure 9), which is consistent with the macroscopically non-vesicular texture of the three zones (cf. Zorn et al., 2018). The bulk densities of each zone are different. The massive core has the lowest bulk density (2.0–2.3 g/cm3), the brecciated border has an intermediate density (2.1–2.5 g/cm3), and the jointed rim has the highest density (2.4–2.6 g/cm3).
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FIGURE 9. Bulk densities of the rhyodacites from the (A) brecciated border, (B) jointed rim, and (C,D) massive core. Sampling positions (A–D) are shown in the sketch.



Geochemistry

Whole-rock major element compositions of rhyodacites collected from the massive core (sample US-81), jointed rim (US-17), and brecciated border (US-80) were determined (Table 1). The analyzed samples are fresh (unaltered) rhyodacites. The rhyodacites from the three zones are compositionally uniform and contain 71.3–71.7 wt.% SiO2, 14.7–14.9 wt.% Al2O3, 4.5–4.6 wt.% Na2O, and 1.0 wt.% K2O. Data for the rhyodacites plot on the boundary between the dacite and rhyolite fields in the total alkalis versus SiO2 (TAS) diagram of Le Maitre et al. (1989) (Figure 10).

TABLE 1. Whole-rock major element data for rhyodacites from the massive core, jointed rim, and brecciated border of the Ogariyama dome.
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FIGURE 10. Whole-rock chemical compositions of the Ogariyama dome plotted on the total alkalis versus SiO2 (TAS) diagram of Le Maitre et al. (1989). Rhyodacites from the massive core (solid circle), jointed rim (solid square), and brecciated border (solid triangle) have identical chemical compositions and plot along the boundary between the dacite and rhyolite fields. Chemical compositions of the Momo-iwa dome in Japan (open square; Goto and McPhie, 1998) and the Kalogeros dome in Greece (open triangles; Stewart and McPhie, 2003) are also shown. All analytical data were recalculated to 100% on an H2O (or loss on ignition) free basis.





DISCUSSION

Environment of Dome Emplacement

The location and geology indicate that the Ogariyama dome was intruded into poorly consolidated volcaniclastic deposits that were emplaced within an amphitheater of an andesitic stratovolcano in a subaerial environment (Figure 11A). The absence of glassy chilled margins and peperites in the brecciated border demonstrates that the host sediment (i.e., volcaniclastic deposits) was not saturated with groundwater at the time of dome emplacement. However, we speculate that the host sediment contained some groundwater because photographic records (Figure 2A) show that a small pond (Gin-numa; 100–200 m across) was present on the amphitheater floor before the 1977–1978 eruption. No quantitative data are available to constrain the groundwater level at the time of dome emplacement, as no historic documents describe the growth of the Ogariyama dome. The morphology of the Ogariyama dome (i.e., not spherical; Figure 4) suggests that the cryptodome was not able to inflate in all directions, meaning it could not push away the surrounding host sediment in all directions. This intrusion behavior can be attributed to the relatively hard (and non-homogeneous) physical properties of the host sediment in a subaerial environment.
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FIGURE 11. (A) Schematic model of the growth of the Ogariyama dome, which has an asymmetric morphology. Internal inflation and marginal shear occurred simultaneously during dome growth. The location of the region shown in (B) is indicated by the rectangle. (B) Schematic model of the formation of the massive core, jointed rim, and brecciated border of the Ogariyama dome. The jointed rim and brecciated border formed in response to cooling–contraction and dynamic stress in a brittle zone.



Origin of the Concentric Zones in the Ogariyama Dome

The Ogariyama dome is characterized by a concentrically zoned structure comprising a massive core, jointed rim, and brecciated border (Figure 4). These three zones are inferred to be genetically related internal structures that developed within a single intrusion. They do not represent three discrete injections of magma, as the contacts between the zones are gradual. In addition, phenocryst mineralogy and abundances, and geochemical compositions are identical in all three zones, indicating the zones were produced from the same rhyodacite magma.

The massive core comprises mainly textually uniform (or weakly flow-banded) rhyodacite that has the widest joint intervals (<2 m apart) and highest groundmass crystallinity of the three zones. The spacing of cooling joints depends mainly on the rate of cooling (e.g., Grossenbacher and McDuffie, 1995), with slow cooling favoring more widely spaced joints. Groundmass crystallinity is also related to the rate of cooling, with slow cooling resulting in more complete crystallization. We thus infer that the massive core was formed by the slow cooling of relatively homogeneous rhyodacite magma.

The jointed rim comprises glassy rhyodacite that contains abundant rectangular joints in a zone surrounding the massive core, suggesting that they are syn-emplacement fractures. The rectangular joints have curved–planar surfaces, suggesting they formed in response to cooling–contraction (Kokelaar, 1986) and dynamic stress (Brooks et al., 1982; Kokelaar, 1986; Griffiths and Fink, 1993; Stewart and McPhie, 2003) in a viscous magma. The rectangular joints meet the outer rim of the massive core at an angle of 60°–80° (Figure 6B), indicating that dynamic stress played an important role in the joint formation. Therefore, we infer that the jointed rim was formed by the fracturing of solidifying rhyodacite magma around the massive core in response to cooling–contraction and dynamic stress due to continued movement of the less-viscous core of the actively growing dome (Figure 11B). During dome growth, both internal inflation and marginal shear might have occurred simultaneously in response to movement of the high-viscosity rhyodacite magma (Figure 11A). Similar syn-emplacement joints have been reported from a Miocene rhyolite cryptodome at Sandfell in Iceland (Mattsson et al., 2018).

The brecciated border is inferred to have formed by fragmentation of the rim of the cryptodome, as the rhyodacite clasts in the brecciated border are monolithological and lithologically identical to the jointed rim. Most rhyodacite clasts show a clast-rotated texture, suggesting that clasts of in situ breccia were rotated in response to shear stress due to continued movement of the less-viscous core. The angular morphology of the rhyodacite clasts (Figure 7A), absence of glassy chilled margins in the rhyodacite clasts, flaky rhyodacite fragments in the matrix (Figure 7B), and pulverized rhyodacite in the matrix all suggest that the brecciated border formed in response to dynamic stress (Figure 11B). Similar shear-induced breccia has been reported from the contact between the dacite intrusion (69 wt.% SiO2) and host sediment of the Showa-Shinzan cryptodome (Goto et al., 2004). The phenocryst-rich zones in the rhyodacite clasts (Figure 8C) might have formed by strong shearing at the dome margins before fragmentation. Similar shear-induced textures have been reported from the marginal zone of dacitic lava spines at Mount St. Helens (Ryan et al., 2018).

Growth Style of the Ogariyama Dome

The growth style of volcanic domes is thought to be either endogenous, when a dome grows by internal inflation in response to the injection of new lava into the dome interior, or exogenous, when new lava is added to the outer surface of a dome (Fink et al., 1990; Fink, 1993; Calder et al., 2015). We infer that the growth style of the Ogariyama dome was endogenous.

The internal structure of the Ogariyama dome is concentric, suggesting that the dome formed by simple expansion in response to a continuous supply of magma during a single extrusive phase. A pulsating magma supply and multiple injections of magma separated in time would have resulted in a more complicated internal structure, comprising multiple domes or lobes with highly variable flow-banding orientations and a more complex arrangement of textural domains (e.g., Hamasaki, 1994; Závada et al., 2009).

The joint systems in the Ogariyama dome are consistent with endogenous growth. The rectangular joints in the massive core are spaced at intervals of 0.5–2.0 m, and those in the jointed rim at 0.3–0.8 m, suggesting that the isotherms (Spry, 1962) within the dome during cooling were concentric, which is consistent with endogenous inflation of the dome. Exogenous growth or multiple discrete injections of magma would have resulted in highly variable isotherms and more complicated joint patterns.

The bulk density in the three zones is also consistent with endogenous growth. The differences in bulk density among the three zones might reflect the variable porosity (i.e., the total volume of micro-size pores) of the rhyodacites, as the three zones have almost identical total phenocryst proportions and chemical compositions (Table 1). The lowest bulk density of the massive core might reflect the highest porosity of the three zones. The highest bulk density of the jointed rim might reflect the lowest porosity of the three zones. We infer that the lowest porosity of the jointed rim was due to rapid cooling of rhyodacite magma at the dome rim, whereas the highest porosity of the massive core reflects delayed vesiculation in the slowly cooling magma, caused by incomplete degassing during ascent due to the high magma viscosity (e.g., Sato et al., 1992).

Endogenous growth is a common growth style of subaqueous cryptodomes (Goto and McPhie, 1998; Stewart and McPhie, 2003; White et al., 2015). Both subaerial and subaqueous cryptodomes favor endogenous growth because they form by the emplacement of silicic magma into poorly consolidated sediment, which is deformed during dome growth.

Comparison With Subaqueous Examples

We now compare the morphology and internal structures of the Ogariyama dome with those of well-described subaqueous cryptodomes to extend our understanding of these structures. Examples of subaqueous cryptodomes have been reported by Goto and McPhie (1998) and Stewart and McPhie (2003). Goto and McPhie (1998) described a Miocene submarine dacite cryptodome at Momo-iwa, Rebun Island, Hokkaido, Japan. The Momo-iwa dome has a hemispheric morphology with a diameter of 200–300 m and height of 190 m. The internal structure of the dome is concentric, with a massive core, flow banded rim, and brecciated border. Radial columnar joints are well-developed from core to rim. Peperite occurs in the brecciated border. Stewart and McPhie (2003) described a Pliocene submarine dacite cryptodome at Kalogeros, Milos Island, Greece. The Kalogeros dome has a flattened hemispheric morphology with a diameter of 800–1300 m and height of 120 m. The internal structure of the dome is concentric, with a massive core, flow-banded rim, and brecciated border. The brecciated border comprises various types of breccias. Well-developed columnar joints occur from core to rim.

There are three differences between the Ogariyama dome and these subaqueous examples (Figure 12). The first difference is the asymmetric morphology of the Ogariyama dome, which has a scalene triangular shape, with rounded corners and a pointed top on its western side (Figure 4). In contrast, the morphology of submarine examples is simple, hemispherical, and symmetrical. This difference probably reflects the harder and non-homogeneous physical properties of the host sediments to the Ogariyama dome. The Ogariyama dome has an asymmetric (anisotropic) morphology because it was emplaced into relatively hard, non-water-saturated, coarse volcaniclastic deposits that were cut by faults or locally folded. Similar asymmetric morphologies of subaerial cryptodomes have been reported from the Showa-Shinzan cryptodome (e.g., Minakami et al., 1951; Mimatsu, 1962; Goto and Johmori, 2014) and Usu-Shinzan cryptodome (Katsui et al., 1985). Subaqueous cryptodomes typically have a simple, symmetrical, and hemispherical morphology because they are emplaced into water-saturated, isotropic, very soft mud, which is easily deformed and pushed away during the emplacement of a cryptodome.


[image: image]

FIGURE 12. Comparison between (A) a subaerial cryptodome and (B) a subaqueous cryptodome. The morphology and internal structures of the subaerial cryptodome differ from those of the subaqueous cryptodome. The subaerial cryptodome is characterized by an asymmetrical (anisotropic) morphology, distinct rectangular joints, and indistinct large-scale flow banding. The subaqueous cryptodome is characterized by a symmetrical morphology, well-developed radial columnar joints, and distinct large-scale flow banding. Peperite is only found in subaqueous cryptodomes.



The second difference is the absence of radial columnar joints in the Ogariyama dome. Subaqueous cryptodomes commonly have well-developed columnar joints (Goto and McPhie, 1998; Stewart and McPhie, 2003; White et al., 2015). This difference probably reflects the slow cooling of the Ogariyama dome. Columnar joints form in response to cooling–contraction (e.g., Spry, 1962), and column diameter depends mainly on the cooling rate, with slow cooling favoring more widely spaced joints (e.g., Grossenbacher and McDuffie, 1995). The high cooling rate of subaqueous cryptodomes results in well-developed columnar joints.

The third difference is the absence of distinct, large-scale flow banding in the Ogariyama dome, whereas such banding is commonly observed in subaqueous cryptodomes (Goto and McPhie, 1998; Stewart and McPhie, 2003; White et al., 2015). This difference possibly reflects the high viscosity of the Ogariyama dome. In general, silicic magma undergoes Bingham flow rather than Newtonian flow (e.g., Harris and Rowland, 2015). Bingham flow comprises a rigid plug at the core and shear zones along the margins. Flow banding forms in response to laminar shear in these shear zones (e.g., Cas and Wright, 1987). High-viscosity silicic magma is likely to behave as a rigid plug, which is not favorable for the development of flow bands. The Ogariyama dome has a higher SiO2 content (71–72 wt.%) than the Momo-iwa dome (63 wt.%; Goto and McPhie, 1998) and Kalogeros dome (64–65 wt.%; Stewart and McPhie, 2003), indicating the higher viscosity of the former (Figure 10).

We propose that subaerial domes generally have higher viscosities than subaqueous domes because: (1) volcanic rocks in mature (continental) arcs have higher SiO2 than those in immature (oceanic) arcs (e.g., Miyashiro, 1973); and (2) subaerial domes experience more complete degassing, resulting in a lower water content than subaqueous domes, as the confining pressure of subaerial domes is much lower than for subaqueous domes. The morphological and textural differences between the Ogariyama dome and subaqueous examples (i.e., the asymmetric morphology and the absence of well-developed radial columnar joints and large-scale flow banding in the Ogariyama dome) might reflect a combination of a harder host sediment, slower cooling rate, and higher viscosity of the Ogariyama dome. To our knowledge, the Ogariyama dome is the only example of a cross-sectional exposure of a Quaternary subaerial cryptodome worldwide. The dome provides a rare opportunity to study the primary internal structure of a subaerial cryptodome. Further case studies are required to better understand the textural differences between subaerial and subaqueous cryptodomes.



SUMMARY

The subaerial Ogariyama cryptodome on Usu volcano has a scalene triangular shape in cross-section and is 150 m across and 80 m high. The cryptodome has a concentric internal structure, with a massive core, jointed rim, and brecciated border. The massive core formed by slow cooling of homogeneous rhyodacite magma. The jointed rim formed by fracturing of solidifying rhyodacite magma in response to cooling–contraction and dynamic stress due to continued movement of the less-viscous core. The brecciated border formed by dynamic stress. Compared with subaqueous cryptodomes, the Ogariyama dome is characterized by an asymmetric morphology and absence of radial columnar joints and large-scale flow bands. These morphological and textural differences might reflect the harder host sediment, slower cooling rate, and higher viscosity of the Ogariyama dome.
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Studies of submarine hydrothermal systems in Mediterranean Sea are limited to the southern Italian volcanism, while are totally missing in the Aegean. Here, we report on the geochemistry of high-temperature fluids (up to 220°C) venting at 500 m b.s.l. from the floor of Kolumbo submarine volcano (Hellenic Volcanic Arc, Greece), which is located 7 km northeast of Santorini Island. Despite the recent unrest at Santorini, Kolumbo submarine volcano is considered more active due to a higher seismicity. Rizzo et al. (2016) investigated the He-isotope composition of gases collected from seven chimneys and showed that are dominated by CO2 (>97%), with only a small air contamination. Here we provide more-complete chemical data and isotopic compositions of CO2 and CH4, and Hg(0) concentration. We show that the gases emitted from different vents are fractionated by the partial dissolution of CO2 in water. Fractionation is also evident in the C-isotope composition (δ13CCO2), which varies between -0.04 and 1.15‰. We modeled this process to reconstruct the chemistry and δ13CCO2 of intact magmatic gases before fractionation. We argue that the CO2 prior to CO2 dissolution in water had δ13C ∼-0.4‰ and CO2/3He ∼1 × 1010. This model reveals that the gases emitted from Kolumbo originate from a homogeneous mantle contaminated with CO2, probably due to decarbonation of subducting limestone, which is similar to other Mediterranean arc volcanoes (e.g., Stromboli, Italy). The isotopic signature of CH4 (δ13C ∼-18‰ and δD ∼-117‰) is within a range of values typically observed for hydrothermal gases (e.g., Panarea and Campi Flegrei, Italy), which is suggestive of mixing between thermogenic and abiotic CH4. We report that the concentrations of Hg(0) in Kolumbo fluids are particularly high (∼61 to 1300 ng m-3) when compared to land-based fumaroles located on Santorini and worldwide aerial volcanic emissions. This finding may represent further evidence for the high level of magmatic activity at Kolumbo. Based on the geo-indicators of temperature and pressure, we calculate that the magmatic gases equilibrate within the Kolumbo hydrothermal system at about 270°C and at a depth of ∼1 km b.s.l.

Keywords: Hellenic Volcanic Arc, Kolumbo submarine volcano, submarine gases, gas–water interaction, hydrothermal system, CO2, CH4


INTRODUCTION

About 80% of Earth volcanism occurs on the ocean floor (Crisp, 1984), which has greatly hindered the understanding of the natural outgassing of volatiles from the Earth’s interior and its impact on the environment. Several submarine volcanoes have been discovered in recent decades, and geochemical studies have investigated the current status of submarine magmatic-hydrothermal systems. These studies have focused either on midocean ridges (e.g., Butterfield et al., 1990; Lilley et al., 1993; Von Damm, 1995; Von Damm et al., 1995; Lupton et al., 1999) or subduction-related settings (Taran et al., 1992; Tsunogai et al., 1994; Caracausi et al., 2005; Chiodini et al., 2006; Lupton et al., 2006, 2008; Lan et al., 2010; Rizzo et al., 2016; Stucker et al., 2017; and references therein). To the best of our knowledge, Panarea (Aeolian Islands, Italy) is the only volcanic system in the Mediterranean basin characterized by active submarine emissions for which geochemical studies have provided detailed and comprehensive reconstructions of the gas–water interaction process, the origin of gases and the magmatic-hydrothermal system (Caliro et al., 2004; Caracausi et al., 2005 and references therein; Chiodini et al., 2006; Capaccioni et al., 2007; Tassi et al., 2009, 2014; and references therein). The submarine emissions at Panarea are mainly located at relatively shallow water depths (down to 30 m), thereby providing easy access for gas sampling.

In 2006, an extensive hydrothermal vent field was discovered at a depth of 500 m on the floor of Kolumbo submarine crater (Sigurdsson et al., 2006), 7 km off the northeast coast of the Santorini Island (Figure 1) in the southern Aegean Sea, Greece (Nomikou et al., 2012). Kolumbo volcano lies along the Christianna-Santorini-Kolumbo volcanic line (CSK; Figure 1) that is in the central part of the Hellenic Volcanic Arc (HVA; Nomikou et al., 2016, 2018). The CSK consists of 23 submarine cones and craters (Nomikou et al., 2012; Hooft et al., 2017), of which Kolumbo is the largest and most-active, and last erupted in 1650 (Cantner et al., 2014). The crater is 1.7 km in diameter and up to 500 m deep, with the shallowest point nowadays being at 18 m b.s.l. (below sea level) (Nomikou et al., 2012). All of these volcanoes belong to the modern HVA formed by the subduction of the African plate beneath the European plate (McKenzie, 1972; Le Pichon and Angelier, 1979). HVA began to form 3–4 My ago (Pe-Piper and Piper, 2007), and it stretches from the Gulf of Saronikos in the northwest to the Kos-Nisyros-Yali Islands complex in the east (Figure 1).


[image: image]

FIGURE 1. Offshore and onshore topographic map of the Aegean Sea and the location of the main eruptive centers belonging to the modern HVA (Hellenic Volcanic Arc) (modified after Nomikou et al., 2013). Bathymetry is from the EMODNET database (www.emodnet.eu). CSK indicates the Christianna-Santorini-Kolumbo volcanic line. The inset map shows the main geodynamics of the Aegean Sea (Nomikou et al., 2018).



The Kolumbo hydrothermal vent field emits CO2-dominated fluids at temperatures as high as 220°C (Sigurdsson et al., 2006; Carey et al., 2013) and with a clear mantle origin (Rizzo et al., 2016). However, the origin of CO2 and CH4, the extent of variability in the geochemistry of gases emitted from different chimneys, and the pressure and temperature conditions of the magmatic-hydrothermal system remain unclear.

This study aims to fill this gap in the knowledge by combining the chemical and isotopic data previously reported for noble gases by Rizzo et al. (2016) with new chemical data from the analysis of Hg(0) and the isotopic compositions of CO2 and CH4. We identified and modeled the main processes underlying the alterations in the isotopic composition of magmatic-hydrothermal fluids along the path of their ascent, in order to reconstruct the original chemistry of these gases at the earliest stages of their formation. Finally, we used geo-indicators to elucidate the pressure and temperature conditions of the hydrothermal system feeding the gas vents beneath Kolumbo volcano, and propose a conceptual scheme for the fluid circulation.



PRESENT KNOWLEDGE ABOUT KOLUMBO SUBMARINE VOLCANO

The Kolumbo submarine volcano developed next to Santorini Island (Figure 1), and several multidisciplinary studies have been carried out over the last decade to shed light on its plumbing system and activity state. The findings of volcanological and geochemical investigations suggest that there are two distinct plumbing systems beneath the Santorini and Kolumbo volcanic systems (Francalanci et al., 2005; Dimitriadis et al., 2009; Kilias et al., 2013). The depth of the magma chamber beneath Kolumbo has been constrained by seismological and petrological observations to lie at depths of 5–7 km (Dimitriadis et al., 2009, 2010; Konstantinou and Yeh, 2012; Cantner et al., 2014). A more recent petrological study revealed striking geochemical differences (e.g., in Nb/Yb, Zr/Nb, 206Pb/204Pb, 87Sr/86Sr, and 3He/4He) between Kolumbo and Santorini magmas despite their close temporal and spatial associations, supporting the hypothesis that the two magmatic systems have distinct mantle sources (Klaver et al., 2016).

Modern-day microseismicity along the CSK is concentrated beneath Kolumbo at depths of 6–9 km (Bohnhoff et al., 2006; Dimitriadis et al., 2009), with the exception of the unrest at Santorini during 2011–2012 when the seismicity focus migrated within its caldera (e.g., Parks et al., 2012). This confirms that Kolumbo is the most-active volcanic system in the region at the present time (Francalanci et al., 2005; Dimitriadis et al., 2009, 2010; Nomikou et al., 2012; Hubscher et al., 2015). Similar indications come from the presence of intense degassing of hydrothermal vents on the floor of Kolumbo submarine crater and the geochemistry of these fluids (Sigurdsson et al., 2006; Carey et al., 2013; Rizzo et al., 2016). This intense degassing contrasts with the low-temperature fumaroles observed in the Santorini caldera (Sigurdsson et al., 2006; Rizzo et al., 2015; and references therein).

Sigurdsson et al. (2006) were the first to describe the presence of a widespread hydrothermal vent field on the floor of Kolumbo submarine crater, but only two subsequent geochemical studies have investigated the chemistry of these fluids (Carey et al., 2013; Rizzo et al., 2016). Sigurdsson et al. (2006) and Carey et al. (2013) reported that fluids emitted from the Kolumbo floor are at temperatures up to 220°C and pH ∼5 next to the vents, respectively. Carey et al. (2013) also reported the first data for the chemical composition of gas samples collected from two vents, which indicated that these gases are virtually pure CO2. However, that study focused on the acidification-related hazards that may arise from the dissolution of CO2 in seawater, which was found to occur within the first 10 m of the water column inside the bowl-shaped crater. This dissolution causes local increases in water density and favors the accumulation of CO2-rich, acidic waters at the seafloor that do not permit the growth of macrofauna (Camilli et al., 2015), while additional hazards could arise from the abrupt release of gases at the surface.

Rizzo et al. (2016) reported on 3He/4He measurements of gas samples collected during May 2014 from seven chimneys. Briefly, they constrained the 3He/4He signature of Kolumbo gases and of the local mantle at 7.0 Ra (where Ra is the atmospheric 3He/4He equal to 1.39 × 10-6), which is indicative of a MORB-like mantle. It was subsequently revealed that these values are significantly lower than the 3He/4He values measured in Santorini fluids and rocks (∼4 Ra; Rizzo et al., 2015 and references therein), whereas the observed decrease in the He-isotope signature was attributable to a crustal contamination below the Island. Finally, that study highlighted that 3He/4He values measured at Kolumbo were the highest ever measured across the entire HAV and indicative of the direct degassing through lithospheric faults.



SAMPLING AND ANALYTICAL TECHNIQUES

During the 4-SeaBioTech survey on RV AEGAEO (Hellenic Centre for Marine Research) during May 2014, seven chimneys bubbling gas phases with variable sustained fluxes were sampled on the floor of Kolumbo submarine crater with the Greek Max Rover remotely operated vehicle (ROV) (Figure 2). These chimneys were selected based on a previous seafloor exploration of hydrothermal activity (Sigurdsson et al., 2006; Carey et al., 2013) and a oceanographic survey performed in 2014 (Figure 2). Although direct measurements of temperature were not possible during the 2014 survey, previous surveys found that the fluids discharged in the northern part of the crater floor had temperatures as high as 220°C, while those present along the northern and eastern margins were no hotter than 70°C, and characterized by ephemeral bubble fluxes (Sigurdsson et al., 2006; Carey et al., 2013).
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FIGURE 2. Bathymetric map of the floor of Kolumbo submarine crater and the location of the sampled hydrothermal vents (modified after Kilias et al., 2013). Inset map shows the swathe map of Kolumbo volcano (Rizzo et al., 2016). Red rectangular indicates the location of the vent field.



The present study collected bubbling hydrothermal gases at the seafloor and stored them in titanium gas-tight bottles equipped with funnels, as described in detail by Rizzo et al. (2016). The obtained gas samples were analyzed in the laboratories of INGV (Istituto Nazionale di Geofisica e Vulcanologia), Sezione di Palermo for their chemistry and isotopic compositions of noble gases (He, Ne, and Ar), C of CO2, and C and H of CH4. The chemical composition of He, H2, O2, N2, CO, CH4, and CO2 was measured by a gas chromatograph (Clarus 500, Perkin Elmer) equipped with a 3.5-m column (Carboxen 1000) and double detector (hot-wire detector and flame ionization detector [FID]), for which the analytical errors were < 3%. The concentrations of C2H6 and C3H8 were also measured in a few selected samples after hydrocarbon enrichment via bubbling pressurized gas in Giggenbach bottles filled with 4-M NaOH (Giggenbach, 1975). Higher hydrocarbons were analyzed using a gas chromatograph (Shimadzu, 2010) equipped with an FID and a capillary column (CP Poraplot) using He as the carrier gas. The analytical precision for these gas chromatography analyses was better than 5% for trace gases and 10% for alkanes.

The Hg(0) concentration in the gas samples was measured at the Geosciences Environment Toulouse laboratory in France. Titanium canisters filled with hydrothermal gases at a known pressure were connected to a 60-mL impinger (Savillex) via a stainless steel valve, 6 mm of PTFE tubing and a 6-mm-long Pyrex bubbler tube. The impinger contained 30 mL of a strongly oxidizing 40 vol% inverse aqua-regia solution (HNO3:HCl = 2:1). The canister was partly opened, which induced the hydrothermal gases to bubble in the aqua-regia solution and the oxidation of Hg(0) to Hg(II). The volume of hydrothermal gas sampled was measured with a ball flowmeter and a chronometer. The flow rate was approximately 80 mL min-1, and trapping continued until atmospheric pressure equilibration occurred between the canister and the oxidizing solution trap. The total Hg concentrations were measured in accordance with the USEPA 1631 method. Aliquots of 0.1–1 mL were analyzed in duplicate using semiautomatic cold vapor atomic fluorescence spectrometry (CV-AFS; Brooks Rand Model III, United States) with a single gold trap. The analysis accuracy of CV-AFS was evaluated according to the standard analysis method for the NRC ORMS-4 certified reference material (22.0 ± 1.6 ng L-1, mean ± SD), and satisfactory results were obtained (21.3 ± 2.4 ng L-1, n = 7).

The 3He/4He and 4He/20Ne ratios addressed in the present study have been reported together with the respective analytical methods by Rizzo et al. (2016). The 40Ar/36Ar and 38Ar/36Ar ratios were measured using a mass spectrometer (Argus GVI) with analytical errors of < 0.2%.

The C-isotope composition of CO2 [expressed as δ13C ‰ vs. V-PDB (Vienna-Pee Dee Belemnite)] was determined using a continuous-flow isotope-ratio mass spectrometer (Thermo Delta Plus XP, Finnigan), connected to a gas chromatograph (Trace GC) and interface (Thermo GC/C III, Finnigan). The gas chromatograph and its column (length = 30 m and i.d. = 0.32 mm; Poraplot-Q) were operated at a constant temperature of 50°C using He as the carrier gas. The analytical errors were <0.1‰. The C and H isotopes of CH4 were analyzed using the same instrument. A combustion interface (Thermo GC III, Finnigan) was used to produce CO2 from methane, while a gas-chromatograph/thermal-conversion interface provided on-line high-temperature conversion of CH4 into H. The SDs for the δ13C and δD measurements of CH4 were <0.2 and <2.5‰, respectively.



RESULTS

Gas Chemistry

The chemical composition of submarine gases collected at Kolumbo is presented in Table 1. These gases are dominated by CO2, which is present at concentrations up to 99.1% (Figure 3A). The concentration of CH4 ranges from 1052 to 5521 ppm, while C2H6 and C3H8 exhibit much narrow ranges of 95–128 and 14–20 ppm, respectively (values measured in the Giggenbach bottle; Giggenbach, 1975). He varies between 9 and 40 ppm, while H2 and CO range from 170 to 716 ppm and from 2 to 7 ppm, respectively. The O2 and N2 contents varied depending on the degree of sample contamination by ambient air, with maximum values of 5.1 and 21%, respectively (Figures 3B, 4A). 20Ne ranges between 0.082 and 4.2 ppm, while 40Ar ranges between 69 and 834 ppm (Figure 4B). It should be noted that 40Ar was not measured in the sample with the greatest air contamination (O2 = 5.1%, N2 = 21%, and 20Ne = 4.2 ppm). In order to evaluate the extent of air or the presence of air-saturated water (ASW), O2 and Ar are plotted versus 20Ne in Figures 4A,B, respectively. All of the analyzed samples fell along the line representing air rather than ASW, indicating that this contamination is probably due to sampling or extraction procedures. In order to determine the gas composition before air contamination (Gf), data were corrected based on the O2 content measured in each analysis as follows:
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TABLE 1. Chemical composition of major and minor gaseous components from Kolumbo hydrothermal vents. Ar, CO2, and CH4 isotope ratios are also reported.
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FIGURE 3. (A) CO2-CH4-He ternary diagram showing the main components of Kolumbo gases. (B) He-Ar-N2 ternary diagram displaying air and ASW (air-saturated water) contamination trends.




[image: image]

FIGURE 4. Binary plots of Ne versus (A) O2 and (B) Ar, with the air line also shown. Data plotting along the air line represent evidence of atmospheric contamination due to sampling or storage conditions. See the main text for details.



where Gs is the concentration of the gaseous species measured in the sample (e.g., He), Ga is the concentration of the same gaseous species in air (e.g., He = 5.24 ppm) and F is the fraction of air calculated from the O2 concentration measured in the sample divided by the atmospheric O2 concentration (20.947%). We point out that even assuming that all of the 20Ne or 40Ar measured in our samples is of atmospheric origin (as for O2), the recalculated percentages of air contamination would still be comparable. The back-corrected chemical composition of Kolumbo gases is reported in Table 2.

TABLE 2. Restored chemical composition after correction for atmospheric contamination and pristine composition of gases after correction for CO2 dissolution in water.
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Furthermore, the concentration of gaseous Hg(0) differed markedly (and significantly) among the seven investigated chimneys, from 61 to 1301 ng m-3 (Table 3).

TABLE 3. Hydrothermal gas Hg(0) concentrations of the seven chimneys where it was possible to make measurements.
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Isotopic Composition of Gases

Table 1 reports the isotopic compositions of CO2, CH4, and Ar in the analyzed gases. The C-isotope composition (δ13CCO2) varied between -0.04 and 1.15‰ V-PDB, whereas increasing ratios were positively correlated with the concentrations of He, H2, CO, and CH4. The CH4-isotope composition varied over a narrow range for both C (δ13C = -18.8 to -17.6‰ V-PDB) and H (δD = -118.6 to -115.4‰ V-SMOW).

The 3He/4He and 4He/20Ne ratios used in the present study were previously measured and discussed by Rizzo et al. (2016). Here we further measured the Ar-isotope composition, which was found to be close to the values typically encountered in atmospheric air (40Ar/36Ar = 295.5 and 38Ar/36Ar = 0.188; Ozima and Podosek, 1983). 40Ar/36Ar in hydrothermal gases varies between 296 and 316, while 38Ar/36Ar is between 0.187 and 0.189. However, 40Ar was corrected for atmospheric contamination (40Ar∗) in the samples having 40Ar/36Ar > 308 as follows:
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This correction is useful for obtaining accurate estimates of the 4He/40Ar∗ ratio, which in Kolumbo gases vary between 4.8 and 5.5. These ratios are within the ratio range typical of the mantle (4He/40Ar = 1–5; e.g., Ozima and Podosek, 1983; Marty, 2012), confirming that Kolumbo gases preserve the features that they have inherited from the magma.



DISCUSSION

Gas–Water Interaction of Magmatic Fluids

The chemical composition of gases corrected for air contamination as well as the δ13CCO2 show a variability clearly modulated by a process of selective dissolution of gases in water driven by their different solubilities (Figures 5, 6). In order to determine the original composition of the intact gases, which is necessary for evaluating the origin of CO2 and the pressure and temperature conditions of the hydrothermal system, we initially defined the boundary conditions for modeling. Due to the lack of direct measures of temperature in the fluids discharged from the Kolumbo chimneys, we assumed a homogeneous emission temperature of 220°C, as measured by Sigurdsson et al. (2006) (see section “Sampling and Analytical Techniques”). This assumption is reasonable because it is based on direct measurements made in the same part of the floor of Kolumbo submarine crater and from vents showing a sustained flux of gas bubbles, which indicates the concomitant release of high-temperature fluids (Sigurdsson et al., 2006). Regardless of the accuracy of this estimate, it should be remembered that any slight difference in temperature between vents would mostly influence the extent of the CO2 dissolution in water rather than the path of fractionation of less-soluble species, especially when considering elemental ratios. Since gases are emitted on the floor of Kolumbo submarine crater, which is at around 500 m b.s.l., we assumed a constant pressure of 50 bar. Based on the assumption of a temperature of 220°C, the saturated vapor pressure would be ∼23 bar. This means that the partial pressure of CO2 would be ∼27 bar within a bubble of fluids exsolved from the vents located at the hydrostatic pressure of 50 bar.
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FIGURE 5. Plots of He versus (A) CH4 and (B) H2, and CH4 versus (C) H2 and (D) CO. Legend symbols as in Figure 4. Lines show the path of selective dissolution of gases in water modeled as an open-system condensation process under equilibrium conditions. Arrows indicate the process direction. The starting gas composition for modeling was He = 8 ppm, H2 = 150 ppm, N2 = 0.2%, CH4 = 1150 ppm, CO = 1.5 ppm and CO2 = 99.8%. See the main text and Table 2 for further details.
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FIGURE 6. Plot of CH4/CO2 versus He/CO2. Legend symbols as in Figure 4. Line and arrow are as in Figure 5. The starting gas composition for modeling was CH4/CO2 = 1.15 × 10-3 and He/CO2 = 8.02 × 10-6. See the main text for further details.



Considering that we are dealing with submarine emissions, it is reasonable to assume that hydrothermal water condenses in the seawater together with the highly soluble acidic gases (SO2, HCl, and HBr). We cannot exclude that the CO2 continued to dissolve in water inside the gas-tight bottles during the time that lapsed between sampling and gas extraction aboard the vessel, mostly because of cooling.

The residual gas phase that we studied comprised mainly CO2 and secondarily N2, H2, CO and CH4, as well as noble gases at low levels and trace gases. We ultimately assumed a geochemical system comprising CO2, N2, H2, CO, CH4, He, Ne and Ar, all of which dissolve in liquid water according to Henry’s law. After the condensation of water vapors and highly soluble acidic gases, a further progression of gas dissolution would induce the preferential dissolution of CO2 in water and the consequent enrichment of less-soluble species such as N2, H2, CO, hydrocarbons and noble gases (Sander, 2015). Since our dry gas mixture comprised > 97% CO2, we deduce that the extent of fractionation was low. Therefore, this process can be better evaluated using other components such as CH4 versus He (Figures 5, 6) rather than the CO2 concentration.

Following the thermodynamic approach proposed by Fernandez-Prini et al. (2003 and references therein) and based on our pressure and temperature boundary conditions, we calculated Henry’s constant kH and the gas–liquid distribution constant KD for each species included in our geochemical system. We simulated a condensation process under equilibrium conditions as expressed by the Rayleigh (1896) equation:
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where Rv0 is the initial ratio of the bulk composition (e.g., He/CO2), Rv is the same instantaneous ratio in the residual gas phase (v), f is the fraction of the residual gas phase and α is the fractionation factor determined by the solubility ratio of the species under consideration (e.g., kH-He/kH-CO2). We also assumed open-system conditions considering the continuous removal of gas-saturated parcels of water.

The initial composition applied in our model is reported in Table 2 and in the captions of Figures 5–7. Similarly to gas levels, the isotopic composition of gaseous CO2 (δ13CCO2) changes as a result of its dissolution in water (Figure 7) and the isotopic fractionation between gaseous and dissolved inorganic CO2 [CO2(aq)]. CO2(aq) is referred to as dissolved inorganic C (DIC) and is equal to the sum of the aqueous species H2CO3, [image: image], and [image: image]. The fractionation process is modeled using the Rayleigh equation as follows (Clark and Fritz, 1997):
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FIGURE 7. Plot of He/CO2 versus δ13CCO2. Legend symbols as in Figure 4. Line and arrow are as in Figure 5. The starting gas composition for modeling was δ13CCO2 = –0.4‰ and He/CO2 = 8.02 × 10-6. εDIC-CO2g = –0.79 at 220°C, which implies H2CO3 and [image: image] molar fractions of 0.96 and 0.04, respectively, equivalent to pH = 5. See the main text for further details.



where (δ13CCO2)0 is the initial CO2-isotope composition, f is the fraction of the residual gas phase, and ε is the fractionation factor between DIC and gaseous CO2 (CO2(g)). This fractionation factor is obtained by summing up the fractionation factors of dissolved C species and CO2(g) weighted for their molar fraction with respect DIC (Zhang et al., 1995; Allègre, 2008):
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The molar fraction of each C species depends on the water temperature and pH. We calculated each fractionation factor at 220°C based on the approach of Zhang et al. (1995), while the molar fractions of H2CO3 and [image: image] were set to 0.96 and 0.04, respectively. We also assumed that the molar fraction of [image: image] was 0 given that the pH of water on the floor of Kolumbo submarine crater is typically lower than 8 (Mandalakis et al., 2019), which means that the terms involving [[image: image]] can be neglected in the above equation. Under these conditions, εDIC-CO2(g) was calculated to be -0.79. The molar fractions were also used in the following equation describing the dissociation of H2CO3 in order to estimate the pH of water in which CO2 was dissolved:
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The chemical and δ13CCO2 variability of gases emitted from Kolumbo (Figures 7, 8) is well-modeled by a trend of CO2 dissolution in water having H2CO3 and [image: image] molar fractions of 0.96 and 0.04, respectively, which at 220°C corresponds to pH ∼5. It is particularly interesting that this value is identical to that measured by Carey et al. (2013) in fluids emitted by a neighboring vent on the floor of Kolumbo submarine crater thereby further validating the boundary conditions selected for our model.
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FIGURE 8. Plot of δ13CCO2 versus CO2/3He. 3He data are taken from Rizzo et al. (2016), who analyzed the same suite of gas samples. Data for Santorini, Nisyros, Vulcano, and Panarea are from Brombach et al. (2003), Paonita et al. (2013), Tassi et al. (2014), and Rizzo et al. (2015), respectively. The violet dotted curve represents binary mixing between a MORB-like upper mantle having δ13C = –4‰ and CO2/3He = 2 × 109, and limestone having δ13C = 0‰ and CO2/3He = 1 × 1013 (Marty and Jambon, 1987; Javoy and Pineau, 1991; Sano and Marty, 1995). The black dotted line represents the path of selective dissolution of gases in water modeled by an open-system condensation process under equilibrium conditions. The starting gas composition for modeling was δ13CCO2 = –0.4‰ and CO2/3He = 1.26 × 1010. The symbols are as in Figure 5.



Origin of Gases Emitted at Kolumbo

Origin of CO2

Back-corrected calculations of the concentration and isotopic composition of gaseous CO2 before its selective dissolution in water allow evaluation of its origin in the Kolumbo magmatic system and the making of inferences about the local mantle. To our knowledge, this is the first study to provide data on δ13CCO2 emitted by Kolumbo submarine volcano.

We examined the origin of CO2 by combining the 3He/4He values reported by Rizzo et al. (2016) with the CO2 concentration and δ13CCO2 values measured in the present study. The plot of δ13CCO2 versus CO2/3He is a convenient diagnostic for this purpose (Sano and Marty, 1995), although post-magmatic processes may strongly modify the original gas composition and thus compromise the accuracy of this approach (e.g., Oppenheimer et al., 2014). As discussed in Section “Gas–Water Interaction of Magmatic Fluids,” the trend of the variation of Kolumbo gases is modulated by the process of CO2 dissolution in water, which can be observed in Figure 8. However, the back-corrected calculated values for the gas composition produced δ13CCO2 and CO2/3He values of -0.4‰ and 1.28 × 1010, respectively. This CO2/3He ratio falls within the range of values reported for gases emitted from arc volcanoes worldwide (≥1010; Hilton et al., 2002), while δ13CCO2 is within the range proposed for limestone (CO2/3He ∼1 × 1013, δ13C = -1 to +1‰; Sano and Marty, 1995). Figure 8 presents the binary mixing line between MORB (CO2/3He = 2 × 109, δ13C = -4‰) and limestone (assuming CO2/3He = 1 × 1013, δ13C = 0‰), which highlights that gases emitted at Kolumbo have a MORB source contaminated by limestone. The main question arising from this evaluation is whether the contamination by carbonates occurs in the mantle (by subduction of limestone-bearing sediments) or in the crust (from carbonates in the basement). Unfortunately we have not performed any direct measurements of mantle fluids that could shed light on this question for Kolumbo, in contrast to the values measured for the mantle cumulates at Stromboli arc volcano (Gennaro et al., 2017). We therefore attempted to address this issue indirectly by comparing our data with those for fumarole gases emitted at Santorini (Nea Kameni Island) and Nisyros (Figure 8), which are the most-active volcanoes along HVA. Recent measurements of fumarole samples from Santorini (Rizzo et al., 2015) produced δ13CCO2 and CO2/3He values that are comparable to those for Kolumbo gases, despite the considerable variability that may have been caused by gas–water interaction, similarly to our case study (Figure 8). In detail, δ13CCO2 as measured previously at Nea Kameni fumaroles was -0.2 ± 2.7‰ (Dotsika et al., 2009; Parks et al., 2013; Tassi et al., 2013), which is consistent with the present results for Kolumbo (Figure 8). Similar δ13CCO2 and CO2/3He values were also found by Brombach et al. (2003) for Nisyros fumaroles, although those data exhibited substantial variability. However, the reported range of values fell mainly within the binary mixing line between MORB and limestone, as observed for Santorini and Kolumbo gases.

Parks et al. (2013) proposed that the C-isotope signature of CO2 emitted at Santorini and Nisyros is consistent with mixing between magmatic fluids and crustal basement limestone, the presence of which has been inferred by Nicholls (1971) and Spandler et al. (2012). This interpretation is plausible for two main reasons: (1) similar δ13CCO2 signatures characterize most of the Mediterranean volcanoes where there is evidence of the presence of a carbonate basement, and (2) the δ13CCO2 variability observed in fumaroles at Santorini during the 2011–2012 unrest (Tassi et al., 2013) is not compatible with a mantle signature modified by subducted carbonates (Parks et al., 2013). In further support of the hypothesis of Parks et al. (2013), we highlight that there is strong evidence for the presence of Mesozoic carbonates within the crust beneath Kolumbo (Kilias et al., 2013). However, Rizzo et al. (2016) reported that the 3He/4He signature of Kolumbo gases is indicative of the direct degassing of a MORB-like mantle, while those at Santorini are subsequently modified by crustal contamination. Those authors therefore argued that the mantle beneath Kolumbo and Santorini is homogeneous in terms of the He-isotope signature.

We consider that the consistency of the δ13CCO2 signatures at Santorini, Kolumbo, Nisyros, and most Mediterranean volcanoes with MORB and limestone mixing represents evidence of mantle metasomatism induced by decarbonation of subducting limestone-bearing sediments, rather than mixing of comparable proportions of magmatic and crustal fluids originating from local basement carbonates. Indeed, based on δ13CCO2 in fluid inclusions of mantle cumulates from Stromboli, Gennaro et al. (2017) revealed that the isotopic signature of local mantle reflected CO2 contamination arising from the decarbonation of sediments carried by the subducting Ionian slab. We therefore argue that the mantle beneath Kolumbo and Santorini is reasonably homogeneous also in terms of δ13CCO2 signatures, and we cannot exclude that CO2 is already contaminated by the decarbonation of slab sediments. Local crustal contamination may eventually further modify the isotopic composition of metasomatized mantle C, as observed for He isotopes beneath Santorini (Rizzo et al., 2015, 2016).

Origin of CH4

Some studies have focused on the origin of CH4 in fluids emitted from submarine hydrothermal systems (Welhan, 1988; McCollom and Seewald, 2007; Proskurowski et al., 2008; Keir, 2010; McDermott et al., 2015; Wen et al., 2016; Xue-Gang et al., 2016; Wang et al., 2018; and references therein). Besides the difficulty of sampling at considerable water depths, the availability of CH4 data is further impaired by the gases emitted from hydrothermal or magmatic systems generally being dominated by CO2 (e.g., Yang et al., 2005; Lupton et al., 2006, 2008), with only trace levels of CH4. This compromises the ability to perform isotope analyses, especially those of H.

In this study we measured the stable C and H isotopes of CH4 in Kolumbo hydrothermal gases and performed evaluations to ascertain the origin of CH4. In this context we plotted δ13CCH4 versus CH4/(C2H6+C3H8), which is the most-common classification approach that was introduced by Bernard et al. (1978), and δDCH4 versus δ13CCH4, as introduced by Schoell (1980) and later modified by Mazzini et al. (2011), to distinguish CH4 originating from thermogenic and microbial processes as well as sediment-free midocean ridges (Figure 9). It should be stressed that the CH4-isotope composition of Kolumbo gases (Table 1) varied within a narrow range for both C (δ13C = -18.8 to -17.6‰ V-PDB) and H (δD = -118.6 to -115.4‰ V-SMOW). The data points in the plot of δ13CCH4 versus CH4/(C2H6+C3H8) for Kolumbo samples (Figure 9A) fall within an origin area of the sediment-free midocean ridge, similar to other Italian geothermal and hydrothermal systems (e.g., Panarea and Pantelleria; Tassi et al., 2012). Such data are often classified as abiogenic (McCollom and Seewald, 2007 and references therein), meaning that methanogenesis does not involve a biogenic organic precursor (Welhan, 1988). Nevertheless, the accuracy of this approach can be significantly compromised since the concentrations of light hydrocarbons and the isotopic composition of CH4 can both be modified by oxidation and migration processes (Welhan, 1988). More specifically, δDCH4 and δ13CCH4 measured in Kolumbo gases may have been altered by thermogenic gas oxidation, as in the case of CH4 from Salton Sea Geothermal Field (Mazzini et al., 2011). Alternatively, it is possible that abiogenic CH4 is either formed in basalts and extracted into the circulating fluids (Welhan, 1988) or produced by Fischer-Tropsch-type chemical reactions (e.g., Proskurowski et al., 2008; Keir, 2010 and references therein; Etiope and Sherwood-Lollar, 2013). However, the latter process was recently questioned by Taran et al. (2010a), who attributed the isotopic trends in the δ13C and δD values of light hydrocarbons as mixing between two or more endmembers.
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FIGURE 9. (A) Plot of δ13CCH4 versus CH4/(C2H6+C3H8) modified from Bernard et al. (1978). Field data for microbial and thermogenic gases and from sediment-free midocean ridges and for igneous rocks are from McCollom and Seewald (2007 and references therein). Data for Italian geothermal systems and hydrothermal systems from Campi Flegrei, Vesuvio and Panarea are from Tassi et al. (2012 and references therein). (B) Plot of δDCH4 versus δ13CCH4 as introduced by Schoell (1980) and modified by Mazzini et al. (2011). Field data are from Mazzini et al. (2011 and references therein). The symbols are as in Figure 5.



On the other hand, the plot of δDCH4 versus δ13CCH4 for Kolumbo samples (Figure 9B) falls within the area of Socorro gases (Mexico, Taran et al., 2010b), between the range of abiotic CH4 (McCollom and Seewald, 2007 and references therein) and a thermogenic field, which is how most geothermal and hydrothermal systems worldwide are generally characterized (Whiticar, 1999; Mango, 2000; Taran et al., 2010b; Tassi et al., 2012). By combining He-isotope data (i.e., 3He/4He ratio of ∼7 Ra for Kolumbo gases; Rizzo et al., 2016) with those of CH4 (e.g., Hsin-Yi et al., 2016), we obtained an average CH4/3He ratio of ∼1.4 × 107 (Table 1). This ratio falls within the range of values measured in fluids from the East Pacific Rise (e.g., Proskurowski et al., 2008; Keir, 2010; and references therein).

Christakis et al. (2018) analyzed the microbial community at Kolumbo sulfide chimneys using next-generation sequencing technologies, and did not find any microbial lineages closely related to CH4 production processes. In addition, only a few phylotypes typically involved in CH4 oxidation were identified. A further metagenomic investigation of the Kolumbo seafloor found negligible methanogenesis-related marker genes (Oulas et al., 2015), supporting the abiotic origin of CH4.

It was beyond the scope of this study to resolve the scientific controversies of the different theories about abiotic CH4. Overall, it is more likely that CH4 in Kolumbo gases comprise a mixture of oxidized thermogenic and abiogenic CH4 formed in high-temperature (>200°C) magmatic-hydrothermal systems.

Submarine Hydrothermal Hg(0) Emissions

The natural aerial volcanic emissions of Hg via passive degassing have been estimated at 76 ± 30 × 106 g yr-1 (Bagnato et al., 2014). However, the quantity and impact of Hg released by submarine volcanoes and hydrothermal systems is less well-known due to a lack of observations (Varekamp and Buseck, 1981; Bagnato et al., 2017). In particular, there are severe logistical constraints in sampling submarine volcanic gas emissions on the floor of Kolumbo submarine crater, since it is at 500 m b.s.l. (Fitzgerald and Lamborg, 2004). Moreover, previous studies of submarine hydrothermal Hg have investigated dissolved Hg(II) concentrations but not dissolved gaseous Hg(0) (Lamborg et al., 2006).

The present study deployed gas-tight titanium syringes connected to inverted funnels above hydrothermal vents and activated by an ROV, which provided the unique opportunity to collect pristine bubbling gas emissions discharged from an active submarine volcano. The levels of gaseous Hg(0) in the gas samples varied from 61 to 1300 ng m-3, which are roughly 10 times higher than the levels previously reported for on-land Santorini fumaroles (9 to 121 ng m-3; Bagnato et al., 2013) and also the worldwide aerial volcanic Hg(0) concentrations (4 to 125 ng m-3; Bagnato et al., 2014). These data seem to further highlight that the level of magmatic activity is higher at Kolumbo volcano than at Santorini. It is also worth mentioning that the global average concentration of atmospheric Hg(0) in the northern hemisphere is 1.5 ng m-3.

Hydrothermal Gas Equilibrium

The temperature and pressure conditions at which gaseous species equilibrate in the hydrothermal system beneath the floor of Kolumbo submarine crater can be estimated from concentration data of minor reactive species together with CO2 and H2O (Chiodini and Marini, 1998 and references therein). The most-important assumptions in this approach are that the gaseous species have attained chemical equilibrium in the hydrothermal system and are quenched during their ascent to the sea surface. We evaluated two stability diagrams based on the concentrations of H2, CO, CH4, and CO2 in the dry gas phase (Figure 10), following the approach proposed by Chiodini and Cioni (1989) and Chiodini et al. (2001) and subsequently modified by Chiodini et al. (2006) for submarine gases at Panarea. Because H2O represents the main component of hydrothermal fluids, we assumed that pure water coexisted with vapor, whereas the fugacity of water vapor (fH2O) as a function of temperature (Giggenbach, 1987) can be expressed as follows:
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FIGURE 10. Plots of (A) log(CO/CH4) versus log(H2/CH4) and (B) log(CO/CO2) versus log(H2/CH4). The theoretical grid for hydrothermal gases was calculated by assuming their coexistence with pure liquid water (Chiodini et al., 2006 and references therein). Data for Vulcano Island are from Paonita et al. (2013), and those for Panarea are from Caracausi et al. (2005), Chiodini et al. (2006), and Tassi et al. (2014). The symbols are as in Figure 5. See the main text for further details.



where T is the temperature in kelvin. It is also important to consider the fugacity of O2 (fO2), since this controls the redox conditions at which hydrothermal systems are formed. Since the H2O concentration of hydrothermal vapors in our samples was not available and we have no information on the mineral assemblage that could fix fO2, we considered the redox buffer typically proposed for hydrothermal systems by D’Amore and Panichi (1980):
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Complementarily, we considered the following reactions and temperature-dependent equilibrium constants based on the thermodynamic data reported by Stull et al. (1969) and Giggenbach (1980, 1987):
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Finally, the following equations derived by Chiodini et al. (2006) were taken into account:
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where P is the partial pressure. The plot of log(CO/CH4) versus log(H2/CH4) in Figure 10A suggests that Kolumbo gases would have reached an equilibrium at 200–250°C and PCO2 ∼ 50 bar. In comparison with the submarine hydrothermal system of Panarea and the high-temperature fumaroles of Vulcano (Aeolian Islands, Italy), Kolumbo gases fall close to or within the range for Panarea gases, confirming their hydrothermal nature. The same pressure and temperature conditions were derived by examining the plot of log(CO/CO2) versus log(H2/CH4) (Figure 10B). Given the compositional changes that may arise in hydrothermal gases due to the partial dissolution of CO2 in water (see section “Gas–Water Interaction of Magmatic Fluids”), we recalculated the pressure and temperature conditions by applying the pristine composition estimated for each gas vent. Based on the values of Henry’s law constant, CO2 was found to differ considerably from H2, CO and CH4, with the former having a greater tendency to partition from the gas phase into the aqueous phase (Sander, 2015). Therefore, the correction for gas–water partitioning was deemed necessary only when considering ratios that involved CO2 [e.g., log(CO/CO2); Figure 10B]. By applying the pristine composition, we estimated a gas equilibrium temperature of ∼200°C and PCO2 ∼ 10 bar. These values are slightly lower than the pressure and temperature conditions derived from the plot of log(CO/CH4) versus log(H2/CH4), but they remain well within the typical values reported for hydrothermal gases. In general, the estimated temperature using CO/CH4, CO/CO2, and H2/CH4 was equal to or below the highest temperature measured on the floor of Kolumbo submarine crater vents by Sigurdsson et al. (2006) and Carey et al. (2013). This suggests that part or all of these gaseous species did not achieve equilibrium under the assumed redox conditions or that the magmatic activity has waned in recent years.

To investigate these two possibilities, we applied the approach proposed by Chiodini and Cioni (1989) and Chiodini et al. (2006), which is based on the reaction:
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Since this reaction does not involve gaseous O2, Chiodini et al. (2006) suggested that this approach provides equilibrium pressure and temperature estimates that are independent of the redox conditions. The resulting equations that allow pressure and temperature to be determined are
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This specific approach revealed that Kolumbo gases equilibrated at 200–250°C and when PCO2 was slightly below 50 bar (Figure 11A). The presence of CO2 in one of the above equations prompted us to again consider the pristine composition of gases prior to the gas–water partitioning process. This yielded a slightly lower equilibrium temperature (189–216°C), whereas PCO2 remained the same (Figure 11A). This temperature range is comparable to those estimated using CO/CH4, CO/CO2 and H2/CH4 ratios, suggesting that the assumed redox conditions are not responsible for the difference in the estimated equilibrium temperatures.
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FIGURE 11. (A) Plot of log[CO4/(CO23⋅ CH4)] versus log(H2/CO). The theoretical grid refers to vapor–liquid equilibrium conditions (Chiodini et al., 2006 and references therein). (B) Plot of log(CO/CO2) versus log(H2/H2O) following the approach proposed by Chiodini and Marini (1998). The composition of liquid, vapor and vapor separated from liquid (single-step) phases are reported assuming that the fO2 buffer proposed for hydrothermal systems by D’Amore and Panichi (1980) controls the redox conditions. Red dotted lines indicate the range of log(CO/CO2) for Kolumbo gases corrected for the selective dissolution of CO2 in water. See the main text and Chiodini and Marini (1998) for further details.



The findings of previous investigations of crater fumaroles at White Island (Giggenbach, 1987) and Vulcano (Chiodini et al., 1993, 1995) suggest that the two most-reactive gaseous species in hydrothermal systems are H2 and CO, while CH4 is one of the least reactive (Giggenbach, 1991; Taran and Giggenbach, 2003). To evaluate if CH4 measured in Kolumbo gases attained full equilibrium, we considered the following formation reaction and relative equilibrium constant:
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In the gas phase, log(KCO2+H2) = -2248 / T + 2.485

In a single saturated liquid phase, as assumed in our case, gas equilibrium contents are computed using the vapor–liquid distribution coefficient (B) (Giggenbach, 1980; D’Amore and Truesdell, 1988; Chiodini and Marini, 1998):
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Therefore, the above reported reaction for the liquid phase becomes
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An equilibrium temperature of 250–300°C and log(KCO2+H2) – log(BCO/BCO2) + log(BH2) ≈ 0.0 ± 0.1 implies log(H2/H2O) ≈ log(CO/CO2). Thus, the log(CO/CO2) values measured in our samples and corrected for CO2 dissolution can be used to roughly estimate the equilibrium temperature in liquid water, which varies in the narrow range of 263–276°C (Figure 11B). These values are higher than those previously calculated including CH4, and thus we deduce that the latter species was not in equilibrium with the other gases and led to underestimations of the equilibrium temperature.

Based on the relationships proposed by Chiodini and Cioni (1989), we can finally calculate PCO2 ∼ 30 bar and PH2O ∼ 36 bar, which sum to a total pressure of ∼66 bar. Considering that Kolumbo gases are emitted at 500 m b.s.l., which corresponds to a pressure of ∼50 bar, the hydrothermal system must be located at a pressure of ∼116 bar (∼1000 m b.s.l.).

Conceptual Scheme of the Hydrothermal System Beneath Kolumbo

Based on this study and other previous findings (Sigurdsson et al., 2006; Carey et al., 2013; Kilias et al., 2013; Rizzo et al., 2016), in Figure 12 we propose a physical and geochemical model for the Kolumbo magmatic-hydrothermal system. We made some assumptions in order to simplify the system: (1) the permeability of the system was considered uniform, isotropic and sufficiently high; (2) the shallow magma chamber located 5–7 km beneath Kolumbo (Dimitriadis et al., 2010; Konstantinou and Yeh, 2012; Cantner et al., 2014) represents the source of magmatic gases feeding the hydrothermal system, (3) magmatic degassing does not or only weakly modifies these magmatic gases, and (4) seawater infiltrates from the sea bottom and favors condensation of magmatic gases both within and above the hydrothermal system.
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FIGURE 12. Conceptual scheme of the hydrothermal system beneath Kolumbo. The location of the shallow magma chamber at 5–7 km beneath Kolumbo is from Dimitriadis et al. (2010), Konstantinou and Yeh (2012), and Cantner et al. (2014). The He-isotope composition is from Rizzo et al. (2016).



At Kolumbo, magmatic gases (H2O, CO2, S-bearing species, halogens and noble gases) having 3He/4He ∼ 7 Ra (Rizzo et al., 2016) and δ13CCO2 ∼-0.4‰ ascend from the magma chamber and feed conduits up to the hydrothermal system (Figure 12). During the cooling of magmatic gases, H2O and more-acidic species (S and halogens) condensate to form a hydrothermal system at ∼270°C in which water at pH ≤ 5 probably circulates. We cannot exclude that the hydrothermal system has multiple levels; however, we are able to reconstruct the upper level that feeds the bottom vents of the crater. Hydrothermal waters are probably fed by seawater infiltrating from the sea bottom and any brine formed from the adsorption of acidic gases in groundwater by rock dissolution.

The hydrothermal system has a total pressure of ∼66 bar, corresponding to ∼1,160 m b.s.l. and 650 m below the crater bottom, if the hydrostatic pressure is assumed at depth. Hydrothermal gases within the hydrothermal system undergo gas–water interactions along the fractures feeding the floor of Kolumbo submarine crater and from the shallow vents that favor the removal of most of the acidic gases (S and halogens) and the partial dissolution of CO2 (see section “Gas–Water Interaction of Magmatic Fluids”). This produces an excess of N2, noble gases and reactive gases via migration paths that permit their rapid ascent under advective degassing. At the crater bottom, several vents discharge fluids at temperatures up to 220°C, variable gas fluxes and pH down to ∼5 (Sigurdsson et al., 2006; Carey et al., 2013). Acoustic and visual imaging of the ascending bubbles suggests that CO2 is being dissolved into seawater within ∼10 m above the crater floor (Carey et al., 2013).



CONCLUSIONS

We have investigated the geochemistry of CO2-rich gases venting at 500 m b.s.l. from Kolumbo submarine volcano, which is located 7 km northeast of Santorini Island. The main findings are as follows:

- Gases are dominated by CO2 (>97%), with a small air contamination probably related to sampling conditions, but are fractionated by a process of gas–water interaction reasonably related to variable fluxes of gases emitted from the different vents. This process induces a partial dissolution of gaseous CO2 in water, leading to substantial enrichment of the residual gas in those species that are much less soluble in water (i.e., He, H2, CO, CH4, and N2). This fractionation also affects the C-isotope composition of CO2.

- We modeled the gas–water interaction process (∼220°C, ∼50 bar and pH ∼ 5) and reconstructed the chemistry and δ13CCO2 of magmatic gases before interaction. We assess that the pristine CO2 is characterized by δ13C ∼-0.4‰. Combining our data with 3He/4He measurements carried out in the same gas samples by Rizzo et al. (2016) yields CO2/3He ∼1 × 1010. These data are in the same range as those obtained for the Santorini and Nisyros fumaroles. We argue that CO2 emitted at Kolumbo could originate from a mantle contaminated by CO2 via the decarbonation of subducting limestone.

- The CH4-isotope composition falls within the range typical of hydrothermal gases, similar to other Mediterranean hydrothermal systems (Panarea and Campi Flegrei), suggesting that it originates from mixing between thermogenic and abiotic CH4.

- We found that the Hg(0) concentration in Kolumbo gases ranges from ∼60 to 1300 ng m-3. These levels are particularly high when compared to those of land-based fumaroles located on Santorini Island and worldwide aerial volcanic emissions, which suggests that the magmatic activity is higher at Kolumbo than at Santorini.

- Based on geo-indicators of pressure and temperature, we calculated that magmatic gases equilibrate within the Kolumbo hydrothermal system at about 270°C and 116 bar.
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The understanding of submarine monogenetic volcanic fields, especially if located near to coastal areas, is fundamental for volcanic risk assessment. Using high-resolution bathymetric data and ROV images, the submarine Graham volcanic field, located 40–50 km offshore southwestern Sicily (Italy), has been described in detail. The field comprises a ten of monogenetic volcanic seamounts aligned along a N-S trending belt at 150–250 m water depths and includes the relict of the short-lived “Ferdinandea Island” produced during the well-documented 1831 “Surtseyan-type” eruption. The present-day morphology of the cones is the result of the interplay between volcanic activity, wave and current erosion, mass-wasting and depositional processes, in relationship with sea-level change, acting in both subaerial and submarine environments. The analysis of the morphometric parameters allowed a detailed morphological classification of the cones. The seamounts are composed of poorly consolidated tephra and show steep slopes and pointy or flat tops, often characterized by sub-vertical knolls. Taking into account analogies with other volcanic seamounts worldwide, the analysis of some morphological characteristics, such as presence and depth of terraces on top and along the slope of the cones in relationship with sea-level fluctuations, allowed us to hypothesize a Late Pleistocene-Holocene age for the volcanism forming the field. The probably older Terribile volcanic field was also identified on the adjacent Terribile Bank and analyzed. Numerous mass-transport deposits and pockmarks were identified in the surroundings of the volcanic fields, suggesting the occurrence of diffuse slope failures and fluid releases, respectively. The distribution and shape of the cones within the volcanic fields provided important insights into the interaction between volcanism and tectonics. The alignment of the cones and the main axis of the clusters in which they are grouped revealed two preferred directions, N-S and NW-SE, respectively, which are consistent with those of the main tectonic structures of the Sicily Channel. The detailed bathy-morphological analysis of the cones proved the monogenetic nature of this volcanism, which represents a peculiarity since it took place outside the typical geodynamic settings of other volcanic fields worldwide such as subduction or oceanic rift zones, and far from long-lived volcanic systems.

Keywords: submarine volcanism, volcanic field, submarine terraces, bathymetric data, ROV images, Surtseyan-type eruption, Ferdinandea Island, Graham Bank


INTRODUCTION

Monogenetic volcanic fields occur in several areas worldwide and within different geodynamic settings such as subduction, intraplate and rift zones (Kereszturi and Németh, 2012; Cañón-Tapia, 2016). Nevertheless, they are mostly associated with extensional regimes and sometimes are located along transfer zones (e.g., Camargo volcanic field, Chihuahua, Mexico, Aranda-Gómez et al., 2003). Monogenetic volcanic fields are generally isolated from large composite volcanoes, however, they can form in the immediate surroundings of long-lived volcanic systems such as major calderas, stratovolcanoes and shield volcanoes, in both subaerial and submarine environments. While individual volcanoes within the fields have geologically short life spans and are generally monogenetic, the fields themselves can be active for several million years (Németh, 2010; Valentine and Connor, 2015). A monogenetic basaltic volcanic field may comprise from tens to hundreds of individual volcanic centers, generally erupting a small volume of magma (typically < < 1 km3) as both pyroclastic products and lava flows (Németh and Kereszturi, 2015). Individual volcanic centers within a field are commonly arranged to form clusters and alignments, attesting a control by underlying tectonic structures and stress regime (Németh, 2010; Cañón-Tapia, 2016).

Underwater monogenetic volcanic fields are located on both deep and shallow waters. They often develop on ocean ridges, such as those identified within the Azores Archipelago (Casalbore et al., 2015) or near Easter Island in the southeastern Pacific (Rappaport et al., 1997), on subduction zones like the Aegean Volcanic Arc (Foutrakis and Anastasakis, 2018) and in intraplate setting such as those surrounding Canary Islands (Romero Ruiz et al., 2000) or Bridge Point-Aorere Point volcanic center, offshore Otago, New Zealand (Cas et al., 1989). Shallow water submarine volcanic fields are usually originated by hydromagmatic eruptions known as “Surtseyan-type” (Kokelaar, 1983; White and Houghton, 2000), bearing the name from the 1963–67 eruption, which began at about −140 m, generating the small island (Surtsey) off South Iceland (Thorarinsson, 1967; Kokelaar and Durant, 1983). These explosive eruptions are characterized by the formation of small- to medium-size scoria cones, and generally, their intensity is progressively restricted with increasing water depth (Cas and Giordano, 2014). Recent shallow submarine volcanic activity also occurred at Capelinhos (Machado et al., 1962) and Baixa da Serreta Bank (Weston, 1964), offshore the Azores Islands; Kavachi volcano, Solomon Islands (Baker et al., 2002); Hunga Haapai, Tonga (Vaughan and Webley, 2010); offshore El Hierro, Canary Islands (Rivera et al., 2013); Socorro Island, offshore Mexico (Siebe et al., 1995); Nishima-Shima, Izu Volcanic Arc, Japan (Global Volcanism Program, 2013b).

The morphology of underwater volcanic edifices, especially if forming islands, since their formation and during their evolution, is strictly controlled by the competition between constructive (volcanic and depositional activity) and destructive processes (such as wave and current erosion, mass-wasting and subsidence) acting both in subaerial and submarine environments (Ramalho et al., 2013; Romagnoli and Jakobsson, 2015). This is particularly important for short-lived cones made by pyroclastic rocks (White, 1996). Primary controls on the shape of volcanic seamounts are: tectonic setting; effusion rate and magma physical properties (mainly viscosity and gas content); shape, size and geometry of magma supply conduits; age and thickness of the lithosphere; thermal and compositional heterogeneities of the mantle, depth of the eruption site (Rappaport et al., 1997 and references therein). Water depth is one of the main controls of submarine eruptions since the hydrostatic pressure generally inhibits the amount of magma erupted and the explosivity of the eruption (Kokelaar, 1986; White, 1996; Cas and Giordano, 2014).

Once volcanic processes end, the scoria cones emerging above sea level are rapidly affected by wave-current erosion, resulting in formation of shoals; therefore, the existence of surtseyan cones maybe ephemeral (Schmidt and Schmincke, 2002).

Submarine volcanic cones within fields show a variety of morphologies ranging from pointy to flat-topped cones. The pointy cones reflect the lack of wave erosion processes affecting their summits, suggesting that they have not reached the near sea-surface during their life cycle. Conversely, the flat-topped cones can be formed either by wave-dominated erosive activity at wave base level (Cas et al., 1989; Trenhaile, 2000; Schmidt and Schmincke, 2002) or by lava infillings of early stage summit craters or calderas (Clague et al., 2000b), or else as continuously and long-lasting overflowing submarine lava ponds (Clague et al., 2000a). Moreover, many cones, during and after the time they were erupting often exhibit hydrothermal activity, highlighted by the presence of pockmark and fumarole fields.

The post-emplacement morphology of seamounts reflects several other processes, which interplay in a complex manner to modify their present-day shape: isostatism, tectonic deformation (e.g., uplift or subsidence), hydrothermal activity, subsidence due to compaction, slope failures, lithology and mechanical properties of the volcanic products, amplitude of eustatic change, wave and currents parameters, coral reef growth and biogenic production (Ramalho et al., 2013 and references therein).

Generally, on volcanic islands, particularly of polygenetic origin and recent formation, the timing and magnitude of relative sea-level change can be difficult to evaluate due to the possible occurrence of crustal vertical deformation induced by long-term regional tectonic and short-term volcano-tectonic processes (Lucchi et al., 2019). However, for scattered small monogenetic volcanic cones, as is the case of those forming a volcanic field, the deformation induced by volcanic processes are highly attenuated because of the lack of any long-lived volcanic center, plumbing system, magmatic reservoir, etc.; the subsidence for compaction is also minimized because of the generally low amount of pyroclastic material.

Summit abrasion platforms and submarine terraces result mainly from the combined work of wave erosion and sea-level change, and so their width and maximum depth experienced adjustments depending on the variability of the sea oscillations (Trenhaile, 1989, 2001). Summit abrasion platforms and submarine volcanoclastic terraces (SDTs) can be used, if supported by data on the vertical mobility affecting the area, as proxies for reconstructing relative sea-level positions with the purpose of constraining the age of the associated volcanism (Casalbore et al., 2017). In particular, the depth of the summit abrasion platforms of truncated cones can be used to likely infer the age of the erosive activity flattening them, and thus may furnish a tool to reconstruct relative sea-level positions, taking into account the analogy with the present-day wave erosion level. Similarly, the inner margin of a marine terrace bounded by a paleo-cliff can be considered as a proxy of the shoreline position at the time of its formation.

SDTs are terrace-shaped sedimentary prograding wedges, found at variable water depths on continental and insular shelves characterized by high-energy marine settings. Their formation is associated with the downward transport of sediments from the surf zone and shoreface in stormy conditions during a highstand (interglacial) sea level peak (Hernàndez-Molina et al., 2000; Casalbore et al., 2017). The depositional edges (or rollover depth, Mitchell et al., 2012a) of the present-day SDTs lie at depths approximating the modern local storm-wave base level, and vary between 15 and 60 m bsl in the different areas of the world depending on the different wave climate conditions (in the western Mediterranean they were measured at about −32 m by Mitchell et al., 2012a, while in the Tyrrhenian Sea at 10–30 m below sea level (bsl) by Casalbore et al., 2017). Thus, they can be used for paleo sea-level estimation as modern analogs for relict terraces having depositional edges at greater depths, formed in the past (after the LGM – Last Glacial Maximum), when the sea level was lower, as well as to estimate local vertical movements (Casalbore et al., 2017).

Since volcanic activity in shallow water may result in explosive eruptions (Kokelaar and Durant, 1983) and tsunami generation (Latter, 1981), improving the knowledge of time-space activity forming submarine monogenetic volcanic fields, especially if located close to coastal areas, would be of great interest for volcanic risk assessment, which is mostly associated with the local navigation.

Based on multibeam echo-sounder data, Coltelli et al. (2016) recognized a small submarine volcanic field (hereby-named Graham volcanic field, GVF) in the surroundings of the Graham Bank (northwestern portion of Sicily Channel, Italy), the place of the 1831 submarine eruption, which originated the ephemeral “Ferdinandea Island.” In this study we present a new detailed bathy-morphological analysis of the cones composing the GVF with particular reference to the Ferdinandea shoal being the youngest of the field. Ferdinandea cone represents a well-documented example of a previous island turning into a seamount. Since its formation, “Ferdinandea Island” has suffered a strong wave and current erosive activity causing its rapid submersion, which substantially modified its original shape. The bathy-morphological analysis of another volcanic field (hereby-named Terribile volcanic field, TVF), identified on the near Terribile Bank, was also carried out.

In order to prove the monogenetic nature of the volcanism originating the fields, the relationship between the morphology of the seamounts and underwater volcanic processes was studied. Another goal was to verify a potential interaction between volcanism and tectonics in the formation and distribution of the seamounts within the volcanic field through an analysis of the main direction of the clusters in which they were grouped. For the same aim, since the ellipticity of the base of cones is often influenced by the direction of the main stress axis acting at time of their formation (Tibaldi, 1995; Corazzato and Tibaldi, 2006; Németh, 2010), a morphologic classification, focused on measuring the main dimensions and morphometric associated parameters of the seamounts, was carried out.

Finally, we inferred the possible age of formation of GVF, by comparing the post-eruptive morphological characteristics of other short-lived pyroclastic cones worldwide (such as the satellite volcanic centers formed during the 1963 eruption at Surtsey; Romagnoli and Jakobsson, 2015) to the Ferdinandea seamount and then to the other seamounts of the field in relationship with sea-level change.

This study may also provide a key to better understand the volcano-tectonic setting of this region and furnish a useful comparison for other submarine areas affected by monogenetic volcanism.



GEOLOGICAL SETTING

The study area is located in the northwestern sector of the Sicily Channel, Central Mediterranean Sea (Figure 1). The Sicily Channel belongs to the northern margin of the African continental plate, called the Pelagian Block (Burollet et al., 1978), which corresponds to the foreland area of the Sicilian sector of the Apenninian-Maghrebian fold-and-thrust belt. Its geodynamic setting is the product of the Neogene collision between the African and European plate margins associated with the NW-SE oriented Late Miocene–Quaternary continental rifting, which produced the Pantelleria, Linosa, and Malta grabens (Jongsma et al., 1985; Boccaletti et al., 1987; Reuther et al., 1993). The Sicily Channel consists of a 6–7 km thick Mesozoic-Cenozoic shallow- to deep-water carbonate sedimentary successions with repeated intercalations of volcanic deposits, covered by Upper Tortonian-Lower Messinian siliciclastic deposits and Plio-Quaternary clastic sequences (Torelli et al., 1995).
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FIGURE 1. Shaded-relief bathymetric map of the northern portion of the Sicily Channel (from GEBCO-General Bathymetric Chart of the Oceans-Digital Atlas). The blue box shows the study area; the red, brown and yellow circles indicate the location of volcanic centers, sedimentary banks and sedimentary banks with scattered volcanic manifestations on top, respectively (from Calanchi et al., 1989; Civile et al., 2015, 2018; Lodolo et al., 2019a). CGFS, Capo Granitola fault system; SFS, Sciacca fault system; SMFT, Sicilian–Maghrebian fold-and-thrust belt front (from Civile et al., 2018). The inset shows the geodynamic setting of the Central Mediterranean; GN, Gela Nappe; ME, Malta Escarpment; PG, Pantelleria Graben; LG, Linosa Graben; MG, Malta Graben; CGSFZ, Capo Granitola-Sciacca Fault Zone (from Civile et al., 2018).


The northern side of the Sicily Channel is characterized by a very uneven bathymetry, being a composite array of shallow continental shelves (the Siculo-Maltese Shelf and the Adventure, and Malta plateau), deep depressions, such the fault-controlled Pantelleria, Linosa, and Malta grabens and a foredeep depocenter (the Gela Basin), and topographic highs, such us several small- to middle-scale banks of sedimentary origin (e.g., the Nerita, Terribile, Nameless, and Madrepore banks) (Colantoni, 1975; Calanchi et al., 1989; Cavallaro et al., 2017; Figure 1). Within the Sicily Channel, a widespread and scattered volcanism is known to have occurred during Upper Miocene to Pleistocene times, building up the alkaline volcanic islands of Linosa and Pantelleria and several other volcanic centers (e.g., Anfitrite, Tetide Galatea, Cimotoe banks) (Beccaluva et al., 1981; Calanchi et al., 1989; Rotolo et al., 2006; Civile et al., 2008, 2015; Lodolo et al., 2012, 2019a,b; Pensa et al., 2019; Figure 1). Volcanism occurred up to historical times, with the 1831 submarine eruptions of Ferdinandea Island (Gemmellaro, 1831; Marzolla, 1831; Colantoni et al., 1975; Dean, 1980) and the 1891 eruption off NW Pantelleria Island (Washington, 1909; Conte et al., 2014). Some of these volcanic centers are sited in an area extending from the Adventure Plateau to the Nameless Bank, informally known as the “Campi Flegrei del Mar di Sicilia” (Global Volcanism Program, 2013a).

The volcanic centers of the GVF, those on the Nameless Bank and in the nearshore of Capo Granitola-Sciacca coast, together with Cimotoe volcanic seamount (Civile et al., 2015, 2018; Coltelli et al., 2016; Lodolo et al., 2019a), are aligned along a nearly N-S oriented belt extending southwards for almost 200 km up to Linosa Island. This belt was related to a lithospheric-scale transpressive transfer zone (the Capo Granitola-Sciacca Fault Zone, CGSFZ; see inset in Figure 1) between the western and eastern sectors of the Sicily Channel Rift Zone, characterized by different amount of rifting (Argnani, 1990; Civile et al., 2014, 2018). The CGSFZ is also positioned between two tectonically independent sectors of the offshore part of the Sicilian-Maghrebian Chain, characterized by different deformation ages, structural trends and tectonic evolution, playing a key role in the Neogene-Quaternary geodynamic evolution of the region (Argnani, 1990; Corti et al., 2006; Civile et al., 2008, 2014, 2018; Ghisetti et al., 2009; Calò and Parisi, 2014; Cavallaro et al., 2017; Fedorik et al., 2018; Ferranti et al., 2019). The CGSFZ is composed of two major left-lateral strike-slip systems: the Capo Granitola fault system (CGFS) to the west, which affects the GVF area, and the Sciacca fault system (SFS) to the east (Figure 1), which bounds the eastern extent of the Nerita and Terribile banks (Civile et al., 2018; Fedorik et al., 2018; Ferranti et al., 2019). Ferranti et al. (2019), based on seismic reflection profiles, inferred that folds and faults offshore Capo Granitola and Sciacca are different scale expression of the CGFS and SFS, which were active in left transpression since the Latest Miocene-Early Pliocene and are still active; transpressional deformation along the southern segments of the CGFS and SFS inverted the previous Late Tortonian-Early Messinian extensional or transtensional basins with an uplift rate of about 2 mm/yr during the Plio-Quaternary. The CGSFZ is also characterized by moderate seismicity (Coltelli et al., 2016) with large seismic gaps in the proximity of the Graham Bank, associated with the geothermal and volcanic activity (Calò and Parisi, 2014), and by remarkable magnetic anomalies (Colantoni et al., 1975; Lodolo et al., 2012).

Other volcanic seamounts are arranged to form minor clusters with different orientations, like the three small volcanic shoals, Tetide (summit depth at −18 m), Anfitrite (−35 m) and Galatea (−74 m), located on the Adventure Plateau along a nearly 10 km long NW-SE oriented alignment (Calanchi et al., 1989; Civile et al., 2014, 2015; Pensa et al., 2019; Figure 1).

Despite such diffuse volcanism affecting the northern Sicily Channel, no quaternary volcanism occurs onshore in south-west Sicily.

The study area includes three banks: Nerita, Terribile and Graham (Figures 1, 2).
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FIGURE 2. (A) Bathymetry map of the study area displaying the Graham, Nerita and Terribile banks. The blue box shows the GVF, which is zoomed with higher resolution on (B); here the clusters of cones displayed in the next figures are indicated. The small yellow box images the area where the large pockmark of Figure 3 is located. The white box shows the eastern portion of the TVF, which 3D (vertical exaggeration is 4x) shaded relief image is displayed in (C). (D) Bathymetric profile (ab) displaying the steps arrangement of the southwestern portion of Terribile Bank with four terraced areas, whose edges lie at about 130, 105–110, 85–90, and 60 m bsl. (E) Bathymetric profile (cd) displaying an alignment of small volcanic cones on top of Terribile Bank.


The Nerita Bank is a morphological high, elongated in a NNE-SSW direction (Figure 2). On the basis of seismic reflection profiles, it was interpreted as an almost symmetrical push-up structure of carbonate origin, generated along strike-slip tectonic faults (i.e., SFS), lacking volcanic structures on it (Argnani, 1990; Civile et al., 2015, 2018; Fedorik et al., 2018).

The Terribile Bank is a carbonate submarine plateau (Colantoni, 1975), with several small conical-shaped structures on top (Figure 2); seismic profiles indicate that it is made of an Upper Cretaceous-Eocene to Lower Miocene carbonate succession, overlapped to the west by Tortonian-Messinian sediment missing the Pliocene-Quaternary sequence (Civile et al., 2018).

The Graham Bank includes two volcanic seamounts, the smallest of which is the relict of the short-lived “Ferdinandea Island,” originated during the 1831 Surtseyan-type eruption, which represents the only well-documented volcanic event occurred in the study area; other volcanic activities were uncertainly reported in the surroundings of Graham Bank during the first Punic war (264-241 BC) (Guidoboni et al., 2002; Bottari et al., 2009), in 1632, 1833, and 1863 (Antonioli et al., 1994; Falzone et al., 2009). Moreover, numerous episodes of strong gas releases in the Graham Bank area were observed in 1816 (Mercalli, 1883), 1845, 1942 and more recently in 2003.

The emersion and disappearance of the island during and after the 1831 submarine eruption are well-described in literature (Gemmellaro, 1831; Marzolla, 1831; Dean, 1980). The eruption was preceded, between the end of June and the first days of July 1831, by an intense seismic activity, which produced damage in the Sciacca area. On July 16–17 the island emerged; during the following weeks it grew up rapidly in size, reaching 600 m in diameter and about 60 m in height. The eruption ceased on August 16, after about 6 weeks of activity. During the following months, the island was rapidly dismantled by the sea: at the end of September it was some 20 m high; 1 month later it consisted of a less than a one-meter-high islet, and finally, between December 1831 to January 1832, it completely disappeared. Two bathymetric surveys carried out in 1883 and 1914 by the Istituto Idrografico Regia Marina described the top of the shoal at 3 and 8 m bsl, respectively (Falautano et al., 2010). While the bathymetric survey carried out in 2012 (this paper) and those in 2012 and 2014 by the Istituto Idrografico della Marina (IIM) (Sinapi et al., 2016) measured the top at about 9 m bsl.

Dredged rocks from the Graham Bank consist mainly of poorly evolved alkali basalts (Calanchi et al., 1989; Rotolo et al., 2006). A piece of a palagonitized tephra layer was sampled at the base of the northern side of the Graham Bank, likely representing the consolidated deposit of the final surtseyan explosive activity of the 1831 eruption (Coltelli et al., 2016).

The composition of a gas sample, collected within a fumarole filed at 155 m water depth near the base of the eastern cone of the Graham Bank, revealed a significant mantle component; helium and carbon isotope compositions of gas emitted from the seafloor reflect a clear magmatic/crustal origin (Coltelli et al., 2016). Petrological data suggest that all the volcanic centers of the Sicily Channel lack a shallow-level magma chamber, where primitive magmas could pond and fractionate and crustal contamination is generally absent (Rotolo et al., 2006).

Finally, in the proximity of the GVF, three deposits of dead red coral have been discovered (Di Geronimo et al., 1993). They may have accumulated, during the post-LGM, as consequence of periodic collapses, possibly associated with volcanic and/or seismo-volcanic activity, dislodging living (or dead) corals from the steep flanks of volcanoes on which they lived (Di Geronimo et al., 1993; Lodolo et al., 2017).



MATERIALS AND METHODS

The dataset used for this work consists of multibeam bathymetric data and Remotely Operated Vehicle (ROV) images. Data were collected during the multidisciplinary oceanographic cruise “Ferdinandea 2012” carried out in 2012 by INGV (Istituto Nazionale di Geofisica e Vulcanologia) offshore southwestern Sicily on the Research Vessel Astrea of ISPRA (Istituto Superiore per la Protezione e la Ricerca Ambientale) (Coltelli et al., 2016). The latter paper focused on the preliminary results of the oceanographic cruise giving a short and general description of the main morpho-structural features of the area, describing seafloor and gas samples and the local underwater seismic monitoring, which was carried out by means of OBS/Hs (ocean bottom seismometer with hydrophone). The high-resolution seafloor mapping covered an area of nearly 70 km2, focusing on the GVF (Figures 1, 2A,B). It was performed by using an EM 2040 Kongsberg multibeam sonar system with a frequency range of 200–400 kHz supported by GPS-RTK positioning. SIS software by Kongsberg was used for data acquisition. Daily sound velocity profiles and repeated calibration of transducers were applied to get the best possible data resolution. CARIS Hips & Sips software package was utilized for data processing (calibration and processing of navigation, correction for sound velocity and tide variation, noise filtering and removal of erroneous beams), producing a very high-resolution Digital Terrain Model of the seafloor, with a bin size of 5 m, which, for some peculiar areas (e.g., the Ferdinandea seamount), reached 0.7 m. The bad sea conditions during the survey created wave-like artifacts on the bathymetries, somewhere still visible, despite noise filtering, and more apparent on the 3D views of smooth surfaces because of the high vertical exaggeration. Our bathymetry was merged with lower resolution bathymetric data related to the Nerita and Terribile banks (about 600 km2), courteously provided by the IIM.

Furthermore, the repeated bathymetric surveys (single- and multi-beam echo sounders data) carried out from 1890 to 2014 by IIM (Sinapi et al., 2016), together with those realized in 1883 and 1914 by the Istituto Idrografico Regia Marina and that in 1972 by Consiglio Nazionale delle Ricerche (Falautano et al., 2010), allowed us to estimate, even if by means of old and low-quality measurements, the depth changes of the summit abrasion platform of the Ferdinandea cone, in order to compare its post-eruptive morphological evolution with that of the others of the field.

Following the definition by Wessel et al. (2010), “Seamounts are active or extinct undersea volcanoes with heights exceeding about 100 m,” we interpreted the cones within the GVF as seamounts. Moreover, since their tops lie in shallow water, we also referred to them as shoals.

For the morphological analysis used to describe the cones of the GVF, we adopted the following criterion. Based on the spatial separation between the cones (Cañón-Tapia, 2016), all the seamounts were grouped in clusters. For each volcanic seamount, we indicated location (in geographic coordinates) and local name, if already known. The main morphometric parameters, including summit depth, minimum and maximum basal diameters, cone height, slope gradients and basal area, were measured (Table 1). In order to avoid overestimation in case of steep basal surfaces, cone height and width were determined by fitting a line to the inflection points on either side of each cone profile using the method proposed by Mitchell et al. (2012b), as illustrated in Supplementary Figure S3; the height of the cone has been measured as the elevation difference between the peak and the basal plane of the cone reconstructed through bathymetric profiles. Unfortunately, the cone bases were not easily identified everywhere because of the presence of talus and/or erosive features. Moreover, the gradient changes locally, and thus the topography can be confused by rugged pre-existing reliefs; hence, individual measurements could have been affected by significant uncertainty. These parameters were used to obtain the aspect ratio (height vs. average basal diameter, H/W) of the cone, a morphometric index widely used in both subaerial (Favalli et al., 2009) and submarine (Mitchell et al., 2012b) settings to characterize volcanic cones. The volume of the seamounts was also estimated by using gridded bathymetric profiles and apposite tools of dedicated software. In some locations, individual seamounts consist of overlapping cones, making classification with these parameters difficult. The overlapping basal area represents a minor component of the total area, thus, according to Rappaport et al. (1997), overlapping regions were reasonably included in the basal area of both adjacent seamounts. The same modus operandi was used for measuring the cone diameters and volume.


TABLE 1. Main morphological dimensions and morphometric associated parameters of the cones of the GVF.

[image: Table 1]Based on their summit morphology, the cones were divided into two main types: pointy or flat-topped (flattened and/or truncated) cones. Average slope gradient was calculated by averaging the slope gradients of lines connecting the border of the basal plane with the cone top (if pointy cones) or with the border of the summit terrace (if flat-topped cones).

Finally, we classified the basal shape of the cones as circular if the Max axis/Min axis ratio = 1.0–1.25, and elliptical if it is >1.25. This classification is important to define a possible tectonic control, even if the shape of the seamounts also depends on erosive and depositional activity of the post-emplacement processes, which are, in turn, subject to the local wave-current conditions.

We used the depth of the wave-cut summit platforms of the different flat-topped cones within GVF, which is related to the local wave erosive level, as a marker of relative paleo sea levels (e.g., LGM and younger stillstands during the last sea-level rise), with the purpose of inferring the possible age of the volcanism creating the cones of the field, taking into account data on the vertical mobility affecting the area. Similarly, even thought the position of the SDTs’ depositional edges (or rollover depth, Mitchell et al., 2012a) is not a direct measure of paleo sea-level positions, because their depth depends on a complex interplay of several factors (such as the storm-wave base level and the occurrence of subsequent erosional or depositional processes), we can use it as useful tool for paleo sea-level reconstructions (Casalbore et al., 2017). The Ferdinandea depositional terrace has its edge at depths approximating the modern local storm-wave base level, which is defined as the water depth beyond which wave action ceases to stir the sediment bed (Cowell et al., 1999), especially during stormy conditions. Thus, following the model of Casalbore et al. (2017), the Ferdinandea SDT edge was used as analog for deeper terraces located on the other cones of the GVF and formed in the past (but after the LGM), when the sea level was relatively stable and lower than the modern one, with an uncertainty of a few meters (due to the impossibility to distingue the depositional shelf edge from the erosive one, because of lacking of seismic profiles). Within this approach, we assumed that past meteo-marine and oceanographic circulation conditions were similar to the present ones (see Supplementary Material) and adopted the post-LGM curve proposed by Lambeck et al. (2011).

Some ROV dives were also carried out (Figures 2A,B) by using a ROV PolluxII (400 m depth rated), which allowed the shooting of several high-resolution videos along the slopes of the GVF cones.



RESULTS


Physiography of the Study Area

The GVF is located between 43 and 51 km offshore Sciacca on the western side of a relatively shallow (maximum depth of about 350 m) submarine morphological high, which rises for more than 200 m from the surrounding seafloor (Figures 1, 2). The high covers an area of about 600 km2 and includes, in addition to the GVF, the Terrible and Nerita banks.

The Nerita Bank is an ellipse-shaped morphological high with a summit depth of −50 m, a nearly 10 km long major axis with a NNE-SSW direction and a 3 km long minor axis. The bathymetric data confirmed the lack of morphological irregularities ascribable to volcanic structures on top of it, as previously indicated by seismic reflection profiles for its subsurface (Civile et al., 2018; Fedorik et al., 2018).

The Terribile Bank is a triangle-shaped submarine plateau with a summit at 28 m water depth. Its top shows a terrace-like morphology, very smooth in the eastern sector, but rugged in the western one, where numerous landslide scars and associated deposits were identified.

The inter-bank areas are characterized by a nearly flat seafloor ranging in depth between 150 and 250 m, occasionally interrupted by fields of circular depressions interpreted as pockmarks related to fluid escape (Figures 2A,B). They either occur as isolated features or grouped in WNW to NW-SE oriented clusters. A giant pockmark (300 m large and 65 m deep) was recognized south of the Terribile Bank (Figures 3A,B); here, ROV videos (Figure 3C) show the very steep walls cutting the seafloor.
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FIGURE 3. (A) High-resolution shaded-relief image displaying a large pockmark south of the Terribile Bank (location in Figure 2). (B) Bathymetric profile across the pockmark well displays its sub-vertical and deep walls imaged in the ROV photo of (C).




Morphological Analysis of the GVF

The GVF is composed of a ten of cones, arranged along a N-S trending belt, nearly 12 km long and 3 km wide (Figures 2A,B). The seamounts are distributed on a flat or gently westwardly sloping seafloor, ranging in water depths of 140–250 m. The field is bounded to the west by a NW-SE trending and nearly 100 m high steep scarp, well visible in the southern part of the study area. The volcanic cones are isolated or organized in clusters, which are elongated in a NW-SE preferential direction (Figure 2A). Taking into account the spatial separation between the cones (Cañón-Tapia, 2016), all the seamounts were grouped in four clusters (numbered from C1 to C4) (Figure 2B). C1 and C3 are composed of isolated cones, while C2 and C4 are composite shoals resulting from the coalescence of two or more simple cones that together make up larger morphological features.

Based on HR multibeam bathymetry data, the seamounts are hereinafter numbered from S1 to S10 and morphologically described in detail moving from south to north.

All the seamounts consist of tephra/tuff cones lacking a summit crater or collapse pit.

C1, the southernmost cluster of the field, is composed of S1, S2, and S3 seamounts lying in water depths of 190–210 m (Figures 2B, 4). S1 and S2 are two flat-topped cones which are very similar to each other with an almost perfect circular shape and very regular and steep slopes (gradient range of 25–26°), without evidence of significant channelized erosive features. S1 has a maximum base diameter of 870 m and a summit located 76 m bsl, while S2 has a base diameter of 1050 m and presents the top at 66 m bsl. Both the tops are constituted by sub-vertical small-scale (about 5 m high) reliefs, similar to plugs or knolls, consisting in the highest part of the volcanic necks highlighted by selective erosion; the plugs are located in the middle of flat or gently sloping (gradient of 6–8°) narrow summit terraces lying between 90 and 100 m water depths. No lava flows were identified along the slopes or around their basis. Their relative proximity (800 m of distance each other) and their very similar morphological features allow us to infer a probable coeval formation, along a nearly N100° oriented eruptive fissure. S3 is a pointy seamount located some 800 m to the north with respect to S2. The summit is located at 105 m bsl while the average basal diameter is about 700 m. It is the only seamount of the field showing an amphitheater-shaped rim around the cone (Figures 4A,B); this is 40–55 m high and opened northwestward with, at its base, a 400–600 m large and 20–25 m deep canyon head (Figures 4A,C). The canyon runs for nearly 1.5 km in a nearly E-W direction up to the base of the fault scarp bounding westward the volcanic field (Figures 2A,B, 4A); the presence of such a developed channelized feature suggests an intense erosive activity affecting the cone. Finally, numerous isolated blocks, up to 10 m high, likely related to collapse processes, are scattered on the seafloor around C1.
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FIGURE 4. (A) 3D shaded relief image (vertical exaggeration = 4x) of the southernmost cluster of the GVF C1, formed of S1, S2, and S3 seamounts. (B) Bathymetric profile (ab) across the pointy-cone S3. (C) Bathymetric profile (cd) across the canyon developing from the western base of S3.


C2 (the Graham Bank, Figures 2B, 5), shows a N130° oriented major axis and is composed of the coalescence of two simple cones, S4 (the remnant of the short-lived “Ferdinandea Island”) and S5, which lie on a seafloor between 140 and 180 m bsl (Figures 5, 6). S4 appears as a truncated cone that rises up to 150 m from the surrounding seafloor. It shows an elliptical-shaped base with a N140° direction, and a maximum axis longer than 1.4 km (although it is difficult to exactly measure it due to the coalescence with S5). Its aspect ratio is 0.12 (Table 1). The shoal top consists of a sub-vertical volcanic plug, which reaches 9 m bsl (the shallowest point of the whole GVF), being part of a 25 × 10 m elliptical-shaped structure (the knoll), which is elongated in a SW-NE direction. ROV dives carried out on S4 (Figure 7A) filmed the knoll abundantly colonized by algae like Sargassum1 (Figure 7B). The knoll (Figures 5, 6) is placed in the middle of a 500 × 380 m elliptical-shaped terrace, which lies between 25 and 30 m water depths. The summit terrace shows a very uneven morphology being characterized by sub-vertical ridges/furrows composed of consolidated pyroclastic material, arranged in a sub-concentric asset and dipping away from the top (Figures 6, 7D); according to Calanchi et al. (1989) they consist of interbedded cinder and ash, with abundant lithic fragments, confirming the explosive activity of the 1831 eruption. Outwardly, a flat or gently sloping (gradient range of 4–8°) seabed occurs, likely corresponding to the top of a depositional terrace, below which the slope sharply steepens. The terrace is up to 70 m large in the NW and SE sectors, narrowing to 30 m in NE and SW ones: its edge lies at water depths of 40–43 m in the N and E sectors, shallowing to 36–38 m in the S and W ones (Figure 6). It is likely composed of the black volcanic sediment produced by combined wave/current erosion and wave-driven deposition. The occurrence of sand ripples, imaged by ROV dives (Figure 7C), witnesses the active role of waves and currents on the shoal, as also observed through scuba dives (Colantoni, 1975; Antonioli et al., 1994). The slopes of S4 appear very steep (gradient of 30°, the highest observed in the entire volcanic field, Table 1) and regular, without evidence of active erosive process (e.g., gullies or scars), in agreement with its very young age. No lava flows were identified along the slopes or around the base of the cone.
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FIGURE 5. (A) 3D view (vertical exaggeration = 4x) of the Graham Bank (C2 cluster) viewed from the west; the blue star indicates the location a ROV photo (B) displaying a group of mounds on the saddle between S4 (the Ferdinandea shoal) and S5 seamounts; the green star indicates the location of the ROV photo (C) displaying pieces of semi-consolidated pyroclastic layers on the seabottom; the red star indicates the location of the ROV photo (D) displaying the lateral front of a lava flow on the low western side of S5. (E) 3D view (vertical exaggeration = 2x) of the Graham Bank from the east showing a 200–300 m wide terrace at about 100 m bsl along the slope of S5, which bathymetric profile (ab) is displayed in (F).
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FIGURE 6. (A) Very high-resolution shaded relief image of S4 shoal (Ferdinandea volcano), with a NW-SE topographic profile (B) well imaging the knoll, furrows, summit terrace and submarine depositional terrace (SDT); the SDT’s edge shallows from NW to SE.
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FIGURE 7. (A) ROV dive on top of the Ferdinandea shoal (S4). The blue star indicates the location of (B) showing the volcanic knoll, which represents the shallowest point (−9 m) of the whole field, completely colonized by gorgonians. The yellow star points to the location of (C) displaying the seafloor of the summit terrace characterized by black sand ripples. Finally, the green star indicates the location of (D) where the furrows are imaged.


The Ferdinandea cone lies to the SE next of a bigger cone, S5 seamount (Figures 5A,E), giving origin to a 200–300 m long and 80–90 m deep saddle among them. On the northern side of the saddle several rounded mounds, up to 5 m high and 10 m large, were observed on both bathymetric data and ROV images (Figure 5B). S5, locally called “Secca del Corallo,” represents the largest edifice of the field since its circular-shaped base area encompasses some 2.4 km2 with a maximum basal diameter of 1.8 km (Table 1). Its aspect ratio is 0.07, the lowest of the volcanic field. The top (minimum depth of 33 m bsl) is formed by several prominent rocky structures (volcanic plugs/knolls) located in the central and southwestern portions of a nearly flat or gently sloping northwestward terrace lying at 50–60 m water depths. At 100–115 m water depths, the cone shows a break in slope associated with another terrace, which is more developed (200–300 m wide) on the southeastern side of the edifice (Figures 5A,E,F). The slopes exhibit abundant evidence of erosive activity proving an older age with respect to the Ferdinandea cone. In fact, the lowest part of the eastern flank is cut by several gullies, up to 150 m long and 6 m deep, which are indicative of slope failures and sediment transport into deeper water in form of debris flows or turbidity currents. The northeastern flank and its base are characterized by a few scars, up to 5 m deep (Figures 5A,E), likely enhanced by hydrothermal activity of a fumarole field, whose presence is confirmed by gas bubbles recorded by multibeam sonar echos in the water column (Falzone et al., 2009) and by ROV images and gas samples (Coltelli et al., 2016). Here, ROV images show the presence on the seabottom of few cm thick sharp-cornered plates of consolidated pyroclastic sediment (Figure 5C). The seafloor at the base of the western flank shows an irregular morphology due to the presence of a 1 km long and 1 km wide fan-shaped lava field, the only one well-recognized in all the mapped area, composed of three or four different blocky-lava flow units (Figures 5A,D). The southernmost portion of the lava field shows a smoothed morphology likely due to the partial covering by both the eroded material of the cone flanks and pyroclastic fallout deposit erupted by the adjacent Ferdinandea cone in 1831. Westwards, a blocky facies extends for more than 1 km from the front of the lava flow, partially buried by sediments. A field of megaripples (up to 2 m high) occurs in water depths between 160 and 200 m, on the southern side of C2 (Figure 5A), witnessing an intense reworking activity. Finally, a pockmark is located to the north of the Graham Bank showing a width of 100 m and a depth of 7 m (Figure 5A).

C3 is composed of S6 and S7, two isolated pointy seamounts, located 3 and 4.5 km northwards from the Graham Bank, respectively (Figures 2B, 8A). The tops lie at 122 and 98 m bsl while the average basal diameters are 730 and 870 m large, respectively (Table 1). S6 is 118 m high and shows an almost perfect circular basal shape. S7, locally called “Secchitella” (“small shoal” in Italian), has a NW-SE trending elliptical-shaped base. Both the seamounts show several important evidence of mass wasting processes, confirmed by hundred-meter-wide scars along the slopes and hummocky morphologies at their bases. In particular, the seafloor around S7 is covered by a blocky facies of boulder deposits extending up to 700 m far from the southeastern side of the cone.
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FIGURE 8. 3D view (vertical exaggeration = 4x) of (A) C3 Cluster – (B) C4 cluster (Bancazzo).


C4, locally called “Bancazzo,” is the northernmost cluster of the field (Figure 8B), being located only 44 km offshore Sciacca. It is composed of at least three coalescent truncated cones (S8–S10), aligned along a NW-SE direction. The shape of the three seamounts is irregular with basal diameters ranging from 1000 to 1350 m (Table 1), although an accurate estimation is difficult due to their partial overlying. The summit depth ranges from 75 m for S9 to 83 m for both S8 and S10; it was measured at the prominent knolls, lying in the middle of the top platforms at around 85 and 90 m, for S9 and S8–S10, respectively. On the northern side of S8 a small cone with a summit at −82 m is observed, together with another one between it and S9, as belonging to the same edifice (see also Civile et al., 2018). The seabottom around C4 shows a rugged morphology due to the presence of deposits of boulders (up to 200 m large), which are spread up to 1 km far from the cones.



Morphological Analysis of the Terribile Bank

The southwestern side of the Terribile Bank displays an overall step arrangement with three, NW-SE oriented main scarps, up to 20 m high, and four terraces, whose edge lies at about 130, 105–110, 85–90, and 60 m bsl (Figures 2A,C,D). Based on the depth of its inner margin the deepest terrace might be related to the sea level reached during the LGM, even if the lack of seismic reflection images limits the reliability of our interpretation. It almost continuously bounds the whole Terribile Bank (slightly shallowing from NW to SE, likely due to tectonic tilting produced by the proximity to the fault on the eastern side of the bank, see Ferranti et al., 2019). Similar features were recognized on the Anfitrite Bank at 120–130 m bsl and associated with the LGM paleo-coastal cliff by Civile et al. (2015) on the basis of seismic reflection profiles. The shallowest step lying at 65–85 m bsl was interpreted by Civile et al. (2018) as a NW trending currently active normal fault developed during late Miocene and later reactivated by the transpressive tectonics affecting the Terribile and Nerita Bank, although a correlation with a paleo-coastal cliff related to younger stillstands during the last sea-level rise (e.g., Younger Dryas stadial) could not be ruled out (see Zecchin et al., 2015).

On top of the Terribile Bank, a field of numerous (ca 30) flattened truncated cones, isolated or clustered, sometimes coalescent, are spread over a 25 km2 wide area ranging in depth from 100 to 40 m bsl (Figures 2A,C,E), giving origin to the TVF. Few of these cones were also identified in previous studies (i.e., Falzone et al., 2009; Coltelli et al., 2016; Civile et al., 2018; Lodolo et al., 2019b), while most of them are recognized for the first time in this work. Although the lack of high-resolution bathymetric data does not allow a detailed morphological analysis of the TVF, generally the cones show a smaller size in comparison with those of the GVF; indeed their width ranges between 100 and 300 m, while height from 10 to 50 m. The cones have a circular or elliptical (with maximum axis showing a predominant NW-SE direction) basal shape. Summit depth ranges from 28 to 100 m bsl. The great part of the cones is flat-topped with summit terraces between 40 and 80 m water depths.



DISCUSSION


Morphological Evolution of the Seamounts and Relationship With Underwater Volcanic Processes

The seamounts of the GVF show heights from 88 to 144 m, maxima basal diameters ranging from 750 to 1850 m and planimetric basal areas from 0.42 to 2.40 km2, with a median value of 0.8 km2 (Table 1). The depth of their summits varies between 9 and 122 m. They have steep flanks, with gradients ranging between 18 and 29°, except for the Ferdinandea cone (S4), which shows steeper flanks being the youngest and best-preserved volcanic edifice of the field. The occurrence of such steep gradients, together with the non-cohesive nature of the sediments, explains the numerous slope failures identified within the volcanic field. The cone slopes show abundant evidence of widespread flank failures suggesting a long-lasting and intense erosive activity (e.g., C3 and C4 clusters); this process is confirmed by the rugged seabottom at their bases highlighted by blocky deposits, which were transported gravitationally downwards. Instability triggering processes may include syn-eruptive shaking and volcano-tectonic activity as well as cyclic loading due to storm-waves.

The aspect ratio (H/W) of the cones ranges between 0.07 and 0.16, with a median value of 0.13, which is within the range (0.1–0.3) reported for other submarine cones worldwide (e.g., Romero Ruiz et al., 2000; Stretch et al., 2006; Tempera et al., 2013). The estimated volume ranges from 0.018 to 0.169 km3 with a median value of 0.051 km3, which is a little smaller than that reported for other monogenetic volcanic field (e.g., Romero Ruiz et al., 2000). This value confirms the relative low amount of lava erupted during underwater monogenetic eruptions. Correlations were observed between maximum and minimum diameters and between height and average basal diameter; seamount height increases with increasing of minimum basal diameter, as well as volume with basal surface and with average basal diameter, as expected. A general increase in volume with increasing height was also observed. The lack of linear relationships between some other morphometric parameters (i.e., between water depth and cone height) suggests that the cones did not develop in a simple self-similar way (Stretch et al., 2006).

The GVF cones likely grew in shallow water and thus are related to Surtseyan-type eruptions. The lack of summit craters on the pointy cones indicates a low explosivity due to the significant water load, allowing to discriminate the very shallow water eruptions (Surtseyan-type) from the deeper ones (submarine-type) (Kokelaar, 1983, 1986; Cas and Giordano, 2014).

Some seamounts are isolated, whilst others form coalescent cones. Although the occurrence of multiple cones could be interpreted as due to polygenetic activities, we infer that it is due to cones superimposition related to the same eruption, where different vents interfere with each other (as evidenced by Corazzato and Tibaldi, 2006 in subaerial environment). This inference is based on several evaluations on the cone features, which are discussed in the following. The ellipticity of the S7’s base, could be explained as due to syn-eruption sector collapses affecting the eastern flank of the cone or alternatively as the result of the coalescence of two or three volcanic vents (see Tibaldi, 1995); this latter interpretation entails the need of a NW-SE oriented fissure. Similarly, the presence of the amphitheater-shaped rim around S3 could be interpreted as the combined effect of a syn-eruption slope failure and bottom-current erosion, instead of a secondary intra-crater activity (Figure 4A). The particularly similar morphology (i.e., size, slope gradient, level of erosive dismantlement) between cones located at relative short distance each other (i.e., S1–S2 seamounts and those forming the C4 cluster), together with the comparable depth of their summit terraces, could be explained as generated during the same eruption along nearly WNW-ESE trending volcanic fissures. The lack of morphological evidence for such fissures connecting the cones could be ascribed to pyroclastic/epiclastic deposits, produced during the explosive activity and/or transported by erosive-depositional waves-currents processes mantling them. Lineaments of isolated cones may be due to the rapid cooling of the eruptive fissure during the same eruption, favoring the progressive blocking of magma ascent through the entire dyke and leading to the emission of lava from separate vents along the same feeder dyke (see Bruce and Huppert, 1989; Head et al., 1996). This process is enhanced in submarine environment due to the very high heat conduction through water.

All these considerations confirm the monogenetic nature of the GVF seamounts. In this condition, according to Coltelli et al. (2016), the extremely regular morphology of the Ferdinandea slopes and the lack of any secondary crater, fissure or simple volcanic vent, allowed us to rule out the occurrence of any other eruptive activity after the 1831 eruption, in contrast with some chronicles that reported new volcanic activities in 1833 and 1863 on the same cone (Antonioli et al., 1994; Falzone et al., 2009).

Within the GVF some cones show a pointy shape, whereas others exhibit a terraced top. With the exception of the shoals composing the C2 cluster, the depth of the terraces of the flat-topped cones ranges between 80 and 100 m. Generally, morphometric parameters (height, H/W ratio, and basal diameter ratio) of flat-topped cones show correlations with depth (e.g., Clague et al., 2000a; Mitchell et al., 2012b; Casalbore et al., 2015), suggesting that the latter plays an important role in their formation. Although the wave erosion is the predominant process responsible for modeling flat-topped cones, other factors come into play: (1) lava infillings of summit craters or calderas (Clague et al., 2000b); (2) long-lasting overflowing submarine lava ponds (Clague et al., 2000a); (3) high effusive rates associated with areas of high magma supply (McClinton et al., 2013); (4) the combined effect of forced spreading of the eruptive submarine plume upon reaching the water-air density barrier and wave erosion (Mitchell et al., 2012b; Casalbore et al., 2015).

The seamounts recognized within the GVF and in other shallow-water submarine areas worldwide, such as the Syrtlingur, Jólnir and Surtla satellite shoals of Surtsey (Kokelaar and Durant, 1983; Romagnoli and Jakobsson, 2015), consist of spatter/tuff cones, typical of the Surtseyan-type eruptions. The large amount of scarcely cohesive pyroclastic material forming the cones could have been easily eroded by wave action during Late-Quaternary sea-level change, leading to the formation of summit planar surfaces. The summit of the flat-topped seamounts composing the GVF is often characterized by sub-concentric furrows and ridges (see for example the Ferdinandea shoal, Figures 5–7), as also observed at Surtla (Kokelaar and Durant, 1983), or at the Princess Alice Bank and Terceira (Azores, Casalbore et al., 2015; Mitchell et al., 2016), where these features are likely the result of differential erosion of the coarse-fine and/or more-less consolidated volcanic strata. Selective erosion of individual pyroclastic layers with varying resistance may leave the concentric furrows and ridges (Mitchell et al., 2016). Similarly, the knolls, often found on the cone summits, represent the remnants of the conduit supplying the volcanic vent exposed by selective erosion. Analogously to those identified on the tops of Surtsey’ satellite shoals (Jakobsson et al., 2009), knolls rise vertically to heights of 5–15 m above the surroundings with a diameter of about 20–50 m. These structures represent semi-consolidated spatter deposits, which have undergone palagonitization near the volcanic vent; the high temperature led to palagonite-tuff formation to a higher level than elsewhere (Norrman and Erlingsson, 1992; Jakobsson et al., 2009).



Distribution of Volcanic Seamounts and Tectonic Control

The GVF and TVF volcanic fields, identified offshore southwestern Sicily, prove the repeated occurrence of a monogenetic volcanism, which is part of a wider and scattered one affecting the northwestern Sicily Channel since the Upper Miocene (Calanchi et al., 1989, among others). This volcanism represents a peculiarity since it took place within a tectonic transpressive transfer zone associated with a continental rifting, outside of the typical geodynamic settings of other volcanic fields such as subduction or oceanic rift zones, and far from long-lived volcanic systems.

The distribution and shape of seamounts within the volcanic fields, as well as the orientation of the main axis of the cluster in which they are grouped, provide important insights into the interaction between volcanism and tectonics in the formation of the fields, since tectonic structures furnish a preferential pathway for magma ascent. Indeed, the alignment of pyroclastic cones and vents as well as the elongation of cone base are generally related to the magma-feeding plane, and the strike of the latter is in turn strongly influenced by the main tectonic stress axis (Tibaldi, 1995). A similar interaction was observed in other submarine volcanic areas, such as offshore the Azores (Casalbore et al., 2015) and Canary islands (Romero Ruiz et al., 2000).

The cones of the GVF are generally grouped into clusters or merged to form coalesced edifices, both aligned along NW-SE to WNW-ESE preferential directions (Figure 9A). The base of the cones varies from circular- to elliptical-shaped. Although the distribution of both syn- and post-eruptive deposits on the slopes of the cones down to their bases is considerably influenced by the main currents direction, it also strongly depends on the shape and strike of the volcanic conduit/feeder dykes. Thus, the ellipticity of the volcanic cones reflects the orientation of preferential tectonic stress axis controlling their emplacement. The elliptical cones of the GVF have their main axes preferentially aligned NW-SE (Figure 9B). The interaction between volcanism and NW-SE tectonic structures in controlling the distribution and shape of the volcanic cones is also confirmed by the maximum axis direction of some elliptical-shaped cones forming the TVF. Finally, the role of the NW-SE preferential structural direction is corroborated by the alignment of three other volcanic centers (Tetide, Anfitrite, and Galatea) located on the adjacent Adventure Plateau (Figure 1) and by the alignments of several pockmarks observed within the study area (Figure 2) and to the west of the GVF (Spatola et al., 2018). Some of the above-discussed pockmarks could be also responsible for the recent strong gas releases observed within the area and may have been inaccurately associated with the repeated volcanic activities of the last few centuries reported by several authors (Antonioli et al., 1994; Guidoboni et al., 2002; Bottari et al., 2009; Falzone et al., 2009). The NW-SE direction is associated with the Pliocene-Quaternary continental rift-related processes that generated the three NW-SE oriented and fault-controlled grabens of Pantelleria, Malta and Linosa, characterizing the central part of Sicily Channel.
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FIGURE 9. Rose diagrams related to the trend of maximum elongation axis of the clusters of cones (A) and cone bases (B).


The overall N-S alignment of the GVF cones, together with the other volcanic centers identified south (i.e., Cimotoe volcano, Calanchi et al., 1989; Civile et al., 2015) and north (a few small isolated cones, Civile et al., 2015, 2018; Lodolo et al., 2019a) of the field, reflects the orientation of the Capo Granitola-Sciacca Fault Zone (Fedorik et al., 2018; Figure 1). Based on seismicity data, Calò and Parisi (2014) interpreted this transfer zone as the shallow expression of a sub-vertical lithospheric shear zone favoring magma ascent in this region.

Thus, two main tectonic systems, N-S and NW–SE trending, consistent with the main regional tectonic lineaments affecting the Sicily Channel, seem to control the arrangement of the volcanic fields and the other volcanic centers of the surrounding area (as also inferred by Civile et al., 2018; Spatola et al., 2018; Lodolo et al., 2019a, b). These two preferential orientations are also confirmed by the occurrence of magnetic (Colantoni et al., 1975; Lodolo et al., 2012) and gravity (Civile et al., 2008; Lodolo et al., 2019b) anomalies.



Relationship With Sea-Level Change

Wave erosion is very efficient in shoaling volcanic islands and flattening their summits, especially if made of poorly consolidated materials such as those built by Surtseyan-type eruptions. The flattening process is more efficient for volcanic cones without topping lava flows, which may represent a resistant cap protecting the island from wave erosion (Schmidt and Schmincke, 2002). On the other hand, erosive processes will slow considerably once the much more resistant volcano interior, composed of the feeder dyke and palagonite tuff, is reached (Jakobsson et al., 2000). Together with surface waves, the intensity and recurrence of extreme-wave events, like storms and even tsunamis, should have a very high impact in both flattening the tops of volcanic shoal, and creating SDTs along their slopes. In fact, strong storms and tsunamis constitute high-energy and low-frequency events that cause extensive erosion, sediment transport and deposition in a very short time and over large areas (Paris et al., 2009).

Wave-induced shear stresses and currents on the bottom are efficient down to considerable depths, at least down to storm-wave base (Cas et al., 1989; Ramalho et al., 2013), creating shallow marine abrasion surfaces (White, 1996; Schmidt and Schmincke, 2002). The depth to which the top platform is abraded is the result of the interplay of different factors and processes, including depth of sea level at the time of eruption, vertical movements due to volcano-tectonic deformation, sediment compaction, wave/current energy, time and direction of exposure to wave/current attack, rock resistance, lava and sediment progradation, coral reef growth and biogenic production (Quartau et al., 2010; Ramalho et al., 2013). Sea-level oscillations significantly influence the depth to which the top wave-cut platform is abraded; this depth represents the local wave base level (Ramalho et al., 2013).

Following the models by Cas et al. (1989) and Corcoran and Moore (2008), relative to the post-eruptive degradational phase of monogenetic shallow marine volcanoes, a wave-planned top is developed on the submarine volcanic edifice becoming gradually stable and colonized. Wave and current activity, together with periodic storms, sweep material off the platform, spreading over its edge the eroded debris, which is re-deposited along the slopes of the cone and down there; steep progradational wedges are thus formed at the edge of the platform, causing its gradual enlargement (Romagnoli and Jakobsson, 2015).

“Ferdinandea Island” is a well-documented example of the post-eruptive transitional stage from volcanic island to shoal. Since its formation, destructive forces have been active for almost 200 years, during which the cone has suffered rapid and severe subaerial and submarine erosion due to strong wave and current activity causing significant modification of its original size and shape: i.e., a reduction from nearly 210 to 140 m of height from the seabottom and an enlargement of its basal surface. Scuba (Colantoni et al., 1975; Antonioli et al., 1994) and ROV dives (this work, Figure 7) revealed that the flat seafloor of the summit terrace between the volcanic plugs (25–28 m bsl), is made up of black coarse loose tephra organized in sand waves. A similar sedimentary facies characterizes the top of the underlying SDT, whose edge lies between 36 and 43 m (corresponding to the local storm wave base-level), suggesting that wave and current erosion is still quite strong at that depth. The morphological asset of the Ferdinandea’s SDT reflects the distribution of wave force since its edge shallows from NNW to SSE (Figure 6) in agreement with the prevailing wave direction, which is toward ESE, being strongly influenced by the northwesterly winds (Arena et al., 2015, Supplementary Material and Figure 2 therein).

The summit of the Ferdinandea cone was eroded down to −28 m over nearly 200 years following its eruption. The bathymetric surveys carried out by IIM from 1890 to 2014 (Sinapi et al., 2016) allow us to document a faster erosive rate during the first 50–60 years (Figure 10), as expected. This has been also observed at the satellite centers of Surtsey, Surtla, Syrtlingur and Jólnir (Figure 10), which represent excellent modern analogs for understanding the post-eruptive phase of the Ferdinandea shoal and others cones of the GVF. Syrtlingur and Jólnir reached a maximum height of 70 m asl at the end of the 1963–67 eruption, while Surtla only approached the sea surface; a few weeks after the eruption ceased they were washed away by wave action (Romagnoli and Jakobsson, 2015). Successively, the shoals were further abraded by the sea, producing summit platforms, which were gradually enlarged and lowered (Jakobsson et al., 2009) as the result of the reworking of volcaniclastic sediments due to erosion by waves and bottom currents. In 2007, the measured depths of the Surtla, Jólnir and Syrtlingur top terraces were 51, 43, and 34 m, respectively (Romagnoli and Jakobsson, 2015). In particular, the summit of Surtla was eroded down to 45 m depth over nearly 18 years following its eruption (Kokelaar and Durant, 1983) and down to 51 m depth over the next 26 years (Figure 10), suggesting that the wave erosion depth level is deeper here, if correlated to the more energetic wave climate of North Atlantic Ocean with respect to the Sicily Channel (see Supplementary Material).
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FIGURE 10. Graph of depth with time of the average depth of the flat summit of Surtla, Jólnir, and Syrtlingur until 2007 (Jakobsson et al., 2009) and Ferdinandea until 2012. The efficacy of wave-current erosion rapidly decreases with increasing depth.


A similar process occurred at the Baixa da Serreta Bank (offshore Terceira Island, Azores), the probable site of the 1867 submarine eruption (Weston, 1964), where the planar surface identified in 2011 at −30/−40 m was interpreted as the result of wave erosion of scarcely cohesive volcanic products (Quartau et al., 2014).

On the basis of the present-day maximum depth of the summit abrasion terrace (28 m bsl) of the Ferdinandea shoal, which has to be considered still under development, and taking into account the trend of its erosive rate (Figure 10), the local wave base level can be reasonably placed at least at 30 m bsl. Considering the differences in the respective wave climates (see Supplementary Material), this value is lower than that observed in Atlantic Ocean, where the Surtsey’s volcanic satellites and Baixa da Serreta Bank are placed, but higher than the value relative to the Mediterranean. This latter assumption is based on two evidence: (1) the wave climate of the study area is more energetic than the average climate of the Mediterranean (Drago et al., 2010; Arena et al., 2015; Supplementary Material); (2) the value of the local storm wave base-level, estimated between 36 and 43 m bsl on the basis of the depth of Ferdinandea SDT depositional edge (or rollover depth) (Figure 6), is higher than that calculated in other areas of the Mediterranean, e.g., 20 ± 10 m bsl in the Tyrrhenian Sea, Casalbore et al., 2017; 20–25 m bsl Hernàndez-Molina et al., 2000 and 32 m bsl, Mitchell et al., 2012a in western Mediterranean. Moreover, it is worth noting that these latter values are referred to a costal environment, while the GVF cones are shoals and thus the erosion affecting them is to be considered omnidirectional.

Based on seismic reflection profiles, Ferranti et al. (2019) estimated a relatively moderate growth rate of 0.2 mm/yr during the Plio-Quaternary for the southern segments of the CGFS and SFS, along which the GVF and Terribile bank are respectively aligned. This rate is also confirmed by GPS data of the Campobello di Mazara station (about 10 km NW of Capo Granitola, Figure 1), which recorded an uplift rate of 0.2 mm/yr between 2009 and 2015 (Valentina Bruno personal communication). As above discussed, based on the depth of its inner edge (130 m bsl), the flat terraced surface, identified at the base of the SW portion of the Terribile Bank (Figures 2A,D), may be related to the sea-level reached during the LGM (19–20 ka B.P. when sea level was −125 ± 5 m below the modern one, Fleming et al., 1998; Siddall et al., 2003; Clark et al., 2009), by considering an overall tectonic uplift of nearly 4 m over the last 20 ka. Moreover, such a small uplift is to be considered within the level of uncertainty related to the estimation of LGM sea level. These data suggest the lack of significant tectonic variations affecting the study area in the last 20 ka. The compaction of the tephra deposits through time may have contributed, even if in a small proportion, to lower the Ferdinandea shoal and thus to increase the depth of its summit terrace. Surtsey Island could represent a good analog, since a series of GPS surveys were carried out during the years following its recent formation. Surtsey was affected by a general subsidence (including the crustal sagging due to the load of the erupted material and possible compaction of the seabed sediments) of about 1.0–1.5 m during the 35 years following the end of the eruption, with a rate decreasing from 15–20 cm/yr for 1967–1968, to 1 cm/yr for 1992–2000 and finally to 0.5 cm/yr for 2000–2002 (Moore et al., 1992; Sturkell et al., 2009). Although Surtsey and GVF lie in different geodynamic settings, we can reasonably apply this subsidence rate to the Ferdinandea cone; moreover, this rate is probably overestimated for the Ferdinandea case, because of its lower load in comparison with that of Surtsey, having the two volcanic centers different size and stratigraphy (succession of lava flows and pyroclastic units vs. pyroclastic material). Thus, the Ferdinandea subsidence associated with compaction could be estimated in less than 1 m since its formation, and thus its contribution in lowering its summit as well as the other cones of the GVF considered negligible.

On the basis of the above considerations and assuming uniform rates for the tectonic uplift during the post-LGM, we can reasonably discount the minimum contribution of tectonic deformations and subsidence affecting the GVF; moreover, these processes compensate each other and their values could be considered within the level of uncertainty related to precisely measure the depth of the summit terrace of the Ferdinandea volcanic cone. Moreover, the deformation induced by volcanic processes (i.e., inflation-deflaction) for scattered small monogenetic volcanic cones, as the case of those forming the GVF, is highly attenuated because of the lack of any plumbing system, magmatic reservoir, etc., and thus considered negligible as well.

Consequently, any submarine structure shallower than ca. −155 m (125 ± 5 = depth of LGM + 30 ± 5 m = depth of the wave erosion depth) below present sea level was potentially affected by wave erosion during the LGM, if created before the LGM. Therefore, following the model proposed by Mitchell et al. (2012b) and taking into account the Global mean sea level curve for the study area (Lambeck et al., 2011), the cones with a top shallower than ca −155 m and lacking a flat summit surface typical of a wave-eroded platform (i.e., S3, S6, and S7 seamounts, Table 1) have survived erosion during the LGM; otherwise, they should have been flattened during the LGM. Thus, they are likely younger than the LGM (Figure 11).
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FIGURE 11. Correlation between mean sea level curve referred to the study area (Lambeck et al., 2011) and proposed possible ages of the volcanism generating the cones of the GVF; see the text for further details.


S1, S2, S8, S9, and S10 seamounts show summit terraces, at around 90–100 m water depths. Thus, they were likely eroded during the transgressive phase following the LGM (Figure 11). Taking into account the analogy with the wave erosion depth of Ferdinandea shoal (–30 m), we can reasonably hypothesize that they were mostly eroded when sea level was at least −60/−70 m below present sea level and thus during the interstadial stillstand of the Younger Dryas (YD), a geologically short period of cold climatic conditions, which occurred between 12.8 and 11.5 ka (Muscheler et al., 2008), when sea level was 60–65 m below the present level. This stadial would have favored the development of restricted abrasion platforms in several regions worldwide (see Salzmann et al., 2013; Green et al., 2014, among others) including the Sicily Channel (Civile et al., 2015; Zecchin et al., 2015), like that recognized at about 60 m bsl on the Terribile Bank (Figures 2A,C,D). Civile et al. (2015) recognized along the flanks of several sedimentary banks of the Sicily Channel (e.g., Pantelleria Vecchia) a relatively flat surface between 60 and 75 m water depths connecting two scarps, that might have formed during episodes of rapid relative sea level rise (i.e., Melt-Water Pulse MWP-1A and MWP-1B, Liu and Milliman, 2004), following the cliff overstep’ transgressive model by Zecchin et al. (2011).

The summit terrace of S5 shallows from NW to SE, confirming the relationship with the main NW-SE oriented wave provenance (Arena et al., 2015; Supplementary Material and Figure 2 therein) as also observed on the Ferdinandea’s SDT. The lowest values of slope gradient and aspect ratio of the GVF (Table 1) reveal an ancient age; this is also confirmed by the morphological asset of S5, which suggests that it suffered a longer-lasting severe erosion (probably amplified by the presence of a large amount of pyroclastic material) in comparison with the other cones of the field. Its summit terrace lies between 50 and 60 m of depth suggesting that S5 was flattened during the sea level rise of the current Holocene interstadial. Moreover, S5 shows a restricted depositional terrace, which is well-developed on the southeastern sector of the cone (Figure 5); its outer edge lies at about 100–110 m water depths. Consequently, by applying the storm-wave base level relative to the Ferdinandea shoal (36–43 m bsl) to the S5, we can hypothesize (taking into account that the lack of seismic reflection profiles limits the reliability of our interpretation of these marine terraces) that its SDT likely formed when sea level was about 60–70 m lower than the modern one, and thus during the YD. Therefore, we speculate that S5 may have erupted after the LGM, giving origin to a nearly 1 km large island. Successively, it was partially eroded during the YD (when the middle-slope SDT formed) and finally was flattened during rising sea level following the YD, more precisely between 6 and 8 ka, when the sea level was nearly 20 m below present sea level (Figure 11).

Among all seamounts of the GVF, S5 cone is clearly oversize (3 times larger in volume than the Ferdinandea shoal and at least 5 times larger than the average value of the other cones, Table 1). Taking into account that the S5 eruption likely occurred in shallower water with respect to the 1831 Ferdinandea eruption, and, consequently, it was subjected to a significantly minor hydrostatic pressure, a stronger Surtseyan-type activity (Kokelaar, 1983, 1986; White, 1996) could justify such a larger volume in comparison with those of the other cones of the field.

On the basis of the above-described analysis, we can reasonably hypothesize a post-LGM age for the monogenetic submarine volcanism forming the GVF (Figure 11), without any clear migrating pattern with age.

Moreover, paleontological analysis of faunal elements associated with sub-fossil coral deposits found between C3 and C4, indicated a post-LGM emplacement (Di Geronimo et al., 1993); while radiocarbon dating of these corals span the last 10 ka, indicating that they were accumulated during the Holocene (Lodolo et al., 2017). The latter authors associated the origin of the coral deposit to periodic slope failures, possibly triggered by volcanic and/or seismo-volcanic activity (like that reported during Ferdinandea eruption; Gemmellaro, 1831), dislodging corals (dead or alive) from the steep flanks of volcanoes on which they lived, hypothesizing the occurrence of an active volcanism in the area during the last 10 ka.

Finally, as regards the Terrible volcanic field, it includes at least 30 small (height from 10 to 50 m) truncated and multiple coalescent cones. Most of them likely consist of the volcanic necks or the hard volcano-interiors representing the remnants of severely eroded volcanic edifices. This suggests that a likely older submarine volcanism affected this area before migrating westward to create the GVF. Although the lack of high-resolution bathymetric data does not allow a detailed morphological analysis of these cones, many of them show a summit terrace between 40 and 80 m water depths, suggesting that they were presumably flattened during the Holocene interstadial.

Similarly to what observed for the GVF, the morphological asset of the TVF suggests the occurrence of a diffuse monogenetic volcanism, which however does not support the presence of a large common magmatic reservoir, as also confirmed by petrological studies of volcanic samples collected in the region (Rotolo et al., 2006).



CONCLUSION

High-resolution bathymetric data and ROV images allowed new detailed morphological analysis of the present-day setting of the Graham submarine volcanic field located offshore southwestern Sicily.

Another volcanic field, the TVF, was also identified on the adjacent Terribile Bank and analyzed.

The relationship between the morphology of the seamounts and underwater volcanic processes proved the monogenetic nature of this volcanism, which is part of a wider and scattered volcanism affecting the northwestern Sicily Channel. This volcanism represents a peculiarity, since it took place outside of the typical geodynamic settings of other fields such as subduction or oceanic rift zones, and far from long-lived volcanic systems.

The ten of cones forming the GVF is likely the witnesses of a Late Pleistocene to Holocene submarine volcanism. This age is reasonably hypothesized by means of the analysis of some morphological parameters (i.e., depth and shape of the tops, presence and depth of abrasion and depositional terraces, level of erosive dismantlement) in relationship with sea-level fluctuations and taking into account analogies with the post-eruptive morphological evolution of Ferdinandea shoal formed during the 1831 eruption and other volcanic seamounts worldwide, such as the satellite shoals of Surtsey formed during the 1963–67 eruption.

The shape of the seamounts and their distribution within the GVF attested to the interaction between volcanism and tectonics in the formation of the field itself. The overall N-S trend of the volcanic field reflects the orientation of the Capo Granitola-Sciacca transpressive transfer zone, which favored the volcanism in this region. The cones within the fields are generally grouped into clusters or merged to form coalesced edifices, both aligned along NW-SE to WNW-ESE preferential directions, consistent with the main regional tectonic structures associated with the Plio-Quaternary continental rifting of the Sicily Channel.

This paper could furnish a key to better understand the volcano-tectonic complexity of this region and provide a useful comparison for other submarine areas affected by monogenetic volcanism.

The improvement of the knowledge of this shallow submarine volcanism would be also of great interest in determining volcanic risk in the area.
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Sample No. Us-81 Us-17 US-80
SiOs (Wt.%) 71.45 71.31 71.71
TiOo 0.32 0.31 0.32
Al,Og 14.68 14.87 14.86
FexOs* 3.54 3.69 3.61
MnO 0.16 017 0.16
MgO 0.71 0.72 0.74
Ca0 3.25 3.33 3.30
Na,O 4.58 4.45 4.57
KO 1.03 1.00 1.02
P20s 0.09 0.09 0.10
Total 99.81 99.94 100.39
L.O.L 0.08 0.04 0.05

Fe»O3*, total iron as Fe,O3. L.O.1., loss on ignition.
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Area name Mean depth change Maximum depth Area of depth change Volume of depth

(lava thickness) in change (lava (x108 m?)* change (x10° m?)*
meters thickness) in meters
Areat 48 138 0.468 22.488
Area2 32 81 0.246 7.989
Area3 32 87 0.681 21.854
Aread a7 100 0.207 9.726
Areas 20 40 0213 4.198
Totals 1.815 66.255

* The areas and volumes of depth change are minimum estimates of the areas and volumes of the new lava flows, since they do not include the thin margins of the flows.
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